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ABSTRACT

Analyses of meridional transport time series from the Rapid Climate Change–Meridional Overturning

Circulation (RAPID MOC) array at 268N and from Argo float and altimetry data at 418N reveal that, at

semiannual and longer time scales, the contribution from the western boundary dominates the variability of

the NorthAtlantic meridional overturning circulation (MOC), defined as the transport in the upper 1000m of

the ocean. Because the variability of the western boundary contribution is associated with a geostrophic

overturning, it is reflected in independent estimates of transports from gradient of ocean bottom pressure

(OBP) relative to and below 1000m on the continental slope of the western boundary at three nominal

latitudes (268, 398, and 42.58N). Time series of western meridional transports relative to and below 1000m

derived from the OBP gradient, or equivalently derived from the transport shear profile, exhibit approxi-

mately the same phase relationship between 268 and 398–42.58Nas the western contribution to the geostrophic

MOC time series do: the western geostrophic MOC at 418N precedes the MOC at 268N by approximately

a quarter of an annual cycle, resulting in a zero correlation at this time scale. This study therefore dem-

onstrates how OBP gradients on basin boundaries can be used to monitor the MOC and its meridional

coherence.

1. Introduction

At 268N in the Atlantic Ocean, the Rapid Climate

Change–Meridional Overturning Circulation and Heat-

flux Array (RAPID–MOCHA, hereafter RAPID MOC

array) has been in place since 2004 to monitor the vari-

ability of the meridional overturning circulation (MOC)

and its heat flux with full-depth continuous measure-

ments (Rayner et al. 2011). The array captures a circulation

that consists of a relatively warm northward flow above

approximately 1000m, compensated between that depth

and about 5000m by a colder southward return flow.

Because of this overturning nature, other observational

arrays in the North Atlantic Ocean focus on monitoring

only the deep return branch of the MOC that is expected

to be concentrated on the western boundary (Stommel

1958), as a relatively strong deep western boundary cur-

rent (DWBC) (e.g., Johns et al. 2008; Toole et al. 2011;

Meinen et al. 2012). This is specifically the approach

taken for the Meridional Overturning Experiment

(MOVE) array since 2000 near 168N in the North At-

lantic (Send et al. 2011, and references therein), where

only the returning southward flow in the western half of
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the basin is measured by densitymoorings, direct velocity

measurements, and bottom pressure recorders (BPR).

Furthermore, the western boundary is expected to con-

stitute the primary pathway for propagating disturbances

triggered by deep water formation anomalies at high

latitudes. These anomalies travel first through coastally

trapped waves (Johnson andMarshall 2002; Huthnance

1978; Elipot et al. 2013) and eventually through advec-

tion, as observed in models and in the ocean (e.g., Zhang

2010; van Sebille et al. 2011).

Yet, the same models and deep Lagrangian observa-

tions suggest that the DWBC is discontinuous and that

interior pathways and recirculations are also important

(Bower et al. 2009, and references therein), especially at

the interface between the subpolar and subtropical gyres.

It is therefore suggested that those so-called interior

pathways also need to be monitored if one hopes to

capture the water mass changes and adjustments of trans-

ports characterizing the Atlantic MOC. To monitor the

return branch of theMOC in the real ocean,Hughes et al.

(2013) propose to overcome the difficulty of multiple

pathways by monitoring ocean bottom pressure (OBP)

on basin boundaries. According to geostrophy, the dif-

ference betweenOBPon the eastern boundary and on the

western boundary provides the zonally integrated geo-

strophic meridional transport. Consequently, the vertical

gradient of boundary OBP differences determines the

shear of the zonally integrated meridional transport and

hence an overturning. Bingham andHughes (2008) tested

this concept successfully in an ocean global circulation

model (OGCM) by comparing transports computed di-

rectly from velocities and from boundary OBP differ-

ences. They found that the contribution from the western

boundary OBP dominated the total variance of the MOC

at interannual time scales.

This paper tests whether OBP gradients measured in

the real ocean, on the western boundary below 1000-m

depth, capture the MOC. The references so far for the

strength of the MOC are the time series from RAPID

MOC array at 268N (Kanzow et al. 2010; McCarthy et al.

2012) and the analysis of Argo and altimetry data near

418N by Willis (2010). Specifically, are the deep south-

ward western boundary transports derived from OBP

gradients correlated with the MOC time series, and if

yes, on which time scales? If yes, then this would dem-

onstrate that OBP can be used to monitor the MOC in

the North Atlantic.

This paper is organized as follows: Section 2 reviews

the concepts that link zonally integrated meridional

transports and OBP gradients on boundaries. The two

equations that are considered define a western contri-

bution and an eastern contribution to a total meridional

transport. Section 3 applies the methodology of Elipot

et al. (2013) and Hughes et al. (2013) at 268N to derive

the western boundary contribution to the geostrophic

meridional transport between 1000- and 4000-m depths,

relative to 1000m. This transport is compared in detail

to the MOC and its components. Section 4 focuses on

similar time series: the two time series of OBP-derived

western transport relative to and below 1000m from

Elipot et al. (2013) at 398 and 42.58N and the upper-

ocean geostrophic transport of Willis (2010) at 418N.

Section 5 compares the variability of the MOC time

series and of the OBP-derived transport time series in

order to study the meridional coherence of the MOC. It

is found that the geostrophic MOC at 268 and 418N, as

well as the two deep western transport time series from

Elipot et al. (2013) and the newly derived deep western

transport at 268N, are not correlated but rather are in

quadrature (that is 908 out of phase) at time scales for

which they are coherent. Section 6 provides a summary

and concluding remarks.

2. On measuring zonally integrated meridional
transports

The estimation of geostrophic meridional overturning

transports is commonly based on the zonal thermal wind

equation f›(ry)/›z 5 2g›r/›x with f the Coriolis pa-

rameter, r the in situ density, y the meridional veloc-

ity, g the gravity, and z and x the vertical and zonal

coordinates, respectively. Integrating across a zonal

oceanic section delimited by vertical boundaries at

longitude xE on the east and at longitude xW on the west

gives

f
›M(z)

›z
52g[rE(z)2 rW(z)] , (1)

whereM(z)5
Ð xE
xW

ry dx is the meridional mass transport

per unit depth. From (1) it is possible to define two terms:

a western contribution to the overturning mass transport

›MW/›z 5 grW/f arising from the density profile on the

west rW(z) and an eastern contribution to the overturning

mass transport ›ME/›z 5 2grE(z)/f from the density

profile on the east rE(z) (Hughes et al. 2013). While the

partitioning of the time mean transport between east and

west is arbitrary, time-dependent changes in the zonal

integral are unambiguously associated with density

changes on eastern and western boundaries.

At 418N in the North Atlantic Ocean (Fig. 1), Willis

(2010) estimated the right-hand side (rhs) of (1) from the

combination of Argo floats and satellite altimetry sea

surface height data (Willis and Fu 2008). He derived

monthly time series of the two vertical density profiles

from the surface down to the 2000-m isobaths on the east
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andwest boundaries at that latitude. The resulting sheared

or baroclinic transport was referenced to a level of known

motion at 1000 db, derived from the mapped geostrophic

velocity of Argo floats at that level. The upper-ocean

geostrophic transport was then obtained by integrating

from the surface to the average zero-crossing depth of

the transport profile, 1130m at that latitude. By adding

an estimate of the Ekman transport from the National

Centers for Environmental Prediction (NCEP) re-

analyses’ wind stress, Willis (2010) reported a time series

of the MOC near 418N. The updates of these time series

are plotted in Fig. 2b.

The RAPID MOC array also uses (1) to obtain the

unreferenced interior geostrophic component of the total

meridional transport at that latitude, though the east-

ern and western boundaries are not strictly vertical

(Rayner et al. 2011). The density profile on the west is

measured by combining a tall dynamic height mooring

(WB2) spanning from the surface down to 3800m,

20 km east of Abaco, Bahamas, and the near-bottom

data from two other moorings along the base of the

continental slope down to 4800m and out to 45 km east

of the Bahamas [see Fig. 3 of this paper and Figs. 4 and

5 in Rayner et al. (2011)]. The eastern boundary density

profile is not vertical either but obtained from a stack

of moorings crawling up the African continental slope

across a horizontal distance of more than 1100 km. In

the use of (1), the intervening topography of the Mid-

Atlantic Ridge (MAR) is taken into account by mea-

suring intermediate density profiles on both sides and

using this information below3700m (themaximumdepth

at which the MAR is permeable to east–west exchanges

of water masses). The interior geostrophic transport is

augmented by a volume transport estimated from ve-

locity measurements between mooring WB2 and Abaco

in order to form an unreferenced midocean transport

(Johns et al. 2008).When this last transport is added to an

Ekman transport calculated from wind stress data, and

the Gulf Stream transport from induced voltages on

telephone cables across the Florida Strait (Baringer and

Larsen 2001), the top-to-bottom transport shear is ob-

tained. A zero net total mass transport constraint is im-

posed to reference themidocean transport and obtain the

overall profile of volume transport per unit depth. The

reader is referred to Rayner et al. (2011) for a detailed

description of the RAPID MOC array and to Kanzow

et al. (2010) for the methodology.

The strength of the MOC at each available time step

can be defined as the maximum of the meridional over-

turning streamfunction: CMAX(t)5
Ð 0
2hzc(t)

Q(z, t) dz,

where hzc(t) is the time-dependent maximizing depth

of this integral, and the depth of the first zero crossing

ofQ(z, t), which is the volume transport per unit depth

(Kanzow et al. 2010). An update of the MOC time se-

ries with about 7 years of data is plotted in Fig. 2d. In

the rest of the text the time dependency is implicit and

the t notation is omitted.

An alternative to (1) exists by either zonally integrating

the zonal geostrophic balance equation or (in the case of

vertical sidewall only) using the hydrostatic relation

2›p/›z 5 rg to substitute pressure for density:

f
›M(z)

›z
52

›pW(z)

›z
1

›pE(z)

›z
. (2)

This equation defines two transport shears or over-

turnings by the vertical gradients of OBP on the western

and the eastern boundaries. In contrast to (1), (2) says

nothing about the location of the boundaries with depth:

it does not formally require the boundaries to be verti-

cal. It allows the overturning transport to be evaluated

exactly between the physical boundaries of the basin,

provided that the pressure gradient can be measured

with sufficient resolution along these boundaries. Hughes

et al. (2013) describe a methodology to apply this equa-

tion to ocean data. Bingham and Hughes (2008) found

the application of this equation to be successful in an

OGCMat 428N in theNorthAtlanticOcean. In fact, they

found that the first term on the rhs of (2) was sufficient to

explain more than 90% of the variance of meridional

transports at interannual time scales, showing the pre-

dominance of the western boundary for the variance of

the MOC in their model.

In turn, Elipot et al. (2013) used in situ data to esti-

mate the first term on the rhs of (2) at two latitudes in the

FIG. 1. Bathymetry of the Atlantic Ocean between 238 and

508N from the Smith and Sandwell (1997) topography database,

version 13.1. The two black segments indicate RAPID WAVE

Lines B/Rapid-Scotian (B/RS) (42.58N) and the WHOI Line

W (398N). The stars near 268N indicate the locations of the

moorings of the RAPID MOC array used to calculate the in-

terior transport for the first year of deployment. The black

dashed lines indicate the range of lat 378–448N within which the

geostrophic transport from Argo is computed in this study, and

the red dashed line indicates the lat of the Willis (2010) MOC

estimate at 418N.
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North Atlantic. They derived the western boundary

contribution to the zonally integrated meridional vol-

ume transport, relative to and below 1000m, down to

4000-m depth. They used estimates of OBP gradient from

BPR at Line B of the RAPID Western Atlantic Vari-

ability Experiment (WAVE) deployed on the continental

slope of the western boundary near 42.58N (Fig. 1). The

resulting time series has the caveat of not being reliable on

time scales longer than about a year because of unavoid-

able instrumental drifts of BPRs (Polster et al. 2009), and

unfortunately this limitation applies here too. To circum-

vent this issue, Hughes et al. (2013) introduced a drift-free

method to deriveOBP gradients along sloping boundaries

using density and velocity data. Elipot et al. (2013) applied

this method to derive a second time series of western

transport relative to and below 1000m at theWoods Hole

Oceanographic Institution (WHOI) Line W mooring ar-

ray near 398N(Toole et al. 2011). These twoOBPgradient-

derived time series were analyzed to determine if the

western boundary communicated pressure—and specu-

latively transport—anomalies, as expected from theories

and numerical experiments (Johnson andMarshall 2002)

and OGCM runs (Roussenov et al. 2008; Bingham et al.

2007). It was found that the two time series were coherent

and in phase on time scales longer than 3months, but also

on shorter time scales with a phase slope that identified a

propagating signal probably carried by coastally trapped

FIG. 2. Overturning transport time series used in this study. MOC time series at (d) 268N and

(b) 418N. The term C is the total MOC (geostrophic plus Ekman), Cg is the geostrophic

contribution, and CW,g is the western boundary geostrophic contribution (see text). Monthly

(light curves) and 3-monthly (heavy curves) low-pass-filtered time series of western boundary

meridional transport T between 1000 and 4000m referenced to 1000m from (a) RAPID

WAVE Line B/RS TB, from (c) WHOI Line W TW, and from (e) RAPID MOC T26.

FIG. 3. A section of the topography along the path defined by the

moorings of the RAPID MOC array for the first year of de-

ployment shown in Fig. 1. The triangles indicate the BPR in-

struments used in this study to calculate the boundary pressure

gradients on the western and eastern boundaries. The vertical lines

represent the moorings of the array shown with stars in Fig. 1 that

are used to calculate the interior transport (except mooringWB1).

The horizontal dashed lines indicate the depth range over which

the boundary pressure gradients are estimated from these BPRs.
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waves rather than advected by the DWBC. The question

is now are these time series of transports from the OBP

gradient on only the western boundary representative of

the North Atlantic MOC? Section 3 answers this ques-

tion near 268N and section 4 answers it near 418N.

3. Western transport overturning at 268N

The methodology of Hughes et al. (2013) in the

framework of RAPID WAVE, applied by Elipot et al.

(2013), was motivated by the expectation that the ver-

tically integrated boundary OBP gradient was indicative

of overturning processes of the North Atlantic MOC.

This expectation is confirmed in this section in two steps

at 268N. First, we use transport profiles and independent

BPR records for the first year of the RAPID MOC

array to verify that the boundary pressure gradient is

proportional to the vertical shear of the geostrophic

transport profile, as predicted by (2). Second, in order to

not be limited by only 1 year of available BPR data on the

western boundary, we use about 7 years of RAPIDMOC

data to derive a time series of western contribution to the

zonally integrated meridional transport relative to and

below 1000m. To understand which transport processes

are associated with this new time series, it is studied with

respect to the MOC, as well as the full transport profiles.

a. Western and eastern boundary pressure gradients

To verify that the OBP gradient is proportional to the

transport shear, the two sides of (2) are compared for the

first year of RAPID MOC. We actually compute

a double vertical integration of (2) as

ðz
1

z
2

"
2

ðz
1

z

›Q0
W,g(a)

›a
da

#
dz|fflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflffl{zfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflffl}

(i)

1

ðz
1

z
2

"
2

ðz
1

z

›Q0
E,g(a)

›a
da

#
dz|fflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflffl{zfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflffl}

(ii)

5
1

r0 f

ðz
1

z
2

�
2

ðz
1

z
2
›p0W(a)

›a
da

�
dz|fflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflffl{zfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflffl}

(iii)

1
1

r0 f

ðz
1

z
2

�
2

ðz
1

z

›p0E(a)
›a

da

�
dz ,|fflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflffl{zfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflffl}

(iv)

(3)

where primes denote anomalies from a time mean. The

computations are conducted in the depth range delimi-

ted by the bases of moorings WB1 and WB2 at z1 5
1382m and z2 5 3898m, respectively (Fig. 3).

On the left-hand side (lhs) of (3),Q0
W,g(z) andQ0

E,g(z)

are thewestern and eastern contributions, respectively, to

the geostrophicmeridional volume transport anomaly per

unit depth. These dynamical contributions are calculated

following the methodologies of Kanzow et al. (2010) and

Johns et al. (2011) that do not use BPR measurements.

First, the geostrophic transport profileQg(z) is obtained by

setting the Ekman transport to its mean value for con-

ducting the RAPID MOC calculations. The western geo-

strophic contribution QW,g(z) is further obtained by

replacing in the calculations the density profiles at the

eastern boundary and on both sides of the MAR by their

time means. The eastern boundary contributionQE,g(z) is

obtained by replacing the Florida Current (FC) transport,

the transport west of mooring WB2, and the western and

MAR density profiles by their time means. After remov-

ing their respective time means, each of the east or west

geostrophic transport profiles is differentiatedwith respect

to z to obtain the transport shears that are used to calculate

terms (i) and (ii) in (3). For each term, the first integration

is calculated by setting the transport per unit depth to zero

at z 5 z1, which is our reference level for this exercise.

The OBP gradient anomalies on the western bound-

ary (›p0W /›z) are calculated in one step from a BPR at

WB1 (deployed for 1 year only in 2004–05) and a BPR at

WB2. The OBP gradient anomalies on the eastern

boundary (›p0E/›z) are calculated in steps in the same

depth range with the BPRs deployed on the continental

slope from mooring EB3 at 3520m to mooring EBH4 at

1558m. OBP anomalies at the depths of WB2 and WB1

were extrapolating linearly from EB3 and EBH4, re-

spectively (Fig. 3). Each BPR record was detided by least

squares fitting 97 tidal components with periods of

28.0062h (component 2Q1) and shorter. Obvious drifts

acting on time scales longer than 50 days approximately

remained in the residuals, with the most severe of the

order of 70–80mbar over 1 year at EB3 and EBH2. These

drifts were removed, as far as possible, by the standard

method of subtracting exponential–linear fits as in Polster

et al. (2009). The time series of OBP relative to z5 z1 on

the western and on the eastern boundaries are plotted

in Fig. 4. The terms (iii) and (iv) on the rhs of (3) are

computed by further integrating these curves.

The time series for all terms and the sum of each side

of (3) are shown in Fig. 5a. We conduct cross-spectral

analyses to determine howwell the terms on the lhs of (3)

represent the terms on the rhs. Comparisons between

a pair of time series [x(t), y(t)] are conducted by exam-

ining as a function of frequency n the gain factorGxy and

coherence squared g2
xy:

Gxy(n)5
jSxy(n)j
Sxx(n)

and g2xy(n)5
jSxy(n)j2

Sxx(n)Syy(n)
, (4)

where Sxy(n) is the power cross-spectrum between x(t)

and y(t), and Sxx(n) is the power autospectrum of x(t).
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When the phase of Sxy(n) is near zero, Gxy(n) can be

thought as a regression coefficient of y(t) onto x(t), but as

a function of frequency. Where Gxy(n), 1 implies that y

(t) underestimates the variance of x(t) at frequency n. The

term g2
xy(n) measures how much of the variance of one

variable can be explained by the other variable, irre-

spective of their relative magnitudes and phases. We an-

alyze the results for time scales longer than 10 days, which

is an approximate limit for the balance of the transport

components at the RAPID MOC array (Kanzow et al.

2007). In Figs. 5b and 5c, estimates of Gxy(n) and g2
xy(n)

are shown between western terms (i) and (iii), between

eastern terms (ii) and (iv), between the totals (i)1 (ii) and

(iii) 1 (iv), and additionally between (i) 1 (ii) and (iii).

We find that the phase of Sxy between terms (ii) and

(iv) (not shown) is different from zero; in contrast, the

phases of Sxy for the other two pairs of the time series are

near zero for all frequencies. For those pairs, we think of

their gain factor as a regression coefficient of a profile-

derived transport onto a pressure-derived transport.

Figure 5c shows that the western contribution to the

transport shear [term (i)] is very close the western

boundary pressure gradient [term (iii)] as Gxy between

these two terms is between 0.62 and 1.17. This is con-

sistent with the fact that g2
xy between these two terms is

always higher than 0.56, reaching 0.97 at the longest

period (Fig. 5b). This result is remarkable considering

that the pressure gradient on the western boundary is

estimated from only two BPRs separated by 2510m of

depth. In contrast, the eastern contribution to the trans-

port shear [term (ii)] badly underestimates the pressure

gradient on the eastern boundary [term (iv)] with Gxy

always less than 0.57, despite the fact that g2
xy is relatively

high and coherent except marginally around the 50-day

period. The reasons for this lowGxy but high g
2
xy between

terms (ii) and (iv) are not known. The severe drifts of the

BPRs may not have been corrected sufficiently to accu-

rately estimate the pressure gradient. We also speculate

that it is because the density measurements on the east

at RAPID MOC may not be sufficient to capture the

full gradient of OBP because geostrophic flows over the

sloping bottom can contribute to the boundary OBP

gradient, an issue that becomesmore important where the

continental slope is less steep, as on this eastern boundary

(Hughes et al. 2013). No velocity data are available for

that time period to verify this conjecture. As a conse-

quence,Gxy between the total transport shear [term (i)1
(ii)] and the total pressure gradient [term (iii) 1 (iv)] is

only on average 0.54 across frequencies. Finally, because

the eastern contribution to the shear [term (ii)] is of rel-

atively small magnitude, the total shear [term (i) 1 (ii)]

is also very close to the western pressure gradient only

[term (iii)] because Gxy is always larger than 0.6 (dashed

line in Fig. 5c). The g2
xy between these two terms (dashed

line in Fig. 5b) implies that term (i)1 (ii) always explains

more than 50% of the variance of term (iii) except near

the 12-day period. This means that the OBP gradient

between 1382 and 3898m on only the western boundary

represents relatively closely the total RAPID MOC me-

ridional transport shear between these depths.

No more BPRs were deployed at WB1 after the first

year of the array so we cannot test (2) at longer time

scales, and our conclusions are strictly valid for intra-

annual time scales. If more data were available, wewould

expect an increasing error because of drift corrections

applied to BPR records that can also suppress the true

signal variance (Hughes et al. 2013). However, the physics

of (2) and the dominance of the western boundary should

still hold at interannual time scales, as suggested by

Bingham and Hughes (2008) in an OGCM for both the

depth ranges of the upper and lower branches of the

Atlantic MOC at 428N.

The observational approach described in Hughes et al.

(2013) and applied by Elipot et al. (2013) consists of es-

timating the OBP gradient relative to and below 1000m

in order to derive the meridional overturning transport

according to (2). We are confident that we have demon-

strated that the shear of the western geostrophic trans-

port from RAPID MOC represents the western OBP

FIG. 4. Time series of ocean bottom pressure anomalies on the

eastern boundary at moorings EBH4, EBH3, EBH2, EBH1, and

EB3, and on the western boundary at mooring WB2. The curve

labeled z(WB2) is the pressure anomaly time series on the eastern

boundary at 3898m, depth of mooring WB2, interpolated linearly

with depth from the pressure anomaly time series at moorings EB3

and EB1 (see Fig. 3). These time series are obtained by integrating

pressure gradients calculated from BPR records, relative to zero at

1382m, the depth of mooringWB1. Arbitrary offsets to each curve,

as indicated by the dotted lines, were added for plotting purpose.
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FIG. 5. (a) Volume transport anomalies between 1382 and 3892m at the RAPIDMOC array

relative to 1382m, calculated from boundary pressure records (gray curves) or from RAPID

MOC geostrophic transport profiles (colored and black curves). The two lower curves (offset

by220 Sv) are the western boundary contributions, the two upper curves (offset by120 Sv) are

the eastern boundary contributions, and the two middle curves are the sum of the eastern and

western contributions. The labels of the curves correspond to the terms in (3). (b) Coherence

squared from term (i) to (iii) (solid blue), from term (ii) to (iv) (solid red), from term (i)1 (ii) to

(iii) 1 (iv) (solid black), and from term (i) 1 (ii) to (iii) (dashed blue). The horizontal dotted

line is the formal 95% confidence level. (c) Gain factor from term (i) to (iii) (solid blue), from

term (ii) to (iv) (solid red), from term (i)1 (ii) to (iii)1 (iv) (solid black), and from term (i)1
(ii) to (iii) (dashed blue). For legibility this last curve is plotted without its error bars, which are

of the same magnitudes as for the other curves. Error bars are approximated 95% confidence

intervals computed following Bendat and Piersol (1986, p. 338).
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gradient between 1382 and 3898m (or vice versa). As

such, we make the assumption that the same shear

transport profile also represents the OBP gradient be-

tween 1000 and 4000m. We use this assumption in the

rest of the paper to derive at 268N a time series of western

transport relative to and below 1000m, integrated down

to 4000m. We study next whether this transport is rep-

resentative of the MOC.

b. Western overturning transport relative to and
below 1000m and its relationship to the MOC

We compute the western geostrophic transport rela-

tive to 1000m in the 1000–4000-m-depth layer as

T265

ð21k

24k

"
2

ð21k

z

›QW,g(a)

›a
da

#
dz . (5)

With this convention, a negative value of T26 corre-

sponds to a southward transport relative to 1000m that

we interpret as a strengthening of the MOC. For com-

parison, the negative of T26 is plotted in Fig. 6 besides

the time series of the MOC and its contributions at 268N
(see below). In the rest of this section, we examine the

relevance of T26 for the monitoring the MOC.

1) COMPARISON TO THE MOC AND ITS

DYNAMICAL CONTRIBUTIONS

(i) MOC contributions

We define the MOC, orC, as the integrated transport

profile between the surface and 1000m. For 10-day low-

pass-filtered time series,C differs very little fromCMAX

calculated as in Kanzow et al. (2010), which involves

a time-varying lower limit of integration. Here, between

C and CMAX, the mean difference is 20.2 Sverdrups

(Sv; 1 Sv [ 106m3 s21) and the rms difference is 0.4 Sv

from 1April 2004 to 23April 2011. These differences are

negligible for our purpose.

The MOC is the sum of three components: the FC

transport, the Ekman transport, and the upper-midocean

transport (McCarthy et al. 2012). Here, we consider in-

stead dynamical contributions to the MOC. Following

Johns et al. (2011), we compute the geostrophic contri-

bution Cg from the transport profile Qg(z) obtained by

setting the Ekman transport to its mean value, as de-

scribed previously.Additionally, we compute the western

geostrophic contribution CW,g from QW,g(z). The geo-

strophic contribution from the eastern boundary CE,g is

calculated conversely from QE,g(z). These various con-

tributions (shown in Fig. 6) are neither all independent

nor additive for C, yet we will show that they help to

quantify the relative importance of the overturning pro-

cesses, notably as a function of time scales considered.

The standard deviations and rms differences from C of

the dynamical contributions toC are listed in Table 1 for

10-day or 6-month low-pass-filtered time series. This ta-

ble indicates that the variance of Cg is significantly less

than the variance of C. While CW,g exhibits almost as

much variance as Cg, the variance of CE,g is much re-

duced compared to Cg (more than 40% less variance).

We compare the variability ofC and its contributions

by analyzing their spectra (Fig. 7) and analyzing their

cospectra by considering their g2
xy and Gxy (Fig. 8). The

peaks at periods near 6 months and 1 year in the C
spectrum seem attributable to CE,g, which is confirmed

by g2
xy between them. This is consistent with the findings

of Kanzow et al. (2010), who showed that the eastern

boundary controlled the annual cycle of theMOC, likely

via the midocean transport response to oscillating winds

along the west coast of Africa (Chidichimo et al. 2010).

Nevertheless, g2
xy between C and CE,g is rarely signifi-

cant outside that frequency band, and theirGxy indicates

that CE,g makes a weak contribution to C. In fact, near

the 3.5-year period where C and CE,g are significantly

FIG. 6. MOC time series at 268N from the RAPID MOC array:

total MOC, MOC with Ekman transport variability removed (or

geostrophic), western boundary geostrophic MOC, eastern bound-

ary geostrophic MOC, and negative western boundary meridional

transport2T26 between 1000 and 4000m referenced to 1000m. The

straight lines are the least squares fits to linear trends. Note the

nonmonotonic labels of the y axis.

TABLE 1. Std dev s(X) in Sv of the 268N MOC, its contribution,

and of the negative of the T26 transport from 1 April 2004 to

23 April 2011. The std dev of the differences fromC are also listed.

The std dev are listed for the 10-day and 6-month low-pass-filtered

time series.

X C Cg CW,g CE,g 2T26

s(X)10-day 4.9 3.6 3.5 2.1 5.4

s(C 2 X)10-day — 2.7 3.1 5.0 5.4

s(X)6-month 3.4 2.6 2.4 1.3 2.6

s(C 2 X)6-month — 1.3 1.8 3.3 2.5
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coherent again, the phase of their cross-spectrum (not

shown) is actually near 1458, indicating that CE,g is

anticorrelated withC at these time scales. At periods just

longer than 1 month, a peak in the C spectrum appears

related toCW,g. Elipot et al. (2013) noted a similar peak

in the spectrum of the western boundary contribution to

meridional transport below 1000m derived from the

WHOILineWnear 398N (discussed in the next section),

which they attributed to topographic waves or more

generally coastally trapped waves propagating along the

western boundary. Between C and Cg, g
2
xy is not signifi-

cant at periods shorter than 5months, which suggests that

the local Ekman overturning dominates theC variance at

these relatively high frequencies. In contrast, g2
xy is larger

than 0.5 and significant for periods longer than 5 months,

which in turn suggests that the geostrophic contribution

dominates the variance at low frequencies. However,Gxy

from Cg to C is less than 1 at low frequencies, which in-

dicates that Cg remains an underestimate of C and sug-

gests that an Ekman overturning pertains even at those

frequencies. The g2
xy and Gxy between C and CW,g in-

dicate thatCW,g often explains a dominant fraction of the

variance of C and is as good as, or better than, Cg at

explaining the variance of C for periods longer than

approximately 2 years.

In conclusion, despite the importance of the eastern

boundary for near-annual frequencies, cross-spectral

analyses show that the geostrophic component clearly

dominates the variance of the MOC time scales longer

than 6 months and that most of the geostrophic vari-

ance arises from the western boundary.

(ii) T26 comparison

We now compare T26 to C and its contributions. The

time mean of T26 is 17.9 Sv southward and almost equal

to the time mean 17.3Sv northward of C. This is not sur-

prising because in the mean the zero crossing of the

transport profile is 1001m and the mean southward trans-

port below 4000m is small for our time period of analysis.

Table 2 lists correlations, hereafter noted rxy, between2T26

and theC contributions. The transport2T26 is significantly

correlated withC, with rxy 5 0.44 for the 10-day low-pass-

filtered time series, but this implies that T26 accounts for

only 19% of the variance of C. The transport 2T26 is the

most correlatedwithCW,g (rxy5 0.58) and is not correlated

with CE,g. These correlations between 2T26 and the C
contributions actually depend on the filtering applied to

the time series. This is first seen when the correlations are

recalculated for the 6-month low-pass-filtered time series:

in that case, rxy 5 0.69 with C and rxy 5 0.83 with CW,g.

To better quantify the influence of the filtering, we

calculate a new correlation coefficient between 2T26

and theC contributions, which we denote rxy(nc), where

the time series are low-pass filtered with a frequency

cutoff nc. To account for the increasing autocorrelation

inherent to the time series and the filtering, we assess the

significance of rxy(nc) by themethod of Ebisuzaki (1997)

for serially autocorrelated time series. For each calcu-

lation of rxy(nc) between a pair of time series we also

calculate rxy(nc) between a simulated pool of 1000 pairs

of time series that have exactly the same autospectra as

the original time series but for which the phases of the

Fourier components as a function of frequency have

been randomly assigned. The value of the 95th percen-

tile of the distribution of the correlations calculated with

the simulated time series is taken as our 95% confidence

level.

Shown in Fig. 9, rxy(nc) between 2T26 and the C
contributions are always positive and significant. The

rxy(nc) generally increase as the low-pass filter period

FIG. 7. Multitaper spectra of the time series of Fig. 6. Spectra

were computed from demeaned but not detrended time series. The

spectra are successively offset by 2 decades. The spectrum of C is

repeated as background gray curves for comparison. The 95%

confidence interval indicated in the top left corner is calculated

with a number of degrees of freedom equal to twice the number of

tapers used for the spectral estimation. Spectra are estimated using

a multitaper estimator with five Slepian tapers following Percival

and Walden (1993).
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cutoff lengthens. When 1/nc 5 10 days, 2T26 is most

correlated with CW,g (0.58) compared with the other

contributions, and this remains approximately true

down to 1/nc5 300 days.Down to almost 1/nc5 1000 days,

2T26 is always more correlated with CW,g than with C
and Cg, which is understandable because T26 overall

is not correlated with the eastern boundary (Table 2).

Because 2T26 is significantly correlated with the Ekman

transport (black curve in Fig. 9, noted TEK) down to

1/nc 5 2 years, 2T26 is more correlated with C than

with Cg. Since T26 is a geostrophic transport, this sug-

gests that at these time scales there exists a geostrophic

adjustment or a return flow in response to the surface

Ekman transport that is different from the near-

instantaneous vertically uniform compensating transport

imposed in theRAPIDMOCcalculation, andwhich does

not enter the calculation in (5). Based on the values of

rxy(nc),T26 capturesmore than 50%of the variance ofCW,g

at periods longer than 80 days and more than 50% of the

variance of bothC andCg at periods longer than 230 days.

Another measure of the variability of T26 is its power

spectrum (Fig. 7). This reveals that, depending on the

frequency, T26 exhibits different levels of variance

compared toC and its contributions. Notably, the broad

peak centered around the 1-year period in the C

spectrum, attributable to CE,g, is absent for T26. A

consequence is that at periods longer than approxi-

mately 8 months, the variance of T26 becomes less than

the variance of C. This is also reflected in the standard

deviation of T26, which becomes less than the standard

deviation of C when the time scales shorter than 6

months are excluded (2.6 Sv compared to 3.4 Sv; Table 1).

This is potentially an advantage for capturing interannual

FIG. 8. (a) Multitaper coherence squared and (b) gain factor between C and the various

contributions to C as indicated in the legend. The horizontal dotted line in (a) indicates the

95% confidence level for coherence squared, where the number of degrees of freedom is twice

the number of tapers (five Slepian tapers) used for the spectral estimates. Linear trends were

removed from the time series before computing the coherence squared and the gain factor.

There are corresponding x axes in (a) and (b), but (a) is labeled with periods and (b) is labeled

with frequencies.

TABLE 2. Correlation rxymatrix between theMOC time series at

268N, the western boundary contribution, the eastern boundary

contribution, the geostrophic contribution, the western and eastern

boundary geostrophic contributions, and the negative of the

overturning transport between 1000 and 4000m relative to 1000m.

The upper triangle contains the correlations for the 10-day low-

pass-filtered nondetrended time series and the lower triangle for

the 6-month low-pass-filtered nondetrended time series. Based on

a method by Ebisuzaki (1997), the values not significant at the 95%

confidence level are in italics.

rxy C Cg CW,g CE,g 2T26

C — 0.84 0.78 0.18 0.44

Cg 0.95 — 0.84 0.34 0.45

CW,g 0.86 0.89 — 20.16 0.58

CE,g 0.25 0.27 20.14 — 20.12

2T26 0.69 0.66 0.83 20.24 —
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variability as T26 appears shielded from the annual cycle.

Similarly, power spectra of meridional transports below

1000m from the MOVE array in the North Atlantic

western ocean basin near 168N do not display significant

peaks at the annual frequency (Kanzow et al. 2008). At

shorter periods, between approximately 6 months and

40 days, T26 exhibits more power than C or any other

contributions. This is also clearly seen in the time series of

T26 compared to theMOCcontributions time series (Fig. 6)

or again the standard deviations for the 10-day low-pass-

filtered time series (Table 1). The reason for this notable

difference in variance is examined in the next subsection.

In summary,T26 appears to be the closest to ameasure

of the western geostrophic MOC. At semiannual and

longer periods, it is also a measure of the geostrophic

MOC and total MOC.

2) COMPARISON TO THE VERTICAL STRUCTURE

OF TRANSPORT

We conduct an analysis of the geostrophic transport

profile by calculating its empirical orthogonal functions

(EOF). The same analysis on the total transport profile

shows a dominant pattern of Ekman transport distrib-

uted in the top 100m that is uniformly returned below.

This is a construction in the solution of RAPID MOC

(Kanzow et al. 2010) and is of modest interest here. To

take into account different time scales of variability, we

calculate the EOFs from the cumulative sum of the

spectral covariancematrix (von Storch and Zwiers 2002)

of the transports per unit depth up to a given frequency

cutoff (note that we calculate a covariance matrix, not

a correlation matrix). It is equivalent to forming co-

variance matrices of the transport profile after applying

a low-pass filter and changing the frequency cutoff to

gradually eliminate variance at short periods. For each

calculation with a different cutoff frequency, the prin-

cipal component (PC) time series associated with an

EOF is computed by projecting that EOF on the trans-

port profile time series after low-pass-filtering themwith

the same frequency cutoff. The correlations of 2T26

filtered in the same way with the PC time series and with

the filtered geostrophic MOC are also calculated, as-

sessing the significance of the correlations following

Ebisuzaki (1997). The range of period cutoffs consid-

ered varies from 10 days to the length of the time series,

2578 days. Figures 10a and 10c display contour plots of

the first two EOFs as a function of depths between 0 and

4000m and as a function of the period cutoff.

The first two EOFs always explain together more than

82% of the variance, with EOF1 always explaining more

than 63% of the variance (Figs. 10b,d). Overall EOF1

corresponds in its positive phase to a northward trans-

port above approximately 1000m, decreasing mono-

tonically to become southward below. Yet, the vertical

structure of EOF1 changes with the period cutoff. The

shear of EOF1 below 1000m is relatively weak when

short periods are included, strengthening significantly

when periods shorter than 100 days are excluded.

FIG. 9. Correlation as a function of the inverse of the nc of the low-pass filter between2T26

and theMOC contributions as indicated in the legend. The 95% confidence level for each curve

is a dashed curve of the same color.
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Because T26 is a double depth integral of the transport

shear between 1000 and 4000m, if amode of variability of

the transport profile is vertically uniform at those depths,

it is not captured by T26. As such the changing shear is

partly responsible for the fact that PC1 accounts for less

than 6% of the variance of T26 with the shortest low-pass

filter period cutoff, increasing to ultimately more than

90% as more short periods are excluded (Fig. 10b).

The vertical structure of EOF2 is such that in its

positive phase it always corresponds to a strong south-

ward transport in the top 150m. Below that depth, the

structure varies depending on the period cutoff. When

time scales shorter than 1 year are included, EOF2

corresponds to a transport that is northward and with

a local maximum near 600m then decreases to become

southward below between 1500 and 2500m. When time

scales shorter than 1 year are excluded, the vertical

structure of this mode changes significantly: the sub-

surface northward maximum decreases and the shear

below 1000 weakens. However, whatever the period

cutoff, the amount of variance of Cg that can be ac-

counted for by this mode is always less than 30% (based

FIG. 10. Contour plots of (a) EOF1 and (c) EOF2 of the geostrophic transport profile as a function of low-pass

filter period cutoff. The analysis is conducted on the full-depth transport profile but only the top 4000m are

contoured here. Fraction of variance explained by (b) EOF1 and by (d) EOF2 and correlation squared interpreted

as a fraction of variance explained between the quantities as indicated by the labels. The correlation squared values

that correspond to correlation values that are not significant at the 95% confidence level are indicated with cross

signs on the curves.
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on significant correlation; Fig. 10d). This is understand-

able because EOF2 integrates to a very small transport in

the top 1000m because of its structure, which includes

a zero crossing between 100 and 150m. In fact, for a pe-

riod cutoff longer than 130 days, the correlation between

PC2 and Cg is not significant. At the same time, the

amount of variance in T26 that can be accounted for by

EOF2 (based on the correlation squared between PC2

and T26) decreases from 50% to about 25%. The dy-

namical nature of EOF2 at high frequency is likely due

to eddies and Rossby waves impinging on the western

boundary (Kanzow et al. 2009).

In summary, as more short-period variances are ex-

cluded, the variance of the geostrophic transport profile

is dominantly represented by EOF1, which corresponds

to a transport profile with a monotonic shear below

200m, while the importance of a second mode, little

correlated with the MOC, with variance at intermediate

depth, decreases. These changes in the variability of the

geostrophic transport profile and its shear explain why

1) T26 exhibits larger variance than Cg at intermediate

time scales (from 6 months approximately to 40 days),

and 2) 2T26 is more strongly correlated with Cg as

more short-period variability is excluded. Another

implication is that the maximum of the total or geo-

strophic streamfunction (or zero crossing of the trans-

port profile) may well be very close to 1000m on the

time mean, yet the 1000-m level does not correspond to

a node in the profile of variability, which is a function

of the time scales considered. In fact, the distribution of

the maximum of the streamfunction is bimodal with

a deep mode centered around 1050m and another

shallower mode centered around 680m (not shown).

Filtering the time series of transports to remove time

scales shorter than approximately 6 months suffices to

eliminate the mode at 680m.

A general conclusion is that the vertical structure of

MOC variability depends on the time scale, being com-

plicated at short time scales but settling to a single, simple

mode at periods longer than about a year. At such long

periods, T26 captures most of the variance of the geo-

strophic MOC.

4. Western transport overturnings near 418N

In this section we assess whether the variability of the

MOC near 418N measured by Argo and altimetry data

analyses as in Willis (2010) is captured by time series of

meridional transports derived from OBP gradients be-

low 1000m on the western boundary of the North At-

lantic Ocean at two sites north and south of this latitude:

at 398N from the WHOI Line W and at 42.58N from the

RAPID WAVE Line B.

a. Geostrophic and Ekman transports between
37 8 and 448N

We use the 4D Argo-based analyses of Willis and Fu

(2008) between 378 and 448N at quarter degree resolu-

tion to obtain time series of geostrophic meridional

transports, as well as contributions from the western and

eastern boundaries following (1). These Argo analyses are

geographically boundedby the 2000-m isobaths on thewest

and the east of the Atlantic basin (Fig. 1), thus neglecting

transports in regions shallower than 2000m. Willis (2010)

diagnosed from theEstimating theCirculation andClimate

of the Ocean, phase 2 (ECCO2), model (Menemenlis

2008) that these analyses could be used between 408 and
41.58N to obtain the basinwide geostrophic meridional

transport in the top 1130m with an rms error of only

1.1 Sv. Outside of this latitudinal band, the data miss

transport over regions shallower than 2000m and bia-

ses should be present. Nevertheless, we use these data

to compute transports between 378 and 448N, shown in

Fig. 11. We compute the transports in the top 1000m

FIG. 11. Total, western, and eastern geostrophic transports in the

top 1000m for the lat range 378–448N in the North Atlantic from

the Willis and Fu (2008) analyses of the Argo data (see text). The

black curves are the averages for 408–41.58N. Note the changing

y axis. Each western or eastern boundary transport is plotted as an

anomaly from the mean of the total transport at the same lat. The

negative of the time series of 6-month low-pass-filtered transport

between 1000 and 4000m referenced to 1000m fromWHOI LineW

(black dashed) andRAPIDWAVELine B (red dashed) are plotted

with arbitrary offset for comparison.
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rather than the top 1130m as in Willis (2010), in order to

conduct comparisons with overturning transports relative

to and below that depth, as derived in Elipot et al. (2013).

The rms difference in transports at 418N between the

two choices is only 0.2 Sv. As in Willis (2010), total

upper-ocean transports are obtained by adding to the

geostrophic transports the Ekman transports calculated

from monthly NCEP reanalyses’ wind stress at approxi-

mately 1.98 latitude resolution (not shown). TheseEkman

transports are relatively uniform and decorrelate at most

at 0.67 between 378 and 448N.

We assess the general characteristics of the upper-

ocean transports and the relative contributions from its

various components by examining correlations between

378 and 448N, shown in Fig. 12. The correlations between

geostrophic, western geostrophic, eastern geostrophic,

and geostrophic plus Ekman transports all show that

there is a disconnection between transports north and

south of 408N, also evident in the time series themselves

(Fig. 11). Such decorrelation of geostrophic transports was

also seen inBinghamet al. (2007) in a coupled atmosphere–

ocean model and in an ocean-only model, where 408N
corresponds roughly to the boundary between the sub-

tropical and subpolar gyre circulations with distinct me-

ridional transport variabilities. Correlations between

western geostrophic and geostrophic transports at each

latitude (diagonal of thematrix in Fig. 12a) reveal that the

western contribution explains between 68% and 92% of

the variance of the geostrophic transport, showing again

the importance of the western boundary in this latitude

range. Correlations between geostrophic and geostrophic

plus Ekman transports (diagonal of thematrix in Fig. 12c)

show that the geostrophic contribution explains between

17% (at 39.58N) and 70% (at 40.58N) of the total upper

FIG. 12. Correlation rxy between transports: (a) correlations between western geostrophic transports (upper tri-

angle) and between western geostrophic and total geostrophic transports (lower triangle); (b) correlations between

eastern geostrophic transports (upper triangle) and between eastern geostrophic and total geostrophic transports

(lower triangle); (c) correlations between total geostrophic transports (upper triangle) and between total geostrophic

and total geostrophic plus Ekman transports (lower triangle); (d) correlations between 2TB and the upper-ocean

transports as indicated in the legend; and (e) correlations between2TW and the upper-ocean transports as indicated

in the legend. Correlations significant at the 95% confidence level in (d) and (e) are indicated by circles.
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transport variance. In the update of the MOC time series

of Willis (2010) (Fig. 2b), the geostrophic contribution

explains 64% of the total MOC variance.

EOF analyses ofQg(z) andQW,g(z) averaged between

408 and 41.58N (Fig. 13) show that the transport vari-

ability is controlled by the western boundary: EOF1 of

QW,g(z) and EOF1 ofQg(z) are very similar and explain

both approximately 80% of the respective variances. In

their positive phases they represent a northward trans-

port anomaly that is strongly sheared in the top 500m

and near uniform below, down to 2000m, which is in

contrast to the transport variability at 268N (Fig. 10). An

analysis of the changes of the vertical structure of

transport variability as a function of frequency (not

shown) was conducted, but no major changes were

identified as a function of period cutoff. However, be-

cause 3 months of Argo data go into each monthly

transport profile, it is possible that the time resolution

of the data may not be sufficient to capture the rela-

tively high-frequency variance that is captured by

RAPID MOC. The PC time series associated with

EOF1 of QW,g(z) and EOF1 of Qg(z) explain almost

all the variance of their respective top 1000-m layer

transport (correlations are 0.99). Most remarkable, the

correlation between the top 1000-m layer total trans-

port and PC1 ofQW,g(z) is 0.92, which shows that EOF1

of QW,g(z) is the dominant mode of variability of the

geostrophic MOC at 418N.

b. Comparisons to overturning transports from OBP

Is the MOC time series near 418N from Willis (2010)

captured by OBP gradient on the western boundary? To

answer this question we compare the upper-ocean

transports between 378 and 448N to deep overturning

transports as derived at 268N; that is,

T5

ðz
2

z
1

2p0W(z)

r0 f
dz . (6)

The first estimate of (6) that we consider is TB (Fig. 2a),

derived by Elipot et al. (2013) where p0W was estimated

from OBP gradients between 1000 and 4000m, calcu-

lated from BPR data from the RAPID WAVE Line B

spanning the continental slope between 428 and 438N
(Fig. 1). Here TB is augmented by 1 year of BPR data

from the first deployment of the RAPID–Scotian (RS)

Line, successor of Line B through the continuation of

RAPID WAVE under the RAPID–Will the Atlantic

Thermohaline Circulation Halt? (WATCH) program

(Hughes et al. 2013). At time scales longer than 1 year,

TB is unreliable because of finite deployment times and

BPR drift correction. The second estimate of (6) is TW

(Fig. 2c), derived by Elipot et al. (2013) where p0W was

estimated between 1000 and 4120m, following the

methodology of Hughes et al. (2013), using data from the

WHOI Line W array located on the continental slope

between 388 and 408N (Fig. 1). Because TW is not esti-

mated from BPR data, this time series should not suffer

from drift corrections or discontinuities like TB, as ex-

plained in Hughes et al. (2013). For comparisons of the

upper-ocean transports, we actually consider monthly

averages of2TB and2TW centered on themiddle date of

each month. This leaves time series of only 62 points for

2TB and 42 points for 2TW.

We examine the correlations of 2TB and 2TW as a

function of latitude with the upper-ocean geostrophic

transports, their eastern and western contributions, and

their western contributions augmented by Ekman trans-

ports (Figs. 12d,e). The transports2TB and2TW are not

significantly correlated with the upper-ocean geostrophic

transports. The transport 2TB is significantly negatively

correlatedwith the eastern geostrophic transports around

408N, but this correlation should not be very relevant

considering the low values of eastern transports (Fig. 11).

Both transports 2TB and 2TW are generally positively

correlated with the western geostrophic transports, but

this correlation is significant only for 2TB at 40.258–
40.58N. When the Ekman transports are added to the

western geostrophic transports, the correlations become

stronger (reaching 0.3 for 2TB and 0.45 for 2TW) and

more often significant in a number of latitude bands: for

FIG. 13. EOF analyses of Qg(z) and QW,g(z) profiles at 418N:

(a) EOF1 patterns; the time means of Qg(z) and QW,g(z) are

also plotted with dashed curves. (b) First EOFs PC time series.
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2TB around 408 and at 42.258 and for 2TW at 38.58, be-
tween 41.758 and 42.758, and at 448N. Thus, based on

these correlation results, bothTB and TW capture modest

amounts of the variance of the western plus Ekman

contributions to the upper-ocean transports, but within

different latitudes.

We are limited by the number of points in ourmonthly

time series for a thorough analysis in the spectral domain

as we conducted at 268N. Nevertheless, Fig. 14 shows the

equivalent1 of the quantity rxy introduced earlier, be-

tween 2TB and 2TW on one hand and the western geo-

strophic and western geostrophic plus Ekman transports

on the other hand. As previously, we use the method of

Ebisuzaki (1997) to assess the significance of the calcu-

lation at the 95% confidence level. Both 2TB and 2TW

exhibit positive rxy values with the western geostrophic

transports (Figs. 14a,c) throughout most latitudes, but

2TW exhibits large negative rxy values around 408N.

However, the east–west orientation of the 2000-m isobath

near 408N may render the Argo sampling problematic

there. The 2TB term exhibits larger rxy values with the

western transports between 408 and 438N, while 2TW

exhibits larger rxy values between 37.758 and 39.58N.

Thus, 408N is a clear separation of the frequency–latitude

space of correlation. This is understandable if one takes

into account the decrease of correlation between the

upper-ocean transports north and south of 408N (Fig. 12)

and the latitudes of the Line B and LineW arrays. Values

of rxywith the western geostrophic transports are greater

than 0.45 near-annual time scales for 2TB and from

3-month and longer time scales for 2TW. However, only

2TB exhibits significant values of rxy at 40.258–40.58N.By

augmenting the western geostrophic transports with the

Ekman transports, the values of rxy and their significance

increase dramatically (Figs. 14b,d). In those cases, rxy for

2TB nowexceeds 0.6 when periods shorter than 6months

FIG. 14. Cumulative integral of normalized cospectra as a function of frequency cutoff between (a),(b) 2TB or

(c),(d) 2TW and the (left) western geostrophic or (right) western geostrophic plus Ekman geostrophic. The black

squares delineate the values that are significant at the 95% confidence level. The vertical dashed lines indicate the

1-yr, 6-month, and 3-month periods. The dotted horizontal lines in (a) and (b) indicate the range of lat of RAPID

WAVE Line B and in (c) and (d) indicate the range of lat of WHOI Line W.

1 The cumulative integral of the cospectrum divided by the

square root of the product of the autospectra.
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are excluded from the computation at 42.258N. This is

also the case for2TW but in broader latitude bands, from

38.258 to 39.58N and from 41.58 to 42.758N. In addition,

rxy for 2TW reaches values greater than 0.7 from the

6-month period near 448N. Overall, the conclusion is that

TB captures a modest yet nonnegligible fraction (at least

20%) of the variance of the western geostrophic trans-

ports for near-annual periods and a larger fraction (up to

47%) of the variance of the western geostrophic plus

Ekman transports north of 408N for semiannual and

longer periods. Similarly, TW captures a slightly greater

fraction (up to 25%) of the western geostrophic trans-

ports for semiannual and longer periods and a larger

fraction of the variance of the western geostrophic plus

Ekman transports north of 408N for semiannual and

longer periods (up to 60% at 448N, but only up to 47% at

lower latitudes). In Fig. 11, the linear relationships be-

tween OBP gradient-derived transports and Argo trans-

ports are visually evident when 6-month low-pass-filtered

versions of TW and TB are plotted alongside the Argo

transports.

In summary, it has been shown that transports relative

to and below 1000m from OBP gradients near 418N are

capturing some of the variance of the geostrophic MOC

because they are anticorrelated with upper-ocean west-

ern geostrophic transports for approximately semiannual

and longer time scales. In addition, this anticorrelation is

stronger with upper-ocean western geostrophic trans-

ports augmented by Ekman transports. Because TB and

TW are geostrophic transports by construction, this sug-

gests that there exist a geostrophic adjustment or return

flow in response to the upper-ocean Ekman transport,

similar to what we showed at 268N. Yet, the amount of

variance shared by the upper and lower transports is not

as strong as the one obtained from the 268N analysis, but

the results are nevertheless consistent between the two

latitudes. It is possible that the transport missed by the

Argo floats over regions onshore of the 2000-m isobath

on the west within the latitudes of Line B and Line W is

sufficient to lower the correlation between the upper-

ocean transports and the lower return transports captured

by OBP gradients.

5. Coherence of overturnings between 268 and 418N

Wenow have at our disposal for comparisons two time

series of the top 1000-m integrated geostrophic and total

transports at 268 and 418N and three time series of over-

turning transport relative to and below 1000m (Fig. 2).

a. Coherence of MOC time series at 268 and 418N

The spectra of C at 268 and 418N (Fig. 15a) both

have their maximum power near the annual period,

but also some power toward longer periods. The 268N
C additionally exhibits relatively high power near the

semiannual period, but not so much the 418N C. At

268N, the spectrum of Cg is relatively elevated at the

near-annual period, but that it is less the case for the

spectrum of CW,g, once again demonstrating the impor-

tance of the eastern boundary at that time scale (Kanzow

et al. 2010). This seems to be also the case at 418N where

the near-annual period dominates the spectrum of Cg,

but not the spectrum of CW,g.

How much of the MOC variance is coherent as a

function of latitude? The cross-spectrum between C at

268 and 418N (not shown) has a peak near the annual

period, as well as the cross-spectrum of Cg, albeit less

pronounced. In Fig. 15b, significant coherence squared

between C at 268 and 418N is found at periods between

8 and 12 months. Between Cg, significant coherence

squared is found at the 9-month period and at periods

near 3–4 months, but the autospectra of theCg are very

low at these last periods. In Fig. 15c the coherence

phase between theC at near-annual periods is between

2908 and21358, which implies that the 418NC precedes

the 268NC by approximately a quarter of a cycle at these

time scales (or 3 months on the annual time scale). The

coherence phase between the Cg at near-annual periods

is between2968 and21608. Overall, at periods where the

C time series or the Cg time series seem to covary, their

phases are close to being in quadrature or 908 apart. As

a consequence, the correlations of the time series are

zero. This is a consequence of the specific phase ar-

rangement, rather than indicating that the two time

series are unrelated.Mielke et al. (2013) came to a similar

conclusion by analyzing the seasonal cycle of the MOC

at 268 and 418N defined by monthly averages. They

found that theMOC seasonal cycles at the two latitudes

were apart by approximately 908 (their Fig. 1c). They also
found that the geostrophic MOC (which they called

MOCminus Ekman) had opposing phases; that is, they

were 1808 apart, whereas we find here that this phase dif-

ference is somewhat smaller, between 2968 and 21608.
The cross-spectrum of CW,g at 268 and 418N (not

shown) has low amplitudes, and the coherence squared

is little significant, except at the longest periods where

the coherence phase is near zero (Figs. 15b,c). This in-

terannual coherent covariance of CW,g at these two

latitudes may reflect the extreme event of winter 2009–

10. In November 2009, the total geostrophic transport

near 418N reached an unprecedented low value due

to the western geostrophic transport (Fig. 11). The

Ekman transport further amplified this minimum for

the total MOC at 418N (Fig. 2b). The MOC at 268N also

reached a minimum about 1 month later (Fig. 2d), which

was the combination of a relatively strong southward
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upper-midocean transport, a weakening of the deep return

flow (3000–5000m) that may be attributed to the thermo-

cline depth changes at the western boundary, and a strong

southward Ekman transport (McCarthy et al. 2012). This

suggests that this extreme event was large scale and due to

the geostrophic variability on the western boundary, both

at 268 and 418N. Yet, at periods between 6 months and

1 year, despite the relative low coherence squared of the

CW,g, the coherence phase is near2908 (Figs. 15b,c). The
correlation between the two CW,g time series is 0.30 be-

cause of the low-frequency in-phase relationship, but the

associated p value is 0.17, making it insignificant.

In summary, the coherence between latitudes of the

geostrophic overturning transports and western boundary

contributions is weak. Nevertheless, there is an indication

that these geostrophic transports are in near quadrature at

the annual period.

b. Coherence of deep overturning transports
at 268, 398, and 42.58N

The outstanding question now is: do time series of

overturning transports relative to and below 1000m cap-

ture the same covariance and phase as the MOC time se-

ries? Pairwise coherence squared and coherence phase

between T26, TW, and TB are shown in Figs. 15e and 15f,

respectively. While TW has a relatively high coherence

squared withT26 for periods longer than 2months,TB is

significantly coherent with T26 only for periods longer

than 15 months. This result for TB is less reliable because

at such time scales the variance is likely to have been

FIG. 15. (a) Power spectral density of MOC time series at 418 and 268N. Total MOC are heavy lines, geostrophic

MOC are dashed lines, western geostrophic are thin lines, following the legends of Figs. 2b and 2d. The spectra for

268N are offset by 22 decades. (b) Coherence squared and (c) coherence phase between C [heavy black line in (b)

and filled black symbols in (c)],Cg [dashed black line in (b) and open black symbols in (c)], andCW,g [gray line in (b)

and gray symbols in (c)] at 418 and 268N. (d) Power spectral density of TW (black) and TB (red) and T26 (blue) offset

by 22 decades. (e) Coherence squared and (f) coherence phase between TB and T26 (red) and between TW and T26

(black). Error bars for phase estimates are 95% confidence intervals. Spectral quantities are estimated using

a multitaper estimator with five Slepian tapers following Percival and Walden (1993).
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altered by the detrending of BPR records. However, in

both cases the coherence phases are near 2908. As a

consequence, the correlations between T26 on one hand

and TB and TW on the other hand are zero despite

significant covariances. Attempts to identify signifi-

cant time delays as in Elipot et al. (2013) from TW and

TB to T26, which could have been indicative of the

southward propagation of coastally trapped boundary

waves, were unsuccessful. The analysis of an OGCM

by van Sebille et al. (2011) suggests that the advection

time scale based on lag correlation of salinity of Lab-

rador Sea Water between 268N and 398–42.58N is longer

than 2 years, a result that cannot explain the observed

phases in Fig. 15d.

In conclusion, the time series of western contribution

to transport relative to and below 1000m exhibit the

same approximate 908 out-of-phase, or near quadrature,
relationship as the one observed between the conven-

tional MOC time series at 418 and 268N, albeit more

strongly. The dynamics behind this relationship will be

investigated elsewhere. For this paper, the conclusion is

that the small part of the MOC signal that is coherent

between 418 and 268N is also captured by deep over-

turning transports on the western boundary of the North

Atlantic Ocean.

6. Summary and remarks

This study, based mainly on the five time series (and

their variants) shown in Fig. 2, leads to the following

conclusions:

d The MOC time series at 268 and 418N are coherent on

near-annual time scales. The phase associated with

this coherence is close to 908, with 418 leading 268N,

resulting in a nonsignificant correlation (Fig. 15).
d The dominant signal of the MOC at both latitudes is

the geostrophic contribution (Figs. 2, 8, and 12), which

is in turn dominated by the western boundary contri-

bution (Figs. 6, 12, and 13; Table 2). At 268N, the

western geostrophic MOC explains 60% of the total

MOC variance for time scales longer than 10 days and

74% of the total variance for time scales longer than

6 months. At 418N, based on analyses of monthly

transports, the western boundary geostrophic MOC

explains 84% of the geostrophic MOC variance and

51% of the variance of the total MOC that includes

the Ekman transport.
d The time series at 268 and 418N of geostrophic and of

western geostrophic contributions to the MOC show

less coherence between latitudes than the total MOC

time series do, but nevertheless exhibit the same phase

relationship close to 908 on near-annual time scales,

with 418 leading 268N (Fig. 15). At interannual time

scales these time series are approximately in phase, as

evidenced by the strong downturn event of winter

2009–10 (Fig. 2).
d At 268N, the western boundary contribution to the

geostrophic transport in the 1000–4000-m layer, rela-

tive to 1000m, called hereT26, captures more than 50%

of the variance of both the MOC and its geostrophic

contribution at periods longer than 230 days (Fig. 9),

but not at shorter periods. This is because at periods

substantially shorter than a year, different vertical

structures of the transport profile make important

contributions to the MOC variability (Fig. 10). How-

ever, at longer periods the variability settles down to

a single mode, which is well captured by the transport

shear on the western boundary only.
d With limitations on the time scales that can be in-

vestigated, it is shown with 1 year of BPR records that

T26 can also be estimated by integrating with depth the

OBP gradient on the western boundary, instead of

using RAPID MOC data (Fig. 5).
d Near 418N, two OBP gradient time series on the

western boundary integrated with depth to form

western geostrophic transports in the 1000–4000-m

layer relative to 1000m, called hereTW andTB, capture

a modest but significant fraction (20%–25%) of the

geostrophic MOC on near-annual time scales. On

semiannual and longer time scales, TW and TB capture

a larger fraction (approximately 47%) of the totalMOC

(Figs. 12, 14).
d The phase relationship at near-annual periods between

T26 and either TB or TW is the same as the upper-ocean

geostrophic MOC time series, with 418 leading 268N by

approximately 908 (Fig. 15).

The ability ofOBPgradients to capture the geostrophic

MOC on the western boundary from semiannual time

scales is fortunate for observational purposes because it is

the dominant signal of the MOC. Taken together, the

conclusions above suggest that OBP gradient observa-

tions along the western boundary of the North Atlantic

can be used to monitor the MOC and its meridionally

coherent variability. One obstacle is that OBP cannot be

measured reliably at long or climate time scales from

BPRs because of the limitation on the technology of

pressure sensors found on BPRs. Fortunately, it is not the

boundaryOBP itself but the boundaryOBP gradient that

is relevant because it is proportional to overturning, or

vertically sheared, meridional transports according to

geostrophy. The method of Hughes et al. (2013) aims to

calculate OBP gradients in steps along a boundary with

respect to an approximate 1000-m reference level, using

relatively inexpensive arrays of short moorings deployed

along the continental slope to measure near-bottom

FEBRUARY 2014 E L I POT ET AL . 535



geostrophic velocity and density. They showed that the

error for their so-called stepping method at the RAPID

WAVE Scotian Line at 42.58N leads to a transport error

of less than 1Sv for the zonally integrated flow between

1100 and 3900m. Elipot et al. (2013) applied this method

to estimate a time series of western transport relative to

and below 1000m at the WHOI Line W mooring array

near 398N (Toole et al. 2011) and applied anothermethod

based on BPR data to estimate the same transport

quantity from the RAPID WAVE array Line B near

42.58N. The transport estimates of Elipot et al. (2013)

were derived from observational arrays that were not

designed, and therefore not optimal, for the purpose of

estimating boundary contribution to zonally integrated

meridional transport. Conceptually, the approach of

measuring the deep western boundary variability by in-

tegrating the western transport shear from a fixed refer-

ence level converges with the approach taken at the

MOVE array near 168N since 2000, which is to observe

the southward return flow in the western half of theNorth

Atlantic basin using the geostrophic transports’ reference

to a fixed level (Send et al. 2011). At the MOVE array,

however, 1000m is a less adequate reference level and

Send et al. (2011) find that a 4950-m reference level (at

the interface between North Atlantic Deep Water and

Antarctic Bottom Water masses) is more appropriate to

capture long-term variability of transports. Nevertheless,

our study showed, with the help of RAPID MOC data,

that the western boundary contribution to meridional

transport below and relative to 1000m is indeed repre-

sentative of the North Atlantic MOC at 268N. We also

showed that the time series of OBP-derived transport

derived by Elipot et al. (2013) near 418N capture signifi-

cant variability of western boundary overturning pro-

cesses. The continuation of the RAPID WAVE array

program for the time period 2008–14 (Hughes et al. 2013)

aims to obtain western overturning transports from an

array specifically designed for that purpose.
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