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by David J. A. Spofforth
The late Palaeocene to late Eocene period of Earth’s history is characterised by remarkable change. Temperate ice free poles at the beginning of this period gradually cooled
until permanent ice formed on Antarctica around 33.5 million years before present (Ma)
and sea ice formed in the Arctic. The intervening time was not stable and data, despite
relatively low resolution, appear to show that the Eocene climate was dynamic. This
period was the most recent time when atmospheric pCO2 concentrations were as high
as predicted by models simulating the effects of anthropogenic fossil fuel burning on
Earths’ climate. The ability to understand the mechanisms of climate change in the
Eocene will help to understand potential climate impacts in the future. This thesis examines 3 contrasting periods of climate change. Geochemical data indicate that a 3.5
million year period of high biogenic silica deposition during the Eocene was climatically
relatively stable in the Arctic basin with only infrequent communication to the world’s
oceans outside. This period is correlated with high organic burial in the basin and global
siliceous rich deposits which acted to gradually draw down pCO2 . This period of ‘quiet’
climate compares to two periods of warming where significant carbon isotope perturbations may indicate the forcing of the Earth’s climate into an alternative quasi-stable
state. The Palaeocene – Eocene Thermal Maximum (PETM) represents a significant
input of exogenic carbon into the atmosphere over the course of several thousand years
and significant warming of the Earth. Records of bulk carbonate isotopes from a section
in NE Italy show several other δ 13 C perturbations both before and after the PETM
event, albeit a quarter to a half of the magnitude of the PETM, and having durations
of only 40 – 60 thousand years (kyr). These events are thought to be the result of a
re-arrangement of the internal carbon cycle of the Earth - atmosphere and may represent orbitally forced changes in deep water ocean ventilation similar to controls seen on
modern day glacial – interglacial cycles. These rapid changes in the carbon cycle are
shown to be inverse at the middle Eocene Climatic Optimum (MECO), where gradual
warming over 400 kyr is ended abruptly by significant cooling. From the first marginal
marine section of this event rapid organic carbon burial occurs over 50 – 100 kyr and
is associated with previously unrecorded low oxygen bottom water conditions and high
organic burial. We hypothesize that if this burial was extended over significant shelf
areas then this could rapidly have returned the middle Eocene to the general cooling
trend of the Eocene.
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Chapter 1

Introduction
1.1

Why study Palaeogene Climate?

The beginning of the industrial age dawned in Britain in the mid 18th century, before
spreading to Europe and the rest of the world. This ignited the widespread burning of
fossil fuels which has driven economies over the last 250 years. The industrialisation of
the western world was coupled with great leaps forward in the social-economic landscape
and improvements in the quality of human life. However, over the last few decades the
impacts and potential impacts of using these fossil fuels have begun to be realised.
Since 1958 measurements of pCO2 at the Mauna Loa Observatory, Hawaii (Keeling et al.,
1976; Thoning and Tans, 1989), have shown a steady increase in pCO2 from 315 ppmV
to 387 ppmV (June 2009 average, www.esrl.noaa.gov/gmd/ccgg/trends), a rise of 72
ppmV in the last 45 years (Alley et al., 2007), and presently exceeding the natural range
(180 – 300ppmV) measured in ice cores for the last 600,000 years (Petit et al., 1990, 1999;
Siegenthaler et al., 2005). These ice core records from Vostok, Antarctica, and GRIP,
Greenland, have demonstrated the strong correlation between the atmospheric CO2
concentration and temperature e.g. Petit et al. (1990, 1999); Pepin et al. (2001); Monnin
et al. (2001); Ahn and Brook (2007); Jouzel et al. (2007) as have other palaeoclimatic
records e.g. Royer et al. (2001); Zachos et al. (2001); Royer (2006). The release of these
greenhouse gases (GHGs) into the atmosphere has created an energy imbalance in the
earth system (Hansen et al., 2005) leading to projected global warming in the future,
above and beyond the present small increases, due to the relatively long residence time
of CO2 in the atmosphere (Archer and Ganopolski , 2005). With continued use of fossil
fuels the CO2 concentration in the atmosphere is predicted to increase (Cox et al., 2000;
Alley et al., 2007; Meehl et al., 2007; Hansen et al., 2008), with pCO2 estimates ranging
between 730 – 1020 ppmV (A2 emissions scenario) (Meehl et al., 2007) estimated by
the year 2100. These CO2 concentrations were last seen in the late-middle Eocene and
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Figure 1.1: Collated multi proxy reconstructed atmospheric pCO2 concentrations
for the Palaeogene. Alkenone and boron isotope derived from a single source shown as
max and min estimates of pCO2 . Other proxy data collated from multiple data sets and
shown with individual error bars. All ages where possible are using the Gradstein et al.
(2004) age scale. Palaeosol data (∼ 2700 ppm) for early Eocene from Yapp (2004) not
shown as indeterminate age given (∼ 52Ma). Minimum pCO2 estimates of 686 ppmV
made from bauxite soils at 55-, 52-, 51-, and 48 Ma (Retallack , 2008) are not shown.
Henderiks and Pagani (2008) re-evaluated alkenone derived estimates of pCO2 based
on the cell size of the phytoplankton and found late Eocene measurements to be slight
overestimates but generally within error. Green bar across graph represents the range
of pCO2 emissions from the A2 scenario reported in IPCC report 2007 (Alley et al.,
2007). Data sources cited in the figure are 1) Cerling (1992), 2) Koch et al. (1992), 3)
Sinha and Stott (1994), 4) Royer et al. (2001), 5) Ekart et al. (1999), 6) Freeman and
Hayes (1992), 7) Pagani et al. (2005), 8) McElwain (1998), 9) Kurschner et al. (2001),
10) Retallack (2001), 11) Royer et al. (2001), 12)Royer (2003) 13) Greenwood et al.
(2003), 14) Demicco et al. (2003), 15) Pearson and Palmer (2000), 16) Lowenstein and
Demicco (2008).

are above the pCO2 threshold models for Antarctic glaciation (DeConto et al., 2008)
(figure 1.1).
In 2007 the Intergovernmental Panel for Climate Change (IPCC) stated that there was a
very high confidence (90%) that the anthropogenic effect on the Earth has been warming
since 1750 and it was very likely that the observed increase in global temperatures in
the last 50 years is due to these GHG emissions (Alley et al., 2007). Therefore, in
order to understand, and potentially adapt to future anthropogenic climate change,
palaeoclimatic records offer the opportunity to investigate past changes in Earths climate
system during times of high pCO2 . The Palaeogene period offers a window in time
to investigate and quantify feedback mechanisms on the concentration of CO2 in the
atmosphere during a period where CO2 concentrations were similar to or above those
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predicted to occur by the end of this century (figure 1.1). It also offers the opportunity
to elucidate environmental consequences of global climate change.
Present day knowledge of the Palaeogene period is improving, although compared to
multiple high resolution studies of the most recent glacial – interglacial cycle climate
events, both our spatial coverage and time resolution are sparse over large periods of
the Eocene. Initially, this was limited by the lack of reliably dated and continuous sedimentary sections. However, recent advances in drilling and the advent of multiple hole
drilling strategies have allowed better sediment recovery and the creation of composite
sections allowing the opportunity for higher resolution studies. At the same time more
inhospitable and difficult drilling locations, such as the Arctic Ocean have also been
drilled as well as the recognition of an increasing number of land based former marine
sections.
The principal aim of this thesis is therefore to investigate three periods of Eocene climate
which may have played significant roles in the climate evolution of the Eocene and which
may help to further understand the mechanisms of climate change.

1.2

A brief summary of Eocene climate

A one-line summary of Eocene climate would be that the Eocene represents the transition from a greenhouse world to the icehouse world of the present day. Since peak
warmth at the early Eocene climatic optimum (EECO) (∼ 50–52 Ma) (Zachos et al.,
2001) the Earth’s climate has undergone long-term gradual cooling. This transition from
greenhouse to icehouse is recorded in the benthic foraminiferal δ 18 O record (figure 1.2)
with the formation of the first permanent ice sheets on Antarctica, 33.4 Ma (Kennett
and Shackleton, 1976; Miller et al., 1991; Zachos et al., 2001; Coxall et al., 2005; Katz
et al., 2008) marking the end of the Eocene period. This long-term decline in Earth’s
temperature is coupled to a long-term decline in the CO2 concentration of the atmosphere (figure 1.1) (Pearson and Palmer , 2000; Royer et al., 2001; Pagani et al., 2005),
which acted, along with other feedbacks, to cool the Earth.
The Eocene was not, however, a period of stable and gradual change. Preceding peak
warmth in the early Eocene, several hyperthermal warming events have been documented
in the geological record. These are typically shortlived (104 years) and are associated
with global warming of a couple of degrees centigrade or greater. The best known,
and probably the largest of these events, was a warming of up to 5–8◦ C in the surface
ocean (Zachos et al., 2003; Sluijs et al., 2006) and on land (Bowen et al., 2004). This
event occurred at the Palaeocene – Eocene boundary following the input of a large
volume of exogenic carbon into the ocean – atmosphere system (Dickens et al., 1995;
Dickens, 2003; Zachos et al., 2005) and is commonly known as the Palaeocene – Eocene
Thermal Maximum (PETM). Smaller perturbations of the global carbon cycle of up to
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Figure 1.2: Deep sea δ 18 O and δ 13 C records for the Cenozoic. Values are taken from
the Zachos et al. (2001) compilation with additional data sets from Bohaty et al. (2009);
Tripati et al. (2005); Sexton et al. (2006). Where new age models were constructed the
original data from the Zachos et al. (2001) data set were replaced. Benthic δ 18 O values
record a gradual increase from the maximum negative values at ∼ 52 Ma with a number
of perturbations to the record e.g. PETM, MECO and the E/O boundary as marked.

1‰ (Cramer et al., 2003) have been recorded in the δ 13 C record both before and after
the PETM. This suggests that the global carbon cycle was dynamic and by extension
that the climate was also. Such events include the Eocene Thermal Maximum 2 (ETM2)
(Lourens et al., 2005; Stap et al., 2009) and the I2, J1,J2 events of Cramer et al. (2003).
Similarly, superimposed on the prolonged period of cooling after the EECO are several
transient warming and cooling events. The middle Eocene climatic optimum (MECO)
(Bohaty and Zachos, 2003; Bohaty et al., 2009), around 40 Ma, represents a several
hundred thousand year increase in global surface and bottom water ocean temperatures
of up to 4◦ C. Records from the equatorial Pacific highlight large variations in the depth
of the calcite compensation depth (CCD) and up to seven carbonate accumulation events
have been recorded in the literature (Lyle et al., 2005, 2008). These events are interpreted
to represent deepening of the CCD linked to decreased pCO2 in the atmosphere, which
may cause climatic feedbacks resulting in lower temperatures, and short-lived glaciations
on Antarctica (Tripati et al., 2005; Edgar et al., 2007b) and the formation of either
mountain glaciers or sea-ice at high latitudes in the Northern hemisphere as recorded
in ice rafted debris found as early as 45 Ma (Moran et al., 2006; Eldrett et al., 2007; St.
John, 2008; Tripati et al., 2008).
Through the application of various proxies, plate reconstructions and observations of

Chapter 1 Introduction

5

terrestrial and faunal turnover in the Eocene, these records clearly indicate that the
Eocene was not a time of stable climate but may have recorded several shifts to other
quasi–stable climate regimes and appears to have been more climatically variable than
once thought.

1.3

Thesis chapters

The principal aim of this thesis is to investigate three periods of Eocene climate which
may have played significant roles in the climate evolution of the Eocene and which may
help to further understand the mechanisms of climate change. The specific aims and
content for each chapter are set out below

1.3.1

Chapter 2: An overview of late Palaeocene – late Eocene climate
change

In this chapter an overview of Eocene climate change is presented. Temporal changes in
temperature, pCO2 , the CCD and controls on global climate events are discussed. The
two major end members of the Eocene; 1) the PETM and 2) Formation of permanent
ice at the Eocene / Oligocene boundary, are discussed in more detail as they provide
the highest resolution studies available and are the best understood climatic episodes
during the Eocene which let us evaluate what processes were occurring at that time. I
also include a description of our present knowledge of middle Eocene climate.

1.3.2

Chapter 3: Methods

In order to avoid too much unnecessary repetition the main methods used in this thesis
are presented in detail in chapter three. This chapter also includes the description and
testing of a new method for the rapid generation of percentage CaCO3 records. Previously, these records have normally been produced via coulometry or elemental analyser
methods. In this chapter a new technique was devised at the National Oceanography
Centre which allows the generation of % CaCO3 records at the same time as bulk carbonate δ 13 C and δ 18 O records from the mass spectrometer. This new method is tested
statistically for robustness against two other CaCO3 measurement techniques, coulometry and elemental analyser.
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1.3.3

Chapter 4: Geochemical records and orbital forcing from the
middle Eocene Arctic

Little material had ever previously been recovered from the Arctic prior to the Integrated
Ocean Drilling Program (IODP) Expedition 302 to the Arctic (“ACEX”) and little is
known about the Eocene Arctic Ocean. As equatorial surface temperatures are believed
to have remained stable throughout the Eocene (Pearson et al., 2007) then Eocene
cooling must have occurred at high latitudes. The middle Eocene period itself is poorly
constrained in global records. The occurrence of large quantities of chert (e.g. Moore
et al. (2008) and references therein) in the middle Eocene and global hiatuses in deep sea
drill holes occurring around the early – middle Eocene boundary (Norris et al., 2001)
hinder the understanding of this period. Oxygen isotope measurements show a gradual
cooling during this period (Zachos et al., 2001; Tripati et al., 2003) and increases in the
δ 13 C gradients between basins suggest an intensification of global cooling at this point
(Sexton et al., 2006). The ACEX cores allow us to investigate in detail this key period of
Eocene history and in a unique high – latitude location of which there is little previous
knowledge. In particular the aims of this chapter are:
• To generate high – resolution X-ray fluorescence (XRF) core scanner records in order to characterise geochemical changes in sediments through an expanded middle
Eocene section
• To relate these changes to the palaeoenvironmental conditions occurring in the
Arctic and investigate if these records carry evidence of orbital forcing
• To combine these records with other multi-proxy records of biological, geochemical
and sedimentological parameters, to explore the environmental response of orbital
forcing at this time

The work contained in this chapter has been previously published as part of the ACEX
special volume in Paleoceanography. I contributed towards all the papers listed below.
Within the chapter I have concentrated on the results presented in the paper I wrote
(Spofforth et al., 2008). I have included copies of the two other papers I made significant
contributions to in the appendix.
D. J. A. Spofforth, Heiko Pälike, and Darryl Green (2008). Palaeogene record of
elemental concentrations in sediments from the Arctic Ocean obtained by XRF analyses.
Paleoceanography, 23(1), PA1S05, doi:10.1029/2007PA001489
Francesca Sangiorgi, Els E. van Soelen, D. J. A. Spofforth, Heiko Pälike, Catherine E.
Stickley, Kristen St. John, Nalan Koc, Stefan Schouten, Jaap S. Sinninghe Damsté, and
Henk Brinkhuis (2008). Cyclicity in the middle Eocene central Arctic Ocean sediment
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record: Orbital forcing and environmental response. Paleoceanography, 23(1), PA1S08,
doi:10.1029/2007PA001487
H. Pälike, D. J. A. Spofforth, M. O‘Regan, and J. Gattacceca (2008). Orbital scale
variations and timescales from the Arctic Ocean. Paleoceanography, 23(1), PA1S10,
doi:10.1029/2007PA001490
J. Backman, M. Jakobsson, M. Frank, F. Sangiorgi, H. Brinkhuis, C. Stickley, M.
O‘Regan, R. Lovlie, H. Pälike, D. J. A. Spofforth, J. Gattacecca, K. Moran, J. King,
and C. Heil (2008). Age model and core-seismic integration for the Cenozoic Arctic Coring Expedition sediments from the Lomonosov Ridge. Paleoceanography, 23(1), PA1S03,
doi:10.1029/2007PA001476

1.3.4

Chapter 5: Organic burial following the Middle Eocene Climatic
Optimum (MECO) in the central–western Tethys

This chapter aims to investigate the occurrence of MECO in a near coastal setting and
to evaluate the occurrence of sapropel type sediments that appear associated with the
end of the MECO event. A reversal in the general trend of δ 18 O to more negative values
lasting over 400 kyrs, ∼40 Ma has previously been documented in the Southern Ocean
(Bohaty and Zachos, 2003) and in deep sea sediments from other globally distributed
sites (Bohaty et al., 2009). All these previous records have come from deep-marine settings and the only Tethyan record (Jovane et al., 2007) is affected by faulting preceding
the peak of the event. We present here the first record from a near coastal, relatively
shallow site over the MECO event. In addition, little is presently known about the
origin or the recovery of the event. We use geochemical records to investigate changes
in response to the global warming and link these to changes in the global carbon cycle.
This chapter has been in Paleoceanography as:
Spofforth, D.J.A., C. Agnini, H. Pälike, D. Rio, E. Fornaciari, L. Giusberti, V. Luciani, G. Muttoni (2010). Organic carbon burial following the Middle Eocene Climatic
Optimum (MECO) in the central – western Tethys. Paleoceanography, 25(3), PA3210,
doi:10.1029/2009PA001738

1.3.5

Chapter 6: Transient carbon isotope perturbations from a late
Palaeocene – early Eocene section in NE Italy.

Over the last few years a number of studies have shown that the characteristics of the
PETM may not be unique to the late Palaeocene – early Eocene (Cramer et al., 2003;
Nicolo et al., 2007; Stap et al., 2009; Agnini et al., 2009). The number and amplitude of
these other perturbations and their relationship to the PETM is an important question
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in understanding both the origin of the PETM and also controls on the environment
and global carbon cycle at this time. Previously Cramer et al. (2003) highlighted up to
13 negative δ 13 C excursions in a number of different deep-sea drill sites. In this chapter
I aim to:
• Investigate carbon cycle perturbations around the PETM from the Cicogna section
in NE Italy and correlate these events to others recorded in the geological record.
• Explore the relative spacing and timing of these events and consider potential
causal mechanisms and how this may have affected the global carbon cycle.

Chapter 2

From Greenhouse to Icehouse in
the Eocene
Throughout the course of the PhD research it was the aim for each scientific chapter
to be published. As a result each chapter has been written in the format of a journal
article. Therefore, in order to place each of these chapters in context into a context
of Eocene climate evolution, a review of climate change during this epoch is presented
here. This review is written chronologically from oldest to youngest (Figure 2.1). This
figure synthesizes much of the information contained in this chapter and is referred
to throughout. The review covers arguably one of the most interesting periods of the
Cenozoic with warm greenhouse climates in the early Eocene and the formation of the
first permanent ice sheets at the end of the Eocene. This review begins at the PETM
and covers this event in some detail, as the records presented in chapter 6 contain the
PETM.

2.1

The PETM, a time of environmental change

The Palaeocene–Eocene Thermal Maximum (PETM) is one of the most prominent climatic events in the Cenozoic (Figure 2.1)(Kennett and Stott, 1991). Occurring between
∼ 55.5 – 55.9 Ma (Lourens et al., 2005; Westerhold et al., 2007), the PETM was characterised by ∼ 5–8◦ C warming on land (Koch et al., 1995; Bowen et al., 2004; Sluijs
et al., 2006; Bowen and Bowen, 2008) and in the surface ocean (Thomas et al., 2002;
Zachos et al., 2003; Tripati and Elderfield , 2004; Zachos et al., 2006; Sluijs et al., 2006),
along with ∼ 4–5◦ C warming in the deep oceans Kennett and Stott (1991); Norris and
Rohl (1999); Zachos et al. (2001) and widespread and severe dissolution of deep sea
carbonates (Kennett and Stott, 1991; Koch et al., 1992; Zachos et al., 2003, 2005; Zeebe,
2007; McCarren et al., 2008). Major global biotic and environmental changes occurred
at this time, including a benthic foraminiferal extinction event (BFEE) (Pak and Miller ,
9
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1992; Thomas and Shackleton, 1996; Thomas, 2003), that coincided with low deep sea
oxygenation and variations in temperature and pH (Thomas and Zachos, 2000). Planktonic records are marked with the appearance and proliferation of excursion taxa such
as the dinoflagellate Apectodinium (Crouch et al., 2001, 2003; Sluijs et al., 2006, 2007b,
2008a).
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Figure 2.1: Deep sea δ 18 O and δ 13 C records for the Cenozoic. Values are taken from
the Zachos et al. (2001) compilation with additional data sets from Bohaty et al. (2009);
Tripati et al. (2005); Sexton et al. (2006). Where new age models were constructed the
original data from the Zachos et al. (2001) data set were replaced. Benthic δ 18 O values
record a gradual decrease from the maximum negative values at ∼ 52 Ma with a number
of perturbations to the record e.g. PETM, MECO and the E/O boundary as marked.

2.1.1

Geochemical and sedimentological changes

Figure 2.2 illustrates the PETM in more detail, typical δ 13 C records across the PETM
from both terrestrial (Polecat (Bowen et al., 2004; Magioncalda et al., 2004)) and global
marine sites (ODP Site 690 (Kennett and Stott, 1991; Bains et al., 1999; Thomas et al.,
2002; Kelly et al., 2005)) are presented. The initial excursion is rapid, occurring in several
hundreds to thousands of years and its detailed shape is complicated by dissolution events
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within the deep sea e.g. (McCarren et al., 2008) which have removed part of the initial
event. The initial excursion within bulk inorganic δ 18 O and δ 13 C isotope records appears
to be pulsed (Bains et al., 1999; Zachos et al., 2005) and has been suggested as evidence
for multiple injections of light carbon into the earth system (Bains et al., 1999, 2003). As
these bulk isotope records consist of upwards of 70% nannoplankton material, assemblage
changes across this event (e.g. (Gibbs et al., 2006a,b; Agnini et al., 2007a)) may cause
a bias in the bulk isotope records as different calcifying organisms, with different bulk
inorganic δ 18 O and δ 13 C values, become dominant or are preferentially dissolved at
different times. Evidence for this biasing may potentially be recorded in single species
foraminiferal records, which do not appear to show evidence of pulsing during the initial
excursion for single depth horizons. However, there does appear to be a lag in the onset
of the carbon isotope excursion (CIE) in different communities of foraminifera (Thomas
et al., 2002), with surface planktonic foraminifera recording the CIE prior to deeper
dwelling benthic foraminifera. Local productivity, and post-depositional effects such as
diagenesis and bioturbation (Thomas et al., 2003; Stoll , 2005) have been suggested as
explanations for this lag, rather than it being a real phenomena caused by the downward
propagation of light carbon in the ocean. Lags are also seen in terrestrial records between
soil nodule carbonate and dispersed organic carbon as recorded in the Big Horn Basin,
Wyoming, (Bowen et al., 2004; Magioncalda et al., 2004), where downward diffusion of
gases and diagenesis may reflect the lag of several metres.
Differences in the habitat of planktonic foraminiferal species and variations in the composition of plankton in bulk carbonate samples also cause differences in the magnitude of
the CIE. Furthermore, local productivity and surface water stratification also influence
the magnitude of the δ 13 C excursion, which commonly varies between 2 - 4 ‰ (Sluijs
et al., 2007b). The Benthic foraminiferal δ 13 C excursion normally vary between 2 - 3 ‰
in the deep sea (Nunes and Norris, 2006) and 4 - 5 ‰ on the New Jersey shelf and at
Tumey Gulch, California (John et al., 2008). Variations in benthic signals have been attributed to both changes in deep ocean water circulation (Nunes and Norris, 2006) and
variations in the amount of bioturbation (Thomas et al., 2002). Terrestrial sections generally record negative δ 13 C excursions of up to 5 - 6‰ during the initial event (Bowen
et al., 2004; Bowen and Bowen, 2008). This larger excursion had been attributed to
increased isotopic fractionation from the combined effect of humidity and increased soil
moisture (Bowen et al., 2004); changes in precipitation patterns and changes in plant
communities (Pagani et al., 2006a; Schouten et al., 2007; Smith et al., 2007). Increased
fractionation under higher pCO2 has also been suggested. However, this view appears
problematic when assessed alongside new data from the Bighorn Basin (Wing et al.,
2005) which may actually suggest a shift to drier climates, while similar sized excursions recorded at high latitudes would not be affected by precipitation related changes
as regional conditions in the Arctic area would already have been temperate and wet
(Pagani et al., 2006a). Recently reported δ 13 C analysis on plant alkanes from Tanzania
showed a δ 13 C excursion of -6.5 ‰ (Handley et al., 2008) and a decrease in humidity
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Figure 2.2: Compilation of δ 13 C and δ 18 O values of planktonic foraminifera (surface
dweller Acarinina and thermocline-dweller Subbotina spp.; mostly single specimen),
benthic foraminifera (Nuttallides truempyi) and bulk carbonate from ODP Site 690 in
the Weddell Sea (data from Kennett and Stott (1991); Bains et al. (1999); Thomas et al.
(2002); Kelly et al. (2005)), soil carbonate nodule (Bowen et al., 2004) and dispersed
organic carbon (DOC) (Magioncalda et al., 2004), δ 13 C records from the Polecat Bench
section in the Bighorn Basin, Wyoming, USA. BFE refers to the main phase of benthic
foraminifer extinction according to Thomas et al. (2003). Mbsf, metres below sea-floor.
Figure taken from Sluijs et al. (2007a)

was interpreted to reduce any fractionation effects. Together, these new observations
suggest that the magnitude of the carbon isotope excursion in the ocean-atmosphere
system may have been larger than previously thought, and that the marine record is
possibly biased. This larger excursion has significant implications for the source and
quantity of the carbon injected into the system at the PETM.
The possible increased magnitude of the CIE requires that an alternative explanation is
made for the smaller excursion recovered in the marine realm. If ocean acidification is
considered to be at a maximum during the initial excursion, then deep sea sites would
have been strongly affected by dissolution, and burn down of pre-existing carbonate,
removing both the pre-event and initial signal and the maximum negative δ 13 C excursion
would not be recorded. A marine transect across the Walvis ridge (Figure 2.3 showed
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larger benthic foraminiferal δ 13 C excursions in the shallower sites (up to -3.5 ‰), consistent with this interpretation. However, an intermediate water mass with lower δ 13 C
signal cannot be ruled out (McCarren et al., 2008). Therefore, this would suggest that
shallow sections, which were deposited far above the lysocline, such as records from the
New Jersey shelf or Tanzania, might represent the true record of the CIE in the marine
setting. These shallow sections should also provide a higher resolution record of the
initial conditions, as sedimentation rates were higher and therefore relatively expanded
sections compared to the deep sea were deposited. However, although larger magnitude
δ 13 C excursions are sometimes recorded in bulk records from continental shelf sections
e.g. Bass River and Tumey Gulch (John et al., 2008) and planktonic δ 13 C excursions of
up to 4.5 ‰ have been recorded from Tanzania (Handley et al., 2008), the larger excursion is still not sufficient to explain all of the discrepancy between marine and terrestrial
records, although it does now account for about 1 - 1.5 ‰ of the variance. Also, shallow PETM sections do not consistently show a larger CIE excursion, e.g. Forada, Italy
(Giusberti et al., 2007) and Mead Stream, NZ (Nicolo et al., 2007) show excursion values
of around 2.5 – 3‰ in the bulk record. Ocean acidification also has some effect on the
δ 13 C signal recorded in foraminifera. Calcite becomes enriched in

13 C

with decreasing
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pH (Spero et al., 1997). However, this is estimated to only reduce the amplitude of the
δ 13 C signal by around 0.5‰ (Bowen et al., 2004), which is not enough to explain all the
variance between terrestrial and continental records. As yet no satisfactory explanation
is available to explain this variance.
Following the rapid initial δ 13 C isotope excursion the main body of the CIE lasts for
around 80 kyrs (Röhl et al., 2005) and is generally characterised by relatively stable δ 13 C
values, slowly increasing temperatures and a slow reduction in ocean acidity (e.g. (Sluijs
et al., 2007a). This period probably represents a complete shift in the global carbon system to another semi–stable state, with possible stagnation of the carbon cycle (Zachos
et al., 2005). The recovery phase is approximately exponential in shape (Figure 2.2) and
appears to show recovery of the δ 13 C signal from surface waters downwards (e.g. Walvis
Ridge transect Zachos et al. (2005)). For the PETM, Bains et al. (2000) and John et al.
(2008) suggest that enhanced productivity and organic matter production and burial in
the oceans via biogeochemical feedback mechanisms e.g. (Zachos and Dickens, 2000)
following gas-hydrate dissociation may have acted to reduce global temperatures. As
previously observed at the PETM, increased continental run off (Robert and Kennett,
1994), rising global temperatures, increased pCO2 (Pagani et al., 2005), nutrient input
from volcanic fallout (Eldholm and Thomas, 1993) all would have combined to produce
optimal conditions for phytoplankton blooms. Elevated concentrations of Babiogenic at
ODP Site 1051 (Bains et al., 2000) are consistent with increased marine export productivity and these elevated concentrations provide a mechanism for returning atmospheric
pCO2 to pre PETM CO2 concentrations. Records from the western Atlantic continental
margin show rapid increases in organic carbon burial rates (John et al., 2008) which
acted to bring down pCO2 . Others, e.g. Dickens (2000) have invoked pCO2 drawdown
from silicate weathering as the principal recovery mechanism.
Compared to deep-sea records, many marginal marine and continental records are expanded. Increased weathering and erosion have been associated with increases in greenhouse gases across the PETM and associated intensification of the hydrological cycle
(Dickens, 2000; Huber and Sloan, 2000; Bice and Marotzke, 2002; Zachos et al., 2003;
Dickens, 2003; Bowen et al., 2004; Pagani et al., 2006b). Increases in the amount of
kaolinite (Robert and Kennett, 1994; Kelly et al., 2005) and increases in continental
silicate weathering (Bolle and Adatte, 2001; Ravizza et al., 2001) have both been interpreted as indicators of a warm humid climate at this time. Carbon isotope records from
ODP Holes 690 and 1051 Cramer et al. (2003) suggest that the negative δ 13 C excursion
at the PETM was only one of a number of negative δ 13 C excursions occurring in the late
Palaeocene and the Early Eocene. Of these, the Eocene thermal maximum 2 (ETM2)
is the largest (Lourens et al., 2005; Stap et al., 2009).
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Biotic and environmental changes

The PETM is marked by one of the largest calcareous deep benthic foraminifera extinction events (BFEE) recorded in the geological record when 35 – 50% of species went
extinct (Pak and Miller , 1992; Thomas, 1998, 2003). Neritic and deep benthic assemblages as well as many other organisms and planktonic biota however, did not suffer
such large scale extinction. Several drivers for extinction have been discussed, including
food availability, acidification, bottom water oxygenation changes, and increased bottom
water temperatures (Thomas, 1998). However, it is not straightforward to deduce if any
of these were the triggering factor (Thomas, 1998) and it appears likely that the latter
increase in temperature resulting in ecosystem restructuring may have been the most
likely cause (Thomas, 2007).
In the planktonic marine record one of the most prominent events is the dramatic change
in the palaeogeography of organic walled dinoflagellates cysts. Because of their limited environmental tolerance to mostly neritic settings, these cysts are very sensitive to
changes in the physiochemical properties of surface waters (Sluijs et al., 2005), in particular nutrient availability, salinity, stratification and temperature. Prior to the PETM
the dinocyst taxon Apectodinium was restricted to low latitudes (Bujak and Brinkhuis,
1998), then at the PETM nearly every record from high to low latitude shows an abundance of Apectodinium synchronously across the globe (Sluijs et al., 2008a). The poleward migration of the species confirms the global increase in temperature and also a
likely increase in continental run-off (Crouch et al., 2001, 2003; Crouch and Brinkhuis,
2005), consistent with evidence of an enhanced hydrological cycle under elevated pCO2
(Pierrehumbert, 2002; Huber and Caballero, 2003). Variations in Apectodinium abundance over the PETM, and other hyperthermals intervals have been used to estimate
sealevel at the PETM (Sluijs et al., 2008b). Interestingly the sea–level rise appears to
pre-date the PETM by ∼ 20-200 kyrs.
Planktonic foraminifera showed relatively little change across the PETM. The genus
Morozovella migrated poleward immediately prior to and during the early CIE (Thomas
and Shackleton, 1996) and extreme morphotypes of both genera Morozovella and Acarinina occurred in tropical regions (Kelly et al., 1996), indicative of environmental stress at
this time. Calcareous nannofossil assemblages change from oligotrophic to euthrophic
in neritic environments (Gibbs et al., 2006a), while the open ocean becomes more oligotrophic (Gibbs et al., 2006a; Tremolada and Bralower , 2004). However, neither the
neritic or open ocean settings saw large extinction events.
The PETM marks a period of significant change in terrestrial biota. Modern orders
of mammals, Artiodactyla, Perissdactyla and primates (APP) all first appear at the
Palaeocene - Eocene boundary (Gingerich, 2006) and many other species underwent
dwarfism (Gingerich, 2003). Correlation of these faunas also indicates the almost synchronous (within 10 kyrs) appearance of APP taxa across N. America, Europe and Asia
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(see Gingerich (2006) and references therein) with species migration across high latitude land bridges (Clyde and Gingerich, 1998; Bowen et al., 2002). Terrestrial floras
underwent similarly rapid (10 kyr) individualistic range changes, with both inter and
intra continental migration (Wing et al., 2005).

2.1.3

Mechanisms

Fundamental to understanding the PETM is to differentiate between the different potential causal mechanisms and then to assess whether one individual mechanism can
explain both multiple events, e.g. the Early Eocene Thermal Maximum 2 (ETM2)
(Lourens et al., 2005), which is suggested to be similarly related to the PETM. Any
mechanism must also be able to produce the environmental changes recorded in the
geological record.
The magnitude of the global carbon isotope excursion (CIE) can be used to constrain
the source, isotopic signature and mass of carbon released at the PETM (Pagani et al.,
2006a) and at other perturbations. For the PETM, the CIE and carbonate dissolution
can be explained by the injection of gigatonnes (> 2000 Gt) of depleted (12 C rich)
carbon into the ocean-atmosphere system (Dickens et al., 1997; Zachos et al., 2005).
Dissociation of methane hydrates (Dickens et al., 1995, 1997), extraterrestrial impacts
(Kent et al., 2003), oxidation of terrestrial organic carbon (Kurtz et al., 2003) and
exhalation from thermogenic methane from within the Earth (Svensen et al., 2004), have
all been suggested as potential mechanisms for the origin of the PETM. Individually the
different mechanisms can explain some or all of the observed features of the PETM
described above. Here I critically evaluate the main hypotheses put forward in the
last decade with respect to the carbon cycle changes, event timing and biotic responses
occurring during the CIE.
1) The methane hydrate capacitor hypothesis
From the several hypotheses mentioned above for the origin of the PETM the most
popular in the literature is the methane hydrate capacitor e.g. (Dickens et al., 1995,
1997; Dickens, 2001, 2003) which is commonly accepted as the most likely candidate for
the initiation of large scale global warming and the CIE (Katz et al., 1999; Norris and
Rohl , 1999; Zachos et al., 2001, 2008). In brief this hypothesis suggests that warming of
deep bottom waters from 11 to 15 ◦ C over 104 years would significantly change sediment
thermal gradients resulting in previously solid CH4 clathrate dissociating and being
released into the ocean at intermediate water depths and then into the atmosphere.
Present-day estimates of the volumes of clathrates in the ocean are around 2000Gt
(Archer et al., 1998). Dissociation of this volume of clathrates with a δ 13 C of -60 ‰
(Dickens, 2003; Buffett and Archer , 2004) would therefore just about be enough to
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explain the negative 2–3 ‰ excursion recorded in multiple sites for the PETM (Sluijs
et al., 2007a), assuming similar volumes to today.
Although popular, this hypothesis has a number of drawbacks, which may necessitate
either other or complementary mechanisms. Primarily this mechanism requires a source
of bottom water warming in order to de-stabilise methane clathrates. Increased atmospheric pCO2 would lead to bottom water warming with N. Atlantic igneous province
volcanism considered the most plausible mechanism for initially increasing the atmospheric CO2 concentration. However, if the PETM and other hyperthermal events are
orbitally related (Lourens et al., 2005) then this requires volcanism at repeatable orbital
timescales. Although, it is very unlikely (to impossible) that volcanism is orbitally controlled, a change in the locus for deep-water formation is possible. Bice and Marotzke
(2002) suggested using ocean models that a gradual increase in the intensity of the atmospheric hydrological cycle would cause a sudden switch in deep water formation from
southern high latitudes to northern high latitudes. This change coupled with an increase
in the depth of sub-tropical subduction of ocean water prior to the thermohaline switch
would provide sufficient deep water warming to destabilise methane hydrates.
Evidence of methane clathrate destabilisation comes from deposition of a mud clast
interval during the PETM from Blake Nose (Figure 2.3) (Katz et al., 2003), which is
interpreted from lithological, faunal and geochemical evidence to have been transported
from a penecontemporaneous horizon just upslope at the onset of the CIE. Additionally,
chaotic seismic reflectors at the depth of the CIE are thought to reflect probable slope
disturbance and release of CH4 . However, another drawback of this hypothesis is the
volume of continental slope destabilization required to produce 2000 Gt of carbon. Assuming CH4 occupies 1% of pore space, then Higgins and Schrag (2006) calculated that
over 10% of the continental slope would be required to destabilize - a size that has not
been, at present, recognized from seismic studies of the continental slopes of the worlds
oceans.
A third drawback comes from the calculation of the volume of the Palaeogene global
clathrate reservoir, which suggests that the volume of CH4 available was less than that
required to produce the observed CIE (Buffett and Archer , 2004). Palaeogeographic
reconstructions of the late Palaeocene suggest that high sea levels provided up to a 75%
larger continental shelf area than today (Scotese, 2002). Modern measurements suggest
that up to 90% of organic burial occurs on the shelves rather than the slopes (Hedges and
Keil , 1995). A similar scenario would be expected in the Palaeocene with a high shelf
flux of organic carbon but relatively starved continental slopes. In fact, during the early
Palaeogene, greater shelf sedimentation may have been expected with greater available
accommodation space due to higher sea levels. In order for CH4 to form and remain
stable, a constant supply of organic carbon is required to replace gas loss via diffusion
and advection and hence millions of years of continuous flux are required for hydrate
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build up (Buffett and Archer , 2004). Below 900m water depth the flux of organic carbon
is likely to be insufficient for large volumes of CH4 to build up.
As pointed out by Dickens et al. (1997), the residence time of CH4 in the atmosphere
today, prior to oxidation to CO2 , is on the order of tens of years, although the rate of
oxidation maybe slowed to several hundreds of years by very high CH4 concentrations
(Schmidt and Shindell , 2003). Higgins and Schrag (2006) argued that once CH4 is removed from the atmospheric system, the warming provided by the radiative effect of
the CH4 would diminish and that a significantly larger atmospheric CO2 concentration
would be required to maintain the higher temperatures which were observed throughout
the main body of the event. This would, therefore, require a prolonged and gradual
release of CH4 to the atmosphere. Schmidt and Shindell (2003) showed that potentially large enough CH4 emission rates existed between 500 and 20000 years and that
the radiative forcing effect is in agreement with derived latitudinal warming estimates.
However, for the sustained period of warming, both Schmidt and Shindell (2003) and
Higgins and Schrag (2006) estimated that this would require either far larger volumes
of CH4 to be available for release or another mechanism for the warming.
The latter suggestion for an alternative (or complimentary mechanism) is supported by a
number of other observations. The large calcium compensation depth (CCD) changes at
Walvis Ridge (Zachos et al., 2005) require at least 4500 Gt of C to be input to the system,
far larger than the inventory of CH4 . Secondly, as discussed earlier in this section, more
recent records from Tanzania (Handley et al., 2008) and even benthic records from
ODP Site 1263 (McCarren et al., 2008), would suggest a larger δ 13 C excursion, which
therefore requires even larger volumes of CH4 . These volumes have been shown to be
beyond present-day CH4 hydrate inventories (Buffett and Archer , 2004) and therefore
the volume needed is too large (e.g. Pagani et al. (2006a). As a result, an additional
carbon source is required. If the arguments against methane release are accepted then
there are two possibilities to consider. 1) Feedbacks in the system amplify the effect of
the oxidised CH4 to CO2 , probably by adding another source of carbon to the system,
or 2) There is an entirely separate mechanism.
2) Other mechanisms
It has previously been suggested that the PETM may have been triggered by a period
of intense flood basalt deposition coeval with the opening of the North Atlantic (Rea
et al., 1990; Eldholm and Thomas, 1993), which released methane from metamorphic
reactions from sill intrusion into carbon rich sedimentary rocks (Storey et al., 2007).
The continental break up above the ancestral Iceland hot spot has been dated based on
ash deposits to 55.5 ± 0.3 Ma, with the final phase of volcanism occurring at around
56.1 ± 0.4 Ma. This suggests that, within the errors associated with the dated deposits,
the PETM occurs during the period of rifting and volcanism and the timing is therefore
consistent with the hypothesized injection of volcanic rocks into carbon rich sedimentary
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rocks, thereby releasing methane (Storey et al., 2007). It is accepted that the intrusion
of mantle derived melts into carbon rich sedimentary rocks in the NE Atlantic would
release methane, however, an escape route for the trapped gas or methane rich fluids
is required to transport CH4 rapidly to the ocean – atmosphere system. Svensen et al.
(2004) present evidence for thousands of hydrothermal vent complexes identified on
seismic reflection profiles from the Voring and More basins in the Norwegian Sea, which
could potentially provide such an escape route. However, like the previous hypothesis,
important questions concern the timing, and constancy of release to drive the CIE at
the PETM.
Like many of the other major events in Earth’s history e.g. at the K/T boundary (Alvarez et al., 1980) and many of the other major mass extinctions (Raup et al., 1983;
Raup, 1994) one or several meteorite impacts have been suggested for the PETM (Kent
et al., 2003). Kent et al. (2003) suggested that a meteorite leaving a crater approximately 10 km wide would have added enough 12 C enriched carbon to trigger greenhouse
warming and possible dissociation of seafloor CH4 hydrate. This hypothesis was based
on indirect evidence from the unusually high abundance of single domain magnetic particles in kaolinite rich shelf sediments from the New Jersey margin. These were originally
thought to be extra-terrestrial in origin and analogous to Fe rich nano particles seen at
the Cretaceous – Tertiary Boundary. However, more recent work by Lippert and Zachos
(2007) demonstrates that these particles have a biogenic origin from the increased preservation or accumulation of magnetotactic bacteria. Typically these bacteria occur in the
oxic – anoxic transition zone at the sediment water interface or in the water column.
For the New Jersey margin, this suggests that the redox state of the bottom water may
have changed, becoming more oxygen depleted. This is consistent with increased runoff, ocean stratification and elevated nutrient levels leading to euthrophic surface waters
and increased primary production. For these sites this hypothesis is strongly supported
by increases in the organic carbon accumulation rate (John et al., 2008) and negative
excursions in the organic carbon isotopes (John et al., 2008). Furthermore, enhanced Ba
accumulation in pelagic sediments also cored in the NE Atlantic indicate an increase in
export productivity coeval with the δ 13 C excursion, supporting the previously discussed
mechanism for recovery (see section 2.11). This, therefore seems to rule out a meteorite
impact.
The final two theories for the PETM are closely related and involve the oxidation of
large amounts of organic carbon into CO2 . First, Kurtz et al. (2003) relate the CIE to a
shift towards drier climates near the P-E boundary. This triggered widespread wild fires
and oxidised large volumes of peat. Although the Tertiary, and in particular the period
around the late Palaeocene - early Eocene, is marked in the geological record by a large
increase in coal deposition (McGowran et al., 2004), it seems unlikely that the minimum
of >4500 Gt of organic carbon which needs to be oxidised to correctly model the size
of the CIE could be produced solely from burning of peat bogs. Very recent work has
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since tested this hypothesis from the accumulation of soot and graphitic black carbon
in the geological record. Moore and Kurtz (2008) reveal no increase in concentrations of
soot over the PETM from sites on the New Jersey shelf or at ODP Site 1210 (Shatsky
Rise) and strongly suggest that global wildfires are unlikely to be the cause for PETM.
The second hypothesis suggests that large accumulations of organic carbon could have
been deposited in anoxic water in epicontinental seaways. If these became isolated and
then desiccated, oxidation of organic carbon would lead to global warming. Higgins and
Schrag (2006) showed that 4500 – 5000 Gt of oxidised organic carbon, with δ 13 C = 25‰, would be sufficient to drive a 2.5‰ change in the carbon isotope record and cause
widespread carbonate dissolution. Associated increases in pCO2 of ∼ 1000ppmV are
sufficient to cause the 6o C warming at the PETM if sensitivity estimates for the effect of
a doubling CO2 today are applicable to the late Palaeocene. However, this hypothesis
has a number of drawbacks. Firstly, a large ocean is required to become tectonically
isolated and for oxidation to then occur within 10-30 kyrs. Secondly, the occurrence of
other hyperthermals would require an orbital driven control of recharge and desiccation,
which cannot be related to tectonics.
It has been suggested previously that high-latitude methane emissions from terrestrial
environments could have enhanced the warming effect (Sloan et al., 1992; Sloan and
Pollard , 1998). A decrease in carbon isotope values of hopanoids (a bacterially derived
biomarker) measured in the Cobham Lignite, England, at the onset of the PETM interval
suggests an increase in the methanotroph population at this time and reflects an increase
in methane production that was potentially driven by changes to a warmer and wetter
climate (Pancost et al., 2007). However, very little evidence exists for whether, and
how much terrestrially derived methane was produced at the PETM and whether this
could drive the PETM or whether it acts as a positive feedback to global warming.
Importantly, this source could occur on orbitally driven timescales and further work on
recharge rates of terrestrial CH4 sources is required to investigate the wider implications
for this mechanism.
In summary, the mechanism for the PETM is very much open to debate. CH4 clathrate
reservoirs may be to small too fully drive the PETM, although they may be the fundamental driver of the abrupt warming. Biotic evidence for sea–level rise 20–200 kyrs
before the event (Sluijs et al., 2008b) may point towards an already occurring climatic
event which was then accelerated (via CH4 hydrates) once an ‘unknown’ threshold in the
climate system was passed. The other mechanisms presented above could all potentially
have caused this pre-PETM climatic event, or it may be related to orbital cycles on a
naturally warming trend. The final Chapter in this thesis concentrates on a 5 million
year section from northern Italy where δ 13 C excursions are recorded both prior to and
after the PETM. In this chapter an alternative hypothesis is presented for the δ 13 C
excursion and this mechanism may act as a possible pre-cursor mechanism to drive
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Figure 2.4: A compilation of tropical to subtropical surface temperature estimates from proxy data taken from Huber (2008). Figure caption as
in Huber (2008): Mg/Ca results are shown in green, δ 18 O in blue, and TEX86 in red. All TEX86 results have been recalculated using a recent
temperature calibration Kim et al. (2008). The black lines give an approximate indication of a temperature threshold for vegetation heat death (Berry
and Bjorkman, 1980; Sharkey, 2000; Matthews et al., 2007). This is meant only approximately given the wide range of latitudes of sites shown, the
uncertainty in the tropical temperature data and the variation of temperature tolerances of plats. All Palaeolatitudes are estimated using the ODSN
web site (www.odsn.de) and the Hotspot 2 Reference frame. Individual points were taken from as follows: Light green diamonds: Pacific Mg/Ca
record from Ocean Drilling Program (ODP) Site 865 near the Eocene Palaeoequator (Tripati et al., 2003) assuming a seawater Mg/Ca ratio of 3.19.
Green triangles Mg/Caderived temperatures across the PETM from ODP Shatsky Rise Pacific Site 1209 (Palaeolatitude 16◦ N) (Zachos et al.,
2003) assuming a seawater Mg/Ca ratio of 3.19. Red lines: Wilson Lake, New Jersey TEX86 30 to 35◦ N Palaeolatitude from Zachos et al. (2006)
and TEX86 from nearby Bass River (Sluijs et al., 2007b) are shown across the PETM. Data from the two localities from that are poorly constrained
in age, but considered early Eocene are also plotted here at an age of 53 million years. Hollow blue circles: δ 18 O record from Zachos et al. (2006).
Red triangles: TEX86 record from Tanzania (Pearson et al., 2007). Blue triangles: δ 18 O record from Tanzania Pearson et al. (2007), using the
assumptions described in Pearson et al. (2007).Green circles: Tanzanian Eocene-Oligocene Mg/Ca records Lear et al. (2008); Mg/Ca has been
converted to temperature as described in Lear et al. (2008), using a seawater Mg/ca ratio of 4.3. Blue diamonds: Tanzanian Eocene-Oligocene
δ 18 O record (Lear et al., 2008) δ 18 O has been converted to temperature using the same assumptions as in Pearson et al. (2007)Green squares:
Palaeotemperature estimates of Sexton et al. (2006) based on Mg/Ca from a variety of sites, assuming a seawater Mg/Ca ratio of 3.1.
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the PETM past some unknown threshold leading to one or other of the mechanisms
described above occurring.

2.2

The Early Eocene Climatic Optimum to possible ice
growth prior to the Eocene-Oliogcene boundary.

The PETM may mark absolute peak temperatures in the Eocene. However, prolonged
warming reached a maximum at the early Eocene Climatic Optimum (EECO) ∼ 50 – 52
Ma (Zachos et al., 2001) (Figure 2.1, Figure 2.4). This period of warmth is marked by
a minimum in the benthic foraminiferal δ 18 O record during the Cenozoic (Figure 2.1).
Similarly, tropical sea surface temperature records (Figure 2.4) show maximum values
at this point. The gradual negative δ 18 O trend, from prior to the PETM to the EECO
(Figure 2.1), correlates with a gradual decrease towards minimum values in the strontium isotope value of sea-water (Hodell et al., 2007) and also a positive trend in δ 34 S
values (Paytan et al., 1998). The former is thought to be linked to increased hyperthermal activity and seafloor spreading (Rea et al., 1990) and/or eruption of large igneous
provinces, such as the N. Atlantic and in the Caribbean (Bralower et al., 1997). At the
same time pCO2 increased to concentrations ≥ 2000 ppmV (Pearson and Palmer , 2000)
(Figure 2.5). Sea levels also rose during this time (Miller et al., 2005).
Following the EECO, both the deep-water benthic foraminiferal δ 18 O record (Figure 2.1)
and the low latitudinal sea surface temperature records (Figure 2.4) begin to slowly increase towards the Eocene – Oligocene boundary. Comparison of intra-basinal δ 13 C
gradients across the Eocene with tied δ 18 O benthic temperature records has been successfully used to provide insights into the palaeoceanography of the Eocene period (Sexton et al., 2006). Similar gradients in δ 13 C for the different ocean basins between the
PETM and EECO were suggested to represent a homogenous global ocean.
The observed similarity of these basinal δ 13 C gradients was caused by either upwelling
of deep water at multiple spatially distributed sites, which prevented significant aging
of deep waters, or a single source of deep water existed and was associated with a less
efficient biological pump than today (Sexton et al., 2006). The apparent constancy of
the δ 13 C signal recorded across deep oceans during this period may suggest that the
global carbon cycle was relatively static, that is to say without significant inputs or
outputs. Assuming a causal link between atmospheric pCO2 and temperature, this may
explain the relatively high and constant temperatures during this period, as pCO2 was
not being drawn down.
At ∼ 50 Ma, the surface to deep water δ 13 C gradient in different oceanic basins began to
diverge, in line with cooling of deep ocean waters observed in δ 18 O records (Sexton et al.,
2006), (Figure 2.1). Cooling at this time may be linked to declining pCO2 , which has
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Figure 2.5: Collated multi proxy reconstructed atmospheric pCO2 concentrations for
the Palaeogene. Alkenone and boron isotope derived from a single source shown as
max and min estimates of pCO2 . Other p CO2 proxy data were collated from multiple
data sets and shown with individual error bars. All ages where possible are using
the Gradstein et al. (2004) age scale. Palaeosol data (∼ 2700 ppm) for early Eocene
from Yapp (2004) is not shown as indeterminate age given (∼ 52Ma). Henderiks and
Pagani (2008) re-evaluated alkenone derived estimates of pCO2 based on the cell size of
the phytoplankton and found late Eocene measurements to be slight overestimates but
generally within error. Green bar across graph represents the range of pCO2 emissions
from the A2 scenario reported in IPCC report 2007 (Alley et al., 2007). Data sources
cited in the Figure are 1) Cerling (1992), 2) Koch et al. (1992), 3) Sinha and Stott
(1994), 4) Royer et al. (2001), 5) Ekart et al. (1999), 6) Freeman and Hayes (1992),
7) Pagani et al. (2005), 8) McElwain (1998), 9) Kurschner et al. (2001), 10) Retallack
(2001), 11) Royer et al. (2001), 12)Royer (2003) 13) Greenwood et al. (2003), 14)
Demicco et al. (2003), 15) Pearson and Palmer (2000), 16) Lowenstein and Demicco
(2008).

been linked to enhanced silicate weathering (Walker et al., 1981; Raymo and Ruddiman,
1992; Smith et al., 2008) or burial of organic carbon (France-Lanord and Derry, 1997).
87/86 Sr

isotope ratios also increase at this point (Hodell et al., 2007) due to a decrease in

the amount of CO2 degassed into the atmosphere from volcanoes and mid-ocean ridges.
In addition, sea-level records fall at this time (Miller et al., 2005), consistent with a
slow down in the rate of new ocean crust formation and if global temperatures have
decreased, a contraction in the volume of ocean water.
Intriguingly an 800 kyr period of obliquity dominated cyclicity is also observed at ∼
50 Ma in XRF records (Fe counts) from the equatorial Atlantic (Westerhold and Röhl ,
2009). Such an occurrence is unexpected because the early Palaeogene was dominated
by eccentricity and precession cycles. Without the presence of ice-sheets to amplify
the obliquity signal, the effect of obliquity on global climate is expected to be weak
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(Westerhold and Röhl , 2009; Zachos et al., 2001) and therefore is not recorded. However, small-glaciated highlands are thought to have been present on Antarctica in the
Palaeogene and records from the Tethys have suggested up to 20m of sea-level rise due
to ice melting prior to the PETM (Speijer and Morsi , 2002). Nevertheless, the presence
of these cycles, along with observations of an increasing
et al., 2007) and more positive benthic foraminiferal

87/86 Sr

δ 18 O

isotope ratio (Hodell

values (Sexton et al., 2006)

led Westerhold and Röhl (2009) to suggest that during this period an increase in ocean
circulation strength coupled with a decrease in atmospheric pCO2 (Pearson and Palmer ,
2000) below a critical threshold may have allowed the formation of ephemeral ice sheets
on Antarctica. Two other observations also support this hypothesis. Sequence stratigraphic boundaries identified on the New Jersey shelf have been related to glacial-eustacy
and an increase in deep water CaCO3 accumulation.
The long term cooling trend continued throughout the middle Eocene (Figure 2.1),
driven probably in part by decreasing atmospheric pCO2 . Direct proxy measurements
for atmospheric pCO2 during the middle Eocene period are sparse (Figure 2.5). However,
there are a number of observations, which suggest this was a period of high biological
productivity and organic carbon burial. Recently acquired sediments from the Arctic
show significant organic carbon enrichment (1 to 3 %) (Moran et al., 2006; Stein et al.,
2006) at this time. Palynlogical records show that for 1.2 Myrs huge blooms of the
freshwater fern Azolla (Brinkhuis et al., 2006) periodically covered the Arctic basin,
until 48.3 Ma. Large volumes of organic carbon (3.5 x 1018 grams) have been estimated
to have been buried following these large scale Azolla blooms (Speelman et al., 2009).
This timing is coincident with an increase in the surface to deep water δ 13 C gradients
of different ocean basins recorded by Sexton et al. (2006), indicating increased surface
productivity and a more efficient biological pump, which would be expected to remove
carbon from surface waters to deep water and therefore sucking more CO2 into the ocean
and out of the atmosphere.
Following the Azolla Interval, Middle Eocene Arctic conditions remained relatively stable with high productivity (Knies et al., 2008) and significant burial of biogenic silica
(Spofforth et al., 2008; Stickley et al., 2008). The sustained interval of biogenic silica
deposition in the Arctic was mirrored globally with a prolonged period (∼ 3.5 Myrs) of
high global surface water productivity and silica burial (McGowran, 1989). There are
abundant siliceous sediments in the equatorial Atlantic (Ehrmann and Thiede, 1986) as
well as in the Southern Ocean, where fertility of surface waters significantly increased
(Diester-Haass, 1995). Blake Nose, in the N. Atlantic was also an area of upwelling at
this time (Norris and Wilson, 1998; Wade et al., 2000, 2001).
The Demerara Rise (Figure 2.3) and other deep sea records appear to show a convergence
of the surface and deep water δ 13 C values beginning ∼ 44 Ma, suggesting decreased
surface ocean productivity. This feature approximately coincides with the end of the
deposition of Si rich sediments around the world’s oceans, the top of the global horizon Ac
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seismic reflector (McGowran, 1989; Yool and Tyrrell , 2005). Deep–water temperatures
also increased at this point (Figure 2.1). Sexton et al. (2006) recorded a 2◦ C rise from
8 – 10◦ C at ODP Site 1058.
Following this period (EECO to ∼ 44 Ma) of global cooling and high productivity, δ 18 O
records (Sexton et al., 2006; Zachos et al., 2001) show a slight increase in temperature
with no significant fluctuations recorded in either δ 18 O or δ 13 C records for the next 2
Myrs, until 42 Ma (Figure 2.1). Around 42 Ma the surface to deep water δ 13 C gradient intensifies until the Middle Eocene Climatic Optimum (MECO) event (Figure 2.1),
which began ∼ 40.4 Ma (Bohaty et al. (2009), Chapter 5, in this thesis). The ∼ 1 Myr
period prior to the MECO warming has previously been suggested to contain isotopic
evidence of bipolar glaciation (Tripati et al., 2005), which appears to be partly supported by significant sea-level changes on the New Jersey Margin (Miller et al., 2005),
although the size of the glaciation is controversial (Edgar et al., 2007b). The MECO
event interpreted in the data set from Demerara Rise (Sexton et al., 2006) represents up
to 6◦ C of warming, while S. Ocean records (Bohaty and Zachos, 2003) suggest upwards
of 4◦ C. The recovery from peak MECO conditions was relatively rapid (50 – 100 kyrs).
Although no mechanism has so far been suggested for this recovery, burial of organic
carbon or CaCO3 neutralisation are more likely than silicate weathering in view of the
timescales involved. The end of the MECO event is approximately synchronous with
increases in the

87/86 Sr

ratio of seawater (Zachos, 1994) and also the initiation of the

opening of the Drake Passage as inferred from εNd isotopes (Scher and Martin, 2006).
The next 4 – 5 Myrs appear to be punctuated by organic carbon burial events (Anderson and Delaney, 2005) which decreased pCO2 and may have acted to pre-condition
the global climate system towards permanent ice formation at the Eocene – Oligocene
boundary (Coxall et al., 2005).
The onset of major Antarctic glaciation at 33.8 – 33.5 Ma (Kennett and Shackleton, 1976;
Miller et al., 1991; Zachos et al., 1996; Lear et al., 2000) occurred over two (Coxall et al.,
2005) steps and was associated with a deepening of the CCD and increase in seawater
alkalinity (Rea and Lyle, 2005), with a corresponding increase in δ 18 O values (1–1.5‰)
(Zachos et al., 2001; Coxall et al., 2005) and decrease in pCO2 (Pearson and Palmer ,
2000; Roth-Nebelsick et al., 2004; Pagani et al., 2005) below threshold values (DeConto
and Pollard , 2003a). Associated with this transition were accelerated turnover in both
marine and terrestrial flora and fauna (Prothero et al., 2003; Pearson et al., 2008; Wade
and Pearson, 2008) and the formation of continental ice which lowered eustatic sea-level
on the order of 55-70m (Pekar et al., 2001; Miller et al., 2008; Katz et al., 2008). Glaciation appears to be orbitally driven, occurring during a time of dampened seasonality
with cool summers inhibiting snow melt, as predicted by computer models (DeConto
and Pollard , 2003a), rather than large accumulation during cold winters (Coxall et al.,
2005; Pälike et al., 2006a). However, the mechanisms that led to the pre–conditioning
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for the global climate to cross the greenhouse - ice house threshold are a matter of debate. Broadly speaking, the pre–conditioning factor(s) can be said to fall into two main
categories: 1) thermal isolation of Antarctica via the opening of tectonic gateways e.g.
(Kennett et al., 1974; Kennett, 1977) and 2) decreasing pCO2 below a threshold value
(DeConto and Pollard , 2003a; Coxall et al., 2005).
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Figure 2.6: Time series for CaCO3 mass accumulation rate (MAR), biogenic SiO2
MAR and Corg MAR taken from Lyle et al. (2005). MAR is chosen as this better
illustrates, compared to weight percent carbonate, that the CAE events between 41.5
and 38.2 Ma are much larger than the other Eocene events.

Chapter 2 From Greenhouse to Icehouse in the Eocene

2.3

27

Conclusion

The discussion above has attempted to give a broad overview of the change in Eocene
climate, which is encompassed by this thesis. One key point that is raised by this review
is the evidence, or lack of evidence for the timing of the first ice sheet formation on
Antarctica. While the formation of permanent ice sheets on Antarctica at the end of
the Eocene is universally accepted, the presence, extent and stability of continental ice
during the Eocene is uncertain.
Sedimentological indicators such as Ice rafted debris (IRD), have been recovered from
middle to late Eocene sediments from the northern hemisphere (Barker et al., 2007;
Eldrett et al., 2007; St. John, 2008; Tripati et al., 2008), as well as middle to late
Eocene sediments from the Southern Ocean sites on Kerguelen Plateau (ODP holes 730
and 744) (Ehrmann and Mackensen, 1992). Mountain glaciers which existed between
41 – 45 Ma on the South Shetland Islands have also been identified (Birkenmajer et al.,
2005).
Although the sedimentological evidence for glaciation supports only small scale glaciations in areas of high altitude, geochemical evidence points towards significant glaciations, albeit ephermal. Oxygen isotopes have been used to suggest the occurrence of
transient bipolar glaciation ∼ 42 Ma (Tripati et al., 2005) although this has been contested (Edgar et al., 2007b), with any ice present limited to at most 40% of the presentday Antarctic ice. Combined Mg/Ca and δ 18 O studies suggest that Eocene ice was
present from at least 40 Ma (Billups and Schrag, 2003) and may have occurred during
two earlier episodes ∼ 44 – 45 Ma and ∼ 41 – 42 Ma (Dawber and Tripati , 2008). Other
records of both benthic (Hurley and Fluegeman, 2003) and planktonic (Wade et al.,
2001; Wade and Kroon, 2002) foraminifers in the middle Eocene have shown up to 1‰
variability in δ 18 O that may represent glacio-eustatic changes, or may equally represent
local temperature and salinity changes. Variations in the CCD in the equatorial Pacific
(Figure 2.6) (Tripati et al., 2005; Lyle et al., 2008) have been linked to changes in atmospheric pCO2 . Sea-level drops linked to glaco-eustasy would reduce the size of the
continental shelf, the main locus for CaCO3 deposition. As a result CaCO3 deposition
would shift from shelves to the deep ocean, increasing deep ocean CO2−
3 concentrations
and the depth of the CCD. Carbonate accumulation events (CAE) within the Pacific
may therefore be indirect evidence of large-scale glaciations. Fully coupled GCM models
suggest that under moderately high pCO2 , orbitally controlled small glaciations could
have been formed at high altitudes (DeConto and Pollard , 2003a,b) and that under
favourable pCO2 conditions (≤ 750ppm), larger ice caps could have been formed (DeConto and Pollard , 2003a; DeConto et al., 2008).
The final line of evidence comes from sequence stratigraphy. Although single sites are affected by eustatic sea-level variations they are also affected by local tectonics which may
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act to increase, decrease, or to even change the sign, of any eustatic sea-level rise. Results from Ocean Drilling Leg 189 suggest that significant ≥ 10m glacio-eustatic changes
occurred during the middle Eocene from 52 – 42 Ma (Pekar et al., 2005). Similarly, from
sediments recovered on the New Jersey margin, up to 11 sequence boundaries have been
identified (Browning et al., 1996; Miller et al., 2005; Pekar et al., 2005; Browning et al.,
2008; Kominz et al., 2008). The complete sea-level record for this interval (Browning
et al., 2008) suggests that relatively short-lived changes, less than 1 Myrs in duration, in
sea-level occurred. These may have responded to the long term eccentricity cycles, 2.4
and 1.2 Myr which are also seen for the CAE events and may indicate an orbital sensitivity to Earth’s climate and therefore sea-level fluctuations during this time. Records
from land based sections around the Tethys e.g. Lopez-Blanco et al. (2000); Schmitz
and Pujalte (2003); Pickering and Bayliss (2009) and Australia e.g. Li et al. (2003);
McGowran et al. (2004) record several variations in the style of sedimentation which
may be explained by glacial-eustatic control. When considered alongside the general
circulation model results from DeConto et al. (2008) it is possible that the variations
seen in middle Eocene δ 18 O records may record a low amplitude component of eustasy
as well as temperature change (Dawber and Tripati , 2008).
The Eocene marked a period of great climatic change from a greenhouse to an icehouse
world. Increasingly, middle Eocene studies are discovering that the intervening period
between the EECO and the Eocene - Oligocene boundary was highly variable with both
cooling (Tripati et al., 2005) and warming events (Bohaty et al., 2009). The following
chapters investigate three different periods of Eocene climate change and will attempt
to further the current understanding of an increasingly complex time period.

Chapter 3

Methodology
During the duration of this PhD there were a number of different analytical methods
used. Some of these techniques are applicable to more than one science chapter, while
others are only relevant to one. To avoid undue repetition between chapters all of the
analytical methods used are presented here.

3.1

Arctic Coring Expedition (ACEX)

In Chapter 4, research from sediment cores obtained during the Integrated Ocean Drilling
Program (IODP) Exp 302 (ACEX) to the Lomonosov Ridge in the Arctic Ocean (Figure 4.1) is presented. A near continuous section of middle Eocene sediment core was
measured using X-Ray Fluorescence (XRF) analysis and then calibrated to true sediment concentrations using discrete samples measured using Inductively Coupled Plasma
Atomic Emission Spectrometry (ICP-AES). These methods are described below.

3.1.1

X-ray fluorescence (XRF) core scanning

A continuous record of chemical element data was collected from ACEX sediment cores
using the AVAATECH X-ray core scanner at Bremen University (Röhl and Abrams,
2000; Jansen et al., 1998; Tjallingii et al., 2007; Richter et al., 2006). Compared to either mass spectrometry or discrete element XRF, the XRF core scanner is advantageous
in that it offers a rapid and non-destructive system for obtaining high-resolution analyses
of a suite of elements at the surface of split cores (Jansen et al., 1998; Pälike et al., 2001).
During core scanning the response, measured as intensity in counts per second (cps), of
elements exposed on a core surface to X-ray excitation depends on the wavelength of
the fluorescent radiation and the different physical and chemical properties at the core
surface. These include density, surface roughness, matrix effects (absorption and enhancement), sediment composition, grain size and water content. For a fuller discussion
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of these effects on measurements, see Jansen et al. (1998); Röhl and Abrams (2000);
Kido et al. (2006); Tjallingii et al. (2007) and references therein. Details of the data
processing methodology are given by Röhl and Abrams (2000) and Richter et al. (2006).
The resulting data set consists of elemental intensities as counts per second. Elemental
concentrations can then be derived via calibration to discrete sample analyses.
After initial test-run calibrations, a machine set up of 280 µA, 10 kV and a 30 s counting
time was used for collecting elemental counts of Al, Si, P, S, K, Ca, Ti, Mn, and Fe,
for all cores sampled in this study (Table 3.1). In total over 85 meters of core were
scanned with a sampling resolution varying between 0.5 and 6 cm (Table 3.1), and using
a detector area of ∼1 cm2 . The sample resolution was chosen based on the pacing of
prominent cycles shown in the shipboard multi-sensor-track (MST) data set (Backman
et al., 2006), aiming for a time resolution of ∼0.5 kyrs. Both prior to and after each
daily XRF run the instrument was calibrated against pressed powder standards. Where
necessary, the sample spacing was adjusted to avoid core gaps and disturbances.

3.1.2

Discrete sample ICP-AES measurements

XRF data sets are extremely useful for comparing relative changes in sediment composition down a single core. However, it is also useful to convert raw XRF elemental
intensities into elemental concentrations using a separately produced lower resolution
calibration data set. The advantages of this are three fold: 1) physical and chemical
changes in the core can act to either dampen or amplify the relative signal along a core.
The quantitative analysis of individual samples and subsequent calibration with raw
data allows a first-order correction for these changing elemental X-ray responses to the
chemical and physical properties of the core. 2) Calibrating the data to real sediment
concentrations allows the comparison of different geological environments through the
application of elemental ratios as proxies. This has the added advantage of producing
a very high-resolution data set, which is not possible from destructive discrete samples.
3) The effect of inhomogeneities in the sediment can be gauged. More details of these
effects and provided in Böning et al. (2007).
Calibration of the raw XRF data intensities obtained in Bremen was performed using the total sediment digestion and geochemical analysis of discrete samples at the
National Oceanography Centre, University of Southampton. The calibration data set
complements an existing low-resolution (∼ 25 individual measurements) X-ray diffraction (XRD) data set generated on discrete samples by the IODP Exp 302 Shipboard
Party (Backman et al., 2006). For this study, discrete samples were chosen to replicate
the full dynamic range of the XRF data and to sample the data set at several locations
along its entire length. Samples were chosen from cores 302-M0002A-44X, 45X, 47X,
49X, 50X, 53X, 55X, 62X and 302-M0004A-11X (See Figure 4.1 for site location and
figure 4.3 for individual core numberings).
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Table 3.1: XRF scanning resolution for all cores scanned in this study. The highest
scanned resolution is indicated by an asterisk(*). Some intervals may be at lower
resolution. n/a indicates no scanning data recorded and mcd is meters composite
depth.

Core
302-M0002A-43X
302-M0002A-44X
302-M0002A-45X
302-M0002A-46-X
302-M0002A-47-X
302-M0002A-48-X
302-M0002A-49-X
302-M0002A-50-X
302-M0002A-51-X
302-M0002A-52-X
302-M0002A-53-X
302-M0002A-54-X
302-M0002A-55-X
302-M0002A-56-X
302-M0002A-57-X
302-M0002A-58-X
302-M0002A-59-X
302-M0002A-60-X
302-M0002A-61-X
302-M0002A-62-X
302-M0004A-6-X
302-M0004A-7-X
302-M0004A-8-X
302-M0004A-9-X
302-M0004A-10-X
302-M0004A-11-X

mcd (top)
187.49
191.99
195.93
197.57
201.44
206.64
212.32
217.88
222.06
224.96
226.82
232.02
236.07
241.42
246.42
251.42
256.42
260.54
264.48
269.42
273.50
278.70
286.30
287.30
291.85
297.30

mcd (bottom)
192.02
195.93
197.42
201.20
206.93
211.84
217.82
220.12
224.74
226.91
232.11
232.53
241.48
245.06
251.93
256.64
260.89
265.09
267.33
273.51
278.78
283.88
286.58
287.66
297.19
302.73

Resolution (cm)
0.5
0.5
0.5
1
1
2
2
3
n/a
4
4
4
3*
3
5
5
6
6
6
6
1*
n/a
n/a
n/a
1*
1

The discrete sample analysis follows the general procedure of Totland et al. (1992). In
this procedure samples were initially ground into a powder and dried. Then ∼0.25 g of
sample was mixed with ∼1.25 g of lithium metaborate flux (LiBO2 ) and then transferred
to a crucible. The crucible was placed into a muffle oven at 1050◦ C for ∼30 minutes.
The molten material was carefully added to ∼50 ml of Milli-Q (17.9MΩ) water and
digestion completed following acidification with 4M nitric acid (HNO3 ). Each crucible
was inspected for complete transfer of molten material after every sample. The solute
was filtered to remove any graphite particles and to check for complete dissolution of
the glassy sample. The resulting solute was then brought to a total sample dilution of
1 in 1000 by mass with Milli-Q water. If samples contained high silica concentrations
only half of the initial sample mass was used to prevent the formation of a gelatinous
precipitate of hydrolysed metastable silicic acid. Once filtered, the solute was then run
on a PerkinElmer Optima 4300 DV ICP-OES and total elemental concentrations were

Na
Mg
Al
Fe
Mn
P
K
Ti
Si
Zr
Ba

Element

Repeat fusion
B2
1.08
1.13
1.39
4.79
1.35
4.06
1.60
1.47
1.55
4.86
3.64

Repeat samples
B2
0.80
1.20
0.97
1.20
1.16
3.82
1.44
0.95
1.34
3.96*
1.10

Repeats
new B1 vs new B2
2.20
1.88
3.01
2.58
3.17
3.72
14.27
3.06
5.29
7.33*
5.80

Repeats
B1+2 on B2
1.60
0.94
1.49
3.34
2.88
2.56
15.46
2.99
5.13
2.65
5.55

Repeat fusions
B2
1.19
2.31
1.95
2.32
4.28
3.71
1.74
2.19
1.51
4.08
6.74

Repeats
B1
1.13
1.73
1.38
2.30
2.00
2.22
1.03
1.51
1.39
2.00
1.57

LiBO2
blank (max)
0.25
0.20
0.21
0.24
0.22
0.54
0.46
0.46
0.15
1.12
0.80

Internal
blank (max)
0.31
0.35
0.44
0.49
0.36
0.85
0.98
0.84
0.27
1.19
3.17

Table 3.2: This table shows the average percentage errors associated with repeatability of samples from sediment digestion. Blank errors are
maximum possible. B1 and B2 refer to two separate machine runs (Batch 1 and Batch 2). During batch 2 both new samples of samples run in batch
1, and also repeats of samples run in batch 1 were run. Errors as shown under column headings. Zr* indicates that for sample 302-2A-49X-5W-42-43
a large error (>30%)was associated with Zr and this is believed to be due to heterogeneity within the powdered sample for this element other
elements for this sample show normal errors. We also note a greater than 30% error for sample 302-M0002A-55X-4W-12-13. We believe this is
likely to be due to sample loss and as such the higher concentration values are used. Errors in the K values were corrected using certified reference
materials.Elements were run under a radial set-up
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calculated. Sediment samples were randomized before digestion and both internal blanks
for the digestion process and a LiBO2 blank were also run. Elemental concentrations
were obtained using the alkali fusion method (Totland et al., 1992) using ICP-OES in
preference to discrete XRF analysis as the former is reported to have better accuracy
for elements at the light end of the periodic table due to fewer matrix effects from the
flux (Jarvis and Jarvis, 1992). All major elements were measured with the exception
of sulphur. Additionally, trace elements such as Ba, V and Ni were analysed to provide
a low-resolution investigation of trace metal behaviour. The major element discrete
data are available on PANGAEA (http://doi.pangaea.de/10.1594/PANGAEA.695311)
(Spofforth et al., 2008).
Discrete samples were run over two batches, for convenience, these are labeled B1 and
B2. A minimum of 10 samples were run as repeats between both of the two batches and
individual runs to ascertain the repeatability of results. The average errors associated
with these repeats are given in table 3.2. Repeat samples from B1 were repeated in
B2. These were measured through 1) new fusions and 2) re-measured solute from initial
fusion. For the major elements, except Si and K, this produced a maximum replication
error of 3.7%. For Si both methods produced a 5.2% positive offset compared to the
initial readings. Using certified reference materials the Si values have been corrected
to the new readings. Secondly, one can observe a large 15% error (σ=1.19%) in the K
concentrations compared to the first run. We observed a problem with the standard
material measurements, and applied a correction to the second data set based on the
use of certified reference materials.

3.1.3

Calibrating the XRF intensities with the discrete elemental concentrations

The analytical methods used for measuring the XRF elemental intensities and the discrete elemental concentrations were discussed above. Initially an orthogonal linear least
squares regression was used to calibrate the elemental intensities and the concentrations.
However, due to the effect of outliers (greater than 2 to 3 standard deviations), the bestfit model produced was strongly biased by the effect of these outliers. Inhomogeneities
in the sediment and spatial variations throughout the core, are probably the most likely
explanation for the outliers. As the samples digested, although from the same depth in
the core, were not from the surface of the archive half, which was scanned. For example,
pyrite is prevalent in the whole of the studied section. If a discrete sample contained
significantly more or less pyrite than the equivalent point on the surface of the core,
then not only would Fe and S contents be altered but also the relative contribution of
other elements. Alternatively, the outliers may be related to undetected experimental
errors.
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In order to improve the correlation an alternative approach was used. Robust regression
can be used in any situation in which an orthogonal least squares regression would be
used. The robust regression acts as a compromise between deleting data points (and
thereby forcing the data to fit a pre-conceived idea) and dealing with data points which
are outlying. We assume that these outlying data points are not from a different population and therefore should be included in the data set (http://www.ats.ucla.edu/stat/R/dae/rreg.htm).
A robust regression analysis also has the advantage that it produces a stable or resistant
result (Tukey, 1977). Robust regression works by iteratively running a weighted least
squares regression. Those points, which are outliers and have a very high leverage, where
leverage is a measure of how far the independent variable deviates from the mean, are
given the smallest weighting. The weighting is dependent on the residual value for each
iteration. The residual value is the difference between the actual observed value and the
predicted value from the regression coefficients on that iteration. The robust regression
was computed in R (www.r-project.org/). This regression initially uses a Huber M estimation for the regression (Fox , 2002), which allocates small residuals a value of 1, and
larger residuals smaller values. This is particularly effective for the data sets used here
as it greatly reduces the effect of single outliers on the data. The number of iterations
was user controlled and left at the default (20).

3.2

Stable isotope mass spectrometry

In Chapters 5 and 6, long term stable isotope records are reported across two intervals
of Palaeogene time, ∼ 52 – 57 Ma and ∼ 38 – 41 Ma respectively. This section addresses the systematics of oxygen and carbon isotopes and how they were measured, in
Southampton. A long term CaCO3 content record was also generated for each record
using a new procedure, not previously carried out in Southampton. This is described in
full.

3.2.1

Oxygen isotope systematics

Oxygen has three different stable isotopes;

16 O

(∼99.76%),

17 O

(∼0.04%) and

18 O

(∼0.20%) (Rohling, 2007). These isotopes will exhibit similar chemical behaviour as
they contain the same number and arrangement of electrons. However, the difference in
mass (due to varying numbers of neutrons) results in differing chemical-physical properties. Principally, this manifests itself in the energy and strength of the bond that any
given isotope will form with its neighbouring elements. Generally the energy of a bond
formed between lighter isotopes compared to heavier isotopes of the same element, will
be weaker and is therefore more likely to break when energy is applied. If a chemical
reaction is rate-limited or involves mass transport, then the lighter isotope (e.g.16 O)
reacts or is transported at a faster rate. This is called fractionation and results in the
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partitioning of isotopes between substances (e.g. Rohling (2007)). Equation 3.1 shows
the equilibrium fractionation occurring during the precipitation of CaCO3 . In palaeoceanography we assume that the system was in equilibrium (Eq 3.1) at the time of
CaCO3 formation and that once precipitated this system remained closed from further
changes. We can then define the fractionation of oxygen isotopes between the water
phase and the carbonate phase as Eq 3.2
1
1
H2 18 O + CaC 16 O3 ⇔ H2 16 O + CaC 18 O3
3
3

α=

[18 O/16 O]carb
= K(T )
[16 O/18 O]water

(3.1)

(3.2)

where α is the fractionation factor between two phases, which is dependent on temperature (McCrea, 1950). It is this fractionation of the isotopes (Eq. 3.2) during CaCO3
precipitation which allows the investigation of past changes in the isotopic composition
of the water and the temperature of the water in which CaCO3 was deposited. The isotopic composition of a sample is then measured relative to a standard or reference value
(Eq 3.3). The result is given in the delta (δ) notation, and reported in units of permil
(‰) (Rohling, 2007). For carbonates, the international reference standard is the Vienna
PeeDee Belemnite (VPDB) which is defined as having δ 18 O = 0 and δ 13 C = 0. Today
laboratory measurements are commonly made to internal laboratory standards, which
are regularly calibrated against international standards NBS-18 and NBS-19. These are
then in turn calibrated to the limited amounts of VPDB remaining. For oxygen isotopic
measurements of water (δ 18 Ow ), determined on CO2 gas in equilibrium with the water
at constant temperature (25◦ C) (Epstein et al., 1953), the results are reported relative
to standard mean ocean water, SMOW. The VPDB and VSMOW scale are related by
(Eq 3.4) Coplen and Hopple (1983).

δ 18 O = 1000[

Rsample
− 1]
Rstandard

δ 18 OP DB = (0.97006 ∗ δ 18 OV SM OW ) − 29.94

(3.3)

(3.4)

In Palaeogene palaeoclimatology δ 18 O is measured principally as a record of past changes
in temperature and ice volume. In the equilibrium state δ 18 O of calcium carbonate is
affected by both the temperature of precipitation (Eq 3.2) and the initial value of the
seawater δ 18 O from which the carbonate precipitated. Additionally, the δ 18 O may also
be affected by non-equilibrium kinetic processes such as variations in growth rate of
the precipitating organisms. The relationship between temperature and the oxygen
isotope composition of carbonate (δ 18 Occ ) was empirically derived by McCrea (1950)
(Eq. 3.5), where a, b, c are the empirically derived constants. These constants have
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been subsequently revised based on laboratory studies of biologically and inorganically
precipitated CaCO3 (Epstein et al., 1953; Craig, 1965; J.R. O’Neil and Mayeda, 1969;
Erez and Luz , 1983; Kim and O’Neil , 1997; Bemis et al., 1998). Independent proxies
e.g. Mg/Ca and organic biomarkers (TeX86 , UK37) can be used to test the accuracy of
the reconstructions.
T (◦ C) = a + b(δ 18 Oc c − δ 18 Ow ) + c(δ 18 Oc c − δ 18 Ow )2

(3.5)

The value of δ 18 O of seawater in Equation 3.5 is intrinsically linked with fractionation
processes in the hydrological cycle. These include evaporation, vapour transport and
precipitation, as well as the effects of long-term ice storage (Rohling and Cooke, 1999).
The net result of these effects is both temporal and spatial variation of the δ 18 O of
seawater. For a complete overview of these topics see Rohling and Cooke (1999); Rohling
(2007) and references therein.

3.2.2

Carbon isotopes systematics

The two most important isotopes of carbon are
oxygen, the carbon isotope ratio

(δ 13 C)

12 C

(∼98.9%) and

13 C

(∼1.1%). As for

is calculated according to Eq 3.3 and reported

against VPDB as permil (‰).
The δ 13 C measured in marine calcite is controlled by the dissolved inorganic carbon
(DIC) (Eq 3.6) of the seawater from which it precipitates. The amount of DIC in the
ocean and its distribution is driven by changes in the biological pump and changes in
the input or removal of carbon from the system. The biological pump redistributes DIC
and nutrients in the oceans via phytoplankton. Fractionation of 12 C in preference to the
heavier

13 C

during photosynthesis by phytoplankton (Park and Epstein, 1960) leaves

the surrounding water enriched in

13 C

and the organic matter enriched in

12 C,

with the

average δ 13 C value of organic matter being -20 to -23 ‰ (Hoefs, 1997). As this material
falls through the water column it is remineralised and leaves the deeper waters enriched
in

12 C

relative to the depleted waters in the photic zone. Thus surface waters would

be expected to have δ 13 C values heavier than bottom waters. During periods of high
productivity of surface waters the gradient in δ 13 C from surface to deep would therefore
be expected to increase.

DIC = CO2 (aq) + H2 CO3 + HCO3− + CO32−

(3.6)

Over longer geological timescales changes in the concentration of CO2 in the atmosphere
and removal of carbon from the ocean-atmosphere system control the DIC budget of the
ocean. Burial of organic matter with a light δ 13 C value would be expected to drive a
positive (heavier) δ 13 C of the global ocean, while input of a light δ 13 C source, e.g. from
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volcanic degassing (δ 13 C = -7 ‰), methane clathrates (δ 13 C = -60‰) or oxidation
of buried organic matter would produce a globally lighter δ 13 C signal recorded in the
geological record e.g. Kump and Arthur (1999).

3.2.3

Mass spectrometry

All carbonate based carbon and oxygen stable isotope measurements made during the
course of this research were carried out on a EUROPA Scientific GEO 20-20 isotope mass
spectrometer equipped with an individual acid-bath carbonate automated preparation
system (CAPS). Each machine run consists of 17 samples and 7 standards, the latter
split between 5 “SC1” standards for calibration to NBS-19 and 2 blind “SRC” standards
for results validations and quantification of external precision. Samples are weighed into
quartz vials and loaded onto the carousel with 4 standards at the front and 3 at the rear
of each run to correct for instrument drift during the course of a run. Phosphoric acid
(H3 PO4 ) is used to dose the CaCO3 producing CO2 gas and water vapour (Eq. 3.7).
100% H3 PO4 is used. The oxygen contained within the PO4 ions within the acid react
very slowly and do not contaminate the sample.

3CaCO3 + 2H3 P O4 → 3CO2 + 3H2 O + Ca3 (P O4 )2

(3.7)

CO2 is cryogenically frozen in the cold finger at -180◦ C after the water vapour is removed
by passing the combined gas through a water trap at ∼ -90◦ C. Samples with ≤170
µg of CaCO3 are analysed directly from the cold finger (labelled A in Figure 3.1),
while samples ≥480 µg are passed into the balanced bellows (labelled B in Figure 3.1)
which expand to accommodate the greater volume of CO2 gas produced and maintain
a constant pressure relative to the reference gas. Samples of ≥170 µg and ≤480 µg are
passed into the intermediary or unbalanced bellows labelled C) in Figure 3.1 which are
fully squeezed up to try and achieve the same pressure as the balanced bellows. The
measured gas pressure directly corresponds to the ion beam height produced by the mass
spectrometer and it is this variation that is exploited to calculate the CaCO3 content of
samples (see section 3.3). This is the case for the parts labelled A and C (Figure 3.1),
while the part labelled B (Figure 3.1) reflects the maximum expansion of the bellows
and therefore the maximum possible beam height which may be measured. If additional
carbonate was present, and therefore additional gas produced it will not be measured in
this process. Therefore smaller samples need to re-run so that the total volume of gas
produced is less than required to balance the bellows.
The raw isotope data values measured need correction prior to conversion to the VPDB
scale. The first correction accounts for temperature dependent isotope fractionation
between the δ 18 O of the carbonate sample and the δ 18 O of the evolved CO2 (McCrea,
1950). The second (‘Craig’) correction accounts for the presence of the rare 17 O isotope,
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Sensitivity:
A) 1nA = 10.6 μg CaCO3
C) 1nA = 108.4 μg CaCO3
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Figure 3.1: Mass of CaCO3 against ion beam height plot showing the destination
of different masses of CaCO3 into the cold finger, unbalanced and balanced bellows.
CaCO3 samples were run in the unbalanced bellows to produce a CaCO3 record, see
section 3.3.
45 CO /44 CO and 46 CO /44 CO measured
2
2
2
2
18
The δ O values are then expressed relative

which is included in the two mass ratios

by

the mass spectrometer (Craig, 1965).

to

the VPDB scale based on replicate analyses of the SC1 (in-house) standard, that is
calibrated to NBS-19, after applying a drift correction.

3.3

Determining CaCO3 content of samples

In Chapters 5 and 6 the CaCO3 content of bulk samples was determined for two localities
in northern Italy, Alano di Piave and Cicogna (Figures 5.1 and 6.3). Both data sets were
acquired using calibration of the ion beam heights on the mass spectrometer. As this
technique had not previously been applied to the EUROPA Scientific GEO 20-20 isotope
mass spectrometer at the National Oceanography Centre, Southampton, it was necessary
to validate this method. Two different techniques were used for this: 1) Coulometry and
2) H-C-N-O Elemental analysis. This section briefly describes the methods used and
presents statistical results showing that the results from the mass spectrometer (GEO)
are robust.
The rationale for developing the mass spectrometry CaCO3 method was that it would
produce a % CaCO3 record at the same time as the stable isotope record. The aim was
to accurately record relative changes in CaCO3 content through the section for potential
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use in determining if Milankovitch frequencies are preserved in the sedimentary record
and subsequently to be used for sedimentation rate studies.
The percentage CaCO3 in a sample was calculated using linear extrapolation based on
the beam height response to the amount of carbonate present in the sample measured
on the EUROPA Scientific GEO 20-20 isotope mass spectrometer. The CaCO3 in a
sample when dissolved produces CO2 gas. The pressure of this CO2 gas when squeezed
up in the bellows is measured and generates a current, measured as the beam height.
The beam height is directly proportional to the pressure of CO2 gas and therefore to
the mass of carbonate in the sample.

3.3.1

CaCO3 determined using beam height calibration

In each machine run 5 individually weighed SC1 standards were measured and then
graphically plotted to form a best fit linear calibration of beam height to mass of CaCO3
in the sample. The standard SC1 was assumed to be 100% CaCO3 and this was verified
using the coulometer with a mean value of 100.1 % CaCO3 (1σ=0.46). Standards and
samples were weighed to achieve an estimated sample content of ∼ 200 - 480 µg of CaCO3
to ensure the sample would fall in the unbalanced bellows in the mass spectrometer
(figure 3.1). If CO2−
3 content, by mass, was below this, the sample was transferred to
the cold finger, while values above are placed into the balanced bellows. This allowed
isotope data to still be obtained and a working estimate of CaCO3 to be made for
re-analysis.
Typical linear least squares regression fits through the data produced correlation coefficients (R2 ) > 0.95 (figure 3.2). Data from multiple mass spectrometer runs could then
be added together to produce a more robust best-fit line with a large number of data
points (> 75) (figure 3.2). The high level of repeatability of the results suggests that
the machine linearity is stable and that the errors associated with weighing of samples
(∼ ±0.03 µg), sample loss on transfer, and incomplete squeezing up of the bellows are
either small or constant. However, through time, changes in the sensitivity of the mass
spectrometer to the amount of CaCO3 do occur, as illustrated by the two separate sets
of data shown in figure 3.2 representing a series of runs several months apart (November
and February).

3.3.2

% CaCO3 determination using the coulometer

In order to determine the approximate CaCO3 concentration of the samples before running on the mass spectrometer, 52 samples at ∼0.6 metre spacing between 42.83 m and
74.01m from the Alano di Piave section (figure 5.1) were measured for CaCO3 content
by coulometric titration with a UIC model 5012 CO2 coulometer at the University of
Southampton.
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Figure 3.2: Calibration lines for %CaCO3 calculated from the Europa Scientific GEO
20-20 mass spectrometer. Black diamonds are samples run November 2007, grey triangles February 2008. Outlier points are shown for the November 2007 runs. The two
data points, which have values less than ∼ 200µg, represent the times when the mass of
carbonate was too low for the unbalanced bellows and the sample was run in the cold
finger. All outlier points were repeated.

Sub-samples of approximately 100 mg were taken from samples and placed in an oven
at ∼ 60◦ C to dry for approximately 48 h. Samples were then ground to powder in an
agate mortar. This step is primarily used to prevent metal contamination if remaining
sample is needed for trace metal analysis at a later stage. From these, ∼ 25mg samples
were weighed out and the exact weight recorded. The remainder of the bulk sample was
kept for repeats or for the stable isotope analysis or trace metals. In order to determine
the percentage of CaCO3 , the CO2 concentration liberated by 10% phosphoric acid on
the sample was measured. Calibration of the instrument was performed using a pure
CaCO3 standard. Reference standard 105491K (pure CaCO3 ) was run at the beginning,
middle and end of the measurements to check the calibration of the instrument, followed
by a blank. One sample was repeated to double-check the measurements. Replicates
based on the CaCO3 standard and the GEO SC1 standard gave 1σ values of 0.36% and
0.46% respectively. Figure 3.3 shows the coulometer data (black) plotted against the
GEO mass spectrometer beam height data (blue) for this interval.
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Figure 3.3: % CaCO3 records over the interval 43 - 74 m above base of section from
the Alano Di Piave outcrop (Chapter 5). %CaCO3 records calculated using beam
height calibration (blue) and a coulometer (black) are shown. The light grey record is
the complete CaCO3 record calculated using the mass spectrometer beam height. The
inset shows the interval from 67.25 - 70.75 m above base of section in more detail.

3.3.3

% CaCO3 determination using the Elemental analyser

Percentage CaCO3 was calculated using a H-C-N-O elemental analyser (EA) at the
University of Southampton. 3 mg of decarbonated sample (TC) and 3 mg of dried bulk
sample (AC) were combusted in the elemental analyser and the amount of carbon in
the sample measured relative to a certified soil standard (see preparation description in
section 3.5). The amount of organic carbon (Eq 3.8) was calculated first and then this
result was used to calculate the carbonate content (Eq 3.9). Figure 3.4 shows the EA
data (red) plotted against the GEO mass spectrometer data (black) for this interval.

T OC% = 100 ×

8.33 × TC
100 − 1




÷

8.3 − 100
AC

%CaCO3 = 100 × (1 − TOC/AC)


(3.8)

(3.9)

42

Chapter 3 Methodology

30

CaCO3 (GEO)
CACO3 (EA)

Height above base section (m)

25

20

15

10
20

25

30

35

40

45

50

55

60

%CaCO3

Figure 3.4: % CaCO3 records over the interval 10 - 30 m above base of section from the
Alano di Piave section (Chapter 5), which incorporates the MECO interval. %CaCO3
calculated using beam height calibration on the GEO mass spectrometer (black) and
the elemental analyser (red).

3.3.4

Statistical comparison of carbonate estimation methods

The comparison of the CaCO3 records from the GEO, elemental analyser and coulometer
(Figures 3.4, 3.3) appear to show a good agreement between the GEO results and the
validating method used. This is reinforced by strong positive relationships observed in
cross-plots (Figure 3.5) for each method. However, it is necessary to statistically test
how reliable these comparisons are despite each discrete depth measurement coming
from the same bulk sample. A number of statistical tests were carried out in order to
test this. Firstly, the mean, standard deviation and standard error of each data set were
calculated (Tables 3.3, 3.4). Although the mean values from each record are similar
(Tables 3.3, 3.4), the means do not lie within one standard error of each other. The
results of a two-tailed paired t-test to determine if the means are the same produced
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probability values of less than 0.2 and 0.011 (Tables 3.3, 3.4). This indicates that the two
data sets appear to be from two separate populations, despite coming from the same
bulk hand samples. However, as each measurement came from the same bulk hand
sample and multiple measurements of the same sample for one measurement method
had a very high repeatability, it would suggest that the lack of agreement between the
means is related to the accuracy of the individual measurement methods, or that there is
an intrinsic difference in the value given by each method for any run of identical samples.
As this was considered possible an alternative statistical approach was used.

65

2

EA: y =0.90314x + 5.7046 R = 0.76373
2
Coul: y = 0.9933x + 2.1362 R = 0.61098

% Calcium Carbonate (EA/Coulometer)

60
55
50
45
40
35
30
25

20

25

30

35

40

45

50

55

60

% Calcium Carbonate (Geo Mass Spec)

Figure 3.5: %CaCO3 crossplotted for the GEO mass spectrometer against the Elemental analyser (Green) and the Coulometer (Blue)

As all measurements were from one hand sample, then at every point up the section
where a measurement was made the two individual readings can be seen as paired
points. Thus, the lowest value in one data set should correspond to the lowest value
in the other data set. Therefore a simple least squares linear regression should give a
measure of how well the two data sets correlate. R2 values of 0.61 and 0.76 are found
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Figure 3.6: Normalised cumulative frequency plots versus height above base section
for the Alano Di Piave section for the comparison intervals 43 – 74 m (top) and 10 –
30m (bottom). GEO data in red and either coulometer or elemental analyser in black
(see legend). For description of method see main text.

for the coulometer and EA comparison, respectively. However, the calculated regression
is strongly affected by outliers. For example this is seen for the points at 69.41 m
(figure 3.3) in the coulometer readings and a more robust fit is required. Two better
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statistical tests of the correlation are the Pearson product-moment correlation coefficient
and the Spearman’s rank correlation coefficient (Table 3.3, 3.4). These both indicate that
there is a strong correlation between the individual data sets over the selected intervals,
with a 95% confidence interval for the latter test. The Spearman test is applicable to
this data set as it ranks the data from each method from lowest to highest and each
value is given a score (1, 2, 3, and so on). Therefore the lowest value in one data set
should correspond to the lowest value in the other data set. This allows outlying values
to be considered. Correlation factors are ∼ 0.8 where perfect correlation has a value
of one. This suggests that any difference in the means is related to the measurement
method used rather than a variation in the CaCO3 content of the two data sets. The
importance of the Spearman and Pearson coefficient results is that any relative change
in % CaCO3 seen between data points (using only one method) is real and reflects an
environmental change.
To confirm this the Kolmogorov-Smirnov test was used to determine if the samples were
from the same population (the null hypothesis is that all samples were from the same
population). For each data set the normalised cumulative distribution (using the total
%CaCO3 over the selected interval) was calculated (figure 3.6), and then the difference
in values between the two curves at each corresponding depth point was calculated.
This value, D, where the D value is the largest absolute difference between the cumulative observed proportion and the cumulative proportion expected on the basis of the
hypothesized distribution, is plotted in figure 3.7, and falls within the acceptance of
the null hypothesis, confirming that the samples are part of the same population. The
Kolmogorov-Smirnov test is particular appropriate as it does not assume any knowledge
of the population from which the samples were drawn.
Table 3.3: Statistical analysis of the correlation between %CaCO3 estimation using
the Coulometer and mass spectrometer over Alano interval 47 – 73m. Total number
of samples is 104. Pearson coefficient and Spearman rankings are correlations where a
value of 1 is perfect correlation.

Mean
σ
Standard error
T-test
Least squares(R2 )
Pearson coefficient
Spearman ranking

Geo(n = 104)
45.06
3.45
0.34
p=0.27

Coulometer(n=38)
46.85
4.92
0.80

Comparison

0.61
0.76
0.64

Based on the results of these individual statistical tests the estimation of CaCO3 using beam height calibration of the mass spectrometer is a robust method and can be
considered reliable. However, as shown by the results of the T-Test and looking at the
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Table 3.4: Statistical Analysis of the correlation between % CaCO3 estimation using
the elemental analyser (EA) and mass spectrometer over Alano interval 10 – 30m.
Pearson coefficient and Spearman rankings are correlations where a value of 1 is perfect
correlation.

Mean
σ
Standard Error
T-test
Least squares (R2 )
Pearson coefficient
Spearman ranking

Geo(n=91)
41.2
7.85
0.82
p=0.011

EA(n=48)
42.4
8.11
1.17

CF

0.76
0.87
0.94

D
0.40
0.35

95% 2 tail
99% 2 tail
Geo-Coul
Geo-EA

0.30

Reject

0.25
0.20

Accept

0.15
0.10
0.05
0.00
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N=(n1 + n2) / (n1 x n2)
Figure 3.7: Kolmogorov-Smirnov test plot. The difference (D) between cumulative
frequency curves is plotted against a function of sample sizes. Acceptance limits are
plotted at 95% and 99% confidence intervals.

standard error for each method (Tables 3.3, 3.4), the absolute value of CaCO3 maybe
open to some fluctuation between methods.

3.4

Organic Carbon measurements

The following procedures were carried out to determine the total organic content (TOC)
of rocks collected from the Alano di Piave section. The rocks of the Alano section were
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mostly indurated marls, however, an approximately 10m thick section was described as
sapropelic (see chapter 5). Samples were dried, crushed and ground to a homogenous
fine powder, using either agate pestle and mortar or an agate-grinding mill. Then ∼
2 - 3 g of material were placed in test tubes and 37% HCl was added drop by drop
until all the material had reacted. Approximately 3-4 ml of HCl were added and the
samples were left overnight. The samples were then neutralised using Milli-Q water
through a repeated process of siphoning off liquid, mixing with Milli-Q and settling.
Once neutralised, the now decarbonated samples were pipetted into vials and placed in
an oven at 50◦ C. The dried residues were then ground, dried again and stored. For TOC
measurements, ∼3 mg of both decalcified sample and ∼3 mg of original sample material
were weighed into tin foil cups and measured for TOC using an H-C-N-O EA. A certified
standard containing 6.1% C was used. Sample standard deviation was 0.065% based on
10 standard samples. TOC was calculated according to equation 3.8

3.5

Extraction of organic material

Organic material extraction was carried out to identify the origin of the organic matter
within the Alano section and to perform vitrinite reflectance measurements prior to possible TEX86 analysis (this was subsequently carried out by another member of the Alano
project collaboration, Professor Mark Pagani at Yale University). Organic material was
extracted from 10 samples that contained 0.1 - 3% TOC using the method described
in Morgans-Bell et al. (2001): samples were broken into ∼1 mm3 pieces and placed in
250 ml beakers. Then 37% HCl was added dropwise until there was no further reaction.
Then ∼ 1 cm3 of HCl was added to the sample and left overnight. Samples were then
neutralised using water and after settling the excess liquid was decanted. Subsequently,
∼ 60% HF was added dropwise until a visible reaction had finished and ∼ 200 ml of HF
was added and left to react overnight. Samples were again neutralised and the excess
liquid decanted. Samples were then filtered through a 10 µm sieve and the residue was
collected and boiled with 37% HCl for 1 minute before being filtered again to remove
possible CaF crystals. Once the residue had settled, the excess liquid was decanted and
the sample was transferred to a vial via a third sieving process. An oxidation step to
remove pyrite and other sulphur based heavy minerals was not used as this would alter
the organic material. Glass slides were then prepared for the identification of organic
material.

3.5.1

Vitrinite Reflectance

Three organic rich samples (numbers 100B, 510B and 825B, precise positioning can
be found in data logs in the appendix CD) were selected from the sapropel interval
in the Alano section for analysis of vitrinite reflectance to test the thermal maturity
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of the samples to establish their suitability for TEX86 measurements (see Figure 5.4).
Thermal maturity measures less than Ro of 0.8 are considered suitable for TEX86 measurements. Polished thin sections were prepared following the method of Hillier and
Marshall (1988). The organic matter concentrates were split into two and one half
was stored. The other half was prepared using standard procedures devised for the
University of Southampton (pers. comm J. Marshall 2009). The organic residue was
ultra-sonicated for 20 seconds to disaggregate the amorphous organic matter. A small
quantity of sample was pipetted as an aqueous suspension onto a PTFE (polytetrafluoroethylene) coated cover slip and allowed to dry. A frosted slide is used with a mounting
resin to ensure a strong bond. A single drop of resin was placed in the centre of the
frosted slide and the cover slip was positioned centrally over the drop and allowed to set.
The cover slip was then removed and the slide polished. Four polishing steps were used:
1) coarse sandpaper for 20 seconds in each direction (slide moved through 180 degrees,
so polishing clockwise from the right, then rotate 180 degrees and again 20 seconds polished clockwise). 2) polishing on a cloth lap with 3 grades of alumina powder for 60
seconds, 40 seconds and 40 seconds respectively. Polishing was performed from coarse
to fine. The cloth lap rotates at 150 rpm.
Reflectivity measurements were made following standard methods using a Zeiss UMSP
50 (universal microspectrophotometer) linked to a computer for data acquisition and
processing. The microscope was controlled from the computer using a BASIC programme (CP, written by J. E. A. Marshall and J. A. Milton), with the monochrometer
fixed at 546 nm. All measurements were of random reflectance in oil (RI 1.515%) and
calibrated with spinel (reflectance 0.413%) standards. This standard allows a reflectance
% range of 0-0.814%.

3.5.2

Organic Carbon isotopes

Measurements of δ 13 C of organic material were performed using decarbonated samples
on an Eurovector Elemental Analyser. Samples were decarbonated using the same procedure as for TOC analysis (section 3.5), and then dried and weighed into isotope grade
tin cups. For all samples, a target beam height of 4 nA was used and the mass of sample
required was calculated using the results from TOC measurements. A low organic soil
certified reference containing 1.6% organic carbon was used as a standard.

3.6

Sediment Geochemistry

Samples were analysed using quantitative XRF over the interval from ∼ 13 m to 30
m of the Alano section (Figures 5.1, 5.4) in order to characterise changes in palaeoenvironment during the MECO event identified within the isotope record generated in
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this study (see Chapter 5). Samples were dried, ground and homogenised (agate ball
mill), dried and then ∼ 3 mg of powder pressed into a pellet for analysis. These were
analysed for major and minor elements using a Phillips PW1400 X-ray spectrometer.
Analytical precision was ∼ 1.4%.
For reconstructing palaeo-environmental conditions using trace elements, the relative
enrichment or depletion of the sediment with respect to each trace element is required.
As the CaCO3 present dilutes the trace element abundance signal, while increased detrital material will increase the absolute concentrations of individual samples all trace
elements are normalised to Al (Wedepohl , 1971; Calvert and Pedersen, 1993; Van der
Weijden, 2002). Aluminium is used because it is recognised to be an indicator of aluminosilicates in most sedimentary deposits. Additionally, Aluminium is reported to show
little diagenetic movement within the sediment (Calvert and Pedersen, 1993; Tribovillard
et al., 2006; Böning et al., 2004).

3.7

Spectral Analysis

Before calculation of spectral characteristics of the different time series data sets presented in this thesis, each record underwent pre-processing. These steps are considered
fairly standard and consisted of removal of outlying data using visual interpretation,
mean subtraction and detrending the data set. The latter was computed by the software
Analyseries (Paillard and Yiou, 1996) and consisted of fitting a least squares regression
to the data and subtracting this from the date set.
Following detrending, a Blackman-Tukey spectral analysis in the depth domain was
performed to identify the dominant frequencies using the program Analyseries (Paillard
and Yiou, 1996). An 80% confidence interval was used with a Bartlett window with the
number of lags equal to 30% of the length of the data series.
Following detrending, time-evolutive spectral analyses in the depth domain were run
to establish the presence of orbital signals (Weedon, 2003).

A continuous wavelet

transform was applied (Torrence and Compo, 1998) (online software available from
http://atoc.colorado.edu/research/wavelets/, accessed 25 May 2010) in order to establish how spectral power may have varied with depth. For this method equal depth steps
of 20cm were used.

3.8

Magnetobiostratigraphy

The age models generated in Chapters 5 and 6 use magnetobiostratigraphic data produced by project collaborators. See the following for a list of my fellow collaborators
and their specific contribution. Throughout the thesis I acknowledge areas where I have
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used the interpretation of others, and differentiate between where this is the case and
where I have used the data generated in my own analysis to from an interpretation.
For the Alano Di Piave section:
1. Dr Claudia Agnini: biostratigraphy - calcareous nannofossils
2. Dr Valeria Luciani: biostratigraphy - planktonic foraminifera
3. Dr Luca Giusberti: biostratigraphy benthic foraminifera
4. Professor Giovanni Muttoni and Dr Luci Lanci: palaeomagnetism
5. I also acknowledge Professor Domenico Rio who oversaw the entire Alano di Piave
project and also Professor Henk Brinkhuis and Sander Houben who worked on the
dinoflagellates from this section.
For the Cicogna section:
1. Dr Claudia Agnini: biostratigraphy - calcareous nannofossils
2. Edoardo Dallanave: palaeomagnetism
In order to correctly utilise this data and apply it to the age models generated, an
understanding of the data collection methods is necessary. Therefore brief descriptions
of the methods used to produce the stratigraphic data sets are described below.

3.8.1

Calcareous planktonic biostratigraphy

The indurated marlstones were disaggregated with hydrogen peroxide at concentrations
varying from 10 to 30%. Where needed, samples were additionally treated using Neodesogen (a surface-tension-active chemical product of the Ciba Geigy Company). Finally,
to break up clumps of residue, some samples were placed in a gentle ultrasonic bath.
All samples were washed through a 38 µm mesh to separate the finest fraction from the
63 µm residue. Biostratigraphic data were obtained using qualitative and quantitative
studies (Agnini et al., (in press) 2010). Taxonomic criteria followed are elaborated in
Agnini et al. ((in press) 2010). The zonal scheme adopted is that of Berggren and
Pearson (2005).
Calcareous nannofossil assemblages were prepared from unprocessed material following
the standard methods (Agnini et al., (in press) 2010) of the smear slide and observed
in the light microscope at a magnification of 1250x. The average spacing of examined
samples is 60 – 120 cm, refined to 20 cm immediately across the main biostratigraphic
biohorizons. Firstly, all the samples were qualitatively examined and then analysed with
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semi-quantitative methods (Backman and Shackleton, 1983; Rio et al., 1990) to obtain
distribution patterns of index species. Taxonomy adopted is after Perch-Nielsen (1985).
The zonal classification is that of Martini (1971).

3.8.2

Paleomagnetic measurements

Paleomagnetic samples were drilled and oriented in the field at an average sampling
interval of ∼0.6 m giving a total of 159 standard ∼11 cm3 specimens for the Alano
Di Piave section, and a total of 319 samples at a sampling interval of ∼0.25m for the
Cicogna section. Analyses were conducted at the Alpine Laboratory of Paleomagnetism
(ALP), in Milan, on a 2G DC-SQUID cryogenic magnetometer located in a magnetically
shielded room by Professor Giovanni Muttonti and Edoardo Dallanave. Samples were
thermally demagnetized using step of 10–50◦ C steps to a peak temperature of 680◦ C.
The component structure of the NRM was monitored after each demagnetization step
by means of vector end-point demagnetization diagrams (Zijderveld , 1976). Magnetic
components were calculated by standard least-square analysis (Kirschvink , 1980) on
linear portions of the demagnetization paths and plotted on equal-area projections.
Fisher statistics were applied to calculate overall mean directions.
A virtual geomagnetic pole (VGP) was calculated for each characteristic component
direction in tilt corrected coordinates. The latitude of the sample characteristic magnetization VGP relative to the mean palaeomagnetic (north) pole axis was used for
interpreting polarity stratigraphy (Lowrie and Alvarez , 1977; Cande and Kent, 1995).
VGP relative latitudes approaching +90◦ (N) or -90◦ (S) are interpreted as recording
normal or reverse polarity, respectively. For polarity magnetozone identification, the
nomenclature used by Cande and Kent (1995) was employed.

Chapter 4

Geochemical records of the
Middle Eocene Arctic Ocean
4.1

Introduction

The evolution of Cenozoic global climate shows a long-term cooling trend from the warm
Eocene greenhouse world to the present day ice-house world (Zachos et al., 2001). The
mechanisms for this transition are broadly understood. Astronomical forcing, decreasing pCO2 and continental reconfiguration interacted to drive planetary cooling. Initially,
this long-term cooling appears to have occurred predominantly at the poles, with stable
equatorial sea surface temperatures measured throughout an Eocene succession from
Tanzania (Pearson et al., 2007). However, prior to the Integrated Ocean Drilling Program (IODP) Expedition 302 (ACEX), little sediment from the Arctic Basin had been
recovered (Clark et al., 1986; Jenkyns et al., 2004; Backman et al., 2004; Greenwood and
Basinger , 1994). The successful recovery of an expanded middle Eocene to uppermost
Palaeocene sediment sequence of ∼ 100m from the Lomonosov Ridge (Figure 4.1) (Backman et al., 2006; Moran et al., 2006) provided the opportunity to understand climate
changes during this initial cooling period at an important geographic location.

4.2

Background

The Arctic Ocean underwent severe climatic change during the Eocene. At the Palaeocene
- Eocene boundary mean annual (although more likely summer) polar temperatures as
high as 23◦ C have been inferred using the TEX86 proxy at the peak of the PETM (Sluijs
et al., 2006), while little more than 10 million years later the oldest direct evidence for
Eocene Arctic ice from ice-rafted debris has been discovered (Moran et al., 2006; St.
John, 2008). The palaeogeography of the Eocene Arctic was very different from that
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Figure 4.1: Location of the drilling site (red dot) on the Lomonosov Ridge for holes
M0002A, 3A and 4A drilled as part of IODP Exp 302. Map generated by Jakobsson
et al. (2008) and taken from http://www.ngdc.gov

of today (Figure 4.2). The Arctic Basin was more enclosed with only a narrow shallow connection through the Fram Strait (Stickley et al., 2008), which deepened in the
Miocene (Jakobsson et al., 2007). Similarly the connection with the Western Siberian
Sea (Figure 4.2) is believed to have closed by the earliest middle Eocene (Radionova
and Khokhlova, 2000) or is at least thought to be very limited and shallow in its extent
(Onodera et al., 2008).
Climatically, the middle Eocene Arctic was relatively warm with mean annual temperatures around 8 - 15 ◦ C and winter temperatures around freezing (Greenwood and Wing,
1995; Jahren and Sternberg, 2003). To the South seasonality was inferred to be moderate for North America (Greenwood et al., 2003) with humidity approximately double
todays’ (Greenwood and Wing, 1995; Jahren and Sternberg, 2003), and a stronger hydrological cycle. Surrounded by temperate forests (Greenwood and Basinger , 1994; Jahren,
2007) the increased precipitation in the region would have increased fluvial input into
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the basin, freshening surface waters relative to today. Evidence of fresh to brackish surface waters during this period is preserved in the sedimentary record of the Lomonosov
Ridge throughout the middle Eocene interval (Backman et al., 2006; Moran et al., 2006;
Sangiorgi et al., 2008a; Stickley et al., 2008; Waddell and Moore, 2008; Gleason et al.,
2009). The peak of this freshening comprised a series of episodic flooding events over a
period of 800,000 years at around 50 Ma, which culminated in a fresh water lid to the
Arctic and the occurrence of free-floating freshwater Azolla fern spores (Brinkhuis et al.,
2006). This event marks the base of the interval studied here (Core 302-M0004A-11X,
∼ 304 meters below sea-floor). The Azolla events reveal a timing (Brinkhuis et al.,
2006; Speelman et al., 2009) that suggests an orbital modulation of the Arctic Ocean
environment. Observations of the present-day physical processes in the Arctic also show
a strong imprint of seasonality on the climate. For example, net precipitation peaks in
late summer to early autumn (Walsh et al., 1994), rivers show strong spring maximum
rates of discharge (Lammers et al., 2001) and ice flux through the Fram Strait peaks in
winter (Vinje, 2001). Computer climate models for time intervals likely to lead to net
glaciation show a dominance of obliquity at this time (Jackson and Broccoli , 2003).
At the top of the studied interval (Core 302-M0002A-46X, ∼ 198.7m below sea floor)
there is a 26 Myr sediment hiatus from 44.4 Ma between the middle Eocene and the
Miocene (Sangiorgi et al., 2008a). The intervening ∼ 105 m long interval between the hiatus (top of Sub-unit 1/6) and the base of the measured section (Core 302-M0004A-11X,
Unit 2) is characterised by the unusually high preservation of bio-siliceous microfossils
(Stickley et al., 2008) accumulated within the semi-enclosed Eocene Arctic Ocean Basin
(Moore and the Expedition 302 Scientists, 2006; Brinkhuis et al., 2006). The shallow
connection of the basin with the open ocean (Figure 4.2) meant there was only infrequent
seawater exchange of surface waters and variable fresh water discharge caused the water
column over the Lomonosov Ridge to become stratified (Backman et al., 2006; Brinkhuis
et al., 2006; Sangiorgi et al., 2008b; Stickley et al., 2008). Sluggish deep water ventilation
(Brinkhuis et al., 2006), high pyrite concentrations, frequently absent benthic microfossils coupled with high marine productivity (Knies et al., 2008; Stickley et al., 2008) and
a continuous organic carbon rain promoted anoxic type bottom water conditions. The
high preserved organic carbon content and ubiquitous high sulphur levels led Stein et al.
(2006) to suggest an euxinic bottom water environment analogous to the present day
Black Sea. Other than the high biogenic content, Eocene sediments in the basin were
smectite and clinopyroxene rich (Krylov et al., 2008) which may potentially suggests the
Kara-Western Laptev Sea Region (Figure 4.1) as the main terrigenous sediment source
(Martinez et al., 2009).
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Western
Siberian Sea

Figure 4.2: Palaeogeographic reconstruction at 50Ma of the Arctic Basin modified
from (Brinkhuis et al., 2006). Palaeoreconstruction from ODSN website: www.odsn.de.
Shorelines are approximate and are based on reconstructions of (Radionova and
Khokhlova, 2000; Radionova et al., 2003; Bice and Marotzke, 2002). The Arctic basin
was only linked to the open ocean by the Turgay Strait and Fram Strait as marked.

4.3

Scientific objectives

IODP Expedition 302, hereby referred to as ACEX, was the result of a collaboration of
over 60 scientists, which produced a number a papers of published in Nature and in a
special edition of Paleoceanography. My role, within this collaboration, was to generate
X-Ray Fluorescence (XRF) data for the investigation of Milankovitch orbital cycles and
sedimentation rate analysis. These data were principally used in three ways:
1. High-resolution XRF data allowed spectral analyses for Milankovitch orbital cycles
and sedimentation rate analysis. This was published as Pälike et al. (2008);
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2. Calibration of XRF data with discrete sediment Sub-samples provided a geochemical record, which was used to investigate changes in sediment concentrations and
palaeoceanography for the middle Eocene section (∼ 44-50 Ma). This was published as Spofforth et al. (2008); and
3. Cyclicities observed within elemental sediment concentrations were combined in
a high–resolution multi-proxy study to assess orbital forcing and environmental
response in the middle Eocene central Arctic Ocean sediment record. This was
published as Sangiorgi et al. (2008b).
In order to delineate the work that I did, from the results of the collaborative efforts,
I present here a slightly expanded version of the paper Spofforth et al. (2008). As the
time and effort spent on ACEX reflected a considerable period of my PhD, and the
collaborative efforts were an important part of this I enclose in the appendices copies of
the papers I co-authored.

4.4
4.4.1

XRF generation and sediment calibration
Materials

Sediments were drilled on the Lomonosov Ridge (Figure 4.1), a submarine block ∼ 1500
km long by ∼ 150 km wide in 1300 m water depth. The total cored depth amounted to
∼ 428 metres below sea floor. The recovered sediments were divided into 4 lithological
units (Figure 4.3A) on the basis of colour, texture, composition, X-ray diffraction data
and total organic carbon contents (TOC). Unit 1 was then Subdivided into 6 Subunits
on the same basis. Here I mainly focus on sediment cores from Unit 2 and Subunit 1/6
(Figure 4.3B) covering the middle Eocene interval from the major Eocene – Miocene
hiatus at 198.7 mcd (Sangiorgi et al., 2008a) through to 302.67 mcd. Sediments from
Sub-units 1/4 and 1/5 (Figure 4.3B), covering the ‘spooky’ and ‘zebra’ intervals (shipboard terms referring to absence of fossils and alternating black and white lithologies,
respectively) were examined and are also discussed. Palaeo-water depths are estimated
to be shallow, maybe on the order of ∼ 200 m (Moran et al., 2006; O’Regan et al., 2008;
Sangiorgi et al., 2008a) in an off-shore to marginal marine depositional setting (Gleason
et al., 2009).
The early Palaeogene sediment sequence is mostly barren of calcareous microfossils, instead containing high concentrations of silica, abundant organic matter (up to 14%) from
either algae (late Palaeocene) or higher plant material (early middle Eocene) (Moran
et al., 2006; Stein et al., 2006). The ∼ 105 m long interval of interest is then divided at
∼ 223.2 meters composite depth (mcd) (Backman et al., 2006, 2008) into two sedimentological units, based on a change from a micro-laminated, organic carbon and biosiliceous
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rich ooze (Unit 2), to a younger siliciclastic silty clay (Sub-unit 1/6). Both units are
also characterised by the occurrence of pyrite and other precipitates. Core recovery
and quality was not continuous throughout the record. In particular, core gaps exist
between 220.02 and 225.10 mcd, 232.42 and 236.22 mcd, 267.06 and 270.95 mcd, and
278.59 and 294.86 mcd. Detailed physical property data, such as gamma-ray absorption
bulk density (GRA) were generated by the ship-board party and are given in Backman
et al. (2006). The initial ship-board age model (Backman et al., 2006) and refined results (Backman et al., 2008) suggest that the cores analysed represent Miocene through
early-middle Eocene time.

4.5

Calibration of sediment concentrations used to investigate environmental change across the Palaeogene

The absence of calcareous sediments and benthic organisms requires alternative approaches to reconstructing the Arctic environment. X-ray Fluorescence (XRF) core
scanning allows the non-destructive acquisition of a high-resolution data set of major
element intensity counts over long continuous sections, which can be calibrated with
discrete samples and international geochemical standards to elemental concentrations.
The XRF method and discrete sediment measurements using ICP-AES are described in
chapter 3. XRF scanning provides a geochemical record, which can be used to investigate changes in sediment composition and input. The use of elemental ratios, such as
Ti/Al, K/Al and S/Al, has been previously demonstrated to identify sediment sources
and types of input (e.g. aeolian vs. fluvial) (Wehausen and Brumsack , 1999, 2002) and
also environmental conditions leading to sapropel formation (Wehausen and Brumsack ,
2000; Sangiorgi et al., 2006; Thomson et al., 2006). Here I focus on changes in major
element composition of the sediment and use elemental ratios to reconstruct a possible
palaeoenvironment for the Arctic basin.

4.5.1

Elemental Calibrations: Results

The use of a “robust fit” line regression (Tukey, 1977) (Figure 4.4) is chosen over a leastsquares regression to account for the effect of outliers on the data fit. Data are presented
showing 95% confidence limits based on a Gaussian distribution. Calibration equations
not shown in Figure 4.4 are given in Table 4.1. As the scanned data covers such a large
depth range it is impossible to completely quantify this range using discrete samples.
Therefore such calibrations require that lateral homogeneity is assumed within the cores
and that the relationships recorded in one core can be applied to cores immediately
above and below. The validity of this assumption is discussed below.
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Figure 4.3: Lithological column showing sediment recovered from the Lomonosov
Ridge. A) Full lithological column for holes M0002A and M0004A, including core
recovery and unit Subdivision. B) Enlarged section of the total scanned core interval
from 183.5 mcd in the Miocene to 302.46 mcd with core descriptions for Sub-units 1/4,
1/5, and 1/6 and Unit 2 taken from Backman et al. (2006).
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Figure 4.4: Elemental concentrations from discrete ACEX samples calibrated with
XRF data using a robust fit line regression Tukey (1977). Al, Si and Fe shown for
Sub-unit 1/6 and Unit 2. Ti, K, and Mn are given in Table 4.1. Calibrations are
shown with 95% confidence limit based on a Gaussian distribution of data points. The
residual error of Robust fit (R) is 4573, 10320 and 9034 for Al, Fe and Si respectively
for Sub-unit 1/6 and 2999, 12650 and 5504 for Unit 2.
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Figure 4.5: Scatter plots showing elemental relationships for Sub-unit 1/6 and Unit
2. A) Al-K Sub-unit 1/6, B) Al-Ti Sub-unit 1/6, C) Al-K Unit 2, D) Al-Ti Unit 2.

4.5.2

Elemental Calibrations: Discussion

The reliability of the individual elemental calibrations used here is fundamental in determining the robustness of palaeoceanographic reconstructions. Data fits are better for
Sub-unit 1/6 than for Unit 2, particularly for the elements Fe, Si and Mn, despite the
lower number of calibration points (n=70 against n=82) (Figure 4.4). Ge et al. (2005);
Kido et al. (2006) and Tjallingii et al. (2007) report reduced count intensities of Al and
Si in XRF scanner data due to water content, while Tjallingii et al. (2007) suggest that
water content does not affect the intensities of Ca, K, Ti and Fe. Elemental cross-plots
between Al and the K and Ti (Figure 4.5) show a strong linear relationship (R2 up to
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Table 4.1: Calibration equations for elements not shown in Figure 4.4. The value ‘R’
represents the residual error generated from the robust regression. See chapter 3 for
more information.

Unit 1/6
Unit 2

Ti
y=1928+0.63x
R=168.6
y=152.7+1.21x
R=258.2

K
y=7554+1.93x
R=1714
y=3756+2.78x
R=1347

Mn
y= 259.3 +0.17x
R=31.65
No Calibration

S
No digestion data
No digestion data

0.8) between water-affected elements and non-water affected elements. Therefore the effect of water content on both Al and Si is likely to be small. Secondly, matrix effects due
to high [Ca] may cause absorption of Fe and Ti spectra, and additional excitement of K
(Böning et al., 2007). However, for both these units [Ca] is low and this matrix effect is
thought to be small. Where very high Ca concentrations occurred this was interpreted
to represent diagenetic gypsum in the surface of the sediment core as observed on the
core surface during scanning.
A third issue is the presence of lateral inhomogeneities. The use of a relatively large
irradiated area (1 cm2 ) by the core scanner for fine-grained sediments mostly averages
out heterogeneities (Jansen et al., 1998). However, lateral inhomogeneities in the core
due to a high abundance of pyrite and other precipitates could significantly influence
the results as scanned material and discrete samples are not identical. For example
the drop stone identified by Moran et al. (2006) as evidence of the oldest IRD was
fortunately found as it lay in the centre of the core when it was split. Other drop stones
may lie immediately beneath the surface of the scanned archive half. Other examples of
heterogeneities come from diagenesis. In particular for Unit 2, the high concentrations
of diagenetic Mn and also migration of mobile Mn towards the sediment surface of split
cores through time (U. Röhl, pers. comm. 2007) explains the poor correlation of Mn
XRF data with the Mn sediment concentrations from discrete samples. Similarly, a poor
correlation of Si XRF to [Si] from discrete sediment data for Unit 2 is observed. The
high proportion of biogenic silica and the porous packing structure of the biogenic silica
in the sediment may possibly explain this latter poor correlation. Additionally, sample
digestions were affected by some hydrolization of Si on dissolution in acid. Although
steps, which included reducing sample size to decrease the likelihood of hydrolization
(see chapter 3 for full details), were taken to identify and reduce this effect, it may
still have occurred. Therefore, all uses of [Si] in this chapter are made with caution.
However, the observations of changes in relative constituent amounts are believed to
hold true. These observations are confirmed using both the discrete data generated here
and the shipboard XRD data set (Backman et al., 2006) as well as more recent data,
using inductively plasma mass and emission spectroscopy published by Martinez et al.
(2009). Importantly, because the relationships between XRF intensity and sediment
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concentration are linear, then there will be no change in the cyclicities recorded in the
sediment.
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Figure 4.6: Calibrated XRF data over the scanned interval. From top S, bulk density
(Gamma Ray Absorption - GRA), Fe, K, Ti, Al, Mn (plotted on a log scale) and Si are
plotted. S and Mn data are not calibrated and shown as elemental counts. Core recovery
indicates material where scanning was possible. Note that GRA extends beyond this
as although some core material was recovered in the interval 280-295mcd, it was very
wet and not suitable for XRF.

4.5.3

Middle Eocene Major Element record: sediment profiles

A major shift in the XRF record occurs at the boundary between Sub-unit 1/6 and Unit
2 (Figure 4.6). It is characterised by a major change in the elemental concentrations
and physical properties of the sediment across the interval 220 – 225 mcd. A decrease
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in the cyclical wavelength from dominant 50 cm and 1 m cycles (Unit 2), to less than
10 cm cycles (Sub-unit 1/6) (Pälike et al., 2008) is also observed. Across this boundary, concentrations of the major elements Al, K, Ti, and Fe increase by 80 – 100 %, as
does bulk density (GRA), while compressional wave velocity (PWL) decreases and Si
shows a ∼ 70 % reduction (Figure 4.6). A concomitant increase in the relative intensity
of sulphur (Figure 4.6) is also seen (concentrations could not be measured using our
digestion process but data from Stein et al. (2006) indicate that this represents a concentration increase). Mn decreases in relative intensity (Figure 4.6) and discrete sample
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Figure 4.7: Al-Si scatter-plots for A) Sub-unit 1/6 and B) Unit 2. In Sub-unit 1/6
the data lying away from the best fit straight line towards the top left quadrant of the
plot represents an interval of biogenic rich silica within this unit.
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Sub-unit 1/6 (198.7 – 223.6 mcd)

Positive correlations between the terrigenous elements themselves and with Si (Al-K, AlTi, Figures 4.5 A, B and Al-Si (Figure 4.7 A) are recorded. The outliers in Figure 4.7
correspond to an interval of increased biogenic silica within a 1m thick interval between
202.5 and 203.5 mcd (Figure 4.8). Peak concentrations of the terrigenous elements occur
at 217.5 and 202.15 mcd (Figure 4.6). A positive relationship between physical properties
and the main elements can be broadly observed to occur throughout Sub-unit 1/6,
although there are several and sometimes frequent deviations from this observation. For
example, the concentration peaks of terrestrially derived elements at 217.5 mcd correlate
with a density decrease. Other anti-correlations are also observed, with density increases
at 208 mcd and in the interval 204.5 – 207 mcd, correlating with decreased Al, Ti and K
counts. The latter decrease of terrestrially derived elements is associated with an increase
in the sulfur intensity and the Fe concentration. Cross-plots of Fe-Al (Figure 4.10 A)
indicate a strong negative correlation (R2 =0.84) throughout this unit, suggesting that
Fe is predominantly associated with pyrite (FeS). High Fe concentrations are observed
to be coincident with the increases in sulphur and pyrite (Figure 4.8). Similarly Fe-Si
shows a strong negative correlation (Figure 4.9 A). Elemental cyclicity is of the order of
∼ 10 cm.

4.5.5

Unit 2 (223.2 mcd – 315 mcd)

The sediments of Unit 2 represent a prolonged period of nearly continuous sedimentation
of biogenic rich finely laminated mud bearing oozes. The XRF record (Figure 4.6, 4.8)
from this interval indicates several trends. Al, K, Ti and Si all show an increase in
concentrations and amplitude variations stratigraphically up core, as well as during the
Azolla interval (core 302-M0004A-11X), while bulk density remains relatively constant
with a minimum around 250 mcd (Figure 4.6, 4.8). The terrigenous elements (Al, Ti
and K) all are positively correlated with each other (Figure 4.5 C,D), as well as with
the bulk density (Gamma Ray Absorption - GRA), magnetic susceptibility (MS) and
natural gamma radiation (NGR). Fe and Si show a negative correlation with each other
(Figure 4.9 B).
The gradual increase of concentrations up core underlies a number of larger shifts in
the elemental counts. Of particular note are significant decreases in silica counts at ∼
274 mcd, 265 mcd, 258 mcd, 232 mcd and 226 mcd. These may be correlated with low
terrigenous counts for Al at 274, 265 and 232 mcd, and high counts at 258 (Ti and K
only, Al decreases) and 226 mcd. Each of these decreases in [Si] appears to be associated
with high S intensities within the record.
Unlike Sub-unit 1/6, Fe and Al (Figure 4.10 B) do not negatively correlate but instead
have a weak positive relationship (R2 =0.14). Visual inspection of the data suggests that
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on occasions Fe is associated with highs in pyrite and sulphur, e.g. 265 mcd, while on
others Fe and S do not correlate e.g. at 240.5 mcd, 254 mcd.
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Figure 4.9: Fe-Si cross-plots for A) Sub-unit 1/6 and B) Unit 2.

4.5.6

Elemental Ratios

Individual elemental concentrations can only provide limited information about the
palaeoenvironment at the time. By comparing elements using Al normalized ratios
(Van der Weijden, 2002) (Figure 4.8), it is possible to learn more about the environment and potentially compare the Arctic Basin to other areas. On a broad scale the
major elements recorded here can be considered to represent component inputs to the
sediment. Individual components are detrital (Al, Ti, K, Fe and Si), biogenic (Si and
Ca) or diagenetic (Fe, Mn). As Al is the most conservative element of our data set, we
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Figure 4.10: Fe-Al cross-plots for A) Sub-unit 1/6 and B) Unit 2. Light colored
points in ’A’ are data from the 202.5-203.5 mcd region. These were not taken into
account for the regression analysis as they represented data from an interval shown to
be deposited different environmental conditions that the rest of the unit (see section
4.6.3).

use the average shale approach (Wedepohl , 1971; Brumsack , 2006) to consider enrichment of individual elements and to deconvolve the Si signal into biogenic and terrestrial
components (Brumsack , 2006). If we use an average shale value of [Si]/[Al] = 3.11
(Wedepohl , 1971), then the equation
Siexcess = Sisample − [(Si/Al)averageshale × Alsample ]
gives an estimate of the excess of Si over the concentration predicted by Al. This value
represents the biogenic silica and is hereby referred to as Sibio
Potentially, Al as a light element, may be affected to a greater extent than heavier
elements by matrix effects such as water content in the sediment, giving statistically
insignificant counts ((Ge et al., 2005; Kido et al., 2006; Tjallingii et al., 2007). Therefore,

Chapter 4 Geochemical records of the Middle Eocene Arctic Ocean

69

y = 0.018 + 0.051x R2= 0.96

1
0.9

Na/Al

0.8
0.7
0.6
0.5
0.4
0.3
0.2

5

10

Si/Al

15

20

Figure 4.11: Na/Al vs. Si/Al for Unit 2.

Ti may also be used as the characteristic of the detrital component. As Al and Ti
show positive relationships for both units (Figures 4.5 B, D), we use Al throughout
However, the average shale value must be used with caution – although it is a robust
analogue for terrigenous detrital background, it is also affected by grain size and sorting
(Brumsack , 2006). Subsequently it is normally preferred to make a precise estimate of
the background elemental ratios of sediments into the basin. Unfortunately, we know of
no such assessment for the middle Eocene Arctic and published geochemical compositions
of sediments inputs from the Lena and Khatanga rivers (Holemann et al., 1999) do not
include Si, while more recent provenance studies of the ACEx sediments (Martinez et al.,
2009) do not make an estimate of the background Si/Al.
Figure 4.8 shows the calculated Sibio content over the scanned interval. Superimposed
on this record is the measured Sibio from the XRD based shipboard dataset (Backman
et al., 2006). Both records clearly show the change from a Sibio dominated environment
to a more terrigenous element dominated environment from Unit 2 to Sub-unit 1/6. The
major exception to this is an interval of high (∼ 40%) Sibio content from 202.5–203.5
mcd. The apparent disparity in the calculated amounts of Sibio between the two records
is likely to be related to errors in both the calibration of the Si and Al XRF data and
measurements in the XRD dataset. However, the large change between Unit 2 and Subunit 1/6 is consistent. Similarly, we see a decrease in the Si/Al ratio (Figure 4.8) from
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∼ 10 to less than 3 across the same boundary.
A second significant feature of the biogenic record is its correlation with the compressional wave velocity (PWL). The high biogenic silica (Sibio ) fraction gives the sediment a
high bulk modulus via interlocking structures of the preserved biosiliceous material and
associated high porosity and slow sound velocity (PWL). The high potential porosity
of the sediment is confirmed in part by the high Na/Al ratios (∼ 0.5, where Na is a
measure of porosity) from the discrete Sub-samples in Unit 2 as well as the strong positive correlation of Na/Al with Si/Al (Figure 4.11) (Stickley et al., 2008). This porosity
provides a potential site for diagenetic processes and deposition to occur.
Ti/Al and K/Al (Figure 4.8) appear to positively correlate with each other through the
Unit 2 interval and into Sub-unit 1/6. However, above ∼ 210 mcd the K/Ti relationship
changes. This can be seen in the cross-plot (Figure 4.12) where both Unit 2 and the
interval 220 – 210 mcd have similar slopes. The interval ∼ 198 – 210 mcd appears to
have a steeper slope than below. This change is concident with a drop in total organic
carbon (TOC) content (Figure 4.8,Stein et al. (2006)), a maximum in pyrite abundance
(Figure 4.8) and an increase in the amplitude of the K/Al variations. Additionally, K/Al
shows a large increase at ∼ 202 mcd, which is not reflected in the Ti/Al data. Mn/Al
data show a 4 fold decrease into Sub-unit 1/6, which is also seen in the raw Mn counts.
Fe/Al ratios increase from ∼ 1.36 to 1.73 into Sub-unit 1/6 from Unit 2.

4.5.7

Trace elements

The discrete sample data coupled with a lower resolution data set (Backman et al., 2006)
provide isolated snapshots of the complete scanned interval within a low resolution long
term record. Trace element/Al ratios taken from average shales ((Brumsack , 2006;
Wedepohl , 1971), Table 4.2) are used to calculate enrichment factors (EF) for the trace
elements measured in the sediment samples using the equation:

EF =

(X/Al)sample
(X/Al)average shale

where X is the relevant element.
Elevated values of Sc, V, Mo, Co, Cr, Cu, Ni and Zn relative to average shale (Brumsack ,
2006; Wedepohl , 1971) are recorded. All these elements show enrichment of up to a factor
of 4. Previously Turgeon and Brumsack (2006) have used an enrichment factor of 5 to
determine if an element can be considered enriched. This indicates that although the
samples measured here are enriched the level of enrichment is relatively low. However,
the shift in major element concentrations across the unit boundary is also apparent in
the trace elements. Na, V, Cu, Ni and P all show significant reductions in enrichment
as do implied Mn/Al ratios from ∼ 200 to ∼ 50.
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mcd and 210–220 mcd. Unit 2 data and 210–220 mcd data lie on approximately the
same straight line. 198–210 mcd appears to have a steeper gradient.

4.6

Discussion

The major element content of the sediment presented here (Figure 4.8) is in agreement
with the sedimentological observations of the shipboard science party (Backman et al.,
2006). Unit 2 is characterised by high biogenic silica constituting ∼ 60 - 80% of the
sediment (Figure 4.8). Across the Unit 2 to Sub-unit 1/6 boundary the main terrigenous
elements (Al, Ti, K) all show significant increases in sediment concentration implying
increased sediment input and / or decreased biogenic silica accumulation. This transition
is also marked by an increase in the amount of pyrite. It is possible to use these records,
supported by evidence from other geochemical and biological records from the same
sediments to look at the palaeonvironmental conditions at this time in more detail.

4.6.1

Oxygenation conditions

1) Unit 2
The high sediment concentration and excellent preservation of Sibio (Stickley et al., 2008),
as well as high organic carbon content (Stein et al., 2006), laminated sediments and
high pyrite concentrations (Backman et al., 2006) suggest an anoxic type environment.
Furthermore, evidence of periodic flushing with freshwaters (Brinkhuis et al., 2006) and
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Table 4.2: Average trace metal / Al ratios for Sub-unit 1/6 and Unit 2 compared to
average shale values (Wedepohl , 1971). X/Al* indicate ratios multiplied by 10−4.

Element
Fe/Al
Ti/Al
K/Al
Si/Al
Mn/Al*
Mg/Al
P/Al
Ba/Al*
Cr/Al*
Ni/Al*
V/Al*
Zn/Al*
Zr/Al*
Co/Al*
Cu/Al*
Sc/Al*
Nb/Al*
Y/Al*

Average Shale
0.54
0.053
0.32
3.11
96
0.18
0.008
73
10
8
15
11
22
2.1
5.1
1.5
2
4.6

Sub-unit 1/6 average
1.74
0.051
0.25
3.01
46.52
0.12
0.001
327
12.7
7.24
32.33
30.24
20.74
11.6
11.68
2.2
2.5
3.89

Unit 2 average
1.36
0.047
0.25
10.62
250.01
0.017
0.02
37.44
16.46
16.08
54.47
35.35
20.64
10.8
16.47
2.71
2.51
9.61

interpretation of various indices (e.g. hydrogen index, organic nitrogen and C/S ratios)
(Stein et al., 2006; Knies et al., 2008) have previously been used to suggest that the
Eocene Arctic Ocean was euxinic, analogous to the present day Black Sea.
Unit 2 is, however, in part characterized by enriched Mn/Al values of ∼ 200 (average
shale = 96) (Table 4.2, Figure 4.9); the pores within the Sibio framework acting as a
nuclei for Mn deposition (Sangiorgi et al., 2008b; Stickley et al., 2008). Traditionally,
euxinic and anoxic sediments in isolated basins have been described as depleted in Mn
(Brumsack , 2006). Mn is remobilized at the sediment water interface as the low Eh
values favour the stability of Mn2+ ions in aqueous solution (Force and Cannon, 1988).
However, Mn-rich black shales have been reported from anoxic basins (Huckriede and
Meischner , 1996). For example, for the present day Baltic Sea, Huckriede and Meischner
(1996) suggest that short-lived periodic oxygenations can produce Mn-rich sediments via
oxidation of Mn to fine grained particles, which are then accumulated. Prolonged oxidation can lead to the deposition of Mn-rich oxide layers immediately above the anoxic
laminated sediment. Similarly, Mn concentration spikes associated with re-oxygenation
are seen at the Middle Eocene Climatic Optimum (Chapter 5) and immediately following sapropels in the Mediterranean (Thomson et al., 1995). The high Mn/Al ratios
(Figure 4.8) therefore suggest that there was at least some periodic oxygenation of waters bathing at least some parts of the Lomonosov Ridge, even if they were not at this
locality, which allowed accumulation of the Mn-rich particles. This scenario may also
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be invoked to explain the lower amounts of pyrite (Figure 4.8) relative to Sub-unit 1/6.
However, any oxygenation must have been short-lived as there is no dissolution of the
biosiliceous species (Stickley et al., 2008) preserved in the sediment.
It is not possible from the geochemical data presented here to elucidate a mechanism for
variations in salinity and water column stratification, nor to reconstruct these conditions.
Episodic accumulation of diatoms (Stickley et al., 2008) at ∼ 48.1 – 47.5 Ma and ∼ 47 –
46 Ma suggest that salinities, although variable, were at times close to seawater (Waddell
and Moore, 2008), while the high abundance of chrysophyte cysts indicates intermittent
low to brackish surface salinities due to increased run-off (Onodera et al., 2008; Stickley
et al., 2008) (Figure 4.13). As discussed above analyses of organic material and their
derivatives, and of siliceous microfossils also have been interpreted as consistent with
euxinic environment at this time (Knies et al., 2008; Stickley et al., 2008; Onodera et al.,
2008).
2) Sub-unit 1/6
Increases in both the abundance of pyrite and in the sedimentary Fe/Al ratio (∼ 1.76)
(Figure 4.8), are indicative of Fe scavenging from the water column (Lyons and Severmann, 2006). This coincides with a decrease in Mn/Al (Figure 4.8) to ratios less than
50, which suggests a more stable and lower bottom water oxygen environment than Unit
2. The formation mechanism of framboidal pyrite (Wilkin and Barnes, 1997) is also consistent with an anoxic environment. Today in the Black Sea, ubiquitous production of
bacterial sulphide and organic carbon preservation occurs in anoxic water column. Similar conditions are interpreted to have existed for Sub-unit 1/6 on the basis of organic
carbon analysis of Stein et al. (2006) and the geochemical observations reported here,
which are also consistent with this interpretation. For both units, the trace element
data, although only providing isolated snapshots, are also indicative of a reducing bottom water environment. Enriched concentrations from co-precipitation of these minerals
with Fe-sulphides (Kremling, 1983; Turgeon and Brumsack , 2006) (Table 4.2) correlate
with observed high pyrite concentrations within the organic rich laminated sediments.
This supports the above interpretation.

4.6.2

Variations in sediment input and seawater exchange with the
Arctic basin

The shift in the XRF record between Unit 2 and Sub-unit 1/6 (Figure 4.6, 4.8) strongly
suggests a change in the relative proportion of terrigenous input consistent with a closer
palaeoshoreline and shallower water depths in the upper unit. Corroborating this, a
change from mud to silt sized particles (Backman et al., 2006) and a shift to terrigenously
dominated organic carbon content (Stein et al., 2006) is recorded between Unit 2 and
Sub-unit 1/6. These observations are consistent with a shallowing of the Lomonosov

oxic - anoxic
boundary

Fresh surface
water

Lomonosov
Ridge

Laminated sediments in euxinic
/ anoxic water

Nutrient
input

Figure 4.13: Simple model of the Lomonosov Ridge showing likely depositional features during the Middle Eocene Unit 2. The Lomonosov Ridge
is modelled as a submerged topographic high with variable topography, bathed in saline, anoxic water in which laminated sediments accumulated.
Periodic oxygenation of the water column is represented by water movement through the Fram Strait, while the increased nutrient input and high
productivity is represented by riverine input in the right of the figure.

Periodic flushing
with oxygen rich
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deep waters.
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Ridge (O’Regan et al., 2008; Sangiorgi et al., 2008a). The large reduction in Sibio content
of the sediment, however, does not appear to be as simple as dilution from the terrigenous
component. Bottom water conditions during the deposition of both units were anoxic to
euxinic (Stein et al., 2006) (see discussion above), which should promote the preservation
of Sibio , as well as the high TOC content.
Biogenic silica preservation depends on several factors, including the production and flux
rate of Sibio , depositional setting, biogeography, water mass exchanges, and diagenetic
processes (Stickley et al., 2008). The absence of Sibio in Miocene to recent sediments
and deeper than 350 mcd (ACEX core 302-4A-24X and deeper) has been attributed by
Stickley et al. (2008) to a combination of the following: 1) reduced Sibio production,
2) reduced Sibio flux from remineralization in Si poor waters (a reaction catalysed by
warmer temperatures) and 3) post sedimentary diagenetic processes. Within the interval
of Sibio production, Unit 2 has far greater preservation than Sub-unit 1/6, except the
short interval from 202 - 203.2 mcd (Figure 4.8).
In order for the deposition of Si rich sediment, sufficient Si must have been available for
Sibio organisms to bloom and for deep waters to be sufficiently Si–rich to prevent dissolution of the diatom frustules and other siliceous remains. Significantly, the geochemical
data presented here (Mn/Al, Figure 4.8) also require that periodic oxygenation of the
sediments occurred during the deposition of Unit 2. Two possible scenarios are considered here to explain the high biogenic silica content of the sediment (Figure 4.8). Firstly,
seawater exchange with the N. Atlantic, or another body of water (e.g. Nordic Seas),
albeit infrequently. Alternatively, seasonal mixing events, for example as seen today in
the Baltic Sea (Hietanen and Lukkari , 2007), would have delivered Si rich waters to the
surface.
The first scenario is shown by a simplified model for SW exchange into the Arctic Basin
in Figure 4.13. Eocene seawater, during the time of deposition of Unit 2 (∼ 48.6 45.5),
had elevated dissolved Si concentrations compared to the present day (McGowran, 1989).
Influx of these waters, with associated high concentrations of silica could have potentially
replenished dissolved Si concentrations in the surface waters. Such replenishment is likely
to have been supplemented by high riverine run-off . The periodic replenishment would
also be consistent with the high Mn/Al values associated with Unit 2 (Figure 4.8). These
waters were likely to be oxygen rich and would have also briefly re-oxygenated the Arctic
Basin.
In order to determine if seasonal mixing events may have occurred, as in the present
day Baltic, a higher resolution data set would need to be acquired, particularly of those
trace metal elements which would help to determine productivity changes (e.g. Ba) and
also changes in the redox state of the seawater/sediments. Unfortunately, these were not
acquired as part of this study and future work is required to investigate these potential
mechanisms.
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The low biogenic silica content of Sub-unit 1/6 (Figure 4.8) could have been caused by
a number of different reasons. These include; reduced siliceous productivity, reduced
preservation or diagenetic processes. One explanation could have been that the geochemistry of the exchanging waters may have changed. Large quantities of Sibio are
preserved in the equatorial Pacific and North Atlantic during the early middle Eocene
(Thiede, 1981; McGowran, 1989; Racki and Cordey, 2000; Yool and Tyrrell , 2005; Moore
and Kurtz , 2008). This deposition of silica rich rocks lasted for ∼ 4 Myr from 45 - 49
Ma and is seen globally in the AC seismic horizon (McGowran, 1989; Yool and Tyrrell ,
2005). Perhaps importantly, the end of the Sibio rich interval at the transition from
Unit 2 to Sub-unit 1/6 seems to coincide with the end of this global period of high
Si deposition. The exact reasons for this high global deposition remain unclear (Yool
and Tyrrell , 2005), but during this interval there must have been more silicic acid in
the world’s oceans. Therefore, the low values recorded in Sub-unit 1/6 may represent
a combination of the following factors: less Si rich waters than before from seawater
exchange coupled with changes in the Si concentration in river run-off. This resulted in
surface waters becoming nutrient poor (Si-limiting), decreasing the production of Sibio .
The seawater exchange discussed above also has implications for the observed pyrite
within the sediments. The high sulphur content required for pyrite formation was delivered by seawater exchange probably from the Nordic Seas (Onodera et al., 2008). However, in order to maintain the high Fe/Al ratio and the high concentrations of pyrite
in both units a relatively consistent replenishment of Fe into the basin is also needed.
Humid wet conditions during the Eocene (Jahren and Sternberg, 2003) would have been
likely to cause relatively high levels of precipitation compared to today. The associated
increased river run-off would have delivered Fe rich waters derived from the temperate
forests(Greenwood and Basinger , 1994; Jahren, 2007), which fringed the Arctic during
the Eocene into the basin. Once in the system, the Fe within Sub-unit 1/6 was scavenged from the water column and deposited as pyrite, while the weak positive Fe/Al
relationship (Figure 4.10) in Unit 2 is suggestive of at least some detrital association of
Fe.

4.6.3

Major perturbations and hiatuses in the middle Eocene

The shift in palaeoenvironment between Unit 2 and Sub-unit 1/6 was not the only
major perturbation in both the geochemical and lithological records to occur during the
middle Eocene. With the exception of a possible perturbation (a core gap prevents full
characterisation) at 258 mcd, two other significant changes can be seen in the record.

Figure 4.14: The Middle Eocene – middle Miocene sedimentary hiatus occurs at 198.7 mcd.

Hiatus
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The most prominent event within Sub-unit 1/6 is the middle Miocene - middle Eocene
hiatus at 198.7 mcd (Figure 4.14). Both physical properties and elemental profiles
change significantly across this event (Figure 4.14), which suggests a clear change in
sedimentation type or environment. Furthermore, visually this transition marks the
base of the remarkable interval informally known as the zebra interval (Sangiorgi et al.,
2008a). This interval is characterised by alternating light and dark bands, which mark
oxic and anoxic layers. Unfortunately, from the present data set it is not possible to
suggest what caused this remarkable event. Multiproxy records over this interval suggest
an unroofing of the Lomonosov ridge during the 26 Myr event following compression and
uplift (O’Regan et al., 2008; Sangiorgi et al., 2008a), in contrast to findings based on
subsidence and thermal modelling of passive margins (Moore and the Expedition 302
Scientists, 2006).
The second prominent change in Sub-unit 1/6 occurs over the interval 202.2 - 203.5
mcd. High Sibio and a 10 fold increase in Mn, with coeval minima in Fe/Al and pyrite,
marked a return to more Unit 2 type conditions. The return to high concentrations
of siliceous microfossils in the sediment acted to increase the sediment porosity and
provide a nucleation site for diagenetic processes to occur. Interestingly, this comparison
to Unit 2 suggests that this interval may represent a period of prolonged oxidation or
mixing of Si rich surface waters into the deep. Immediately following this interval, K/Al
rapidly increases within 10 cm. This change in K/Al values is interpreted to represent
a lithological break and a probable change in the sediment source area to the region
(e.g. see Martinez et al. (2009). However, this may not have been the first change in
the sediment source area or environment affecting this unit. A less pronounced shift in
palaeoenvironment is seen around 210 mcd. Below 210 mcd, Ti and K appear to show
similar behaviours, particularly for unit 2 (Figure 4.12). However, above 210 mcd the
Ti/K ratio of the sediment (Figure 4.12) shows a divergence from the trend with stronger
amplitude cycles in K/Al compared to Ti/Al. There is also a positive shift in the pyrite
component, the Fe/Al ratio and the bulk density of the sediment, while the organic
carbon content of the sediment drops by ∼ 1-2%. The shift in Fe/Al may be entirely
related to the increase in pyrite, or an increase in fluvial deposition to the Lomonosov
Ridge. Similarly, a change in the Ti/K ratio may indicate a change in depositional
method (more or less K, as Ti remains nearly constant). This change may represent a
change in the palaeocoastal position allowing a greater fluvial influence to occur and is
related to tectonic uplift. This is broadly consistent with the eventual unroofing of the
Lomonosov Ridge (Sangiorgi et al., 2008a). However, due to to uncertainties in the age
model (see (Backman et al., 2008)) it is not possible to link these changes to possible
global changes in sea-level (Miller et al., 2005) and possible changes in ice volume within
the Earth system.
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Summary and Conclusions

I have presented the first high-resolution data set of major elemental concentrations for
the Eocene Arctic Ocean sediments. Calibration of XRF data with discrete samples
allows the interpretation of changes in environmental conditions during this period. A
shift in style of sedimentation from the high Sibio (∼ 65%) of Unit 2 to a terrigenous
dominated Sub-unit 1/6 is recorded. Elevated Fe/Al ratios, high S and TOC contents
and observed framboidal pyrite are all indicative of anoxic type bottom waters. However,
high Mn/Al values, in particular for Unit 2 (∼ 200 mcd) suggest that periodic oxygen
rich waters appeared over the ridge with large Mn spikes at 202.2 – 203.2 mcd and 258
mcd. In Sub-unit 1/6, the apparent change in the Ti-K relationship at ∼ 210 mcd,
coupled with the peak in pyrite concentrations, suggests a change in the provenance of
material deposited or a change in basin energy.

Chapter 5

Organic Carbon burial following
the Middle Eocene Climatic
Optimum in the central-western
Tethys
This chapter has now been published in Paleoceanography (August 2010). I have integrated the supplementary information from the published paper (Spofforth et al., 2010)
into the main chapter.

5.1

Introduction

Peak Cenozoic warmth during the Early Eocene Climatic Optimum (∼50 - 52 Ma) (Zachos et al., 2001) was followed by gradually cooling temperatures through the Eocene
with the development of permanent ice-sheets on Antarctica around the Eocene-Oligocene
boundary (∼33.8 Ma) (Zachos et al., 1996; Coxall et al., 2005; Lear et al., 2008). This
long term cooling has been mostly attributed to decreased atmospheric pCO2 and its
feedbacks within the climate system (Raymo, 1991; Berner and Kothavala, 2001; DeConto and Pollard , 2003a; Pagani et al., 2005; Liu et al., 2009). Reconstructions of past
Cenozoic pCO2 suggest concentrations decreased stepwise from 1000 - 1500 ppmV in
the middle - late Eocene to near modern day values by the late Oligocene (Pagani et al.,
2005).
Superimposed on the Eocene long term cooling trend are a series of transient negative
and positive oxygen isotope excursions interpreted as warming (Bohaty and Zachos,
2003; Sexton et al., 2006; Edgar et al., 2007b; Ivany et al., 2008; Bohaty et al., 2009) and
cooling and/or glaciation events (Tripati et al., 2005; Edgar et al., 2007b). Climate model
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results for the Eocene Antarctic run under several possible pCO2 conditions indicate that
small ephemeral ice sheets may have been possible under weak greenhouse conditions
(DeConto and Pollard , 2003a; DeConto et al., 2008) and even small ice caps at elevated
regions were possible under higher pCO2 with favorable orbital configurations. Similarly,
prominent changes in the calcite compensation depth in the equatorial Pacific (Rea and
Lyle, 2005) further suggest that the middle Eocene experienced large changes within the
global carbon cycle.
Short lived negative δ 13 C excursions punctuate the Eocene (Cramer et al., 2003; Lourens
et al., 2005; Sexton et al., 2006; Nicolo et al., 2007; Edgar et al., 2007b). Some of these
have previously been inferred to represent short-lived warming events e.g. (Sluijs et al.,
2008a,b). However, at least one longer transient warming event is recorded during the
Eocene (Bohaty and Zachos, 2003; Bohaty et al., 2009). During the middle Eocene
climatic optimum (MECO) (Bohaty and Zachos, 2003; Bohaty et al., 2009) Southern
Ocean deep water temperatures warmed by up to 4◦ C and lasted for ∼ 500 kyrs before
rapidly cooling. Recent identification of a positive δ 13 C anomaly in the Tethys (Jovane
et al., 2007) has been tentatively correlated to the MECO event, and confirmed by new
dating of the original sites (Bohaty et al., 2009), suggesting a global occurrence of this
event.
On timescales of several hundred thousand years chemical weathering of silicate rocks
and the rate of volcanic gas emissions control pCO2 concentrations, but shorter timescale
variations require different mechanisms. The Paleocene – Eocene thermal maximum
(PETM), for example, is frequently explained by rapid (< 104 yr (Zachos et al., 2005))
release and oxidation of CH4 clathrates to pCO2 (Dickens et al., 1995; Thomas et al.,
2002) leading to 4 - 5◦ C deep sea (Kennett and Stott, 1991; Zachos et al., 2001) and 5 8◦ C of global surface warming (Zachos et al., 2003; Sluijs et al., 2006, 2008a). Similarly
rapid decreases in pCO2 can also occur through increased productivity and/or increased
rates of organic carbon burial (John et al., 2008) on similar time scales, as well as changes
in chemical weathering rates of terrestrial carbonates (Archer et al., 1998; Ridgwell and
Hargreaves, 2007; Stap et al., 2009).
Here we identify the northern hemisphere occurrence and confirm the timing of MECO
from a site in the central-western Tethys. High resolution bulk sediment stable isotope
and percentage CaCO3 studies are coupled with bulk sediment geochemistry and kerogen
analysis to investigate paleoenvironmental responses to this climatic perturbation. We
report previously unrecorded locally low bottom water oxygen saturation following the
main excursion of the event. We suggest that high organic carbon burial immediately
following MECO is the most likely mechanism for reduction in pCO2 and the return to
the general cooling trend.
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Geological setting of the Alano di Piave section

The middle/late Eocene Alano di Piave section outcrops in the Belluno Basin in the
Southern Alps of NE Italy. This basin formed in the Jurassic as one of four NNE-SSW
structural highs and basins (the Friuli Platform, the Belluno Basin, the Trento Platform
and the Lombardian Basin) (Bernoulli and Jenkyns, 1974; Bernoulli et al., 1979; Winterer and Bosellini , 1981) resulting from regional rifting, breaking up and subsequent
collapse of Triassic carbonate platforms. Deformation of the African margin (Adria
promontory) in the central Tethys seaway and subsequent uplift controlled sedimentation into this area (Channell , 1992), evolving from continental margin carbonate shelves
in the Triassic (Channell , 1992) through to pelagic and hemipelagic settings from lower
to upper bathyal environments in the early Cretaceous (Channell et al., 1979; Channell ,
1992). Pelagic to hemipelagic lower Palaeogene sediments outcrop over a wide area of
the basin overlain by turbidite deposits of the Flysch di Belluno from the Friuli Platform
to the East to the flanks of the Lessini Shelf to the West where they gradually change
into slope facies, mostly hemipelagic pelites (Zattin et al., 2006; Stefani et al., 2007;
Giusberti et al., 2007). The pelagic to hemipelagic sediments of the upper Palaeocene
to lower Eocene comprise well bedded, pink to red limestone to marly limestones, referred to as the Scaglia Rossa. As clay content increases the Scaglia Rossa grades into
the middle Eocene - late Eocene Marna Scagliosa Cinerea or Scaglia Cinerea (informal
formation), which outcrops along the Calcino Creek close to Alano di Piave village (Latitude 45o 54’50”N Longitude 11o 54’55”E), the focus of this study. This latter formation
mainly consists of bathyal grey marls, with occasional indurated limestones beds.

5.3

Methods

5.3.1

Materials

The middle/late Eocene Alano di Piave section outcrops in the Belluno Basin in the
Southern Alps of NE Italy (Figure 5.1). Comprising part of the middle Eocene - upper
Eocene Marna Scagliosa di Alano formation (Agnini et al., (in press) 2010), this section
outcrops along the Calcino Creek close to Alano di Piave village (Latitude 45◦ 54’50”N,
Longitude 11◦ 54’55”E). The lithology consists mainly of bathyal grey marls, with occasional indurated limestones beds. This formation outcrops for ∼ 110m stratigraphic
thickness and was deposited in middle-upper bathyal water depths (L.Giusberti. unpubl. data). Paleoenvironmental reconstructions (Figure 5.1A,C) of the Tethys region
(Dercourt et al., 1993; Smith et al., 1994; Scotese, 2002; Bosellini and Papazzoni , 2003)
suggest that the climate was predominately sub-tropical and that the Alano section was
deposited to the east of a carbonate platform and within ∼ 100 – 150 km of land.
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Figure 5.1: A) Palaeogeographic reconstruction of the Lessini Shelf: 1) deep water
mudstones of the surrounding Jurassic basins; 2) Palaeogene lagoon and shelf edge
reefs; 3) Palaeogene pelagic claystones and marlstones (modified from Bosellini and
Papazzoni (2003)) The approximate location of the Alano site is marked by a star. B)
Paleogeographic reconstruction at 40Ma (Hay et al., 1999) showing location of sites
where MECO has been identified and location of Alano (A) and Contessa (C). C)
Same reconstruction centered over the Tethys area. Paleoenvironmental reconstruction
from Scotese (2002) and interpretation Dercourt et al. (1993). Alano di Piave location
marked by the star.

Sediment samples were collected at each lithological change or every 20 cm if individual
beds were thicker than this. The average sample spacing for all samples was ∼ 20
cm. During sample collection all weathered material was removed. In this study we
particularly focus on a darker organic rich interval ∼ 17 – 25 m down the river valley
from where rocks first outcrop.
Stratigraphically the interval from 17 – 25 m is characterised by dark coloured marls
with rare sub-cm scale clay horizons, increases in the amount of pyrite and occasional
laminated sediments. The top of the interval is marked by a coarse calcareous arenite,
the Palladio Bed, overlain by a ∼ 20 cm thick low CaCO3 clay layer before a return to
more marly deposition. The dark coloured interval is split into two units by a lighter
coloured interval from ∼ 19 – 21 m. Geochemical, magnetic and biostratigraphic data
were obtained using standard methods (see Chapter Methodolgy). Specific details are
provided below.
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Magnetobiostratigraphic methods

These are described in brief below. For a full description please see Agnini et al. ((in
press) 2010).

5.3.2.1

Planktic Foraminifera and Calcareous Nanofossils

139 samples were prepared using standard methods for analyses on planktic foraminifera.
The indurated marlstones were disaggregated with hydrogen peroxide at concentrations
varying from 10 to 30%. Where needed, samples were additionally treated using Neodesogen (a surface-tension-active chemical product of the Ciba Geigy Company). Finally, to break up clumps of residue, some samples were placed in a gentle ultrasonic
bath. All samples were washed through a 38µm mesh and the finest fraction was separated from the 63µm residue. Biostratigraphic data were obtained using qualitative
and quantitative studies (Agnini et al., (in press) 2010). Taxonomic criteria followed are
widely explained in Agnini et al. ((in press) 2010). The zonal scheme adopted is that of
Berggren and Pearson (2005).
Calcareous nannofossils assemblages were studied in 303 samples prepared from unprocessed material following the standard methods of the smear slide and observed in the
light microscope at a magnification of 1250x. The average spacing of examined samples
is of 60-120 cm, refined to 20 cm immediately across the main biostratigraphic biohorizons. Firstly, all the samples were qualitatively examined and successively analysed with
semi-quantitative methods (Backman and Shackleton, 1983; Rio et al., 1990) to obtain
distribution patterns of index species. Taxonomy adopted is after Perch-Nielsen (1985).
The zonal classification is that of Martini (1971).

5.3.2.2

Paleomagnetic measurements

Paleomagnetic samples were drilled and oriented in the field at an average sampling
interval of 0.6 m giving a total of 159 standard 11 cm3 specimens for analyses, conducted at the Alpine Laboratory of Paleomagnetism. The intensity of the natural remanent magnetisation (NRM), measured on a 2G DC-SQUID cryogenic magnetometer
located in a magnetically shielded room, ranges between 0.003 and 8.9 mA/m (mean
of 0.27±0.8 mA/m) with higher values associated with volcanoclastic-rich intervals. All
samples were thermally demagnetised from room temperature to 400–600◦ C. The component structure of the NRM was monitored after each demagnetisation step by means
of vector end-point demagnetisation diagrams (Zijderveld , 1976). Magnetic components
were calculated by standard least-square analysis (Kirschvink , 1980) on linear portions
of the demagnetisation paths and plotted on equal-area projections. Fisher statistics
were applied to calculate overall mean directions.
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A virtual geomagnetic pole (VGP) was calculated for each characteristic component
direction in tilt corrected coordinates. The latitude of the sample characteristic magnetisation VGP relative to the mean paleomagnetic (north) pole axis was used for interpreting polarity stratigraphy (Lowrie and Alvarez , 1977; Cande and Kent, 1995). VGP
relative latitudes approaching +90◦ (N) or -90◦ (S) are interpreted as recording normal or
reverse polarity, respectively. For polarity magnetozone identification, we adopted the
nomenclature used by Cande and Kent (1995).

5.3.3
5.3.3.1

Inorganic Carbon
Carbon and Oxygen Isotopes

Approximately 560 δ 18 O and δ 13 C isotope measurements from bulk sediment and percentage calcium carbonate (CaCO3 ) measurements were performed on an EUROPA
Scientific GEO 20-20 mass spectrometer fitted with a CAPS CO3 system. Inhouse
standards (Carrara Marble) were measured to evaluate external precision. Results are
reported relative to the Vienna Pee Dee Belemnite (VPDB) standard with an external
analytical precision (1σ), based on replicate analysis of an inhouse standard calibrated
to NBS-19 of 0.03‰ for δ 13 C and 0.06‰ for δ 18 O. Where necessary, additional samples
were prepared and repeated to check for homogeneity within the sediment. These gave
a reproducibility (1σ) of 0.04‰ for δ 13 C and 0.08‰ for δ 18 O.

5.3.3.2

CaCO3 content

Elemental composition for CaCO3 was calculated using linear extrapolation based on
the beam height response to the amount of carbonate present in the sample measured
on the EUROPA Scientific GEO 20-20 isotope mass spectrometer. Over 100 standards
of different masses between ∼ 200 – 480 µg were used to produce a linear best fit line
(Figure 3.2) with R2 = 0.94 - 0.99. Results were validated using a H-C-N-O elemental
analyzer (Figure 3.4).

5.3.4
5.3.4.1

Organic Carbon measurements
TOC measurements

TOC measurements were made on ∼3 mg of both decalcified sample and ∼3 mg of
original sample material and were prepared following standard procedures, weighed into
tin foil cups and measured for total organic carbon (TOC) using an H-C-N-O elemental
analyser. A certified standard (high organic content sediment standard) containing 6.1%
C was used. Sample standard deviation was 0.065 % based on ≥10 standard samples.
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Organic material was then extracted from 10 samples over the investigated interval
ranging from 0.1 – 3% TOC using the method described in Morgans-Bell et al. (2001).
Non-oxidising acids HCl and HF were used to demineralise the samples. An oxidation
step to remove pyrite and other sulphur based heavy minerals was not used as this
would alter the organic material. Glass slides were then prepared for the identification
of organic material.

5.3.4.2

Organic Carbon isotopes

Measurements of δ 13 C of organic material were performed using decarbonated samples
on an Eurovector Elemental Analyser (EA). Samples were decarbonated using the same
procedure as for TOC analysis, dried and then weighed into isotope grade tin cups. For
all samples, a targeted beam height of 4 nA was used and the mass of sample required
was calculated using the results from TOC measurements. A low organic soil certified
reference containing 1.6% organic carbon was used as a standard with an external analytical precision (1σ), based on replicate analysis of an this standard of 0.045‰ for
δ 13 C. Where necessary, additional samples were prepared and repeated to check for
homogeneity within the sediment. These gave a repeatability (1σ) of 0.096‰ for δ 13 C.

5.3.5

Sediment Geochemistry

Samples were analysed using quantitative XRF over the interval from ∼13m – 30m in
order to characterise changes in palaeo-environment during the MECO event identified
from the isotope record. Samples were dried, ground and homogenised (agate ball mill),
dried again and then ∼ 3 mg of powder were pressed into a pellet for analysis. These
were analysed for major and minor elements using a Phillips PW1400 X-ray spectrometer
and analytical precision based on repeated reference material and sampled ranged from
∼0.1– 5%. For reconstructing palaeo-environmental conditions using trace elements the
relative enrichment or depletion of the sediment with respect to each trace element is
required. Any CaCO3 present dilutes the trace element abundance signal and increased
detrital material will increase the absolute concentrations of individual samples therefore
all trace elements are normalised to Al (Wedepohl , 1971; Calvert and Pedersen, 1993;
Van der Weijden, 2002).

5.4
5.4.1

Results
Magnetobiostratigraphic framework

The Alano di Piave section extends from calcareous nannofossil zone NP16 to zone
NP19-20 (Martini , 1971), and from planktonic foraminiferal zone E10-E11 to zone E15
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(Berggren and Pearson, 2005). Magnetostratigraphic data indicates that this section
was deposited between the upper part of magnetochron C18r and the very base of chron
C16r (Cande and Kent, 1995). The present biochronology available for the middle to
late Eocene interval is based on a limited dataset in Berggren et al. (1995). The age
estimates obtained for first, last and peak occurrences of biostratigraphic markers from
the Alano section based on linear sedimentation rates applied to the magnetostratigraphy Pälike et al. (2006a), differ from those presented in Berggren et al. (1995). They
are, however, consistent with calibrations obtained for calcareous nannofossil and planktonic foraminifera from Blake Nose (ODP Site 1052) (Wade, 2004). The age model
(Figure 5.2) developed by us (see section 5.5) and applied here, relies on the magnetostratigraphic framework and dates this section from the top of chron C18r to the base
of chron C16r (40.96 - 36.50 Ma using the Pälike et al. (2006a) timescale). Additionally,
as recorded in Contessa (Jovane et al., 2007) and at ODP Site 1051 (Edgar et al., 2007a)
the first occurence of the key biostratigraphic datum Orbulinoides beckmanni coincides,
here at Alano, with the onset of MECO confirming the magnetostratigraphic placement
of the event.

5.5

Age model

A simple age model for the Alano section was initially constructed using linear sedimentation rates between magnetochron boundaries (Figure 5.2) recorded at Alano using the
astronomically tuned magnetochron ages from Pälike et al. (2006a) for correlation to
records from Bohaty et al. (2009). This gave an overall sedimentation rate of 24 m/Myr
and constrained the section between 41.05 – 36.5 Ma (41.15 – 36.48 Ma on the timescale
of Cande and Kent (1995)).
To further constrain the age model two methods were used. Firstly, the δ 13 C bulk
isotope stratigraphy for globally compiled sites (Bohaty et al., 2009) was used to correlate
the Alano section within a global isotope stratigraphy, assuming synchroneity between
records. In particular, the isotopic records from ODP Sites 702, 748, 1051 and 1263
were used and 5 correlation tie points (A-E) identified (Figure 5.3). The maximum
negative bulk δ 13 C excursion (B) and following positive excursion (C) were used as
primary ties while the second (younger) bulk negative δ 13 C excursion (D) was used as a
secondary tie point along with a pre-main negative excursion point (A) and the decrease
following positive δ 13 C values after the event (E). If the MECO event is assumed to be
synchronous then the age model constructed for Alano section suggests that the ∼100
kyrs older dating for the maximum negative δ 13 C excursion maybe related to some errors
in the construction of the Alano age models or the age models presented in Bohaty et al.
(2009). In particular, the magnetochron boundary of C18r / C18n.2n is poorly calibrated
at Alano due to problems with running some of the samples. As a result the boundary
is placed at 17.22 m above base of section with the last C18r sample at 14.4 m and
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Figure 5.2: Age Model construction for the Alano section using magnetostratigraphy.
Ages are taken from (Cande and Kent, 1995; Pälike et al., 2006a). Sedimentation rates
are constructed assuming linear sedimentation between tie points. The two points at
around 17 m represent the possible identification of the magnetochron C18n.1r.

the first definitive C18n.2n sample at 19.25 m, with a low positive excursion value at
17.95 m. Within associated errors it is then possible that the correct positioning of the
boundary may lie closer to 14.4 m, resulting in an age of the maximum negative bulk
δ 13 C excursion that is younger than the 40.09 Ma calculated using this age model and
consistent with the stratigraphic correlation to the records from elsewhere (Bohaty et al.,
2009). We note however, that the apparent synchroneity of the sites in the Bohaty et al.
(2009) records is in part due to isotopic correlation to the records from ODP Sites 702
and 1051A which have good magnetostratigraphic records and that there maybe some
diachroneity between sites.
Difficulties in the placement of the C18n.2r boundary precluded its use within the presented age model. A tentative interpretation places this boundary during the ORG 2
interval where palaeo-depositional conditions may have affected the signal, while the
rapid lithological change may indicate a hiatus during this interval. Nevertheless, if
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Table 5.1: Position of magnetochron boundaries for the Contessa section taken from
Jovane et al. (2007) used to calculate age of key biostraigraphic datums, O. beckmanni,
S.furcatolithoidies

Magnetochron
C18r
C18n.2n

Top depth
135.29
139.21

Base Depth
128.63
135.28

LSR (m/Myr)
5
8

considered, this magnetochron is indicative of sedimentation rate increases 3 – 6 times
the background sedimentation rate during the deposition of ORG2.
Secondly we use biostratigraphic datums to help constrain the position of the MECO
event and to confirm that the maximum negative δ 13 C excursion recorded at Alano is
the MECO event. Initially, in order to better constrain the age model for the Alano section, the geographically close Contessa section (Lowrie, 1982; Jovane et al., 2007) (lat.
43o 22’47”N; long. 13o 33’49”E), located in the Umbrian region of Italy, is used to compare magnetostratigraphic ages of key biostratigraphic markers across the MECO event.
The Contessa section provides a high resolution and independent magnetostratigraphy
to confirm the ages of events seen at Alano. As the Alano section does not extend as
far as the C19n/C18r boundary this also acts to confirm ages at the base of the section
where assumptions of constant linear sedimentation may not hold true. However, the
Contessa section is affected by low sedimentation rates (5 – 8 m/Myrs) and may be condensed towards the peak of the event. We took magnetochron boundaries from Jovane
et al. (2007) for C18r and C18n.2n and a simple linear sedimentation rates calculated for
each magnetochron (table 5.1). The dates for the key biostratigraphic datums from both
Alano and Contessa where MECO is recorded are given in tables 5.2, 5.3. From comparison of the Contessa and Alano dating, this again suggest an ∼ 100kyr diachroneity
between markers. However, by using purely magnetostratigraphy, rather than astrocyclostratigraphy, we limit the accuracy of placing exact ages on these datums and some
diachroneity is likely within the individual species between sites. Contessa maybe affected by a condensed section towards the top of C18n.2n. In general Bohaty et al.
(2009) found that the first common occurrence of Dictyococcites scrippase marks the
beginning of the MECO event, as it does at Alano. Of particular note is the ∼100
kyr offset of the species Orbulinoides beckmanni and Sphenolithus furcatolithoides between Alano and Contessa. As described above, this ∼100 kyr older age for MECO,
and these datums from a geographically close neighbour, suggests that the positioning
of the C18r/C18n.2n. boundary needs to be redefined. On the basis of matching isotope
stratigraphies and biostratigraphic datums, in particular O. beckmanni, the maximum
negative excursion in δ 13 C represents the end or the peak of the MECO event as defined
by Bohaty et al. (2009).
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Table 5.2: Position of key biostratigraphic datums for the Contessa section taken
from Jovane et al. (2007) for comparison to the Alano Di Piave section

Occurence
FCO
LO
FO
LO

Table 5.3:

Datum pos. (m)
137
137
135
132.6

Age (Ma)
39.87
39.87
40.14
40.6

Position of key biostratigraphic datums for the Alano di Piave section
(Agnini et al., (in press) 2010)

Occurence
LO
FO
LCO
FCO
LO

5.5.1

Datum
D. scripase
O.beckmanni
O.beckmanni
S.furcatolithoidies

Datum
O.beckmanni
O.beckmanni
D.bisectus
D. scripase
S.furcatolithoidies

Datum pos. (m)
19.5
14.4
9.5
9.3
6.3

Age (Ma)
39.95
40.24
40.52
40.54
40.707

Bulk δ 13 C and δ 18 O Isotope Data

Isotope results from the Alano section are shown in Figure 5.4. These show a gradual decrease of ∼ 0.5‰ in both δ 13 C and δ 18 O up section. The CaCO3 content also
decreases from ∼ 50% to ∼ 45% over the same interval. Superimposed on this overall
trend is a prominent transient isotope excursion beginning at ∼13 m (Figure 5.5). Bulk
δ 18 O records a negative shift of up to -1.8 ‰ with the minimum δ 18 O values (labeled
A in Figure 5.5) at ∼ 17 m, coincident with the beginning of the first darker unit and
representing the peak of the event. Similarly δ 13 C and CaCO3 record minimum values of
0.2 ‰ (from ∼ 1‰) and 20% (from 50%) respectively. Although the δ 18 O record gradually recovers to near-pre-event values by 25 m, the δ 13 C and CaCO3 records are more
complex (Figure 5.5) and are strongly correlated to the observed lithological changes.
Two rapid positive δ 13 C excursions (labeled B and D) are interrupted by a negative
excursion to near peak event values at ∼ 19 - 21 m (labeled C). The two positive carbon
isotope excursions are similar in magnitude (1.25 ‰) and are coincident with elevated
organic carbon content (up to 3%)(Figure 5.5). At the beginning of the first darker
interval the CaCO3 recovers to maximum values occurring in the 19 - 21 m interval. A
small decrease (∼ 5%) is recorded during the positive δ 13 C excursion during the second
organic rich layer.
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Figure 5.4: Bulk carbonate stable isotopes δ 13 C, δ 18 O and percentage CaCO3 over
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the results.

5.5.2

Organic Carbon

Two organic rich units are recognised (from here on referred to as ORG1 and ORG2)
and are recorded in TOC data (Figure 5.5). Pre-event and post-event values are low
around 0.1 - 0.15 % rising to a peak of 3.1 % between 16.8 and 19 m and 21 - 25.5 m,
respectively. Within each organic rich unit the amount of TOC present is not constant
but appears to vary cyclically (Figure 5.5). In particular, ORG2 between 20.9 - 25.5 m
has 4 prominent peaks in organic carbon content, ∼ 1.4 m apart. The major component
of organic carbon in these intervals is marine amorphous organic matter, although minor
amounts of wood, pollen, fungal spores, dinocysts and rare benthic foraminifer linings
are also present.
δ 13 Corg analysis of organic material (Figure 5.5) follows the same trend and pattern as
the TOC data. Negative isotope excursions of ∼ 1‰ occur within both organic rich
intervals. The initial excursion leads the TOC increase by ∼ 40 cm in ORG1 while the

Chapter 5 Corg burial following the MECO in the central-western Tethys
220

95

y = -40200 + 3.7x R= 0.98

200

Si (mg/g)

180
160
140
120
100
40

45

50

55
60
Al (mg/g)

65

70

Figure 5.6: Al concentration vs. Si scatterplot run on samples used for sediment
geochemical analysis between 10m - 30m from the Alano section.

shift associated with ORG2 has occurred by ∼ 21.5 m, coincident with the second TOC
spike. The ORG2 data is ambiguous as to whether δ 13 Corg leads or lags the TOC data.

5.5.3
5.5.3.1

Bulk Sediment Geochemistry
CaCO3 , TOC and Detrital inputs

Immediately following the maximum negative carbon isotope excursion there are strong
lithological indicators in the form of organic rich dark shales and clay layers that there
were variations in the paleoceanographic conditions at this time. Assuming the Si content of the sediment to be of detrital origin, the slope of the Al-Si plot (Figure 5.6)
shows an average shale value of ∼ 3, we assume that sediment input consists of the
mutual dilution between detrital and calcareous biogenic material. The peak detrital
contribution (represented by the concentration of Al in Figure 5.5) occurs immediately
before ORG1 coincident with the most negative δ 13 Corg . At the same time minimum
CaCO3 values of around 20% are recorded. As CaCO3 recovers, [Al] and the CaCO3
records appear to anti-correlate.
The behavior of organic carbon with respect to both lithogenic and biogenic components
is more complex. The initial increase in organic carbon content occurs after the peak
in detrital content of the sediment during the initial recovery of CaCO3 (B, Figure 5.5).
Following ORG1, but prior to ORG2, CaCO3 , TOC and [Al] all resemble conditions prior
to the negative oxygen isotope excursion (C, Figure 5.5). During ORG2 the TOC and
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CaCO3 records are out of phase by 180◦ , and detrital material is in phase representing
the mutual dilution occurring (D, Figure 5.5).

5.5.3.2

Palaeo-oxygenation

Palaeo-oxygenation proxies, such as U, U/Th, V/Cr, and Ni/Co, have been used to
determine water column oxygenation conditions through large periods of geological time
from Quaternary sapropels (Thomson et al., 1995), Jurassic mudstones (Jones and Manning, 1994) to the Cambrian (Powell et al., 2003). U measurements within both ORG1
and ORG2 are on average around 3 ppm, with occasional increases to 5 ppm, with
background values of near zero. Ni/Co ratios are greater than 5, while V/Cr and U/Th
are less than 2 and 0.75 respectively. The V/Cr ratio does, however, increase during
ORG1 and ORG2 (Figure 5.5) from around 1 to a maximum of 1.4. Mn/Al profiles
generated through the section show significant decreases during both ORG1 and ORG2,
with spikes immediately following the decrease in TOC concentration (Figure 5.5).
A qualitative increase in the amount of pyrite is observed from the analysis of the
organic residues and from the foraminiferal analyses of ≥63 µm residue within both ORG
intervals. S values are on average 0.05% of the bulk sediment but rise to greater than
1% at times in the organic rich intervals (Figure 5.5). These increases in concentration
are coincident with peaks in TOC and the maximum negative excursions recorded in
δ 13 Corg . Similarly Fe/Al shows a small relative increase during these intervals. Principal
component analysis of the geochemical data set (Figure 5.7) indicates that both Fe and
S are important constituents of the sediment within ORG 1 and 2, and correlate with
the observed increase in pyrite and measured TOC.
The non-biological elements, (e.g. Cr, U, V) all show relatively small increases in elemental ratios during the high organic intervals, associated with the peaks in S content
(Figure 5.8). However, they do not show the large enrichments as seen in present day
anoxic environments such as the Black Sea, or as observed from Ocean Anoxic Events.
The biogenic metals Zn, Ni and Cu show a two-fold enrichment on background values (∼4 fold on average shale values), coincident with high TOC values and elevated S
concentrations in the sediment (Figures 5.5, 5.8).

5.6
5.6.1

Discussion
Comparison to other MECO records

Our records from Alano document a perturbation to the Earth’s climate system that
interrupted the long term cooling of the Eocene. Previous δ 13 C isotopic studies, both
bulk and benthic foraminifera, are presented alongside the bulk δ 13 C signal from the
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Alano section (Figure 5.9). The Alano data are plotted using the age model constructed
in section 3.1 and appear to indicate an ∼ 100 kyr older offset for the maximum negative isotope excursion. Using carbon isotope stratigraphy the salient features of the
carbon isotope record at Alano can be correlated to other global sections (tie points A-E
(Figure 5.9). Additionally by comparing the occurrence of key biostratigraphic datums,
in particular the calcareous planktonic foraminifer P13 marker species O. beckmanni, as
well as the calcareous nannofossils Discoaster bisectus and Sphenolithus furcatolithoides a
clear case can be made to correlate the isotope perturbations recorded at Alano with the
previously documented MECO event (Bohaty and Zachos, 2003; Bohaty et al., 2009).
We suggest that the uncertainity in the placement of the base of the magnetochron
18n.2n. boundary means that, within error of the age model, that the maximum δ 13 C
negative isotope excursion (labelled B, Figure 5.9, 5.3) is correlatable across the global
suite of sites plotted in Figure 5.9 (a full discussion of this is given above in section 5.5).
Furthermore, both bulk and foraminiferal records show a positive δ 13 C excursion of up
to 1.2‰ immediately after the maximum negative excursion and occurring within 50 –
150 kyrs.
Within the central-western Tethys our record from Alano shows a strong isotopic correlation with other deep ocean records, which cannot be seen in the Contessa section
(Figure 5.9). The previous identification of MECO for the Contessa section was associated with the positive δ 13 C excursion by Jovane et al. (2007). This excursion can be
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re-interpreted with respect to the new Alano correlation to represent the positive δ 13 C
excursion immediately after the event (B as marked in Figure 5.9).
Interestingly, the gradual excursion to minimum δ 13 C values seen at Alano is mirrored by
similar patterns at ODP Site 1051 and 1263 and DSDP Site 523 (Figure 5.9). However,
it is not recorded in the fine fraction at S. Ocean sites or in the benthic foraminiferal
values from there. There are a number of reasons that may account for these observed
differences, including diagenetic histories, and at Alano oxidation of organic matter in
the near shore environment and continental input of organic rich material to surface
waters.
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The other prominent features of the Alano record, the positive δ 13 C excursion associated
with ORG 2, and the intervening large negative δ 13 C excursion, are not as well defined
in the other records. We suggest that small negative excursions at ODP Sites 702, 738
and 748 at ∼ 39.7 Ma (labeled D+E Figure 5.9), and at ODP Sites 1051 and 1263
at 39.8 Ma may also be recording these two other features. The up to 300kyr offset
apparent between the Alano record and the other ODP records is related to errors in
the age models of each record. For the Alano record (Figure 5.2) the entire of the MECO
interval is only constrained by palaeomagnetic data points at the top and base of the
18n chron (∼ 17 and 45 m). Significant variations in CaCO3 and terrestrial content
occur between these points (Figure 5.5) and are likely to explain the apparent offset
in age. This is further supported by the δ 13 isotopic correlation of the Alano record
with other records (Figure 5.9) which indicates there are a number of similar features
observed globally and these may be approximately synchronous.

5.6.2

Organic Carbon Burial and Low Oxygenation of Bottom Waters

Post–MECO conditions have different lithological expressions between the central Tethyan
record and the MECO event documented in the Southern Ocean, Blake Nose and other
deep ocean sites. Mn is frequently used as an indicator of the sediment water interface
oxygenation conditions since it precipitates as oxy-hydroxides within the range of Eh
and pH values of well oxidised seawater. If the dissolved O2 concentration decreases
then the solubility of oxy-hydroxides increases and Mn2+ is reductively leached from
the sediment under sub-oxic to anoxic conditions (Dickens and Owen, 1994). Previous
work on depth profiles showed that Mn2+ displayed this behavior in modern day oxygen
minimum zones (Klinkhammer , 1980; Saager et al., 1989) when [O2 ] dropped below ∼
2ml/L. In general the increased Mn2+ concentration comes from dissolution of Mn2+
phases in situ within the sediment. Minima in Mn/Al correlate with increased preservation of organic material and also pyrite occurrence, high sulphur contents, together with
locally clay rich and laminated layers. Together these suggest the bottom water and pore
water environment became O2 depleted. Proxies for paleo-oxygenation conditions, such
as [U], V/Cr, and Ni/Co give a mixed interpretation of the bottom water environment.
Two values for the concentration of U at the oxic – dysoxic boundary in seawater have
previously been suggested; 5 ppm (Jones and Manning, 1994) and 2 ppm (Wignall and
Ruffel , 1990). The Alano ORG intervals record values between these two (Figure 5.5)
and suggests that the low O2 conditions existed. Further evidence comes from the paleoecology of benthic foraminifera within ORG1 and ORG2. Increases in the abundance
of Uvigerina, a taxon common in O2 depleted, organically enriched settings (Gooday,
2003) together with increases in other biserial and triserial taxon (e.g. bolivinids) and
the species Hanzawaia ammophila are recorded (Luca Gisuberti pers. comm). This latter taxon has been reported in high abundances in Ypresian sapropels of the Peri-Tethys
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and has been interpreted as an indicator of dysoxic conditions (Oberhänsli , 2000). Different values from less than 2 to 0.3 ml/l have been placed on the bottom O2 conditions
indicated by these taxa (Tyson and Pearson, 1991; Kaiho, 1994) and this agrees well
with the O2 constraint from the observed Mn front. Furthermore, the spikes in Mn/Al
immediately following both ORG1 and ORG2, indicate good correlation between reoxygenation of pore waters and a decrease in organic carbon preservation. The offset
between the TOC record marking the end of ORG1 and both the Mn/Al and inorganic
bulk carbonate δ 13 C records indicates that preservation of organic carbon in ORG1 was
probably affected by burn down of the organic material after deposition. ORG2 is not
similarly affected but the rapid change in lithology described at the top of this bed is
indicative of a hiatus removing an unknown amount of material and time.
At the present day, terrestrial organic matter has a more negative δ 13 C signal than
marine organic matter and the negative δ 13 Corg excursions during the burial of ORG1
and ORG2 therefore suggest an increased delivery of terrestrial organic matter to the
sediment. This would suggest that increased terrestrial material would provide increased
nutrients to the sea surface and increase productivity. This interpretation is consistent
with calcareous nannofossil assemblage changes from oligotrophic to euthrophic taxa
(Agnini et al., 2007b) which suggest a high food - high productivity ocean. At the same
time minima in the ≤ 63µm size fraction (not shown) suggests a shift to more chemical
weathering indicative of wetter more humid environments, or a shift in palaeocoastal
position to deeper waters.
Increases in the relative proportion of detrital material are synchronous with the maximum negative isotope conditions and the δ 13 Corg excursion suggesting that terrestrially
derived nutrients, rather than upwelling, were a source to feed this productivity increase.
Further evidence for the occurrence of terrestrial input comes from the preservation of
spores, pollen and wood identified in the organic residues. The increase in nutrients at
the MECO peak suggests that an increase in rain rate of organic material would lead
to increased O2 utilization in bottom waters and in the sediment leading to a dysoxic
bottom water environment and more reducing conditions in the sediment allowing the
formation of pyrite and the increased solubility of Mn2+ . Small increases in the sulphide
fixed trace elements (Figure 5.8) suggest that anoxia was reached neither in the sediment
nor the water column for any extended period of time.
Several potential mechanisms could have caused the low oxygenation conditions. An
increase in nutrients would lead to an increase in productivity in surface waters and
sediment rain to bottom waters where increased O2 utilization in the decomposition
of organic matter would lead to the generation of dysoxic water conditions. Secondly
changes in bottom water temperatures, if present, may act to decrease the solubility of
O2 in the waters and promote dysoxia. A third alternative mechanisms could involve
the upwelling of a low O2 water upwelled from depth bathing the site as suggested
for black shale formation during the PETM in the eastern Tethys (Speijer and Morsi ,
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2002). Fourthly, more sluggish ocean circulation driven by possible increases in ocean
temperature (e.g. Bohaty et al. (2009) would have decreased the rate at which O2 poor
waters were replaced.
The productivity driven mechanism for ORG burial, similar to OAE2 of the Cretaceous
(Schlanger and Jenkyns, 1976), would likely be coupled with an increase in sedimentation
rate during this interval, both from increased terrestrial input and from increases in
productivity of calcareous organisms, which are seen to shift towards euthrophic taxa
(Agnini et al., 2007a; Luciani et al., 2010). Similar increases in sedimentation rate are
seen in expanded PETM sections in the Belluno Basin (Giusberti et al., 2007) and other
marginal marine sections (Sluijs et al., 2008b). However, the age model presented in
section 3.1 maintains a constant linear sedimentation rate across these intervals. The
placement of magnetochron C18n.2r (supplementary information) is poorly constrained,
however, it tentatively suggests sedimentation rates up to 6 times faster during the
ORG2 interval, consistent with the productivity hypothesis. Together with an increased
sedimentation rate the combination of increased burial rate of organic carbon, and the
decreased [O2 ] resulted in increased preservation of organic carbon within the sediment.
Variations in the amount of TOC preserved in ORG2 appear cyclic and suggest a strong
orbital control on the preservation of organic carbon. This increase in LSR results in
cycle spacing of ∼ 17 kyrs during ORG 2. Reduced preservation could therefore be
related to either increased O2 in bottom waters or reduction in productivity in the
surface waters driven by orbital variations in run off.
During the PETM warming soil and atmospheric moisture increased in the northern midlatitudes (Bowen et al., 2004), and there was enhanced continental weathering around
the Tethyan regions (Bolle and Adatte, 2001). Increased humidity, fluvial run-off and a
strengthening of the hydrological cycle was also seen in the Arctic Ocean (Sluijs et al.,
2006; Pagani et al., 2006a). If these responses to global warming at the PETM are
considered to be analogous to expected responses to warming during MECO then the
fluctuations in TOC may relate to orbital (precessional) driven changes in weathering
and fluvial input.
Similarly, higher temperatures may have slowed the rate of ocean circulation. The
combination of a slower circulation, high nutrient input and possible fresh water lid to
the Tethys could have led to ocean stratification and driven the low O2 conditions at
this site promoting organic carbon burial and preservation.

5.7

Mechanisms of global climate change

The organic carbon burial following the maximum negative carbon isotope excursion is
the first documented for MECO at any of the globally distributed sites. This may in
part be related to the very different geographic location occupied by Alano compared to
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the deep ocean sites reported by Bohaty et al. (2009) or the oxidation of organic carbon
in the deep ocean. The organic carbon burial recorded here allows us to briefly speculate
on the recovery and origin of this transient warming event.

5.7.1

The Initiation of MECO

On timescales of 105 – 106 the major control on global average temperature is pCO2 ,
while other greenhouse gases such as CH4 and water vapour operate on shorter timescales
or have shorter residence times in the atmosphere (Archer and Ganopolski , 2005). The
gradual negative δ 13 C excursion seen in the Alano and some other bulk records, and
similarly observed in the δ 18 O benthic foraminiferal records from the Southern Ocean
(Bohaty and Zachos, 2003), suggests that the environmental perturbation was gradual
and that in order to cause these gradual excursions, and possible warming, the driving
mechanism should itself be gradual, rather than rapid. A slow buildup of pCO2 over
106 years would be consistent with the records observed at Alano and rises in the CCD
seen in the deep ocean (Bohaty et al., 2009).
Compared to the PETM the MECO has a relatively long duration (500 kyrs compared
to 170 kyrs (Röhl et al., 2007)) and the gradual warming and rapid recovery are opposite
to the PETM in terms of duration of initiation and recovery. These facts suggest that
the source of this light carbon is unlikely to be CH4 release as for the PETM (Dickens
et al., 1995; Dickens, 2000; Thomas et al., 2002) or that orbital driven changes in ocean
ventilation played a prominent role in initiating the MECO warming. Furthermore if
CH4 (δ 13 C ∼ -60‰) was the source then a far larger negative δ 13 C would be expected
than the -1‰ recorded here. It has, however, been hypothesised that a blast of CH4
occurred at immediately prior to the maximum negative δ 13 C excursion for the Southern
Ocean (Bohaty and Zachos, 2003). Therefore in order to increase pCO2 over the 500kyr
duration of the MECO either (1) weathering of silicate rocks and consumption of pCO2
must decrease, (2) a source of buried carbon is slowly weathered, or (3) the rate of
pCO2 input from tectonics and volcanism must increase. To elucidate which of these
mechanisms has the primary role in the driving of the MECO event is beyond the scope
of the data presented in this paper and further work is required to fully understand this
transient warming event.

5.7.2

Recovery to the general cooling trend

The two main mechanisms for drawing down pCO2 are, (1) increased burial of organic
carbon and (2) increased weathering of silicate rocks. Both operate on significantly
different timescales (kyrs and Myrs respectively). Deep sea benthic δ 18 O records from
the Southern Ocean (Figure 5.9) (Bohaty and Zachos, 2003; Bohaty et al., 2009) show a
rapid recovery to pre-warming values on timescales of less than 100kyrs. The increased
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δ 13 C values both at Alano and from other records distributed globally (Figure 5.1)
suggest an increase in the rate of organic burial relative to total carbon burial, although
a number of assumptions have to be made for this interpretation of the δ 13 C record
(Kump and Arthur , 1999). The record at Alano bears close similarities to Cretaceous
records of ocean anoxic events (Schlanger and Jenkyns, 1976) where δ 13 C records a
geologically rapid shift to higher values, associated with large burial of organic carbon
and for OAE 2 a productivity driven cause of anoxia.
The initial increases in detrital material and decrease in δ 13 Corg recorded at Alano prior
to the acme of the negative δ 13 C excursion suggest that the nutrient driven increase in
productivity and subsequent increased utilization and storage began prior to this point,
but only had an effect when either the source of light carbon into the ocean-atmopshere
system was switched off, or the preservation of organic material became greater than
the light carbon input. The high TOC values at the Alano section suggest that burial
of organic carbon could provide a major sink for carbon after warming and rapidly
lower atmospheric pCO2 . Further evidence for organic carbon burial being a probable
pCO2 sink comes from deepening of the CCD over 104 yrs immediately following peak
warming (Bohaty et al., 2009) and increased mass accumulation rates of organic carbon
at ODP Site 1218 (Lyle and Lyle, 2006). Alternatively, weathering of terrestrial CaCO3
(Ridgwell and Hargreaves, 2007) has been suggested for the recovery of the CCD at
the ETM2 (Stap et al., 2009) and could potentially negate the need for organic carbon
burial.
The enhanced preservation and burial of organic carbon was driven by both a decrease in
bottom water oxygenation conditions and an increase in nutrient supply to surface waters
at Alano. Previous records of MECO come from deep-sea sites with little evidence of
increased carbon burial, although Site 1218 in the equatorial Pacific records an increase
in organic carbon accumulation rates (Lyle and Lyle, 2006; Lyle et al., 2008). However,
if burial was mainly restricted to marginal and continental shelf sites, as 90% of present
day organic burial is (Hedges and Keil , 1995), then as yet these records will not have been
discovered and further sections remain to be studied to confirm or reject this hypothesis.

5.7.3

Removal of carbon from the atmosphere

Average TOC values are give in table 5.4 and show an order of magnitude increase in
ORG1 and ORG2 compared to the pre-CIE and post event. Could this burial of organic
carbon be sufficient to cause the positive carbon isotope excursions seen following the
maximum negative δ 18 O and δ 13 C excursions? How much carbon could be removed
from the ocean-atmosphere system through accelerated organic carbon burial?
If we assume that TOC values both before the maximum negative δ 13 C excursion (A),
Figure 5.5, and post recovery (E) represent the average TOC burial during the Eocene,
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Table 5.4: Average TOC content for sections, A, B, C, D, E as referred to in main
text and Figure 3. Calculated mass accumulation rates assuming constant linear sedimentation rate and dry bulk density. As no measure of dry bulk density is available we
use a value of 1g/cc. We note that the ≥ 63 µm residue is lowest during the organic
rich units and therefore the expected dry bulk density here would be expected to be
higher.

Section
% TOC
MAR*

A(Pre-CIE)
0.17
0.003

B(ORG1)
1.83
0.033

C
0.23
0.004

D(ORG2)
1.5
0.027

E(Recovery)
0.15
0.002

it becomes clear that there was excess carbon burial during the MECO recovery period.
However, trying to extrapolate these numbers to determine total carbon burial is not
simple, even allowing the assumption that Alano represents global conditions on shelves
post peak MECO. Furthermore, present day attempts to estimate carbon fluxes to / from
the global ocean and coastal areas has proved difficult (Borges, 2005) and organic flux to
the sea floor is very dependent on local and regional conditions creating a heterogeneous
coastal ocean. It is possible though, to make some first order calculations to test the
possible organic carbon burial mechanism for the recovery from the MECO event. Today,
the coastal shelf area is some 26 x106 km2 (Walsh, 1991), which is estimated to be ∼ 50
- 75 % of the Eocene coastal shelf area (John et al., 2008), when sea-levels were up to
and above 100m higher than the present day (Miller et al., 2005). We consider that our
estimate of TOC averaged for intervals A+E (Figure 5.5) represent background organic
carbon sedimentation at this time and therefore the total extra organic carbon burial
during ORG1 can be calculated. We assume for this calculation that LSR remained
constant and we consider two possible end member dry bulk densities (0.5 and 1 g/cm3 )
to calculate mass accumulation rates. Extrapolated to the whole of the present coastal
area this would bury an additional 542 to 872 GT of carbon during ORG1 and 1160 to
1656 GT during ORG2. These values are similar to estimates of organic carbon burial
on continental settings during the PETM (John et al., 2008) and only slightly less than
estimates of carbon released at the PETM: 1500 – 2200 GT C (Dickens et al., 1997) and
4500 GT C (Zachos et al., 2005).
Using our estimate from the first order calculation we apply the increased organic carbon
burial over the period of ORG1 to the simple steady state carbon cycle system described
by Kump and Arthur (1999). After applying the increased burial to the system we estimate that for the volumes of organic carbon buried above a 0.57‰ positive isotope
excursion should be recorded in the global ocean. This was calculated using the estimated burial of 872 GT of organic carbon during ORG1 and an assumed average value
of δ 13 C of -29‰ from Kump and Arthur (1999). Compared to benthic records from the
Southern Ocean (Bohaty et al., 2009), this shift accounts for only about two–thirds of
the measured δ 13 C positive shift occurring in the first 50 – 100,000 years after the peak
of the event.
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Two possibilities arise from this observation. 1) That Alano is not a typical section, it is
deeper than true coastal sections and the amount of organic carbon buried may well have
been higher. Burndown of TOC in ORG 1 is likley to have occurred. Similarly, if Eocene
shelf areas estimates are used this will again increase the estimate by a factor of 1.5 – 2. 2)
That increases in CaCO3 mass accumulation rates as seen following the event (Bohaty
et al., 2009) and also hypothesised by Ridgwell and Zeebe (2005) at the PETM and
shown by Stap et al. (2009) for the Eocene thermal maximum 2 (ETM2) and H2 event
may explain the rest of the recovery. Previously, silicate weathering was the foremost
mechanism for the deepening of the lysocline during the recovery of the PETM (Dickens
et al., 1997; Ravizza et al., 2001; Kelly et al., 2005; Zachos et al., 2005). However, on
timescales less than 100 kyrs this mechanism is suggested to be relatively ineffective
(Ridgwell and Zeebe, 2005). On shorter timescales (≤ 20 kyrs) neutralization of the
increased pCO2 in the atmosphere is predicted to occur via weathering of carbonates
in soils and exposed surfaces thereby increasing the ocean [HCO−
3 ] and deepening the
lysocline (Archer et al., 1998; Ridgwell and Zeebe, 2005). The weathered [HCO−
3 ] would
have a more positive δ 13 C signal than the exogenic carbon reservoir at the time and
would therefore help drive a recovery in the depth of the lysocline and a positive shift
in the δ 13 C value.
We suggest that together, increased organic carbon burial during the recovery phase
and increases in the accumulation of CaCO3 in sections above the lysocline, as seen
in the records of John et al. (2008) for shallow New Jersey margin sections at the
PETM and increases in the mass accumulation rates seen at DSDP Site 523 in the S.
Atlantic (Bohaty et al., 2009), explain the rapid positive increase in the δ 13 C at MECO
immediately after the maximum negative δ 13 C excursion. Until further shallow coastal
sections for the MECO event are identified the organic carbon scenario remains one
hypothesis, which requires further study.

5.8

Conclusions

In this study middle Eocene warming is recorded in the northern hemisphere synchronously with previous records from the Southern Ocean (Bohaty and Zachos, 2003).
High organic carbon burial and local depleted O2 bottom water conditions may be a
local response to this warming or could potentially represent a well preserved global
signal. Organic carbon burial coincident with a positive δ 13 C excursion at Alano has
been stratigraphically correlated to the Southern Ocean. We suggest high burial rates
of organic carbon in marine shelf settings over kyr timescales that are consistent with
global cooling recorded at Southern Ocean sites and offer the most likely mechanism
for driving a pCO2 decrease following the event. Future modeling studies may help to
increase our understanding of this event.
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Future work

The geochemical studies from Alano described here are the first to establish low oxygen
conditions and organic carbon burial to be associated with the MECO. As we have hypothesised, the burial of organic carbon may have strongly influenced the global carbon
cycle and by extension climate at this time. Future studies would aim to look for other
possible organic burials associated with this event. Records from the Agulhas Ridge,
Southern Ocean (ODP Leg 177) record several carbon burial events between 39 Ma to
the Eocene – Oligocene boundary (Anderson and Delaney, 2005). Could MECO have
a similar record at this site, or in shelf sites? Deep water anoxia is associated with the
PETM, it would therefore be of interest to see if the same conditions occurred during
MECO and what drove the anoxia at these particular sites. Finally, the possible occurrence of ice prior to this event places some doubt on the magnitude of the warming
previously described for the MECO. Organic geochemical studies are ongoing at the
Alano site by other members of the collaboration, after we proved the thermal immaturity of the sediment, to decipher temperature signals at this site. If there was ice
then we should also see stratigraphic evidence for flooding at this point. Further work
to collate and date multiple middle Eocene section may allow an alternative sequence
stratigraphic approach to tackling this problem.

Chapter 6

Transient carbon isotope
perturbations from a Palaeocene Eocene section in NE Italy
During the early Cenozoic, a 10 Myr period of warming culminated at the Early Eocene
Climatic Optimum ∼ 50 – 52 Ma (Zachos et al., 2001). This period of warming is
characterised by a number of transient negative carbon isotope excursions (CIE) recorded
in the sedimentary record, termed A - L (figure 6.1) (Cramer et al., 2003; Lourens et al.,
2005; Nicolo et al., 2007; Sluijs et al., 2008a). These excursions are usually brief (∼ 104−5
kyrs), with anomalously high temperatures (Lourens et al., 2005; Sluijs et al., 2008a) and
deep-sea CaCO3 dissolution. Previously, they have been interpreted as hyperthermal or
hyperthermal-like events. The most prominent of these was the Palaeocene – Eocene
Thermal Maximum (PETM) (Kennett and Stott, 1991) ∼ 55.5 – 55.9 Ma (Lourens et al.,
2005; Westerhold et al., 2007). The PETM was characterised by ∼ 5 – 8◦ C warming
on land (Koch et al., 1995; Bowen et al., 2004; Sluijs et al., 2006; Bowen and Bowen,
2008) and in the surface ocean (Thomas et al., 2002; Zachos et al., 2003; Tripati and
Elderfield , 2004; Zachos et al., 2006; Sluijs et al., 2006), a ∼ 4 – 5◦ C warming in the
deep oceans (Kennett and Stott, 1991; Norris and Rohl , 1999; Zachos et al., 2001) and
widespread and severe dissolution of deep sea carbonates (Kennett and Stott, 1991; Koch
et al., 1992; Zachos et al., 2003, 2005; Zeebe, 2007; McCarren et al., 2008). Major global
biotic and environmental changes occurred, including a benthic foraminiferal extinction
event (BFEE) (Pak and Miller , 1992; Thomas and Shackleton, 1996; Thomas, 2003),
that coincided with low deep sea oxygenation, and perturbations to temperature and
pH (Thomas and Zachos, 2000). Planktonic records are marked with the appearance
and proliferation of excursion taxa such as the dinoflagellate Apectodinium (Crouch
et al., 2001, 2003; Sluijs et al., 2006, 2007b, 2008a). Of the other smaller negative δ 13 C
excursions, the ETM2 (Lourens et al., 2005; Stap et al., 2009) and the informally named
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“X” event or ETM3 (Röhl et al., 2005; Nicolo et al., 2007; Röhl et al., 2009) are perhaps
the best known.
The PETM has received much attention in the literature over the last decade (over
250 publications), in part due to its similarities with expected global warming from the
emission of greenhouse gases (Norris and Rohl , 1999; Pagani et al., 2006a; Zachos et al.,
2008). IPCC predictions of future global pCO2 concentrations are as high as 1030ppm
(Meehl et al., 2007), levels last seen in the Eocene (Pearson and Palmer , 2000; Yapp,
2004; Pagani et al., 2005; Lowenstein and Demicco, 2006), figure 2.5). Therefore, the
PETM offers a snapshot of the effects of rapid pCO2 rise in the atmosphere – ocean
system, albeit at a rate of change an order of magnitude slower than predicted for the
near future.
For the PETM and other hyperthermals, a large source of 13 C depleted carbon must have
been repeatedly injected into the ocean – atmosphere system from an external reservoir.
Dissociation of methane hydrates (Dickens et al., 1997; Dickens, 2000), extraterrestrial
impacts (Kent et al., 2003), oxidation of terrestrial organic carbon (Kurtz et al., 2003)
and exhalation from thermogenic methane from within the Earth (Svensen et al., 2004)
have all been suggested as potential mechanisms for the origin of the PETM. Individually
they can explain some or all of the observed features of the PETM including shoaling
of the lysocline, elevated pCO2 , higher temperatures and increased continental precipitation and therefore erosion. However, the documented occurrence of several negative
δ 13 C excursions (Cramer et al., 2003; Lourens et al., 2005) (possible hyperthermal type
events) may necessitate a repeatable mechanism potentially linked to orbitally controlled
changes in the Earths climate system, if indeed the PETM and other hyperthermals are
caused by the same mechanism.
The PETM was first described by Kennett and Stott (1991), who measured a rapid 2.5‰
drop in δ 13 C of planktic and benthic foraminifera in the Southern Ocean, which then
returned gradually to pre-event values. Since then, the PETM has been found globally
with records from the Arctic (Sluijs et al., 2006, 2008a), Atlantic (Norris and Rohl ,
1999; Zachos et al., 2005; Sluijs et al., 2007b; John et al., 2008), Pacific (Zachos et al.,
2003; Bralower et al., 1995) and Tethys Ocean (Schmitz et al., 1996; Bolle and Adatte,
2001; Luciani et al., 2007; Giusberti et al., 2007). DSDP, ODP and land based records
may also provide evidence of other CIEs. Cramer et al. (2003) correlated a number of
0.5 – 1‰ δ 13 C excursions from both pre – PETM and post – PETM core material from
ODP Sites 690 and 1051, and DSDP Sites 550 and 577, showing rapid excursions over
40 – 60 kyrs. Each of these events occurred at a maximum in Earth’s long – term orbital
eccentricity cycle (405 kyrs), which result in high amplitude variations in solar insolation
due to modulating by climatic precession. From this it was suggested that these transient
events are the expected result of non-linear forcing of the long term carbon cycle. Some
of the same hyperthermal events have also been documented at ODP Site 1262 on the
Walvis Ridge in the South Atlantic Ocean, in particular the H1 event, also known as
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Figure 6.1: Carbon isotope records for Sites 1051, 690, 550, and 577 (shown on right)
plotted against the relative orbital timescale constructed by Cramer et al. (2003), where
CIE is the PETM carbon isotope excursion. A stacked and smooth δ 13 C record (using
a gaussian filter with a 10% response at 1.67 cycles/myr) combining data from all four
sites; data from Site 550 below the CIE were not included, is shown on the left (in
black). The PETM is not shown as the size of the excursion disguised the other carbon
isotope perturbations so was not shown in the stack (Cramer et al., 2003). The far right
hand side shows the hyperthermal nomenclature referred and used within the main the
text. The figure was taken from Cramer et al. (2003).
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Leg 208 - Hole 1262-A - Core 13-H (122.00 mbsf)

Leg 208 - Hole 1262-A - Core 11-H (101.17 mbsf)

Leg 208 - Hole 1262-A - Core 11-H (100.22 mbsf)

Leg 208 - Hole 1262-A - Core 11-H (96.63 mbsf)

Leg 208 - Hole 1262-A - Core 11-H (97.50 mbsf)
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Figure 6.2: ODP core photos from Walvis Ridge (Leg 208, Hole 1262A) showing clay
horizons associated with the PETM and other hyperthermals, ETM2 (H1), H2, I1 and
I2. Individual clay horizons are ∼ 30, 8 – 9, 2 – 3, 12 and 2 – 3 cm thick respectively.
Core images from Zachos et al. (2004)

ETM2, and informally as ELMO (Lourens et al., 2005; Stap et al., 2009), and hereby
referred to as ETM2. At the Walvis Ridge, this event is expressed lithologically as a clay
rich layer (figure 6.2) similar to, but not as thick as, the one associated with the longer
PETM. Both of these events represent shoaling of the lysocline (Zachos et al., 2005;
Stap et al., 2009). The occurrence of other clay rich horizons (figure 6.2) suggests that
more of these hyperthermal events may be similarly expressed in the geological record.
The work presented in this chapter shows evidence of not only post PETM hyperthermals
but also one or more pre-PETM events occurring during magnetochrons C25n and C24r
from a mid-latitude site in the Venetian pre-Alps (figure 6.3) which share some similar
characteristics. Bulk carbonate δ 13 C correlates with previously documented events from
a number of global sites and these are shown alongside the record generated here.

6.1

Location

The Cicogna section (46.06◦ N, 12.24◦ E) is located along the Cicogna creek in the central
part of the Piave River Valley, 8 km south of Belluno in the Central Venetian pre–Alps
(figure 6.3). Continuously outcropping for ∼ 81 m, purple – reddish to greyish – greenish
marls comprise the Marna della Vena d’Oro Formation which is overlain by the Flysch di

Chapter 6 Transient δ 13 C perturbations from a Palaeocene – Eocene section

D
60

60
30

30

0

0

-30

-30

-60

-60

55.5 Ma Reconstruction
Figure 6.3: Location and palaeogeographical context of the Cicogna creek section. A)
Simplified geological scheme of the Southern Alps (adapted from Doglioni and Bosellini
(1987)). B) The main Late Cretaceous – Early Palaeogene elements of the Southern
Alps (adapted from Cati et al. (1989)). C) The Piave River Valley in the Belluno
Province with neighbouring sections (from the east) Ardo, Terche and Forada described
by Giusberti et al. (2007). Cicogna is the mostly easterly of the PETM sections in the
river valley. D) Palaeogeographic reconstruction at 55.5Ma showing location of the
Cicogna section. Reconstruction using www.odsn.de. Figure modified from Giusberti
et al. (2007).
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Belluno (figure 6.4). The bottom 20 m of the section consist of grey-green marl couplets,
followed by ∼ 9m of marls with no apparent cyclicity to the base of the clay marl unit
(CMU) at 28.6 m. The CMU lithologically represents the PETM within the Belluno
basin (Giusberti et al., 2007). After the 3m thick CMU, couplets return until 39.2 m,
then from 39.2 - 75 m red marls dominate, again with no apparent cyclicity expressed
lithologically. From 75 m siliclastic layers alternate before dominating and becoming
the Flysch di Belluno at 81 m. Bedding planes dip to the NW (315◦ N) by ∼ 45◦ . The
only evidence of fault movement is a 40 cm thick interval at the Palaeocene – Eocene
boundary.

6.2

Geological setting of the Cicogna creek section

The Belluno basin formed in the Jurassic as one of four basins, the Friuli Platform,
the Belluno Basin, the Trento Platform and the Lombardian Basin, (Bernoulli and
Jenkyns, 1974; Bernoulli et al., 1979; Winterer and Bosellini , 1981) between NNE-SSW
structural highs resulting from regional rifting, breaking up and subsequent collapse of
Triassic carbonate platforms. Deformation of the African margin (Adria promontory)
in the central Tethys seaway and subsequent uplift controlled sedimentation into this
area (Channell , 1992). Deposition evolved from continental margin carbonate shelves
in the Triassic (Channell , 1992), through to pelagic and hemipelagic settings from lower
to upper bathyal environments in the early Cretaceous (Channell et al., 1979; Channell ,
1992). Pelagic to hemipelagic lower Palaeogene sediments outcrop over a wide area
of the basin and are overlain by turbidite deposits of the Flysch di Belluno from the
Friuli Platform to the east and to the flanks of the Lessini Shelf in the west where
they gradually change into slope facies, mostly hemiplegic pelites (Zattin et al., 2006;
Stefani et al., 2007; Giusberti et al., 2007). The stratigraphic relationship of the Belluno
Basin sediments is shown in figure 6.4. The pelagic to hemipelagic sediments of the
upper Palaeocene to lower Eocene comprise well bedded, pink to red limestone to marly
limestones, referred to as the Scaglia Rossa. At Cicogna these sediments are then overlain
by siliclastic turbidites (Flysch di Belluno), which represent the fore-deep deposits of the
west-verging Dinaric thrusts (Doglioni and Bosellini , 1987).

6.3

Methods

A full description of the analytical methods used is provided in Chapter 3. Fresh samples
were obtained every 20 cm and split for magnetostratigraphy, biostratigraphy and for
stable isotope analysis. The PETM occurred at 28.6 m above the base of the section.
The beds dip at ∼ 10◦ , striking 350◦ . Approximately 480 samples were dried, powdered
and weighed for stable isotope analysis. These were run on a EUROPA Scientific GEO
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Figure 6.4: Stratigraphic relationships of the Cretaceous and Palaeogene strata of the
Belluno Basin. The Scaglia Rossa formation is up to 250m thick. The middle Eocene
Alano section (previous chapter) is located towards the East of the Belluno Basin (left
in the figure).Taken from Giusberti et al. (2007)

20 – 20 mass spectrometer in Southampton, with an analytical precision (1σ) of 0.028‰
for δ 13 C and 0.057‰ for δ 18 O. CaCO3 measurements were made using the calibrated
mass spectrometer technique described in chapter 3.

6.3.1

Biomagnetostratigraphy

The integrated bio and magnetstratigraphic work was carried out as part of a collaboration with scientists in Italy. Edoardo Dallanave and Professor Giovanni Muttoni carried
out the palaeomagnetic investigation and Dr Claudia Agnini undertook the nannofossil
stratigraphy. The following section describes the principal findings, as they are relevant
to the discussion that follows. Full details on the biomagnetostratigraphy of the Cicogna
section maybe found in Dallanave et al. (2009).
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Magnetostratigraphy

The Cicogna section records magnetochrons C25r through C23r, dating the section between ∼ 56.6 – 52.2 Ma using the timescale of Cande and Kent (1995). In the overall
sequence, nine biostratigraphically calibrated main magnetozones were identified and
were then compared to coeval data from the literature (figure 6.5) from classic sections
of similar Scaglia facies outcropping at Possagno in the Southern Alps (Agnini et al.,
2006) and in the Northern Apennines near Gubbio (Lowrie, 1982; Napoleone et al.,
1983; Monechi and Thierstein, 1985; Galeotti et al., 2000). An excellent magnetostratigraphic correlation, straddling similar nannofossil zonations, was observed between the
Cicogna section and the Possagno (Agnini et al., 2006), Contessa Highway and Bottaccione (Lowrie, 1982; Napoleone et al., 1983; Monechi and Thierstein, 1985; Galeotti
et al., 2000) and Zumaia sections (Dinares-Turell et al., 2002; Dinarès-Turell et al., 2003;
Dinares-Turell et al., 2007), as well as ODP Site 1262 (Westerhold et al., 2007). In the
Bottaccione section a hiatus due to faulting is present at the ∼ 380m level. All magnetostratigraphic sections can be correlated to the stacked profile of magnetic anomalies
C23 – C25 from the South Atlantic (Cande and Kent, 1992). Within this correlation
framework, frequently observed single sample normal polarity events are present at Cicogna in the ∼ 20 – 49m interval (see figure 4 of Dallanave et al. (2009)) and these
correlate to peak values of rock-magnetic parameters. They have no obvious counterparts in any of the coeval land sections shown in figure 6.5 nor can they be successfully
correlated to known tiny wiggles present between marine magnetic anomaly C25 and
C24 (Cande and Kent, 1992). The strong and robust correlation, provided by Edoardo
Dallanave, shown in figure 6.5, of the magnetostratigraphy provides high confidence that
the isotope stratigraphy presented in subsequent parts of this chapter is founded on a
strong stratigraphic basis.

6.3.1.2

Biostratigraphy

Calcareous nannofossil data indicate that the Cicogna section is stratigraphically complete, at least within nannofossil biostratigraphic resolution. The section spans a late
Palaeocene – early Eocene time interval encompassing NP7/NP8 – NP12 equivalent
to zones CP6 – CP10. The PETM boundary is placed at the base of the clay marl
unit (CMU) and virtually coincides with the last occurrences of the genus Rhomboaster
and the calcareous nannofossil excursion taxa define the base of zones CP8b and NP9b
(Bukry, 1973; Aubry et al., 2000). For full details see Dallanave et al. (2009).
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Figure 6.5: The magnetostratigraphy of the Cicogna section is correlated to coeval magnetostratigraphies from ODP Site 1262, Possagno, Venetian Southern Alps,
Italy(Agnini et al., 2006), Zumaia, Basque, Spain (Dinares-Turell et al., 2002; DinarèsTurell et al., 2003; Dinares-Turell et al., 2007), Contessa Highway and Bottaccione,
Central Appenines, Italy (Lowrie, 1982; Napoleone et al., 1983; Monechi and Thierstein, 1985; Galeotti et al., 2000), as well as to a composite stacked profile of Indian
Ocean marine magnetic anomalies from anomaly 27 to 22 (Cande and Kent, 1992).
Figure taken from Dallanave et al. (2009).

6.4

Age model

Published magneto-biostratigraphic results for the Cicogna section (Dallanave et al.,
2009) identify magnetochrons C25r through C23r. By applying ages from the geomagnetic polarity timescale (GPTS) of Cande and Kent (1995) this dates the section between
∼ 56.6 – ∼ 52.2 Ma, with an average sedimentation rate of ∼ 18m/Myr. Westerhold
et al. (2007, 2008) orbitally tune high resolution XRF and nondestructive core scanning
records from the Atlantic Ocean (ODP Leg 208, Walvis Ridge) and the Pacific Ocean

C24n.1n
C24n.1r
C24n.2n
C24n.2r
C24n.3n
C24r
C25n
C25r
ETM2*
PETM*

Chron

Duration (kyr)
299
94
44
102
444
2557
487
1163

CK95

55.0

Age (Ma)
52.364
52.663
52.757
52.801
52.904
53.347
55.904
56.391

Duration (kyr)
356
112
51
119
522
2857
515
1195
55.8

Age (Ma)
52.648
53.004
53.116
53.167
53.286
53.808
56.665
57.180

GPTS2004

Westerhold et al. 2007
Option 1
Option 2
Duration (kyr) Age (Ma) Duration (kyr) Age (Ma)
52.370
52.779
52.726
53.126
52.838
53.238
52.889
53.289
53.008
53.408
3120
53.53
3112
53.93
547
56.65
562
57.055
1354
57.197
1323
57.612
53.69
54.09
55.53
55.93

Table 6.1: Durations and absolute ages for magnetochrons C25n, C24r and C24n as recorded at the Cicogna section. Absolute ages for C24n for
Westerhold et al. (2007) are calculated from the duration of magnetochrons using Ogg and Smith (2004) and applying the the top of C24r from the
astronomically calibrated absolute age of Westerhold et al. (2007) option 2. Age given is top of magnetochron.(*onset of carbon isotope excursions)
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(ODP Leg 198, Shatsky Rise), to determine an astronomically calibrated Palaeocene
time scale. Although the authors state that they cannot provide absolute ages, greatly
improved estimates of magnetochron durations are established for the (GPTS) based in
the astronomical time scales from ODP Leg 208. The new durations for magnetochrons
C25n and C24r are significantly longer (see table 6.1) than the estimates from Cande
and Kent (1995) and in closer agreement with the GPTS of Gradstein et al. (2004); Ogg
and Smith (2004).
In this chapter, the Cicogna section is correlated to other global records, in particular
those from Walvis Ridge (Leg 208) and Shatsky Rise (Leg 198). Therefore, these longer
durations and the absolute ages from option 2 of Westerhold et al. (2007, 2008) are
adopted for the C25 and C24r magnetochrons. Option 2 is used, as Westerhold et al.
(2008) state this as their preferred option, given radiometric ages tend to shift towards
older ages due to recalibration on standards (Kuiper et al., 2008). Unfortunately, no
estimates are available for magnetochron C24n from Westerhold et al. (2007, 2008),
therefore we use the estimates of magnetochron durations from Ogg and Smith (2004)
and apply these durations to the ages from Westerhold et al. (2007) to create the age
model (figure 6.6). The same procedure as described above was employed by Sluijs et al.
(2008a), and this gives the most robust age model possible at the present time. As a
result of these choices the age model presented here for Cicogna estimates the section
to fall between ∼ 57.9 – ∼ 52.6 Ma, ∼ 800 kyrs longer than the age model presented in
Dallanave et al. (2009), with an average sedimentation rate of 15.1 m/Myr. We note,
however, that the actual age of the PETM is not as yet defined astronomically and as
such, the absolute ages given here are likely to be refined as future work refines the
Palaeogene timescale.

6.5
6.5.1

Results and discussion
Cicogna Creek section

The most significant feature of the studied interval at the Cicogna section is a clay marl
unit (CMU) ∼ 3 m thick. The CMU represents the lithological expression of the PETM,
particularly in Tethyan marginal marine sites. Bulk inorganic carbonate δ 13 C data
(figure 6.7) show a rapid negative excursion of ∼ 2.5‰ from 28 m to 28.95 m with the
main excursion occurring in the uppermost 35 cm. The excursion appears to be stepped
in the bulk δ 13 C data (figure 6.8), similar to observations made at Maud Rise, Blake
Nose (Bains et al., 1999) and Walvis Ridge (Zachos et al., 2005). The main body of the
δ 13 C excursion is consistent with the CMU and δ 13 C exponentially recovers coincident
with the return of the marl couplets. Post-event δ 13 C values are ∼ 0.5‰ lighter than
pre-event values. The ∼ 2.5‰ excursion is consistent with other δ 13 C excursions in the
marine realm (Zachos et al., 2005), but is of smaller magnitude than the bulk δ 13 C record
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Figure 6.6: Age model construction based on linear sedimentation rates between
magnetochron boundaries. These ages come from Westerhold et al. (2007, 2008) age
option 2. The change in sedimentation rates is shown in the right of the figure. The
inset in the main body of the figure shows an enlarged version of the magnetochron
C24n age versus depth section.

found off the New Jersey continental margin (John et al., 2008). Analysis of calcareous
nannofossil assemblages (C. Agnini, pers. Comm. 2009) suggests some re-working of
Cretaceous material which record a more positive δ 13 C value and therefore would act
to dampen the magnitude of the δ 13 C excursion at Cicogna. This is consistent with
the nearby Forada section where up to 20% of the material has been reworked within
the CMU (Giusberti et al., 2007). The lighter post-event δ 13 C record is also consistent
with the global signature. The δ 18 O shows the same general shape as the δ 13 C isotope
record (figure 6.7). A negative 2‰ δ 18 O excursion is consistent with significant warming,
although it is recognised that interpreting bulk δ 18 O signals can be hazardous as they
are heavily dependent on variations in lithology and the nannofossil assemblage, as
well as diagenetic overprint. For the Cicogna section this is particularly relevant, as
immediately above and below the CMU, marl couplets dominate and these are seen to
strongly modify the δ 18 O signal after the CMU (figure 6.7). The base of the PETM
event is marked by a strong dissolution or dilution interval (figure 6.8), with CaCO3
content decreasing to less than 10%, from an average around 50%. This is consistent
with dissolution records from the South Atlantic and Pacific Oceans (Thomas et al.,
1999; Zachos et al., 2003; Colosimo et al., 2005) and observations from the neighbouring
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Forada section (Giusberti et al., 2007).
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Figure 6.7: Bulk carbon and oxygen isotopes and percentage CaCO3 record for the
Cicogna section. Negative δ 13 C excursions as described by Cramer et al. (2003) are
marked to the right of the figure.

Bulk carbonate δ 13 C records from Cicogna also record several other significant (greater
than 0.5‰) negative excursions. The largest of these anomalies has an amplitude around
half that of the PETM (∼ 1.2‰) and occurs in magnetochron C25n (the B1 event of
Cramer et al. (2003); figure 6.7) coupled with a ∼ 20% decrease in CaCO3 content.
The next largest anomaly (∼ 1‰), occurs after the PETM and unlike the other δ 13 C
anomalies is also marked by a lithological change to a green / red marl clay couplet
(figure 6.9). This event is dated (using palaeomagnetism) at ∼ 54.2 Ma and is interpreted
to represent the ETM2 event as recorded elsewhere (Cramer et al., 2003; Lourens et al.,
2005; Nicolo et al., 2007; Stap et al., 2009). Other negative δ 13 C excursions (figure 6.7)
are found in the Cicogna record. These are interpreted to represent the B2, C1, C2, D1,
D2, H2, I1 events identified in ODP Sites 690 and 1051 in the paper by Cramer et al.
(2003). However, the Cicogna record does not appear to record either the I2 or

X
J
I2
I1
H2
H1
CIE
D2
D1
C2
C1
B2
B1

Event

Cicogna
Creek(m)
72.5
63.6?
61.1
55.9
53.8
28.65
22?
19.8
14.2
12.8
9.33
7.4

Dee
Stream(m)
70.04
67.70
63.87
62.19
26.00
-

Mean
Stream(m)
196.5
193.40
185.84
181.63
157.60
-

550
rmbsfa
341.56
349.17
353.97
356.71
361.30
362.74
409.79
411.64
413.46
417.07
419.24
-

Depth
577
rmbsfa
77.70
78.42
78.68
79.32
79.95
83.75
84.65
84.82
86.17
86.62
690
rmbsfa
134.90
170.63
174.56
176.78
82.32
185.51
189.33
192.33

1051A
rmbsfa
429.64
440.73
443.55
450.78
453.02
511.37
514.93
517.33
522.32
523.69
526.91
528.16

1209
rmcdb
99.50
?
condensed
condensed
221.382
222.222
224.02
224.68

1258
rmcdc
99.6
107.30
114.00
116.85
126.12
127.54
-

1262
mcdc
?
112.75
113.65
116.45
117.45
140.00
145.94
147.13
150.60
151.85
155.59
157.10

Eccentricity
cycle
number
32
28
25
24
20
19
0
-5
-6
-9
-10
-13
-14

Table 6.2: Depths of individual hyperthermal like events identified within the Cicogna record (figure 6.7) and correlated to global records. Short
eccentricity cycles number from (Westerhold et al., 2007; Westerhold and Röhl , 2009)
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J events as identified by Cramer et al. (2003) in the δ 13 C record. The latter ‘J’ event,
however, may be tentatively picked out in the δ 18 O and CaCO3 records (figure 6.7).
Additionally, the informally named ‘X’ or ETM3 event (Röhl et al., 2005, 2009) is
identified at the top of the section. Each of these additional δ 13 C perturbations have
amplitudes of 0.4 – 0.8 ‰ and can be identified in the CaCO3 record, δ 18 O and in the
MS record of Dallanave et al. (2009) of this section (figure 6.7, table 6.2). In each of the
paired events using the Cramer et al. (2003) nomenclature (e.g. B1, B2, and H1, H2)
the second event (e.g. H2) shows a smaller δ 13 C negative excursion compared to the
first. Biostratigraphic data (Dallanave et al., 2009) also exhibit high relative abundances
of the calcareous nannoplankton species Tribrachiatus orthostylus coincident with each
δ 13 C excursion after the PETM. Pre–PETM excursions are not as clearly defined in the
biostratigraphic data, nor were they deposited as marl rich layers within the lithology.
For the Cicogna section, if we correctly infer the palaeodepths from the nearby Forada
section, then at around 1000m we would likely be above any changes in the CCD.
Therefore, the decreases in CaCO3 in the sediment are likely to reflect either a dilution
mechanism occurring at this time, e.g. enhanced run-off, or changes in the bottom water
/ sediment-water chemistry leading to CaCO3 dissolution due to increased organic flux,
or a combination of the two. These results are corroborated by increases in magnetic
susceptibility and high IRM1.0/0.1T values (Dallanave et al., 2009). The latter represents
high relative amounts of haematite – magnetite in the sediment. These variations are
interpreted to be primary in origin, rather than secondary diagenetic effects (Dallanave
et al., 2009). Warm and humid conditions during the Early Eocene Climatic Optimum
(EECO) would have promoted the formation of oxidised mineral phases (Singer et al.,
1996; Barron and Torrent, 2002; Wilson, 2004), which would then accumulated at times
of enhanced continental run off.

6.5.2

Duration of δ 13 C excursions – Dissolution or Dilution?

Based on the linear sedimentation rates derived from our magnetostratigraphic age
model, the entire duration of the PETM at Cicogna is on the order of ∼ 280 – 290
kyrs. This is ∼ 120 kyrs longer than estimates for the duration from precessional cycle
counting carried out on records from the Walvis Ridge and Maud Rise (Röhl et al., 2007).
These new estimates place the total duration at ∼ 170 kyrs, split into 5 precession cycles
over the lower interval (dissolution phase and lower recovery interval), and 3.5 cycles
during the upper recovery interval. Alternative age models based on 3 He measurements
from Maud Rise (ODP Site 690) make an even smaller estimate for duration of just 120
kyrs (Farley and Eltgroth, 2003). Based on these age estimates, the linear sedimentation age model at Cicogna over-estimates the duration and instead sedimentation rates
must have been higher during this interval, despite lower CaCO3 concentrations in the
sediment (figure 6.7).
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Figure 6.8: δ 13 C, CaCO3 and magnetic susceptibility records over the PETM interval
from the Cicogna section. Two possible interpretations of precessional cycle counting
are shown for calculating the duration of the PETM.

Many studies in the last decade have suggested that the hydrological cycle intensified
during the PETM because of greenhouse gas warming (Dickens, 2000; Huber and Sloan,
2000; Bice and Marotzke, 2002; Zachos et al., 2003; Dickens, 2003; Bowen et al., 2004;
Pagani et al., 2006c) which had a resultant net positive effect on the weathering rates
on land. During the PETM Gibson et al. (1993); Robert and Kennett (1994); Knox
(1998); Bolle and Adatte (2001); Schmitz et al. (2001); Ravizza et al. (2001); Crouch
et al. (2003), all report increases in continental silicate weathering. In marine sediments
the fractional content of kaolinite, an indicator of warm, humid climates and chemical
weathering, increased (Robert and Kennett, 1994; Knox , 1998; Bolle and Adatte, 2001;
Thiry, 2000; Schmitz et al., 2001; Kelly et al., 2005). Geochemical studies of weathering rates using Osmium isotopes (Ravizza et al., 2001) suggest increases in continental
weathering on the order of ∼ 20 – 30%. At the neighbouring Forada section in the
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Figure 6.9: Photograph of the lithological expression of the ETM2 event at Cicogna.
A low carbonate poorly indurated green / red marl couplet marks the position within
the Cicogna Creek. δ 13 C, CaCO3 and magnetic susceptibility data are overlain showing
prominent geochemical changes associated with this event.

Belluno Basin, Giusberti et al. (2007) record an increased abundance of radiolarians, reworked calcareous nannofossils, hematite, and quartz, while other Tethyan sections also
record increased sedimentation rates e.g. Schmitz et al. (2001); Schmitz and Pujalte
(2003).
In figure 6.8 we plot our δ 13 C, CaCO3 and magnetic susceptibility data (Dallanave et al.,
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2009) against depth and tentatively pick out precession cycles during the main body of
the event. The cycles are interpreted as precession based on the assumed similarity in
the duration of the PETM elsewhere (Röhl et al., 2007) and that the cycles are related
to orbital forcing. From the peak of the event onward, four precession cycles can be
defined (figure 6.8), although it may be possible to place an additional cycle at ∼ 30
m, making the CMU 5 cycles long. The exponential recovery then clearly follows the
marl couplets, in particular the CaCO3 record, which lasts for ∼ 3 – 4 cycles. Recovery
to pre-event values occurs around 32.5 m. Both interpretations suggest a duration for
the Cicogna section of the order of ∼ 160 – 180 kyrs (8 or 9 precession cycles see figure
6.8) from 280 kyrs, assuming that the recovery interval is similar in duration to other
records. The number of identified cycles (8 or 9) also suggests that if the cycles represent
orbital cycles that they are precession as obliquity cycles would correspond to a PETM
duration of 320 to 360 kyrs, twice the estimated duration elsewhere (Röhl et al., 2007).
The duration for the PETM, based on precession cycle counting, implies that the sedimentation rate increased by a factor of about 1.75 (to ∼ 25 m/Myr). The increased rate
is interpreted to show that although there may have been dissolution of CaCO3 at this
site, there would also have been dilution of the CaCO3 signal by increased terrestrial
input, consistent with the suggested increase in the hydrological cycle and terrestrial
run-off from analysis of the magnetic minerals present in the Cicogna sediments (Dallanave et al., 2010). Commonly dissolution is considered to be due to changes in the
depth of the lysocline. The estimated palaeo water depth at Cicogna is only 1000m,
based on comparison to the neighbouring Forada section (Giusberti et al., 2007). Therefore, it is unlikely that dissolution was caused by changes in the position of the lysocline.
However, alternative mechanisms such as changes in the bottom water environment to
more corrosive conditions associated with increased organic matter remineralisation may
also have occurred.
Like the PETM, the Eocene hyperthermal events are associated with large perturbations of the oceanic CCD. At the PETM and ETM2, this led to widespread dissolution
of ocean sediments (Zachos et al., 2005; McCarren et al., 2008; Stap et al., 2009). In the
open ocean, the clay horizons (figure 6.2) mark a combination of increased dissolution
and decreases in sedimentation rates (Westerhold et al., 2007; Röhl et al., 2007). In
continental marginal marine settings, however, PETM sections are expanded and elevated sedimentation rates (Schmitz et al., 2001; Nicolo et al., 2007; John et al., 2008)
are common, as is the case for the PETM at the Cicogna section. The ETM2 interval
(figure 6.7) is ∼ 70 kyrs long based on the magnetostratigraphic age model (section
5.4). If we tentatively assign the couplets seen in the lithology to precessional cycles
(figure 6.9), then this suggests a small increase in sedimentation rate at this time and
a duration of ∼ 40 – 60 kyrs. High resolution bulk carbonate δ 13 C records through the
ETM2 at Walvis Ridge (Stap et al., 2009) show durations of up to 100 kyrs, based on
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counting 3 – 5 precessional cycles, although there is still one eccentricity cycle between
ETM2 and the H2 event.

6.5.3

Correlation of the Cicogna section with global sites

Although the magnetostratigraphic correlation (figure 6.5) placed a high confidence in
the relative dating of this section by Dallanave et al. (2009), there is one significant
problem with correlating events surrounding the PETM CIE. This problem is caused by
the long duration of magnetochron C24r, which is the second longest in the Cenozoic
(Cande and Kent, 1995). This makes the positioning of events largely dependent on
the assumed synchroneity of biostratigraphic events, and their identification across large
latitudinal ranges. Cramer et al. (2003) avoided these and sediment deposition problems
by using a signal (δ 13 C) that acts as a real-time low pass filter of the signal being
recorded. δ 13 C acts as a low pass filter due to the long residence time of carbon in
the earth climate system (the ocean – atmosphere – biosphere) (Broecker and Peng,
1982). Carbon, which has a residence time of ∼ 105 years, will record gradual changes
as any rapid fluctuation is dampened by the carbon already present in the system and
therefore will act to reduce the amplitude and increase the duration of any change. In
Cramer et al. (2003) they use this principle to investigate the eccentricity component of
the δ 13 C signal and for chronostratigraphic correlation. As a result, they assigned an
astronomical age (relative to the PETM) to δ 13 C excursions spanning magnetochrons
C25n to C23r (figure 6.1), the same period as recorded in the Cicogna section.
Worldwide a number of different DSDP, ODP and IODP sites have recovered some
or nearly all the material of equivalent age to the record generated here (figure 6.10).
In this section we use two approaches for correlating the Cicogna section with other
records. Firstly, we use isotope stratigraphy to compare the Cicogna record directly
to the bulk carbonate high resolution δ 13 C record (figure 6.11) from ODP Site 1262
(Zachos et al., 2010). Secondly, we expand the correlation to include a total of 7 other
sites (figures 6.12, 6.13 and 6.14) using a number of different records including δ 13 C, Fe
concentration in the sediment, magnetic susceptibility and sediment colour (a*). The
aim of this is to confirm the conclusions drawn from the comparison with ODP Site 1262
and to explore the spatial coverage of the hyperthermal events.
When correlating between records we are making a number of assumptions, these include:
1. That all the δ 13 C events are synchronous, or at least synchronous on orbital
timescales
2. That increased Fe counts, higher magnetic susceptibility values and higher a*
colour reflectance values represent intervals of lower CaCO3 content and correlate
with the negative δ 13 C excursions
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Figure 6.10: Location of global sites used for the correlation of δ 13 C signal from
Cicogna Creek section. Sites as labelled; 1) Cicogna Creek, 2) DSDP Site 550, 3) ODP
Site 1051, 4) IODP Site 1258, 5) IODP Site 1262, 6) ODP Site 690, 7) IODP Site 1209,
8) DSDP Site 577, 9) Dee / Mead Stream

3. That each record is continuous and in not interrupted by intervals of missing
sediment
In figure 6.11 the Cicogna δ 13 C record is directly compared with the δ 13 C record from
ODP Site 1262. This record was chosen as it has been suggested as a possible standard
reference section for the Late Palaeocene - Early Eocene based on the astronomical
constraints on sedimentation rates and the lack of evidence for stratigraphic breaks
within the section and as such is thought to be suitable for correlation with other records
using isotope stratigraphy (Zachos et al., 2010). Unlike the other sites discussed below,
ODP Site 1262 provides a continuous δ 13 C records allowing the like to like correlation
with the Cicogna section. For this correlation the previous biomagnetostratigraphic
correlation (figure 6.5), Dallanave et al. (2009)) was used to help constrain the position
of the hypthermals. The only exceptions are the smaller δ 13 C events labelled F and G in
the ODP Site 1262 record which could not be indentified with confidence in the Cicogna
record (figure 6.11. Based on the combined biomagnetostratigraphic constraints and
correlation of the isotope stratigraphy we feel confident that the hyperthermal events
identified in figure 6.7 are present.
The Cicogna record has also been correlated with 7 other sites to further confirm the
correlation shown in figure 6.11. The primary consideration for the choices of DSDP
Sites 550 and 577, and ODP Sites 690 and 1051 was the availability of temporally
long δ 13 C records (Cramer et al., 2003) over the early Eocene hyperthermals which
have been augmented with records from New Zealand (Dee Stream and Mead Stream)
(Nicolo et al., 2007). This collection of sites also provides good geographical coverage,
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Figure 6.11: Comparison of the Cicogna and ODP Site 1262 δ 13 C records over the
Late Palaeocene to Early Eocene. δ 13 C events (B-J) are correlated between in records
and were in part constrained by the previous biomagnetostratigraphic correlation of
these sites. The events labelled F and G cannot be identified in the Cicogna δ 13 C
record. However, the ’F’ event may be present at ∼ 41 m coincident with the negative
δ 18 O shift and also an increase in the magnetic susceptibility (figure 4, Dallanave et al.
(2010)). Data for the ODP Site 1262 record from Zachos et al. (2010).

with Pacific (DSDP Site 577), Southern Ocean (ODP Site 690) and Atlantic Ocean
(DSDP Site 550 and ODP Site 1051) localities represented. Records are also added
from the North Atlantic (ODP Site 1058) and Pacific (ODP Leg 198, Shatsky Rise).
These latter 2 sites, along with ODP Site 1262, were chosen as astronomical age models
have been developed for each site (Westerhold et al., 2007, 2008; Westerhold and Röhl ,
2009) allowing the relative position of any δ 13 C excursions to be considered in terms
of maxima in the eccentricity orbital solution, which have been observed for the ETM2
events (Stap et al., 2009).
Palaeomagnetic boundaries and nannofossil zonations are used for correlation where
available. Nannofossil marker species are taken from Berggren and Aubry (1996); Aubry
et al. (1996) for Site 550, Aubry (1998) for 577, Berggren and Aubry (1996); Aubry et al.
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(1996) for Site 690, and from Cramer et al. (2003) for ODP Site 1051. Magnetostratigraphies come from Ali and Hailwood (1998); Bleil (1985); Ali et al. (2000) and Cramer
et al. (2003) for Sites 550, 577, 690 and 1051, respectively. For ODP Site 1262 we
use magnetostratigraphy from Westerhold et al. (2007) and biostratigraphy from Agnini
et al. (2007b). Data for ODP Site 1209 are from Westerhold et al. (2008) and references
therein. For Site 1258 we use palaeomagnetic data from Westerhold and Röhl (2009)
and their interpreted biostratigraphy based on new reliable nannofossil datums from
Agnini et al. (2006, 2007b).
Of all these sites only the magnetostratigraphy of Site 690 is considered questionable
(Westerhold and Röhl , 2009), probably due to a series of unconformities above the transient H1 event (ETM2) as indicated by the tight succession of NP10/NP11, NP11/NP12,
NP12/NP14 zonal boundaries (Berggren and Aubry, 1996; Aubry et al., 1996; Ali et al.,
2000).
In order to correlate magnetic susceptibility, sediment colour (L*,a*,b*) and Fe XRF
data to the δ 13 C records we assume that high magnetic susceptibility (MagSus), high
Fe, and darker sediment correspond to intervals of lower CaCO3 content. Figure 6.2
shows the sedimentological response at IODP site 1262 to the post PETM climatic perturbations which are defined by the δ 13 C isotope excursions in figure 6.11. The darker
intervals have lower CaCO3 and increased clay content (increased Fe and magnetic particles) confirming the assumption above. Higher values of Fe and magnetic susceptibility
have also been shown to correlate with the negative excursions for the PETM and ETM2
horizons (Westerhold et al., 2007; Zachos et al., 2010).
For events prior to the PETM we use ODP Site 1051 as it has been the subject of
both δ 13 C (Cramer et al., 2003) and XRF studies (Röhl et al., 2003). This allows the
direct comparison of δ 13 C with XRF Fe counts (and by extension magnetic susceptibility
and sediment colour) at this site (Table 6.3). Comparison of the δ 13 C record with
Fe, magnetic susceptibiliy and L*,a*,b* confirms the relationship described above and
suggests that assumption 2 is correct. As ODP Site 1051 was also used by Westerhold
et al. (2007) for calculating the timing of the PETM CIE, it was then possible to correlate
the records between ODP Site 1051 and ODP Sites 1262 and 1209 (Table 6.4) by using
the position of precession and eccentricity cycles identified in each record. In order to
correlate ODP Site 1051 to ODP Sites 1209 and 1262 the δ 13 C record for ODP Site 1051
was matched to the new metres composite depth scale created for the site by Röhl et al.
(2003) using high resolution (2 cm) XRF Fe counts (Table 6.3). This gave the position
of the B1 through C2 negative δ 13 C excursions.
Westerhold et al. (2007, 2008) calculated the length of magnetochrons C24r and C25n by
counting the number of precession cycles identified in the high resolution XRF record.
Assuming that the precession cycle counting technique employed by Westerhold et al.
(2007, 2008) is correct, and no cycles have been misidentified - which would lead to
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Figure 6.13: Correlation of δ 13 C cycle pertubations at Cicogna with global records
as marked. Biomagnetostratigraphy as shown.

errors of ∼ 20 kyrs, the relative position of the δ 13 C events at ODP Site 1051 could be
transferred to ODP Sites 1268 and 1262 based on the number of cycles counted away from
the PETM carbon isotope excursion. The direct matching of precessional cycle numbers
for 1262 and the short term eccentricity cycle for 1209 with ODP Site 1051 enabled the
confirmation of the visual interpretation of the negative excursion positions (figure 6.12)
across the 3 different data sets (δ 13 C, Fe (XRF) and magnetic susceptibility). The
positions of excursions D1 and D2 were then placed using the apparent 400 kyr offset
between cycles for ODP Site 1051 and the correlation between 1209 and 1262 provided
by Westerhold et al. (2007) (Table 6.4). For the pre–PETM events within the presented
data sets and those in Westerhold et al. (2007, 2008), each of these events (B1, B2, C1,

Chapter 6 Transient δ 13 C perturbations from a Palaeocene – Eocene section

Cicogna Creek
δ13C (‰) vPDB

1.0

I2

0.5

ODP Site 1268 B
Log Fe (cps)

H2

H1

0.0
-0.5

Height (m) 65
Pmag
Nanno
3.0

60

C24n.3n
NP12

NP11

55
C24r

50
NP10

3.2
3.4
3.6
3.8

ODP Site 1262 A
MS (i.u)

rmcd 4.0110
Pmag
Nanno
0
10
20
30
40
50
60
70
112
rmcd
Pmag
Nanno
2
Cicogna Creek
MS (i.u)

I1

133

115
C24n.3n

113

120

114

115

125

116

117

C24n.3n

130

C24r

C24r

118

119

4
6
8
10

12
Height (m) 65
Pmag
Nanno

C24n.3n
NP12

60
NP11

55
C24r

50
NP10

Figure 6.14: Correlation of δ 13 C cycle pertubations at Cicogna with global records
as marked. Biomagnetostratigraphy as shown.

Table 6.3: Correlation between δ 13 C data from ODP Site 1051 Holes A and B
(Cramer et al., 2003) and Fe XRF counts from 1051 Holes A and B from Röhl et al.
(2003). The eccentricity age/cycle is given relative to the PETM. Note no correlation
is possible over D1 and D2 as data are not assigned new depths from Röhl et al. (2003).

Event
B1
B2
C1
C2
D1
D2

Position
rmbsf
528.16
526.91
523.33
521.89

Eccentricity
Age(Ma)
-1.14
-1.04
-0.76
-0.66

Sample
new position
ID
mcd
1051A-57X-3-66cm
526.20
1051A-57X-2-91cm
524.98
1051B-61X-5-43cm
521.60
1051B-60X-4-49cm
520.18
Coring disturbance
Coring disturbance

Eccentricty
cycle
-14
-13
-10
-9
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C2, D1, D2) is associated with increased Fe counts, higher magnetic susceptibility values
and higher a* colour reflectance values (figure 6.12).
For the post PETM correlations we use the high resolution bulk δ 13 C record (Stap et al.,
2009) at ODP Site 1262 to place ETM2 and H2. Similarly, we use the identification of
ETM2 and ETM3 at ODP Site 1268 (Westerhold and Röhl , 2009) to place these events.
The placement of the coupled I1 and I2 events is based on their characteristics derived
from magnetic susceptibility and colour records from sites with δ 13 C records and then
extrapolated to ODP Sites 1268 and 1262 where no δ 13 C records are available. The
position of the onset of each event is given in Table 6.2. Correlation with DSDP Sites
550, 577 and 690 is based on the isotope stratigraphy as previously described. The
ETM2 event at both Cicogna and in the Fe record from ODP Site 1258 (figure 6.14)
appears to show a double spike in minimum δ 13 C and Fe count values. This is similar
to the earlier Danian C-2 hyperthermal (Quillevere et al., 2008). One feature that does
not appear within the Cicogna record, at least within δ 13 C, is the I2 event of Cramer
et al. (2003). Sample resolution may be too low to adequately capture this event, or
samples may have been affected by diagenesis.
The correlation of Cicogna section with the other records (figures 6.11, 6.12, 6.13 and 6.14)
allows an alternative approach for constructing an age model for the Cicogna section
using the position of the negative bulk inorganic carbonate δ 13 C excursions. Using the
orbitally tuned records from ODP Sites 1258 and 1262 (Westerhold et al., 2007, 2008)
an estimate of the geochronological position of each event can be made (Table 6.2). This
allowed an estimate of the timing of the onset of each excursion and sedimentation rates
were then calculated on the basis of this (figure 6.15). The PETM is assumed to be 160
kyrs long, using the duration of (Röhl et al., 2007). The new calculated sedimentation
rates are highly variable, varying between 12 m/Myr up to 25 m/Myr. As expected for
a marginal marine section, elevated rates appear to coincide with the δ 13 C excursions.
This gives an approximate duration of 50 - 60 kyrs for each event, and where possible
this has been confirmed by counting of marl couplets.

6.5.4

Discussion – Global Correlation

The global correlation of the hyperthermals is relatively robust. Similar magntitude
excursions are recorded in δ 13 C in bulk samples from Dee Stream (Nicolo et al., 2007)
and DSDP Sites 550 and 570, as well as ODP Sites 1051A and 1262 (Cramer et al.,
2003; Zachos et al., 2010). These records (figures 6.11, 6.12, 6.13, 6.14) confirm our
interpretation of the δ 13 C anomalies and provide clear evidence that the PETM event
is not wholly unique. They also suggest that the late Palaeocene – early Eocene period
was affected by dynamic changes in the global carbon cycle and that these events were
evident in the Tethys Ocean. Nor were these events limited to the marine realm, as soil
nodule carbonate δ 13 C records from the Bighorn Basin, USA (Koch et al., 2003) show
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a negative excursion immediately below the C24r/C24n.3n boundary, which is likely to
represent ETM2. Except for the PETM, all of these events (figures 6.11, 6.12, 6.13,
6.14) appear to show several common characteristics: 1) they are quasi-symmetrical with
relatively rapid onsets and recoveries; 2) They have similar amplitudes in the range 0.5 –
1.2‰; and 3) They all appear to be linked to short-term eccentricity maxima. The major
events, B1/B2, occurring in C25n, PETM, ETM2 and ETM3, have all been tentatively
correlated with global eustatic sea-level rises (Sluijs and Brinkhuis, 2008). Studies on
eustacy within the Palaeocene have identified a maximum flooding surface (MFS) at ∼
57.2 – 56.5 Ma in chron C25n of Bass River, New Jersey (Sluijs et al., 2008b) which is
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Table 6.4: Correlation points for δ 13 C excursions identified in the Cicogna section and
applied to ODP Site 1051 via the correlation method described and then correlated to
ODP Sites 1209 and 1262 using the precessional cycle position or short eccentricity
cycle position from Westerhold et al. (2008). Data from Westerhold et al. (2008). a*
Data from (Westerhold et al., 2007), to correct to depths for Röhl et al. (2003) ∼ 2
meters shallower. b* No precessional cycle number available therefore used eccentricity
cycle number.

Event
Cramer et al.
(2003)
B1
B2
C1
C2
D1
D2

Prec cycle
-67
-63
-49
-44
95b
96b

ODP Site
1051
1262
1209
Depth Depth Ecc cycle Depth
528.38a 157.09
87
224.68
527.36a 155.96
88
224.02
a
524.14
152.26
91
222.22
522.78a 150.82
92
221.38
a
518.32
147.13
condensed
517.04a 145.94
condensed

Age
Ma
57.332
57.224
56.924
56.824
56.540
56.436

considered to be the highstand system tract across the region known as pa-2 (Liu et al.,
1997). This sequence may also correspond to sequences in the North Sea (Mudge and
Bujak , 1996), Turgay Strait (references in Sluijs et al. (2008b)), the Faeroe-Shetlands
(Sorensen, 2003) and in Spain (Dinares-Turell et al., 2007) and is likely to represent a
global eustatic sea-level rise. Similar sea-level rises, of the order or 10 m or less, at the
PETM and ETM2 have been documented from four or more globally spread sites on the
basis of dinocyst assemblage, grain size fraction and organic biomarker data (Sluijs et al.,
2008b). These results suggest a possible link between sea-level rise and hyperthermals
potentially via the melting of small alpine-like glaciers, thermal expansion of seawater, a
3 – 5 m sea–level rise is produced by a 5◦ C warming, or a tectonic mechanism. However,
the link to eccentricity maxima may suggest an orbital forcing mechanism, and therefore
a rhythmical signal, which would rule out a tectonic mechanism.

6.6

Orbital pacing of the Cicogna record

In several studies published on the Palaeogene and Neogene, up to 1‰ variations in
δ 13 C have been recorded and linked to eccentricty cycles (Diester-Haass, 1996; Zachos
et al., 1996; Pälike et al., 2006a; Stap et al., 2009). Previously, the δ 13 C excursions at the
PETM and ETM2 have been linked to the long term eccentricity cycle (Lourens et al.,
2005), although Westerhold et al. (2007) suggests that they only fall on the shorter 100
kyr eccentricity cycle. The strong correlation between the δ 13 C negative excursions from
the Cicogna section and the eccentricity maxima shown at ODP Sites 1051, 1209, 1258
and 1262 (Table 6.2) strongly suggests that there should be cyclicity within the Cicogna
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Figure 6.16: Blackman - Tukey power spectra of weight % CaCO3 calculated in
the depth domain by the AnalySeries Program (Paillard and Yiou, 1996) using 80%
confidence interval (grey area). A Bartlett window with a number of lags equal to 30%
of the length of the data series was used. The numbers at the spectral peaks denote
the period in metres.

data set and that this cyclicity is likely to be orbitally forced, or at to least contain
Milankovitch frequencies.
In order to investigate whether a) there is cyclicity in our data; and b) whether it does
carry an orbital signature we follow the approach of Weedon (2003). Firstly spectral
analysis was carried out in the depth domain using analyseries (Paillard and Yiou,
1996) to identify prominent cycles within the sediment (figure 6.16). The CaCO3 record
was used for this and dominant peaks were identified as 1.7, 2.2, 5.5 and 16.2 metre
cycles. Evolutionary spectra in the depth domain were then calculated to identify dominant cycle periods and to detect any change in these periods representing changes in
sedimentation rate which have previously been identified in the magnetostratigraphic
age model (figure 6.6). Wavelet analysis was used to compute the evolutionary spectra. Wavelet software was provided by C. Torrence and G. Compo, and is available at
http://atoc.colorado.edu/research/wavelets/ (last accessed August 2009). After
spurious data were removed visually (2 points per data set as they showed unrealistic values), the data were then re-sampled to an equal depth, linearly detrended, and
normalised by subtracting the mean and dividing by the standard deviation (Weedon,
2003).
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All available data sets; δ 13 C, δ 18 O, CaCO3 and magnetic susceptibility (Dallanave et al.,
2009) were used (figure 6.17). Approximately parallel bands at around 1.7 – 2 and 7 – 8
m periods in the wavelets demonstrate that spectral power is confined to these distinct
frequencies. There appears to be a shift towards shorter periods after the PETM (∼ 28
– 32.5 m) implying an increase in sedimentation rates at this time, consistent with the
PETM duration corrected sedimentation rates estimated in figure 6.15. The strongest
signal in the band centred around 2 m appears to coincide with the previously observed
and correlated events. Theoretical analysis of the frequency ratio of the cycles that are
preserved (assuming that the dominant sedimentary cycles should follow the pattern
predicted by astronomy), are roughly 400 kyr:120kyr:41:kyr:22kyr (or 1 : 3.33 : 9.75 :
18). However, in Cicogna, spectral peaks appear to be at 0.17, 0.46 and 0.58 cycles per
meter (or 1:2.8 and 1:3.4). The obliquity and precessional frequencies are not seen as the
data set resolution is too low for these frequencies to be resolved. Variable sedimentation
rates associated with the hyperthermals (figure 6.15) may explain the two apparent short
eccentricity frequencies observed. Potentially we can use these elevated rates to explain
the spectra produced from the Cicogna data. Peak values with a frequency of ∼ 0.45
– 0.47 cycles/m correspond to a period of around 2.2 m, and are strongest at times of
peak sedimentation rates during the excursions and suggest this relates to the shortterm eccentricity cycle. A frequency of ∼ 0.58 cycles/m (5.5 m/cycle) corresponds to
periods of slower sedimentation rate (sedimentation rates around 13-14 m/Myr). When
considered together the interaction of the variable sedimentation rates means that the
low frequency cycle (∼ 0.17 cycles/m, period of 5.5 m) probably represents the stable
405 kyr long eccentricity cycle. Wavelet analysis in the time domain (figure 6.6) appears
to show strong cyclicity around the 400 kyr period throughout the entire section, and
shorter term eccentricity cycles dominate around the δ 13 C excursions.
Although this section has not yet been tied to an astronomical age model, primarily as
the sample resolution is too low, there is strong evidence from the wavelet analysis above,
as well as the global correlations to high resolution astronomically calibrated data sets,
to suggest that the δ 13 C excursions have an orbital control. However, at present it is
not possible to answer fundamental questions on whether the PETM is tied to the same
orbital cycles as the other perturbations, as was suggested by Lourens et al. (2005), but
not found by Cramer et al. (2003) or Westerhold et al. (2007).

6.7
6.7.1

What caused the hyperthermal events?
The mass of carbon required from methane hydrates and organic
carbon sources

The magnitude of the CIE at the PETM has been used to deduce the volume of carbon
that needs to be injected into the system in order to cause the observed changes (Dickens,
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Figure 6.18: Continuous wavelet transform analysis (Torrence and Compo, 1998) in
the time domain for δ 13 C from the Cicogna section. Back curved lines indicate shape
of ’cone of influence’, where edge effects influence the spectra.

2000; Zachos et al., 2005; Pagani et al., 2006a). In order to cause the CIE, 2000 – 4500
GT of carbon are required to be injected into the ocean – atmosphere as CH4 . These
numbers are however, greater than the size of the present-day inventory of CH4 hydrate
which is thought to be greater than the size of the inventory in the PETM (Archer et al.,
1998; Higgins and Schrag, 2006). Other sources of carbon, with less negative δ 13 C values,
would require even greater masses (Pagani et al., 2006a; Higgins and Schrag, 2006). We
can apply the same logic that was used for these calculations to the other δ 13 C excursions
observed to make first order estimates of the mass of carbon injected into the system.
Both the events C25n (B1/B2) and ETM2 have the biggest signal, up to 1.2‰, although
1.5‰ has been measured for ETM 2 at ODP Site 1263 (Stap et al., 2009). Therefore
for a 0.5 - 1.5 ‰ range of δ 13 C and using the steady-state carbon system described by
Kump and Arthur (1999) ∼ 390 – 965 Gt (δ 13 C = -60‰, 0.5 - 1.5 ‰ δ 13 C excursion)
and ∼ 900 – 3430 Gt (δ 13 C = -22‰, 0.5 - 1.5 ‰ δ 13 C excursion) of carbon are required
to be input into the ocean - atmosphere system for a methane and organic carbon source
of δ 13 C, respectively. There is however an important caveat with using bulk carbonate
δ 13 C records, as they may be affected by selective dissolution in certain intervals. The
bulk record primarily reflects the isotopic composition of total DIC in the lower photic
zone incorporated into nannofossils. Modern species of nannoplankton differ in their
isotopic signatures (Ziveri et al., 2003). Therefore, any change in composition of the
bulk carbonate sediment, for example from selective dissolution, may change the average
δ 13 C isotopic value. Stoll (2005) showed that this may have biased the PETM by up to
0.5‰ at ODP Site 690. However, even for small excursions large quantities of carbon
must be added to the system.
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Relative timing of the hyperthermal events

In section 6.6 we suggested that the signal of the 100 kyr astronomical cycle is recorded
in the Cicogna sediments. The δ 13 C record of ODP Site 1262 (Zachos et al., 2010),
which we correlated the Cicogna record with (figure 6.11), is shown to have strong
variance in both the 400 and 100 kyr eccentricity bands and also in the precession
astronomical bands. The records of Cramer et al. (2003), which we show the Cicogna
data correlating with in figures 6.11 to 6.14, were also shown to have recorded the 100
kyr astronomical signal. Together these three separate strands of evidence suggest there
is a strong likelihood that the δ 13 C cycle in the late Palaeocene to Early Eocene is
intricately linked with astronomical forcing. Within the literature there is some debate
on the relative position of the PETM to the longer term 405 kyr eccentricity maxima,
with both evidence for the PETM correlating with the 405 kyr maxima (Lourens et al.,
2005) and against, occurring one shore eccentricity cycle short of the long term 405 kyr
cycle (Cramer et al., 2003; Westerhold et al., 2007, 2008). Regardless of whether the
PETM lies on a long term eccentricity maxima, the large number of δ 13 C excursions at
this time appear to lie on the 100 kyr eccentricity maxima. They also appear to have
several other common characteristics. Firstly, they appear to have a quasi – symmetrical
shape with similar rates of onset and recovery. Secondly, they all appear to be of the
order of ∼ 40-60 kyrs in length and both the C25n event and ETM2 display evidence
of possible precessional forcing. Thirdly, they have similar sized δ 13 C excursions on the
order of 0.4 – 1.2‰. The other key difference is that in both our record (figure 6.7)
and those recorded elsewhere, these events appear to be coupled. Furthermore, the time
between onsets is approximately 100 kyr, or one short eccentricity cycle, suggesting an
orbital forcing element. A number of questions arise from this. Why do we only see
two 100 kyr events, rather than one every 100 kyrs? Does the 405 kyr cycle have a
fundamental control on the climate? Where the amplitude modulation by the 405 kyr
cycle produces two stronger and two weaker 100 kyr cycles. Or are our records of too
low a resolution to pick up the changes, which may have occurred every 100 kyrs?
It has been suggested that the global carbon cycle has an astronomically forced “heartbeat” during the Oligocene (Pälike et al., 2006a). This so called heartbeat consists of
405, 127, 96 kyr eccentricity cycles and the 1.2 Myr obliquity dominated cycle. This
heartbeat is the result of the fundamental interaction of the global carbon cycle, solar
forcing and glacial events. The strength of the 405 kyr cycle in the Oligocene record of
Pälike et al. (2006a) and the record of Cramer et al. (2003) has been linked to the long
residence time of carbon (ΣCO2 in the oceans, (150 kyrs Broecker and Peng (1982)). The
long residence time of carbon acts to filter energy from the precessional bands (assumed
to affect biological productivity at low to mid latitudes) to low frequency eccentricity
bands. As the hyperthermal events we describe have durations of less than the residence
time of carbon, it is unlikely that a source of exogenic carbon was added to the Earth’s
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system, as sequestration of the added carbon would take tens of thousands of years (Norris and Rohl , 1999). Quillevere et al. (2008) describe an early Palaeogene hyperthermal,
the Danian C-2 event, with a total duration of less than 100 kyrs, comprising two 40
kyr long excursions of up to 1.5‰. Although the source of carbon remains unknown,
the rapid recovery is interpreted to reflect CO2 that was derived from redistribution of
carbon already in the ocean – atmosphere – biosphere system. Carbon found in anoxic
deep waters, oxygen minimum zones, anoxic marginal marine sediments or from surface
organic deposits (e.g. peats, coals) have all been suggested as the possible source. The
rapid recovery of the δ 13 C signal (figure 6.7) is consistent with redistribution of carbon
within the system. The recovery of the longer duration PETM has been linked to silicate
weathering (Dickens et al., 1997; Ravizza et al., 2001; Kelly et al., 2005; Zachos et al.,
2005) but this mechanism is only effective on timescales ≥100 kyrs. Therefore, an alternative mechanism is required for the ETM2 and other hyperthermals. For example, the
rapid recovery from the middle Eocene climatic optimum (Chapter 5) has been linked
to the interplay of organic carbon burial in shallow marine sections and neutralisation
from CO2−
3 weathering. The latter has also been postulated as the likely mechanism
for recovery from present day greenhouse gas concentration increases in around 20 kyrs
(Archer and Ganopolski , 2005; Ridgwell et al., 2007).

6.7.3

a hypothesis for the origin of the Hyperthermals

In the previous section I outlined the evidence for the possible orbital control on the
timing of the hyperthermal events based on the Cicogna data and its correlation to
deep-sea records. In the following section I use an analogue from the geological record
to speculate on a possible cause for the hypothermal events. In order to be a suitable
analogue the following criteria must be fulfilled:
1. Carbon must be re-distributed within the Earths ocean-atmosphere system and
not added into the system from an external source
2. The record must have the potential to respond to orbital forcing, ideally eccentricity and precession
3. The mechanism must have the ability to either directly influence Earths climate,
or interact with other parameters to cause a change in climate
4. The mechanism must be repeatable
5. The mechanism should produce a negative δ 13 C excursion in surface waters of up
to 1.5‰
Records from the Vostok Antarctic ice core (Petit et al., 1990) and deep sea δ 18 O benthic
foraminifera (Shackleton, 2000; Karner et al., 2002) revealed an apparent 100 kyr pacing
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of the glacial – interglacial cycles in the Pleistocene. Efforts to understand these glacial
cycles have shown that the interactions of orbital forcing with Earths climate system
are non-linear (Berger et al., 1998) and that there is a complex relationship between the
carbon cycle, pCO2 , temperature and ice volume. Nevertheless records from the past
few hundred thousand years indicate that glaciations lag changes in the carbon cycle
and orbital forcing by a few thousand years. One of the most striking features of the
Vostock pCO2 record is the large variation between glacial to interglacial cycles on the
order of 80 ppm(Petit et al., 1999) and numerical box modelling over these cycles has
shown that ocean ventilation may play a key role in modulating Earth’s pCO2 and by
extension climate on these timescales (Toggweiler , 1999; de Boer et al., 2007; Toggweiler ,
2008). The process of deep ocean ventilation is fundamental to the climate for two
reasons: 1) surface waters feed polar convection regions with waters from low latitudes
that carry large amounts of heat to high latitudes, such as the meridonal overturning
cell in the N. Atlantic (Bryden et al. (2005) and references therein), maintaining high
latitude warmth; and 2) deep ventilation also controls atmospheric pCO2 . In the latter
case nutrient rich waters upwell to the surface where they outgas CO2 . At the same
time, fresh supplies of nutrients fuel increased biological productivity and the associated
phytoplankton growth recaptures a portion of the upwelled DIC as it rains down to the
sea floor as organic carbon. However, because consumption of nutrients in some regions,
such as the Antarctic and North Pacific, is incomplete, the net effect of overturning
(defined as vertical exchange processes – upwelling, convection and deep water formation
(de Boer et al., 2007)) is the net addition of excess CO2 to the atmosphere. If rates of
deep–water ventilation are low then there is a proportionally longer period for carbon to
become stored in oceanic deep waters, from remineralisation of the falling organic matter
in the water column, which in turns reduces the concentration of CO2 in the atmosphere,
as the deep water becomes an isolated carbon sink. Over the most recent ice age it has
been shown that deep waters accumulated more carbon (via

14 C

radiometric dating)

during cooler climates (Hughen et al., 2004; Keigwin, 2004). Similarly, a reduction in
deep ocean ventilation for the early warm Pliocene drove climate towards the colder
Pleistocene, as indicated by up to 2‰ shifts in δ 13 C benthic foraminifera (Ravelo and
Andreasen, 2000; Hodell et al., 2003; Hodell and Venz-Curtis, 2006). As one of the factors
involved in the transition of glacial - interglacial cycles, variations of pCO2 , driven by
changes in ocean ventilation rate must have a control on climate.
The variation in pCO2 driven by ocean ventilation during the Pleistocene forms a suitable
analogue for testing the origin of the hyperthermals as it fulfils the criteria described
above and therefore provides the following hypothesis:
Do changes in the rate of deep–water ventilation cause the Late Palaeocene
– Early Eocene hyperthmals?
In order to investigate the validity of this hypothesis it is necessary to test it. The
following section describes a proposed method for testing the hypothesis and suggests

Chapter 6 Transient δ 13 C perturbations from a Palaeocene – Eocene section

144

A -ve

δ13Ccc

+ve

B

52.5

53.0

SURFACE OCEAN
53.5

54.0

Depth

Age (Ma)

INTERMEDIATE OCEAN

DEEP OCEAN

54.5

55.0

55.5

56.0

56.5

Variation
in CCD

57.0

57.5

inter hyperthermal

58.0

hyperthermal

70

75

80

85

90

95

Walvis Ridge % CaCO 3

Figure 6.19: A) Simple model showing the expected relationship between the carbon isotope ratio of the deep and intermediate ocean during hyperthermals (red) and
between hyperthermals (blue). The dashed horizontal lines represent the expected shallowing of the CCD during hyperthermals. (B) CaCO3 data from the deepest site at
Walvis Ridge, ODP Site 1262, showing variation in CaCO3 as predicted to occur during
hyperthermals. Magnetic susceptibility vs. CaCO3 produced a linear best fit with R2
= 0.83 and equation: y=-0.3925x+97.217.

what some of the expected results may be and relates these to the presently known
record of the Late Palaeocene – Early Eocene. The methodology suggested to test this
hypothesis is based on the paper by Hodell et al. (2003) investigating changes in ocean
ventilation rate and the Pleistocene glaciations.
Let us consider the ocean to consist of three water masses; 1) a deep water layer, 2) an
intermediate water layer and 3) a surface layer (figure 6.19). In the simplest scenario
when the rate of deep–water ventilation is low, the deep–water layer is isolated from
the atmosphere, and then when rates of ventilation are high, exchange of CO2 in the
deep water with the atmosphere occurs. This follows the chemical divide approach of
Toggweiler (1999). In the low ventilation case the deep water is modelled to become
enriched in

12 C,

due to organic carbon from the surface re–mineralising in deep waters.

This produces a gradient in δ 13 C (here on referred to as δ 13 CI−D ) between the relatively
12 C

depleted intermediate water and the

12 C

enriched deep waters. In the high ventila-

tion case, the enrichment of carbon within the deep waters is relatively diminished and
a lower δ 13 CI−D is expected. This observation has been recorded for the South Atlantic
in the Pleistocene (Hodell et al., 2003). Figure 6.7.3 shows a qualitative prediction of
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the relative δ 13 C values under each scenario. When applied to the Palaeocene – Early
Eocene the hyperthermals are predicted to occur during periods of high rates of deep water ventilation and have small δ 13 CI−D values, while the periods between hyperthermals
during low rates of deep water ventilation, would have greater δ 13 CI−D values.
Based on the predictions of the δ 13 CI−D gradient it is also possible to predict the changes
in the CaCO3 record for each site. During the start of periods of low ventilation then
CaCO3 should increase in the deep as CO2 is transferred from intermediate to deep
waters. After several thousands of years the low carbonate ion concentrations in the
deep water should be compensated by a rise in the CCD leading to increased CaCO3
deposition in the latter part of the inter-hyperthermal. During hyperthermals the opposite result should be observed, as the δ 13 CI−D decreases during the hyperthermals
then carbonate saturation will increase in deep water as the CO2 is redistributed out of
its deep water reservoir into the atmosphere and surface and intermediate waters. The
change in ocean alkalinity then causes a CCD rise and dissolution of CaCO3 in deep
waters, i.e. a spike in CaCO3 preservation should be observed prior to dissolution.
CaCO3 content of sediment can be easily produced using a variety of analytical techniques described in Chapter 3. However, only low resolution records of % CaCO3 content
of sediment are available for most of the DSDP, ODP and IODP sites. Instead a high
resolution record CaCO3 record can be constructed from calculating the relationship,
normally assumed to be linear, between the measured CaCO3 content of a sample and
it’s corresponding physical properties measurement, e.g. magnetic susceptibility to produce a high resolution CaCO3 record (figure 6.19B). The computed CaCO3 from Walvis
Ridge (figure 6.19B) records decreases in the CaCO3 content of the sediment ∼ synchronous with the timing of the hyperthermals, consistent with the hypothesis. Records
of Fe, magnetic susceptibility and sediment colour were used previously in this chapter
to correlate to intervals of low CaCO3 content during the hyperthermals (figures 6.12
to 6.14) and suggest that globally there was a shallowing of the CCD. Importantly, the
proposed ventilation mechanism would predict that the records from an intermediate
and deepwater site should show the CaCO3 record to be in phase with the first derivative of δ 13 CI−D . If the records are observed not to be in phase with the first derivative
then a different mechanism other than changes in the storage of carbon in the ocean
must be responsible for the shallowing of the CCD.
In order to test this hypothesis high resolution benthic foraminifera δ 13 C (and δ 18 O)
should be measured in a pair of closely located sites, one bathed in intermediate water,
and one bathed in deep water. Ideally, this should be repeated from a number of site
pairs in each of the worlds oceans and at different latitudes within both the Northern and
Southern Hemisphere. Of the various DSDP / ODP / IODP sites mentioned throughout
this thesis (figure 2.3), the Walvis ridge in the S. Atlantic may provide an initial test
for this hypothesis. A transect of sites from ∼ 2717 to 4755 metres water depth was
drilled and contains a record of late Palaeocene to Early Eocene hyperthermal events
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(Zachos et al., 2010). At present the only benthic δ 13 C data from these sites are from
the PETM and ETM2. Similar δ 13 C values are recorded between the sites across the
transect (Stap et al., 2010), indicating no vertical gradients in δ 13 C at these depths.
However, there are two caveats to this; 1) the shallowest record is likely to be too deep
to have recorded intermediate waters during the early Palaeogene, present day Antarctic
intermediate water is at ∼ 1000m, therefore both sites are recording the evolution of
the same water mass and 2) A similar gradient is recorded for a δ 18 O – δ 13 C x–plot for
both the PETM and ETM2, which has been interpreted as evidence for the same source
of exogenic carbon driving both events. If the earlier suggestion that the hyperthermal
events require a re-distribution of carbon within the system is correct then both the
PETM and ETM2 are not appropriate tests of the hypothesis.
The results of carbon and oxygen isotope analyses at ODP Sites 738 and 744 (Leg 119)
from the Kerguelen Plateau suggest these sites measured intermediate waters, while the
relatively geographically close ODP Site 690 (Leg 113) measured deeper waters (Barrera
and Huber , 2001). Higher resolution studies across the hyperthermal events from both
these legs may allow the testing of this hypothesis. Although one site may allow the
hypothesis to be be tested, multiple sites at different latitudes and in different oceans are
required to rigorously test the theory. For example a number of deeper water sections
are available from the Iberia Abyssal Plain (Leg 149, 169), while shelfal limestones have
been recovered from exploration wells in the Lusitanian Basin, offshore west Portugal
(Alves et al., 2003). To the west it is probable that early Palaeogene carbonates were
also deposited over the Berlenga Horst in intermediate water depths. Future drilling in
this region may therefore allow sediments bathed in intermediate waters to be obtained
and compared with deeper sediments in the Iberian Abyssal Plain. By measuring deep
water δ 13 C across a range of sites it will also have the advantage of determining if the
source of deep water formation changed during the hyperthermal events, as suggested
for the PETM (Nunes and Norris, 2006).
If the results of the proposed research suggest that the hypothesis should be rejected
then this may allow some important conclusions with regard ocean circulation and ocean
structure during the Late Palaeocene and Early Eocene. If gradients are similar throughout this would suggest that the ocean water column was homogenous, a result consistent
with modelling studies (Emanuel , 2002; Via and Thomas, 2006) and suggesting that mixing, and hence ventilation rates were relatively constant. In this scenario an alternative
explanation for the origin of the hyperthermals must be invoked. Other suggestions in
the literature include the storage of carbon in continental peat reservoirs or in methane
hydrates (Zachos et al., 2010).
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Conclusion

In the Cicogna section we document up to eleven negative bulk inorganic carbonate δ 13 C
excursions, of which the PETM is the largest and lies in the middle of the section. Based
on stratigraphic relationships and correlation of δ 13 signatures, these events represent
B1, B2, C1, C2, D1, D2, PETM CIE, ETM2, H2, I1, and K. We only find partial evidence
for I2 and J events. Both the PETM and ETM2 are marked by changes in lithology,
while all events are associated with decreases in CaCO3 content. Due to the high level
of similarity between each event they probably have some generic cause. Additionally,
the correlation to short-term eccentricity cycles suggests that these events may have
had an orbital pacing, and lasted for ∼ 40 – 60 kyrs each (PETM CIE excluded). This
suggests the carbon cycle involved the repeated injection of isotopically light carbon into
the earth system. We finally propose a possible mechanism for this based on analogy to
the modern day glacial – interglacial cycles.

6.9

Future directions

The occurrence of these hyperthermals needs to be documented in higher resolution,
both before and after the PETM. If several events prior to the PETM can be identified
then their role in controlling climate can be investigated and the relationship between
the PETM and the general warming trend at the time can be deconvolved. Circumstantial evidence exists that potentially a threshold was breached which let to an accelerated
positive feedback and the PETM warming. This evidence includes flooding prior to the
PETM, the acme of the Apectodinium 20 – 200 kyrs prior to the event, and increases
in temperature several thousand years prior to the onset of the CIE. Could an orbitally
forced ‘small’ hyperthermal have been responsible for the acceleration and does this
therefore invoke an orbital control? Determining the size and sensitivity of these feedbacks will be important for modelling future changes in the Earth’s environment with
respect to anthropogenic greenhouse gas emissions.

Chapter 7

Conclusions
In this thesis, new isotope and geochemical records have been generated for three time
slices of the late Paleocene – early Eocene. I briefly summarise the main findings of each
scientific chapter below before discussing the context of each record within the climate
system and suggesting where future work is required to further our understanding of
this unique period of Earth’s history.
Chapter 4: Investigating Palaeoenvironments in the Arctic Ocean
I have presented the first high-resolution data set of major elemental concentrations for
the Eocene Arctic Ocean published as Spofforth et al. (2008). Calibration of XRF data
with discrete samples allowed the interpretation of changes in environmental conditions
during this period. A shift in style of sedimentation from the high Sibio (∼65%) marine
dominated Unit 2 to a terrigenous dominated sub-unit 1/6 is recorded. Elevated Fe/Al
ratios, high S and TOC contents and observed framboidal pyrite are all indicative of
anoxic type bottom waters. However, high Mn/Al values, in particular for Unit 2 (∼200
mcd) suggest that periodic oxygen rich waters bathed the ridge with large Mn spikes
at 202.2-203.2 mcd and 258 mcd. In sub-unit 1/6, the apparent change in the Ti-K
relationship at ∼210 mcd, coupled with the peak in pyrite concentrations, suggests a
change in the provenance of material deposited or a change in basin energy.
Chapter 5: Characterising the Middle Eocene Climatic Optimum in a marginal marine
section
The middle Eocene climatic optimum (MECO) had previously been documented in deep
ocean sites from the Southern Ocean (Bohaty and Zachos, 2003). Further work revealed
that this event had global and synchronous origins (Bohaty et al., 2009). However, its
identification in the Tethys Ocean was based on an incomplete section at Contessa in
central Italy (Jovane et al., 2007). An expanded section from northern Italy, Alano di
Piave, has been correlated on the basis of isotope stratigraphy to the global sections
previously documented. Unlike the previous deep sea records, the new bulk carbonate
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record comes from a marginal marine section and is closely associated with the deposition of two sapropel like intervals immediately following the maximum negative δ 13 C
isotope excursion. The position of this excursion was correlated to other records and is
interpreted to represent peak conditions occurring during the MECO event.
Global records have previously recorded a rapid (≤ 50 – 100 kyr) cooling of the oceans
and exponential recovery in the global carbon δ 13 C signal. The burial of organic carbon associated with the recovery interval at Alano was driven by low oxygen bottom
water conditions and high levels of marine productivity driven by an increased hydrological cycle. I hypothesised that extending the organic carbon burial over widespread
geographical areas could provide a mechanism for the rapid recovery from the MECO
event. This is analogous to records for from the New Jersey margin across the PETM
interval (John et al., 2008).
Chapter 6: Carbon isotope excursions during the late Paleocene – early Eocene
The PETM is perhaps one of the most distinctive events in the geological record, with
a geologically short duration and rapid changes in the environment. The Cicogna Creek
section from north-east Italy not only records the expanded PETM section as seen
elsewhere within the same basin (Giusberti et al., 2007) but also a number of additional
smaller (0.4 – 1.2‰) δ 13 C perturbations. These include the ETM2 and ETM3 events
as well as several smaller events both pre-PETM and post PETM. The largest of these
is an event falling within magnetochron C25n, or B1 using the nomenclature of Cramer
et al. (2003). Several of these events appear coupled and using both the improved
biomagnetostratigraphic age model of Dallanave et al. (2009) and correlation to orbitally
tuned records from Demerara Rise, Shatsky Rise and Walvis Ridge I tentatively suggest
a 100 kyr spacing between the maximum negative δ 13 C excursion of each couplet. This
result is confirmed from high resolution bulk δ 13 C records across ETM 2 at Walvis Ridge
(Stap et al., 2009). There is also some evidence that there may also be a longer term
400 kyr signal between each coupled event. It is not possible to determine whether the
PETM is related to these events or not.
The similar characteristics for each event; 1) quasi-symmetrical shape, 2) similar δ 13 C
amplitudes and 3) approximately 40–60 kyr duration, suggest that a repeatable mechanism is required to explain their occurrence within the geological record. Due to the
∼150 kyr long residence time of carbon in the ocean, only sources of carbon already
in the ocean–atmosphere–biosphere system are considered as candidates for the source
of carbon leading to the δ 13 C excursions. From comparison with present day glacial–
interglacial cycles, where similar sized events may be seen, changes in the ventilation of
the deep sea are considered as a possible explanation for these events. If this is the case,
other hyperthermals may still remain undiscovered.
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Future Directions

In the following section I discuss some areas of potential further work resulting from
ideas generated within the records obtained in this thesis. Where possible a suggested
methodology and some initial tests of the hypotheses are given.

7.1.1

Expanding our knowledge of the middle Eocene from the ACEX
records

High-resolution X-ray Fluorescence (XRF) records were generated in this thesis to investigate long-term trends in the palaeoenvironment in the Middle Eocene (Chapter 4,
figure 4.8). The high-resolution XRF records, the largest time step is less than 10 kyrs,
can also be used for the detailed investigation of shorter time slices. The aim of such
studies should be to understand the inter-relationships between the different physical,
chemical and biological components of the Arctic system at this time and to investigate
the driving mechanisms behind changes in the palaeoenvironment and how this relates
to each of these components. One example of such a study was the integrated multiproxy study of core 302-M0002A-55X over the interval ∼ 236 – 241 metres composite
depth (Sangiorgi et al., 2008b), which is presented in the appendix. This study showed
that the biological proxies, diatoms, dinoflagellates and pollen responded more strongly
to growing season length/darkness, whereas the terrigenous components, directly driven
by sea ice and/or glacial ice formation and extent, responded more directly to seasonal
insolation.
The records generated in chapter 4 (figure 4.8) span ∼ 4 Myr providing considerable
scope for further studies within the middle Eocene sediments recovered during the ACEX
expedition. As previously described in sections 4.53 to 4.55, there are a number of easily
observable features within the record, for example the decrease in biogenic silica content
of sediments from Unit 2 to Sub-unit 1/6 and the rapid increase in this same record,
along with increases in the Mn/Al, K/Al, Ti/Al and TOC content of the sediment
in the interval from 202.5 – 203.5 metres composite depth. There are also periods of
apparent stability within the records generated with no major shifts in the elemental
concentrations, instead a strong cyclicity is observed as in the multiproxy study on core
302-M0002A-55X (Sangiorgi et al., 2008b) briefly described above.
In order to illustrate the potential for further studies, and the possibilities extending from
applying multiproxy data sets, I focus on one such period here. Within the scientific and
petroleum communities the 1.2 Myr long interval containing elevated abundances of the
freshwater fern spore Azolla, deposited ∼ 50 Ma in core 302-M0004A-11X, has provoked
considerable interest (Brinkhuis et al., 2006; Stein et al., 2006; Stein, 2007; Speelman
et al., 2009), both as a mechanism for Eocene cooling at the end of early Eocene climatic
optimum (EECO) (Brinkhuis et al., 2006; Knies et al., 2008; Speelman et al., 2009), and
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Increasing oxygenation
Mn/Al

180 200 220 240 260 280

Figure 7.1: Records of Azolla and organic carbon in core 302-M0004A-11X from figure
6 (Speelman et al., 2009), Mn/Al record from März et al. (2010). Increasing Mn/Al
values are interpreted as increasing oxygenation.

as a potential source rock within the Arctic (Stein, 2007). Figure 7.1 shows a high
resolution study of Azolla abundance and organic carbon content from Speelman et al.
(2009), along with associated geochemical records of C/N, δ 13 Corg and δ 15 N. In this
study elevated abundances of Azolla correlate with increased concentrations of organic
carbon in the sediment (figure 7.1) and have an apparent cyclicity of ∼ 1m, thought
to represent Milankovitch forcing by obliquity (Brinkhuis et al., 2006; Speelman et al.,
2009). During peaks in Azolla abundance increased rainfall led to increased run-off,
nutrient input and the creation of a freshwater lid in the enclosed Arctic Basin (Brinkhuis
et al., 2006; Speelman et al., 2009). The freshwater lid promoted anoxic conditions and
enhanced the preservation of organic carbon (figure 7.1). Brackish to freshwater surface
water conditions are confirmed by isotope data from fish bones (Waddell and Moore,
2008; Gleason et al., 2009) and by studies of siliceous microfossils (Onodera et al., 2008;
Stickley et al., 2008).
If the pulses of Azolla are caused by Milankovitch driven increased run off and the subsequent creation of a freshwater lid over the Arctic Ocean, with the associated stratification
and anoxia of the deep ocean, then this poses a question. During the periods of low
Azolla abundance do we see periods of re-oxygenation of bottom waters? By
utilising the XRF records in figure 4.8 specifically over this interval (figure 7.2) then it
may be possible to help answer this question. Figure 7.2 shows the high-resolution calibrated XRF record over the Azolla interval along with physical property data (Backman
et al., 2006) and organic carbon content (Stein et al., 2006).
The concentration of Mn in sediments is frequently used as an indicator of the sediment
water interface oxygenation conditions since it precipitates as oxy-hydroxides within the
range of Eh and pH values of well-oxidised seawater. If the dissolved O2 concentration decreases then the solubility of oxy-hydroxides increases and Mn2+ is reductively
leached from the sediment under sub-oxic to anoxic conditions (Dickens and Owen,
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1994). Previous work on oceanic depth profiles showed that Mn2+ displayed this behavior in modern day oxygen minimum zones (Klinkhammer , 1980; Saager et al., 1989)
when [O2 ] dropped below 2ml/L. In general the increased Mn2+ concentration comes
from dissolution of Mn2+ phases in situ within the sediment. Therefore, if re-oxygenation
of the bottom waters occurred during minima in the Azolla abundance the concentration
of Mn in the sediment would be expected to increase.
The calibrated high-resolution XRF record from core 302-M0004A-11X is used here to
investigate this hypothesis (figure 7.2). Intervals of high TOC can be seen to correlate
with minima in the bulk density and magnetic susceptibility. TOC is positively correlated with K/Al and Ti/Al, the latter a proxy for either energy or palaeocoastal position
(Dellwig et al., 1999). Increases in Ti/Al therefore either represent a landward shift of
the coastal position or increased energy, possibly from increased fluvial input. The Mn
XRF counts and the Mn/Al records do not, however, show a simple positive or negative
relationship with high TOC values (figure 7.2). Prior to the 1st (oldest) band of increased
TOC Mn/Al values are high, suggesting increased oxygenation. Between the 1st and
2nd bands, 300.6 to 301 mcd (figure 7.2) high Mn/Al values are recorded, suggesting
re–oxygenation at this time, consistent with the hypothesis above. However, between
the 2nd and 3rd TOC bands the Mn/Al value does not increase, the next increase only
occurring at the end of the Azolla interval, when re-oxygenation does occur.
The Mn XRF record and the Mn/Al record (figure 7.2) were expected, according to the
hypothesis, to show increases in the measured values during periods of reduced TOC
preservation within the sediment. As described above the results fail to show a clear
cyclical pattern as suggested by the hypothesis. Figure 7.1 shows the discrete Mn/Al
from März et al. (2010) plotted against the data from figure 6 of Speelman et al. (2009).
From the dataset it appears that no re-oxygenation occurs during the latter half of the
Azolla interval confirming the results described from figure 7.2. This suggests that no
significant bottom water oxygenation occurred between pulses in Azolla and that anoxia
(or euxinic) conditions were pervasive throughout this period. It should be possible
to test this observation by producing a suite of trace metal concentrations over this
interval to investigate the seawater / sediment redox conditions at this time. A similar
procedure was carried out when investigating the sapropel intervals in chapter 5. The
data produced from the discrete samples used for XRF calibration (Section 4.5) only
provide 10 measurements (figure 7.2) over this interval and are inadequate to test this
observation. However, such a data set was produced by März et al. (2010) to investigate
the long term changes in the geochemical composition of sediments in the Arctic basin in
both the Palaeogene and Neogene. Here, I use the data published in the supplementary
information of März et al. (2010) to look at the redox conditions within the Azolla
interval. Figure 7.3 shows Mn/Al and a number of redox sensitive elements, P, Mo, Cu,
Co, V, As and Fe.
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The redox behaviour of these elements changes depending on the oxidation state of the
sediment/water. During the deposition of organic rich sediments under anoxic conditions
As, Cu, Co, Mo, V and Zn are enriched in the sediment and commonly co-precipitate
with pyrite or form sulphide minerals under sulphic conditions. Mn, as described above
is expected to be depleted in these conditions. Full details of the behaviour of these
elements under redox conditions is given within Brumsack (2006); Tribovillard et al.
(2006). In figure 7.3 increases in Mn/Al are paradoxically seen to co-vary with these
other elements, when under normal redox conditions the Mn and the other redox elements would be expected to anti-correlate. This suggests that applying a simple anoxic
model to the bottom water / sediment conditions at this time is incorrect.
The water column conditions during the Middle Eocene Unit 2 have been previously
described as analogous to the Black sea (Stein et al., 2006; Knies et al., 2008; Weller and
Stein, 2008). The enrichment of Mn throughout Unit 2 (figure 4.8, (Spofforth et al., 2008;
Stickley et al., 2008; März et al., 2010) along with the enrichment of the redox sensitive
elements has been explained by the co-precipitation of Mn with carbonates in the highly
porous biosiliceous sediment (Stickley et al., 2008). However, Black Sea sediments are
generally free from carbonate (März et al. (2010) and references therein). Instead März
et al. (2010) suggest the Middle Eocene Arctic Ocean was similar to the Baltic Sea.
Here anoxic - sulphic, Mn2+ rich deep waters of the sub-basins (e.g. Gotland Deep) are
regularly flushed by well-oxygenated oceanic waters which induces the formation of Mn
oxides which are then transformed to Mn carbonates following diagenesis (Huckriede
and Meischner , 1996; März et al., 2010). This implies that reoxygenation may have
occurred during the Azolla interval, however, the redox conditions and bottom water
chemistry at the time inhibits the investigation of changing bottom water oxygenation
during the Azolla interval using the data generated in this study. Organic geochemical
measurements from Speelman et al. (2009) show a marked decrease in C/N and in δ 15 N
after every Azolla abundance peak (figure 7.1). This is interpreted to represent a slightly
more oxygenated water column following peak Azolla growth intervals (Speelman et al.,
2009), as suggested by the original hypothesis.
Although the high-resolution XRF record proved unsuccessful in examining the Azolla
interval, the methodology applied to the Azolla event shows that these records have
the potential for extending our knowledge of the Middle Eocene Arctic Ocean and the
strength of multi-proxy studies in doing this. Further work should now focus on individual cores, potentially investigating the peaks in biogenic silica observed at 248, 260,
265 and 275 mcd (Stickley et al., 2008) or evaluating whether there is any change in the
orbital signature contained in the sediment when ice rafted debris first appears in the
record.
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Future Directions – Middle Eocene Climatic Optimum

As suggested in chapter 5 and Spofforth et al. (2010) the recovery from the MECO event
was driven by the increased global burial of organic matter. An increase in terrestrially
derived nutrients was interpreted as the principal mechanism in which to drive the productivity increase and led to the burial of organic carbon of both marine and terrestrial
origin within the sediment. The increase in productivity was consistent with changes in
the planktonic foraminiferal and calcareous nannofossils assemblages from oligtrophic to
eutrophic species (Luciani et al., 2010).
However, a number of questions still remain unanswered. What is the proportion of
marine to terrestrial matter in the sediment? Does the negative shift in δ 13 Corg (figure
5.5) purely reflect the increased terrestrial burial and importantly does this indicate
only re-working of terrestrial matter? If the latter is true, and the negative shift in
δ 13 Corg in figure 5.5 is related purely to terrestrial matter, which if it had been reworked,
then the hypothesis of increased organic carbon burial as a mechanism for the removal
of atmospheric CO2 is not valid at the Alano section. This would then suggest that
the recovery from peak warming conditions at MECO is either driven by a different
mechanism or alternatively the organic carbon burial model is still valid, but its signature
is not recorded in the Alano section.
In order to test the questions above, principally what is the origin of the organic
matter during ORG1 and ORG2? A further suite of geochemical analyses can be
carried out on the organic matter preserved in the Alano section. Below I describe a
possible study which aims to help answer the questions posed above and should allow
the fuller interpretation of the TOC record at Alano in terms of the palaeoenvironmental
conditions at the time.
The organic matter in the Alano sediments was shown to be immature based on low
vitrinite reflectance values (less than 0.4% Ro ). These results were obtained during
testing for the suitability of the Alano samples for TeX86 analysis in order to reconstruct temperature changes across the MECO event, these are/were to be carried out by
Mark Pagani (Yale University) as part of the collaboration group on the Alano section.
The low thermal maturity of the organic matter allows measurements of the hydrogen
index (HI) to be used as an indicator of organic carbon composition. The HI values
correspond to the quantity of hydrocarbons per gram TOC (mgHC/gC) generated by
pyrolytic degradation of the kerogen during heating from 300◦ C up to 550◦ C. In immature sediments, HI values ≤100 mgHC/gC indicate a dominantly terrigenous (higher
plant) source of the organic matter whereas HI values of ≥ 100 mgHC/gC indicate
the presence of significant amount of aquatic algae (marine and/or freshwater) and/or
microbial biomass (Stein et al., 2006). Measurements would be carried out using the
standard Rock-Eval procedure (Tissot and Welte, 1984). Part of the Rock-Eval suite
of measurements includes the oxygen index (OI), a measure of the quantity of CO2
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produced per gram TOC (mg CO2 g−1 C), this measurement in conjunction with HI can
be used to construct a van-Krevelen-type plot which differentiates Type I/II (aquatic
organic matter) from Type III (terrestrial organic matter). Another geochemical measurement that would help differentiate between terrestrial and marine origin is the C/N
ratio. In marine organic matter values are around 6, terrestrial values ≥ 15.
The qualitative examination of the organic matter composition in the Alano samples
identified both terrestrial and marine matter. Therefore, in order for a precise determination, and quantification of the origin of the organic matter, masceral analysis should be
used in conjunction with the organic geochemical measurements described above. Masceral analysis involves the identification and quantification of different types of marine
matter (lamalginite, dinoflagellates cysts, and liptodetrinite and telalginite, e.g. Botryococcus or Pediastrum, as well as amorphous organic matter and bituminite represent
aquatic particles) and terrestrial matter (vitrinite/huminite, inertinite and liptinites). A
comprehensive methodolgy is available within (Boucsein and Stein, 2009) and references
therein. The relative abundance of each type of organic matter can then be quantified
and compared to the results from the geochemical analyses described above and thereby
determine the origin of organic matter within the sediment.
Once completed the results of the determination of organic matter within the sediment
should be applied to investigating why the negative δ 13 Corg excursion appears to precede
the increase in TOC in the sediment (figure 5.5). Recent results from the study of planktonic foraminifera (figure 5 of Luciani et al. (2010)) show increases in the abundance of
the eutrophic opportunistic taxa Jenkinsina and Pseudoglobigerinella bolivariana starting at ∼ 15 m and continuing across the MECO interval, i.e. prior to the increase
in TOC. This suggests that marine productivity was increasing prior to ORG1 and is
coincident with the beginning of the negative δ 13 Corg excursion. Typically in modern
sediments the δ 13 Corg value of terrestrial (C3 photosynthetic plants) organic matter is
-26 to -28‰ and -20 to -22‰ for marine organic matter. However, the global record
of δ 13 Corg of marine organic matter in the Eocene is inverted with respect to terrestrial matter with lighter values between -27 and -29 ‰ (Hayes et al., 1999). Similar
inverted relationships are seen in the Middle Eocene of the Arctic Ocean (Stein et al.,
2006) and also from various locations in the North Atlantic during the Cretaceous (Dean
et al., 1999; Langrock et al., 2003). As marine organic matter during the Eocene has
a more negative δ 13 C value than terrestrial organic matter then the negative δ 13 Corg
excursion observed at Alano (figure 5.5) would imply a marine origin for the organic
matter preserved within the sediment. This is consistent with the increased abundance
of eutrophic planktonic foraminiferal taxa described in Luciani et al. (2010). In order
to explain the onset of the δ 13 Corg excursion prior to the increases in TOC within the
sediment (figure 5.5), we suggest that burial would be expected to lag productivity as
there would have been a reservoir of O2 within the bottom waters which would need
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to be consumed before organic matter burial was possible. When the flux of organic
matter became greater than the rate of remineralisation, preservation occurred.
Lastly, what caused the productivity increase?

7.2

What do these individual events tell us about the evolution of Eocene climate?

As discussed in the introduction, the Eocene marks one of the major periods of Earth’s
climatic evolution, with a shift from a greenhouse state to an icehouse state. In this
discussion these individual studies are placed in the context of the climate at the time
and possible links between events are discussed.
In chapters 4, 5 and 6 the sediments deposited in the Arctic appear to correspond to a
stable climate state with slowly decreasing polar temperatures (Weller and Stein, 2008)
and burial of organic carbon having a long term effect to reduce pCO2 . The period
of biogenic silica deposition appears to correlate well with the global period of high
siliceous productivity (McGowran, 1989; Yool and Tyrrell , 2005) and significant shifts
in the style of sedimentation appear to be related to tectonic changes rather than climatic
(O’Regan et al., 2008). However, future work may provide more reliable biostratigraphic
datums from which to construct improved age models across the middle Eocene, in
particular dating the change between marine and terrestrially dominated organic carbon
input which is at present unknown due to a core gap. The increasing dynamism of the
geological record in this period (Sexton et al., 2006) would probably then be reflected
in events in the Arctic. While the Arctic record represents a period of relatively stable
climate change, the PETM, hyperthermals and MECO interval represent perturbations
of the global carbon cycle of varying amplitudes and durations. Both the PETM and
the MECO may even represent strong enough forcings of the carbon cycle that the earth
entered a new quasi-stable climate state for a relatively long period of time.
The PETM, as discussed in Chapter 2, was thought to be driven by a rapid input of
exogenic carbon, either sublimation of CH4 hydrates (e.g. (Dickens et al., 1997)) or
the weathering or metamorphism of organic carbon deposits (Higgins and Schrag, 2006;
Storey et al., 2007). In Chapter 6 we suggested, using the records from Cicogna, that
the hyperthermal type events around the PETM were short-lived and hypothesised that
maybe the short duration and quasi-symmetrical structure may represent the input of
a source of carbon which was already in the Earth’s system, in particular storage of
light carbon in the deep ocean. A similar event also occurs in magnetochron C19r
(Edgar et al., 2007b) which shows similar characteristics. This is also true for two other
hyperthermal – type events provisionally identified in the Demerera Rise ODP Site 1258
at 50.4 and 51 Ma (Sexton et al., 2006). Although it was not possible to link these events
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to the long term eccentricity cycle or to answer questions on whether the PETM lies on
this cycle or not, all events appear to be related to maxima in the 100 kyr eccentricity
cycle. Somewhat intriguingly, records of eustatic sea-level across the PETM (Sluijs
et al., 2008b) appear to suggest a sea-level rise across this event and importantly, the
Apectodinium taxa proliferation occur 20 to 200 kyrs prior to the event, with the acme of
Apectodinium taxa occurring several thousand years before the CIE. Perhaps one of the
small hyperthermal type events occurred as would be expected, however, as the general
trend at this time were of warming (figure 1.2), then maybe a critical threshold was
passed leading to accelerated warming. Such a threshold could possibly be deep water
temperature, which when passed, destabilised CH4 clathrates.
Similarly, carbon cycle changes must have caused the MECO event. Gradual warming
occurred over 400 kyrs, followed by rapid cooling over 50 – 100 kyrs, almost the inverse
shape to the PETM. Various sources of carbon input have been hypothesised for this
event such as increased volcanism, metamorphic decarbonation reactions and even some
CH4 release immediately prior to the peak of the event (Bohaty et al., 2009). In terms
of this discussion, though, it is interesting to look at the climate events immediately
preceding this warming. Zachos et al. (2001) and Sexton et al. (2006) both suggest that
the global climate cooled from ∼42 Ma, a time consistent with the interpretation of isotope evidence for ice formation during this period (Tripati et al., 2005). The extent and
amount of ice is open to debate (Edgar et al., 2007b) and more high resolution geochemical records are required to decipher the δ 18 O signal. Sedimentological datasets support
the idea of some ice, be it sea ice (St. John, 2008; Stickley et al., 2009) or even from
alpine glaciers (Tripati et al., 2008), and temperatures were near freezing as far back as
the PETM at high latitudes (Spielhagen and Tripati , 2009). General circulation models suggest that small ephemeral ice sheets could have formed under favourable orbital
configurations with pCO2 estimates consistent with proxy based estimates (DeConto
et al., 2008). Likewise, changes in sea-level during the middle Eocene (Pekar et al.,
2005; Miller et al., 2008) suggest that small (∼20–30 m sea-level equivalent) glaciations
were possible.
If the above evidence does indicate more ice and cooler temperatures prior to the MECO
warming event then what caused the change in the earth system to switch from cool to
hot? Global records of the event, e.g. ODP Site 702, and ODP Site 748 in the Southern
Ocean appear to show a number of smaller amplitude short lived excursions prior to the
peak of the event. The peak of the event appears to show a double negative excursion
similar to that seen at the Danian C-2 hyperthermal in the middle Paleocene (Quillevere
et al., 2008). Are these evidence of hyperthermal – type events recorded around the
PETM, or is there a tectonic driver such as volcanism or metamorphic decarbonation
reactions? Or is it a the result of orbital controls as seen in the waxing and waning of
Oligocene ice sheets (Pälike et al., 2006a)?
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Other times in Earth’s history document changes where the eventual change is smaller
than the magnitude of the initial change, but a shift in the climate state has occurred. For example the Eocene – Oligocene boundary, whatever the mechanism for
pre-conditioning, rather than migrating from one equilibrium climate state to the next,
experiences an overshoot into an extreme climate state before settling into the new but
more moderate climate state. δ 18 O records (Diester-Haass, 1996; Zachos et al., 1996;
Coxall et al., 2005) show a more severe cooling and “deep” glaciation that was seen
for the rest of the Oligocene. Similarly the CCD overshoots during the recovery from
the PETM. These examples illustrate how feedback mechanisms are not instantaneous
and there is a lag in their response. Therefore, one hypothesis could be, that whatever
mechanism caused the ending of this global cooling period from 42 – 40.5 Ma, then
caused an overshoot in the climate system which altered the Earth system into a period
of warming. This was then only ended by rapid cooling caused in part by the burial of
organic carbon. Alternatively the length of MECO compared to the speed of feedback
mechanisms at the PETM may suggest a continual external forcing.
Above, I have briefly speculated on the origin and recovery from the PETM and MECO
events that represent the interaction of feedbacks in the Earth’s carbon cycle to external
forcing mechanisms. In order to understand the driving of climate at these times it is
vital to fully integrate and identify both the timing of possible external forcings with
the response time of feedbacks within the global carbon cycle.

7.3

Directions for the future

I have taken the opportunity in the discussion to be speculative about the origin and
control on events through the late Paleocene – middle Eocene period. Higher resolution
records at the important boundaries between observed long term cooling and transient
warming should aim to explore how changes in the global carbon cycle are related to
the observed environmental changes. I have suggested above that the interaction and
rate of feedback mechanisms may be key in controlling the amplitude and duration
of events and whether these may shift into an alternative (quasi) climate state. In
particular, high resolution long term studies into the PETM may confirm the existence
of the hyperthermal type δ 13 C excursions described in Chapter 6. Reconstructing these
carbon cycle changes on the long term warming trend during this period may provide
insight into the mechanisms for the PETM and how it was related to the period of
global warming. Similarly, the transition from the cooling interval of the middle Eocene
to the MECO warming will help to elucidate the interaction of climate drivers, be they
external or orbital.
Most of the records I have referred to throughout this thesis were recovered from equatorial or Southern Ocean settings. Records from shallow settings have been shown to
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be important for understanding climatic events, such as records from Tanzania (Pearson et al., 2007) and the New Jersey margin (John et al., 2008). In Chapter 5 I have
suggested that organic carbon burial in these settings may explain the recovery from
the MECO event. Identification of shallow marine outcrops on land will potentially
provide expanded sections for study of these important transitions. There are many papers describing the biomagnetostratigraphy of Tethyan Paleocene and Eocene sections.
These are, however, not well integrated into the academic literature, with many higher
impact peer reviewed papers coming mainly from ODP and IODP expeditions. These
land based sections offer the opportunity to acquire larger sediment samples, often over
more expanded sections, albeit problems with diagenesis and preservation (e.g. pyrite
replaced foraminiferal walls in some MECO samples at Alano) need to be considered.
Finally these papers need to become better integrated with the wider community of
ODP and IODP publications and results. Both Chapters 5 and 6 begin to illustrate how
combining the two improves our overall understanding of Eocene climate evolution.
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Röhl, U., and L. J. Abrams (2000), High resolution, downhole, and nondestructive core
measurements from Sites 999 and 1001 in the Caribbean Sea: Application to the late
Paleocene thermal maximum, in Proc. Ocean Drilling Program, Sci. Res., vol. 165,
edited by R. M. Leckie, H. Sigurdsson, G. D. Acton, and G. Draper, pp. 191–204,
Ocean Drilling Program, College Station, TX, doi:10.2973/odp.proc.sr.165.009.2000.
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Röhl, U., T. Westerhold, S. Monechi, E. Thomas, J. C. Zachos, and B. Donner (2005),
The third and final early Eocene thermal maximum: characteristics, timing and mechanisms of the ”X” event, Geological Soceity of America Annual Meeting, Abstract
37.264.

188

BIBLIOGRAPHY

Röhl, U., T. Westerhold, T. J. Bralower, and J. C. Zachos (2007), On the duration of the
Paleocene-Eocene thermal maximum (PETM), Geochemistry Geophysics Geosystems,
8 (Q12002), doi:10.1029/2007GC001784.
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Green, Darryl RH (2008): Paleogene record of elemental concentrations in sediments
from the Arctic Ocean obtained by XRF analyses, Paleoceanography, 23, PA1S09,
doi:10.1029/2007PA001489.
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