HJNIVERSITY OF

Southampton

University of Southampton Research Repository

ePrints Soton

Copyright © and Moral Rights for this thesis are retained by the author and/or other
copyright owners. A copy can be downloaded for personal non-commercial
research or study, without prior permission or charge. This thesis cannot be
reproduced or quoted extensively from without first obtaining permission in writing
from the copyright holder/s. The content must not be changed in any way or sold
commercially in any format or medium without the formal permission of the
copyright holders.

When referring to this work, full bibliographic details including the author, title,
awarding institution and date of the thesis must be given e.g.

AUTHOR (year of submission) "Full thesis title", University of Southampton, name
of the University School or Department, PhD Thesis, pagination

http://eprints.soton.ac.uk



http://eprints.soton.ac.uk/

UNIVERSITY OF SOUTHAMPTON

FACULTY OF SCIENCE
School of Ocean and Earth Science

Decadal variability of the subtropical gyre and deep meridional

overturning circulation of the I ndian Ocean

by

Matthew D. Palmer

Thesis for the degree of Doctor of Philosophy

June 2005



GRADUATE SCHOOL OF THE
SOUTHAMPTON OCEANOGRAPHY CENTRE

This PhD dissertation by
Matthew D. Palmer

has been produced under the supervision of the following gerson

Supervisor

Jochem Marotzke

Chair of Advisory Panel

Martin Palmer

Member/s of Advisory Panel

Harry Bryden



Abstract

The work presented in this Thesis concerns the large-seallation of the Indian Ocean
and follows three lines of investigation: (i) decadatiafaility of the subtropical gyre
circulation; (i) decadal variability of the deep meriadd overturning circulation (MOC);
and (iii) the influence of diapycnal diffusivity on quaseady MOC states.

The decadal variability of the subtropical gyre transpwmer the ocean interior
(away from boundary currents) is investigated using hydrogragaia from 32°S.
Estimates of the relative gyre transports are: 41145¥.(1 Sv = 10m’s?) for 1987, 42 +
7.0 Sv for 1995 and 58 = 7.0 Sv for 2002. This represents a 40%gsech®m 1987 to
2002. The main areas of change in the geostrophic transperjissaeast of Madagascar
Ridge and around Broken Plateau, which is consistent witbreinces observed in the
isopycnal depths in these areas. Maps of contoured welsgggest that most of the
change happened between 1995 and 2002, which supports the trastapates.

The 1987 and 2002 hydrographic data are then combined with aakgiodel of
the Indian Ocean to investigate the impact that clamgeonditions near 32°S might have
on the deep MOC. The model has lateral open boundargs’&tfor the Southern Ocean
and 122°E for the Indonesian Throughflow. The meridionalc#gidield dominates over
density at the southern boundary (SB) in determining tketveide deep circulation on
decadal timescales. The initial adjustment of the de®CND the first 5-6 years of model
integration and shows a large sensitivity to the SBltémns. With ‘best’ estimates of the
flow field near 32°S the model shows a 6 Sv and 16 Sv deep MOCO87 and 2002,
respectively. There are also changes in the zonal steuofuthe deep circulation. The
results suggest that the Indian Ocean exhibits decadabiity in the size and structure of
the deep MOC. Furthermore, the apparent inconsistenayebntprevious non-GCM and
regional GCM studies may be a result of the latbralndary conditions, rather than a
conflict in the model dynamics.

200-year model integrations suggest that quasi-steady M&€ssih the Indian
Ocean are reached on century time scales. The siaetuse and adjustment time of the
quasi-steady deep MOC are controlled by the distributibdiapycnal diffusivity (k).
The zonal mean distribution ofyKequired to support the prescribed deep inflow at the
model SB can be estimated using a one-dimensional (Th@ctave-diffusive balance in
isopycnal layers. The 18 Sv overturning circulation putvard by Ferron and Marotzke
[2003] (FM) collapses when their model configuration iegnated to quasi-steady state
under a number of differentsegimes. With a diagnosed, Kield only 70% of the FM
circulation can be supported in quasi-steady state, andKK{healues are an order of
magnitude larger than recent observations suggest. Thesreaply that one can get a
good a priori estimate of thegKield required to support a quasi-steady model MOC by
applying a 1-D advective-diffusive balance in isopycnal ksyker the SB conditions.
Overall, the research highlights the need to implememiroved estimates of (non-
uniform) K4 in ocean GCMs when investigating quasi-equilibrium modeést
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Chapter 1: Introduction

1.1 The oceans and climate

We live in a world of changing climate. There is littleubt amongst the scientific
community that carbon-dioxide levels and global meamé&satiure have been increasing
since the Industrial Revolution and will continue to @ase in the near future. Given the
potentially disastrous consequences of rising sea levekased storm activity and a
weakening or shutdown of the thermohaline circulationretiieas never been a greater
need to understand the Earth climate system.

The oceans play a crucial role in the current clinzaté will have an important
influence on future climate change. They cover an eoosnarea, providing the surface
temperature boundary condition for the atmosphere overdf@be Globe. The oceans are
very efficient at absorbing incoming solar radiationl aransport huge amounts of heat
poleward [renberth and Cargn2001]. Atmosphere-Ocean exchange has an important
impact on greenhouse gas concentrations and the oceaasnatural source of aerosols,
which influence global cloud cover. The oceans haveng memory and respond only
slowly to changing atmospheric and radiative condit[ers. Siedler et al. 2001].

In order to make predictions about the future climats itmportant to understand
the current climate. This necessitates an unders@ndinthe present global ocean

circulation, of which the Indian Ocean is an integrat (figures 1.1, 1.2).
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1.2 Ocean circulation

The ocean circulation determines many of the oceanjmepties that are important
for climate, such as primary production (and associatekepfaCQ), local sea level and
the transport of heat and freshwater. Here we introdwee aspects of the ocean
circulation that are of climatic importance: (i) tbeean gyres (figure 1.1); and (ii) the

meridional overturning circulation (figure 1.2).

1.2.1 The ocean gyres

The ocean circulation in the upper 1000m or so is domirmtéide influence of the
winds. For the mid-latitudes, the result is a seriesbrmfad ocean gyres with small
equatorward velocities and narrow, intense western boynclarents carrying water
poleward (e.g. the Gulf Stream). The rate of subdudtimandrawing down of high-latitude
surface waters into the ocean interior) in an ocgam largely determines dissolved
oxygen concentrations, which has important implicatitorsthe global carbon budget
[Joos et al. 2003]. The gyres and western boundary currents areimalsortant for
transporting heat and salt to the high-latitudes, whichas been suggested, stabilizes the
North Atlantic overturning circulationLpngworth et al.in pres$. Typical mean current
speeds in the ocean gyres and equatorial current systerb§°a10" ms* and the western
boundary current speeds are orders of magnitude larger (Y1 ffike asymmetry of the
gyre circulation arises because of the Earth’s imtatnd the so-called ‘westward

intensification’ is addressed in a classic paper by Stdifit48].
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Figure 1.1: A schematic of the surface ocean currentsfrom Schmitz [1996].

1.2.2 The meridional overturning circulation

The meridional overturning circulation (MOC) is thenatly integrated flow within
an ocean basin (e.qg. figure 1.2). Such a description dafiiti@ation is important as it sets
the overall budget of various properties of a given basioh as the heat and freshwater
transport. The MOC of the world ocean is charactérisethe formation of North Atlantic
Deep Water (NADW) in the Atlantic and the formation Gircumpolar Deep Water
(CDW) and Antarctic Bottom Water (AABW) in the SoutheéOcean (figure 1.2). These
downward branches of the MOC, which occur at a few iedldormation sites, are
balanced by upwelling in the ocean interior. Determining guoentifying the return
pathways of the deep water masses (particularly NAD®Mndamental to understanding

the heat and freshwater transports associated wittheye circulation.
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SLW  Surface Layer Water NADW North Atlantic Deep Water

SAMW Subantarctic Mode Water UPIW  Upper Intermediate Water, 26.8 < 5, < 27.2
RSW Red Sea Water LOIW  Lower Intermediate Water, 27.2 < 0y<27.5
AABW Antarctic Bottom Water IODW  Indian Ocean Deep Water
NPDW North Pacific Deep Water BIW Banda Intermediate Water

ACCs  Antarctic Circumpolar Current System NIW  Northwest Indian Intermediate Water
CDW  Circumpolar Deep Water

Figure 1.2: A schematic of the World Ocean meridional overturning circulation from Schmitz [1996].
Surfacecirculationsarein purple, intermediatearein red, deep in green and near-bottom in blue.

1.2.3 The ‘steady-state’ perspective

Measuring the currents in the ocean is a challenging gmobkcause observations
are limited and at any given time the velocity fielddesminated by the presence of
mesoscale eddies (the ‘weather systems’ of the dc€his problem is exacerbated in the
deep ocean, where observations are few and meantiedaie very small (typically a few
mms?). Traditionally, oceanographers adopted the idea thabtean circulation is in
‘steady-state’, in order that observations fromet#ht years could be combined to build
up a picture of the ‘mean’ ocean circulatié®ynsch 1996]. There is some justification in
this perspective because the interior density structurthedfocean interior adjusts to
atmospheric conditions via the translation of barocliRossby waves, which take years or
decades to translate across the major ocean basipsGj#, 1982]. It is important to
appreciate that many of our conceptual pictures of thenoce@aulation have their
foundations in steady-state thinking, including those ptedan figures 1.1 and 1.2.

Inverse box modelsWunsch 1996] provide a means of estimating the ocean
circulation in a way that is consistent with ocean dyica and some additional
constraints, such as simple biology and geochemi3ing steady-state assumption is

implicit in this approach, since data from differenaiggeare combined to infer the mean
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circulation over some time period. Ganachaud [2003a] usedodmaphic sections
collected as part of the World Ocean Circulation Expent (WOCE) to estimate the
mean global ocean circulation over the period 1985-1996 niddel solution is ‘optimal’

in that it best satisfies a number of constraintsluding approximate conservation of
mass, heat, salt and silica. Ganachaud’s estimate dloth field near 32°S in the Indian

Ocean is used in model experiments presented in chapeds 3l

1.3 TheIndian Ocean

The Indian Ocean is the smallest of the world’s asgaccounting for about 14%
of the area of the global ocean. It is also perlthpdeast well understood in terms of its
dynamics, owing to a poor observational database andlerropean geometry (figure
1.3). The Indian Ocean is unique in exhibiting a seasonallgrsing atmospheric and
ocean circulation, known as the monsoon systéieuk and Reverdin2001] (figures 1.4,
1.5). The ocean has connections to the Pacific vidnd@nesian Seas to the east and to
the Southern Ocean in the south (figure 1.1). In a glodatext the Indian Ocean is most
notable for providing one of the return pathways for Nétlantic Deep WaterGordon
1986;Gordon et al, 1992] (figure 1.2). This flux of heat and salt from theidndOcean to
the South Atlantic around the tip of South Africa hasrbsuggested to have a stabilizing
affect on the global MOCWeijer et al, 2001].
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Figure 1.3: Map of the Indian Ocean sub-basins and topographic ridges. The lines are the smoothed
4000m depth contour.

1.3.1 The tropical monsoon circulation

The Indian Ocean is unique among the world’s oceansainit is bounded to the
north at mid-latitudes by the Asian continent. The tesyimeridional land-sea contrast is
responsible for the seasonal reversal of the windswknas the monsoon (figure 1.4).
Associated with the monsoon winds is a dramatic changiee surface ocean currents of
the tropical Indian Ocean (figure 1.5). The winter mams¢Northeast monsoon), which
occurs between December and March-April is charactei®e north-easterlies north of
the equator and the Inter-tropical Convergence Zone (JTiég zonally at about 10°S
(figure 1.4). During the summer monsoon (Southwest monsocourring between June
and September-October the winds north of the equaterse completely. In this phase
the monsoon winds are much stronger and the ITCZ meesraler the Asian continent

(figure 1.4), bringing the monsoon rains.



Chapter 1: Introduction

20°N 20°N

0° 0°
20°S 20°S |

40°S 40°S |

Il 1 1

40°E 60°E 80°E 100°E 120°E 40°E 60°E 80°E 100°E 120°E

Figure 1.4: Prevailing winds during the Northeast monsoon (left) and Southwest monsoon (right). The
location of the ITCZ isindicated by the dashed lines. Figure from Fieux and Reverdin [2001].

The monsoon winds drive some extraordinary changes sutif@ce currents of the
tropical Indian Ocean (figure 1.5). During the Northeasinsoon we observe the
formation of the Somlai Current and South Equatoriali@ercurrent, which are not
present during the Southwest monso&@cHott and McCreary2001]. The Southwest
monsoon sees a reversal of the flow around the afastdia and Sri Lanka, and the
formation of the Southern Gyre and Great Whirl off &frican coast.

24°N 24°N
12°N 12°N

0° 0°
12°s 12°s
24°S 24°5
36°S 36°S

36°E  54°E  72°E  90°E 108°E

36°E  54°E  72°E  90°E  108°E

Figure 1.5: The near-surface circulation during the Northeast monsoon (left) and Southwest monsoon
(right). Currents indicated are the Agulhas Current (AC), South Equatorial Current (SEC), South
Equatorial Countercurrent (SECC), Northeast and Southeast Madagascar Current (NEMC and
SEMC), East African Coast Current (EACC), Somali Current (SC), Southern Gyre (SG) and Great
Whirl (GW), West Indian Coast Current (WICC), East Indian Coast Current (EICC), Northeast and
Southwest Monsoon Current (NMC and SMC), South Java Current (JC) and Leeuwin Current (LC).
Figur e adapted from Schott and M cCreary [2001].

Although the tropical ocean circulation changes radidagtween seasons, there is
little influence of the monsoon south of about 10°S. madel study, Lee and Marotzke
[1998] found that deep circulation of the Indian Ocean sdoawemonsoonal signal,
associated with the changing Ekman transports and atréyic (depth-mean)
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compensation flow. However, the annual mean deep di@alavas similar to a previous
model solution using annual mean winded¢ and Marotzkel997], which suggests that
the monsoon has little influence on the deep circulatimiong time-scales.

1.3.2 The Agulhas Current and subtropical gyre circulation

South of about 20°S the Indian Ocean has a fairlyc&ypsubtropical gyre
circulation. There is broad equatorward flow over tlbeam interior (figure 1.5) and an
intense poleward current at the western boundary — thdhAs Current. The Agulhas
Current is one of the world’s most energetic westerandary currents, with velocities
reaching 1.8 m&[Beal and Bryden1999] and an estimated mean transport of 70 + 20 Sv
[Bryden et al. submitted manuscript]. The current has a large vesivadr of horizontal
velocity and has be observed to exhibit equatorward flowlepth Beal and Bryden
1997].

Bindoff and McDougal [2000] observed changes in the subaictanctde water
(SAMW) and Antarctic Intermediate Water (AAIW) near S2Between 1965 and 1987.
Both water masses we observed to have freshened and cbb&sk water masses are
ventilated south of the subtropical gyre, subduct andemmorthward and become the
thermocline waters near 32°S. Using a simple watesmeaslel Bindoff and McDougall
1994], the authors showed that the changes could be explame surface warming in the
SAMW formation region and by increased precipitatiomtfation region of AAIW. Banks
and Bindoff [2003] found the same trend in a coupled climaeel and classified the
cooling and freshening on isopycnals as the fingerprintthf@pogenic climate change.

Bindoff and McDougall also found a decrease in oxygen carat&ms between
1965 and 1987, which they explained by slight slowing of thergpibtl gyre circulation.
McDonagh et al [2005] observed a reversal of the upper tdwdima trend in oxygen
concentrations and the SAMW properties for data colileate2002. They suggest that
variability in this mode water is due to variations ie #ir-sea heat flux in the formation
region. The implied speed-up of the gyre between 1987 and 2002aspihe notion of a
large-scale reorganization of the ocean circulatiaegponse to anthropogenic forcing.
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A high resolution hydrographic section at 32°S in the Indiaean has only been
occupied twice to date; first in 198Tdole and Warren1993] and then again in 2002
[Bryden et al. 2003b]. The advent of the 2002 repeat section preserdppartunity to
investigate changes in the density structure of the uppterwolumn that are associated
with a change in the gyre strength. A comparison oftéee sections from a dynamic
perspective and implications for changes in the gyre aitiom are discussed in chapter 4,
which is based on the work of Palmer et al [2004].

1.3.3 The Indonesian Throughflow

The Indian Ocean is connected to the Pacific by tderlesian Seas. The inter-
ocean exchange that occurs through the Indonesian Arapgpel known as the
Indonesian Throughflow (IT) and has an important influencethe mass, heat and
freshwater budgets of the Indian and Pacific Oce@wslfrey 1996]. The IT brings warm,
relatively fresh water into the eastern Indian @cedth a mean transport of about 10-20
Sv [Ganachaud 2003a;Godfrey and Masumotd 999;MacDonald 1998]. However, the
Throughflow is known to show large variability on timeakes from weeks to years and
can exhibit westward or eastward transport at any givea [@printall et al, 2002]. The
effect of the IT on the Indian Ocean circulatioglies warming of the Agulhas outflow
and a deepening of the ocean-wide thermocliedfrey 1996].

1.3.4 The meridional overturning circulation

The MOC of the Indian Ocean is a two cell structditee first is a shallow, cross-
equatorial cell that is a result of subduction in tbet8 Indian Ocean and upwelling north
of the equator. The shallow MOC has an estimated $i@eSe and is thought to contribute
little to the meridional heat transpo&dhott et al.2002]. The second overturning cell is a
consequence of deep inflow into the ocean basin froradtth and upwellingh the ocean
interior. The dense water masses that enter acros &2° North Atlantic Deep Water
(NADW, confined to the west) and Circumpolar Deep WaB\V) (figure 1.2). The rate
at which these water masses flow northward into tldéah Ocean and the route they take
before exiting to the south determines the size and stauof the deep MOC. Because the
Indian Ocean is closed to the north below 2000m, son@eestimate the MOC simply
by calculating the inflow below this depth.

Despite numerous studies using both hydrographic data andicaihmsodels, the
size and structure of the deep MOC remains poorly consttaifoole and Warren [1993]

10
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used a hydrographic section at 32°S and water properties tongeteax geostrophic deep
inflow of 27 + 10 Sv. Robbins and Toole [1997] realized that fibis field violated the
silica budget and added silica conservation as a camstfdrough an inverse calculation
they obtained a weaker deep inflow of 12 + 3 Sv. Subseduoesrtse studies, using the
same 1987 section, by Ganachaud et al. [2000] and Sloyan atedilRE001] estimated
the MOC as 11 = 3 and 23 + 3 Sv, respectively. Bryden antl[B@al] showed that the
size of the MOC was sensitive to the strength of thellldas Current. Using acoustic
Doppler current profiler measurements in the Agulhase@trto reference a geostrophic
flow field they estimated an MOC of 10 Sv.

In contrast to the studies discussed above, most gereahtion models (GCMs)
have shown a weak deep overturning, typically of a fewlBese include regional Indian
Ocean GCMs [e.gLee and Marotzkel1997;1998;Zhang and Marotzkel999], global
ocean GCMs [e.gGarternicht and Schattl997;Stammer et al 2002] and coupled ocean-
atmosphere GCMs [e.@®anks 2000]. The exception is the work of Ferron and Marotzke
[2003] who invoked an 18 Sv overturning in a regional model ofritlean Ocean. This
result was achieved by constraining the model interiomé&bch (within the estimated
errors) hydrographic observations made as part of theldWdicean Circulation
Experiment (WOCE).

The limitations of Ferron and Marotzke’s work are désad in chapter 5, where
we improve upon their model set-up and evaluate the long4tahility of their model
solution. We also test the sensitivity of quasi-steadyrtovning states to the distribution of
diapycnal mixing in the model interior — an issue whichas addressed in the previous
GCM studies. In chapter 4 we attempt to address the waattuoning that typifies the
model studies by using hydrographic sections to force theeoubloundary of a regional
GCM. This is the first time, to our knowledge that suchapproach has been used to
investigate the deep MOC of the Indian Ocean.

In our model experiments we do not test the sengitofitthe Indian Ocean deep
MOC to the magnitude of the IT. We note that in a cedippcean-atmosphere model,
Banks [2000] finds an increase in the MOC (which is iltytiamall) when the strength of
the IT is reduced by restricting the flow with modifiedHyanetry or by enforcing a zero
net IT. However, in a regional Indian Ocean GCM,réerand Marotzke [2003] find that
their estimate of the MOC is little influenced by the dtrength. We acknowledge the
potential of the IT strength to influence the MOC in oundel runs but leave such

sensitivity studies for future work.

11
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1.4 Research overview

This research presented in the following chapters isetord with variations in
the large-scale circulation of the Indian Ocean de@adal time scale and on the influence
of diapycnal mixing on quasi-steady overturning stateg. dimalysis concentrates on the
period from 1987 to 2002, when two complete hydrographic tramsactoss the
subtropical Indian Ocean were occupid@d¢le and Warren1993;Bryden et al.2003b].
The hydrographic observations are used to assess changée isulitropical gyre
circulation and also to infer changes in the basin-iategh meridional overturning,
through the use of a general circulation model (GCM)e Tinal piece of research
investigates the influence of prescribed diapycnal mixingsels on the sustainability of
overturning regimes in a GCM.

1.5 Summary

* An understanding of the global ocean circulation i®®ssl in order to predict
future climatic changes.

» The Indian Ocean is an important component of theajlocean circulation.

» The subtropical gyre and deep overturning circulation®fcématic importance.

» There is controversy about the size and structure afébp meridional overturning
circulation.

» The research in the following chapters investigates:
0] decadal changes in the subtropical gyre circulation (eh&)t
(i) influence of conditions near 32°S on the overturning @t@n (chapter 4);
(i)  sensitivity of quasi-steady overturning states to diaplenixing (chapter

5).
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Chapter 2: Description of the Indian Ocean model
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2.1 Introduction

Much of the work presented in this thesis uses the Mhssatts Institute of
Technology general circulation model (MITgcm). The model andcagabilities are
described in detail by Marshall et al. [1997a; 1997b], sofmehich is repeated here.
MITgcm model documentation and model code is freely availablehé research
community from http://mitgcm.org. The purpose of this d¢bapis to review the
architecture of MITgcm and describe the Indian Ocean inaded in this thesis.
Descriptions of the model domain, initial conditions, boundasgddions and model
forcings are presented. The model configuration is basdtatrof Ferron and Marotzke

[2003] and we include a summary of their work.

2.2 MITgcm

The MITgcm uses a-coordinate for vertical discretization, whereepresents the
vertical distance from a static ocean surface undermoiyalic balance. These so-called °
coordinate’ models are the most widely-used ocean modedy.tddhez-coordinate is a
good framework for modelling diabatic processes (such asdban mixed layer) and the
community has many years of experience using this tfpeoordinate. However,
computing advection and diffusion along isopycnal surfacesz-models requires
computationally-costly parameterisations and bathymetgergerally poorly represented
[Griffies et al., 2000]. The model domain is separated into many celigshnare cuboids
by default, but individual cells can be ‘shaved’ to ioyw the representation of ocean
bathymetry Adcroft et al., 1997]. The ocean state variables are staggered in theraltiz
plane using an Arakawa C gritfigsinger and Arakawa, 1976], with potential temperature
(6) and salinity (S) averaged over the cell volume and Jwglammponentsy, v, w)
located at the centre of the cell faces (figure 2.1).
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Figure 2.1: (left) A schematic of the model grid with sperical polar coordinates. (right) The relative
positions of ocean state variables on the Arakawa ‘C’ gridTemperature (T), salinity (S) and pressure
are cell mean quantities. Figure adapted from Marshalét al. [1997b].

At each model time step, MITgcm solves a simplifiedrfarf the incompressible Navier-
Stokes equations, under the Boussinesq approximatiime model can be used in
hydrostatic and nonhydrostatic modes, making it a very flexiod for studying
oceanographic phenomena over the full range of oceanic landthime scalesVfarshall
etal., 1997b].

2.3 Model configuration

The basic model configuration used here is derived froninttian Ocean analysis
of Ferron and Martozke [2003] (hereatfter referred t&M$, which is discussed in section
2.4. The modifications to the original configuration includedified bathymetry near the
southern boundary for some model runs (section 2.3.1) and imptation of an eddy

parameterization and an isopycnal mixing scheme (secisoR)2

2.3.1 Model domain and resolution

MITgcm is configured for the Indian Ocean over a danme&itending from (24°E,
35°9S) to (123°E, 26°N). The limited domain makes best usavaifable computing
resources, but necessitates the use of open boundaries at fb22%e Indonesian
Throughflow and at 35°S for the Southern Ocean (figu2e Zhe horizontal resolution is
1°x1° and there are 22 vertical levels with vertical ltggn of 10-500m (table 2.1). In
keeping with previous modeling work and to minimize comjantal load, the hydrostatic
approximation is made. The complex topography of the Indon@$iasughflow is not

" Under the Boussinesq approximation density differenaeigaored) is replaced by,), except where
they give rise to buoyancy forces [eGjll, 1982].
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included in the model. Instead, a single channel repregettimm Throughflow occurs
between the Australian coast and the Indonesian contingmedl (figure 2.2). The Red

Sea is also not included in the model.

Model Level Level Thickness (m) Level Mid-Point (m) Level Bottom (m)

1 10 -5 -10

2 10 -15 -20

3 15 -27.5 -35
4 20 -45 -55

5 20 -65 -75

6 25 -87.5 -100
7 35 -117.5 -135
8 50 -160 -185
9 75 -222.5 -260
10 100 -310 -360
11 150 -435 -510
12 200 -610 -710
13 275 -847.5 -985
14 350 -1160 -1335
15 415 -1542.5 -1750
16 450 -1975 -2200
17 500 -2450 -2700
18 500 -2950 -3200
19 500 -3450 -3700
20 500 -3950 -4200
21 500 -4450 -4700
22 500 -4950 -5200

Table 2.1: The vertical levels used in the Indian Oceanadel

The default model bathymetry comes from the ETOPO5 (198®ppHdata set of
land and sea floor elevations, which has a 0.08°x0.082dmbal resolution. The model
bathymetry was constructed by applying a simple intetjpolaoutine to the ETOPO5
data and then modifying some of the key regions by hand effample, near the
boundaries and a few deep passagesrpn, pers. comm.]). In some model experiments
hydrographic data are used to force the southern boundemyhich case the model
bathymetry is modified to reflect bathymetry of tilskip track (figure 3.1) or the
geostrophic flow field of an inverse box model estimatg.[@oyan and Rintoul, 2001,
Ganachaud 2003a]. The modified bathymetries (figure 2.3) are dugdctaover the
latitudes 35°S to 32°S in order to allow the relatively ndiggh-resolution flow field to

adjust to the model dynamics (see chapter 4).
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Figure 2.2: A map of the model bathymetry. The data have B smoothed to show the mid-ocean

ridges more clearly.
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Figure 2.3: The different bathymetries used at the modedouthern boundary. The ETOPO5 section at
33°S (black); the bathymetry for the Ganachaud [2003a] estimaig@ipper, green); the McDonagh [in

prep.] estimate (upper, blue); the 1987 section bathymatr(lower, green); and the 2002 section
bathymetry (lower, blue).
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2.3.2 Model parameters

One of the limitations of the FM configuration was the u$éharizontal and
vertical diffusivities (K, K,) to simulate mixing in the ocean. A more physical
representation of mixing is to orient the diffusive fluboreg isopycnals, using the
parameterisation put forward by Redi [1982]. This prévetine spurious diapycnal
diffusion caused by sloping isopycnals when using horiziwetdical mixing, known as
the ‘Veronis effect’ Yeronis, 1975]. In MITgcm, isopycnal mixing is combined with the
Gent-McWilliams parameterisation to simulate the preseof mesoscale eddies in coarse
resolution modelsGent and McWilliams, 1990]. The combined GM/Redi parameterisation
[Griffies et al., 1998] is used in all model runs presented in the follgwimapters, though
some model runs have been duplicated with the simpler htaia@rtical mixing scheme

to verify the model set-up. The model parameter values apptdnle 2.2.

Model Parameter Symbol Value
Domain size (i, j, k) NxxNyxNz 100x62x22
Vertical eddy viscosity A 2x10° st
Horizontal eddy viscosity A 2x10 mfs?
Diapycnal tracer diffusivity (T, S) K 2x10° st
Isopycnal tracer diffusivity K 1x10° m'st
Gravitational acceleration g 9.81 s
Momentum time step mt 3600s
Tracer time step Tt 3600s

Table 2.2: Parameter values used for the Indian Ocean molde

2.3.3 Boundary conditions

Where the ocean is bounded by topography, there is a conditimfloiw normal
to the solid boundary and a no-slip condition parallel to the boynd&e model has
lateral open boundaries (where mass and tracers may leaveotted domain) on the
southern and eastern edges of the model domain (figlde At these locations
temperature, salinity and velocity normal to the boundarypeescribed at each time step,
from a linear interpolation of monthly velocity and tradelds. At open boundaries the
model code requires identical velocity fields (and bathyyhetiong j = 1, 2 and i = NXx,
Nx-1, where Nx is the number of grid points in the x-digect(figure 2.4). This arises
from the need to represent the Coriolis terms in theagons of motion on the ‘C’ grid
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(because ther andv components are not co-located). A uniform correction vglos
applied to southern boundary to ensure mass/volume conservatiemodel interior.

At the surface boundary a ‘Rigid Lid’ [e.gsill, 1982] is employed to avoid
problems with a free surface and the lateral open bousd&igface windstress values are
prescribed to simulate the transfer of momentum todbtean from the atmospheric
boundary layer. The surface heat and freshwater forciega aombination of prescribed
fluxes and 30-day restoring to climatological values. byia model run, surface forcings
are linearly interpolated from daily surface fluxes awee-daily wind stress fields. The
surface and lateral boundary forcings are described imgs@.5 and 2.6.

I
2 =
Il Il
< O« ) v-velocity
< O 4 < u-velocity
< O« O TandS
=) Land cell
et e A A
j=1 (o] (o] (o] (o] (o] o]
L e e L

Figure 2.4: A schematic of the open boundary scheme uséd the Indian Ocean model. Velocity
normal to the boundary is prescribed at each time step ovall model levels atj =1, 2 and i = Nx, Nx-1.
Temperature and salinity are prescribed for each timetep at j =1 and i = Nx.

2.3.4 Model initialisation

At the start of a model run initial values for potentehperaturef, salinity (S)
and theu- and v-components of velocityw( is inferred from mass conservation) are
required for the ocean part of the model domain. Two éiffemodel initialisations are
used in the model work (table 2.3). Initializations A @&dre used in the modelling work
presented in chapters 4 and 5, respectively (table Bh&)FM surface heat and freshwater
fluxes and mean sea-surfage@and S values from the World Ocean Atlas 1994 (hereafter
referred to as ‘WOA94’) Uevitus and Boyer, 1994; Levitus et al., 1994] are shown in
figures 2.5 and 2.6, respectively. Where hydrography i8 tsséorce the open boundagy,
and S between 35°S and 32°S are the observed values.
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Initialisation A Initialisation B
Potential temperature WOA94 January values 10-year model spin-up
[Levitus and Boyer, 1994] [Ferron and Marotzke, 2003]
Salinity WOA94 January values 10-year model spin-up
[Levituset al., 1994] [Ferron and Marotzke, 2003]
Velocity (u andv) u=v=0 10-year model spin-up
[Ferron and Marotzke, 2003]

Table 2.3: Temperature, salinity and velocity fields fotthe ocean interior at time = 0.

2.4 The Ferron and Marotzke (FM) Indian Ocean analys

FM combined an OGCM with World Ocean Circulation Exment (WOCE)
hydrographic observations to analyse the meridional oveniyiof the Indian Ocean. The
basic configuration of their Indian Ocean model is deedrih the previous sections, using
the ETOPO5 bathymetric data throughout the model domain.alKd used a simple
horizontal and vertical mixing scheme foand S, with values K= 10° and K, = 2x10°
m’s®. The 4D-variational method (section 2.4.3) used by FMiregtfirst-guess’ model
initial conditions and boundary forcings. These first guedddiare subsequently modified
in order that the simulated Indian Ocean circulafitethe observations, within certain
error constraints. The modified initialisation and fogs are referred to here as
‘optimised’ fields because they are associated with amaptmodel state. The first-guess
data are described in sections 2.4.1-2.4.3 and detah® ¢-M 4D-variational method are
reviewed in section 2.4.4. The first-guess and optimisezings are presented in sections
2.5and 2.6.

2.4.1 The NCEP/NCAR reanalysis

The FM first-guess surface heat and freshwater fluxesectrom the NCEP
(Natural Centers for Environmental Prediction)/NCARa(idnal Center for Atmospheric
Research) daily reanalysis values for 19Ré&liay et al., 1996] (hereafter referred to as
NCEP). The surface wind stress values are twice-dailyegafrom the same year. The
NCEP reanalysis combines meteorological observations witlinamical model of the
atmosphere to generate a complete description of past@teras states, from 1948 to
present. The reanalysis fields (e.g. surface temperah@at/freshwater flux or surface
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wind stress) are a ‘best guess’ of the spatial bistion of each quantity at a given time.
The reanalysis surface data are discretized on &2%” latitude-longitude grid and
linearly interpolated onto the Indian Ocean model 1°xif. gihe time-mean 1995 surface
heat and freshwater fluxes are presented in figurartizhe monthly mean wind stress for
January and July 1995 in figure 2.7.

2.4.2 The World Ocean Atlas 1994

The FM first guess model initial conditions and lateral bounétaings forg and
S come from the WOA94. The data consist of quality cdlettohydrographic cast
(reversing thermometers and water samples), CTD (Condyflemperature/Depth
probe), STD (Salinity/Temperture/Depth probe) and bhatyhograph observations
between 1900 and 1998dyer and Levitus, 1994]. The data have been combined and
interpolated onto a 1°x1° horizontal resolution grid withtldegs the vertical coordinate.
The vertical resolution is 10m near the surface and 5@0rthé deepest 8 levels, with a
maximum depth of 5500m. FM used the WOA94 climatological dgrtuand S values for
the first-guess initial conditions and the monthly-mean valae®rce the southern and
eastern boundaries. The annual méaand S for the ocean surface and southern and
eastern boundaries are presented in figures 2.6, 2 3. @nespectively.

2.4.3 The ECCO global ocean model

The FM first-guess open boundary velocities are monthly melkres/drom a
preliminary run of the ECCO (Estimating the Circulataord Climate of the Ocean) global
ocean estimationSammer et al., 1997]. In this preliminary run the ECCO model was
constrained by TOPEX/POSEIDON sea-surface height[&atat al., 1994] using the 4D-
variational method described in the following section. Siheework of FM, the ECCO
model has been improved to include more observational coristeand the resolution has
been increased from 2°x2° with 20 vertical levels to 1°with 22 vertical levels
[Stammer et al., 2002] (this latter data set is used in modelling prteseim Chapter 4). The
time-mean velocity fields for the first-guess at thetlsetn and eastern boundaries are
presented in figures 2.8 and 2.9.
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2.4.4 The 4D-variational method

FM analysed the meridional overturning of the Indian @aesang a 4D-variational
method [e.g.Le Dimet and Talagrand, 1986; Thacker and Long, 1988] and WOCE
hydrographic data. The 4D-variational approach is aatiter process that uses a forward
model and the adjoint of its tangent-linear model. Dutimg time integration of the
forward model, the cumulated misfits between model argktaralues (observations) are
computed using a pre-determined cost function. The model-dafasnare weighted by
error covariances chosen by the analyst. Following theafad model run, the adjoint
model is integrated backward in time to calculate thdigrd of the cost function to some
independent variables of the model (the control variablegjegcent algorithm is then
used to calculate the amplitude of the control variabletha at the next iteration, the
model trajectory is closer to the observations. Iteratidne forward model run with
updated control variables, followed by the adjoint modelare continued until the model
trajectory is consistent with the observations.

FM used the model forcings and initial conditions as contrabbkes and 1995
WOCE data throughout the Indian Ocean as the target obieas/alhe forward model
was the MITgcm configured for the Indian Ocean — idehtmdhat described here. The
adjoint model of the GCMMarotzke et al., 1999] was generated using the tangent-linear
and adjoint model compilerGering and Kaminski, 1998]. The forward model was
integrated for one year and the authors completed 2Qiotesato arrive at an ‘optimal’
model trajectory. Error covariances were based on deméndent errors in CTD
(Conductivity-Temperature-Depth) salinity and temperature.

The 4D variational method requires initial model conditions mwodel boundary
forcings, the so-called ‘first-guess’. The FM first-gaesurface forcings came from the
1995 NCEP surface fluxes of freshwater, heat and mamer{Kalnay et al). Open
boundary forcings were a combination of monthly-mean WO»&ldes ford and S, and
velocities from the 2°x2° ECCO global ocean mod&arhmer et al., 1997]. The first-
guess initial conditions came from year 10 of a model spinsupy the forcings described
above. During the spin-up T and S were relaxed to WQO®A81thly mean values over the
top 12 model levels to limit model drift (with restoringefficient of 10 days for level 1
and 30 days for levels 2-12).
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2.5 Model surface forcings

In this section we present the surface forcings usate modelling work. The
surface T and S forcings are a combination of dasgibed heat and freshwater fluxes
(figure 2.5) and a restoring to monthly-mean WOA94 serfaalues with a 30-day time
scale (figure 2.6). The atmosphere-ocean momentumféraisssimulated using 12-hrly

surface wind stress values (figure 2.7).
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Figure 2.5a: The annual mean heat flux (left) and freshwatefiux (right) for the FM first-guess (NCEP
1995 values Kalnay et al., 1996]). The units of heat flux are Wit and positive values indicate heat
input into the ocean. The units of freshwater flux ae Kgm?s'x10® and positive values indicate net
evaporation.
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Figure 2.5b: The optimized annual mean heat flux (left) andreshwater flux (right) fields from the FM
solution. The units of heat flux are Wn¥ and positive values indicate heat input into the ocearThe
units of freshwater flux are Kgm?s*x10® and positive values indicate net evaporation.

The FM first-guess (NCEP) heat flux (figure 2.5a) shdwesindian Ocean to be a
region of oceanic heat loss in 1995, with a mean value d \W4n? north of 32°S. Most
of the oceanic heat loss occurs south of the EquatorsArfegreatest heat loss include the
Agulhas current region (east coast of southern Afri¢ed;Llteeuwin current region (west
coast of Australia) and the eastern part of the spimtal gyre; and a tongue between 12°S

and 24°S that is probably associated with Indonesian Thilowg(iT) waters. The areas
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of greatest heat gain occur near the Equator off the ob&imalia and Indonesia; and in
the north-west Arabian Sea, off the coast of Oman.

The first-guess freshwater flux (figure 2.5a) shows titeah Ocean to be an area
of net evaporation, with a freshwater loss of 1.4xKgm?s™ north of 32°S. South of
about 10°S the areas of net heat loss and net evaporation tppeawell-correlated. The
Arabian Sea shows strong evaporation, particularly imtréh-west. The largest area of
freshwater input just south of the Equator, associatéd tve Inter-Tropical Convergence
Zone. There is also a small area of freshwater convergéghtiee coast of Burma, which
is probably associated with river run-off.

The optimized heat flux (figure 2.5b) shows substanhahges to the first-guess
field (figure 2.5a) with maximum changes exceeding + 80%%md a mean value of -27
Wm? The area of heat loss south of 10°S has spread ovépirtbe ocean, but the peak
values adjacent to the African and Australian coastgetteced. The equatorial area of
oceanic heat input near Indonesia has vanished, as haveohgatgence areas off the
north-east African coast and in the north-west AralSiea.

There are also substantial differences between thegfiess (figure 2.5a) and
optimized (figure 2.5b) freshwater fluxes, but the twadds are qualitatively more similar
than their heat flux counterparts. The main change effdntehe optimization seems to be
a reduction in peak values of freshwater flux. Again, thenop#éd field is noisier than the
first-guess field. After the optimizationet evaporation north of 32°S is reduced from
1.4x10% to 1.2x10° Kgm'®s™.
24°N 24°N
12°N 12°N
. .
12°8

12°s

24°s 24°S
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Figure 2.6: The annual mean sea surface temperature in °@{t) and sea surface salinity (right) from

WOA94.
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The WOA94 sea surface temperature shows a predomirmontl distribution over the
southern mid-latitudes (figure 2.6). The heat-advectdinence of the southward flowing
Agulhas and Leeuwin currents is apparent in the ‘diggpsotherms near the African and
Australian coasts. North of the equator surface isotheun in a north-east to south-west
direction in the western Arabian Sea. The warmestrgatecur near the equator, adjacent
to Indonesia and in the central north Indian Ocean.

WOA94 sea surface salinity shows a similar zonalepatto temperature in the
southern mid-latitudes (figure 2.6). North of the equatatues either side of the Indian
peninsular are split between freshwater inputs in theagasfreshwater loss in the west.
The freshwater input in the east is most likely river-off from the Asian continent. The
high salinity in the west arises from evaporation diier Arabian Sea and saltwater input
from the Red Sea and Persian Gulf.

The first-guess (NCEP) January winds (figure 2.7a) sétoong north-easterlies in
the north, which are typical of the winter monsoon (despter 1). Strong south-easterly
winds are adjacent to the Australian coast and exteedtbg ocean interior. There is also
a low-pressure synoptic weather system off the coadfladagascar. The July winds
(figure 2.7c) show weaker and less coherent winds in thér,ntbrough there is some
evidence of the south-westerlies associated with the summansoon. Further south, the
low-pressure system seen in the January data hasdneastward over the ocean. The
southern mid-latitudes show a wind-direction distribution Jolly that is similar to

January.
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Figure 2.7a: The mean surface wind stress for January of th&M first-guess (NCEP 1995 values
[Kalnay et al., 1996]).
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Figure 2.7b: FM optimized wind stress minus the firstguess for January.

There are no substantial large-scale differences betwee®N first-guess and
optimized surface wind stress fields over the oceamiamte The changes that occur are
limited to a few coastal regions and are unlikely to aherwind-driven overturning cell
substantially. For January, many coastal regions dee@xtra offshore component after
the optimization. This implies that there may be momngdhore transport and perhaps

26



ChapteD2scription of the Indian Ocean model

increased upwelling in these coastal regions. The optimaedis for July also show some

changes in coastal regions, but to a lesser extent thanithdanuary.
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Figure 2.7c: The mean surface wind stress for July of thFM first-guess (NCEP 1995 valued<alnay et
al., 1996]).
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Figure 2.7d: FM optimized wind stress minus the firstguess for July.
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2.6 Model open boundary forcings

Potential temperature, salinity and velocity norneathte boundary are prescribed
at the southern and eastern open boundaries at each timélstepwe present the FM
first-guess (WOA94/ECCO) and optimized open boundary forc(sge section 2.4.1).
The eastern boundary conditions presented here are adoptedhibut the work with

MITgcm. Those southern boundary conditions that incorporate bsaphy are presented

in chapter 5.
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Figure 2.8a: First guess (WOA94) time-mean temperature (umy left) and salinity (upper right) fields
for the eastern boundary. Optimized temperature minudfirst guess (lower left) and optimized salinity
minus first guess (lower right).
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Figure 2.8b: First guess (ECCO) time-mearnu-velocity for the eastern boundary (left) and optimized
velocity minus the first guess (right). Positive (negate) values indicate eastward (westward) flow.
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The first-guess (WOA94) eastern boundary temperaturesappgoximately
constant with latitude and show a typical strong deppedéence. The surface
temperature values exceed 25°C and this influence ofTthe felt by the Indian Ocean
interior (figure 2.6). In contrast the first-guess rséiks are approximately depth-
independent, except for some low values in the north in the 4®en. The changes to T
and S caused by the FM optimization are mainly in the uppeBQ0Of. For temperature
we observe a cooling of the surface layers and a wartmgtgw about 50m after the
optimization. For salinity there is a general freshgnabove 200m, with an isolated

surface grid-cell of increased salinity.
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Figure 2.9a: First guess (WOA94) time-mean potential tempature for the southern boundary (upper
panel) and FM optimized temperature minus the first guss (lower panel).

The first-guess (ECCO) zonal velocities show predomigaméstward flow, with
an eastward surface flow south of 10°S. The largdsties occur in the upper 300m.
The change effected by the FM optimization seems t@venthe meridional asymmetry
of the flow above 300m and reduces the westward flow itvibedeep channels. There is
also a reduction in westward flow along the southern flanthefmain channel (these
changes may be related to changes in the topography as ene thiet model domain).
These changes must lead to an increase in mean teutpevthe IT waters entering the

Indian Ocean.
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The first-guess (WOA94) southern boundary temperature (figlare 2.9a) shows
the rapid drop in temperature with depth that is comtoalil ocean basins. The isotherms
gently slope downwards in the east-west direction, wisiéhby-product of the subtropical
gyre circulation. The temperature distribution is much gherothan one would expect
from a single hydrographic section (see chapter 3). djptemized field of potential
temperature at the southern boundary (figure 2.9a) showsageswvarming in excess of
1°C. This warming penetrates to greater depth as one reagésard, eventually reaching
a depth of about 500m adjacent to the Australian CoasteTdre a few areas of slight
warming and cooling at mid-depths (20 to 1200m) and some stomlig@ features at the

sea floor, though not at the deepest levels.
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Figure 2.9b: First guess (WOA94) time-mean salinity at theouthern boundary (upper panel) and
optimized salinity minus the first guess (lower panel)

The first-guess (WOA94) southern boundary salinities (figu8d) highlight the
sub-surface salinity minimum indicative of Antarctidermediate Water (AAIW). This
water mass is transported northwards with the sulaabmdian Ocean gyre. One can also
make out the salinity maximum in the western basin atte8@20m depth, associated with
North Atlantic Deep Water (NADW). The optimizationogess led to an increase in
salinity in the surface layers, east of about 50°Easlight freshening in the west (figure
2.9b). There are relatively small changes in salititpughout the mid-depth ocean and

some isolated larger changes adjacent to topography tat dep
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Figure 2.9c: First guess (ECCO) time-mearm-velocity for the southern boundary (upper panel) and
optimized velocity minus first guess (lower panel).

The first-guess (ECCO) meridional velocities show a mbobader Agulhas
current than is observed in the real Indian Ocean #i@u@c). The Agulhas undercurrent
[Beal and Bryden, 1997] is not present in the ECCO 2°x2° model. The most carss
differences in the optimized field are at the westsandary in the surface layers and in
the deepest model layers (figure 2.9¢). In particularsee large increases in northward
velocity in the deep Perth Basin (100°E to 110°E). The codepéh resolution at these
levels means that these velocities must be associatedaviarge increase in northward
transport.
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2.7 Summary

» The Indian Ocean model has a domain extending from (B%515) to (123°E,
26°N), with realistic bathymetry.

» Open boundaries are prescribed at 35°S and 123°E to simulatéubace of the
Southern Ocean and Indonesian Throughflow, respectively.

* The Ferron and Marotzke optimization modified the surfapess substantially,
but had little effect on the wind stress.

» The Ferron and Marotzke optimized fields foy S andv show substantial
modification at the open boundaries. These changes are core@ntesar the
surface and at a few isolated places at depth.
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Chapter 3: The gyre circulation of the subtropical Indian Ocearl

" Part of this chapter has been published in: Palmer, MHDL. Bryden, J. Hirschi, and J. Marotzke,
Observed changes in the South Indian Ocean gyre circyld@3v-2002,Geophysical Research Letters,
31(15), art. no.-L15303, 2004.
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3.1 Introduction

At mid-latitudes the large-scale circulation in the upper 20@@rthe ocean is
characterised by the ocean gyres: a western boundagntand a slower return flow over
the ocean interior that are in approximate mass bal@gnade absence of a meridional
overturning circulation). The gyre transport can benedged by measuring the density
structure of the water column and integrating the geostrogitear from thermal wind
balance. This can be done with a full hydrographic sedtitahl and Bryden, 1982] or
using measurements near the basin edges and confiningaltidagon above any
intersecting topography [e.@darotzke et al., 1999]. In both cases one must determine
reference level velocities or, equivalently, the banoitr velocity field to obtain absolute
transports.

Lavin et al. [1998] estimated the circulation in the safital North Atlantic by
requiring that the ocean interior transport balaneeGllf Stream transport through the
Straits of Florida and the Ekman transport over tHamdic. Such an approach was largely
made possible by cable measurements that measured th&uwdfté8tream transport. A
similar method has been applied to the Indian OceaBripgtien and Beal [2001]. Their
study used current meter data from 1995 to constrain the Amahas current transport
and Lowered Acoustic Doppler Current Profiler (LADCP)ad#&d find the zero-velocity
surface across the current.

For the Indian Ocean the temporal variability in #kgulhas Current remains a
source of doubt for such transport estimaBryden et al., submitted manuscript] as does
lack of knowledge about the barotropic flow across any lydghic section. An
additional complication is the Indonesian Throughflow (lfhg size of which is poorly
constrained by observationSddfrey, 1996;printall et al., 2002]. It remains unclear how
the IT transport is compensated in the southern Indieea@ Therefore the analysis
presented here concentrates on relative changeseimehsity structure of the water
column over the ocean interior and the associatedgoats relative to a uniform zero-
velocity surface (ZVS).

A method for estimating the relative gyre transpongsrothe ocean interior is
presented using hydrographic data from 1987, 1995 and 2002 using a unf@&@matZ
2200m. While the analyses focus on the comparison ofvitbecomplete hydrographic
sections taken in 1987 and 2002 it is useful to include datatfmemartial occupation of
the 32S section in 1995.
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3.2 Data

3.2.1 Hydrographic data

Salinity, temperature, and pressure data are used from 2 (€CoBbductivity-
Temperature-Depth) sections at nominal latitude dS3tken in November-December
1987 [Toole and Warren, 1993] and March-April 2002Bryden et al., 2003b]. A
supplementary data set comes from two partial occupanohsne-July and March-April
of 1995: WOCE sections I5W @pnohue and Toole, 2003] stations 611-677) and IS5E
([Talley and Baringer, 1997], stations 394-442). These three sections generallyieoverl
each other in the west, but deviate east SE§figure 2.1), following or avoiding a zonal
ridge-crest (Broken Plateau).

—{ (| West Australian
| Basin—_

' Madég&scar
Basin

>, South Australjan’
_Basin

Figure 3.1: South Indian Ocean bathymetry (0, 2000, and 4000m isaths, depths shallower than
2000m shaded gray) with hydrographic station locations (198%, 1995V, 2002@).

The raw CTD data are continuous profiles of salinityr{f conductivity) and
temperature as a function of pressure. The salinitytamgperature data are calibrated
using water samples collected during the CTD cast at @atbn, to correct for any drift
or bias in the sensors. The raw profiles have a lothoftdength-scale noise, which is
associated with sensor response (figure 3.2). The hydrogrdptacwere box-averaged
into 20 dbar bins to remove high-wavenumber noise and caeaggular depth grid. The
vertical coordinate of pressure was converted to depth tisen NESCO International
Equation of State (IES 80), as described in Fofonoff [1985].
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Figure 3.2: CTD profiles of potential temperature (lef) and salinity (right) for 50-300 dbar at 31.2°S
and 83.2°E from 2002.

Before making any geostrophic transport calculations theitglestsuctures of the 1987
and 2002 sections are examined, using sigma-tlefea¢ the density coordinat®dnd
and Pickard, 1983]. There are three places where the isopycnalsgdiv&ubstantially
between the two sections (figure 3.3): the= 26.5 kg n? between 50°E and 70°E;
between 600-2200m depth, near Madagascar Ridge (45°E to 55°E) 88@-2200m
depth, near Broken Plateau (85°E to 110°E). There is awarlycstriking feature in the
2002 section at about 104°E, where the station tracks amenverging at the end of
Broken Plateau. These differences suggest that the gebistrflow field has changed
between 1987 and 2002. Brydetnal. [2003a] and McDonag# al. [2005] discuss the
changes in water mass properties that occurred betweenat®@82002 at 32°S. They
report an increase in salinity on potential temperasuréaces for the upper thermocline
waters, reversing a trend noted by Bindoff and McDougall [2¢0@r to 1987. The
observed water mass changes are zonally coherent andotd@eem to offer any
explanation for the changes in the density field preskehere.
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Figure 2.3: Contours of density &) for 1987 and 2002 (reinforced with black lines). The bathyntey
(from left to right) is Mozambique Plateau, Madagascar Ridgend Broken Plateau.

3.2.2 Model data

Data from the Ocean Circulation and Climate Advanbtdelling Project ocean
model (OCCAM Webb et al., 1998]) are used to estimate the uncertainty in measurmng th
gyre transport when using a single hydrographic section. OC@&Advkz-coordinate model
based on the primitive equations under the hydrostatic anddhesq approximations
[Gill, 1982]. The model equations are discretized using finitereifice schemes on an
Arakawa B grid Mesinger and Arakawa, 1976]. Data from two different model
configurations were used in the error analysis (table 3.1).

Model configuration OCCAM.25 (table 3.1) is used to investigleinfluence of
sub-annual variations in the density field at 32°S on thenatsd transports over the ocean
interior. For this error estimate, it was imperatteehave a long time series with a non-
climatological windstress field. OCCAM.125 data (table 3slyised to assess the spatial
uncertainty associated with the sampling of the hydrograghditia at 32°S because it has
better representation of mesoscale eddies than th€A®IR25 data. Both model
configurations were initialized from year 8 of the 0.25°x0r@68el spin-up\|Vebb et al.,
1998]. OCCAM has a very large number of grid cells and maatigl the global data or
even that of the Indian Ocean was impractical fordhislysis. Therefore, data from only a
few lines of latitude near 32°S in the Indian Ocean w&tected from the global data set.
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OCCAM.25 OCCAM.125
Horizontal 0.25%x0.25° 0.125%x0.125°
Resolution
Vertical Resolution 36 levels @ 20-250m 36 levels @ 20-250m
Surface Restoring to Levitus and Boyer [1994] Restoring to Les/iéind Boyer [1994]
Temperature
Surface Salinity Restoring to Levitust al. [1994] Restoring to Levitueat al. [1994]
Windstress Forcing 6-hourly ECMWEF (1993-1999) Monthly ECMWF (1986-1988),

Climatology

Integration Time 6 years 2 years
Data Type 5-day time averages (years 1-6) 15-day snapshots (year 2)

Table 3.1: The configurations of the OCCAM model used itthe error analysis of gyre transports at
32°S.

It is helpful to include some details about the repreg®n of the Indian Ocean in
OCCAM. As the OCCAM.25 is the longer run, the analysibased on this data set. The
Agulhas Current has a mean barotropic transport of 54.61158.and the Indonesian
Throughflow strength is 12.7 + 4.6 Sv, based on the 5-day avesgeity fields. The
Agulhas transport is significantly lower than recenseslvations Bryden et al., submitted
manuscript] and the IT is within the range of curretimegtes {(Godfrey, 1996;Sprintall et
al., 2002]. The deep overturning cell at 32°S has an averageitodg of 4.5 Sv with the
northward deep inflow occurring below 3700m and mass balacicieved at a depth of
approximately 1400m.

The magnitude of the time-mean velocity field at 32°Snvshawhere the largest
persistent currents occur (figure 3.4, upper panel); neasutiace, western and eastern
boundaries and adjacent to mid-ocean topography. The @femeatest variability were
determined by computing the standard deviation of the timessein the following
analyses the data used were restricted to between 4Q°EO&PE, in order to avoid the
large coherent variability associated with the Agul@asrent at the western boundary and
the Leeuwin Current at the eastern boundary (figure 3.4erlgvanel). The zonally
averaged model velocity field over these longitudes exkilateero crossing at 1770m,
using linear interpolation, which was chosen for the Z2MSmodel-based geostrophic
reconstructions. Note that the areas of largest meatlvelocities do not always coincide
with the areas of largest variability, for examples strong velocities on the eastern flanks

of the ridges in the ocean interior.
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Figure 3.4: Velocity data at 32°S from the OCCAM.25 configurtion: (upper panel) logo (Jv]) and
(lower panel) standard deviation of ¥) for the top 3000m. The model bathymetry is shown in wte.

3.3 Methods

The geostrophic transport between each station paionguated by calculating
geopotential anomaly and integrating upward from a ZVS at 24@@nd and Pickard,
1983]. The ZVS is chosen at a depth of minimum velocitaishethe ocean interior for
the 3 sections. Changing the ZVS by as much as 800msaftfezttransport estimates by
less than 3% (figure 3.5). Where there is topography aB20@m, the ZVS is set to the
deepest common level of the station pair. This only agcatithe Madagascar Ridge and
across Broken Plateau for the 1987 section (figure 3.3).

The profile of geostrophic meridional-velocity sheatwsen each station pair is
calculated by applying thermal wind balance to the geopotesmiamaly fields. The
thermal wind equation [e.dgGill, 1982] provides a relationship between zonal density

differences dp/0x) and vertical meridional-velocity sheadvigz):

—f@:ga_p

9z p, Ox ' (Eg. 3.1)
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wheref is the planetary vorticityg is the gravitational acceleration amglis the reference
density. For each station pair equation 3.1 is integratdteinertical with v = 0 at 2200m,
or v = 0 at the bottom (if there is topography above #P00WNhere topography is
encountered it is treated as horizontal between adjagenographic stations at the deeper
of the two levels. Transports are calculated for the ug@O0m from the velocities for
1987, 1995 and 2002.

The primary interest is the large-scale flow field, the data are filtered with a
Gaussian of 8°-longitude length-scale to remove the highemumbers. The filtering
process also provides a means of assessing the transgertainty associated with the
mesoscale eddy and internal wave fields (section 3.4)eS$tmmates of the gyre transport
across 32°S and changes in the geostrophic flow field gntioe three sections are
discussed in section 3.5.
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Figure 3.5: The mean velocity profiles between 40°E and 110%Eferenced to 2200m. The velocities
have been interpolated onto a regular 0.5° grid.
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3.4 Error analysis

Three potential sources of transport error are address$eis section:
i.  The uncertainty in transport estimates caused by hydrographic sampling
strategy.
ii.  The uncertainty in geostrophic transport associated with sub-annual
variations in the density field.
iii.  The uncertainty in transports associated with mesoscale eddies and the
internal wave field.
The first two error sources are estimated using data fhe OCCAM global ocean model.
The final source of error is estimated using hydrographic Wéanote here again that the
estimated gyre strengths are not sensitive to the €ldiZVS. Increasing the depth of the

ZV'S by 800m changes the transport estimates by les8%an

3.4.1 Hydrographic sampling

Uncertainties in the transport estimates associatitll kydrographic sampling
(figure 3.1) are estimated using data from the OCCAM.125 coumtigur (table 3.1) at
32°S. The model is sampled at every second grid pointtheafgulhas Current and at
every sixth grid point over the ocean interior. Thisvates a sampling distribution similar
to that of the observations, with the simplificatiof sampling at constant latitude. A
comparison of the mean hydrographic station separations fendseparation of the
OCCAM sampling are shown in table 3.2.

Mean station Hydrography OCCAM.125
separation: 1987 section 2002 section (sub-sampled)
Agulhas Region 0.35° 0.22° 0.25°
Mid-Ocean 0.86° 0.73° 0.75°

Table 3.2: The mean distance between hydrographic stationsrf1987, 2002 and the sub-sampled
OCCAM data.

A total of 38 snapshots at 15-day intervals were used frear Y of the
OCCAM.125 run. For each model snapshot the geostrophgpmeinat 32°S is computed
in the upper 1770m for the ocean interior (40°E to 105°E}, Usig every model grid
point and then the sub-sampled model data. These Uolegitcorrespond approximately to
the area over which the hydrographic transports are compiitedd.calculations were
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performed using a ZVS of 1770m, which was determined by anabystbe model
meridional velocities. In each case the same enmbissatire used in the calculation, which
means that any differences in total transport must beciased with hydrographic
sampling around topography (where there is a change inM8¢ Zhe standard deviation
between the complete and sub-sampled OCCAM transpadsl.9 Sv, with the mean of
the sub-sampled transports 0.5 Sv larger than the methe aiomplete transports. The
same calculation was repeated with a ZVS near 2200miasito that used in the analysis
of hydrographic data. In this case the standard deviatiorLWaSv with the sub-sampled
transports underestimated by 0.5 Sv on average.

3.4.2 Sub-annual variability of geostrophic transports

The estimate of transport uncertainty due to sub-anrargtions in the density
field at 32°S was assessed using the OCCAM.25 data. Althoagé tlata are at coarser
resolution than that used for the previous error analysy, are from a longer model run
and use non-climatological winds; both attributes aveial for a meaningful analysis of
the sub-annual variability. The data are 5-day time averagkich are necessary to
prevent aliasing of oceanic signals by the high-frequenayd wiorcing Payne and
Tokmakian, 1997]. A time series of geostrophic transport for the uppé&dm is calculated
using a ZVS at 1770m and a second time series is generatdgbonte model velocities
(figure 3.6, upper panel). As one would expect, the geostrophecseries lacks the high-
frequency variability of the absolute transports. Thedded deviation of the residual of
the two time series is 5.3 Sv, with the mean absolaesport 2.2 Sv larger than its
geostrophic counterpart. The bias in transports may rasuit the northward transport
contribution from the surface wind-driven Ekman flow, @hiis not included in
geostrophic transport calculations. Despite this biasg#uestrophic flow field seems to
provide a good indication of the absolute transports thveocean interior.
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Figure 3.6: Transport time series (upper panel) for theupper 1770m based on OCCAM absolute
velocities are geostrophic flow referenced to 1770m for 4b°to 105°E. The corresponding power

spectrum (lower panel) using a 3-year Hanning window witta 2/3 overlap. *The geostrophic power
spectrum has been multiplied by a factor of 10.

The power spectrum of the absolute transports (figure 3M&rlpanel) reveals a
peak at the annual period and at about 60-70 days. Presuraaigyos this variability is
related to the monsoon winds. The geostrophic timesewihibits a small peak at the 60-
70 day period, but most of the variability is at periods lortgan 6 months. The largest
peak for the geostrophic transports is beyond the annuabpend is likely to be related to
translation time of baroclinic Rossby Waves.

The geostrophic transports do not appear to exhibit a sé@soiey so uncertainty
associated with sub-annual changes in the density figtdased as random. For each year
of the time series the mean geostrophic transport anstéimdard deviation about the mean
was calculated. The mean of the six standard deviati@ssfound to be 1.7 Sv and is
taken as the transport uncertainty associated with sailsd variability.

3.4.3 Mesoscale eddies and internal waves

As discussed earlier, the geostrophic velocities computed hydrography are
filtered with an 8° Gaussian in order to extract the laagge flow field from the data. The
8° length-scale filter is used because it offers subatamhoothing without much loss of
edge data. The error associated with mesoscale eddiastarrhl waves is estimated by
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subtracting the filtered transport curve from the undimed curve (figure 3.7) and
computing the standard deviation of the residuals betwe&nh&%f 110°E. This procedure
yields an uncertainty of £ 4.2 Sv for the 1987 data and + 6. #1She 2002 data. Due to
the lack of observations over the ocean interior X605 (figure 3.1) there were not
sufficient data to form a reliable the estimate, sa20@2 value is used.

The three sources of uncertainty were combined by congpth& square root of
the sum of the variances, thereby making the assumgiadrihtey are independent of each
other. The final error estimates for the three hydrogragpgotions are: + 4.9 Sv for 1987,

+ 6.9 Sv for 1995, and + 6.9 Sv for 260Eor comparison, Ganachaud [2003b] estimates a
geostrophic transport error of + 3.8 Sv for the upper 2000864t in the Atlantic. The
contribution of mesoscale variability (x 2 Sv) was lowlsn that reported here, probably
because Ganachaud used a 1/4° ocean model for the amaty®isthan hydrography.

3.5 Gyre transports

The filtered transports above the 2200m ZVS accumulated dest to east (figure
3.7) show significant differences among the three @estiThe most obvious difference
among the three transport curves is the weaker Agtilaasport in 2002 than in 1987 and
1995, which offsets the transport profiles in the vertigawever, the main concern is the
northward gyre transport, east of about 40°E as the Aguthaknown for its large
amplitude high frequency variability3fyden et al., submitted manuscript], and may not be
representative of the ocean state at the time odebtton. From 1987 to 2002 the point of
maximum southward transport consistently moves westwEnd. estimate of the gyre
strength is defined as the maximum transport that caattbbuted to each filtered curve
over the ocean interior, between 35°E to°E1T herefore the transport calculation is made
between 55°E and 110°E for 1987; 47°E and 110°E for 1995; and 40°E andiol DU .
The gyre transport estimates are presented below (&aBle Although there are no
hydrographic data for 1995 between 52°E and 90°E the transporatests unaffected,
because there is no intersecting topography above tt® @tween these longitudes
[Marotzke et al., 1999].

* These are revised values and are slightly lower thas fae and + 7.0 reported in Palmer et al. [2004]. The
differences arise from a small error in processorges of the OCCAM data in the original analyses.
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The 1987 and 1995 sections show large residual transportsf ttakten at face
value, require a large ITF or deep inflow (or combinatibbath) to achieve mass balance.
However, the use of a uniform ZVS means that the fagwmn changes in theslative
transports (since the true ZVS is very unlikely to be umjo so we do not make
inferences about changes in the ITF strength or deepvinfl

Year Transport Uncertainty
1987 41 Sv +4.9
1995 42 Sv +6.9
2002 58 Sv +6.9

Table 3.3: Gyre strength estimates based on hydrography fdr987, 1995 and 2002. 1 Sv =%®’s™.
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Figure 3.7: Cumulative transports for 1987, 1995 and 2002 calculateon the station grids (lines) with
the corresponding filtered transports at one standard deation (shaded areas). Transports are
computed for the upper 2200m.

The 2002 data show a large northward transport at about 1@§ure 3.7),
coincident with a step-like change in the isopycnal lkeffigure 3.3) over a deep trench in
the section bathymetry. It remains unclear what catilgsessharp discontinuity in ocean
water properties. It has been hypothesized that thiddoeildue to a boundary current
flowing along Broken Plateau and then northward, throughhMBasin. What causes this
extraordinary feature is the subject of ongoing resedtch.the 1995 curve, there is an
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area of southward transport at about 112°E (figure 3.7),theakustralian coast. This is
probably due to the Leeuwin Current, which has its maximunthe@ud velocities in
April-May, near the time this part of the section weleen Feng et al., 2003].

Perhaps the most striking feature of the changes irtrgebge velocity (figure 3.8)
is the apparent westward migration of the area ofhweard flow, centred at about 50°E in
1987. The greatest difference between the 1987 and 2002 secttams at about 50°E,
where southward flow in 1987 is replaced by northward flow2@2. This change is
consistent with a change from downward sloping isopgcimathe west-east direction in
1987 to upward sloping isopycnals in 2002 in this area (figure Bu3).west of Broken
Plateau (80°E to 88°E) there is a change from predominaottiiward flow in 1987 to
southward flow in 2002, which can also be inferred from tfferénces in slope of the
isopycnals in this area (figure 3.3). Associated withe¢hi&nge is the intensified northward
flow east of Broken Plateau in 2002, centred on the ‘stephenitgopycnals discussed

earlier.

E
= -1000
a
@
&2
-2000
0
E
= -1000
a
/]
a
"2000 1 i il 1 il 1 & & L 3
40 50 80 70 80 90 100
0 - =
. 1] _1
= -1000 w
a /
@
a
-2000 |
: L L T — it L L _2
40 50 80 70 8 90 100 cm/s 0 05 1

Longitude cm/s

Figure 3.8: Contours of geostrophic velocity for 1987 (uppepanel), 1995 (middle panel) and 2002
(lower panel) after applying an 8°-longitude Gaussian filter(positive values represent northward
velocities and zero contours are drawn in black). The gnels on the right show the zonally averaged
velocity profiles (from 40°E to 110°E) for 1987 (green), 1998e(), and 2002 (blue).

The 1995 data give the impression that there has beesist@er change between
the flow structure of the 1987 and 2002 sections. The tramgiin be seen in the zonally

averaged velocity profiles (figure 3.8), which suggest tisatvall as differences in the
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zonal structure of the transports, the gyre has strengthover the period 1987 to 2002.
The northward velocities penetrate to greater depth in 2@021987.

In the comparison of the 1987 and 2002 data, one is mostlennbf the results
where the station locations overlie, i.e. west of 80fE.this region there are clear
differences in the geostrophic flow field, mainly inrrtes of the zonal structure. It is
recognised that the different station tracks east of &0%E the strong feature in the
isopycnals at 104°E in 2002 means that the estimates ofldiave gyre strengths should
be taken with caution.

3.6 Discussion

The size of the gyre transport is estimated using hydpbgradata and a zero-
velocity surface at 2200m for 1987 (41+ 4.9 Sv), 1995 (42 £ 6.9 182802 (58 + 6.9
Sv). The estimates for 1987 and 1995 are consistent withistandard deviation and the
2002 estimate shows a 40% increase. The largest uncertaititgse estimates comes
from eddy and internal wave noise on the sectionstelisea change in the zonal structure
of the gyre transports between 1987 and 2002. The principa afedange are east of
Madagascar Ridge and either side of Broken Plateau. The 199Sudggest that there has
been a persistent change in the flow structure ovarehied 1987 to 2002.

Bindoff and McDougall [2000] noted a 20% slowdown of the Indxrean gyre
circulation between 1962 and 1987 based on transport calcslation changes in
dissolved oxygen concentrations. The authors also repartdshening of the upper
thermocline waters. In 2002 the upper thermocline watere ¥eind to be saltier on
isotherms Bryden et al., 2003a] and dissolved oxygen measurements imply a 20% speed-
up in the gyre since 198MgDonagh et al., 2005]. These findings suggest that there is a
link between the water mass changes and gyre strengthintreased gyre strength
suggested by McDonagét al. [2005] is qualitatively consistent with results presented
here, but they observe zonally coherent changes tarwaass properties between 1987
and 2002. In contrast, the differences in isopycnal degpipen in specific areas: just east
of Madagascar Ridge and around Broken Plateau in the dgggnsds at between 50°E
and 70°E in the upper thermocline. The differences in thallgomtegrated velocity
profiles below 1000m (figures 3.5, 3.8) suggest that some d¢fahsport changes between

1987 and 2002 are not related to the shallow water mass chiapge®d earlier.

a7



Chapter 3: The gyre circulationrd# subtropical Indian Ocean

The possibility of changes in the wind forcing being resjpdasfor the observed
changes has been ruled out for two reasons. Fireyhydrographic measurements show
the largest changes at depth — away from the influencitheofwind stress. Even if,
somehow, the changes in wind stress were manifestddpah, the values of Sverdrup
Transport across 32°S cannot account for the large igyrgport for 2002. The most likely
explanation for the increased apparent gyre strengdtcisange in the deeper circulation.
The meridional overturning cell could have changed magnitadanged its vertical
position, or the locations of the return southward flovay have changed horizontal
position.

3.7 Conclusions

* The Indian Ocean subtropical gyre strength at 32°Stismated as 41+ 4.9 Sv for
1987, 42 £ 6.9 Sv for 1995 and 58 + 6.9 Sv for 2002. This represents a 40%
increase from 1995 to 2002.

* The changes in hydrography responsible for the large 2002 tstmeur at depth
and adjacent to topography.

* Analysis of the wind-driven Sverdrup Transport at 32°S slemmsistency with the
1987 and 1995 values, but cannot account for the large incredX@0

* The evidence points to a change in the deeper circajatibich can influence the

apparent gyre strength based on hydrography.
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Chapter 4: Decadal variability in the deep circulation?
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4.1 Introduction

The poor agreement between hydrography-based and model sepmlesents a
source of controversy in estimating the size of therishional overturning circulation
(MOC) of the Indian Ocean. Estimates based on onename hydrographic sections
suggest a 10-27 Sv (1 Sv =°10°s") deep MOC [e.gToole and Warren1993;Bryden
and Bea] 2001;Talley et al, 2003;Ganachau¢ 2003a], whereas most general circulation
models show a weak overturning (typically < 5 Sv [&grternicht and Schaqttl997;Lee
and Marotzke 1997; Zhang and Marotzke 1999]). In this chapter we combine
hydrographic observations with a regional model of thdian Ocean to investigate
decadal variability in the deep MOC, in an attempt to addtes disparity between
hydrography-based and model-based studies. This is tharfissttb our knowledge, that
hydrographic data have been used directly to force a regiwowe! of the Indian Ocean.

Recent work by Palmer et al [2004] on changes in the quibéilogyre circulation
suggests that there has been a change in the deep barstlitittre over the Indian
Ocean interior at 32°S. The authors report a greateitrgpbg velocity shear at 1000-
2000m depth in 2002 than in 1987, with changes occurring near tppggra natural
extension to the work of Palmer et al. is to considex the changes in the hydrography
may affect the Indian Ocean MOC. Therefore, the ainthe work presented in this
chapter is twofold: (i) to investigate the sensitivitytloé Indian Ocean circulation to water
properties near 32°S; and (ii) to force the Indian @dcenodel with our current best
estimate of a 1987 and 2002 flow field and compare the resgltiaglations. By doing
this, we hope to establish the plausibility of a changée deep overturning between 1987
and 2002 and identify ways in which the circulation mayehahanged.

In section 4.2 we describe our regional model of the indiacean. The
hydrographic data and its transformation onto the modelagediiscussed in sections 4.3
and 4.4. In section 4.5 we present a method for re-cotisguthe Indian Ocean
meridional velocity field at 32°S and discuss two eates of the flow field at 32°S in
1987 and 2002. Section 4.6 deals with the adjustment timedfdale Indian Ocean model
to the prescribed boundary conditions. In section 4.7ceresider the sensitivity of the
MOC to changes in potential temperature, salinity anddieral velocity at the southern
boundary. Finally, in section 4.8, we compare a plausidgah Ocean circulation for
1987 and 2002.
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4.2 The Indian Ocean model

We use the MIT ocean general circulation modéaishall et al, 1997a; 1997b]
configured for the Indian Ocean. The model domain extéods (24°E, 35°S) to (122°E,
26°N) with open boundaries at 122°E for the Indonesian ThriouwgkfT) and at 35°S for
the Southern Ocean. The horizontal resolution is 1% there are 22 vertical levels
(10m resolution near the surface and 500m for the deespedévels). Bathymetry is
interpolated from the ETOPOS5 [1998] data set. The modelausesmbination of the Gent
and McWilliams [1990] mesoscale eddy parameterization ranghg along isopycnals
[Redi 1982], known as a GM/Redi scheme. This mixing schemé&sbe spurious
diapycnal mixing due to tilting isopycnals under the maglitional vertical/horizontal-
mixing scheme, known as the ‘Veronis effedtefonis 1975]. Diapycnal transfers in the
model are parameterized by prescribed vertical diffusistigfficients and a convection
algorithm.

The initial conditions for temperature and salinity e mean January values from
the World Ocean Atlas 1994 ¢vitus and Boyerl994;Levitus et al. 1994]. Model runs
are started with the ocean at rest(v =w = 0). Surface heat and freshwater forcings are a
combination of daily 1995 NCEP fluxeKdlnay et al, 1996] and a 30-day restoring to
monthly mean sea surface temperature (SST) and saB@§) from the World Ocean
Atlas 1994 (hereafter WOA94). The atmosphere-ocean momenémsfer is simulated by
prescribed 12-hourly wind stress fields, using the 1995 NCHERs/aAt open boundaries
potential temperaturé), salinity (S) and velocity normal to the boundary prescribed at
each time step, interpolated from monthly values. Tlséeea boundary forcings férand
S are the monthly mean values from the WOA94 (figure)2\alocities at the eastern
boundary are monthly mean fields from the ECCO 2°x@bajl ocean modeEtammer et
al., 1997] (figure 2.8b). For all experiments the time-meatrdhsport is -10 Sv (into the
model domain) except where noted. Near the southern bouti@damngodel bathymetry is
modified between 35°S and 32°S according to the prescsinagthern boundary conditions
(section 4.4.1).
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4.3 Hydrographic data

Salinity, temperature and pressure data from two CTD dGativity-Temperature-
Depth) sections at nominal latitude of°S2are used in this analysis. The sections were
occupied in November-December 1980¢le and Warren1993] and March-April 2002
[Bryden et al.2003Db] (figure 3.1). The raw CTD data have been sorted2tdbar bins to
remove high-wavenumber noise and create a regular dagthirhe vertical coordinate of
pressure is converted to depth in metres using the UNESEMational Equation of State
(IES 80), as described in Fofonoff [1985]. The in-situ tempeeat are converted to
potential temperature for use at the model southern bountlaeyfundamental difference
in sampling of the 1987 and 2002 sections is the ship trackdf@d). The 1987 section
crossed Broken Plateau (92°E tol00°E) and sampled over nfotbe oAustralian
continental shelf. The 2002 ship track deviates from the 198ids@&ast of 80°E to avoid
these regions of shallow bathymetry.

For the 2002 section only, direct velocity measurementse weade at each
hydrographic station. The data are from three Acoustic RBourrent Profilers (ADCPs
[e.g.King et al, 2001]), which provide full-depth profiles of velocity. An ddluhal data
set comes from the shipboard ADCP, which estimatedwtlseelocities for the upper few
hundred metres. These data were used by E. McDonaghotaderreference-level
velocities for an estimate of the geostrophic flowldfiduring the 2002 Indian Ocean
crossing McDonagh et al.in prep.].
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4.4 Transformation of hydrographic data onto the model grid

In this section we describe hady S andv are transformed onto the model grid.
First we describe the transformation proceswf@as this determines the model bathymetry
used later fo6 and S on the model grid.

4.4.1 Transformation of v onto the model grid

There are four estimates of the transport across 3Ba&% require
transformation onto the model grid: the first two e baroclinic transport fields for 1987
and 2002, calculated on a regular 20 dbar grid (section 4.Bel3etond two are estimates
of the absolute transport fields for 1987 and 2002 (supplied b§akachaud and E.
McDonagh) based on isopycnal layers (section 4.5.2)da@t are derived from the 1987
and 2002 hydrographic sections and have relatively high hoatzeesolution (~ 0.5°), but
irregular station separation.

The data on the 20 dbar grid are interpolated onto the Imedgal grid in the
following way. For the upper 7 model levels (135m) a linetrpolation scheme is used,
because the model vertical resolution is similar & tf the hydrographic grid. For the
deeper model levels, a ‘box average’ procedure is used, velxabtly conserves the
section-integrated transports (see section 4.4.3). B$@de transport fields in isopycnal
layers are transformed onto the model vertical gridguekclusively box-averaging.

In all cases the bathymetry at the southern boundaigtesmined by the estimated
transport field: wherever any transport occurs in the ioeaif a model grid cell, that grid
cell is set to an ocean cell. Any grid cells with rensport attributed to them at the end of
the transformation are set as land cells. In this thaymodel bathymetry is determined by
the estimated flow field and we are best able to predbesentegrated transports of the
hydrographic grid. Any transport that occurs below the moekelfisor (5200m) is added
to the deepest model grid cell (4700-5200m).

At this stage all transport estimates are on the meddical grid and the
hydrographic horizontal grid. The transformation onto thedel horizontal grid is
achieved through the same box-averaging approach used foertieal grid. After this
final step, the transports are converted to velodiyegdividing the total transport attributed
to each grid cell by the area of that cell. The re-tanted and absolute estimates of the

southern boundary velocity fields are shown in figut€sand 4.9, respectively.
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4.4.2 Transformation af and S onto the model grid

The first step in the transformation®and S onto the model grid is to remove the
land-points in the hydrographic data. This is achieved by linearerpolating across
topographic features, such as ocean ridges, and extragolHien deepest values
downwards (figure 4.1). This process prevents contaminaticheodata with missing
values in the later stages of the transformation. righe step is to transform the data onto
the model vertical grid. For the upper seven model velgeels, the vertical resolution of
the model grid is similar to the observations. For ¢hesrtical levels a simple linear
interpolation scheme is used to determine the valuehi@mbdel grid. For the deeper
model levels a more sophisticated ‘box averaging’ algorihosed, which is designed to
preserve the section-integrated properties (see setdoB). Once the hydrographic data
have been transformed onto the model vertical grid #neytransformed onto the model
horizontal grid, again using the box-averaging method. khepgions are the grid cells
adjacent to the eastern and western boundaries. 8¢ tlbeations, water properties are
determined by ‘hand picked’ hydrographic stations of suffictEpth to reach the model
sea floor. This avoids contamination of the data neabundaries (one can think of the
boundaries as topography that cannot be interpolated achogke final step the tracer
field is masked with the appropriate model bathymetry. Thasformation process is
shown pictorially in figure 4.1.
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Figure 4.1: Contour plots of S for the 1987 section to ubtrate the transformation of hydrographic 0
and S onto the model grid. A) the original hydrographic setion [106x303 matrix]; B) interpolated
across bathymetry and filled downwards [106x303 matrix]; C) areanean transformed data on model
grid [100x22 matrix]; D) Masked data on model grid [100x22 matrik
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4.4.3 Box averages

Here we describe the ‘box average’ method that is uséde transformation of
data from the hydrographic grids to the model grid.

¢17A1 ¢27 A2

0. A | O.A,

Figure 4.2: A schematic of the hydrographic grid (left) andagain with a single model grid cell overlaid
on top (right). @-q, represent water mass properties, AA, are areas of the hydrographic grid cells
and &-a, represent sub-areas within the model grid cell.

Referring to the schematic (fig. 4.2),is the water mass property we want to transform
onto the model gride(or S) and A is the area on the hydrographic grid assddisteach
value of@. When we overlay the model grid, a number hydrographic grild either
completely or partly contained within the borders afteenodel grid cell. If ais the area

of each of the sub-box contained within each mode| ted value ofp attributed to the

model grid box is calculated as:

4
> bty
n=l1

4
S,
n=1

d)model

(Eq. 4.1)

The calculation is performed in a two-stage processjngdkst a 1-D ‘line average’ in
the vertical, followed by the same routine oriented & korizontal. The net effect is
exactly that described in figure 4.2. The advantage withbtheaverage approach over
less-sophisticated interpolation routines is that inseoves the section integrated
guantities.
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4.5 Velocities at the southern boundary

In this section we describe two ways in which we obtaicomplete meridional
velocity field for the model southern boundary. In thestfinstance, we carry out a
dynamical reconstruction of the flow using a combinatid hydrographic, global GCM
and surface re-analysis data (4.4.1). The resulting southeundary forcings are later
compared with control experiments to test the sensitivftthe MOC to the southern
boundary conditions (section 4.7). In the second instaneé¢ake two existing estimates of
the flow field near 32°S, one for 1987 and one for 2002, teanttform them onto the
model grid (section 4.4.2). We then use these flow figdd®rce the southern boundary
and compare the resulting circulations (section 4.8¢. fEsults give an indication of how
the Indian Ocean circulation may have changed betd@8r and 2002.

4.5.1 Re-construction of velocities at 32°S

Following Lee and Marotzke [1998], the local meridional e#lofield v(x, y, z) is

re-constructed using three dynamical components:
15 17
v(X,Y,2) =T I v(X,Y,2)dz+| v (X,Y,2) H Ive(x, y,2)dz|+vg (X, y,2), (Eq.4.1)
-H -H

where the total deptl, is a function of x and y. The first term on thght-hand-side of
equation 4.1 is the depth-averagedarotropic meridional flow. The second term is the
Ekman flow {) minus its vertical average. This term represémessurface Ekman flow
and the barotropic compensation beneath the surfdeefinal term represents the vertical
shear in the meridional velocity field, @aroclinic flow. In our case, this shear comes
entirely from the geostrophic thermal wind shedabeed by zonal density gradients (Eq.
3.1). The prescribed Ekman flow and barotropic flon@scribed at the southern boundary
depend on the method of velocity reconstruction.

Using the hydrography, the thermal wind equatiointisgrated from the seafloor to
determine the mean geostrophic flow between eaahiost pair (section 3.3). The
calculation is made such that the depth-integratddcity equals zero. This baroclinic
velocity field is converted to a transport fielddathen transformed onto the model grid

using box-averaging (section 4.4.1). Any transpbat occurs below the model sea floor
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(5200m) is included in the deepest model level. faasports are then converted back to
velocities by dividing the geostrophic transpottibtited to each grid cell by the grid cell
area. The barotropic flow field comes from montimigan values of the ECCO (Estimating
the Circulation and Climate of the Ocean) 1°x1°bgloocean modelStammer et a|.
2003]. The model was run with realistic forcingsepthe period 1993-2000. The ECCO
barotropic velocity field is adjusted to take istocount the different model bathymetry for
1987 and 2002, so that volume transport is conderVee Ekman termvg, eq. 4.1) is
computed under the assumption that the Ekman toanspr/(fp) [Gill, 1982] ¢* is the
zonal wind stresd, the Coriolis parameter anpdis water density) and that this transport
occurs entirely in the uppermost model level. Tlmat wind stress valueg™|, are
monthly means of the NCEP reanalysis data for J8@nay et al, 1996]. Therefore, in
the velocity reconstruction the barotropic and ERrflaw have a seasonal cycle, but the

baroclinic flow is time-constant.

4.5.2 Velocities from observation-based studies

Our current best estimates of the absolute océlamicfield come from inverse box
models Wunsch 1978]. The technique makes the assumption thathtfurostatic and
geostrophic approximations hold and that the badegrated oceanic fluxes are in steady
state. The models consist of one or more boxes damlimorizontally by hydrographic
sections or land and separated into discrete atitayers (usually according to potential
density). It is expected that integrated water progs should be conserved over each
layer. The ‘inverse’ part of the box model refevghe adjustment of the geostrophic flow
field by the model machinery to satisfy basic regmients, such as mass, heat and salt
conservation. This is achieved by changing thereefee levels used to calculate the
geostrophic flow field across each hydrographictisec from an original ‘first guess’
circulation, to arrive at a model state that bistthe constraints.

We use the Ganachaud [2003a] global inverse boxemestimate of the flow
across 32°S as our southern boundary conditiot987 and a first-guess velocity field for
2002 supplied by E. McDonagMEDonagh et al.in prep.]. Each data set provides a time-
mean estimate for all terms in eq. 4.1. The datden@vailable were net transport for each
model layer between each station pair and the degdtthe layer interfaces for each station
pair. The process of transforming the transport® ¢ine model grid is described above
(section 4.4). The Ganachaud and McDonagh estinsdtibe flow field on the model grid

are show in figure 4.9. The transformation of tleevffield from isopycnal coordinates to
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vertical coordinates reduces the deep overturmrgpth cases. The 11 £ 3 Sv deep inflow
reported in Ganachaud [2003a] is reduced to 9 8e&.McDonagh deep inflow is reduced
from 17 Sv to 16 Sv. At the time of this investigatno error estimate is available for the
McDonagh flow field.

4.6 Adjustment timescale of the overturning circulation

When a model initially at rest is integrated fordvan time, the model state evolves
as it adjusts to the imposed boundary conditionsthis chapter we are interested in
circulation changes on the order of decades, sinceyoal is to compare a plausible 1987
and 2002 circulation. We would like to find an opail integration time for the model runs
— optimal in the sense that enough time has pdesele initial model adjustment, but not
long enough so that the distribution of diapycnéldivity dominates the solution (this is
dealt with in chapter 5).

In order to study the adjustment time of the bagnset up model runs with time-
constant boundary forcings. The time-constant fygiare necessary to resolve the model
adjustment that occurs in the first year. Since dem't know what the appropriate
distribution of Ky should be, we test the sensitivity of the modellevon to different k
fields. Three plausible mixing regimes are used} @Aiform Ky of 2x10° nés™; (B)
uniform Ky of 1.2x10" m’s?; (C) a 2-D observation-based estimate qf hich is a
function of depth and latitudeln all cases we use the same time-mean forcindsreodel

set-up (experiment 87D, section 4.7.1).

Experiment Diapycnal Mixing Regime
A Uniform Kg= 2x10° nfs?
B Uniform Ky = 1.2x10" nfs™
C 2-D estimate oK 4(lat,depth)

Table 4.1: The mixing regimes used in the model experimts

The uniform K field used in experiment A is from Ferron and Make [2003]
and approximately the value that is suggested cdmeasurements of the upper water

column [e.gLedwell et al. 2000]. The uniform Kfield used in experiment B is the basin-

" The observational estimates of &e courtesy of A. Naveira-Garabato. See chapter defails.
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mean value estimated from recent observations enltidian Ocean and is close the
canonical value put forward by Munk [1966] and Muakd Wunsch [1998]. The
distribution of Ky used in experiment C comes from two zonal hydnolgica sections
occupied in 1995: 101 at 10°N (I01W stations 9089335, 939-956 and I01E stations
971-1004, 1008-10135hi et al, 2002]); 102 at 10°S (stations 1077-1105, 113-114R7-
1156, 1167-1227Jphnson et a).1998;Warren and JohnsqQr2002]); and a crossing of the
Indian Ocean at 32°S in 200Bryden 2003b], CD139 (figure 5.1). We construct depth-
profiles of Ky using the zonal mean value for each section aed tinearly interpolate
between latitudes to produce afi€ld that is a function of model level and latieu(figure

»
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Figure 4.3: The upper left panel shows the evolution dhe overturning streamfunction’ at 28°S for 3
different mixing regimes. The streamfunctions showrare for year 6 of experiment A (upper right),
experiment B (lower left) and experiment C (lower rght). Flow is anticlockwise (clockwise) around
positive (negative) features. Units are Sv (1 Sv = Af°s?). The white line shows the location of the

Indonesian Throughflow.

" We adopt the convention of Ferron and Marotzke [2003] and centipeistreamfunction in the region of
the Indonesian Throughflow as if the model were a ditsesin. Thus the depth-integrated value south of the

Throughflow is equal to the Throughflow strength.
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A time series of the deep overturning at 28°Sufig4.3) shows three characteristic
periods of adjustment. Over the first few days afdel integration we observe large
oscillations in the overturning streamfunction. $&eoscillations must be related to the
barotropic adjustment in the model and respondbansea surface height because of the
short timescale associated with these changes.Weskee some longer period oscillations
with an associated time scale of a few months. ddwllations do not appear to persist
beyond about year 4 of the model integration arel associated with the baroclinic
adjustment to the boundary forcings. Using obs@mat Chelton and Schlax [1996] found
that the basin-crossing time for a first barocli®ossby Wave in the subtropical Indian
Ocean is a few years. The final adjustment tinsdesis shown by the divergence of the
model solutions and must be associated with theilalision of Ky. This divergence is
apparent after a few months of model integratiashianreases as each model run proceeds
toward an equilibrium state (see chapter 5).

The evolution of the streamfunction under our emoky regimes is qualitatively
similar and differences do not exceed 2 Sv overfilse 6 years. Examination of the
streamfunction for year 6 reveals that the zonallggrated circulation is similar in all 3
cases (figure 4.3). In this part of our investigatwe do not want consider the longer
evolution of the model solutions, since we don’owrwhat the appropriate mixing should
be. Therefore we will use the model circulationnfrgear 6 as our reference state. This is
long enough for the initial model adjustment toetgilace, but not long enough for
diapycnal mixing to dominate the solution. The ewoh of the model to quasi-

equilibrium states will be addressed in chapter 5.

4.7 Sensitivity of the MOC to southern boundary conditions

In this section we investigate the sensitivitytltd model overturning circulation to
the southern boundary conditions. There are twoehodnfigurations on account of the
different bathymetry of the 1987 and 2002 hydropgmapsections. For each model
configuration we carry out four experiments (tabl2). Each experiment has a different

combination of prescribed velocity)(and density field§ and S) at the southern boundary.
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4.7.1 Experimental configurations

Experiment A, is the control run. Velocities at gw@uthern boundary are from the
ECCO 1°x1° global ocean model afdand S are prescribed the WOA94 monthly
climatological values. These model forcings areilainto those used in the control run of
Ferron and Marotzke [2003]. In experiment B, thtuga for6 and S are replaced by the
hydrographic data (fig. 4.4). For experiment C, ietain the climatological values fér
and S, but replace the ECGE&field with a reconstruction that incorporates demshy
applied to the hydrographic section (figure 4.5haly in experiment D, we use the
hydrography fo and S and the velocity reconstruction Yoin all cases a uniform offset
velocity is applied at the southern boundary touemsan annual mean Indonesian
Throughflow of 10 Sv into the model domain.

The major qualitative difference between thand S fields derived from the 1987
and 2002 hydrographic sections and the WOA94 istheothing applied to the latter data
set (figure 4.4). One of the criticisms of the WQIAS that the objective interpolation used
to create the data base removes much of the fale-structure. It has been suggested that
the smoothing of gradients associated with deepgene®oundary currents could explain
why some of the previous modelling efforts have rbemsuccessful in producing a
substantial deep overturning in the Indian Océae [and Marotzkel997]

Southern boundary condition

Experiment Temperature and salinity Meridional velocity
87A World Ocean Atlas 1994 ECCO global GCM
87B 1987 Hydrography ECCO global GCM
87C World Ocean Atlas 1994 Reconstruction
87D 1987 Hydrography Reconstruction
02A World Ocean Atlas 1994 ECCO global GCM
02B 2002 Hydrography ECCO global GCM
02C World Ocean Atlas Reconstruction
02D 2002 Hydrography Reconstruction

Table 4.2: The southern boundary configurations used to ingtigate the model sensitivity to conditions
at the southern boundary. Details of the velocity recatructions are given in section 4.5.1.
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Figure 4.4: The mean® (upper left) and S (upper right) fields at 32°S from tle World Ocean Atlas
1994 (WOA); 1987 section minus WOA (middle panels); and 2002 siact minus WOA (lower panels).
All data have been transformed onto the model grid.

The anomaly fields of the 1987 and 2002 sectiaesnfWOA94 reveal the
mesoscale signal inherent in the hydrographic (fagare 4.4). As one would expect, the
greatest differences occur in the near surfacereviiere are strong vertical gradient®) of
and S. There are also some substantial differeatedepth, mostly occurring near
topographic features. These differences are lardab/ to short-comings of the process
used to combine the WOA94 data with the modifiethypaetry at the southern boundary.
For example, the removal of Broken Plateau in t@22hydrographic section leads to an
apparent cooling and loss of freshwater relativéV/foA94. As our principal aim is to test
the model sensitivity to changes@irand S at the southern boundary, such differences i
deep water properties are not considered problemati

What is not obvious from theé and S anomaly fields is the different character of
the mesoscale noise of the 1987 and 2002 seciidwsteconstructed velocity fields show
that the most intense noise in the 1987 flow fegighears to be limited to the upper 1500m
(figure 4.5). In 2002 the amplitude of the noisgrieater and also seems to penetrate much
deeper in the water column. In particular, theeeafew areas of deep intense southward
flow for the 2002 section (33°E, 50°E, 75°E, 811l d03°E). West of Broken Plateau
(88°E) the bathymetry is similar for the hydrograpkections (and therefore, so is the
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depth-mean flow), so the difference between thes fleelds must be primarily due to
differences in their vertical structure. The red¢anged velocity fields are strikingly
different from the ECCO velocity, which shows brpaelatively weak velocities rather
than the intense ‘stripy’ flow fields of the obsations.

The cumulative transports of the reconstructed fleids (figure 4.6), show a
weaker Agulhas Current transport in 2002 than 198is is due to the weaker horizontal
gradients irb and S in 2002, which lead to a less intense sarthilow under a similar
barotropic flow regime. The 1987 reconstructioninsqualitative agreement with the
accepted view of the Indian Ocean MOC: there igtanorthward transport below 2200m
and southward transport in the upper 1335m. The ddlew is 16 Sv, which is consistent
with the estimate of MacDonald [1998] and withiisi of the range estimated by Robbins
and Toole [1997] and Ganachaud [2003a]. The 2@fi2iam however, shows a net
southward flow below 2200m and net northward fldwe this depth. This is a complete
reversal of the accepted picture of the Indian @Qdé&®C. This net flow regime arises
because of the combination of the smoothly varysagptropic flow field from the ECCO
model and some exceptionally strong horizontal igrad observed near 105°E in the 2002
hydrographic section.
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Figure 4.5: The time-mean velocity field at the southern dundary from the ECCO model (upper
panel); reconstructed velocity field using the 1987 hydrogiphy (middle panel); and reconstructed
velocity field using the 2002 hydrography (lower panel). Pdsve values indicate northward flow.

Palmer et al. [2004] note a remarkable ‘step-liteZture in the isopycnals of the
2002 hydrography at about 105°E. Under the appratian of geostrophy, the large zonal
density gradient requires a large vertical sheanefidional velocity (Eq. 3.1). The mean
meridional velocity profile computed from the thednwind equation is such that the flow
becomes increasingly southward at depth. In oendintain a northward deep transport
(or even a zero net deep inflow) requires a lagghmvard barotropic flow. The barotropic
flow from the ECCO model is only ever weakly nortdre or southward away from the
boundaries, so the result in the velocity recomsivn has to be southward transport at
depth (see figures 4.5 and 4.6, 2002 reconstructear 105°E). This unrealistic flow
regime highlights the difficultly in combining mold#ata with hydrographic observations.
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Figure 4.6: The cumulative transports for the reconstruted velocity fields for 1987 (left) and 2002
(right).

4.7.2 1987 configuration results

The influence ob and S on the MOC is established by comparing éxgert 87A
with 87B and 87C with 87D. Experiments 87A and &iw very similar overturning
streamfunctions (figure 4.7), with a weak deep tweing that is consistent with many
previous GCM results [e.g>arternicht and Schqttl997;Lee and Marotzkd 997;1998;
Zhang and Marotzkel 998]. The similarity demonstrates that the isidn of6 and S from
the 1987 hydrography has little influence on thertwrning circulation. This result is
supported by the similarity between the overturrstiggamfunctions for experiment 87C
and 87D, which use the reconstructefield at the southern boundary and @sand S
from WOA94 and the 1987 hydrography, respectively.

The impact of the reconstructedield on the circulation is seen in the comparison
of experiments 87A with 87C and 87B with 87D. Rellgss of theéd and S fields used the
differentv-fields have a dramatic effect on the overturnimgutation. The very weak deep
overturning of 87A and 87B is replaced with a vigas cell, which exceeds 16 Sv and
penetrates the basin to the equator for both 8#C83. The overturning cell depth is
about 2000m and most of the southward flow occefsvb 500m depth. This overturning
circulation regime is consistent with the estimatélacDonald [1998] and within + 2 Sv
of the estimates of Robbins and Toole [1997], Ghaad [2003a] and Talley [2003].
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Figure 4.7: The mean meridional overturning streamfunctionfor year 6 of experiments 87A (upper
left); 87B (upper right); 87C (lower left); and 87D (lower right). Units of transport are 10° m?s™.
Transport is anticlockwise (clockwise) around positive(negative) features. The location of the
Indonesian Throughflow is shown by the white line.

4.7.3 2002 configuration results

To investigate the influence @& and S on the 2002 configuration we compare
experiment 02A with 02B, and 02C with 02D. The fesware similar to the 1987
configuration — the model deep MOC shows littlessgrity to the imposed changésand
S. The only difference between experiment 87A aBd & the bathymetry at 35°S to
32°S. The main change in bathymetry is the remo¥@roken Plateau and some of the
Australian continental shelf, which produces anamcabout 2000m deeper between 88-
100°E and 110-115°E for the 2002 configuration. &ffect is to slightly weaken the deep
overturning throughout the basin and to give rsetweak three-cell structure near the
southern boundary (figures 4.7 and 4.8). It is eaclwvhether it is the bathymetric changes
or changes in thé and S fields which are primarily responsible fdwe tdifferent
overturning, but the anomalously higrand low S found at the locations of the removed
bathymetry in the ‘02 configuration are likely ttayp a role (figure 4.4). This hypothesis is

supported by the results of experiment 02B (figdr8). In this case there much less
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interpolation 0B and S is required and the resulting MOC looks &mjlar to experiment

87B.
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Figure 4.8: The mean meridional overturning streamfunctionfor year 6 of experiments 02A (upper
left); 02B (upper right); 02C (lower left); and 02D (lower right). Units of transport are 10° m?s™.
Transport is anticlockwise (clockwise) around positive(negative) features. The location of the
Indonesian Throughflow is shown by the white line

Experiments 02C and 02D demonstrate a dramaticgehamthe circulation when
one implements the reconstructefleld. The main difference between the MOC of 02C
and 02D is a stronger negative deep overturningcegitred at 3500m and 24°S in the
former experiment (figure 4.8). Experiments 02C 82@® show surface waters between
20°S and 30°S being drawn down into the deep atmur and exiting the Indian Ocean at
the southern boundary at depth. This circulatiogime is strikingly different to the
accepted picture of deep and bottom inflow acrd&s upwelling and returning south
higher up the water column. As discussed in sea@i@ri, net outflow at depth is the result
of an ill-suited combination of hydrographic anddabdata. The circulations of 02C and
02D are not consistent with any of the previouskaanr the Indian Ocean MOC.
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The work presented in the previous section hasligigled the model sensitivity to
the v-field prescribed at the southern boundary andshwoet adjustment time of the model.
These results imply that the model is capable eéadmg decadal changes in the deep
circulation using velocity information near 32°%: the following section we use two
current ‘best’ estimates of the flow field for 198rAd 2002 to force the model southern

boundary. This is done in an attempt to detectadazhanges in the deep circulation.

4.8 Comparison of a ‘1987’ and ‘2002’ circulation

In this section we use current ‘best’ estimatethef1987 and 2002 flow field near
32°S to force southern boundary. The simulated 719%hd ‘2002’ circulations are
compared, with emphasis on changes in the deeprtarr

4.8.1 Experiment configuration

In each case the modeland S fields come from the 198Tople and Warren
1993] and 2002 Bryden et al.2003b] hydrography. The flow field for the 1987
configuration comes from the global inverse box elaaf Ganachaud [2003a]. The 2002
flow field is a combination of thermal wind appli¢althe hydrography and the barotropic
flow estimated from ADCP data, provided by McDonagh al. [in prep.]. The
transformation of the two flow fields onto the mbded is described in section 4.4.1.

Besides the different hydrography used (and cpoeding model bathymetry) the
two model configurations also have different ITesgths: 16 Sv for the 1987 estimate and
22 Sv for the 2002 estimate. Both values are towsdupper end of estimates for the size
of the IT [Godfrey 1996;Sprintall et al, 2002]. The model initial conditions are the same
as used in the previous model work, with some saiéftrences owing to the modified
bathymetry between 35°S and 32°S. The model suidaceeastern bounda®/and S
forcings are identical to the previous experimamt$is chapter. Tha-velocity field at the
eastern boundary is modified from previous expentsi¢o ensure an IT strength of -16Sv
and -22 Sv for the ‘1987’ and ‘2002’ configuratipmespectively. This is achieved by
applying an additional time-constant and unifornstwerd velocity at the boundary.
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Experiment Southern boundary conditions: Indonesian
6and S v-velocity Throughflow

‘1987 1987 hydrography Ganachaud [2003a] -16 Sv

2002’ 2002 hydrography McDonagh [in prep.] -22 Sv

Table 4.3: The southern boundary configurations for the Gandtaud ('1987’) and McDonagh (*2002’)
model simulations. The negative values for the Indonesi Throughflow indicate westward transport.

The 1987 and 2002 estimated flow fields show veffemnt characters (figure
4.9). For 1987, the largest variations in veloeippear to be confined to the upper 1500m,
whereas large velocities can be found throughaitater column in the 2002 flow field.
The fact that large velocities are present throughiee water column for 2002 indicates a
stronger barotropic component to the transportss T confirmed by the cumulative
transports of the southern boundary velocity fi€fdgire 4.10).
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Figure 4.9: The southern boundary meridional velocity fieldfor the ‘1987’ (upper panel) and ‘2002’
model configuration (lower panel). Positive values indiate northward velocity.
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Figure 4.10: The cumulative transports for the ‘1987’ (leftyand ‘2002’ (right) boundary conditions.

The 1987 cumulative transports show fairly unifaand weak barotropic transport
(figure 4.10). These transports are qualitativagilar to previous estimates of the flow
field of the 1987 section [e.d.0ole and Warren1993;Robbins and TooJel997;Bryden
and Bea) 2001]. In contrast, the 2002 cumulative transpshow excursions of transport
of >10 Sv, which appear to be largely barotropise &reas of net deep northward flow for
the 1987v-field occur between 50°E to 70°E (Madagascar Baamd 100°E to 110°E
(Perth Basin). The 2002 flow field shows a net maveird deep inflow east of about 40°E.
The locations of greatest net northward flow aré #b 60°E (Madagascar Basin) and
110°E to 115°E (Perth Basin). The 1987 and 200Zicsettegrated transports are
gualitatively similar, even if their zonal structuis not. Both estimates of the flow field
near 32°S fit our basic expectation of the time-memculation, i.e. net northward flow
below 2000m and southward flow above.

The dramatic differences in the character of the éstimates of flow field can be
rationalised when one thinks about their originee TL987 estimatedanachaug 2003a]
uses a ‘first-guess’ velocity field, which is based the traditional approach of using a
barotropic flow informed from water mass propettitsis unlikely that hydrographers
would favour large barotropic velocities away frome boundary currents, because that is
not what is traditionally expected of a ‘steadytestacean. The choice of barotropic flow
is subsequently modified in order that isopycngeta maintain approximate mass, heat
and salt balance (among other things). This is veugh a ‘steady-state’ approach. The
2002 estimateNlcDonagh et al.in prep.] is informed using a ‘snapshot’ of thediropic
flow field from ADCP data. No constraints, suchnaass balance have been applied to this
‘first guess’ velocity field. Putting aside thefditilties in ADCP estimates themselves, one

may have concerns about the aliasing of the dataaluhanges in the barotropic flow that
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might have occurred during the 6 weeks it tookdmplete the hydrographic section. One
might also question how representative such amatgi of the flow field is — was the
Indian Ocean sampled in a transient state? Somdodois afforded in the face of such
guestions by the values of the section-integrateghsports, which are qualitatively
consistent with the 1987 estimates. In any case,rémarkable that we see such the large
barotropic wave-like signals in the 2002 datasIhatural to speculate whether we would
observe a similar picture were there ADCP measun&vavailable for the 1987 section.

4.8.2 '1987 and ‘2002’ overturning circulations

The ‘1987’ solution invokes only a weak circulationthe ocean interior, despite
the 9 Sv deep northward flow prescribed at the lsyat boundary. The overturning cell
penetrates the model interior to about 10°S hasSa #hagnitude at 2000m depth and a
very narrow vertical extent. The maximum overtughaway from the southern boundary
is 6 Sv, but this only reaches as far north as 3B&®w 2500m depth, there is only a very
small MOC. It is not clear why the interior modsindmics are only weakly consistent
with the southern boundary flow field. The compledian Ocean bathymetry may be a
factor as there is potential for topographic blogkof the prescribed flow just a few grid

cells into the model domain.
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Figure 4.11: The annual mean overturning streamfunction foryear 6 of the ‘1987’ (left) and ‘2002’
(right) model configuration. Flow is anticlockwise (clekwise) around positive (negative) features.
Units are Sv (1 Sv = 1dm’s?). The white line shows the location of the Indonesin Throughflow.

The ‘2002° MOC exhibits a vigorous and far-reachaadl, with a peak value of 16
Sv. The 4 Sv streamline shows that the verticam@xbf the MOC spans 4500-1500m and
penetrates the basin beyond the equator. The ckiseaimlines adjacent to the southern

boundary show some inconsistency between the motkior dynamics and prescribed
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velocities. Despite this apparent inconsistencye tksulting MOC is of the same
magnitude as that prescribed at the southern boyunda

Given the large differences in the simulated 198d 2002 deep MOC, we now
look more closely at the deep circulation in eatthe model runs to determine their zonal

structure.

4.8.3 Changes in the deep circulation

To investigate how the deep circulation in the7ZL.88d 2002 model circulation has
changed we compute the mean velocity in the deepasbdel levels (i.e. deeper than
3700m). The most interesting aspect of the deeplation maps (figures 4.12 and 4.13) is
the completely different flow regime we see beloWd@m [Ganachaug 2003a] invoked
by the 1987 and 2002 boundary conditions. For 88 configuration the deep northward
flow occurs primarily through the Perth Basin and inoto the West Australian Basin.
There is also a smaller northward flow which occurdhe Madagascar basin. A small
southward flow adjacent to the western wall of @entral Indian Basin acts to reduce the
deep overturning. There appears to be a weak boywrdarent in the southwest Somali

Basin and relatively large northward velocitiesha south Arabian Basin.
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Figure 4.12: The mean circulation north of 32°S below 3700m fathe ‘1987’ southern boundary
conditions. Velocities are computed as the mean of tlieepest 3 model levels.

72



Chapter 4: Ddsdavariability in the deep circulation?

The distribution of deep northward flow for the 20@onfiguration has the
dominant contribution in the Madagascar Basin. fiée largest deep inflow occurs in the
Central Indian Basin, showing a complete reversahe flow direction from the 1987
circulation. There is also a contribution to therthward flow in the Perth and West
Australian Basins, but it is weaker than the 198Feement. The Somali Basin exhibits
some very large velocities in the south-west ared Arabian Basin shows a circulation
similar to the 1987 configuration. Both the 198d &®02 experiments show substantial
westward flow across at gap in the Ninetyeast Ridghkich is documented in the

observations\Warren and Johnsqr2002].
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Figure 4.13: The mean circulation north of 32°S below 3700m fahe ‘2000’ southern boundary
conditions. Velocities are computed as the mean of tlieepest 3 model levels.
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4.9 Discussion

The initial adjustment of the Indian Ocean occurghe first 5-6 years of model
integration. This is roughly consistent with whatavould expect based on the translation
speed of a first-baroclinic Rossby Wave in the tatitude Indian OceanChelton and
Schlax 1996]. Over this time scale we do observe the MO®e greatly influenced by
prescribed diapycnal diffusivities. If the short cled adjustment time is applicable to the
real ocean there is the potential for substantiierénces in the deep circulation on
decadal time scales.

We have described a new method for estimating biselate velocity field across
32°S by combining hydrographic data with the bamoitr flow from a global ocean model.
For the 1987 section the estimate provides a fiedd that is consistent with the estimate
of MacDonald [1998] and much closer to hydrographged estimates than many
previous model-based studies. However, there arblggns when the same technique is
applied using the 2002 section. A ‘step-like’ featin the isopycnals near 105°E creates a
large vertical shear of meridional velocity andde&o net southward transport of the deep
waters. This estimate is not considered realidtitt, can be supported by the model
dynamics, at least on decadal time scales. Thelipediow field highlights the difficulty
in trying to combine high-resolution hydrographiata with data from a 1°x1° global
ocean model. As models increase in resolution apdistication, the method outlined here
may prove useful.

We have tested the sensitivity of the model deepOM® the meridional velocity
field (v) and density fieldq and S) applied at the southern boundary. We fiadivt has a
greater impact on the model solution than the piesd values 06 and S. This result is in
contrast to previous work of Ferron and Marotzk@OfZ. However, the changes imposed
in 8 and S mainly introduce noise, rather than chantiieg fundamental distribution. The
changes tw also introduce noise, but the net flow is dradijamodified from the original
boundary conditions.

The estimates used for the simulation of the 19&@ 2002 Indian Ocean
circulation come from Ganachaud [2003a] and McDénegal. [in prep.], respectively.
These two estimates of the flow across 32°S hawe diéferent characters. For the 1987
estimate, the largest transport variability is eaoed to the upper 1500m and there is
generally a weak barotropic signal away from tharataries. The 2002 estimate shows a
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large barotropic signal, with wave-like structutiest persist over 100s of km. Despite this
difference, the zonally integrated transports @87 and 2002 are qualitatively consistent.

When applied as the southern boundary condition20@2 estimate produces a
much larger overturning in the model ocean interiban the 1987 estimate. The
overturning estimate is 6 Sv for 1987 and 16 Sv2f@02. The 1987 overturning is largest
near the southern boundary and confined above 25@fhth of about 28°S. The 2002
overturning shows the peak value at about 30°Soa&edpies a large depth range for the
entire region south of the equator. As well as ¢helanges in the zonally-integrated
circulation, we also observe changes in the zomattsire of the deep circulation. The
main area of deep northward flow for 1987 is in Berth and West Australian Basins,
with additional northward flow in the MadagascaisBeand southward flow in the Central
Indian Basin. For 2002 the main area of deep natbwflow has switched to the
Madagascar Basin, with a relatively weak northwiod in the Perth Basin. For 2002,
northward flow in the Central Indian Basin also frinutes to the larger overturning
circulation.

One is naturally cautious about extrapolating thedeh results here to the real
world, particularly in light of the much greatemrbaopic signal in the 2002 estimate of the
flow field near 32°S. From equation 4.1 we knowt tilkeraction between the barotropic
flow and topography can contribute to an overtugnomrculation. However, it should be
remembered that the southern boundary flow fietdyaamically smoothed’ over the first
3 model grid cells, over which the topography i&llemnstant. We therefore conclude that
the Indian Ocean may be capable of supporting réifitedeep flow regimes on decadal
time scales. This model work suggests that the @ of the Indian Ocean may have
changed between 1987 and 2002.
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4.10 Conclusions

* The initial adjustment of the Indian Ocean modeth® imposed southern boundary
conditions occurs in the first 5-6 years of modgkgration. This implies that
substantial changes in the deep circulation coaddiloon decadal timescales.

* The prescribed velocity at the southern boundaryn@e important than the
prescribed density in determining the interior wlation, at least on the sub-
decadal time scales investigated here.

* The estimated flow fields at 32°S for 1987 and 260 Ganachaud [2003a] and
McDonagh [in prep.] produce very different deep M@@imes. The peak value is
6 Sv for 1987 and 16 Sv for 2002. We observe agidamthe zonal structure of the
deep circulation, with the main deep inflow for T98ccurring in the Perth Basin
and in the Madagascar Basin for 2002.

* The Indian Ocean model is capable of supportinferiht deep flow regimes on
decadal time scales and our model suggests thatelyie MOC changed between
1987 and 2002.
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Chapter 5: Diapycnal mixing and the meridional overturning circulation”

" The diagnosed and observation-based diapycnal essiprasented in this chapter are the work of A.
Naveira-Garabato.
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Chapter 5: Diapycnal mixing and the meridion&rtwrning circulation

5.1 Introduction

In this chapter we re-visit the work of Ferron and Matetf2003] (hereinafter
referred to as FM) on the meridional overturning circafa{ MOC) of the Indian Ocean.
FM used hydrographic sections and a sea surface climgtotogbined with a general
circulation model (GCM) through a 4D-variational methoddtagnose the Indian Ocean
MOC (see chapter 2 for details). Their study was tts fising a regional GCM to exhibit
a strong deep overturning in the Indian Ocean overturmthgch was more consistent with
the observation-based estimates than previous GCM s{talis 5.1).

Although FM were successful in showing the presencestoag deep overturning
in a regional model of the Indian Ocean there aretdimoins to their work. Firstly, the
forward part of the run under the optimized forcings way antegrated for 1 year, so
nothing is known about the long-term stability of theusoh. Secondly, FM used
horizontal and vertical mixing rather than the prefrisopycnal mixing and eddy
parameterization of a GM/Redi scheme [€sat and McWilliams, 1990; Griffies et al.,
1998 for a reviewRedi, 1982], which detracts somewhat from their findings. To addre
these problems we extend the forward run of the FM isoluio 200 years using a
GM/Redi scheme and investigate the evolution of the owmartg streamfunction. In
subsequent model experiments, we use an observation-bésstesf diapycnal mixing
and also diagnose the mixing required to sustain the HMi®o indefinitely, using the
approximation of a 1D advective-diffusive balance. In al fmadel experiment we apply
diagnosed mixing to a model forced with the Ganachaud [2003adafter referred to as
GO03) estimate of the flow field across 32°S. The prinaany of this work is to establish
whether a large MOC can be supported in a regional GCikledndian Ocean in a quasi-
steady-state.

Observation-based estimates GCM-based estimates
Toole and Warren [1993] 27 Sv Garternicht and Schott [1997] 3 Sv
Robbins and Toole [1997] 12 + 3 Sv Lee and Marotzke [1997; 1998] 25v
MacDonald [1998] 17 +5Sv Zhang and Marotzke [1999] 2 Sy
Bryden and Beal [2001] 10 Sv Banks [2000] 3 Sy
Sloyan and Rintoul [2001] 23 +3 Sv Stammer et al. [2002] 4 Sv
Ganachaud [2003a] 11 +4 Sv Ferron and Marotzke [2003] 18 Sv
Talley et al. [2003] 18 Sv

1

Table 5.1: Estimates of the deep meridional overturningni the Indian Ocean. 1 Sv = 10m’s™.
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5.2 Observational estimates of diapycnal mixing

Recent observational estimates of diapycnal mixingh& ocean [e.gNaveira-
Garabato et al., 2004] have shown locally enhanced mixing values far excgeitie
canonical value of IH nm? s* [Munk, 1966; Munk and Wunsch, 1998], which has
traditionally been adopted in GCMs. Enhanced diapycnahmiis often associated often
associated with the breaking of internal waves gengi@dlows (e.g. tidal flows) interact
with rough topography [e.d-edwell et al., 2000]. Owing to the rough topography of the
Indian Ocean one might anticipate large mixing ratesthe Indian Ocean and a
correspondingly large MOC [e.gloole and Warren, 1993]. Hasumi and Suginohara
[1999] have investigated the effects of enhanced verticahghower rough topography in
a global GCM. They found the 3-D circulation to bastive to the distribution of vertical
mixing.

We use estimates of diapycnal diffusivity ¢fK obtained by applying
an internal wave dynamical model to observations ofsitlen(from Conductivity-
Temperature-Depth data) and velocity fine structure (fracoustic Doppler current
profilers) following Naveira-Garabato [2004]The data come from World Ocean
Circulation Experiment (WOCE) hydrographic sections ocaupme 1995: 101 at 10°N
(I01W stations 901-933, 935, 939-956 and I01E stations 971-1004, 100890 EB4l.,
2002)); 102 at 10°S (stations 1077-1105, 113-114, 1127-1156, 1167-1@®édn et al.,
1998; Warren and Johnson, 2002]); and a crossing of the Indian Ocean at 32°S in 2002
[Bryden et al., 2003b], CD139 (figure 5.1). We take the zonal mean of e&theo3
sections and then interpolate the data onto the mogsd$lasing an area-weighted mean to
conserve the depth-integrated valueKgr We then apply a simple 2-D linear interpolation
between the 3 depth profiles to arrive at a mixing fiblat tis a function of depth and
latitude (figure 5.3).

" the results of these calculations will be preseirteMaveira-Garabato, Bryden and McDonagh, manuscript
in preparation
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Figure 5.1: The station locations of hydrographic data usetb construct the observational estimate of
turbulent diapycnal mixing. The bathymetry shown is thatof the GCM used in this investigation.

5.3 Diagnosed diapycnal mixing estimates

In this section we consider an alternative methodsé&ecting a diapycnal mixing
distribution in the Indian Ocean model. We employadaptation of the method used by
Naveria-Garabatopgrs. comm.] to estimate the Indian Ocean MOC from estimates o
diapycnal diffusivity. Under the approximation of steastate and a 1-D advective-
diffusive balance, any combined density and velocity field ha implied diapycnal
mixing distribution. In our case the velocity field isat applied to the model southern

boundary and the density field is that over the whatkéaim Ocean.

Ps, T5 4_— C:) F45
par Ty —— =
T Fag™”’
P3y Ty - AN
\VF
Po; Ty = 23

P1s T1 —
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Figure 5.2: A schematic example of the zonally integrateddw field in the Indian Ocean using five
isopycnal layers. Figure courtesy of A. Naveira-Garabato.
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Referring to the schematic of the zonal mean fl@hdfand isopycnals in the Indian
Ocean (figure 5.2):
pn = mean potential density of layer
Pn(n+1) = potential density of interface between layeendn+1;
T, = advective volume transport into layer

The turbulent mass transport across the interfacedeetfayers andn+1 is given by:

Fn(n+1) = -KdaplazAn(n+1), (Eg. 5.1)

where Ky is the local diapycnal diffusivitygp/oz is the density gradient across the
interface and An+1) is the area of the interface.

For layern, conservation of mass in a steady state dicthtdghe net advection of
mass into each layer must equal the net turbulentsitwfifh out of each layer:

(pn - pn(n+1)) Ty + (p(n-l)n - pn(n+1)) Zizl:(n-l)Ti = Mn+1) - I:(n-l)n (Eq. 5.2)

The density field and velocity field (and thereforg and 6p/6z) are prescribed at the
model southern boundary, so these fields are steadybstatefinition. We obtain the area
of each density interface (A1) using WOCE dataGouretski and Koltermann, 2004]
and arrive at a 1-D profile forfigure 5.3) at the southern boundary, which is a functio
of density interface. This 1-D profile is converted taepth profile, using mean layer
depths and applied to the entire model interior.
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5.4 Model configuration

We use the MIT ocean general circulation modéarshall et al., 1997a; 1997b]
configured for the Indian Ocean. Our model domain extems {24°E, 35°S) to (122°E,
26°N) with open boundaries at 122°E for the Indonesian Thriowglaind at 35°S for the
Southern Ocean (figure 5.1). The horizontal resolutooh®x1° and there are 22 vertical
levels (10m resolution near the surface down to 500m ferddepest six levels). The
model bathymetry is interpolated from the ETOPO5 [1998] datgycnal and diapycnal
mixing processes in the model are parameterized using a &lM/&theme and a
convection algorithm, respectively. At the open boundaténperature (T), salinity (S)
and velocity ¥) normal to the boundary are prescribed at each tiepe st

The model set-up is exactly the same as that dedciibFM (see chapter 2), but
with the addition of a 30-day restoring to sea surfaeead S from the World Ocean Atlas
1994 |evitus and Boyer, 1994;Levitus et al., 1994]. All experiments are conducted with
identical surface forcings and the same eastern bounctamgitions for @ and S.
Experiments that used the FM southern boundary conditiane a mean Indonesian
Throughflow of -10 Sv (into the model domain). For tmalfimodel experiment, the FM
southern boundary conditions are replaced by the hydrogragution of Toole and
Warren [1993] and the flow field across 32°S from G03 (sed&i@.2 for details). In this
case a uniform offset is applied to the eastern bouridaegsure a mean IT strength of -16
Sv to preserve the GO3 flow field at the southern boynd@our different diapycnal
mixing fields are used (table 5.2) and in each case the noagegrated for 200 years.
Experiment A uses the same spatially uniforgok2x10° ns* implemented in the work
of FM; experiment B uses a uniformygKhat is the basin-integrated average of the
observational estimate; experiment C has an obsenally-estimated Kfield, which is a
function of depth and latitude (figure 5.3); experiment D diagnosed values for j&hat
are only a function of depth (figure 5.3). Note that tasif-average iKof experiment B is
very close to the Munk value of 1x{@r’s* [Munk, 1966:Munk and Wunsch, 1998].
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Experiment Southern Boundary Diapycnal Mixing Run Time
A Ferron and Marotzke Uniform 2xtor’s® 200 years
B Ferron and Marotzke Uniform 1.2xiorfs® 200 years
C Ferron and Marotzke 2D observational estimate, 200 years
Ka(y,z) (figure 5.3)
D Ferron and Marotzke Diagnosedy(¥) (figure 5.3) 200 years
E Ganachaud Diagnosedy(K) (figure 5.3) 200 years

Table 5.2: Diapycnal mixing configurations used in the mogl experiments.

5.4.1 Diapycnal mixing fields

The zonal mean of the observationally-estimatedhOw large values at depth (as
high as 1G°m’s’) and generally much smaller values above 3000m. There is
progressively stronger mixing over most of the watduroa as one moves south of
section 101 (figure 5.3). The FM diagnosed mixing profileves Ky values that increase
with depth and that are much larger than the observatextept at the deepest model
level. The K values diagnosed from the GO3 flow field are smallantfor FM, but still
substantially larger than the observations for the upper 3000he diapycnal mixing
values here are based on the flow field after transfoemaonto the model grid and
therefore differ from the values reported in Ganachaud [2003a]

| == cD139 ||

Depth (m)

0
Latitude

Log, K,) NN | O
6 55 5 45 4 35 3 25

Figure 5.3: The left panel shows the 2-Dimensional mixin field based on the observations with
hydrographic section locations indicated in black. The ight panel shows the K-profiles for each

hydrographic section and the Kg-profiles diagnosed from the Ferron and Marotzke [2003] ad
Ganachaud [2003a] solutions (DFM and DG).
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5.4.2 Southern boundary conditions

The origins of the FM southern boundary conditiores thie World Ocean Atlas
1994 [Levitus and Boyer, 1994;Levitus et al., 1994] and a 2°x2° global ocean model
[Sammer et al., 1997]. The resulting optimised T, S andields vary smoothly in space
and are time-dependent. The size of the Agulhas Cuk@jtisé 65 Sv (1 Sv = fom’s?)
and the IT strength is 10 Sv. The deep inflow at thehssatboundary is confined to
below 3200m and occurs mainly in the Perth Basin (100-110%tyefi5.4). These
southern boundary conditions are applied in experiniiis

Experiment E uses T and S from the Toole and Warren [199%jo&msaphic
section and/ from the flow field at 32°S estimated by GO3 (chapter 4&irils). The T, S
andv fields contain a lot of mesoscale signal and are nspdtier than the FM boundary
conditions (figure 5.9). Under these conditions the mbd&iymetry is modified to fit the
hydrographic data and held constant over the latitudes 35-3PK8 size of the Agulhas
Current and Indonesian Throughflow is 70 Sv and 16 Sv, regphlctin this case some of
the deep inflow occurs above 3200m and at three zonaldosatapprox. 35-40°E, 55-
65°E, 100-110°E, figure 5.9).

5.5 ‘Ferron and Marotzke’ configuration results
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Figure 5.4: The left-hand panel is the time-mean overturimg streamfunction for year 1 of the FM
solution. Flow is anticlockwise (clockwise) around gsitive (negative) features, the units are Sv (1 Sv =
10° m®s"). The white line indicates the location of the Indoesian Throughflow. The right-hand panel
shows the cumulative transport across the southern boudiary.

* This allows the model dynamics to smooth the flow tefio encounters any changes in bathymetry.
Previous model runs demonstrate that this improvesah®gpatibility of the high-resolution hydrographic
data with the relatively coarse resolution ocean model.
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The FM meridional overturning circulation is charasted by an 18 Sv cell at
3500m, which penetrates the basin to about 10°N (figure 5.4)zdhal structure of the
transport reveals that the deep inflow is mainly confiredhe east, in the Perth Basin
(figure 5.4). Due to the nature of the model bathymetry, ithihe only location where
such a deep inflow is not blocked by topography near 30°S (figiyelb.the first year of
integration all experiments have a very similar oveihg to figure 5.4. It is only after a
few years that the different diapycnal mixing regimasse the model states to diverge.

In all model experiments there is a decrease in thetwwwing strength over the
first few decades (figure 5.5). After 120 years of integratéxperiment D is near
equilibrium, whereas experiments A-C still show aabrrend for decreasing MOC at the
end of the model run. Experiments A and C show sinalarlution of the overturning
streamfunction, presumably because the valuesyah Kexperiment C over much of the
water column are close to 2x10r’s’. Experiment B has the same basin-averagaX
experiment C and demonstrates that the uniform mixingoi® rafficient at sustaining the
deep inflow. This is in agreement with Scott and Marotzke [R@@20 found that mixing
is most effective at supporting the MOC when it occurgegions of strong stratification
(mainly in the upper water column). Experiment D equilimatauch faster than
experiments A-C and shows the largest overturning ata@ar

For completeness a 100-year model integration is cawigdusing the FM
horizontal and vertical mixing (dashed line of figure 58nce horizontal mixing can
induce substantial diapycnal mixing across sloping isopyceas, would anticipate a
correspondingly larger overturning circulation. Howeadter 100 years of integration the
impact of using the original FM mixing scheme in experinferg less than 1 Sv.
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Figure 5.5: Time series of the annual mean overturning steanfunction for 28°S at 3200m for
experiments A-D. The green dashed shows a 100 year run ofperiment A with horizontal/vertical
mixing. The overturning streamfunction for experiment E is computed at 1750m, owing to the
shallower overturning cell.

The evolution of the streamfunction at 28°S givesndictation of the evolution of
the model state over 200 years of integration. We nawsfeur attention on the mean
overturning streamfunction for year 200 to investigate gbarnn the zonally integrated
circulation throughout the ocean basin. As all diapycmixing regimes show an
overturning streamfunction very similar to FM aftery@ar of integration, this is our
reference circulation in all experiments (figure 5.4).

Experiments A and C show similar time evolution of shieeamfunction at 3200m
and 28°S, but the different 4Kfields produce different zonally integrated circulations
(figure 5.6). Experiment C has a clockwise overturning ¢edbaut 1000m that penetrates
from the southern boundary to beyond 10°N and a slightbyhnger deep circulation near
30°S. By year 200, experiment A and C show a similar-sedace circulation to year 1,
but a complete collapse of the deep MOC. Experiment ®&vsha deeper near-surface
circulation and a small residual overturning of 4 Skjol only penetrates to about 22°S.
Following the 4 Sv contour flow at 2000m near the soutbeumdary descends to 4000m
as it moves northwards and returns southwards at about 180@ear 200 experiment D
shows a similar near-surface circulation to expertmiBn but a much stronger deep
overturning of 12 Sv. This deep overturning has weakened by 80%s alightly deeper
than at the start of the model run.
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Figure 5.6: The time-mean overturning streamfunction foryear 200 of experiment A (upper left);
experiment B (upper right); experiment C (lower lef); and experiment D (lower right). Flow is
anticlockwise (clockwise) around positive (negative) &ures, the units are Sv (1 Sv = fan®s?"). The
white line indicates the location of the Indonesian Ttoughflow.

Using the overturning streamfunction we have establishad fth most mixing
regimes, the overturning circulation in our Indian Oceaodel diminishes relatively
quickly as the model is integrated forward in time. In ortte understand why the
circulation changes it is necessary to look in motaibat the model state at the beginning
and at the end of the model run. In the following sectwoagompare the end states of two
model runs: experiment C (weak overturning); and experirdelstrong overturning),
with the initial model state. Our analysis concemsain the deep ocean and understanding

why the deep overturning circulation changes.
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5.5.1 Initial model state
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Figure 5.7: The annual-mean distribution of potential temgrature for a section at 33°S (left) and a
meridional section of the zonal mean value (right). Datsshown are: year 1 of experiment C
(representative of all model runs, upper panel), year ZDof experiment C (middle panel) and year 200
of experiment D (lower panel).

At the start of the model runs we observe a deep grathgootential temperature
(T) across the Perth Basin (100-110°E), which is assocmtbdhe large deep inflow in
this part of the basin (figure 5.7). There are also deepl Zbwgyradients visible at 40°E,
between Mozambique Plateau and Madagascar Ridge and about 5341&fEEst of these
gradients is located in a region of northward deep pamsand the latter is a region of
small southward transport (figure 5.4). The meridionalettien (figure 5.7) shows a
tongue of cold water from the Southern Ocean below&aBO600m. The sloping of the
isotherms shows a denser water column in the south andsssiggeressure gradient from
the south to the north.
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The deep sub-basins of the ocean model show a lotuztste in the temperature
and salinity (S) fields (figure 5.8). The cold influencetloé southern boundary and the
high S in the northernmost basin are particularly isigikAgain we observe a strong zonal
temperature gradient in the Perth Basin (105-110°E). It israpp#hat the Madagascar
(50-60°E) and Perth Basins provide the only entrances taotidigor deep ocean basins at
the southern boundary. The distribution of salinity gitlee impression that the Central
Indian Basin is filled from the West Australian Basia a gap in the Ninetyeast Ridge, as
suggested by observationddrren and Johnson, 2002].

5.5.2 Experiment C model end state

At the end of experiment C the zonal distribution odmésotherms have changed
substantially (figure 5.7). The most striking changes heeremoval of the T gradient
across the Perth Basin and at 40°E. In both the zowhlnzeridional sections there is
evidence that the basin has been filled with cold, derderveriginating from the south.
The coldest water column is north of the southern bayndaggesting a pressure gradient
that would oppose the deep inflow into the basin. The miatéhe deep sub-basins has
been homogenised — there is no longer evidence of anypaogerty gradients and the
mean T has dropped substantially (figure 5.8).

After 200 years of model integration the mean potentraptgature of the ocean
has dropped by 1.1°C and reduced in salinity by 0.01. The larggs¢tature losses occur
in the upper 1000m, with peak values at 33°S near the easteshdboundaries. There are
some isolated regions of temperature and salinity incredseh occur mainly between
500-2000m. The drift of T/S properties in the model demorstridiat the flow regime in
the ocean interior is not balanced with the surfaceirigs. There seems to be a problem in
transferring heat, particularly, but also salt downwémals the sea surface.

5.5.3 Experiment D model end state

Experiment D shows less deviation from the initial abods than experiment C.
After 200 years of model integration T gradient acroesRérth Basin is preserved (figure
5.7, 5.8), though it is weaker than at the start of the hmade The basic zonal structure of
the deep isotherms is qualitatively similar to the sththe model run. There is evidence
of filling of the Indian Ocean sub-basins, but to adesxtent than previous model runs.
The deep sub-basins show some homogenisation of wassrpraperties, but again some

of the structure is preserved.
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Figure 5.8: Potential temperature (left) and salinity (righ) averaged over the deepest three model
levels (> 3700m). Data shown are: year 1 of experiment C (regsentative of all model runs, upper
panel), year 200 of experiment C (middle panel) and year 2@d experiment D (lower panel).

The basin mean T has fallen by 0.58°C and salinity hayspeid by 0.027. While
the drift in T is halved compared to experiment C, the @iif6 has more than doubled.
This is no-doubt a consequence of more of the relatifrelyh deep water from the
southern boundary being advected and mixed in the modebmt&he largest changes

happen in the upper 1000m
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5.6 ‘Ganachaud’ configuration results

After a steep decline in the overturning strength ovefitbedecade, experiment E
rapidly equilibrates (figure 5.5). The initial decreaseoverturning from a larger value
than prescribed at the southern boundary suggests #hd@EMhinitial conditions may
contribute to a strong, but transient initial overturnidfter 200 years of model
integration the peak deep overturning that in the modeiiantss 8 Sv, which represents
90% of the 9 Sv prescribed deep inflow. The overturningisedubstantially weaker and
shallower than the FM solution and penetrates the lasfarther than the equator (figure
5.9). As with the previous model runs, experiment E showsifeiin basin-integrated
temperature salinity. The drop in temperature is 0.7°C lamaniean salinity is reduced by
0.05. The loss of heat and salt occurs predominantly ingaesurface layers but there are
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Figure 5.9: The left-hand panel is the time-mean overturimg streamfunction for year 200 of the
Ganachaud solution. Flow is anticlockwise (clockwise) aund positive (negative) features, the units
are Sv (1 Sv = 10m?®™). The white line indicates the location of the Indorsian Throughflow. The

right-hand panel shows the cumulative transport across # southern boundary.

The overturning reported here differs substantially hat testimated by GO3.
Firstly, the transformation of the flow field at 32f®m isopycnal coordinates to the
model grid reduces the deep inflow to 9 Sv, although it ilkwgithin the estimated
uncertainty of 11 + 4 Sv. Secondly, the overturning esathdy GO3 shows the 11+4 Sv
deep inflow penetrates the basin as far north as 8°®et, the overturning circulation
presented here marks a step forward in addressing the tidpetween observation-based
estimates of the Indian Ocean MOC and GCM studies.
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5.7 Discussion

Experiments A-D demonstrate that the distribution @pgcnal mixing has a
profound impact on the size of the quasi-steady overtustaig. Using the FM uniform
Kq of 2x10° nm’s* we see a complete collapse of the 18 Sv overturnithgfter 200 years
of model integration. A similar result is obtained wheone implements the
observationally-based mixing estimates. Presumablygtiedause the ‘observedj Kver
much of the water column the mixing is close to 2xifis*, despite very large values at
depth. This point is elucidated by Scott and Marotzke [2002], fwbod that diapycnal
mixing was most efficient at sustaining a large MOC wheartdurred in regions of strong
stratification, i.e. the low latitude thermocline. Teott and Marotzke theory is supported
by experiment B, which has largeg Kalues in the upper water column than experiment C,
but the same basin-integrated value. Experiment D usgeadiad diapycnal mixing from
a 1D advective-diffusive balance and shows a quasitgtegerturning circulation of 12
Sv. This accounts for 70% of the 18 Sv overturning that esqoibed at the southern
boundary. Diagnosed s also effective in sustaining a quasi-steady overturriatg ss
inferred from observations (experiment E). In this c@8% (8 Sv) of the 9 Sv prescribed
overturning is preserved after 200 years of integrationveéver, the model shows a much
reduced meridional extent to the overturning than suggdédstethe original box model
estimate (5anachaud, 2003a]. The implementation of diagnosed diapycnalngixs likely
to be even more effective in an isopycnal model, whagentixing follows the isopycnal
surfaces. The diagnosed diapycnhal mixing presented hel@ loeumproved bya priori
mapping the isopycnal surfaces in the model interiorpaaducing several iKprofiles that

are a function of latitude.

5.7.1 Why does the overturning circulation collapse?

The thermal wind equation states that a meridionaltas@ng circulation requires
a zonal density gradient to support the vertical sheaowhward velocity (Eq. 3.1). At the
southern boundary the deep inflow is prescribed, so the Inm@deno ‘choice’ until it
enters the ocean interior. Experiments A and C slargel homogenisation if the deep
water masses and a removal of the temperature graatiesgs the Perth Basin after 200
years of integration. At the end of these model rumer ahe deep inflow cannot be
sustained upon entering the model domain because theretasafiicient zonal density
gradients to support the vertical shear associated vatbwvérturning in the ocean interior.
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The prescribed flow cannot move northward, but mass ceatgan dictates that the flow
must go somewhere. It is possible that the flow could enpanally, if there were a
substantial meridional density gradient, but only untilericountered topography. In
practice, the easiest solution seems to be for tdve tth move vertically upward. Analysis
of the u- andw-velocity components (not shown) shows that most efdéep inflow is
directed upwards upon entering the model domain and thes #lonally across the basin
to the Agulhas Current, where it is advected out ointbelel domain. Such a flow pattern
requires a pressure gradient to oppose the deep northeargriéscribed at the southern
boundary, which could be supplied by the largely homogenotsr wigass in the Perth
Basin (figures 5.7, 5.8). The circulation regimes that skome residual deep overturning
all manage to preserve zonal gradients in the oceamnantto a greater or lesser extent.

Another way of looking at this problem is to considex bow diapycnal mixing is
parameterised in the model. The amount of diapycnalnmixdnix) that occurs at any
location is a function of the diapycnal diffusivity {Kand the local diapycnal density
gradient (approximatelgp/cz), such that @x = Kqop/oz. If the basin-wide gdx is not
large enough to balance the mass of deep water flowtogthe ocean basin, the deep
stratification (anddp/dz) will increase (figure 5.7, middle panels). Eventuéliyoz (and
therefore dix) becomes large enough to balance the deep inflow. Hahcenodel
experiments reach some form of quasi-steady state.

5.7.2 Heat loss in the upper water column

The loss of heat in the ocean basin and particulartligarupper 1000m is a feature
of all model runs. Experiment D demonstrates the leeat loss, despite having the largest
overturning circulation. With a greater deep inflow onghhanticipate a greater heat loss
in the ocean interior. The answer lies in the neaiasarky values. The higher Kvalues
mean a more efficient draw-down of heat from the serfayers. The surface forcing is a
restoring condition in part, so downward heat export efiiectively increase the surface
heat flux as the restoring term tries to elevatessetace temperatures toward the target
values. The model runs with the lowest near-surfagev&lues exhibit the largest
temperature drift over the 200 year integration.

The fact that all model runs show heat loss (and ddssalt, to a lesser extent)
suggests that there is a fundamental problem in tranmgfelngat downwards in the GCM.
FM noted that when their solution was integrated fodafar a few years the heat content

in the upper 500m rapidly decreased. The authors suggest thatothid be due to
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inadequate mixed layer physics and/or inaccurate estimdteseosurface heat and

freshwater fluxes. The authors also noted a declineeiroverturning to about 12 Sv after
the first 10 years, and suggest that the uniforgn tke possibility of misrepresented

bathymetry and poor model resolution might make it imposdiblesustain the deep

circulation. We have demonstrated that given appropfiatelarge part of the overturning

circulation can be sustained indefinitely. Howewee, also observe a cooling of the upper
water column, despite the large near-surface diapyonahg values used in some model
runs. The implication is that the FM surface fluxestaio weak.

5.8 Conclusions

 We have demonstrated that the quasi-steady deep ovegtimnine Indian Ocean
is very sensitive to the distribution of diapycnal mixing.

* The Ferron and Marotzke (FM) [2003] solution is not suataen on long time
scales, primarily because the prescribed diapycnal misingot large enough.
Observational estimates of diapycnal mixing are also un@blgustain the FM
circulation.

*  When on employs a diapycnal mixing diagnosed from aadlizective-diffusive
balance 12 Sv (70%) of the 18 Sv FM overturning is sustanabtjuasi-steady
state. However, the required mixing values are much larger the observations
suggest.

* We also investigated a southern boundary flow field thatdasived from
observations — that of Ganachaud [2003a]. We find an 8 Swi-gteady
overturning state that requires lower values gfttklan FM. The GCM circulation
shows lesser meridional extent than Ganachaud [2003athéutesult is a step
forward in addressing the disparity between observatiamhlGCM estimates of
the Indian Ocean MOC.

94



Chapter 6: Summary and discussion

Chapter 6: Summary and discussion

95



Chapter 6: Summary and discussion

6.1 Introduction

In this chapter we summarise the work presented omthanl Ocean circulation,
discuss the wider implications of our findings and suggesesareas for future research.
In section 6.2 we discuss the work on the hydrographic odiseng presented in chapter 3
and put forward a hypothesis which could explain the obsel¥edences in the 1987 and
2002 density structure. The model investigations into decadalbitay of the deep
circulation presented in chapter 4 are discussed in sé&B8ormn section 6.4 we review the
work of chapter 5 on the influence of diapycnal diffugivitn quasi-steady overturning
states and finish with some concluding remarks in se&.ib.

6.2 The 1987 and 2002 hydrographic observations

In chapter 3 we use hydrographic data at 32°S from 1987, 1995 and 2002 to
investigate changes in the strength of the Indian Ocedotropical gyre circulation.
Relative geostrophic transports are computed for the dogznior using a zero-velocity
surface (ZVS) at 2230dbar and then filtered with a Gaussia®’ (longitude) to remove
the high wave number signal. The estimated relative tyginsports are: 41 £5.1 Sv (1 Sv
= 10° m’s™) for 1987, 42 + 7.0 Sv for 1995 and 58 + 7.0 Sv for 2002. The 1987 and 1995
values are consistent within the estimated error and2@@2 value represents a 40%
increase relative to 1987. The main areas of change igetb&trophic transports are just
east of Madagascar Ridge and around Broken Plateau — consvitie differences we
observe in the depths of isopycnals in these areggss bfiacontoured velocity suggest that
most of the change happened between 1995 and 2002, which is tatoyeabigreement
with the transport estimates. The different statmcations occupied in 1987 and 2002 is
an obvious point of criticism in our comparison. Howewvewych of the change in
isopycnals (and associated transport) occurs in regidmeye the two hydrographic

sections overlie.
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Given that the ocean gyres are fundamentally windedrivcean phenomena, one
might look to changes in the wind stress fields to try @mdierstand why the relative gyre
transports have changed. If a change in the mean winde wsponsible for the
differences in isopycnals, one would expect such atetdb be most evident in the near-
surface region. However, the zonally-averaged velopityfiles show that the larger
transport estimated for 2002 is a result of greater nogradiivelocity shearc{/oz) at depth
(figure 3.8). In the following paragraphs we present a conceptodel of the flow field
near 32°S. Using this model, we put forward a hypothesiscthatl explain the apparent
increase in gyre strength between 1987 and 2002 by considemgeshin the deep

meridional overturning circulation.

6.2.1 Implicationsfor the deep circulation?

o
-
-
-
-
o
-

Depth (m)

— )
- = G+0

Velocity
Figure 6.1: Idealised velocity profiles associated with the wind-driven gyre (G); deep meridional

overturning circulation (O); and gyre plus overturning (G+0O). No information is required about the
bar otropic flow field in thisexample.

The basis of our conceptual model is idealised profifemaridional velocity that
are a function of depth (figure 6.1). The profiles arerdsallt of a zonal-integration over
the ocean interior — we avoid the boundary currents.iritial model state is a circulation
that is purely wind driven. In this case the velocity peoflould look something like the
green curve in figure 6.1. We have excluded the western bouretgon in our model, so

there is no constraint of mass conservation. Thenabsef a deep overturning circulation
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means that there is no current shear below the Ekmapipgrayer. We now add an
idealised overturning circulation (blue curve, figure 6.1),clvhis qualitatively similar to
many of the model circulations described in chapters band we make the assumption
that the two curves can be linearly combined, we produzedttdashed curve in figure
6.1.

There are important results from the addition ofdferturning profile to the gyre
profile:

(1) The addition of the overturning velocity profile caugesater shear at depth in
the net velocity field, near the base of the wind-@ilayer.

(i) The presence of the overturning circulation can leaddgieater apparent depth
of the gyre circulation (i.e. the depth of minimumoaaty shear).

Both of these effects can lead to greater apparentstgegth when one employs a
ZV/'S at a depth of minimum vertical shear of meridiovelocity near the base of the wind-
driven layer. The conceptual model suggests that a charije size or vertical structure
of the deep overturning circulation between 1987 and 2002 coctddiaicfor the observed
changes velocity shear below 1000m reported in chapter 3infpleation is that the
overturning cell may have increased in magnitude between 1@8Z06€2 and/or the depth
structure of the overturning may have changed overs#ime period. The conceptual
model also shows that our method for estimating glyength from hydrography using a
ZVS at a depth of minimum velocity shear (figure 3.5) caerestimate the gyre transport
if the return branch of the overturning occurs near #ee lof the wind-driven layer. This
may explain why the depth of minimum vertical shear ofidi@nal velocity in OCCAM
is shallower than we observe in the hydrography (the OC@A#d presented in chapter 3

have a weak deep overturning circulation).

6.2.2 Future work

During cruise CD139 a total of 25 autonomous floats wereogiedlacross 32°S in
the Indian OceanBryden et al., 2003b] as part of the Agro programme (details at
http://www.argo.ucsd.edu). The floats drift at depth of appmately 2000m, surfacing
and re-submerging every 10 days to record depth-profilgemperature and salinity.
These profiles and a position fix are transmitted vialkat while the float is at the ocean

surface (where it remains for 6 to 12 hours). The infoonagjathered by the floats
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presents an excellent opportunity for investigating theoses variability in the density
structure of the upper water column from an observadtistamdpoint. Work is currently
being undertaken by Klaus Getzlaffefs. comm.] to estimate the northward transport
associated with the subtropical gyre, using a geostrophiwoche@pplied to Argo data. It is
hoped that this research will improve our understandinth@fmesoscale and seasonal
variability of the gyre circulation. More specificallthe work should provide improved
error estimates of the geostrophic flow field, which \ddee particularly useful for inverse
studies [e.gGanachaud, 2003a].

Two model data sets have recently become available dbald be used to
complement the work presented in chapter 3 and that usingoiggyvations. The first is
an OCCAM 1/4° run with improved surface forcings and moealistic deep water
formation Marsh et al., 2005]. These data could be used to investigate the long term
(inter-annual to pentadal) variations in the gyre and deeplations of the Indian Ocean.
The second dataset is from 1/12° OCCAM global ocean nmiadelhich is a fully eddy-
resolving model. This latter dataset could be particuladyulisor quantifying the impact
of mesoscale activity on hydrographic estimates of thetggzhic flow field.

6.3 Decadal variability of deep MOC

In chapter 4 we investigate the influence of lateral boyndanditions near 32°S
on the Indian Ocean circulation, using a regional gdrerculation model (GCM). In the
first part of the analysis we establish a time soadelfe initial adjustment of the model to
the imposed southern boundary conditions. Using the timieesseof overturning
streamfunction at 28°S we note that most of the madielstment occurs within the first 5-
6 years of model integration. This approximate time s@l®oughly what one would
expect for an adjustment time, based on the obserarsdlation speed of a first-baroclinic
Rossby Wave at about 30°SHelton and Schlax, 1996;Fu and Chelton, 2001]. The rapid
adjustment of the model may also be related to timeptex series of topographic ridges
(figure 1.3), which are capable of supporting topographic Rosstgsi.g Kantha and
Clayson, 2000]. The limited meridional extent and the continuoosinbdary of the

" Rossby waves are one of the primary mechanismseahoadjustment to perturbations in the boundary
conditions [e.gGill, 1982]
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continental shelf (from the African continent arduo Indonesia) could also contribute to

the short adjustment time via Kelvin wave propagatihl | 1982].

6.3.1 The importance of T, Sand v at the southern boundary

The approach used to investigate decadal variability inddgep MOC is to
combine hydrographic data with a regional GCM of the Inddmean. In chapter 4 we
present a method for transforming temperature (T), 8ali8) and meridional velocity)
data onto the model grid that conserves the sectiegriated quantities. We then test the
sensitivity of the model MOC to the southern boundarmddémns using T, S and
‘reconstructed’v from the 1987 and 2002 hydrography. The velocity reconstruction is
carried out by computing the baroclinic structure of the dwdiphic section using the
thermal wind equation (Eq. 3.1) and combining it with barotrepiocities from a global
ocean model$tammer et al., 2002]. The sensitivity of the model to the prescribed idens
(T and S) and meridional velocity at the southern boundgatgsted by systematically
replacing southern boundary conditions from a control with the hydrographically-
derived boundary conditions.

We find that the model interior was much more sensfbverescribed than T and
S. This is the opposite of what Ferron and Marotzke [2008jest from their work using
the same GCM and the MIT adjoint. However, the chamgesmpose on T and S were
relatively small, particularly for the 1987 section. Tlisbecause the control conditions
use values of T and S from a climatology that incorgsréhe 1987 section. The use of
hydrographic data at the southern boundary introduces shgthiscale variability to the
T and S fields, but does not alter their large-scadribdution. The hydrographically-
derivedyv fields, on the other hand, introduce both short lengateseariability and large
changes in the basin integrated transports (figures 4.5, 4.6)

The reconstructed-field for 1987 invokes a vigorous deep overturning in the
Indian Ocean of 16-18 Sv, with deep northward flow below 30@@uh southward flow
between 500 and 1500m near the southern boundary. Thidyziobedrated circulation is
gualitatively consistent with much of the published &itare [e.gBryden and Beal, 2001;
Ganachaud et al., 2000;Robbins and Toole, 1997;Talley et al., 2003]. The reconstructed
v-field for 2002 invokes an overturning of 12-14 Sv, with theerawning cell in the
opposite sense, stretching from the surface to 4000m. Wieotl@onsider this second
circulation to be a physical solution and it is theultesf strong southward flow at depth

near 105°E in the reconstructedield. This suggests that the approach of combining the
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baroclinic flow from hydrography with the ECCO mod8igmmer et al., 2002] barotropic
flow is flawed. However, it also highlights the digces in baroclinic structure between
the 1987 and 2002 hydrographic sections. The model shows a largavisens
prescribed velocities at the southern boundary —vifield is critical in determining the
decadal time-scale circulation. This result impliest tfthe model is capable of simulating
decadal changes in the basin-wide deep circulation usingagses of the velocity field
near 32°S.

6.3.2 Evidence for change in the deep circulation

In chapter 4 we attempt to simulate the 1987 and 2002 IndiearQarculation,
using two current estimates of the flow field near 3Z9& estimates of the flow field near
32°S for 1987 and 2002 are from Ganahaud [2003a] and McDonagh [in], prep.
respectively. After transformation of the data onto thedel grid the prescribed deep
northward flows are 9 Sv for 1987 and 17 Sv for 2002. The |&2§82 deep inflow
supports our hypothesis of a stronger deep overturning in 2002iitha987 (section
6.2.1).

The 1987 solution invokes only a weak circulation in the oaerior, despite the
9 Sv deep inflow prescribed at the southern boundary. Onlyvac&turning centred at
2000m depth and of very narrow extent penetrates the nmiegdr. In contrast, the 2002
MOC exhibits 16 Sv overturning cell with a 1500-4500m depth rangkis vigorous
overturning penetrates the basin beyond the equatorddiican to the differences in
zonally-integrated circulations, we see a dramatiorganisation of the deep currents in
the two model runs. For 1987 the largest deep northward floatgoin the Perth Basin
and on into the West Australian Basin. There is assmaller northward flow which
occurred in the Madagascar basin. A small southward fijacant to the western wall of
the Central Indian Basin acts to reduce the net deewiniibe deep northward flow for
2002 shows the dominant contribution in the Madagascar B&ka.next largest deep
inflow occurs in the Central Indian Basin, showing @mplete reversal of the flow
direction from the 1987 circulation. We also note dbaotions to the northward flow in
the Perth and West Australian Basins, but these areasuibdiy weaker than in the 1987
circulation.

It is difficult to know how much the change in bargio signal and different
bathymetry near 32°S affects the model solutions. 46 aémains unclear why certain

solutions seem more consistent with the model dynath&s others. The model is not
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eddy-permitting and so cannot support the high-wavenumbeopthe geostrophic flow
present in the hydrography. The fact that the bathymetnglt constant over the first 3
model grid cells serves to ‘dynamically smooth’ the flowan attempt to make it more
consistent with the model dynamics before it encourttegscomplex bathymetry. It is
tempting to try and smooth the T and S fields before agplthe boundary conditions.
This is problematic in practice because of the missimgegan the section. The Gaussian
filter applied to the upper water column in chapter 3 issustable for smoothing over
large areas of bathymetry. A better alternative if aamted to pursue smoothing of the
velocity field might be to take the time-mean flowld from a model run a few grid cells
into the model domain and use that to force the southmundary in a subsequent model
run (effectively smoothing the flow field twice). An aihative would be to extend the
model domain further south and duplicate more of the batmymghis is perhaps less
appealing, due to the change in the Coriolis paramigtent latitude.

6.3.3 Implications and future work

Perhaps the widest implication of the work presenteé Igethat hydrographic
sections can be usefully combined with regional modelstudy the circulation. Our
results suggest that the apparent inconsistency betwesioys non-GCM and GCM
studies are a result of the boundary conditions uselderréhan a conflict in the model
dynamics. The work presented in chapters 4 and 5 adds teuthent literature in
demonstrating the robustness of open boundary conditio@CMs, despite the fact that
they are formally ill-posed [e.@ennett, 1992;Zhang and Marotzke, 1999].

The short adjustment time of our Indian Ocean modellaadlifferent circulations
found in the 1987 and 2002 simulations call into question thdityaof the often-used
‘steady-state’ assumption. Given the complex natutbefndian Ocean bathymetry, it is
perhaps not surprising that the basin is capable of suppontitigple deep flow regimes.
What is surprising is the rapid and far reaching influentehe southern boundary
conditions. The sensitivity of the interior circtitmn to the southern boundary velocity
field implies that the model could be used to detectaahanges in the basin-wide deep
circulation using estimates of the flow field near 32°S.

The proposed change in circulation between 1987 and 2002 woultiobe
compelling if some of the changes of the deep flowsentesl here could be verified by
observations. Deep current meter moorings, such a thescribed by Warren et al.

[2002] present a potential means of identifying changes in tep destern boundary
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currents (DWBCs). Unfortunately the authors were only ablgresent data over the
period 1995-1997 and over this time there is no evidence ofrgeha the DWBC. A
network of similar moorings in the Indian Ocean woulésent a means of evaluating
changes in the deep circulation and validating future medeilts.

With the advent of increased computing power an obviousowenent to the
model work would be to use a higher resolution. This coulddssl to investigate why
some prescribed-fields at the southern boundary are more consistetft the model
dynamics than others. An increased horizontal and vergsalution would improve the
representation of bathymetry and accommodate the hydrogrdatacmore easily. The
influence of resolution on the impact of the boundargdittons would no doubt be an
interesting line of research, particularly if one uaadeddy-permitting model. The work of
Treguier et al. [2001] suggests that the increased moddutiesoshould not present a

problem for the open boundary conditions.

6.4 Diapycnal Diffusivity and Quasi-Steady Overturning States

In Chapter 5 we investigate the influence of the distrilbbubibdiapycnal diffusivity
on guasi-steady overturning states in a regional modtieofndian Ocean. Most of the
work in this chapter uses the model set-up of Ferron andtkie [2003] (hereafter FM),
who were the first authors to invoke a vigorous deep MOL@CM of the Indian Ocean.
We replace the horizontal and vertical mixing used bywil isopycnal mixing and an
eddy parameterisation, to improve on the original medelfiguration. We also address
the short integration time of FM by running the model fadv®r 200 years, so that the

model achieves a quasi-steady state.

6.4.1 Collapse of the FM solution

Perhaps the greatest limitation of FM’s work was the-gear integration time
used in their adjoint model study. We integrate the FMiehaonfiguration forward for
200 years to reach a quasi-steady overturning state.eBsnith of the model run the 18 Sv
deep overturning cell present in year 1 has collapsedntgavresidual circulation of < 2
Sv. We then repeat the model experiment using twonaliee distributions of K The
first is uniform Ky close to the canonical value of 4@rfs® [Munk, 1966; Munk and
Wunsch, 1998] and the second is a 2-D fieldy(lt, z), estimated from hydrographic data
[e.g. Naveira-Garabato et al., 2004]. In both cases the overturning circulation again
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collapses, with the uniform Ksupporting the larger residual circulation (~4 Sv). The
mechanism for the decline in the deep overturning is rahmivzonal density gradients at
depth and homogenisation of the deep ocean. Both of tlilestseare the result of an
imbalance between the diapycnal mixing and the large oidlepv. In a final experiment
we attempt to diagnose the Keld necessary to sustain the FM overturning indefipitel
by considering the mass balance into isopycnal layeteeasouthern boundary. In this
case we are able to preserve 70% of the FM overturnieggstr in a quasi-steady state,
but the K values are much larger than suggested by the observattensonclude that the
FM solution cannot be considered a realistic quasi-gteadrturning state for the Indian
Ocean.

In a second model setup, we apply the technique of diagr&sealues to the
Ganachaud [2003a] estimate of the flow field at 32°S. In thise all of the 8 Sv
overturning applied at the southern boundary is sustamqdasi-steady state. The values
of K4 required for the Ganachaud flow field are much less thase required for FM,
particularly below 1500m, but still an order of magnitudeyda than suggested by the
observations for the upper 3000m. This second model setuprosrtfie usefulness of
diagnosed Kvalues. It also again raises the issue of relatilgbe Ky values required in
the upper water column to sustain a deep overturning di@ulla

FM were perhaps too ambitious in using only 1 year of forwdaegjration in their
study — presumably a result of limited computing resources. Work we present in
chapter 4 suggests that a minimum time for the forwardetn@CM) run should be of the
order a decade to give the basin-wide circulation ttmeespond to changes in the
boundary conditions. In order to study the quasi-equilibrresponse the forward model
would have to be run for longer (for at least 100 yearsodr This raises problem of
computing power for the adjoint method because it isd ussratively and therefore

requires numerous GCM runs.

6.4.2 Refining the technique of diagnosed Kq4

While the technique of diagnosing; i shown to be effective in our z-level model,
there are a number of improvements that could be mamieeifvanted to fully exploit its
potential. Firstly, one could map out the isopycnalate$ over the ocean interior and
adjust the value of Kas a function depth accordingly (resulting in a 2-p fi€ld).
Secondly, the approach of diagnosing Would more naturally implemented in an

isopycnal coordinate model [e.§antha and Clayson, 2000]. In such a model the mixing
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coefficients would remain on the isopycnal interfagasher than being fixed in space.
With such improvements one would anticipate less modelsadent to reach a quasi-
steady state and better preservation of the initiattox@ng state.

6.4.3 Observation-based estimates of Kq

One of the problems with the observational estimatesaplycnal diffusivity is the
small number of locations that have been sampled.vahees must be extrapolated into
large areas of ocean where there is no data. Soméieofdifference between the
observation-based estimates and diagnosed estimafgsraty be due to the methodology
of the former. The major assumption that is made irotieervational estimates is that the
internal wave field activity sampled during each hydrograpbdtien is representative of
the time-mean state. One anticipates that the ersarlable for mixing is related to tidal
forcing and to first order may follow the spring-neap cy€éher time-dependent sources
of internal wave energy are eddies and atmospheric mometmansfer (winds). Direct
current measurements using LADCPs are an essential iagteédithe observation-based
estimates of diapycnal diffusivity presented in chafeSuch measurements have only
been available since WOCE and as repeat sections anpied¢dn the future we should
gain a better understanding of the time variability efitiiernal wave field.

A potential candidate for the ‘missing mixing’ in the upp@ter column is the
transient mixing associated with tropical cyclones.ds lheen suggested by Emmanuel
[2001] that tropical cyclones may play an important fol@riving the global MOC by
invoking vigorous mixing of waters across the thermoclir@$et al [2004] conducted an
idealised GCM study to show that intense transientydiagd mixing, with a distribution
suggestive of tropical cyclones, can effectively driveexidional overturning. It would be
interesting to carry out a similar model experimenhgsiur Indian Ocean model set-up.
Such a mixing could remedy the problems of mixing heamfrthe surface layers
downwards, discussed in chapter 5 and also noted by FM.

6.4.4 Future work

A logical next step in the modelling work would be to eai the long-term
stability of the model circulation when forced witteticDonagh [in prep.] flow field at
the southern boundary. This would be carried out wilgabsed values of 50 that the

required mixing fields could be compared with the observatiogstimates. The
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overturning estimate could then be ranked with the FM aanthGhaud estimates in terms
of: its compatibility with the model dynamics and, {hg required Kvalues.

More work could be done to investigate ways of incorporatimy dbservation-
based K values in the model. For example, the method we usedwves any zonal
structure and also removes the largest values. One cxpitote the limits of the data by
choosing a profile with the largest implied; End assume it to be representative of the
entire Indian Ocean. This would produce a useful upper foniteference in future model
experiments.

One of the issues we have yet to address in our 200-yedl mms is that the
meridional overturning may not be in steady-state. 87’ and ‘2002’ configurations
from chapter 4 could be used to explore this possibility taninvestigate the dynamical
adjustment to a change from 1987 to 2002 boundary conditionssiiipdest approach
would be to run the model forward under the 1987 conditionsséme time and then
impose the 2002 conditions. A more sophisticated approachdvbeulo combine the two
to produce a periodic southern boundary condition with-geBb cycle and study the long-

term response of the MOC.
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6.5 Concluding remarks

We have shown that there have been changes in théydstisicture of the
subtropical Indian Ocean gyre between 1987 and 2002. The chaagasserve occur at
depth and could be indicative of an increase in thedfitke deep MOC. This hypothesis
is supported by estimates of the flow field across 32°& f@anachaud [2003a] and
McDonagh [in prep.]. The model work suggests that thenbagle deep circulation of the
Indian Ocean is capable of changing on decadal times®debave demonstrated that the
Indian Ocean model supports different deep flow regimesividreed with the Ganachaud
and McDonagh flow field at the southern boundary. ih@ication is that both the size
and zonal structure of the deep inflow across 32°S may dtzveged between 1987 and
2002.

Our model work suggests that the deep MOC reaches geadirsttate on century
time scales and is determined by the distribution @fpytinal diffusivity (Ky). The
distribution of Ky required to support the prescribed deep inflow at the soubmamdary
can be estimated using a 1-D advective-diffusive balamdsopycnal layers. The two
estimates of the flow field near 32°S used in our invesbigamply highly non-uniform
profiles of Ky in quasi-steady state. Observation-based estimatég; @llso suggest a
highly non-uniform distribution of K It is therefore essential for the research comtguni
to improve the estimates ofykand implement a non-uniformgKlistribution in ocean and

coupled ocean-atmosphere models that are run to quasi-agumlisiates.

107



References

Adcroft, A., C. Hill, and J. Marshall, Represematiof Topography by Shaved Cells in a
Height Coordinate Ocean Mod&lonthly Weather Review, 125 (9), 2293-2315, 1997.

Banks, H.T., Indonesian Throughflow in a coupletinake model and the sensitivity of the
heat budget and deep overturninipurnal of Geophysical Research, 105 (C11),
26135-26150, 2000.

Beal, L.M., and H.L. Bryden, Observations of an Ags Undercurreneep-Sea Research
Part I-Oceanographic Research Papers, 44 (9-10), 1715-1724, 1997.

Beal, L.M., and H.L. Bryden, The velocity and votty structure of the Agulhas Current at 32
degrees SJournal of Geophysical Research-Oceans, 104 (C3), 5151-5176, 1999.

Bennett, A.Inverse Methods in Physical Oceanography, 346 pp., Cambridge University
Press, 1992.

Bindoff, N.L., and T.J. McDougall, Diagnosing CliteaChange and Ocean Ventilation Using
Hydrographic DatajJournal of Physical Oceanography, 24 (6), 1137-1152, 1994.

Bindoff, N. L., and T. J. McDougall, Decadal chaagdong an Indian ocean section at 32
degrees S and their interpretatidournal of Physical Oceanography, 30(6), 1207-

1222, 2000.

Boos, W.R., J.R. Scott, and K.A. Emanuel, Trans@éiapycnal mixing and the meridional

overturning circulationJournal of Physical Oceanography, 34 (1), 334-341, 2004.

Boyer, T.P., and S. Levitus, Quality control andgassing of historical oceanographic
temperature, salinity, oxygen dataN&BDSS, pp. 64, NOAA, 1994.

108



Bryden, H. L., and L. M. Beal, Role of the Agulh@srrent in Indian Ocean circulation and
associated heat and freshwater fluxBeep-Sea Research Part [-Oceanographic
Research Papers, 48(8), 1821-1845, 2001.

Bryden, H. L., E. L. McDonagh, and B. A. King, Clyas in ocean water mass properties:
oscillations or trends&cience, 300(5628), 2086-2088, 2003a.

Bryden, H.L., RRSCharles Darwin Cruise 139, 01 Mar - 15 April 2002. Trans-Indian
Hydrographic Section across 32S, pp. 122, Soutr@amPteanography Centre Cruise
Report, Southampton, 2003b.

Bryden, H.L., L.M. Beal, and L.M. Duncan, Structuaed Transport of the Agulhas Current
and its Temporal VariabilityJournal of Oceanography, submitted manuscript.

Chelton, D.B., and M.G. Schlax, Global observatioheceanic Rossby waveSgience, 272
(5259), 234-238, 1996.

Donohue, K. A., and J. M. Toole, A near-synopticvey of the Southwest Indian Ocean,
Deep-Sea Research Part 11-Topical Sudies in Oceanography, 50(12-13), 1893-1931,
2003.

Emanuel, K., Contribution of tropical cyclones teendional heat transport by the oceans,
Journal of Geophysical Research-Atmospheres, 106 (D14), 14771-14781, 2001.

ETOPOS5, Data Announcement 88-MG-02, Digital rebéthe Surface of the Earth, NOAA,
National Geophysical Data Center, Boulder, Colord®98

Feng, M., G. Meyers, A. Pearce, and S. Wijffels,ndal and interannual variations of the
Leeuwin Current at 32 degreesJ8urnal of Geophysical Research-Oceans, 108(C11),
art. no.-3355, 2003.



Ferron, B., and J. Marotzke, Impact of 4D-variatibassimilation of WOCE hydrography on
the meridional circulation of the Indian Ocedbeep-Sea Research Part 11-Topical
Studies in Oceanography, 50 (12-13), 2005-2021, 2003.

Fieux, M., and G. Reverdin, Current systems inltttkan Ocean, irEncyclopedia of ocean
sciences. Vol. 1. A-C, edited by J.H. STEELE, S.A. THORPE, and K.K. TEKRAN,
pp. 621, Academic Press, San Diego, CA, 2001.

Fofonoff, N. P., Physical-Properties of SeawatarNew Salinity Scale and Equation of State
for SeawaterJournal of Geophysical Research-Oceans, 90(NC2), 3332-3342, 1985.

Fu, L.L., E.J. Christensen, C.A. Yamarone, M. Lefeb Y. Menard, M. Dorrer, and P.
Escudier, Topex/Poseidon Mission Overviedgurnal of Geophysical Research-
Oceans, 99 (C12), 24369-24381, 1994.

Fu, L.-L., and D.B. Chelton, Large-scale oceanutation, in Satellite altimetry and earth
sciences. a handbook of techniques and applications., edited by L.-L. Fu, and A.

Cazenave, pp. 463, Academic Press, San Diego, @A,.2

Ganachaud, A., C. Wunsch, J. Marotzke, and J. Tdtégidional overturning and large-scale
circulation of the Indian Oceadournal of Geophysical Research-Oceans, 105 (C11),
26117-26134, 2000.

Ganachaud, A., Large-scale mass transports, watss formation, and diffusivities estimated
from World Ocean Circulation Experiment (WOCE) hgdraphic dataJournal of

Geophysical Research-Oceans, 108 (C7), art. no.-3213, 2003a.

Ganachaud, A., Error budget of inverse box moddig: North Atlantic Journal of
Atmospheric and Oceanic Technology, 20(11), 1641-1655, 2003b.

11C



Garternicht, U., and E. Schott, Heat fluxes of ldian ocean from a global eddy-resolving
model,Journal of Geophysical Research-Oceans, 102 (C9), 21147-21159, 1997.

Gent, P.R., and J.C. McWilliams, Isopycnal Miximg@cean Circulation ModelSpurnal of
Physical Oceanography, 20 (1), 150-155, 1990.

Giering, R., and T. Kaminski, Recipes for adjoimde constructionAcm Transactions on
Mathematical Software, 24 (4), 437-474, 1998.

Gill, A.E., Atmosphere-Ocean Dynamics, 662 pp., Academic Press, 1982.

Godfrey, J.S., The effect of the Indonesian thrdlogh on ocean circulation and heat
exchange with the atmosphere: a revidayrnal of Geophysical Research-Oceans,
101 (C5), 12217-12237, 1996.

Godfrey, J.S., and Y. Masumoto, Diagnosing the meaength of the Indonesian
Throughflow in an ocean general circulation modelirnal of Geophysical Research-
Oceans, 104 (C4), 7889-7895, 1999.

Gordon, A.L., Interocean Exchange of Thermoclinet&/dournal of Geophysical Research,
91 (C4), 5037-5046, 1986.

Gordon, A.L., R.F. Weiss, W.M. Smethie, and M.J.rii¢as, Thermocline and Intermediate
Water Communication between the South-Atlantic d&mdian OceansJournal of

Geophysical Research-Oceans, 97 (C5), 7223-7240, 1992.

Gouretski, V.V., and K.P. Koltermann, WOCE Globadtographic Climatology, pp. 55,
Bundesamtes fur Seeschifffahrt und Hydrographi®420

111



Griffies, S.M., A. Gnanadesikan, R.C. Pacanowski) M. arichev, J.K. Dukowicz, and R.D.
Smith, Isoneutral diffusion in a z-coordinate ocemodel, Journal of Physical
Oceanography, 28 (5), 805-830, 1998.

Griffies, S.M., C. Boning, F.O. Bryan, E.P. Chagsiet, R. Gerdes, H. Hasumi, A. Hirst, A.-
M. Treguier, and D. Webb, Developments in oceamaie modelling, Ocean
Modelling, 2, 123-192, 2000.

Hall, M. M., and H. L. Bryden, Direct estimates amgtchanisms of ocean heat transport,
Deep-Sea Research I, 29(3A), 339-359, 1982.

Hasumi, H., and N. Suginohara, Effects of localhha@nced vertical diffusivity over rough
bathymetry on the world ocean circulatidournal of Geophysical Research-Oceans,
104 (C10), 23367-23374, 1999.

Jayne, S. R., and R. Tokmakian, Forcing and sagpmfrocean general circulation models:
Impact of high-frequency motiondpurnal of Physical Oceanography, 27(6), 1173-
1179, 1997.

Johnson, G.C., D.L. Musgrave, B.A. Warren, A. Kfiednd D.B. Olson, Flow of bottom and
deep water in the Amirante Passage and Mascaresia,Baurnal of Geophysical
Research, 103 (C13), 30973-30984, 1998

Joos, F., G.-K. Plattner, T.F. Stocker, A. Kortangand D.W.R. Wallace, Trends in marine

dissolved oxygen: Implications for ocean circulatichanges and the carbon budget,
EOS, Transactions of the American Geophysical Union, 84, 197-201, 2003.

112



Kalnay, E., M. Kanamitsu, R. Kistler, W. Collins, Deaven, L. Gandin, M. Iredell, S. Saha,
G. White, J. Woollen, Y. Zhu, M. Chelliah, W. Ebeski, W. Higgins, J. Janowiak,
K.C. Mo, C. Ropelewski, J. Wang, A. Leetmaa, R. fidgs, R. Jenne, and D. Joseph,
The NCEP/NCAR 40-year reanalysis projdg|letin of the American Meteorological
Society, 77 (3), 437-471, 1996.

King, B.A., E. Firing, and T.M. Joyceshipboard Observations during WOCE, 715 pp.,
Academic Press, London, 2001.

Lavin, A., H. L. Bryden, and G. Parrilla, Merididrteansport and heat flux variations in the
subtropical North Atlantic;The Global Atmosphere and Ocean System, 6, 269-293,
1998.

Le Dimet, F.X., and O. Talagrand, Variational Algloms for Analysis and Assimilation of
Meteorological Observations - Theoretical Aspec®&llus Series a-Dynamic
Meteorology and Oceanography, 38 (2), 97-110, 1986.

Levitus, S., and T.P. Boyer, World Ocean Atlas 199dlume 4: Temperature, pp. 117pp.,
NOAA Atlas NEDSIS 4, 1994.

Levitus, S., R. Burgett, and T.P. Boyer, World Qceédlas 1994. Volume 3: Salinity, pp.
99pp., NOAA Atlas NEDSIS 3, 1994.

Lee, T., and J. Marotzke, Inferring meridional masd heat transports of the Indian Ocean by
fitting a general circulation model to climatologicdata,Journal of Geophysical
Research-Oceans, 102 (C5), 10585-10602, 1997.

Lee, T., and J. Marotzke, Seasonal cycles of n@ralioverturning and heat transport of the
Indian OceanJournal of Physical Oceanography, 28 (5), 923-943, 1998.



Ledwell, J.R., E.T. Montgomery, K.L. Polzin, L.Ct [Saurent, R.W. Schmitt, and J.M. Toole,
Evidence for enhanced mixing over rough topographthe abyssal oceaNature,
403 (6766), 179-182, 2000.

Longworth, H., J. Marotzke, and T.F. Stocker, Ocepmes and abrupt change in the

thermohaline circulation: A conceptual analydajrnal of Climate, in press.

MacDonald, A.M., The global ocean circulation: adlggraphic estimate and regional

analysisProgressin Oceanography, 41 (3), 281-382, 1998.

Marotzke, J., R. Giering, K.Q. Zhang, D. StammerHil, and T. Lee, Construction of the
adjoint MIT ocean general circulation model andlmggion to Atlantic heat transport
sensitivity,Journal of Geophysical Research-Oceans, 104 (C12), 29529-29547, 1999.

Marsh, R., B.A. de Cuevas, A.C. Coward, H.L. Brydamd M. Alvarez, Thermohaline
circulation at three key sections in the North Atla over 1985-2002Geophysical

Research Letters, in press, 2005.

Marshall, J., A. Adcroft, C. Hill, L. Perelman, afd Heisey, A finite-volume, incompressible
Navier Stokes model for studies of the ocean orallghrcomputers,Journal of
Geophysical Research-Oceans, 102 (C3), 5753-5766, 1997a.

Marshall, J., C. Hill, L. Perelman, and A. Adcroftdydrostatic, quasi-hydrostatic, and
nonhydrostatic ocean modelindpurnal of Geophysical Research-Oceans, 102 (C3),
5733-5752, 1997b.

McDonagh, E. L., H. L. Bryden, B. A. King, R. J.r8lers, S. A. Cunningham and R. Marsh,
Decadal Changes in the South Indian Ocean Themeydburnal of Climate, 18 (10),

1575-1590, 2005.

McDonagh, E.L., Using ADCP data to inform geostrieptalculationspaper in preparation.

114



Mesinger, F., and A. Arakawa, Numerical methodsduseatmospheric models. Vol 1., in
Global Atmospheric Research Programme (GARP) publication series, pp. 64, 1976.

Munk, W., Abyssal recipefeep-Sea Research, 13, 707-730, 1966.

Munk, W., and C. Wunsch, Abyssal recipes II: engecgeof tidal and wind mixingDeep-Sea
Research Part |-Oceanographic Research Papers, 45 (12), 1977-2010, 1998.

Naveira-Garabato, A.C., K.L. Polzin, B.A. King, KHeywood, and M. Visbeck, Widespread
intense turbulent mixing in the Southern Oceamence, 303 (5655), 210-213, 2004.

Pond, S., and G. L. Pickard, Introductory Dynami€xeanography, pp. 329, Elsevier

Butterworth-Heinemann, 1983.

Redi, M.H., Oceanic Isopycnal Mixing by CoordinaRotation, Journal of Physical
Oceanography, 12 (10), 1154-1158, 1982.

Robbins, P.E., and J.M. Toole, The dissolved sitindget as a constraint on the meridional
overturning circulation of the Indian Ocedbeep-Sea Research Part |-Oceanographic

Research Papers, 44 (5), 879-906, 1997.

Schmitz, W.J., On the World Ocean Circulation: \foki . Some global features/North
Atlantic circulation., pp. 150, Woods Hole Ocearaqgric Institution, 1996.

Schott, F.A., and J.P. McCreary, The monsoon aiteut of the Indian OceaProgress in
Oceanography, 51 (1), 1-123, 2001.

Schott, F.A., M. Dengler, and R. Schoenefeldt, hallow overturning circulation of the
Indian OceanProgress in Oceanography, 53, 57-103, 2002.

115



Scott, J.R., and J. Marotzke, The location of disay mixing and the meridional overturning
circulation,Journal of Physical Oceanography, 32 (12), 3578-3595, 2002.

Shi, W., J.M. Morrison, and H.L. Bryden, Water, haad freshwater flux out of the northern
Indian Ocean in September-October 199&gp-Sea Research 11, 49 (7-8), 1231-1252,
2002.

Siedler, G., J. Church, and J. Goulitean Circulation and Climate, 715 pp., Academic
Press, London, 2001.

Sloyan, B.M., and S.R. Rintoul, The Southern Ockaub of the global deep overturning
circulation,Journal of Physical Oceanography, 31 (1), 143-173, 2001.

Sprintall, J., S. Wijffels, T. Chereskin, and N.aBr The JADE and WOCE 110/IR6
Throughflow sections in the southeast Indian Oc®art 2: velocity and transports,
Deep-Sea Research Part 1l -Topical Studies in Oceanography, 49 (7-8), 1363-1389,
2002.

Stammer, D., C. Wunsch, R. Giering, Q. Zhang, Jrdit&e, J. Marshall, and C. Hill, The
Global Ocean Circulation Estimated from TOPEX/PA3EN Altimetry and the MIT
General Cirulation Model, inCenter for Global Change Science, pp. 40,
Massachussets Institute of Technology, Cambridg@7 1

Stammer, D., C. Wunsch, R. Giering, C. Eckert, Bintbach, J. Marotzke, A. Adcroft, C.N.
Hill, and J. Marshall, Global ocean circulation itgr 1992-1997, estimated from
ocean observations and a general circulation mddednal of Geophysical Research-
Oceans, 107 (C9), art. no.-3118, 2002.

11€



Stammer, D., C. Wunsch, R. Giering, C. Eckert, Bintbach, J. Marotzke, A. Adcroft, C.N.
Hill, and J. Marshall, Volume, heat, and freshwatansports of the global ocean
circulation 1993-2000, estimated from a generatutation model constrained by
World Ocean Circulation Experiment (WOCE) dakayrnal of Geophysical Research-
Oceans, 108 (C1), art. no.-3007, 2003.

Stommel, H.M., The westward intensification of widdven ocean current3yansactions of
the American Geophysical Union, 29, 202-206, 1948.

Talley, L. D., and M. O. Baringer, Preliminary résurom WOCE hydrographic sections at
80°E and 32S in the Central Indian OceaBGgeophysical Research Letters, 24, 2789-
2792, 1997.

Thacker, W.C., and R.B. Long, Fitting Dynamics tat&Journal of Geophysical Research-
Oceans, 93 (C2), 1227-1240, 1988.

Toole, J.M., and B.A. Warren, A Hydrographic Sectacross the Subtropical South Indian-
Ocean,Deep-Sea Research Part I-Oceanographic Research Papers, 40 (10), 1973-
2019, 1993.

Treguier, A.M., B. Barnier, A.P. de Miranda, J.MoNhes, N. Grima, M. Imbard, G. Madec,
C. Messager, T. Reynaud, and S. Michel, An eddyageng model of the Atlantic
circulation: Evaluating open boundary conditiodsyrnal of Geophysical Research-
Oceans, 106 (C10), 22115-22129, 2001.

Trenberth, K.E., and J.M. Caron, Estimates of memal atmosphere and ocean heat
transportsJournal of Climate, 14 (16), 3433-3443, 2001.

Veronis, G., The role of models in tracer studirf\Numerical Models of Ocean Circulation,
pp. 133-146, National Academy of Sciences, Washmdd.C., 1975.



Warren, B.A., and G.C. Johnson, The overflows acri® Ninetyeast RidgeDeep-Sea
Research I1, 49 (7-8), 1423-1439, 2002.

Webb, D. J., B. A. de Cuevas, and A. C. Coward, fiils¢ main run of the OCCAM global
ocean modelSouthampton Oceanography Centre Internal Document, 34, 1-43, 1998.

Weijer, W., W.P.M. De Ruijter, and H.A. Dijkstrata®ility of the Atlantic overturning
circulation: Competition between Bering Strait fresmter flux and Agulhas heat and

salt sources]ournal of Physical Oceanography, 31 (8), 2385-2402, 2001.

Waunsch, C.The ocean circulation inverse problem, Cambrige University Press, Cambridge,
1996.

Zhang, K.Q., and J. Marotzke, The importance ofnelpeundary estimation for an Indian
Ocean GCM-data synthesiaurnal of Marine Research, 57 (2), 305-334, 1999.

118



