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Abstract. Life has significantly altered the Earth’s atmo-
sphere, oceans and crust. To what extent has it also af-
fected interior geological processes? To address this ques-
tion, three models of geological processes are formulated:
mantle convection, continental crust uplift and erosion and
oceanic crust recycling. These processes are characterised
as non-equilibrium thermodynamic systems. Their states of
disequilibrium are maintained by the power generated from
the dissipation of energy from the interior of the Earth. Al-
tering the thickness of continental crust via weathering and
erosion affects the upper mantle temperature which leads to
changes in rates of oceanic crust recycling and consequently
rates of outgassing of carbon dioxide into the atmosphere.
Estimates for the power generated by various elements in the
Earth system are shown. This includes, inter alia, surface
life generation of 264 TW of power, much greater than those
of geological processes such as mantle convection at 12 TW.
This high power results from life’s ability to harvest energy
directly from the sun. Life need only utilise a small fraction
of the generated free chemical energy for geochemical trans-
formations at the surface, such as affecting rates of weather-
ing and erosion of continental rocks, in order to affect inte-
rior, geological processes. Consequently when assessing the
effects of life on Earth, and potentially any planet with a sig-
nificant biosphere, dynamical models may be required that
better capture the coupled nature of biologically-mediated
surface and interior processes.
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1 Introduction

“To heat are also due the vast movements which
take place on the Earth. It causes the agitation of
the atmosphere... Even Earthquakes and eruptions
are the result of heat.”

Sadi Carnot, Reflections on the motive power of heat,
Paris 1842. From an early stage in the developments of ther-
modynamics, the Earth was characterised as a planetary heat
engine. While it was not known that a proportion of this
heat is not fossil heat left from the formation of the Earth,
but rather is produced via radiogenic decay within the crust
and mantle and the release of heat due to outer core freez-
ing, the thermodynamic conception of the Earth as expressed
by Carnot can be seen as surviving essentially intact to the
current age (Backus, 1975). In order for a heat engine to per-
form work, a temperature gradient must exist. A substantial
temperature gradient exists between the core and surface of
the Earth as estimates for the temperature within the centre
of the Earth range from 4500–5700 K (Anderson, 1989; Alf é
et al., 2002) whereas the average surface temperature of the
Earth is around 280 K. The work this heat engine produces is
observed in processes of mantle convection, plate tectonics,
continental uplift, earthquakes and volcanism.

Other heating gradients result from the uneven heating by
absorption of solar radiation at the Earth’s surface and drive
processes such as the atmospheric circulation. Photosyn-
thetic life plays a special role in that it does not follow the
physical heat engine concept but uses photochemistry to di-
rectly utilise the low entropy nature of the incident solar ra-
diation. The emergence and evolution of widespread life has
profoundly affected the Earth. For example, the evolution
of oxygenic photosynthesis resulted in high partial pressures
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of highly reactive molecular oxygen that would, without con-
tinual replenishment, oxidise to much lower levels (Goldblatt
et al., 2006). These biologically-mediated effects can be un-
derstood as mechanisms that maintain the Earth system in
particular thermodynamic states. Such observations can be
seen as the starting point for the Gaia hypothesis which pro-
posed that the Earth and its biota form a co-evolving, self-
regulating system that is robust to perturbations (Lovelock,
1979). The initial Gaia hypothesis has developed with dif-
ferent studies considering it from different aspects such as
evolution and natural selection (Lenton, 1998), theoretical
ecology (von Bloh et al., 1997), dynamical systems (Lenton
and van Oijen, 2002) and thermodynamics (Kleidon, 2004).
It is now accepted that the possession of an atmosphere far
from thermodynamic equilibrium is a sign of widespread
life on Earth. While this is not a sufficient indicator of life
on other planets as abiotic processes are capable of produc-
ing atmospheric disequilibrium that could be detected from
Earth, e.g. the abiotic flux of methane combined with an oxy-
gen flux from the photodissociation of water (Kasting et al.,
1997; Schwartzman and Volk, 2004), the notion of biosigna-
tures for extraterrestrial life is predicated on an appreciation
of the planet-altering capabilities of life (Lovelock, 1965;
Grenfell et al., 2010).

Here, we consider a possible mechanism where the free
energy generated by photosynthetic life can then be put to
work in altering the Earth. Vernadsky described life asthe
geological force (Vernadsky, 1926). More recently, it has
been argued that the effects of life on surface geological pro-
cesses are so profound that a new discipline of evolution-
ary geomorphology (Corenblit and Steiger, 2009) has been
proposed. Our starting assumption is that life affects the in-
tensity of weathering and erosion, which affects the rate of
continental uplift and thereby the thickness of continental
crust. Altering the thickness of continental crust is analo-
gous to altering the coverage of an insulating blanket over
the Earth; continental crust is less dense and thicker than
oceanic crust and so has greater resistance. Consequently,
altering the thickness of continental crust will affect the heat
transport from the upper mantle which should in turn affect
the rate of mantle convection which is the dominant process
for the transport of heat within the Earth’s interior. We show
that this, in turn, affects oceanic crust recycling and the rate
of outgassing of CO2 from mid-oceanic ridges.

These results lead us to conclude that when considering
the evolution of the Earth system it would behove us to con-
sider it as a co-evolving system comprised of different in-
teracting components and that, depending on the particulars
of the study, it may be necessary to treat certain forces and
fluxes as being dependent on other forces and fluxes. This
may include the outgassing rate of buried and primordial car-
bon dioxide. Therefore, we propose that our simple mod-
elling results indicates a new mechanism whereby surface
life can alter the dynamics of the long-term carbonate-silicate
cycle (Walker et al., 1981).

Structure of the paper

We summarise the major processes and the resulting inter-
actions that affect the boundary conditions of the three pro-
cesses of mantle convection, oceanic crust cycling, and con-
tinental crust dynamics in Sect.2. In this section we describe
these processes and interactions using non-equilibrium ther-
modynamics as it allows us to evaluate the rates at which
processes perform work, move and transform material, and
deplete driving forces on fundamental grounds. We review
the basics of non-equilibrium thermodynamics, as well as the
proposed principle of Maximum Entropy Production (MEP)
which states that certain complex non-equilibrium thermo-
dynamic systems can be successfully characterised as being
in states in which the rate of thermodynamic entropy pro-
duction is maximised (Ozawa et al., 2003; Martyushev and
Seleznev, 2006; Kleidon and Lorenz, 2005; Kleidon, 2009;
Dyke and Kleidon, 2010). The MEP principle is controver-
sial and not widely accepted as an organisational principle,
we use it here primarily to derive upper estimates of rates
of work that can be extracted from heating gradients (which
is approximately proportional to entropy production). These
quantifications will later allow us to compare and evaluate
biotic activity to the power in geologic processes and in do-
ing so quantitatively assess the effects of life on geological
processes.

In Sect.3 we formulate a set of 3 models that describe the
mantle, oceanic crust and continental crust systems. We use
these 3 models to quantify the maximum work that these pro-
cesses can perform. We show that the proposed MEP princi-
ple provides reasonable estimates for certain characteristics
of these processes, such as core temperature, seafloor spread-
ing rates, continental crust thickness and global erosion rates.

In Sect.4 we explore the sensitivity of the three models
to their boundary conditions and show that altering erosion
rates of continental crust can affect upper mantle tempera-
tures and oceanic crust recycling. We discuss this result in
the context of the geological carbon cycle and propose a new
feedback between biologically-mediated weathering/erosion
and outgassing of CO2. We situate the models and results
within a broader assessment of power generation and dissipa-
tion within the Earth system while noting the comparatively
large amounts of power produced by surface life.

We conclude the paper in Sect.5.

2 Background on surface-interior interactions

Our perspective of surface-interior interactions is sum-
marised in the diagram shown in Fig.1. This diagram is a
conceptual schematic that identifies and associates dissipa-
tive processes on the surface and within the interior of the
Earth. Its primary purpose is to help convey how mechanisms
that dissipate energy gradients deep inside the Earth can af-
fect surface mechanisms which may, in turn, affect interior
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Fig. 1. A highly simplified schematic that represents the major pathways of surface-interior interactions. Interior processes can be seen as
being driven by the flow of heat from the interior of the Earth. These processes are represented with solid lines. However, such processes are
sensitive to alterations to their boundary conditions that are represented by dashed lines.

mechanisms. At the centre is heat the is left over from the
formation of the Earth plus radiogenic and heat released as
the outer core freezes. This heat flows through the Earth and
radiates out into space. In doing so, energy gradients are es-
tablished and dissipated. The boundary conditions for this
system are flexible and can be altered by surface processes.
Causation can be circular and what emerges is a co-evolving,
non-equilibrium, thermodynamic system in which surface-
interior interaction are critical to the overall state of the sys-
tem.

In the following sections we will first describe the primary
mechanisms shown in Fig.1 in more detail, then briefly re-
view previous works on biotic to geological interactions.

2.1 Geological dynamics

The solid lines in Fig.1 describe the driving forces for
the primary geophysical processes of mantle convection and
crust recycling.

2.1.1 Mantle convection

Radiogenic heating produced by the decay of isotopes of ura-
nium, thorium and potassium, along with heat released by
freezing of the outer core and fossil heat left over from the
formation of the Earth over 4.5 billion years ago, produces
temperature gradients within the mantle (Schubert et al.,
2001). These gradients are responsible for the changes in the
density of mantle material which leads to long-term mantle

convection. Although the mantle is composed of solid rock,
over geological timescales density changes result in slow,
creeping movement which leads to the bulk transport of ma-
terial and the convection of heat from the hot interior towards
the cool surface (Holmes, 1945). Large diapers within the
mantle may initiate at the mantle-outer core boundary and
travel to the mantle-lithosphere boundary. Such core-mantle
processes are important not only for the thermal evolution
of the Earth but also the initiation and maintenance of the
Earth’s magnetic field via the effects on the molten outer core
(Stevenson et al., 1983).

2.1.2 Oceanic crust recycling

New oceanic crust is being continually formed at mid oceanic
ridges as part of the process of seafloor spreading (Dietz,
1961). Through cracks in the sea floor, hot material rises up
from the underlying asthenosphere. Although oceanic crust
moves away from ridges at speeds of up to 13 cm−1 yr−1 in
the Pacific, the overall rate of change of the width of the
oceanic plates is much less. The total mass in an oceanic
plate is balanced by the production of new oceanic crust and
the reentering into the mantle of older crust at subduction
points (Hess, 1965). The combination of ridge push as new
material pushes away older crust from the mid oceanic ridge
and slab pull as descending subducted oceanic crust pulls
crust still on the surface leads to the long-term recycling of
oceanic crust material (Condie, 2003).
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2.1.3 Continental crust dynamics

While oceanic crust is never older than 100 million years,
rocks within the continental crust may be over 3 billion years
old. The continents are mainly comprised of the suite of
granitic rocks which are less dense than oceanic crust or man-
tle rocks. Consequently they resist subduction by ‘floating’
above the mantle on the asthenosphere much the same way
as a boat floats on water. The distance between the top of
a boat and the waterline will alter as the mass of the boat
alters. Loading boxes onto a boat will displace more water
and the boat sits lower in the water. Similarly, altering the
mass of a column of continental crust will alter how high the
crust sits within the mantle. The principle of isostacy de-
scribes the change in the position of continental crust within
the asthenosphere as the mass of continental crust at particu-
lar places changes.

The exact mechanisms responsible for the formation of
continental crust are disputed. For example it has been pro-
posed that the continental crust was primarily formed by sili-
cic magma during the Archean (Brown, 1977). More com-
plex mechanisms that involve re-melting and high tempera-
ture metamorphism (in the presence of water) have also been
proposed (e.g.Kay and Kay, 1988). These theories require
the recycling of lithosphere as it is the subduction processes
which involves high pressure and hydration of mafic rocks
that can lead to the partial melting and fractionating pro-
cesses that lead to the production of granitic rocks.

Once formed, continental crust is subject to physical at-
tack in the form of wind, water and freezing/thawing erosion
and chemical attack in the form of weathering whereby car-
bon dioxide in the atmosphere forms carboxylic acid which
dissolves minerals. The Urey reaction (Urey, 1952) de-
scribes these reactions and is the chemical mechanism of the
carbonate-silicate cycle. Eroded and weathered rock moves
from higher to lower ground via the action of water; boul-
ders, rocks and stones are washed down slope and dissolved
minerals move through groundwater, streams and rives. The
end of this journey comes when rocks and minerals enter
the sea where they eventually settle out to form sediments
on the sea floor. This results in the return of carbon to the
mantle that was previously outgassed primarily in the form
of carbon dioxide. The removal of material from the conti-
nents affects the overall mass of continental crust. It is esti-
mated that some 1.4× 1013 kg of continental crust is globally
eroded away each year (Syvitski et al., 2005). This reduction
in mass leads to the uplift of continental crust due to isostatic
processes.

2.2 Biotic effects on geological processes

Vernadsky’s claim that life isthe geological force is pred-
icated on life’s ability to capture some of the 340 W m−2

that the Earth receives from the Sun. In doing so, the bio-
sphere can contribute significant amounts of free energy to

geochemical cycling. However, limiting factors such as nu-
trient availability strongly determines the rate at which life
can grow and reproduce. Eroded and ultimately dissolved
rock provides nutrients required for biological organisms.
Many life forms are limited in growth by the availability of
phosphorous which is a component of DNA and can only en-
ter the biosphere via the processes of erosion (Elser et al.,
2007). Consequently rates of geochemical cycling can be
seen as a limiting factor for the abundance of life on Earth
with the cycling ratio – the number of times an element is
consumed and excreted by different organisms before being
lost from the biosphere – giving a good indication of how
strongly limited life is with respect to that element (Volk,
1998). However, life is able to alter the flux of nutrients into
the biosphere via a range of chemical attacks (Taylor et al.,
2009). It has been proposed that life can enhance weathering
and erosion rates by a number of direct and indirect mecha-
nisms (Lovelock and Watson, 1982; Schwartman and Volk,
1989; Schwartzman, 1999; Lenton and Watson, 2004; Di-
etrich and Perron, 2006), while Arens and Kleidon(2008)
investigated the effects of the biota on global weathering
rates. Such effects may be primarily mediated via the cli-
mate which has been shown to affect tectonic evolution of
mountains (Whipple, 2009). One example of the potentially
profound geological influence of life is that the rate of for-
mation of continental crust may have significantly increased
due to the effects of life and the disequilibrium produced in
the Earth system by the evolution of photosynthesis (Rosing
et al., 2006). This argument is predicated on an estimation
that the energetic input by life into geological processes on
Earth is three times larger than the contribution from Earth’s
internal heat engine.

2.3 Surface-interior interactions

The dashed lines in Fig.1 describe the driving forces from
the surface to the interior that may be significantly affected
by surface life. These can be considered within a broader
context of surface-interior interactions. The “top down tec-
tonics” approach inAnderson(2001) is particularly relevant
in that it regards the crust of the Earth as a component in
a complex system in which the dynamics of the crust may
be controlling interior processes rather than the crust being a
passive component that only responds to interior processes.
The previous section briefly reviewed a number of different
ways in which life affects other components of the Earth sys-
tem. Biotic activity has a significant affect on the rates of
biogeochemical cycling via the increase in weathering and
increase in the formation of sedimentary rocks and even on
the distribution and overall mass of granitic rock and conti-
nental crust. Continental crust can be seen as an insulating lid
that lays over the mantle convection system. Results returned
by experiments with B́enard convection cells found that the
proportional coverage of insulating lid can strongly affects
the dynamics of convection in the fluid below (Jellinek and
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Lenardic, 2009). Consequently, processes that alter the total
mass and coverage of continental crust may also be affecting
mantle convection and potentially processes occurring at the
core-mantle boundary.

3 Models and maximum estimates

To compare the strength of different interior processes to life,
we examine the physical power involved in maintaining these
processes from three simple models using thermodynamics
and the proposed principle of Maximum Entropy Production.
The models then allow us to derive the sensitivity of the dif-
ferent components to their respective boundary conditions.
This allows us to examine how surface processes can affect
the strength of interior processes.

We first provide a brief review of thermodynamics and
its relation to physical work and entropy production in non-
equilibrium settings. We then provide an overview of the
three models with some general definitions and conventions
used in the mathematical formulations. This is followed by
three subsections detailing the three models. In order to esti-
mate maximum strengths of the processes, the formulations
of the models require a consistent entropy balance in addi-
tion to the typical energy and/or mass balances. This en-
tropy balance in steady state quantifies the rates of entropy
production necessary for the application of MEP. For test-
ing surface-interior interactions it is also important to formu-
late the boundary conditions at the mantle – oceanic crust
and crust – continents interface in a flexible way. The use
of MEP to estimate maximum rates of entropy production
allows us to produce estimates for the maximum amount of
work that a process can perform. Whatever the actual entropy
produced is, it must (if the model has been constructed cor-
rectly) be lower than this maximum amount. This produces
vital bounds for the parameterisation of the models.

3.1 Thermodynamics, entropy production and work

The laws of thermodynamics relate energy, heat and work.
The ability to perform work is essential to move and trans-
form mass within the Earth system. When we deal with
systems that are continuously heated and cooled, such as
the Earth’s interior, we deal with non-equilibrium thermo-
dynamic systems that are maintained away from a state of
thermodynamic equilibrium. Processes within such systems
can then continuously perform work by depleting gradients.
In doing so, these processes produce entropy, following the
natural direction given by the second law of thermodynam-
ics. Here, we provide a very brief introduction to non-
equilibrium thermodynamics that captures these statements
in simple mathematical expressions. More detailed treat-
ments of non-equilibrium thermodynamics and how it ap-
plies to Earth systems can be found in textbooks such as

Kondepudi and Prigogine(1998) and review articles such as
Kleidon (2009) andDyke and Kleidon(2010).

3.1.1 Maximum work

We start with considering the maximum work that can be ex-
tracted from the heat flow within a system that is between
a hot and cold reservoir of temperaturesTh andTc. If no
change of internal energy occurs within the system (dU = 0),
then the first law tells us that dU = 0 = dQ−dW , that is, the
maximum amount of work dW is constrained by the addi-
tion of heat dQ. The second law tells us that the entropy of
the systemS can at best stay constant, dS ≥ 0. Through the
heat flux from the hot reservoir, entropy is imported into the
system in the amount of dSin = dQ/Th, while entropy is ex-
ported by the flux to the cold reservoir, dSout = (dQ−dW )/Tc.
The entropy balance of our system is hence given by:

dS = σ dt + dSin − dSout, (1)

whereσ is the entropy produced by irreversible processes
within the system, and dSin−dSout is the net exchange of en-
tropy with the surroundings. In the best case, the entropy of
the system does not increase (dS = 0) and no irreversible pro-
cesses take place within the system,σ = 0. We get the maxi-
mum amount of work dW when dSin = dSout, which yields:

dW = Tc · dQ ·

(
1

Tc
−

1

Th

)
. (2)

The corresponding work per unit time that can be extracted,
or the extracted powerP , is given by:

P =
dW

dt
= J ·

(
1 −

Tc

Th

)
= J · ηmax, (3)

whereJ = dQ/dt is the heat flux from the hot to cold reservoir
andηmax= (1−Tc/Th) is the well known Carnot efficiency of
a heat engine. At steady state the power extracted is balanced
by the dissipationD occurring in the system (P =D), result-
ing in entropy productionσ . In this case, the entropy balance
is reformulated from Eq. (1) to:

dS

dt
= σ + NEE, (4)

where NEE is the net entropy exchange associated with ex-
change fluxes of heat and/or mass with the surroundings. In
steady state (dS/dt = 0), the entropy production associated
with the dissipation of the extracted power is balanced by
the net entropy exchange:

σ = −NEE =
D

Tc
= J ·

(
1

Tc
−

1

Th

)
. (5)

Hence, the extracted power from a gradient, the rate at which
work is being performed, the dissipation and the resulting
entropy production are tightly linked quantities.
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Table 1. Naming convention used in the model formulations.

symbol property unit

ρ density kg m−3

A area m−2

k conductivity W m−1 K−1

g gravitational acceleration m s−2

η viscosity kg m−1 s−1

fc fractional coverage of continents –
fo fractional coverage of oceans –
F force kg m−1 s−2

P power W
J heat flux W m2

J (m) mass flux kg m2 s−1

D dissipation W
T temperature K
σ entropy production W K−1

S entropy J K−1

NEE net entropy exchange W K−1

Entropy production can also be calculated for fluxes of
mass. To derive an expression for this, we consider a steady
state in which there is no change in the free energy dF :

dF = 0 = T dS(m) + µ dN, (6)

whereT is the temperature of the system (assumed to be con-
stant), dS(m) is the change of entropy associated with mass
redistributiondN between a gradient represented by a chem-
ical potentialµ. When mass is removed from a higher po-
tentialµh at a rateJm = dN /dt and added to a location with a
lower chemical potentialµl , then this results in a net change
in entropy dS(m)/dt . Since we consider an isolated system
in steady state, this change in entropy corresponds to the en-
tropy productionσ (m) associated with the mass transportJm:

σ (m) =
dS(m)

dt
= Jm ·

µh − µl

T
. (7)

Since we will deal only with gradients in potential energy in
the following, we will refer toµ as the geopotential.

3.1.2 Maximum entropy production

For natural Earth systems, it is often the case that irreversible
processes compete within the system to dissipate energy gra-
dients. For example, heat is transported in the mantle by
diffusion and mantle convection. The extraction of work
to drive mantle convection competes with diffusion, which
also depletes the temperature gradient that drives convection.
Hence, the maximum power that can be extracted from the
gradient is generally lower, resulting in a lower efficiency
η<ηmax. In this context, the proposed principle of Max-
imum Entropy Production (MEP) suggests that processes

Table 2. Convention for the use of indices to identify subsystems
as shown in Fig. 3.

Index Component

a atmosphere
c continental crust
s sediments
o oceanic crust
m mantle

adapt to states at which the rate of entropy production is max-
imised. Several examples have demonstrated the utility of
applying the MEP principle. For example, the prediction of
poleward heat transport on Earth and other planetary atmo-
spheres from simple considerations (Paltridge, 1975; Lorenz
et al., 2001) and rates of mantle convection within the Earth
(Lorenz, 2002) are two sets of examples where convective
processes compete with diffusive and radiative processes.

To illustrate this example, let us write the heat flux as the
sum of a conductive and convective heat flux:J =Jc +Jv.
We assume a fixed heat fluxJ , and that the conductive flux
can be expressed as a linear function of the temperature gra-
dient, i.e.Jc = k·(Th−Tc), wherek is the material’s conduc-
tivity and that the boundary conditions (i.e. the temperature
gradient1T =Th −Tc) react to some extent to the value of
flux Jv. With this we get the entropy production by the con-
vective fluxσv:

σv = Jv ·

(
1

Tc
−

1

Th

)
=
J 1T − k · 1T 2

Th Tc
. (8)

That is,σv is a quadratic function of1T , and since1T is
some function ofJv, there is an optimum value ofJv that
maximisesσv. The MEP principle applied to this example
states that convection adopts this optimum fluxJv,opt that
maximisesσv. The associated maximum rate of work done
and dissipation by the convective flux is then given in steady
state, as above, byPmax=Dmax=Tc ·σv,max.

3.2 Overview of the models

Our three models are set up to correspond to three thermody-
namic subsystems that exchange heat at their boundaries. We
neglect exchanges of mass for simplicity. The boundaries are
illustrated in the conceptual diagram of the rock cycle shown
in Fig. 3.

In the mathematical formulation of the models, we use the
naming convention for parameters and variables as shown
Table1. The indices used to identify variables in the different
subsystems is given in Table2. An overview of all variables
used in the following is given in Table3.
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1
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change of entropy

with time:

dS/dt = σ + NEE

Fig. 2. The rate of change of entropy of a system over time dS/dt
is a function of the entropy produced within the systemσ and the
entropy that is exchanged with its surroundings NEE. A heat flux
J1 from a hot reservoir at temperatureTh into the system imports
entropy at a rateJ1/Th, and the heat fluxJ2 from the system to a
cold reservoir at a temperatureTc exports entropy at a rateJ2/Tc.
In steady state,J1 =J2 and the entropy produced within the system
is balanced by the net entropy export:σ =−NEE.

3.3 Mantle convection

Figure 4 represents the components of mantle convection. In
this model we are concerned with capturing the dynamics
of the flux of heat from the base of the mantle to the bot-
tom of the lithosphere. For the purposes of this model we
assume a uniform rate of heat production via the decay of
radioactive elements within the mantle and latent heat pro-
duced by the freezing of the liquid outer core. Our results and
analysis still apply if the mantle is instead subject to greater
heat input from the core/mantle boundary and continental
crust is modelled with higher concentrations of radiogenic
elements. Also, while the conductivity of mantle material
will vary as temperature varies, such changes in conductivity
are sufficiently small to be ignored so that conductivity can
be fixed for the range of temperatures under consideration.
The production of entropy via mantle convection is concep-
tually the same as the simple system shown in Fig.2. Reser-
voir 1 is the outer core, reservoir 2 is the lithosphere. Heat is
transported via conduction and convection within the mantle.
While laboratory experiments can provide estimates for the
rate of conduction through mantle rock, determining the rate
of convection can be problematic. This is because the viscos-
ity of mantle material is temperature dependent; the hotter it
is, the more vigorous it will convect. As there are no direct
measurements for the temperature of the mantle and as the
temperature of the mantle will determine the rate of mantle
convection we are posed with a system which defies analy-
sis. As in previously cited studies on the application of the
MEP principle to the planetary atmospheres (Paltridge, 1975;
Lorenz et al., 2001), we are faced with a situation in which
there are more unknowns than equations.

Fig. 3. The rock cycle’s major components of: mantle convection,
oceanic crust recycling and continental crust recycling are shown.
The subsystem boundaries are delineated with dashed black lines.

Lorenz(2002) found that selecting the mantle convective
heat flux so that entropy production was maximised, gave
a temperature structure within the Earth that was consis-
tent with other models and theory. The approach employed
was essentially equivalent to two-box energy balance climate
models that have been used to solve rates of latitudinal heat
flux within the Earth’s and other planet’s climates. In this
section we develop the Lorenz model with extensions into
spherical geometry and analytical solutions for rates of heat
convection and entropy production. We will show that plau-
sible predictions for the temperature structure of the interior
of the Earth are produced when it is assumed that the mantle
convection system is in a steady state of maximum entropy
production. In doing so, we will begin to demonstrate how
interior processes can be affected by boundary conditions on
the surface of the Earth.

3.3.1 Energy balance

We begin with the assumption of steady state, so heat pro-
duction within the interior of the Earth is balanced by heat
that is emitted at the surface of the Earth. Radiogenic heat is
produced within the mantle and at higher concentrations in
the continental crust. We assume that heat produced within
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and core are denoted withTm andTcore respectively.

the continental crust conducts away into space and so do not
include this heat input into the upper part of the mantle. The
remaining heat within the mantle is fossil heat left over from
the formation of the Earth and heat delivered to the base of
the mantle from outer core freezing. We assume that a pro-
portion of the heat delivered from the mantle to the bottom of
the lithosphere is equal to the fossil heat plus radiogenic heat
produced within the mantle. Therefore the conductive heat
flux through the mantle,Jmc and convective heat flux through
the mantle,Jmv equals the amount of fossil, radiogenic and
core freezing heat in the mantle,8h. Consequently, the over-
all heat flux in the mantle,Jh, is found with:

8h = ∇ Jh = ∇ (Jmc + Jmv). (9)

We express the two heat fluxes in terms of the temperature
gradient∇T and the Nusselt number,N :

Jmc + Jmv = −km N ∇T , (10)

wherekm is the conductivity, andN = (km + cm)/km is the
Nusselt number which is a dimensionless ratio of conduction
to convection.cm is an eddy conductivity characterising the
convective heat flux produced by mantle convection. Equa-
tions (9) and (10) and energy conservation8h =∇·Jh to-
gether in spherical coordinates yield the following heat con-
duction differential equation:

8h = −
2 km N

r

∂Tm

∂r
− km N

∂2 Tm

∂r2
. (11)

Table 3. Characterization of system states and fluxes.

symbol state variable unit

Tcore core temperature K
Tm mantle temperature K
Tmc temperature at the mantle-crust boundary K
Tc temperature of continental crust K
To temperature of oceanic crust K
Tca surface temperature of continental crust K
Toa surface temperature of oceanic crust K
8h heating rate due to secular cooling, radioactive W m−3

decay and core freezing

Jh overall heat flux within the mantle W m−2

Je heat flux through surface of Earth W m−2

Jmc conductive heat flux within the mantle W m−2

Jmv convective heat flux within the mantle W m−2

Jcc conductive heat flux through the continental crust W m−2

J (m) mass flux kg s−1

1zc thickness of continental crust m
1zo thickness of oceanic crust m
1zs thickness of sediments m
Mc mass of continental crust kg
Mo mass of oceanic crust kg
Ms mass in sediments kg
vc vertical velocity of continents (uplift) m s−1

vo horizontal velocity of oceanic crust (seafloor m s−1

spreading rate)

µca chemical potential at the surface of continental crust J kg−1

µmc chemical potential at the mantle-continental crust J kg−1

interface

µs chemical potential of sediments J kg−1

N Nusselt number –

where Tm is the temperature of the mantle and
r = 6.371× 106 m is the mean radius of the Earth. The
analytical solution of the diffusion equation in steady state
(∂Tm/∂t = 0) gives the temperature of the mantle at different
depths,Tm(r), as a function of the temperature of the core,
Tcore and the previous parameters:

Tm(r) = Tcore −
8h

6 km N
r2, (12)

with the convective heat fluxJmv given by:

Jmv = −km (N − 1) ∇T =
8h r (N − 1)

3N
. (13)

We now have an expression for temperature within the man-
tle as a function of the Nusselt number which in turn is a
function of mantle convection. By altering the rate of man-
tle convection, we are able to produce different temperature
structures within the Earth. In the following sections we will
calculate rates of entropy production via mantle convection
and then find that value of mantle convection that produces
maximum rates of entropy production.
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Fig. 5. Top plot: core temperature and fraction of convective heat
flux with varying Nusselt number. The Nusselt number is a dimen-
sionless value of the proportion of convection to conduction. Core
temperature is plotted with a solid line (units on left vertical axis).
Fraction of convective heat flux is plotted with a dashed line (units
on right vertical axis). Bottom plot: Entropy production via mantle
convection with varying Nusselt number.

3.3.2 Entropy balance

We consider two mechanisms for entropy production within
the mantle: conductive and convective heat flux. Calculating
entropy produced via conductive heat flux is straightforward
as rates of conduction will be an immediate result of the par-
ticular properties of the mantle (if we make the first order as-
sumption that conduction does not vary with varying temper-
ature). Convective heat flux and its associated entropy pro-
duction is more challenging because rates of convection will
vary with varying temperature and as neither the temperature
nor rate of convection is known, the problem is poorly de-
fined. Application of the MEP allow us to make predictions
for rates of convection by assuming it is that rate which pro-
duces maximum entropy. Entropy production for the mantle
system is:

dSm

dt
= NEEm + σm, (14)

whereSm is the entropy of the mantle,σm is the total en-
tropy production within the mantle, and NEEm is the net en-
tropy exchange of the mantle to its surroundings. At steady
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Fig. 6. MEP mantle convection temperature structure with three
different Nusselt number values. Depth beneath the surface of the
Earth is shown on the horizontal axis. Temperature in degrees
Kelvin is shown on the vertical axis. With no mantle convection
(N = 1 solid line) the core temperature is>40 000◦K. With high
rates of mantle convection (N = 100, dotted line) the core tempera-
ture is<1000◦K. WhenN is set to the MEP value of 7.6 (dashed
centre line) the core temperature is≈6000◦K.

state,σm =−NEEm. Entropy is exchanged with the sur-
roundings by the heating rate8h (entropy import) and by
the export of entropy by the heat fluxes across the mantle-
crust boundary. The entropy export is the heat flux out of the
surface divided by the surface temperature.JeAe/Ts, where
Ae = 5.1× 1011 m is the total surface of the Earth. The cal-
culation of the entropy import is not trivial because the tem-
perature at which heat is added to the system is not constant.
Consequently it is necessary to integrate over the whole in-
terior, and the entropy flux into the system is:

∫
V8h/T dV ,

whereV = 4/3πr3 is the volume of the Earth. This leads
to the formulation for entropy production in the mantle at
steady state as:

σm =
JeAe

Ts
−

∫
V

8h

T
dV. (15)

By definition of the Nusselt number, the contribution of
entropy production just by mantle convection is given by
(N−1)/N ·σm.

3.3.3 Maximum entropy production due to mantle
convection

It is possible to formulate entropy production within the man-
tle as a function of mantle convection with Eq. (15). Fig-
ure5 shows entropy production as a function of Nusselt num-
ber. When the Nusselt number≈7.5 the greatest rates of en-
tropy are produced. This equates to mantle conduction of
≈3 W K−1 and convection of≈21 W K−1. When these val-
ues are used in Eq. (12) a temperature structure of the internal
Earth can be constructed as shown in Fig.6.
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To calculate the maximum amount of work that can be ex-
tracted from mantle convection we multiply the entropy pro-
duction by the upper mantle temperature:

P = σ Tmo = 0.013 TW K−1
· 980 K ≈ 12 TW. (16)

Therefore, 12 TW is the maximum amount of work that can
be performed by the mantle convection system.

3.4 Oceanic crust cycling

The processes of mantle convection and conduction deliv-
ers an amount of heat to the base of the lithosphere which
finds its way to the surface and then radiates out into space.
In model 2 we consider how the recycling of oceanic crust
transports a proportion of this heat from mantle to surface.
Continental crust is rigid and its thermal properties reason-
ably well known, so it is relatively straightforward to cal-
culate rates of heat flux through the surface of continental
crust as a function of upper mantle temperature. Oceanic
crust transfers heat both via conduction and also via the bulk
transport of heat as hot mantle material from the upper man-
tle rises to the surface at mid oceanic ridges. The produc-
tion of mid oceanic basalt (MORB) and its eventual subduc-
tion back into the mantle releases a significant proportion of
heat from the interior. This process is conceptually similar
to mantle convection in that an eddy convection process will
transport a certain amount of heat given a certain temperature
gradient. We will show in following sections that the rate of
oceanic crust recycling has a significant affect on the temper-
ature of the upper mantle and so mantle convection. We will
also show that there are feedbacks both ways between these
systems in that the upper mantle temperature can affect rates
of oceanic crust recycling

Figure7 is a schematic representation of oceanic crust cy-
cling. To parametrize the heat flux through the oceanic crust
we use the so called “half space cooling model” (Stuwe,
2002). Hot MORB cools in contact with the cold ocean wa-
ter. As new material is produced from mid oceanic ridges
previously extruded material is pushed away from the ridge.
Consequently, the distance from the ridge, the temperature
and the time on the surface for oceanic crust are correlated.

3.4.1 Energy balance

We start with the heat balance between oceanic and continen-
tal crust. We assume that the heat flux through the surface of
the Earth equals the heat flux from continental crust,Jcc, and
oceanic crust,Joc.

Jh(re) = Jcc + Joc. (17)

The total heat flux through continental crust is a linear func-
tion of the temperature difference, volume and thermal prop-
erties of continental crust:

Jcc = fc kc
Tmc − Tca

1zc
, (18)
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Fig. 7. Oceanic crust recycling: Heat flows from the mantle out into
space via continental and oceanic crust. The proportion of continen-
tal to oceanic crust is denoted withfc andfo respectively where
fo = 1−fc. The total thickness of continental crust is denoted with
1zc. The upper mantle temperature is denoted withTmc, temper-
ature of the oceanic crust – ocean boundary is denoted withToa
and temperature of the continental crust – atmosphere boundary is
denoted withToa

.

wherefc is the fractional cover of the continents,kc the
conductivity of continental crust,Tmc the temperature of
the mantle-crust boundary,Tca the temperature at the crust-
atmosphere boundary and1zc the thickness of continental
crust. Heat transport through oceanic crust is modelled as
heat diffusion:

∂T

∂t
= κ

∂2 T

∂z2
, (19)

whereκ is the heat diffusivity of oceanic crust which is the
ratio of its density and heat capacity. We ignore any horizon-
tal diffusion of heat though the crust, so the time-dependent
temperature profile,T (z,t), is entirely determined by the ver-
tical heat diffusion. Since we are interested in the steady state
solution only, this lets us replace the time variablet with the
distance from the mid-oceanic ridgex using the relation

t =
x

v0
, (20)
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wherev0 is the oceanic crust creep velocity. This way the
differential Eq. (19) can be transformed into the following
time-independent expression:

v0
∂T

∂x
= κ

∂2 T

∂z2
. (21)

We assume that the temperature of newly formed oceanic
crust is that of the upper mantle,Tmc, so:

T (z, 0) = Tmc. (22)

We are able to fix boundary conditions as the temperatures
of the ocean and young oceanic crust (and so upper mantle)
are known:

T (0, t) = Toa, T (∞, t) = Tmc. (23)

The solution of the heat conduction equation to these bound-
ary conditions is:

T (z, x) = Toa + (Tmc − Toa) erf

(
z

√
v0

4 κ x

)
, (24)

whereToa is the surface temperature of oceanic crust. Having
this temperature profile, it is straightforward to calculate the
surface heat flow through oceanic crust,qoc, by taking the
spatial derivative ofT at z= 0

qoc = ko

(
dT

dz

)
z=0

= ko · (Tmc − Toa)

√
v0

π κ x
, (25)

whereko is the heat conductivity of oceanic crust. This gives
a relationship between the surface heat flux and the distance
of the oceanic crust from the mid-oceanic ridgex. To com-
pute the overall heat flux,Qoc, we integrate overx from 0 to
the breadth of the plateLp and multiply by the length of the
ridgeLr:

Qoc = Lr

∫ Lp

0
ko · (Tmc − Toa)

√
vo

π κ x
dx, (26)

whereLr is the length of the ridge andLp the length of the
plate. This leads to a heat flux density of:

Joc =
2

Ao
Lr

√
Lp ko · (Tmc − Toa)

√
vo

π κ
, (27)

whereAo is the surface area of oceanic crust. We define
r =Lp/Lr as the ratio of plate length to breadth and setr = 1
(length of oceanic plate equals width). The following equa-
tion gives heat flux through oceanic crust:

Joc = 2 4

√
f 3

o

Ao r
ko · (Tmc − Toa)

√
vo

πκ
, (28)

wherefo is the fractional coverage of oceanic crust and is
fixed at 0.7. This produces values for,vo = 0.01m−1 yr−1

(velocity of oceanic crust from ridge to subduction zone) and
the heat flux through oceanic crust as 0.1 W m−2, we find the
temperature difference between the upper mantle and surface
of oceanic crust is 1500 K.

Table 4. Values for oceanic crust recycling when “diffusion” pa-
rameterγ = 1.5× 10−11 which produces maximum rates of power
generation (and dissipation and so entropy).

Variable Description Value

Toa−Tmo Temp gradient mantle-oceanic crust 600 K
Joc Heat flux through oceanic crust 38 TW
Jcc Heat flux through continental crust 12 TW
vo Oceanic crust recycling velocity 2.8 cm−1 yr−1

3.4.2 Entropy balance

Entropy production for the oceanic crust recycling system is:

dSo

dt
= NEEo + σo. (29)

When the surface temperature, the upper mantle temperature
and the heat flux is know, the entropy production is simply:

σo = Joc

(
1

Toa
−

1

Tmc

)
. (30)

3.4.3 Maximum entropy production due to oceanic
crust recycling

Rather than assume that the velocity of oceanic crust is fixed,
we can instead make this parameter vary via its effects on
the rate of entropy production that the oceanic crust recy-
cling system produces. For the mantle convection model, we
assumed that the rate of convection would be that which pro-
duced maximum rates of entropy. We can introduce a new
parameter,γ , which is analogous to a diffusion rate, having
dimensions of m−1 yr−1 K−1, and is a temperature dependent
rate of oceanic crust velocity:

vo = γ (Toa − Tmo) (31)

Figure8 shows how entropy production varies asγ varies.
Table 4 show values for the oceanic crust recycling model
whenγ = 1.5× 10−11 which is the value that produces max-
imum entropy production.

To calculate the maximum amount of work that can be
done by oceanic crust recycling we multiply the entropy pro-
duction by the surface temperature:

P = σ Ts = 0.089 TW K−1
· 293 K ≈ 26 TW. (32)

Therefore, 26 TW is the maximum amount of work that can
be performed by the oceanic crust recycling system.

3.5 Uplift and erosion

As continental material is eroded away into the sea, the mass
of continental crust decreases and this reduction in mass
leads to mantle pressure pushing the continental crust up.
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Fig. 8. Top plot: oceanic crust heat flux plotted with solid line
(units on left horizontal axis) with varying values for the “Diffusion
parameter”,γ . Increasingγ increases the heat flux through oceanic
crust. Temperature gradient, the difference in temperature between
surface of oceanic crust and upper mantle, plotted with dashed line
(units on right vertical axis) with varying values forγ . Increasingγ
decreases the temperature gradient. Bottom plot: entropy produc-
tion in oceanic crust recycling as a function ofγ .

Erosion and uplift are related in that higher rates of erosion
will lead to higher rates of uplift, with maximum rates of
uplift being determined by the material properties of the as-
thenosphere.

Figure9 is a schematic representation of continental crust
uplift and erosion. The process of continental crust uplift and
erosion are characterised in terms of competing processes
that move material away and towards thermodynamic equi-
librium. Mountains represent an energy gradient that erosion
dissipates; material is moved from high above the surface of
the Earth down to the sea floor. In the following sections, we
will quantify theses processes in thermodynamic terms that
will include the production of entropy via uplift and erosion.

3.5.1 Potential energy balance

Density differences are responsible for uplift as the density
of continental crust is less than oceanic crust (which includes
sediments and sedimentary rock). We ignore fluxes of heat
as uplift and erosion are effectively irrelevant in determining
the temperature of continental crust. The potential energy of
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Fig. 9. Uplift and erosion: a simple model of the mass balance
of continental crust driven by uplift and erosion. Weathering and
erosion processes transfer continental crust material to the ocean
where it is deposited as sediment. This flux of mass from conti-

nental crust to sediments is denoted withJ (m)cs . Continental crust
material moves back to the continent though the process of sub-
duction. This flux of mass from sediments to continental crust is
denoted withJ (m)sc . The horizontal, black dashed line denotes the
‘zero line’ which marks the surface of a hypothetical Earth with
no continental crust.1zc,1 denotes the thickness of continental
crust above,1zc,2 denotes the thickness of continental crust below
the zero line.1zc,1+1zc,2 =1z the total thickness of continental
crust.1zs denotes the thickness of sediments on the ocean floor.fc
andfo denotes the proportional coverage of continental crust and
oceanic crust respectively.

continental crust material at the surface of the continents is
expressed using the notion of a geopotentialµca:

µca = g · zc,1, (33)

whereg is gravity andzc,1 height above the zero line, where
the zero line is a hypothetical surface on an Earth with no
continental crust and can be thought of as a waterline on the
side of a ship’s hull in that the less dense continental crust
“floats” on the asthenosphere. The geopotential of continen-
tal crust material at the crust/mantle boundary,µmc, is given
with:

µmc =
ρm − ρc

ρc
· g · zmc, (34)
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whereρm andρc are the densities of mantle and continental
crust respectively andzmc is the depth of the mantle/crust
boundary.

3.5.2 Mass balance

We assume that the overall mass of continental crust is at
steady state. We assume that all material that is eroded from
continental crust ends up as sediments. We also assume that
all sediments that are subducted end up as continental crust.

We express the total mass of material that forms the con-
tinental crust as the sum of the mass of continents,Mc, and
the mass of sediments at the ocean floor,Ms. The two mass
reservoirs are expressed per unit surface area in terms of a
thickness or height of the reservoir,1zc and1zs respec-
tively, their respective densitiesρc andρs and the fractional
coverage of continentsfc and oceansfo:

Mc = ρc · 1zc · fc Ms = ρs · 1zs · fo. (35)

The total thickness1zc of the continental crust consists of a
contribution of crust above the zero line1zc,1 and the depth
of the crustal root1zc,2 which is below the zero line. The
mass balance of continents per unit area is expressed as:

dMc

dt
= J (m)sc − J (m)cs

dMs

dt
= J (m)cs − J (m)sc , (36)

whereJ (m)sc is the subduction flux from ocean sediment to
crustal root andJ (m)cs is the erosional flux from elevated crust
to oceanic sediment.

The subduction fluxJ (m)sc is written as a function of mass
per unit area of sedimentsρs1zs times the velocityvo of the
oceanic crust:

J (m)sc = ρs · 1zs · vo ·

√
fo

r Ao
· 3, (37)

wherer = 0.027 is the ratio of oceanic crust length to breadth
and the factor 3 reflects the fact that sediment is not dis-
tributed equally on the ocean floor but concentrated at the
plate boundaries. We neglect the conversion ofρs to ρc dur-
ing subduction and metamorphism.

The erosion fluxJ (m)cs is written as a function of the topo-
graphic gradient between the continents and the sediments,
1zc,1:

J (m)cs = kcs · ρc · 1zc,1, (38)

wherekcs is an erosion parameter. The speed of continen-
tal crust moving up and down within the asthenosphere,vc,
is determined by the more dense, displaced mantle produc-
ing a buoyancy force pushing the crust up,Fm, the resistive
force of friction between the continental crust and astheno-
sphere,Ff , and the gravitational attraction pulling the conti-
nental crust back down,Fg.

zc · ρc ·
dvc

dt
= Fm + Fc + Ff (39)

= ρc · µmc − ρc · µca − zc ψc vc,

whereψc is a friction coefficient. Appendix I shows how the
ψ value of 1.5× 1012 kg−1 m3 s−1, was derived. In steady
state, dvc/dt = 0, the uplift velocity is:

vc =
ρc · (µmc − µca)

ψc · zc
. (40)

3.5.3 Entropy balance

The entropy balance of the continental crust with respect
to mass exchange consists of the entropy produced by irre-
versible processes within the systemσ (m)c and the net entropy
exchange across the system boundary NEE(m)

c :

dS(m)c

dt
= NEE(m)c + σ (m)c . (41)

The entropy productionσ (m)c is associated with the depletion
of the geopotential gradient associated with continental crust:

σ (m)c = Jm ·
(µca − µs)

T
. (42)

3.5.4 Maximum entropy production due to continental
erosion

We will show that there is a characteristic erosion rate at
which entropy production by erosion is maximised. This
maximisation of erosional entropy production is equivalent
with maximising the uplift work or minimising the frictional
dissipation. In other words the uplift-engine would work
with maximum efficiency. To calculate the entropy produced
by uplift, we use Eq. (40) for the expression ofvc and re-
place1zc,1 and1zc,2 by the expressions of the chemical
potentialsµmc andµca. Figure10 shows numerical results
for erosional entropy production as a function of the erosion
parameterskcs.

When the erosion parameter,kcs, is set to≈1.8× 10−14

s−1 which produces maximum rates of entropy production
for the erosion/uplift model. This produces an uplift veloc-
ity of 0.7 mm−1 yr−1 and a total continental crust thickness
of 22 km. This would result in global amounts of erosion
of 8.2× 1014 kg yr−1 which is a little over one magnitude
higher than the estimates ofSyvitski et al.(2005).

We can directly calculate the amount of energy dissipated
by erosional processes as it is proportional to the flux of ma-
terial from continental crust of certain height. Since dissi-
pation equals work at steady state, we get an uplift work of
0.03 TW.

4 Discussion

In this section we will show that the three models presented
previously interact via their shared boundary conditions: al-
tering the dynamics of one system results in a change of the
boundary conditions and so dynamics of another system. In
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Fig. 10. Top plot: continental crust height plotted with solid line
(units on left horizontal axis) and uplift velocity plotted with dashed
line (units left horizontal axis) with varying values for erosion con-
stantkcs. Increasingkcs decreases continental crust height and in-
creases uplift velocity. Bottom plot: entropy production by erosion
as a function of erosion rate,kcs. Entropy produced by friction plot-
ted with a solid line, entropy produced by erosion plotted by a wide
dashed line and total entropy production with a narrow dashed line.

particular, we will show that altering the rate of erosion and
so thickness of continental crust alters the temperature of the
upper mantle that in turn alters the rates of oceanic crust re-
cycling. We then go onto to discuss the implications of these
results for the geological carbon cycle. We propose an addi-
tional feedback mechanism to this cycle where altering the
rate of continental crust erosion alters oceanic crust recy-
cling and so leads to changes in the rates of outgassing of
carbon dioxide. We situate the models and discussion within
a broader assessment of free energy generation and dissipa-
tion within the Earth system. We show that surface life gen-
erates a magnitude more power than geological processes.
Only a small fraction of this power would be required to al-
ter the boundary conditions for interior geological processes.
Finally, we discuss limitations of the models and propose fu-
ture research to extend this study.

4.1 Assessing surface to interior interactions

We will show sensitivity analysis results that assess the abil-
ity of surface processes to alter the boundary condition of
interior processes and their rates of work. Two sets of re-
sults are shown:adaptiveand non-adaptiveoceanic crust
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Fig. 11. Sensitivity of upper mantle temperature to continental
crust thickness. Solutions assuming non-adaptive crust recycling
are shown with a dashed line, solutions assuming adaptive crust re-
cycling are shown with a solid line. The temperature at the mantle-
crust boundary (Tmc) increases as the thickness of continental crust
increases.

recycling. For non-adaptive simulations theγ “diffusiv-
ity” parameter was fixed. This parameter was adjusted in
the oceanic crust recycling model in order that the rate of
oceanic crust recycling was that which led to maximum rates
of power in analogous fashion to the adjustment of the Nus-
selt number in the mantle convection model. With theγ pa-
rameter fixed, increasing the temperature of the upper man-
tle produced a monotonic, non-linear increase in the rate of
oceanic crust recycling. For the adaptive simulations, we as-
sumed that the oceanic crust recycling system would respond
to changes in upper mantle temperatures and relax back to a
state in which maximum rates of power were produced. Con-
sequently, theγ term no longer remained fixed, but was ad-
justed in order to find that value of oceanic crust recycling
that produced maximum rates of power generation for new
values of upper mantle temperature.

Figure 11 shows the temperature of the mantle-crust
boundary as a function of continental crust thickness. In-
creasing the thickness of continental crust, increases the
thickness of the insulation on the Earth’s surface and in-
creases the temperature of the mantle-crust boundary in both
adaptive and non-adaptive simulations. The rate of change
of temperature is higher with adaptive crust recycling. Fig-
ure 12 shows how the power generated by the oceanic
crust recycling system changes with continental crust height.
Higher continental crust increases the mantle-crust boundary
temperature gradient and so more power can be generated
by the oceanic crust recycling system. Figure13 shows how
the rate of oceanic crust recycling changes as the thickness
of continental crust changes. Increasing the overall thick-
ness of continental crust would lead to an increase in the
rate of oceanic crust recycling in the non-adaptive assump-
tion: a greater temperature gradient would drive the system
faster. A greater change is observed with an adaptive sys-
tem. Increasing the height of continental crust would lead to
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Fig. 12. Sensitivity of rates of maximum power (TW) produced
in the oceanic crust system with different continental crust heights.
Solutions assuming non-adaptive crust recycling are shown with a
dashed line, solutions assuming adaptive crust recycling are shown
with a solid line.

a decreasein the rate of oceanic crust recycling. Decreas-
ing the rate of oceanic crust recycling would increase the
amount of heat that is conducted through continental crust.
This heat is not able to drive the recycling system and so
is “lost” to the oceanic crust recycling system. Therefore
the decrease in recycling rates may seem counterintuitive.
However, for a range of parameter values, the increase in the
heat flux through continental crust is offset by the increase
in the temperature gradient over the mantle-crust boundary.
Consequently the greatest rates of power generation in the
oceanic crust recycling system will be produced with a re-
duction in the rate of recycling as the thickness of continental
crust increases. Equivalently, as continental crust thickness
decreases, the temperature gradient will decrease and so the
oceanic crust recycling system will respond by increasing the
rate of recycling.

4.2 Implications for geological carbon cycle

In this section we consider how life may affect the long-term
geological carbon cycle, via its effects on interior geologi-
cal processes. We produce results for a hypothetical “dead
Earth” in which the total rate of erosion of continental crust
material to the oceans is reduced. We then consider how this
change in erosion and so continental crust thickness would
affect rates of oceanic crust recycling and outgassing of CO2.

Life’s effects on global weathering and erosion of conti-
nental crust is an important element in the geological car-
bon cycle as well as other biogeochemical cycles.Kelly
et al. (1998) lists the ways plants can alter weathering rates
which includes the generation of weathering agents, biocy-
cling of cation and production of biogenic minerals.Moulton
et al. (2000) analysed empirical data that suggests vascular
plants produce a four fold increase of calcium and magne-
sium weathering. They conclude that the colonisation of land
by plants some 410–360 million years ago would have had
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Fig. 13. Sensitivity of oceanic crust recycling rate to continental
crust thickness. Solutions assuming non-adaptive crust recycling
are shown with a dashed line, solutions assuming adaptive crust
recycling are shown with a solid line.

significant effects on atmospheric CO2. Lichens are also im-
portant organisms with respect to the mechanical and chem-
ical weathering of rocks (Chen et al., 2000). Schwartman
and Volk (1989) andSchwartzman(1999) argue for strong
biotic effects from microbes and plants such that weathering
rates of silicate rocks on an abiotic Earth with the same aver-
age surface temperatures and partial pressure of CO2 could
be two to three magnitudes lower than current levels. We as-
sume that extinction of life would result in a ten fold decrease
in the rate of weathering of continental crust.

In order to determine what would be the effect on to-
tal erosion rates, we need to establish the ratio of eroded
(via mechanical processes) to weathered (via chemical pro-
cesses) flux. FollowingWalling and Webb(1983) we assume
that the ratio of eroded/suspended and weathered/solution of
flux from continents to oceans via rivers is 4:1. Erosion is
more important for the transport of material from continents
to oceans. Indeed, a ratio of 40:1 may be more appropri-
ate. We simulate the total extinction of life on Earth (or at
least all life involved in chemical weathering) by decreasing
the erosion parameterkcs from 1.6× 10−14 to 1.31× 10−14.
This leads to an increase in the thickness of continental crust
from 22 km to 24 km. What would this increase in continen-
tal crust have on upper mantle temperatures, rates of oceanic
crust recycling and outgassing of CO2?

The BLAG model ofBerner et al.(1983), models interac-
tions between tectonic processes such as sea floor spreading
and partial pressures of CO2 in the Earth’s atmosphere. One
conclusion is that faster rates of sea floor spreading would
lead to faster outgassing of primordial CO2 as this is released
from mid oceanic ridges where new oceanic crust rises to
the surface.Gerlach(1989) estimates current outgassing of
CO2 are mid-oceanic ridges to be 10 to 37.8× 1012g yr−1

while a more recent analysis of empirical data (Chavrit et al.,
2009) gives lower estimates of 1.4× 1010g yr−1. Following
Chavrit et al.(2009) we assume that the current rate of out-
gassing of CO2 is 1.4× 1010g yr−1. We scale this rate to our
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estimated rate of oceanic crust recycling of 2.84 cm/yr. For
small changes of oceanic crust recycling, it would be reason-
able to assume a linear change in outgassing. However the
dynamics are complex and consequently a linear assumption
becomes less tenable with large changes in oceanic crust re-
cycling. For example, the degree of partial melt and solu-
bility of CO2 is unlikely to remain constant as the solubility
depends on pressure, temperature and in part oxygen fugac-
ity (Bottinga and Javoy, 1989, 1990).

For non-adaptive oceanic crust recycling (oceanic crust re-
cycling increases as upper mantle temperature increases) re-
moving the biotic component of weathering from total ero-
sion of continental crust leads to an increase in the rate of
oceanic crust recycling of 0.05 cm yr−1 and an increase in
outgassing of CO2 of 2× 108g yr−1. For adaptive oceanic
crust recycling (oceanic crust recycling decreases as upper
mantle temperature increases) removing the biotic compo-
nent of weathering from total erosion of continental crust
leads to a decrease in the rate of oceanic crust recycling
of 0.23 cm yr−1 and a decrease in outgassing of CO2 of
0.12× 1010 g yr−1. Within the context of the global carbon
cycle, these numbers are small. However they represent a
feedback on the outgassing of CO2 and so how much carbon
is delivered from the interior of the Earth to the surface. We
discuss this feedback in the following section.

Feedback and steady states

Figure14shows the feedbacks in the geological carbon cycle
discussed in this paper. This cycle has two feedback loops.
The first is the carbon – silicate feedback loop whereby in-
creases of CO2 in the atmosphere and/or surface tempera-
tures would lead to increased intensity of weathering of con-
tinental crust and so reduction in CO2 (Walker et al., 1981).
It is this loop that is involved in the stabilisation of global
temperatures over geological time as the increase in radiative
forcing produced by the progressive increase in luminosity
of the sun has been offset by the additional drawdown of at-
mospheric CO2. This also puts a time limit or the possible
age of the biosphere at approximately 1 billion years hence
as increasing luminosity of the sun is offset by a reduction
in CO2 until there is no appreciable amounts of the green-
house gas in the atmosphere and so further increases in lumi-
nosity would lead to progressively higher temperatures and
the extinction of all life on Earth (Sagan and Mullen, 1972;
Lovelock and Whitfield, 1982; Caldeira and Kasting, 1992;
Lenton and von Bloh, 2001). The additional loop we propose
is the effects that changes of continental crust have on upper
mantle temperatures. Increasing continental crust would pro-
duce higher upper mantle temperature and so alter the rate of
oceanic crust recycling. If we assume the oceanic crust recy-
cling system were to relax back into a steady state that leads
to maximum rates of power generation, then this would lead
to a decrease in outgassing of CO2.
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Fig. 14. Surface to interior interactions are shown schematically.
Arrows denote the feedback relationships and their sign. The geo-
logical carbon cycle is represented by the Oceanic crust recycling,
Atmospheric CO2, Atmospheric temperature and Continental crust
erosion boxes. We propose a new feedback between rates of con-
tinental crust erosion and oceanic crust recycling via upper mantle
temperature. Increasing rates of continental crust erosion would
lead to a decrease in upper mantle temperature. If we assume the
oceanic crust recycling relaxes back to a state of maximum power
generation, an increase in upper mantle temperature would lead to
a decrease in rates of crust recycling and outgassing of CO2, see
Fig. 13. It is important to note that these different feedback mecha-
nisms operate over a wide range of timescales.

If the Earth was suddenly sterilised, then the decrease in
weathering would lead to an increase of CO2 and surface
temperatures. This would in turn increase the rate of weath-
ering and a new steady state would be reached in which
weathering equaled outgassing. If that were the case, then
the rates of weathering on the actual Earth would be the same
on a hypothetical sterile Earth. What would differ, would be
the partial pressures of CO2 and global temperatures on an
abiotic world. They would both be higher. However, this as-
sumes that the total outgassing of CO2 would be the same on
a biotic and abiotic Earth. We have argued that processes
happening on the surface of the Earth may affect interior
processes and so the outgassing of CO2. Rather than CO2
outgassing being fixed or driven by interior geological pro-
cesses, it is ultimately determined by the temperature gra-
dient within the Earth and the flux of heat through the sur-
face. If life is able to alter the boundary conditions by al-
tering where and at what rate heat flows through the crust
of the Earth, then the rate of CO2 entering the atmosphere
is not fixed but is in part determined by the actions of life.
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More abundant life, or rather more life directly involved in
the weathering and erosion of continental crust, would lead
to an increase in oceanic crust recycling and increase in out-
gassing of CO2. In that respect this is a positive feedback
loop as, all things equal, higher partial pressures of CO2 leads
to a general increase in growth and carbon accumulation in
phytomass (Amthor, 1995).

4.3 Power generation in the Earth system

Another perspective of biotic effects on interior geological
dynamics can be inferred from the supply rates of free energy
that can fuel processes that lead to the physical and chemical
transformation and transport of material on the Earth’s sur-
face. Estimates for the amount of power generated by life on
the land and sea along with abiotic processes are shown in
Fig. 15. The derivation of these numbers is discussed in the
following sections.

4.3.1 Physical processes

Estimates for the maximum power associated with mantle
convection (12 TW), oceanic crust cycling (26 TW), and con-
tinental uplift (<1 TW) are taken from the previous sections
in this paper. Also shown in the work budget are processes
driven primarily by the climate system. For comparison we
show the 900 TW of power involved in driving the global at-
mospheric circulation (Peixoto and Oort, 1992). This power
drives the dehumidification of atmospheric vapour and there-
fore the hydrologic cycle. The strength of the hydrologic
cycle is relevant here in that it (a) distills seawater, (b) lifts
vapour into the atmosphere, and (c) transports water to land.
The precipitation on land then contains chemical and poten-
tial free energy. The chemical free energy inherent in pre-
cipitation is used to chemically dissolve rocks and bring the
dissolved ions to the oceans. The potential energy in precip-
itation at some height of the land surface generates stream
power which can be used to mechanically transport sedi-
ments.

To estimate the available power to chemically weather
rock by abiotic means, we consider the work necessary to
desalinate the water when evaporated from the ocean. Given
a salinity of 3.5 %, the work required to desalinate a litre of
seawater is approximately 3.8 kJ. For a net moisture transport
of 37× 1012 m3 yr−1, this corresponds to a power of approx-
imately 4 TW. This power is potentially available to dissolve
rock and bring the precipitated water to saturation with the
continental rocks. However, since most of the salinity of the
ocean is sodium chloride, which is only a relatively minor
product of chemical weathering, the actual power for chemi-
cal weathering should be much less.

To estimate the power inherent in the potential energy in
runoff and for a maximum estimate for physical weather-
ing of continental rocks, we use estimates from a spatially
explicit land surface model with realistic, present-day cli-
matic forcing. With this model we estimate the power in
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Fig. 15. Estimation of rates of work for components of the Earth
system. Starting from estimates of net photosynthetic rates, biotic
activity contributes a total of 264 TW with 150 TW and 114 TW
being produced by life on land in the oceans respectively. These
and the other estimates of power should be understood in terms of
the absolute maximum possible.

continental runoff to be 13 TW, which sets the upper limit
on the power available for sediment transport. The potential
to physically weather bedrock by seasonal heating and cool-
ing and freeze-thaw dynamics is less than 50 TW. This latter
number is an upper estimate in that it assumes bedrock to be
present at the surface.

4.3.2 Biological processes

The upper limit for the power associated with biotic ac-
tivity can be derived from estimates of net photosynthetic
rates. FollowingKleidon (2009) we assumed net photosyn-
thetic rates of 120 GtC yr−1 on land and 90 GtC yr−1 in the
oceans. Photosynthesis consumes approximately 1710 kJ per
mol of fixed carbon, which corresponds to approximately
1.8 W m−2 or 900 TW at the global scale. However, most
of this energy is immediately respired by photorespiration.
When we consider the carbon uptake in terms of the genera-
tion of chemical free energy in form of sugars (with a free en-
ergy content of 479 kJ mol C−1), these numbers translate into
150 TW of power in biotic activity on land and 114 TW in
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the oceans. These numbers represent the absolute maximum
amount of power generated by life and are shown in Fig.15.

It may be argued that most of this energy is effectively
lost via metabolic costs or stored as relatively inert biomass
such as xylem in plants. However, these metabolic costs may
have important geological consequences and while biomass
stored in roots may be relatively chemically inert, it may
have non-trivial effects on rates of mechanical weathering
and erosion of rocks as roots grow into and expand crack in
rocks. Marschner(1995) estimated that 5 % to 21 % of all
photosynthetically fixed carbon is transferred to the rhizo-
sphere through root exudates. Amino acids, organic acids,
sugars, phenolics, and various other secondary metabolites
are believed to comprise the majority of root exudates. The
costs of producing these compounds is offset by the benefits
accrued due to the regulation of the soil microbial commu-
nity in their immediate vicinity, and changes in the chemi-
cal and physical properties of the soil (Walker et al., 2003).
In this way plants are able to exert significant effects over
their local environments and so will have important biologi-
cal and ecological effects (Bais et al., 2006). There will also
be significant geological impacts as root exudates will alter
the chemical composition of the soil, for example increasing
the concentration of CO2 which would increase the chemical
weathering of rocks and so increase rates of chemical weath-
ering (Berner, 1997). Also of relevance is the production of
acids by lichens in order to chelate minerals that can signifi-
cantly alter the flux of elements from rocks into the biosphere
(Schatz, 1963).

This first order estimate of biotic free energy generation
represents the absolute maximum amount of work that life
is able to do on the Earth’s surface. By what processes this
work occurs, what the actual amount of work done by life is,
and what its effects are on particular geological processes are
open questions which we have begun to address in this study.

4.4 Limitations

The models we developed here are clearly highly simplified
and necessarily leave out many details. In the following dis-
cussion we aim to identify and defend the major assumptions
and indicate a path for future work in this area.

The main assumption made in all the models is that in or-
der to produce estimates for the maximum rates of entropy
production and so work and power it is not necessary to cap-
ture many of the properties of the materials involved. This
is a reasonable assumption as long as one does not specify
the nature of the work that is performed. For example, if
a certain amount of work in a system involves motion, then
it is necessary to incorporate certain properties of the mate-
rial in order to produce plausible rates of motion out of the
estimates of maximum power. This, in part, explains why
the mantle convection model did not feature any information
about what the mantle is composed of. Such information is
not necessary when one is able to specify the thermodynamic

quantities of heat generation, temperature gradient and heat
flux.

This assumptions becomes harder to defend when consid-
ering continental crust recycling. We assumed that all eroded
continental crust moves back to the continental crust with
no change in its material properties. This would require all
such material to be removed from subducted sediments at
the surface at accretion prism boundaries. Consequently we
assumed that there is no change to the material properties
of crust material as it is weathered and eroded, deposited as
sediment, subducted and then joined back to the continen-
tal crust. In reality this sequence of events could involve a
number of metamorphic processes that leads to a change in
thermodynamic fluxes. We also assumed that the mass bal-
ance of continental crust is zero and not altered by rates of
erosion and continental crust formation. Erosion only altered
the thickness of continental crust, not its proportional cover-
age.

The effects of life on erosion rates can vary and there-
fore we should not necessarily assume that a decrease in
the amount of life would produce a monotonic decrease in
erosion. For example, the overall effects of life may have
been toincreasethe thickness and total amount of continen-
tal crust. Rosing et al.(2006) argued that the evolution of
oxygenic photosynthesis in the oceans, led to an increase in
hydration of the mafic oceanic crust and so production of par-
tial melts that would have gone on to form continental crust.
In the absence of the ‘titration of the oceans’ by photosyn-
thetic organisms (Lovelock and Watson, 1982) rates of con-
tinental crust formation may have been much lower. In this
sense, the emergence and evolution of life on the surface of
the Earth may have had a profound impact on the boundary
conditions for the thermodynamic processes operating within
its interior. Over shorter timescalesViers et al.(2000) show
that in flat tropical areas weathering rates are low despite the
presence of a dense vegetal cover. Similarly,Vanacker et al.
(2007) show that the erosion of steep slopes may be reduced
by vegetation as the roots of plants can bind and maintain a
protective top soil which acts as a protective layer over other-
wise bare rock.Millot et al. (2002) conclude that weathering
rates are closely coupled with erosion rates (their study finds
a global power law between chemical and physical denuda-
tion rates). Consequently, topography and climate rather than
biology may be significantly more important in determining
the overall amount of material that is removed from conti-
nental crust. While this may be true, it can still be the case
that life can have a detectable effect on continental crust dy-
namics.

In the oceanic crust recycling model we ignored any
changes in the material properties of oceanic crust. Meta-
morphic processes resulting from the subduction of oceanic
crust are important processes for the formation of granitic
melts and so new continental crust. We assumed that the
only difference between oceanic crust and the upper mantle
is one of density.
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For the mantle convection model we assumed whole man-
tle convection and that the heat flux through the core is a
component of that convective system. While this is a some-
what problematic assumption for the fluid outer core it is
clearly erroneous for the solid inner core. We assumed uni-
form heat production due to radiogenic decay throughout the
mantle. This is not accurate as the continental crust con-
tains higher proportions of the lighter radioactive elements
and so the continental crust represents not only a thermal
“blanket” above the asthenosphere, but a “heated blanket”.
However, this would amplify the effects of altering the thick-
ness of continental crust on upper mantle temperatures and
so increase the change in the rate of oceanic crust recycling
and so outgassing of CO2. Secular cooling is also not a uni-
form process. An important heat flux into the mantle comes
from the heat delivered through the outer core from latent
heat release during inner core freezing.

We assume that all the systems we model are in steady
state. This precludes any investigation into the evolution of
these systems in which, for example, the heating rate due to
radioactive decay and fossil heat would decrease over time.
Although we have demonstrated the sensitivity of the man-
tle convection system to the thickness of continental crust,
we did not explore the effects of altering the overall mass of
continental crust and its proportional coverage on the surface
of the Earth. Both have changed over time and if our main
hypothesis is correct, then both will have had a significant
effect on interior processes.

These limitations certainly impact the accuracy of our es-
timates of maximum power as well as their sensitivity to
changes in boundary conditions. While these estimates can
be improved in future refinements in the model parameteri-
sation, the order of magnitude of the power involved in ge-
ologic and biospheric processes should still be in the correct
range. Also robust should be our notion of surface-interior
interactions, since the maximum power of interior processes
depend on gradients that are not only shaped by geologic pro-
cesses, but also by the boundary conditions that are shaped
by surface processes. Hence, our central hypothesis of bio-
logically mediated surface-interior interactions should be un-
affected by these limitations.

5 Conclusions

In this paper we have taken the first step towards quantify
the effects surface life can have on interior geological pro-
cesses. We formulated a series of simple models in terms
of thermodynamic quantities, fluxes and forces. In doing so,
we were able to quantify the upper bounds for the amounts
of work that these systems perform by using the principle
of Maximum Entropy Production. Our justification for us-
ing thermodynamics in this respect, is that this represents the
most principled way of assessing the influence of one system
on another and provides quantitative estimates in terms of the
power involved that is needed to move and transform matter.

Our results are consistent with and can be seen as a quanti-
tative extension of the observations and theories of Vernad-
sky that emphasised the capacity of life to affect the entire
Earth system and of Lovelock in that such effects would be
manifest in planetary systems that are not at thermodynamic
equilibrium. We showed how the work produced in one sys-
tem can alter the boundary conditions for the other systems
and so established a causal connection between surface to in-
terior processes. Specifically, we showed that changes in the
rates of erosion of continental crust will lead to changes in
upper mantle temperatures and so rates of oceanic crust re-
cycling. Altering the rate of oceanic crust recycling would
lead to changes in the outgassing of primordial CO2.

We compiled estimates for power generation for different
elements of the Earth system. Life in the oceans and on land
generated 264 TW, much larger than any geological process.
Consequently, it should come as no surprise that life has pro-
foundly affected different aspects of the Earth system. We
would argue that in that sense, surface life has already the
potential to affect interior geological processes as life will be
altering the boundary conditions for these interior processes.
If we characterise the Earth as a heat engine, then altering
the temperature of its surface, it’s cold reservoir, will lead
to changes in the dynamics of the interior. These dynamics
would include, tectonics, convection within the mantle and
the freezing of the outer core. It is worth noting that pro-
cesses in the Earth’s core may have been essential for the
maintenance of widespread life on the surface of the Earth
with respects to the generation of the Earth’s magnetic field
via the ohmic dissipation produced in the fluid outer core
(Stevenson et al., 1983; Anderson, 1989). In the absence of
a magnetic field, the surface of the Earth would be subject
to a range of harmful radiation from the Sun and the solar
wind would eventually strip away the Earth’s atmosphere. It
is interesting to speculate over the relationship between the
generation of a magnetic field, mantle convection, mobile
lid tectonics and a widespread biosphere. Earth possesses
all four. Are the first three necessary for a widespread bio-
sphere? Does a widespread biosphere affect the other three?
The outgassing of volatile components such as CO2 from
the Earth’s interior along with the emergence and evolution
of life has had a profound influence on the evolution of the
Earth’s atmosphere and hydrosphere and we would argue that
this represents an important boundary condition for interior
processes. For example, the presence of large amounts of wa-
ter in the Earth’s oceans and the resulting hydration of mafic
rocks is an important element of metamorphic processes. It is
possible that rates of subduction and the dynamics of tecton-
ics would be significantly different in the absence of water.
What would tectonic processes on an Earth with a runaway
greenhouse and no oceans look like?

Our study is only a first step towards quantifying the ef-
fects of life on the functioning of the whole planet and its
evolution. Natural next steps would be to develop a dynamic
set of models that directly interact and explicitly capture the
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effects of life. This would require extensions to dynamic dif-
ferential equations. Also, a more detailed treatment of the
consequences of the power available to biotic activity on sur-
face processes would make biotic effects more explicit. The
coupling of the models to geochemical disequilibrium within
the atmosphere and with respect to the redox gradient be-
tween the atmosphere and the crust should help us investi-
gate the driving forces of planetary disequilibrium, which,
as Lovelock noted many years ago, should be an indicator
of widespread life on a planet. Hence, our thermodynamic
approach to understand these Earth system processes and
their interactions should be a central building block towards
searching for the fundamental signs of life elsewhere in the
universe.

Appendix A

Derivation of uplift friction coefficient

The total thickness of continental crust,zc = zc,1+zc,2, where
zc,1 is the height of continental crust above the zero line and
zc,2 is the depth of continental crust below the zero line. The
uplift force of the upper mantle acting on continental crust,
Fm is found with:

Fm = (ρm − ρc) g zc,2 − ρc gzc,1, (A1)

whereg is gravity andρm andρc are the densities of the man-
tle and continental crust respectively. The frictional force,Ff ,
that counteractsFup is found with:

Ff = −ψc zc vc. (A2)

The velocity of continental crust up and down within the as-
thenosphere,v+c, will vary over time in accordance with:

zc ρc
dvc

dt
= Fm + Ff (A3)

= (ρm − ρc) g zc,2 − ρc g zc,1 − ψc zc vc.

We introduceδ = zc,1 −zc,1,eq, which is the displacement of
the height of continental crust from its equilibrium value
zc,1,eq= zc,2·

ρm−ρc
ρc

. This means that forδ = 0 no uplift would
occur. We do the substitution in the differential equation and
obtain a differential equation forδ:

zc ρc δ̈ = −ρc g δ − zc ψc δ̇. (A4)

At steady state, the velocity of continental crust will be:

vc = −
ρc g

zc ψc
δ. (A5)

vc = 0 whenδ = 0. The only unknown here is the friction pa-
rameterψc

A1 How to obtain ψc

We know that isostatic rebound has a timescale of about
10 000 yr so the relaxation time of the system described in
Eq. (A4) should be in that order of magnitude. We solve
Eq. (A4) and obtain, for the case that friction is dominating

( ψc
2 ρc

>
√
g
z
):

δ(t) = c1 e
λ1t + c2 e

λ2t (A6)

where

λ1 = −
ψc

2 ρc
+

√
ψ2

c

4 ρ2
c

−
g

zc
(A7)

λ2 = −
ψc

2 ρc
−

√
ψ2

c

4 ρ2
c

−
g

zc

We assume that gravitational forces are much smaller than
frictional forces, which means thatλ1 is very close to 0,
therefore dominates and results in a very slow decay. We
identify the timescaleτ = 1

λ1
and do a Taylor expansion

λ1 ≈
4ρcg
ψczc

and obtain the relation:

τ =
1

λ
=

ψc zc

4 ρc g
(A8)

This relation is used to determineψc in a way that it produces
the correct isostasy timescale.
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Millot, R., Gaillardet, J., Dupŕe, B., and All̀egre, C.: The global
control of silicate weathering rates and the coupling with physi-
cal erosion: new insights from rivers of the canadian shield, Earth
Planet. Sc. Lett., 196(1–2), 83–98, 2002.

Moulton, K. L., West, J., and Berner, R. A.: Solute flux and mineral
mass balance approaches to the quantification of plant effects on
silicate weathering. Am. J. Sci., 300(7), 539–570, 2000.

www.earth-syst-dynam.net/2/139/2011/ Earth Syst. Dynam., 2, 139–160, 2011

http://dx.doi.org/10.1023/A:1006596806012
http://dx.doi.org/10.1029/2003GL018802


160 J. G. Dyke et al.: Surface life and interior geological processes

Ozawa, H. A., Ohmura, A., Lorenz, R. D., and Pujol, T.: The second
law of thermodynamics and the global climate system: A review
of the maximum entropy production principle, Rev. Geophys.,
41(22), 1018–1042,doi:10.1029/2002RG000113, 2003.

Paltridge, G. W.:. The steady-state format of global climate systems,
Q. J. Roy. Meterol. Soc., 104, 927–945, 1975.

Peixoto, P. J. and Oort, A. H.: Physics of Climate, AIP, New York,
USA, 1992.

Rosing, M., Bird, D., Sleep, N., Glassley, W., and Albarede, F.:
The rise of continents: An essay on the geologic consequences
of photosynthesis, Palaeogeogr. Palaeocl., 232(2), 99–113, 2005.

Sagan, C. and Mullen, G.: Earth and mars – evolution of atmo-
spheres and temperatures, Science, 177, 52, 1972.

Schatz, A.: Chelation in nutrition, soil microorganisms and soil
chelation. the pedogenic action of lichens and lichen acids, J.
Agr. Food Chem., 11(2), 112–118, 1963.

Schubert, G., Turcotte, D., and Olson, P.: Mantle Convection in
the Earth and Planets. Cambridge University Press, Cambridge,
2001.

Schwartzman, D. W.: Life, temperature and the Earth:The self-
organising biosphere, Columbia University Press, New York,
1999.

Schwartman, D. W. and Volk, T.: Biotic enhancement of weathering
and the habitability of earth, Nature, 340, 457–460, 1989.

Schwartzman, D. W. and Volk, T.: Does life drive disequilibrium in
the biosphere? in: Scientists Debate Gaia, edited by: Schneider,
S. H., Miller, J. R., Crist, E., and Boston, P., MIT Press, Cam-
bridge, MA, 2004.

Stevenson, D., Spohn, T., and Schubert, G.: Magnetism and thermal
evolution of the terrestrial planets, Icarus, 54(3), 466–489, 1983.

Stuwe, K.: Geodynamics of the Lithosphere, Springer, Berlin,
2002.

Syvitski, J., Vorosmarty, C., Kettner, A., and Green, P.: Impact of
humans on the flux of terrestrial sediment to the global coastal
ocean, Science, 308, 376–380, 2005.

Taylor, L. L., Leake, J. R., Quirk, J., Hardy, K., Banwart, S. A., and
Beerling, D. J.: Biological weathering and the long-term carbon
cycle: integrating mycorrhizal evolution and function into the
current paradigm, Geobiology, 7(2), 171–191, 2009.

Urey, H. C.: The planets: their origin and development, Yale Uni-
versity Press, New Haven, Connecticut, 1952.

Vanacker, V., Blanckenburg, F. V., and Govers, G.: Restoring dense
vegetation can slow mountain erosion to near natural benchmark
levels, Geology, 35(4), 303–306, 2007.

Vernadsky, V. I.: The Biosphere, Copernicus, New York, 1926.
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