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Abstract 26	
  
 27	
  
 28	
  
Reconstructing past-ocean [CO3

2-] allows the paleo-depth of the chemical lysocline to be 29	
  
constrained, an important control on past atmospheric CO2. However, the causal mechanisms 30	
  
responsible for observed spatial and temporal variation in [CO3

2-] are difficult to quantify 31	
  
because of the complicated carbonate chemistry system. Here, spatial and temporal variations 32	
  
in [CO3

2-] are quantitatively and concisely related to variations in ocean carbon storage due to 33	
  
different processes. The spatial variation in [CO3

2-] is given by Δ[CO3
2-34	
  

]=γ(ΔCsoft+ΔCdis+(∂Csat/∂T)ΔT-ΔCcarb), where Csoft and Ccarb are the DIC from 35	
  
remineralisation of marine soft-tissue and CaCO3 respectively, T is seawater temperature, 36	
  
(∂Csat/∂T) is the temperature-solubility sensitivity of DIC, Cdis is the DIC from air-sea 37	
  
disequilibrium and γ is a carbonate-chemistry coefficient. A similar quantitative function for 38	
  
temporal variation in global mean-ocean [CO3

2-] is derived in terms of atmospheric CO2, 39	
  
CaCO3 precipitation and dissolution, and carbon exchanges of terrestrial or fossil fuel origin. 40	
  
Comparing published [CO3

2-] reconstructions at the Last Glacial Maximum (LGM) and late 41	
  
Holocene, the quantitative relationships reveal how the spatial distribution of ocean carbon 42	
  
storage was altered. Relative to the Intermediate North Atlantic the rest of the ocean saw 43	
  
Csoft+Cdis+(∂Csat/∂T)T-Ccarb increase by an extra 570 to 970PgC during LGM. Assuming 44	
  
Intermediate North Atlantic Csoft+Cdis+(∂Csat/∂T)T-Ccarb did not decrease during the LGM, 45	
  
this 570 to 970PgC increase in the rest of the ocean is enough to explain 40 to 70% of the 46	
  
observed glacial decrease in atmospheric CO2.  47	
  
 48	
  

49	
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1. Introduction 50	
  
Ocean carbonate ion concentrations, [CO3

2-], are intricately linked to atmospheric CO2 levels 51	
  
and climate via ocean carbonate chemistry [Ridgwell and Zeebe, 2005]. Many methods are 52	
  
used to reconstruct past ocean [CO3

2-]: a CaCO3 grain size index [Chiu and Broecker, 2008]; 53	
  
the percentage-weight of carbonate in sediments [Hoddell et al, 2001]; and trace metal ratios 54	
  
in foraminifera, such as Mg/Ca [Elderfield et al, 2006] and B/Ca [Yu and Elderfield, 2007]. 55	
  
 56	
  
Reconstructing past-ocean [CO3

2-] can locate changes to the depth of the calcite saturation  57	
  
horizon due to the inverse relationship between the saturation-state of CaCO3 and [CO3

2-] 58	
  
[see Ridgwell and Zeebe, 2005 and references therein]. Through examining the time 59	
  
evolution of the calcite saturation horizon, and the closely associated chemical lysocline, 60	
  
transient CaCO3 dissolution or preservation events can be identified. Both the past calcite 61	
  
saturation horizon depth, and temporal CaCO3 dissolution or preservation events, reveal 62	
  
significant information about past ocean carbon cycling and the causes of changing 63	
  
atmospheric CO2 [Broecker, 1982a; 1982b; Archer, 1991; Marchitto et al, 2005; Sigman et 64	
  
al, 1998; Sigman and Boyle, 2000]. 65	
  
 66	
  
Goodwin et al [2008] present an analytical model showing how atmospheric CO2, PCO2 (parts 67	
  
per million by volume, ppm), varies on millennial timescales with simultaneous perturbations 68	
  
to up to 5 global variables: 69	
  
(1) Carbon added to the air-sea system though global imbalances in ‘open-system’ CaCO3 70	
  
sedimentation and dissolution, ΔIopen (PgC), [Goodwin et al, 2008]; 71	
  
(2) Charge neutral carbon removed from the air-sea system through an increase in terrestrial 72	
  
carbon storage, ΔIter, or carbon emitted to the system from fossil fuels, ΔIem (PgC) [Goodwin 73	
  
et al, 2008];  74	
  
(3) Increased global mean ocean DIC concentration due to regenerated soft tissue, ΔCsoft 75	
  
(moles C m-3) [Marinov et al, 2008; Goodwin et al, 2008; Ito and Follows, 2005], where Csoft 76	
  
is the remineralised phosphate concentration multiplied by the ratio of carbon to phosphate in 77	
  
organic matter [Sarmiento and Gruber, 2006; Williams and Follows, 2011]; 78	
  
(4) Increased DIC concentrations due to regenerated hard tissue, ΔCcarb  (moles C m-3) 79	
  
[Goodwin et al, 2008], where Ccarb is the half the increase in sub-surface alkalinity from the 80	
  
remineralisation of CaCO3 hard tissue [Sarmiento and Gruber, 2006; Williams and Follows, 81	
  
2011]; and 82	
  
(5) Increased ocean disequilibrium of DIC with atmospheric CO2, ΔCdis (moles C m-3), where 83	
  
Cdis is equivalent to the Cres term of Williams and Follows [2011] and the ΔCdis eq term of 84	
  
Gruber et al [1996]. It should be noted that alterations to Csoft, Ccarb and T may all lead to an 85	
  
alteration in Cdis, therefore Cdis captures the air-sea gas exchange components of the 86	
  
biological and solubility carbon pumps.  87	
  
Recent studies have also shown how PCO2 on millennial timescales relates to a 6th global 88	
  
variable: (6) Increased global mean ocean temperatures, ΔT (K), [Omta et al, 2011; Goodwin 89	
  
et al, 2011].  90	
  
 91	
  
[CO3

2-] is approximated by the difference between titration alkalinity, AT, and dissolved 92	
  
inorganic carbon, DIC: [CO3

2-]~AT-DIC. It is thus well known that the spatial distribution of 93	
  
[CO3

2-] is explained by considering the distributions of Csoft, Ccarb, Cdis [Sarmineto and 94	
  
Gruber, 2006] and T [Omta et al, 2011], and also that changes to PCO2, ΔIter and ΔIopen alter 95	
  
[CO3

2-] over time. Concise formalistic relations linking spatial and temporal changes in ocean 96	
  
carbon storage to the observed changes in reconstructed [CO3

2-] have proved elusive, due to 97	
  
the complicated ocean carbonate chemistry system. This study presents compact formalistic 98	
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relationships showing how [CO3
2-] varies quantitatively with 7 terms: ΔPCO2, ΔIopen, ΔIter, ΔT, 99	
  

ΔCsoft, ΔCdis, and ΔCcarb.  The analytical relations are derived in sections 2 to 4, and tested 100	
  
against two numerical models that each contain explicit numerical solutions of the carbonate 101	
  
chemistry system. Section 5 applies the new relationships to quantify changes in ocean 102	
  
carbon cycling between the Holocene and Last Glacial Maximum (LGM) implied by the 103	
  
[CO3

2-] reconstructions of Yu et al [2010]. Section 6 then discusses the broader implication of 104	
  
the study. 105	
  
 106	
  
2. Analytical relationships between ocean processes and temporal and spatial variations 107	
  
in [CO3

2-] 108	
  
Carbonate alkalinity, AC, and DIC are defined in terms of the concentrations of carbonate 109	
  
species, 110	
  
AC = [HCO3

− ]+ 2[CO3
2− ] ,         (1) 111	
  

and 112	
  
CDIC = [CO2

* ]+[HCO3
− ]+[CO3

2− ] .       (2) 113	
  
Consider what happens to [CO3

2-] in a surface water parcel initially in chemical equilibrium 114	
  
with the atmosphere if AC and PCO2 are altered. CDIC will change due to air-sea flux of CO2 115	
  
until a new chemical equilibrium is reached. The change in [CO2

*] is determined by the 116	
  
change in PCO2, because [CO2

*] is proportional to PCO2 for a water parcel at chemical 117	
  
equilibrium assuming constant temperature and salinity. From (1) and (2) the change in 118	
  
[CO3

2-] is given by the change in AC-CDIC plus the change in [CO2
*],  119	
  

Δ[CO3
2− ]= Δ AC −CDIC( )+Δ[CO2

* ] .       (3) 120	
  

However, it is more useful to consider AT, than AC, because AT is a conserved tracer. AT is 121	
  
larger than (but closely approximated by) AC, allowing (3) to be re-written in terms of AT, 122	
  
Δ[CO3

2− ]= γΔ AT −CDIC( )+Δ[CO2
* ] ,       (4) 123	
  

where γ is a coefficient defined as γ = Δ AC −CDIC( ) Δ AT −CDIC( ) . A value of γ=1 would 124	
  

indicate that ΔAT=ΔAC at the surface ocean, and γ <1 indicates that ΔAT > ΔAC . In applying 125	
  

(4), it is assumed that a uniform value for γ applies across the entire ocean. Focussing on (4), 126	
  
Δ[CO3

2-] is now related to variations in ocean carbon storage. 127	
  
 128	
  
2.1 Spatial variations in [CO3

2-] 129	
  
2.1 Theory 130	
  
Local total DIC concentration is the sum of components due to different processes [Ito and 131	
  
Follows, 2005], 132	
  
CDIC =Csat +Cdis +Csoft +Ccarb ,       (5) 133	
  

where Csat is the DIC concentration of the water parcel if brought into chemical equilibrium 134	
  
with the overlying atmospheric CO2 concentration, Cdis is the disequilibrium concentration at 135	
  
the time of subduction from the surface mixed layer (i.e. the difference between CDIC and Csat 136	
  
at subduction), Csoft is the concentration of DIC due to the regeneration of soft tissue organic 137	
  
carbon, and Ccarb is the DIC concentration due to dissolved CaCO3 hard tissue. Similarly, AT 138	
  
has a preformed component and a component from dissolved marine CaCO3 hard-tissue 139	
  
material, 140	
  
AT = Apre + Acarb ,         (6) 141	
  

where this ignores the smaller contribution to AT from nitrate in remineralised soft tissue. 142	
  
Substituting (5) and (6) into (4) gives Δ[CO3

2-] in terms of the change in component 143	
  
concentrations of AT and CDIC from each process, 144	
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Δ[CO3
2− ]= γΔ Apre + Acarb −Csat −Csoft −Cdis −Ccarb( ) ,     (7) 145	
  

where the Δ[CO2
*] term in (4) is assumed to be negligible. This assumption is reasonable 146	
  

since [CO2
*] varies in the present ocean by order 20µmol kg-1 between ocean basins, whereas 147	
  

[CO3
2-] varies by order 130µmol kg-1 [Sarmiento and Gruber, 2006]. The total change in Csat 148	
  

is split into contributions from T, AT and PCO2 [Goodwin and Lenton, 2009], 149	
  

ΔCsat =
∂Csat

∂A T ,PCO2

ΔApre +
∂Csat

∂T AT ,PCO2

ΔT + ∂Csat

∂PCO2 AT ,T

ΔPCO2 ,    (8) 150	
  

where a minor contribution from salinity has been ignored. Substituting (8) into (7), noting 151	
  
again that ΔPCO2=0 when considering spatial variation in the ocean, gives 152	
  

Δ[CO3
2− ]= γ ΔApre +ΔAcarb −

∂Csat

∂AT T ,PCO2

ΔApre −
∂Csat

∂T AT ,PCO2

ΔT −ΔCsoft −ΔCdis −ΔCcarb

$

%
&
&

'

(
)
) . 153	
  

           (9) 154	
  
Equation (9) is simplified noting that: Csat increases in an approximate 1:1 ratio with AT at 155	
  

fixed T and PCO2, 
∂Csat

∂AT T ,PCO2

≈1; and CaCO3 dissolution increases Acarb by 2 moles per 1 156	
  

mole increase in Ccarb, ΔAcarb = 2ΔCcarb , leaving 157	
  

Δ[CO3
2− ]= −γ ∂Csat

∂T
ΔT +ΔCsoft +ΔCdis −ΔCcarb

$

%
&

'

(
) ,     (10)  158	
  

where ∂Csat

∂T AT ,PCO2

≈ −0.01moles C m-3K-1 in seawater [Goodwin and Lenton, 2009]. This 159	
  

relationship (10) predicts how [CO3
2-] varies spatially in the ocean in terms of variations in 160	
  

ocean temperature and DIC concentrations due to different processes. The timescales over 161	
  
which equation (10) is valid is determined by the assumption that the ΔPCO2 term in (8) can 162	
  
be ignored. Assuming ΔPCO2=0 in (8) implies that Csat is calculated relative the same PCO2 163	
  
level for the whole ocean. Thus, (10) is valid when PCO2 does not change significantly over 164	
  
the timescale of ocean overturning, circa 1000 years.  165	
  
 166	
  
2.2 Numerical Model Comparisons 167	
  
This section tests the predicted relationship for spatial variations in [CO3

2-], (10), against two 168	
  
numerical ocean models: the Isopycnal Box Model [Goodwin, 2012] and the Massachusetts 169	
  
Institute of Technology General Circulation Model (MITgcm) [Marshall et al, 1997]. Both 170	
  
models contain explicit numerical solutions of the carbonate chemistry system after Follows 171	
  
et al [2006], including the impacts of the boric buffer system. The MITgcm also includes the 172	
  
impact of soft tissue nitrate remineralisation on AT, which is ignored in the Isopycnal Box 173	
  
Model. Thus, the numerical model comparisons constitute a suitable test of the carbonate 174	
  
chemistry assumptions used in the analytical derivation, (1) to (10). 175	
  
 176	
  
2.2.1 Isopycnal Box Model comparison 177	
  
The Isopycnal Box Model [Goodwin, 2012] comprises a number of isopycnal slabs each with 178	
  
prescribed potential density, which are vertically stacked in density order with the densest 179	
  
slabs at the bottom (Fig. 1). Each isopycnal slab is split into three boxes; a sub-surface box, 180	
  
and surface boxes in the northern and southern hemispheres (Fig. 1). Sea surface buoyancy 181	
  
fluxes are prescribed and the circulation consists of diapycnal volume fluxes and diapycnal 182	
  
diffusion between the boxes, and isopycnal volume fluxes from the surface mixed layer to the 183	
  
sub-surface ocean [Goodwin, 2012]. The model is configured with 29 isopycnal slabs ranging 184	
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in density from 1028.23kg m-3 to 1023.92kg m-3. An idealized preindustrial circulation is 185	
  
applied, and parameters representing diapycnal diffusivity are tuned to accurately reproduce 186	
  
the fraction of the global ocean ventilated through each surface region [Goodwin, 2012 – 187	
  
figures 6 and 13 therein]. 188	
  
 189	
  
Here, a representation of the ocean carbon cycle is coupled to the model, including air-sea 190	
  
exchange of CO2 and biological uptake of nutrients and carbon in the euphotic zone, with 191	
  
export and remineralisation to depth (Fig. 1). A uniform salinity of 35psu is imposed, and the 192	
  
potential temperatures of the boxes are then calculated from their prescribed potential 193	
  
densities at this salinity after Fofonoff [1985] (Fig. 2). The Isopycnal Box Model solves for 194	
  
the biogeochemical tracer concentrations of AT, phosphate, DIC, preformed AT, preformed 195	
  
phosphate and Csat. These tracers are advected and diffused using the volume fluxes and 196	
  
diffusivities calculated for the physical model [Goodwin, 2012]. The speciation of DIC (2) 197	
  
and its air-sea exchange is calculated as a function of local tracer values after Follows et al 198	
  
[2006]. The ratio of carbon to phosphate in falling Particulate Organic Carbon (POC) is set to 199	
  
105, and the rain ratio of CaCO3 to organic carbon leaving the euphotic zone is 0.1. The 200	
  
export flux of POC leaving the euphotic zone in each surface box, FPOC(zc) (Fig. 1), is set to 201	
  
restore surface phosphate concentrations to prescribed values, initially set here to 1.0×10-3 202	
  
moles m-3 across the surface ocean. Remineralisation of POC vertically below each surface 203	
  
ocean box is calculated using a power law after Martin et al [1987], 204	
  

FPOC (z) = FPOC (zc )
z
zc

!

"
#

$

%
&

b

,        (11) 205	
  

where FPOC(z) is the flux of POC at depth z, zc is the euphotic zone depth set here to 75m, and 206	
  
the exponent b is set to 1.0. Remineralisation of falling CaCO3 occurs using an exponential 207	
  
remineralisation depth-scale of 3500m. Any falling POC and CaCO3 arriving in the deepest 208	
  
box is remineralised, with no sediment accumulation. The initial uniform CDIC, AT and 209	
  
phosphate concentrations are set to 2.1moles m-3, 2.35moles m-3, and 2.3×10-3moles m-3 210	
  
respectively. The ocean model is then coupled to an atmospheric box with a fixed prescribed 211	
  
PCO2 of 280ppm and air-sea exchange of CO2 is permitted with a fixed air-sea gas transfer 212	
  
coefficient (Table 1). The model is spun up for over 13000 years, using a time-step of 1 day, 213	
  
until ocean DIC stabilises. The model parameter values used in the spin-up are given in Table 214	
  
1. 215	
  
 216	
  
The analytical prediction (10) is then tested considering spatial variation in [CO3

2-] compared 217	
  
to the sub-surface box with potential density 1026.4kg m-3, which has an equatorial depth of 218	
  
156m. This sub-surface box has an ambient [CO3

2-]=89.6 mmol m-3, and defines Δ[CO3
2] 219	
  

=ΔT =ΔCsoft =ΔCdis =ΔCcarb =0. This location is chosen because the ambient [CO3
2-] is not an 220	
  

extreme value relative to the rest of the model ocean (Fig. 3a, b and c). The stabilised DIC 221	
  
component concentrations are identified (Fig. 2). CDIC and Csat are carried as tracers in the 222	
  
model (Fig. 2a, black and grey respectively). Csoft is calculated using the difference between 223	
  
total phosphate and preformed phosphate [Ito and Follows, 2005] (Fig. 2b, black dots and 224	
  
solid line) and Ccarb is similarly calculated using the difference between total AT and 225	
  
preformed AT (Fig. 2b, grey dots and solid line). Cdis is then calculated as the contribution not 226	
  
attributable to other mechanisms, Cdis=CDIC-Csat-Csoft-Ccarb (Fig. 2b, black crosses and dashed 227	
  

line). To evaluate the ∂Csat

∂T
ΔT term in (10), a value of ∂Csat

∂T AC ,PCO2

≈ −0.01  moles C m-3K-1 228	
  

[Goodwin and Lenton, 2009] is used along with the potential temperature profile (Fig. 2c). 229	
  
 230	
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The value of γ is calculated by plotting [CO3
2-] against AT-CDIC across the surface ocean (4), 231	
  

and assuming Δ[CO3
2-]>>Δ[CO2

*]. The gradient of observed linear relationship shows that γ 232	
  
is approximately uniform across the model surface ocean, at a value of γ=0.64 (Fig. 4a). The 233	
  
analytical relation (10) accurately predicts [CO3

2-] for the majority of ocean boxes (Fig. 4b). 234	
  
The spatial variation in [CO3

2-] is accurately predicted for most of the deep and surface ocean 235	
  
(Fig. 3). For the Isopycnal Box Mode spin up, the largest source of error in the prediction 236	
  
(10) occurs at surface locations with high potential density (Fig. 3e,f), which have the lowest 237	
  
ambient surface [CO3

2-] (Fig. 3b,c). 238	
  
 239	
  
2.2.2 General Circulation Model comparison 240	
  
The MITgcm [Marshall et al, 1997] is globally configured at coarse resolution (2.8°x2.8°) in 241	
  
the horizontal with 15 non-uniform vertical levels. The model is forced with monthly-mean 242	
  
cycles of heat, freshwater [Jiang et al, 1999] and wind stress [Trenberth et al, 1989], and 243	
  
contains coupled biogeochemistry [Dutkiewicz et al, 2005; Parekh et al, 2005]. The model is 244	
  
spun up reaching a steady state PCO2 of 278.05 ppm. A full description of the model 245	
  
configuration and spin-up are found in Lauderdale et al [2013] and references therein. 246	
  
 247	
  
The analytical prediction (10) is then assessed considering spatial variation in [CO3

2-] 248	
  
compared to an arbitrary location, just below the pycnocline in the Pacific sector of the 249	
  
Southern Ocean (142°W, 43.5°S and 1250 m depth). In the MITgcm spin-up this location has 250	
  
an ambient concentration [CO3

2-]=106.4 mmol m-3, and defines Δ[CO3
2-] = ΔT = ΔCsoft 251	
  

= ΔCdis = ΔCcarb = 0. This location is again chosen because it does not have an extreme value 252	
  
of [CO3

2-] relative to the rest of the MITgcm ocean (Fig. 5a, b).  253	
  
 254	
  
The DIC components in (5) are calculated according to the method outlined by Williams and 255	
  
Follows [2011], with full details of the carbon component decomposition for this model 256	
  

configuration found in Lauderdale et al. [2013]. To evaluate the ∂Csat

∂T
ΔT term in (10), the 257	
  

same value of ∂Csat

∂T AC ,PCO2

≈ −0.01  moles C m-3K-1 [Goodwin and Lenton, 2009] is used along 258	
  

with the potential temperature field. γ is again analysed from (4) by plotting surface ocean AT-259	
  
CDIC versus [CO3

2-] and making the assumption Δ[CO3
2-]>>Δ[CO2

*]. For the MITgcm spin-260	
  
up, γ is found to be 0.70 (Fig. 6a), showing difference to the Isopycnal Box Model value of 261	
  
0.64 (Fig. 4a). Relationship (10) accurately predicts Δ[CO3

2-] relative to the chosen location 262	
  
(Fig. 6b). The prediction is accurate over most of the ocean (Fig. 5), becoming least accurate 263	
  
in the very deepest waters. In these locations of greatest error in the prediction, the ambient 264	
  
[CO3

2-] is low (Fig. 5a,b). 265	
  
 266	
  
2.2.3 Synthesis 267	
  
The analytical prediction (10) is in good agreement with the output of two ocean models 268	
  
(Figs. 3-6). The prediction shows most error in the surface ocean locations with lowest 269	
  
surface-ambient [CO3

2-] in the Isopycnal Box Model (Fig. 3), and the sub-surface ocean 270	
  
locations with lowest ambient [CO3

2-] in the MITgcm (Fig. 5). One possible reason for this is 271	
  
that in these locations the [CO2

*] term from (4) becomes more significant.  272	
  
 273	
  
Values of γ are model dependent, with γ=0.64 for the Isopycnal Box Model and γ=0.7 for the 274	
  
MITgcm spin ups. Any model property that alters the difference between AT and AC may alter 275	
  
γ, (3) and (4), including any property that alters the difference between AT and CDIC, or the 276	
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proportion of AT composed of AC. What are the likely bounds for γ for the Pleistocene and 277	
  
Holocene oceans? To investigate this, γ is analysed for many spin-ups of the Isopycnal Box 278	
  
Model using different initial parameter values, varied by magnitudes broadly plausible (or 279	
  
greater than plausible) over glacial-interglacial cycles but not to attempt to simulate a 280	
  
particular past state. Four model parameters are varied to explore their impact on γ are chosen 281	
  
that alter global mean or spatial distributions of DIC, AT and/or AC: PCO2; the ratio of carbon 282	
  
to phosphate in POC, rC:P; global mean AT , AT ; and global mean salinity, S. Note that S 283	
  
alters the boric buffer contribution to AT, and so alters the difference between AC and AT 284	
  
without altering either AT or CDIC. The steady state values of γ vary by just 0.01 as rC:P is 285	
  
varied between 100 and 120; S is varied between 33psu and 36psu; or PCO2 is varied between 286	
  
180ppm and 280ppm. However, as AT  is increased from 2.1mol m-3 to 2.6mol m-3 γ 287	
  
increases from 0.60 to 0.67. The two models’ preindustrial simulations show γ values of 0.64 288	
  
and 0.7, and changing parameter values within one model is shown to alter γ by +/-0.04 from 289	
  
this initial state. Therefore, an appropriate range for γ during the Pleistocene and Holocene is 290	
  
likely to lie between 0.60 and 0.74, with a mid-range value of 0.67. 291	
  
 292	
  
3 Temporal variations in global mean [CO3

2-] 293	
  
3.1 Theory 294	
  
From (4), the global mean [CO3

2-] will vary if the total amount of DIC, AT or [CO2
*] in the 295	
  

ocean varies. The global AT budget is altered by open system CaCO3 dissolution and 296	
  
sedimentation imbalances, 297	
  
VΔAT = 2ΔIopen ,         (12) 298	
  

where V is the volume of the ocean, an overbar indicates a whole-ocean average and the 299	
  
factor of 2 arises because each unit of dissolved CaCO3 carries two units of AT and one unit 300	
  
of DIC. The change in the global ocean DIC budget is given by, 301	
  
VΔCDIC = ΔIopen −ΔIter −MΔPCO2 ,       (13) 302	
  

where M is the molar volume of the atmosphere, such that MPCO2 is the total amount of CO2 303	
  
in the atmosphere in moles. Subtracting (13) from (12) reveals how the global difference 304	
  
between AT and DIC evolves due to perturbation, 305	
  

VΔ AT −CDIC( ) = ΔIopen +ΔIter +MΔPCO2 .      (14) 306	
  

Note that no knowledge of the causes of ΔPCO2 is required to apply (14). Taking a global 307	
  
average of (4), the global mean changes to [CO3

2-] is written in in terms of the global mean 308	
  
changes to AT, CDIC and [CO2

*], 309	
  

Δ[CO3
2− ]= γΔ AT −CDIC( )+Δ[CO2

* ] .       (15) 310	
  

Here, unlike when using (4) to consider spatial variations in [CO3
2-], changes to [CO2

*] from 311	
  
(15) cannot be neglected because PCO2 is allowed to vary in time. Substituting (15) into (14) 312	
  
gives a descriptive expression for the global mean change in [CO3

2-], 313	
  

VΔ[CO3
2− ]= γ ΔIopen −ΔIter +MΔPCO2( )+VΔ[CO2

* ] .     (16) 314	
  

This equation, (16), is descriptive, rather than predictive, because there is no attempt to 315	
  
predict the change to [CO2

*] from either the perturbations or the initial conditions.  316	
  
 317	
  
When surface waters are chemically saturated with respect to the overlying PCO2 level, [CO2

*] 318	
  
is linearly related to PCO2. [CO2

*] then deviates from this linear relationship due to the Cdis, 319	
  
Csoft, and Ccarb components of DIC, (5). Now consider how [CO2

*] alters as a function of 320	
  
PCO2, ignoring changes to Csoft, Ccarb and Cdis. The change in global [CO2

*] divided by the 321	
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change in PCO2, R =
VΔ[CO2

* ]
MΔPCO2

, is predicted from initial conditions by applying the 322	
  

proportionality of PCO2 to [CO2
*] in surface waters as an approximation over a global scale 323	
  

[Goodwin and Ridgwell, 2010], giving 324	
  

R = VΔ[CO2
* ]

MΔPCO2
≈
V[CO2

* ]
MPCO2

#

$
%%

&

'
((
initial

.        (17) 325	
  

Substituting (17) into (16) gives a predictive relationship for global mean [CO3
2-], valid when 326	
  

there is no ocean-reorganisation of DIC or AT due to global changes to Csoft Cdis or Ccarb,  327	
  

VΔ[CO3
2− ]= γ ΔIopen −ΔIter( )+MΔPCO2 γ + R( ) .     (18) 328	
  

 329	
  
3.2 Numerical model comparison 330	
  
Starting from the initial spin-up described in Section 2.2.1 (Table 1), the Isopycnal Box 331	
  
Model is integrated to steady state many times with PCO2, the global AT budget and the 332	
  
surface phosphate restoration concentration altered independently. The model is integrated to 333	
  
a steady state with each combination of parameter values using: three prescribed PCO2 values 334	
  
(180, 230 and 280ppm), six global mean AT values (2250, 2300, 2350, 2400, 2450 and 2500 335	
  
mmol m-3) and three prescribed surface phosphate restoration concentrations (0.25, 0.5 and 336	
  
1.0mmol m-3). At each of the 3x6x3=54 combinations of PCO2, AT , and surface phosphate 337	
  

restoration concentrations, the values of [CO3
2− ]  and CDIC  are recorded and ΔIopen and ΔIter 338	
  

and are calculated from mass balance arguments, (5) and (6), with Δ[CO3
2− ]  =ΔIopen =ΔIter 339	
  

=ΔPCO2 =0 defined in reference to the initial spin-up (Table 1) .  340	
  
 341	
  
Note that the model does not explicitly represent a mechanism for open system CaCO3 342	
  
dissolution and sedimentation, and so does not internally calculate the size of ΔIopen. Instead 343	
  
the size of ΔIopen is prescribed as a boundary condition, being half the change to total ocean 344	
  
AT relative to the initial spin-up state,ΔIopen =VΔAT 2 , where V is total ocean volume. That 345	
  

ΔIopen is prescribed as a boundary condition, rather than internally solved by the model, does 346	
  
not affect the relationship between ΔIopen and [CO3

2-] being tested here.  347	
  
 348	
  
Equation (16) is tested using prescribed perturbations to ΔIopen, ΔIter and ΔPCO2 and model 349	
  

output values for Δ[CO2
* ]  to calculate Δ[CO3

2− ] . The calculations of Δ[CO3
2− ]  by (16) are 350	
  

close to the model output Δ[CO3
2− ] , with the model output values consistently slightly higher 351	
  

than (16) (Fig. 7a). However, the aim is to use measured values of past PCO2 and estimates of 352	
  
past-ocean [CO3

2-] to constrain changes in ΔIopen – ΔIter. This descriptive relationship, (16), 353	
  
does not allow ΔIopen – ΔIter to be constrained from reconstructed values of ΔPCO2 and 354	
  

Δ[CO3
2− ] , because the variable Δ[CO2

* ]  is also unconstrained. To constrain ΔIopen – ΔIter from 355	
  

ΔPCO2 and Δ[CO3
2− ]  equation (18) must be used, since (18) removes any explicit 356	
  

representation of Δ[CO2
* ].  357	
  

 358	
  
3.2.1 Steady state comparison with constant marine biological drawdown 359	
  
Consider the numerical model steady states when surface phosphate restoration 360	
  
concentrations are held at their initial value of 1.0mmol m-3 (Table 1) in each simulation, to 361	
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give identical distributions of Csoft and Ccarb. Equation (18) accurately predicts Δ[CO3
2− ]  in 362	
  

terms of perturbations ΔPCO2, ΔIter and ΔIopen when Csoft and Ccarb distributions are identical 363	
  

between simulations (Fig. 7b, black dots and line). The difference between the Δ[CO3
2− ]  364	
  

values predicted by (18) and simulated by model output averages 3±3mmol m-3.  365	
  
 366	
  
3.2.2 Steady state comparison with variable marine biological drawdown  367	
  
Reducing the surface restored phosphate concentration in the numerical model increases Csoft  368	
  

and Ccarb  concentrations. For the smaller increase to Csoft  and Ccarb , when surface phosphate 369	
  

is restored to 0.5mmol m-3, (18) consistently under-predicts the steady state model value of 370	
  

Δ[CO3
2− ]  from the values of ΔPCO2, ΔIter and ΔIopen (Fig. 7b, compare red dots to black line). 371	
  

The Δ[CO3
2− ]  values predicted by (18) average 7±1mmol m-3 less than the numerical model 372	
  

output. For the larger increase to Csoft  and Ccarb , when surface phosphate is restored to 373	
  

0.25mmol m-3, (18) again consistently under-predicts the value of Δ[CO3
2− ]  from the values 374	
  

of ΔPCO2, ΔIter and ΔIopen (Fig. 7b, compare blue dots to black line).  This time the Δ[CO3
2− ]  375	
  

values predicted by (18) average 10±1mmol m-3 less than the model output. 376	
  
 377	
  
3.3.3 Numerical model comparison over a range of timescales 378	
  
This section compares (18) to a numerical model simulation spanning 12000 model years to 379	
  
consider the timescales over which (18) is valid. The Isopycnal Box Model does not contain 380	
  
interactive representation of terrestrial carbon storage or CaCO3 sediments. Therefore, to test 381	
  
the timescales over which the theory is valid, (18) is compared to numerical model output of 382	
  
the Isopycnal Box Model in which prescribed temporal variations in ΔIter and ΔIopen (Fig. 8a) 383	
  
are applied to an initial steady state spin-up (Table 1). The terrestrial carbon reservoir is 384	
  
increased by 500PgC over 500 years (Fig. 8a), removing 500PgC carbon from the 385	
  
atmosphere-ocean system. In addition, a prescribed CaCO3 precipitation removes 450PgC 386	
  
during carbonate compensation over 10 000 years (Fig. 8a), removing AT and DIC in a 2:1 387	
  
ratio from the bottom two layers of the sub-surface ocean. 388	
  
 389	
  

Initially, PCO2 falls in response to the terrestrial carbon uptake (Fig. 8), while [CO3
2− ]  390	
  

simultaneously increases as DIC is outgassed from the ocean due to the lower PCO2. During 391	
  

this initial period, the theory incorrectly predicts a fall in [CO3
2− ]  (Fig. 8c), because (18) 392	
  

assumes that the ocean is always in chemical equilibrium with the atmosphere. Around 1000 393	
  
years after the terrestrial carbon reservoir begins to change (18) becomes more accurate as the 394	
  
rate of change in PCO2 slows (Fig. 8c). The agreement between the theory and numerical 395	
  
model output on timescales longer than ocean overturning (Fig. 8) shows that (18) is valid 396	
  
between 1000 and 10 000 year timescales when carbonate compensation processes are 397	
  
ongoing, but is not valid when significant air-sea CO2 exchange occurs on timescales shorter 398	
  
than ocean overturning. 399	
  
 400	
  
4 Temporal variations to local [CO3

2-] 401	
  
4.1 Theory 402	
  
The change over time of [CO3

2-] at one location is written in terms of the change over time of 403	
  
the global mean, plus the change over time of the difference between local [CO3

2-] and global 404	
  
mean [CO3

2-], 405	
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Δ[CO3
2− ]= Δ[CO3

2− ]+Δ [CO3
2− ]−[CO3

2− ]( ) .      (19) 406	
  

The difference, at any one time, between local [CO3
2-] and global mean [CO3

2-] is calculated 407	
  
by imagining the global mean [CO3

2-] as the concentration at one specific spatial location. 408	
  
Thus, (10) gives 409	
  

[CO3
2− ]−[CO3

2− ] ≈ γ −
∂Csat

∂T AC ,PCO2

T −T( )− Csoft −Csoft( )− Cdis −Cdis( )+ Ccarb −Ccarb( )
$

%
&&

'

(
)) .   410	
  

           (20) 411	
  
Combining (19) with (20) and (18) gives an approximate relationship for the change in local 412	
  
[CO3

2-] over time, 413	
  

Δ[CO3
2− ] ≈

γ ΔIopen −ΔIter( )+MΔPCO2 γ + R( )
V

$

%
&&

'

(
))+

γ −
∂Csat

∂T AC ,PCO2

Δ T −T( )−Δ Csoft −Csoft( )−Δ Cdis −Cdis( )+Δ Ccarb −Ccarb( )
$

%
&&

'

(
))

.  (21) 414	
  

This approximation assumes that the change over time in the difference between the local and 415	
  
global mean [CO3

2-] is equivalent to the change in the difference between two locations in 416	
  
space. This derivation of (21) assumes the value of γ does not alter if PCO2 alters, and that 417	
  
ocean reorganisations of DIC and AT have no impact on global mean [CO2

*]. 418	
  
 419	
  
4.2 Numerical Model comparison 420	
  
The prediction for the local change to [CO3

2-] between two different time periods (21) is 421	
  
tested using two steady states of the Isopycnal Box Model. The initial spin-up (Table 1) is 422	
  
compared to the steady state with AT =2500 mmol m-3, PCO2 = 180 ppm and surface restored 423	
  
phosphate of 0.25 mmol m-3. The reduction to surface restored phosphate increases global 424	
  
mean Csoft and Ccarb. The model difference in [CO3

2-] for each box is analysed between these 425	
  
two states, and compared to the analytical prediction (Fig. 9).  426	
  
 427	
  
The changes in local [CO3

2-] between the two model states show considerable variation, from 428	
  
changes of circa -5 mmol m-3 to circa +80 mmol m-3 (Fig. 9). This high spread in the local 429	
  
change to [CO3

2-] is due to the changes in Csoft and Ccarb between the two states. The 430	
  
predicted changes to local [CO3

2-] from (21) are reasonably accurate (Fig. 9), but the 431	
  
accumulation of small errors from many approximations leads to increased model-theory 432	
  
discrepancy. For the majority of ocean boxes, the predicted local Δ[CO3

2-] is more positive 433	
  
than the modelled change (Fig. 9), due to the systematic offset introduced by assuming in 434	
  
(21) that changing Csoft and Ccarb has no impact on the accuracy of (18) (Fig. 7b).  435	
  
 436	
  
5. Implications for the causes of Glacial-Interglacial CO2 change  437	
  
Yu et al [2010] reconstruct [CO3

2-] at five locations for the Last Glacial Maximum (LGM), 438	
  
Deglacial Peak and late Holocene from foraminifer B/Ca ratios. The changing spatial patterns 439	
  
of these [CO3

2-] reconstructions are now analysed using the quantitative theory (10). The 440	
  
global mean changes in [CO3

2-] between LGM, Deglacial Peak and late Holocene are not 441	
  
analysed using the quantitative theory (18) because accurate use of (18) requires the global 442	
  
mean Csoft and Ccarb to be the same at the LGM as the late Holocene (see Fig. 7b), and this 443	
  
cannot be assumed. 444	
  
 445	
  
Rearranging (10) relates the spatial gradient in carbon stored through different processes to 446	
  
the spatial gradient in [CO3

2-], 447	
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∂Csat

∂T
ΔT +ΔCsoft +ΔCdis −ΔCcarb = −

Δ[CO3
2− ]

γ
.     (22) 448	
  

Applying (22) to the reconstructed [CO3
2-] of Yu et al [2010] now reveals the spatial 449	
  

differences in ∂Csat ∂T( )T +Csoft +Cdis −Ccarb  during the Late Holocene, Deglacial Peak and 450	
  

LGM between the five locations. Table 2 shows the how ∂Csat ∂T( )T +Csoft +Cdis −Ccarb  451	
  

varies spatially relative to the intermediate North Atlantic, NA, location during each period. 452	
  
The Intermediate NA is chosen as the reference because it is likely to have contained newly 453	
  
ventilated water across each time period, with evidence suggesting a shoaled but significant 454	
  
Atlantic Meridional Overturning Circulation at the LGM [Lippold et al, 2012]. Csoft and Ccarb 455	
  
are initially zero in newly-subducted water. Continual regeneration of falling POC in the 456	
  
ocean interior causes Csoft and Ccarb concentrations to increase with water-age [Sarmiento and 457	
  
Gruber, 2006]. Ocean locations that retain newly ventilated water across different time 458	
  
periods are thus likely to have the smallest and most stable concentrations of Csoft and Ccarb, 459	
  
and thus be good reference locations for (22), because the water age varies least between time 460	
  
periods. During all three time-periods, the Intermediate NA has the lowest value of 461	
  
∂Csat ∂T( )T +Csoft +Cdis −Ccarb  (Table 2), consistent with it retaining newly ventilated water 462	
  

that has not had time for significant Csoft build-up.   463	
  
 464	
  
Relative to the Intermediate NA, the concentrations of ∂Csat ∂T( )T +Csoft +Cdis −Ccarb  in the 465	
  

rest of the ocean are elevated considerably more in the LGM than the late Holocene (Table 466	
  
2), with implications for the causes of the glacial-interglacial change in PCO2. Combining the 467	
  
relationship for PCO2 on millennial timescales in terms of Csoft, Cdis and Ccarb [equation (24) in 468	
  
Goodwin et al, 2008] with the relationship in terms of ∂Csat ∂T( )T [equation A4 in Goodwin 469	
  

et al, 2011] gives, 470	
  

PCO2 (final) = PCO2 (initial)exp
V ΔCsoft +ΔCdis + ∂Csat ∂T( )ΔT( )

IB

#

$

%
%

&

'

(
(
.

IO(A−C )
IO(A−C ) −VΔCcarb

#

$
%%

&

'
((exp

MP0VΔCcarb

IO(A−C} −VΔCcarb( ) IB
#

$

%
%

&

'

(
(

,   (23) 471	
  

where IB is the buffered carbon inventory and IO(A-C) is the whole ocean difference between AT 472	
  
and CDIC [see Goodwin et al, 2008 for parameter values]. Therefore, to estimate the impact on 473	
  
PCO2, the global mean changes to Csoft, Ccarb, Cdis and T must be estimated.  474	
  
 475	
  
Scaling the concentration changes (Table 2) with approximate volumes for each region 476	
  
reveals that during the LGM, global ∂Csat ∂T( )T +Csoft +Cdis −Ccarb  increased in the rest of 477	
  

the global ocean relative to the Intermediate NA (Table 2) by circa 770±200PgC. This 478	
  
assumes that: (1) the Pacific basin represents half the total ocean volume, and the Indian and 479	
  
Atlantic basins each represent a quarter, and (2) the Intermediate ocean (being the upper 480	
  
~2000m) represents 2/5 of total ocean volume while the deep ocean (being ~2000m to 481	
  
~5000m depth) represents 3/5.  482	
  
 483	
  
The impact this estimated 570 to 970PgC increase, relative to the Intermediate NA, had on 484	
  
PCO2 depends crucially on the LGM to Holocene change to ∂Csat ∂T( )T +Csoft +Cdis −Ccarb  485	
  

within the Intermediate NA. If Intermediate NA ∂Csat ∂T( )T +Csoft +Cdis −Ccarb  was the same 486	
  

in the LGM as the Holocene, the increase in in the rest of the ocean is enough to decrease 487	
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PCO2 by 40 to 70ppm during the LGM (23). Thus, under this assumption, circa 40 to 70% of 488	
  
the observed glacial decrease in PCO2 is explained by the combined effects of four terms:  489	
  
increases in Csoft and Cdis and/or decreases in T and Ccarb.  490	
  
 491	
  
However, if Intermediate NA ∂Csat ∂T( )T +Csoft +Cdis −Ccarb  was increased at the LGM then 492	
  

the estimated range, 570 to 590PgC, would be an underestimate, and if Intermediate NA 493	
  
∂Csat ∂T( )T +Csoft +Cdis −Ccarb  was decreased then the estimated range is an overestimate. 494	
  

The (∂Csat/∂T)T term is likely to have increased during the LGM relative to the late Holocene, 495	
  
because ∂Csat ∂T( )  is negative and temperatures in the NA were cooled during the LGM 496	
  

[Waelbroeck et al, 2009]. There are currently no proxy-based reconstructions of Csoft, Cdis, 497	
  
Ccarb during the LGM to test how these terms altered. However, evidence that the 498	
  
Intermediate NA remained newly ventilated [Lippold et al, 2012] provides confidence that 499	
  
Csoft and Ccarb both remained small there at the LGM, while the magnitude of Cdis is generally 500	
  
small in comparison to Csoft or Ccarb [Ito and Follows, 2005; Williams and Follows, 2011]. 501	
  
 502	
  
6. Discussion 503	
  
In this study the relationships between [CO3

2-] and ocean carbon cycle processes are 504	
  
identified for both spatial, (10), and temporal, (16), (18) and (21), variations. These 505	
  
quantitative relationships are in good agreement with the output of numerical models (Figs. 506	
  
3-9), allowing additional quantitative information to be gained from spatial and temporal 507	
  
[CO3

2-] paleo-reconstructions. This quantitative information is expressed in terms of a 508	
  
process driven view of ocean carbon storage [Ito and Follows, 2005; Williams and Follows, 509	
  
2011], and so can be used to provide additional constraints on the causes of PCO2 change. 510	
  
 511	
  
The spatial variation in [CO3

2-] between two sites at the same time is accurately related to the 512	
  
differences in carbon storage from, (10), remineralised soft tissue, ΔCsoft, disequilibrium 513	
  
carbon, ΔCdis, temperature-solubility, (∂Csat/∂T)ΔT, and remineralised marine CaCO3, ΔCcarb, 514	
  
by (Figs 3-6). Thus, reconstructing local [CO3

2-] for the same time period at two sites is an 515	
  
effective method of comparing the combined difference in local carbon storage and 516	
  
temperature-solubility between those two sites (Table 2). Additional proxies will be required 517	
  
to separate the contributions of the individual terms. 518	
  
 519	
  
Temporal changes to the global mean [CO3

2-] are accurately predicted from the change in 520	
  
atmospheric CO2, ΔPCO2, the open system CaCO3 dissolution, ΔIopen, and the change in 521	
  
carbon stored by the terrestrial biosphere, ΔIter, (18), only when global Csoft and Ccarb 522	
  
concentrations are held constant (Fig. 7b). Future work will examine how the global-mean 523	
  
[CO3

2-] theory (18) can be modified to accommodate variations to Csoft and Ccarb. A change to 524	
  
local [CO3

2-] over time can be the result of 7 different terms, (21) (Fig. 9):ΔIopen , ΔIter , 525	
  

ΔPCO2 , Δ T −T( ) , Δ Csoft −Csoft( ) , Δ Cdis −Cdis( )  and Δ Ccarb −Ccarb( ) .  526	
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Tables 656	
  
 657	
  

Isopycnal Box Model parameter Value 
Exponential decay length scale of 

particulate CaCO3 dissolution below 
euphotic zone 

3500m 

Particulate Organic Carbon (POC) 
remineralisation power law exponent, b 

(11), after Martin et al [1987] 

1.0 

Depth of Euphotic Zone for POC and 
Particulate CaCO3 remineralisation, zc 

75m 

Global mean titration alkalinity 
concentration, AT  

2350 mmol m-3 

Fixed atmospheric CO2 level, PCO2 280ppm 
Air-sea CO2 gas transfer coefficient, kg 5×10-5 m s-1 
Global mean phosphate concentration 2.2 mmol m-3 

Surface phosphate restoring concentration 1.0 mmol m-3 
Ratio of Carbon to Phosphate in POC 105 moles Carbon per mole Phosphate 

Ratio of CaCO3 to POC exiting euphotic 
zone 

0.1 moles CaCO3 per mole POC  

 658	
  
Table 1: Biogeochemical parameters used in the initial spin up of the Isopycnal Box Model. 659	
  
Other model parameters are as for the tuned idealised preindustrial set-up described in 660	
  
Goodwin [2012]. 661	
  
 662	
  
 Deep North 

Atlantic 
(µmol C kg-1) 

West 
Equatorial 

Pacific 
(µmol C kg-1) 

Intermediate 
Equatorial 

Pacific 
(µmol C kg-1) 

Abyssal Indo-
Pacific 

(µmol C kg-1) 

Late Holocene 9±9 49±7 61±8 41±6 
Deglacial Peak 18±6 55±7 71±9 31±6 
LGM 86±6 107±12 108±12 83±10 
 663	
  
Table 2: The spatial differences in Csoft + Cdis + (∂Csat/∂T)T - Ccarb relative to the Intermediate 664	
  
North Atlantic in the Late Holocene, Deglacial Peak and LGM. Values are calculated from 665	
  
(22) using the reconstructed carbonate ion concentrations of Yu et al [2010]. A γ value of 666	
  
0.67±0.07 is assumed, consistent with γ lying in the range 0.60 to 0.74. 667	
  

668	
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 669	
  
 670	
  
Figure 1: Schematic of the Isopycnal Box Model with coupled carbon cycle. CO2 exchange 671	
  
occurs across the air-sea interface (black dashed arrow). Fluxes of particulate organic carbon 672	
  
(FPOC - red arrows) and particulate CaCO3 (FPCaCO3 – grey arrows) leave the boxes in the 673	
  
euphotic zone and reineralise at depth. When calculating the remineralisation profile, the 674	
  
depth of each sub-surface box varies with latitude, illustrated by comparing the two 675	
  
illustrated sites of FCaCO3 and FPOC.  676	
  

677	
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 678	
  
 679	
  
Figure 2: The DIC components and potential temperature in the initial Isopycnal Box Model 680	
  
spin-up versus depth below the mixed layer at the equator. (a) CDIC (black dots and line) and 681	
  
Csat (grey dots and line). (b) Csoft (black dots and line), Ccarb (grey dots and line) and Cdis 682	
  
(black crosses and dashed line). (c) Potential temperature (black dots and line). 683	
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 685	
  
 686	
  
Figure 3: Ambient [CO3

2-] and spatial [CO3
2-] anomaly relative to a chosen box in the 687	
  

Isopycnal Box Model spin-up. (a) [CO3
2-] versus depth below the mixed layer at the equator 688	
  

in the sub-surface boxes. (b) [CO3
2-] versus potential density in the southern hemisphere 689	
  

surface boxes. (c) [CO3
2-] versus potential density in the northern hemisphere surface boxes. 690	
  

Spatial [CO3
2-] anomalies in the numerical model output (black) and theoretical prediction, 691	
  

(10), (red) are shown versus depth in the sub surface ocean (d), and versus density in the 692	
  
southern and northern hemisphere surface boxes, (e) and (f) respectively. Spatial [CO3

2-] 693	
  
anomaly is referenced with respect to the ρ=1026.4kg m-3 sub-surface box, which lies 156m 694	
  
deep below the mixed layer at the equator. 695	
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 697	
  
Figure 4: Spatial variations in [CO3

2-] in the Isopycnal Box Model and theoretical prediction 698	
  
(10). (a) [CO3

2-] against AT-CDIC in the surface ocean boxes of the Isopycnal Box Model 699	
  
(dots). The line of best fit (solid line) reveals a value of γ=0.64, (4). (b) Δ[CO3

2-] against 700	
  

γ −
∂Csat

∂T
ΔT −ΔCbio −ΔCdis +ΔCCaCO3

$

%
&

'

(
)  in surface and sub-surface boxes of the Isopycnal Box 701	
  

Model (dots) against the theoretical prediction (10) (solid line).  The spatial changes are 702	
  
referenced by setting Δ[CO3

2-]= ΔT= ΔCsoft= ΔCdis= ΔCcarb=0 in the ρ=1026.4kg m-3 sub-703	
  
surface box 704	
  

705	
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 706	
  
 707	
  
 708	
  
Figure 5: MITgcm carbonate ion concentrations and spatial anomalies. Annual average 709	
  
[CO3

2-] in (a) Atlantic and (b) Indopacific basins. Annual average Δ[CO3
2-] in (c) Atlantic 710	
  

and (d) Indopacific basins. Annual average γ −
∂Csat

∂T
ΔT −ΔCsoft −ΔCdis +ΔCCaCO3

$

%
&

'

(
)  in (e) the 711	
  

Atlantic and (f) the Indopacific basins. To calculate the spatial anomalies, Δ[CO3
2-] = ΔT 712	
  

= ΔCsoft = ΔCdis = ΔCcarb = 0 is defined at 142°W, 43.5°S and 1250 m depth and γ=0.7 is used.  713	
  
 714	
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 717	
  
 718	
  
 719	
  
Figure 6: Spatial variations in [CO3

2-] in the MITgcm and theoretical prediction (10). (a) 720	
  
[CO3

2-] against AT-CDIC in the surface ocean of the MITgcm (dots). The line of best fit (dotted 721	
  
line) reveals a value of γ=0.70, (4). (b) Δ[CO3

2-] against 722	
  

γ −
∂Csat

∂T
ΔT −ΔCbio −ΔCdis +ΔCCaCO3

$

%
&

'

(
)  at all ocean locations in the MITgcm (dots) against 723	
  

the theoretical prediction (10) (dotted line).  The spatial changes are referenced by setting 724	
  
Δ[CO3

2-]= ΔT= ΔCsoft= ΔCdis= ΔCcarb=0 below the pycnocline in the Pacific sector of the 725	
  
Southern Ocean at 142°W, 43.5°S and 1250 m depth. 726	
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 728	
  
 729	
  
 730	
  
Figure 7: Variations in global mean [CO3

2-] in the Isopycnal Box Model predicted using (a) 731	
  
equation (16) and (b) equation (18), with γ analysed from Figure 3a. (a) Isopycnal Box Model 732	
  
output when the system reaches steady state (dots) and theoretical analysis from (14) (line), 733	
  
where [CO3

2-] in the theoretical analysis is taken from model output. (b) Isopycnal box model 734	
  
output (dots) and the theoretical prediction (line) using (18) and assuming a constant R (17). 735	
  
The Isopycnal Box Model output has scenarios that have surface phosphate restoration 736	
  
concentrations unaltered at 1 mmol m-3 (black dots), reduced by half to 0.5 mmol m-3 (red 737	
  
dots), and reduced by half-again to 0.25 mmol m-3 (blue dots). The vertical offset between red 738	
  
and blue dots relative to the solid line indicates that changes to biological carbon drawdown 739	
  
affects the accuracy of (18).  740	
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 744	
  
Figure 8: Time evolution of PCO2 and global mean [CO3

2-] in the Isopycnal Box Model and 745	
  
the theoretical prediction following prescribed perturbations to ΔIter and ΔIopen. (a) Prescribed 746	
  
temporal perturbations to ΔIter (black) and ΔIopen (grey) over time. (b) Modelled PCO2 over 747	
  
time. (c) Global mean [CO3

2-] over time from Isopycnal Box Model output (black solid line) 748	
  
and predicted from theory (18) (black dashed line). 749	
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 751	
  
 752	
  
Figure 9: Modelled versus predicted (19) temporal variations in local [CO3

2-] between two 753	
  
states of the Isopycnal Box Model. Dots indicate the results for individual boxes, and the 754	
  
solid line indicates where the dots would be if the modelled and predicted Δ[CO3

2-], (21) 755	
  
were in perfect agreement. In the initial state AT =2350 mmol m-3, PCO2 = 280 ppm and 756	
  

surface restored phosphate is 1.0 mmol m-3. In the final state AT =2500 mmol m-3, PCO2 = 180 757	
  
ppm and surface restored phosphate is 0.25 mmol m-3. 758	
  
 759	
  


