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ABSTRACT 

From the Pliocene to the modern, the Earth’s climate has undergone a vast and significant 
change from a world dominated by continental ice restricted only to Antarctica with a rhythmic 
41kyr beat, through a period of declining atmospheric CO2 and cooling culminating with the 
bihemispheric glaciation known today, dominated by 100 kyr cyclicity. Ocean circulation is 
often given a central role in the dynamics of the late Neogene although many questions, such as 
the role of the North Atlantic in glacial-interglacial CO2 change remain. It is a well-studied 
region however and as such provides an ideal location for further study with novel proxies that 
may potentially provide new insights. Similarly, atmospheric CO2 is often thought to be the 
most crucial single variable driving Plio-Pleistocene climate change. Atmospheric CO2 
reconstructions so far published beyond the end of the 800 ka Dome C ice core record are 
however few and of relatively low resolution and/or precision. This is at present hampering our 
understanding of CO2-climate interaction for climates warmer than the present and must be 
addressed as a priority given humanity’s ever-increasing CO2 emissions and anthropogenic 
global warming. This thesis aims to address these issues using boron-based proxies in 
foraminiferal carbonate. The potential power of these boron based proxies to directly quantify 
the marine carbonate system in the past has an enormous draw, both as a pH-CO2 proxy, but 
also for identifying the role of the deep ocean circulation changes in ocean carbon storage and 
release on orbital timescales. The first half of this thesis aims to better address the role of ocean 
circulation in rapid climate change and carbon storage over glacial-interglacial cycles.  !11B and 
B/Ca records from benthic foraminifera (Cibicidoides wuellerstorfi) from three cores in the 
North Atlantic spanning the last full glacial cycle and making up a depth, latitude and longitude 
transect are presented. These show that over this period, North Atlantic circulation is both 
dynamic and complex, presenting new and demonstrable links between climate change and the 
deep ocean carbonate system. Within this record a high-resolution section was taken focusing 
on the last 40 thousand years to search for any rapid changes in circulation associated with 
Heinrich events.  It is demonstrated here that the boron based proxies can remove ambiguity 
from the existing records of deep ocean circulation change and challenge the established theory 
of deep water formation (DWF) shutdown in the Northern hemisphere during H-events. 

 

  In the second half of this thesis atmospheric CO2 records, beyond the reach of the ice cores, 
derived from the !11B of planktonic foraminifera (Globigerinoides ruber) from the tropical 
Atlantic basin and Caribbean Sea are presented. Here the relationship between the climate 
system (both in terms of ice-volume/sea level and temperature) is examined in climate states 
warmer than today.  These include a suborbitally resolved record from 1.0-1.2 Ma to observe 
the nature of CO2 cycles before the ‘over thickening’ of the Laurentide ice sheet and the 
associated switch from 41 kyr to 100 kyr climate cycles at the Mid Pleistocene Transition 
(MPT). This study reveals the existence, around 1 million years ago, of high amplitude CO2 
cycles with a 41 kyr cyclicity, and a mean CO2 level around 25 ppm above the Late Pleistocene.  
The relationship between CO2 and ice volume/SL prior to the MPT is significantly different to 
that post MPT, implying that CO2 decline and some other boundary condition change, probably 
related to the sub-glacial regolith, were both responsible for this most recent major climatic 
transition. Also reconstructed is a multisite reconstruction of atmospheric CO2, extending 
through the last 3.5 million years, including the onset of Northern Hemisphere Glaciation 
(iNHG). In order to gain a quantitative understanding of the role of CO2 decline in Plio-
Pleistocene cooling a comprehensive compilation of sea surface temperature data is also 
presented. A combination of this record of “global” sea surface temperature data with the long-
term CO2 data confirms that Plio-Pleistocene cooling was driven by CO2 decline amplified by 
the ice-sheet albedo feedback.   
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Chapter 1:  Introduction 

1.1 Overview 

Since the Pliocene the Earth has transformed from a globally warm planet, with a single 

glaciated southern pole and temperatures ~3 K warmer than pre-industrial (Brigham-

Grette et al., 2013; Dowsett, 2007; Salzmann et al., 2010), to a colder world with 

bihemispheric glaciation.  The colder world functions in a drastically different fashion 

largely controlled by the waxing and waning of northern continental ice sheets, which 

act as a very powerful non-linear feedback (DeConto and Pollard, 2003; Köhler et al., 

2010). To establish the cause of these differences (and whether they are easily 

accounted for) a full characterisation of the climate parameters is sought. In the 

Pliocene, the greenhouse gas carbon dioxide is thought to reach levels roughly similar to 

today (i.e. post-industrial) at ~350-400 parts per million (ppm); (Seki et al., 2010; Tans 

and Keeling, 2014), although temperatures were most likely higher (Dowsett, 2007; 

Fedorov et al., 2013; Haywood et al., 2011) due to the current climate being out of 

equilibrium with the contemporaneous climate forcing/inputs (see equilibrium vs. 

transient climate IPCC, 2014b, and Foster and Rohling, 2013; Wigley and Schlesinger, 

1985). Over this time the Earth has undergone notable, and often abrupt, climate 

transitions beginning with the initiation of Northern Hemisphere Glaciation (iNHG, 

Figure 1.1). The Mid Pleistocene Transition (MPT) marks the switch from obliquity 

paced climate cycles (~41 kyrs) during the Pliocene and Early Pleistocene to 100 kyr 

eccentricity cycles.  This is followed by the development of dramatic millennial scale 

climate events in the last 800 kyr (McManus et al., 1999; Thornalley et al., 2013) 

exemplified during the last glacial cycle (LGM) by Heinrich events (H-events) H1 to 

H5 (Hemming, 2004). This thesis aims to understand some of the mechanisms and 

drivers for this long-term cooling and identify the triggers and impacts of the shorter 

climate events and related thresholds, which are superimposed on the long-term cooling 

trend. 
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Figure 1.1: Plio-Pleistocene climate evolution 

Global climate, showing the gradual cooling trend from the Pliocene as shown by the LR04 

benthic oxygen isotope stack (Lisiecki and Raymo 2005), a proxy for ice volume and deep sea 

temperature. Important climate events are highlighted: mid Pliocene Warm Period (mPWP, 

red), intensification of Northern Hemisphere Glaciation (iNHG, blue), the Mid Pleistocene 

Transition between 41kyr cycles seen in global temperature and ice volume in the Early 

Pleistocene and ‘sawtooth’ 100kyr cycles in the Late Pleistocene (MPT, orange), the Last 

Glacial Cycle (LGC, blue). 

 

 

Carbon dioxide (CO2) is one of the primary greenhouse gases in the Earth’s atmosphere and its 

concentration is a key determinant of the evolution of Earth’s climate. The role that carbon 

dioxide has to play in the Earth’s climate is well established, and its role in driving glaciation 

has been hypothesised since Arrhenius in the 1890s (Arrhenius, 1896). Concentrations of this 

greenhouse gas are currently increasing due to anthropogenic emissions, and it is therefore 

crucial to our understanding of the present and future Earth System to increase knowledge of 

past concentrations of high CO2 for comparison. Modelling studies (Lunt et al., 2008) have 

highlighted the role of CO2 in the timing and magnitude of Northern hemisphere glaciation at its 

inception; one of the last major transitions in Earth history, and the last to occur during a climate 

state warmer than the present. Bubbles of ancient atmosphere trapped within ice cores have 

provided us with evidence of highly variable atmospheric CO2 over the past 800 kyrs (Figure 

1.2) with high CO2 (~280 ppm) during warm interglacial periods and low CO2 (~180 ppm) 

during cold glacials (Lüthi et al., 2008; Petit et al., 1999; Siegenthaler et al., 2005). Although 

there are on-going efforts to extend the ice core records back to the Mid-Pleistocene Transition 

(Jouzel and Masson-Delmotte, 2010), no ice exists on the planet which is old enough to extend 

this record back to the Pliocene. It is generally accepted that the deep ocean carbon system is the 
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only reservoir large enough and with a fast enough response time to cause glacial-interglacial 

variations in CO2 (Sigman et al., 2004), however, the role of changing oceanic CO2 storage in 

driving short and long term climate change back in geological time is particularly unclear due 

largely to the absence of suitable CO2 records. Such high quality records are now within reach, 

and with careful analytical procedure, a reliable successor to the ice cores available in the boron 

isotope proxy.  

 

  

Figure 1.2: Ice core CO2 data 

Ice core compilation from Antarctic ice cores (note x-axis reversed from Figure 1.1), showing 

concentrations of CO2 for the past 800 kyrs. Key interglacial periods (odd marine isotope 

stages) are marked. (Ahn and Brook, 2008; Lüthi et al., 2008; Petit et al., 1999; Siegenthaler et 

al., 2005). Expansion past 1 Ma may be possible but further back is very unlikely (Jouzel and 

Masson-Delmotte, 2010). 

 

 

1.2 Key questions 

In this thesis, I utilise boron based proxies as a circulation tracer for past oceanographic change 

and also as a palaeo-CO2 proxy, to establish the role of greenhouse gas in changing climate over 

the past 4 million years. Boron based proxies are a rapidly expanding tool particularly suitable 

to establish changes to the carbon cycle in the past. The primary palaeoclimate research topics 

to be investigated here are 4-fold: 

• Firstly, to assess circulation changes in the Atlantic basin during episodes of abrupt 

climate shifts, and test whether rapid ice sheet collapse has a profound effect on North 

Atlantic ocean circulation. Chapter 3. 
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• Secondly, to test the sensitivity of Atlantic deep-water masses to changing climatic 

conditions to assess the importance of deep-water circulation changes in storing and 

modulating atmospheric CO2. Chapter 4. 

• Thirdly, to identify the causes of the ice volume increase and change in orbital pacing 

associated with the mid Pleistocene transition (MPT). Chapter 5. 

• Fourthly, to examine the role of CO2 in the initiation and intensification of glaciation in 

the Northern hemisphere, from the Pliocene to the present. Chapter 6. 

 

As boron based proxies are still relatively novel, this work will also go towards increasing the 

confidence of using boron as a proxy for palaeoceanographic and palaeoclimatic changes, as 

well as adding to the ever-growing database of boron based proxy outputs.  

1.3 The Plio-Pleistocene icehouse world and CO2 

From the beginning of the Pliocene (~5.3 million years ago) to the present day, the Earth has 

undergone a series of climatic cycles involving >50 glacial advances and retreats.  Underneath 

these orbitally paced cycles is a long-term cooling trend. The Pliocene is the most recent time in 

Earth history where CO2 levels are comparable to our modern ‘post-industrial’ level, (IPCC, 

2014a). This makes the Pliocene an essential target to understand the potential impacts of future 

climate change on multi-centennial to millennial timescales. This is particularly true given the 

frequently quoted target of “acceptable warming” of 2°C (Hansen et al., 2008), which is close to 

global temperatures during the Pliocene.  A major advantage of studying the Pliocene is that it is 

the only time in Earth’s history where the boundary conditions are similar enough to the present 

with near-modern ecosystems and species dominant, making the isolation of the drivers of 

Pliocene warmth easier and ensuring our proxy systems are largely appropriate.  

 

Throughout geological time glaciations are controlled by the reaction of the Earth system to 

subtle changes in the seasonal distribution and amount of insolation resulting from cyclic 

changes in the Earth’s orbital configuration as predicted by Milankovitch (Milankovitch, 1941), 

and from internal feedbacks such as albedo, and greenhouse gases (Rohling, 2013). It is 

unknown how much change in the climate system is driven by plate tectonics or the biotic 

evolution but they are thought to precondition the climate system, and make it susceptible to 

orbital variation. Knowing boundary conditions such as the secular evolution of atmospheric 

CO2 is fundamental as it is one of the main components of parameterised climate forcing (Foster 

and Rohling, 2013; Pagani et al., 2009). Strong orbital imprints on climate cycles are seen back 

into the Mesozoic and throughout much of the geological record of climate (e.g. oxygen and 
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carbon isotopes), but they are not always correlated with ice advance and retreat, rather with 

with temperature and productivity (e.g. Zachos et al. 2009) making interpretation tricky.  

 

Orbitally paced switches between Glacial and Interglacial climate states (G-IG) are evident in 

the stacked benthic oxygen isotope record (Lisiecki and Raymo, 2005) throughout the Plio-

Pleistocene (Figure 1.1). The amplitude of cycles is smaller during the Pliocene Warm Period 

(mPWP) than during the late Pleistocene, and marine isotope stage (MIS) 100 marks the first 

distinctive glacial-interglacial cycle and the start of the Pleistocene. This crucial interval is the 

most recent of the dramatic climate shifts of the Cenozoic, yet the mechanisms behind the 

glacial cycles and their intensification at ~ MIS 100 (iNHG) are relatively poor despite decades 

of study (Figure 1.1).  There are however a growing number of continuous, high quality climate 

proxy records throughout the Plio-Pleistocene (e.g. Bailey et al., 2013, Fedorov et al. 2013, 

Lisiecki and Raymo 2005, Naafs et al. 2012) and these are leading to valuable new insights to 

many of the important components in the parameterisation of climate, and the reliable informing 

of climate models. New reconstructions of ice rafted debris (IRD) provenance and dating of 

terrestrial glacial deposits (Balco and Rovey, 2010; Balco et al., 2005) indicate that the northern 

hemisphere ice sheets reached near their full extent (but not volume, as indicated by benthic 

!18O records) at MIS G2 (~2.64 Ma), and that significant delivery of IRD occurred prior to that 

(Bailey et al., 2013; Jansen et al., 2000). Reconstructions of sea level (Rohling et al., 2014) 

reveal the ice sheets did not reach Late Pleistocene glacial maxima-like volumes (>75 m sea 

level equivalent) until 2.1 million years ago. Knowing the state and sensitivity of ice masses to 

potential climate change is of high priority. Geological evidence is vital to pin interpretation on; 

one example of this is records of ice rafted debris (IRD) in the northern hemisphere during the 

Pliocene which are used to imply a change in dynamics of northern hemisphere ice. Knowing 

the likely response of global ice in the past to changes in climate is important for the stability of 

modern ice sheets and thus the forcings and mechanisms must be investigated for any potential 

mobility. 

 

1.3.1 Triggers for Plio-Pleistocene CO2 decline 

It is now relatively well documented that the long-term cooling trend since the Pliocene is 

accompanied by a decline in CO2 (~400 ppm to 250ppm; Bartoli et al. 2009, Seki et al. 2010). 

The nature and driving force behind the decline is poorly constrained however and there are 

many possible triggers for the drawdown of CO2. For instance, CO2 decline could be triggered 

directly by increases in weathering due to uplift (Raymo and Ruddiman, 1992; Ruddiman and 
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Kutzbach, 1989), or indirectly due to changes to oceanic circulation and deep ocean storage 

(Haug and Tiedemann, 1998; Keigwin, 1982) or tropical dynamics (Philander and Fedorov, 

2003), though many factors can simultaneously influence climate responses (Lunt et al., 2008). 

Key carbon reservoirs that can act over medium to long timescales (~1-100 kyr) include the 

deep ocean, terrestrial biosphere, and sedimentary rock record.  

1.3.2 Plio-Pleistocene ocean circulation  

The global ocean is a key component of the climate system, due to its capacity to store large 

amounts of carbon (see Figure 1.3), heat and salt. In terms of carbon, the deep ocean is the 

largest of the surficial reservoirs (deep ocean-surface ocean-atmosphere-biosphere) and it can 

act on rapidly on suborbital timescales (exchange times with the atmosphere of ~2 GtC/yr, 

(IPCC, 2014a; Lead, 2007)). Identifying changes in the patterns of ocean circulation and ocean 

carbon storage are therefore critical to our understanding of the Earth’s carbon system that 

includes the atmospheric concentration of CO2.  

 

A key part of the global ocean circulation is Atlantic Meridional Ocean Circulation (AMOC). 

Current research aims to to understand the role of the Atlantic (and North Atlantic in particular) 

in the response and control of climate and weather systems (Duchez et al., 2014). During the 

large climatic shifts occurring within the Plio-Pleistocene it is likely that AMOC has had a role 

to play. In particular the North Atlantic is of pertinent interest because it is deep water formation 

via sinking in the high latitudes  (and especially in the North Atlantic basin), which is 

considered to help drive and sustain the whole ocean conveyer (Broecker et al. 1982). As a 

relatively tightly confined ocean basin, the North Atlantic is susceptible to changes on land 

surrounding it, and this is key during the ice ages of the Plio-Pleistocene, where large (un)stable 

ice sheets surround the sites of deep water formation (DWF) (Duplessy et al., 1988).   

 

Past changes to oceanic circulation affecting the North Atlantic therefore not only have 

localised impact, but also a global propagation. Sediment archives are abundant in the North 

Atlantic, allowing us an unprecedented to glimpse at the state of this basin back throughout the 

Cenozoic, but especially over the last few million years.  We can then identify the changes in 

ocean physics and chemistry accompanying Plio-Pleistocene cooling.  
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Perhaps the proxy that has thus far shed the most light on past oceanic circulation is the carbon 

isotope composition of benthic foraminifera (!13Cb).  Although carbon isotopes are a proxy for 

many independent variables, they are useful as water mass tracers because of a number of 

factors affecting the !13C content of ocean water masses and of their source regions. For 

instance, a decrease in !13C can be caused by the ageing of a water mass due to the addition of 

respired 12C-enriched organic material. Indeed, the !13C of a water mass is negatively correlated 

with its nutrient content (Broecker et al., 1982). In the surface water isotopically light carbon is 

preferentially removed by life (it is kinetically favoured) driving the !13C isotopically heavy. 

Thus, localised increases in productivity (e.g. blooms, areas of high primary productivity) drive 

water masses toward heavy !13C values, but as organic matter sinks and remineralises the light 

carbon is released below the mixed layer. These processes usually give older water masses a 

lighter, negative !13C signature that becomes lighter with time and distance from the polar deep 

water formation sites as it accrues nutrients and more 13C depleted carbon. 

  

Although commonly accepted that the primary driver of !13C in ocean water masses is the 

biological pump and water mass transport history, the air-sea gas exchange at areas of deep 

water formation cannot be ignored, as it is this signature that is imprinted on during transport. 

The equilibrium isotopic fractionation between oceanic and atmospheric carbon increases with 

decreasing temperature, due to the temperature dependence of partitioning with HCO3
- and 

CO3
2- (~90% and ~10% of ocean inorganic carbon respectively). Light !13C values are 

associated with sea ice coverage and brine rejection, and are likely to form in shallow polar 

areas close to continental margins, but could also represent a significant deep water formation 

mechanism during glacial maxima (Thornalley et al., 2010). The systematics of this depletion of 

the light isotope are poorly understood but may be a combination of: in situ remineralisation 

without atmospheric communication, methane addition to the water column, or previously 

depleted melt water sources entering beneath ice cover. 
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Figure 1.3: Carbon cycle 

A schematic diagram of the ocean-atmosphere carbon cycle. !13C of the reservoirs is shown in 

black, and their estimated storage capacity in green (Pg, 1015g). The key differences between 

northern and southern sourced water masses in their !13C compositions is driven by their 

different circulation patterns. (Falkowski et al., 2000; Lead, 2007; Milkov, 2005; Schlesinger 

and Andrews, 2000). *methane hydrate budget estimates from 100-100,000, with a likely range 

of 1,000-5,000. Water masses: NADW – North Atlantic Deep Water, AAIW – Antarctic 

Intermediate Water, AABW – Antarctic Bottom Water.  

 

 

Stable carbon isotopes are therefore a useful tool as a semi-conservative water mass tracer to 

identify waters of different ages or from different transport pathways preserved in benthic 

foraminiferal calcite. In general, modern southern sourced water (SSW) has a light !13C due to 

its higher nutrient content. This interpretation must be handled with care, however, as the ocean 

carbon system is complex and fraught with ambiguities, due to the many interconnecting 

variables of the carbon system that affect !13C.  

 

Extensive compilations of benthic foraminiferal !13C from geographically diverse locations 

have allowed a reconstruction of water masses within the North Atlantic (Curry and Oppo, 

2005) and other basins during the last glacial maximum (Herguera et al., 2010; see Figure 1.4). 
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It is clear from these compilations that dramatic changes in the patterns of ocean circulation 

accompanied the glacial-interglacial cycles. In particular, during the last glacial maximum !13C 

depleted water filled the abyss in both the Atlantic and Pacific oceans.   

 

 

Figure 1.4: Modern and glacial circulation 

Changes to !13C reconstructed circulation in the Atlantic (right) and Pacific (left) basins in the 

modern (top) and last glacial maximum (LGM, bottom). Both basins show the expansion of low 

!13C water during the LGM, implying a fundamental change in circulation. (Curry and Oppo, 

2005; Herguera et al., 2010). 

 

 

Longer term records of benthic !13C from individual sites in key locations indicate that this 

pattern is a relatively recent phenomenon (Hodell and Venz-Curtis, 2006) with water column 

stratification in the Atlantic (insufficient data exists for the Pacific) accompanying the 

intensification of Northern hemisphere glaciations (~2.6 Ma), whereas !13C stratification in the 

North Atlantic did not develop until the MPT (0.8-1.2Ma) (Lisiecki, 2014). 

 

from (Kroopnick, 1985) for the Atlantic (Fig. 8b). The lower panels of
this !gure show a reconstruction for the LGM Atlantic using data
reported by (Curry and Oppo, 2005) (Fig. 8d), and for the Eastern
Paci!c we used values reported by (Zahn et al.,1991; Mix et al., 1999;
Andreasen et al., 2000); Equatorial Paci!c (Curry et al., 1988; Boyle
and Keigwin, 1986; Oppo and Fairbanks, 1987; Mix et al., 1991,
1995a,b; Herguera et al., 1992) and the South Paci!c (Matsumoto
and Lynch-Stieglitz, 1999; Bostock et al., 2004; Pahnke and Zahn,
2005) (Fig. 8c). Reconstructed LGM d13CPCO2 values for the Paci!c
transect were derived by addition of the Dd13C difference between
LGM and LH reported either from Cibicidoides wüllerstor! or Planu-
lina spp., to the present d13CPCO2 values (Table 5).

Several observations emerge from this reconstruction, (i) the
deepening of d13C depleted, most likely oxygen-poor and carbon
rich waters, in both the Atlantic and the Paci!c during the LGM, and
(ii) the persistence of the inter-oceanic asymmetry in the carbon
isotopic values with more depleted values in the North Paci!c,
(iii) the southern spreading of isotopically light carbon at depths
between 2000 and 3000 m from the North Paci!c and mixing with
relatively more enriched waters in the South Paci!c. In today's
ocean the most d13C depleted waters are found in the Northern
Paci!c at intermediate depths between 400 and 1200 m coinciding
with the oxygen minimum zone. This characteristic pattern is
explained as a consequence of the present ocean circulation, where
wind driven forcing in the southern high latitudes drives upwelling
of Circumpolar Deep Waters (CDW) rich in nutrients and dissolved
inorganic carbon (DIC) to the south of the Antarctic Polar Front
(Toggweiler and Samuels, 1995). A fraction of this water moves
northwards in the surface Ekman layer and is downwelled as AAIW
and SAMW, while another fraction is advected to the south and
subducted as Antarctic Bottom Waters (AABW). A relatively high

proportion of unused nutrients in the surface waters of the
Southern Ocean, where SAMW forms, are further spread northward
into the Atlantic and Paci!c and constitute the main source of
nutrients for themain thermoclinewhich in turn feeds and sustains
biological productivity and export production in the low latitude
upwelling regions (Toggweiler et al., 1991). The ensuing reminer-
alization of the organic carbon further enriches these waters with
nutrients, isotopically light carbon and depletes them of oxygen on
their path through the oceans interior. Recent results show there is
an additional return path in the NW Paci!c, where enhanced
vertical mixing, probably driven by tides, brings abyssal carbon-
and nutrient-rich waters to the surface and feeds them to the North
Paci!c thermocline (Sarmiento et al., 2004) further enriching it
with nutrients and carbon.

During the LGM the abyssal North Paci!c was bathed by the
ocean's most depleted d13C waters (Fig. 8c), suggesting a basin
accumulation of remineralized carbon, in contrast to intermediate
waters that are relatively heavier implying a greater northward
penetration of AAIW and of SAMW than in the modern ocean. This
enrichment was probably aided by enhanced ventilation of North
Paci!c intermediate depths, though a stronger strati!cation
between intermediate and deep waters would have lessened deep
vertical mixing. Paleoceanographic data support the idea of a more
strati!ed ocean interior during the LGM (Adkins et al., 2002)
implying a slower deep Paci!c circulation. Recent results based on
surface-to deep gradient of d14C, an index of ventilation, indicate
a strongly isolated deep North Paci!c watermasses (Galbraith et al.,
2007) in contrast to the better ventilated intermediate North Paci!c
waters during the LGM (Kennett and Ingram, 1995; Marchitto et al.,
2007; Stott et al., 2009). These observations are consistent with
a relatively vigorous intermediate water circulation, and suggest

Fig. 8. Modern ocean distribution patterns of d13CDIC between the western North Atlantic and the Eastern North Paci!c on a two dimensional transect using WOCE lines P18
(Lamb et al., 1997) and P17 (Key et al., 2004) for the Paci!c (Fig. 7a) and (Kroopnick, 1985) for the Atlantic (Fig. 7b). The lower panels of this !gure show a reconstruction for the LGM
Atlantic using data reported by (Curry and Oppo, 2005) (Fig. 7d),. For the North Eastern Paci!c we used values reported by (Zahn et al., 1991; Mix et al., 1999; Andreasen et al., 2000);
Equatorial Paci!c (Curry et al., 1988; Boyle and Keigwin, 1986; Oppo and Fairbanks, 1987; Mix et al., 1991, 1995a,b; Herguera et al., 1992); the western South Paci!c (Matsumoto and
Lynch-Stieglitz, 1999; Bostock et al., 2004; Pahnke and Zahn, 2005) (Fig. 7c). Reconstructed LGM d13CDIC values for the Paci!c transect were derived by addition of the Dd13C
difference between LGM and LH reported either from Cibicidoides wüllerstor! or Planulina spp., to the present d13CP

CO2 values (Table 5).

J.C. Herguera et al. / Quaternary Science Reviews 29 (2010) 1228e1245 1239
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1.3.3 Plio-Pleistocene deep ocean temperature and sea level 

The oscillating and secular dynamics of climate are visible throughout the last 3 million years in 

the compilation of benthic oxygen isotopes (Figure 1.1), and valuable insight into the nature of 

Plio-Pleistocene climate change can be gained from compilations of benthic !18O (Lisiecki and 

Raymo, 2005; Mudelsee and Schulz, 1997; Raymo et al., 2006). Specific proxy datasets 

however can give more information on the specific nature of the ocean system through time. 

Because oxygen isotopes represent a combined signal of temperature and ice volume, one key 

parameter to deconvolve is the effect of temperature, which would allow sea level to be 

reconstructed. Oxygen isotopes reflect the temperature at which benthic foraminifera grew and 

the oxygen isotope composition of seawater (Shackleton, 1967). Locally, this provides a relative 

temperature proxy as the !18O of seawater should be roughly constant for deep ocean sites in the 

same basin due to the relatively short mixing time of the oceans. Globally, !18O records can be 

stacked (e.g. Lisiecki and Raymo, 2005) giving a record of combined global ice volume and 

deep water (or DWF site) temperature. Without the temperature component !18O is a function of 

ice volume (or more directly the fraction of 16O stored on land as ice) and salinity (which is a 

minor control on large reservoir of deep ocean !18O).  Recent attempts to deconvolve the 

temperature and ice volume components of the !18O signal focus on the Mg/Ca composition of 

benthic foraminifera, an independent temperature proxy (Burton and Walter, 1991; Tisserand et 

al., 2013).  A recent study (Elderfield et al., 2012) has used the Mg/Ca composition of benthic 

foraminifera living below the sediment water interface on the Mg/Ca of benthic foraminifera; 

(Elderfield et al., 2006)) to assess the deep water temperature component of !18O and thus back 

calculate sea level (Figure 1.5).  

The use of infaunal species is thought to remove some of the complication from changing 

carbonate ion on Mg/Ca ratios. By living below the sediment the calcification environment of 

infaunal taxa is less sensitive to changing bottom water conditions, important as the effects of 

changing carbonate ion are still unknown in full and may vary between species and locations 

(Elderfield et al., 2006, Tisserand et al., 2013).  

These estimates reveal a relatively constant interglacial ice volume minimum but with a stepped 

increase in glacial ice volume at the Mid Pleistocene Transition and much more extensive 

glacial ice sheets/caps associated with the change in G-IG cycle frequency.  
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Figure 1.5: Sea level and deep temperature change in the Pleistocene 

Combined oxygen and Mg/Ca ocean temperature data show that, over the MPT – to provide 

more intense G-IG change ice volume changes must occur (Elderfield et al., 2012). A: Age 

model, showing oxygen isotopes from ODP 1123 overlain on the LR04 stack, blue line shows a 

Gaussian smoothing. B: Ice temperature (!D, deuterium) changes are traditionally associated 

with changes in ocean temperature and CO2 (DeConto and Pollard, 2003; Lunt et al., 2012), all 

orbitally paced on 41kyr and 100kyr cycles, green = Mg/Ca data, red =smoothed data 

(Gaussian, 5 kyr). Interglacial intervals are notated by shading in figure B.  

 

 

This view of ice sheet and sea level (SL) evolution has recently been confirmed by an 

independent technique based on the !18O of surface dwelling foraminifera from the 

Mediterranean combined with a model of water exchange through the Gibraltar straits that is SL 

dependent (Rohling et al., 2014). This Mediterranean record is near continuous for the last 5 

million years (when the Messinian crisis desiccated the basin) revealing a gradual increase in G-

IG magnitude for around the last 3.5 million years  (Figure 1.6). Deep sea temperature 

recalculated from this novel sea level record presents new constraints related to the timing of 

deep sea temperature change. Rohling et al. (2014) show major deep sea cooling precedes the 

onset of large northern hemisphere ice sheets by >0.5 Myrs at MIS G6, this is unintuitive 

because it is difficult to reconcile climatically. This is coincident with the prevalent appearance 

of ice rafted debris in the North Atlantic and implies minor ice sheet presence before the 

increase in ice volume at MIS 82 (Bailey et al., 2013; Rohling et al., 2014). Continued 

-14.9

-11.5

-8.02

-4.58

-1.12

2.32

5.77

-1.75

-0.77

0.017

1.12

2.07

3.01

D Temperature ODP GintODP 1123

3

D
 T

em
pe

ra
tu

re
 (°

C
)

M
g/

C
a 

Te
m

pe
ra

tu
re

  (
°C

)I

i

G

27

2.5

3.5

4.5

5.5

ODP 1123

0 200 400 600 800 1000 1200 1400

2.5

3.5

4.5

5.5

1123 Gint LR04

18
O

ca
lc

ite
 (‰

)

1

3

5 7 9 11 13 15 17 19 21

23

25 29 31

45

47
4943

4139

3735

33

A

B



Chapter 1: Introduction 

 12 

unpicking of these two parameters is one of the key unresolved problems in climate dynamics, 

as it has direct consequences for the stability of ice sheets and the respective sea level.  

 

 

Figure 1.6: Sea level and deep temperature change to the Pliocene) 

(Rohling et al., 2014) Deconvolved deep-sea temperature and ice volume (shown here by !18Ow) 

for the last 5.3 million years. The reconstruction is from modelled seawater exchange with the 

Mediterranean through the restricted Gibraltar Straits, allowing the salinity component of !18O 

to become resolvable and converted to sea level above the entrance sill. First major deep sea 

cooling is at ~2,750 ka and the first large sea level drop (ice sheet formation) at ~2,250 ka. 

Separating the two parameters is crucial for past climate sensitivity through the feedback of ice 

albedo and for future sea level prediction from ice sheet stability.  

 

To date, the two techniques above show the greatest promise for the reconstruction of Plio-

Pleistocene sea level. For the most recent glacial cycles, high and low sea level stands can be 

calculated with direct physical evidence of coral atolls and sediment facies on shorelines (e.g. 

Thomas et al., (2009)).  Corals are limited to the most recent cycles, however, as each G-IG 

highstand overprints on the last. Back-stripping of sedimentary facies, where sediment 

subsidence is recalculated to provide palaeo-depositional environments, is another method used 

in the Pliocene (Miller et al., 2012). Back-stripping records are susceptible to geodynamic 

models and key assumptions of depositional environments, though this proxy shows general 

agreement with other proxy-data through the Pliocene. Sedimentology studies using 
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depositional environmental models near ice margins are now being used to inform ice sheet 

presence, providing key physical constraints on the environment of the polar regions (Naish et 

al., 2009). While these proxies are still being validated, they provide fundamental measures 

independent from !18O and act as a physical constraint for geochemical proxy data. 

 

1.4 The ocean carbonate system  

The ocean carbonate system is characterised by 6 co-dependent variables: [CO2], [H+] (or pH), 

[HCO3
-], [CO3

2-], DIC (dissolved inorganic carbon) and TA (total alkalinity). These can be 

related by four equations that describe the relevant carbonate reactions in the ocean. Therefore, 

knowing any two of these parameters gives the means to calculate the other four. The 

relationships are shown below: 

 

 

Figure 1.7: Bejerrum plot of the carbonate system 

Carbonate system Bjerrum plot. A graphical representation of equilibrium relationships. With a 

DIC= 2.1mmol/kg, S=35 and T=25˚C. The values of pK!*=5.86 and pK"*=8.92 for carbonic 

acid are shown. Modified from Zeebe and Wolfe-Gladrow, 2001. 
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Dissolved inorganic carbon,  

Equation 1:1: DIC  ! !"! ! ! !"! ! ! !"#!! ! !"!!!  

 

Total alkalinity,  

Equation 1:2:  

TA = !"#!! ! ! !"!!! ! !!"!! !! ! !!!! ! !!!!"!!!! !!"#$%!!"#$"%&%'(  

 

where, 

pH = #log[H+] 

 

These six variables can be fully described by the following four equations: 

Equation 1:3. ! !"! ! !!"# ! ! !!!
!!!! !

!!!!!!
!!!!!  

Equation 1:4.! !"#!! ! !!"# ! ! !!!!
!!!

! !!!
!!!!  

Equation 1:5.! !"!!! ! !!"# ! ! !!!!
!!!

! !!!!!
!!!!!!

 

Equation 1:6. !" ! !"!!!"#$%&"'(!!"#!"$%$&'! ! !"#!! ! !!!"!!!! 

 

where K1
* and K2

* are the first and second dissociation constants of CO2 in seawater: 

!!!! ! ! !
! !!"#!!!
!!!!!

 and !!!! ! ! !!"!
!!! !!

!!"!!!!
 

 

Graphically, these relationships are shown in Figure 1.7 
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1.4.1 Boron isotopes and the carbonate system 

 

 

Figure 1.8: Boron isotopic ratios 

Boron isotopic composition of marine reservoirs (relative to NBS SRM 951 boric acid 

standard). Inorganic fractionation is clear from the large spread of values. Marine carbonates 

form over a large spread of environments and pH ranges, evidenced by their large set of 

potential compositions. Modified from Zeebe and Wolfe-Gladrow 2001. 

 

 

In the oceans boron is present in two major forms; boric acid B(OH)3 and borate ion B(OH)4
#. 

The relative proportions of these two compounds is dependent on pH, one of the six parameters 

(Equation 1:7) which make up the carbonate system (Dickson, 1990).  

 

Equation 1:7: !!!"!! ! !!!! ! !!!"!!! ! !!! 

Continental Detritus

Pelagic Clay

Altered Basalts

Mid-Ocean Ridge Basalts

Biogenic Silica

Marine Carbonates

Sea Water

!""B(‰)

-20 -10 403020100 50

-20 -10 403020100 50

Figure X: Boron isotopic composition of some compounds (relative to
 NBS SRM 951 boric acid standard). 
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According to Le Chatelier’s principle, as more H+ ions are available the equilibrium will shift 

and more boric acid will be formed. An isotopic fractionation between the two stable isotopes of 

boron-11 (~80% abundance) and boron-10 (~20%) is also associated with this equilibrium as 

the bond strengths between boron and the hydroxyl ion in boric acid and the borate ion differ. 
11B concentrates in the more strongly bonded boric acid giving it a higher !11B than the borate 

ion by ~27‰ (Klochko et al., 2006). The standard per mil notation is used (!11B) and relative to 

a standard (commonly NBS SRM 951). 

 

Equation 1:8: 

!!!!! ! ! !!! !!!"#$%&!" ! ! !!! !!!"#$%#&%!"

! !!! !!!"#$%#&%!" !!"""! 

 

Boron is well mixed in the oceans with a residence time of 10-20 Myr (Lemarchand et al., 2000) 

and an invariant !11B of 39.61‰ (Foster et al., 2010b). Because there is an isotopic fractionation 

between the two aqueous species of boron, and their abundance changes with pH, their isotopic 

composition is a pH dependent. 

 

The basis of the boron isotope – pH proxy is that due to the borate ion being tetrahedral and 

charged, it can easily be substituted into CaCO3 whereas the trigonal boric acid cannot 

(Figure1.9A) (Hemming et al., 1995). Therefore, the isotopic composition of the CaCO3 is 

related to pH: 

Equation 1:9: 

!" ! !!!! ! !"# ! !!!!!" ! !!!!!"!#!
!!!!!" ! !! ! !!!!!"!#! ! !""" ! !!! ! !!

 

The variables required for this equation are well constrained through observation or theory:  

pKB
*= 8.597 at 25°C (Dickson, 1990) 

!11BSW = 39.61‰ (Foster et al., 2010b) 

$B= 1.0272 ± 0.0006 (Klochko et al., 2006) 
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Figure 1.9: Boron isotope datasheet 

Panel A: the structure and coordination of boric acid and borate ion, the borate ion is 

tetrahedral and charged, boric acid is trigonal and uncharged. Panel B: The proportion (top) 

and isotopic ratios (bottom) of the two boron-bearing compounds. Each compound tends 

toward the composition of seawater as it reaches great concentrations. Boric acid is more 

stable in acidic conditions. Modified from (Rae et al., 2011). Panel C: pH reconstructed from 

benthic foraminifera (on the line) and local sea water, as there is no offset a calibration is not 

required. Planktic foraminifera lie off the theoretical line and thus require a calibration (pink 

and purple data). Panel D: Inputs and outputs into the !11B-pH proxy.  

 

 

See section 1.5.2.2 and Appendix G for further applicability of the boron isotope proxy.  

 

1.4.2 B/Ca proxy in benthic foraminifera 

The benthic B/Ca ratio in benthic foraminifera is another proxy with the potential to add to our 

understanding of the carbonate system. Working under similar chemical theory to the !11B 

proxy, the amount of B(OH)4
- available to substitute for CO3

2- ions (coupled substitution) is 

controlled by pH. In benthic foraminifera B/Ca empirically correlates to "CO3
2- (where "CO3

2- 

is the difference between saturation and carbonate concentrations see Equation 1:10) most 

strongly (Yu and Elderfield, 2007). B/Ca is linked to [CO3
2-], via "CO3

2- using the species 

specific calibrations (Yu and Elderfield, 2007):  

 

Equation 1:10: !!!!!!!!"#$ ! !!!!!!!!! ! !!!!!!!!"# 

 

Where: ! !!!!! ! ! !"!!""!!!
!!!"  as per the calibration of Yu and Elderfield 2007 for Cibicidoides 

wuellerstorfi. 
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[CO3
2-]sat  =

!!!"!!!! ! , where % is the saturation state of CaCO3 and can be calculated for each 

locality and matched to data from the core top (and the modern hydrographic conditions).  

 

Figure 1.10: B/Ca – [CO3
2-] calibration 

(Yu and Elderfield, 2007) Calibration of 4 species of benthic foraminifera to sea water 

! !!!!! . Cibicidoides wuellerstorfi has a global core top calibration and a high sensitivity 

(slope) to ! !!!!!  as well as high B/Ca aiding analysis. The calibration uncertainty for this 

foraminifera is ±10 µmol/mol. 

 

Although the former is a purely empirical proxy, where both B/Ca and !11B have been measured 

in the same benthic foraminifera they tend to agree well, confirming the validity of both proxy 

systems (Yu et al., 2010b).  

B incorporation into benthic foraminifera is different than
into planktonic foraminifera [40] and KD into benthic
foraminifera is affected by a combination of factors.

5. An empirical approach

Aswewere unable to describe the variability in benthic
foraminiferal B/Ca through the quantification of KD, we

considered empirical relationships between B/Ca and
deep water carbonate system variables. It might be
intuitive to link B/Ca with deepwater pH because the
proportion to the [B]total of B(OH)4

!, the species though to
be incorporated into CaCO3 [36], increases with increas-
ing seawater pH (Fig. 2a). B/Ca ratios of samples from the
Norwegian Sea and Atlantic Ocean do decrease with
decreasing deep water pH (Figs. 4a, e and 5c). However,
this co-variation is not observed in the Indo-Pacific
Oceans because B/Ca ratios decrease with increasing
water depth whereas bottom water pH remains roughly
constant. This indicates only a partial effect of seawater
pH on benthic B/Ca. Through changing seawater
[HCO3

!], DIC affects seawater [B(OH)4
!]/[HCO3

!]
(Fig. 2b) and hence perhaps foraminiferal B/Ca. Fig. 5d
suggests that benthic B/Ca is only partially influenced by
DIC because C. wuellerstorfi B/Ca from the Pacific
Ocean increases with DIC, different from the trend
defined by samples fromother oceans. Therefore, it is also
inappropriate to straightly link benthic B/Ca with DIC.

Previous core-top studies have shown that concen-
trations of a number of trace metals (e.g., Mg [31,42],
Zn [41], Cd [17], and Li [43]) in benthic foraminifera
decrease with decreasing seawater carbonate saturation
state. Fig. 4a and f show a striking similarity in the
distribution of B/Ca and ![CO3

2!], both of which
decrease linearly with increasing water depth and with
lower values in the Indo-Pacific Oceans than the
Norwegian Sea and Atlantic Ocean. When B/Ca ratios
are plotted against deep water ![CO3

2!], B/Ca ratios in
four taxa of benthic foraminifera show significant and
coherent correlations with deep water ![CO3

2!]. The
data can be fitted using simple linear regressions (Fig. 6a
and Table 2). The sensitivities of ![CO3

2!] on B/Ca are
1.14±0.048 and 0.69±0.072 "mol/mol per "mol/kg for
C. wuellerstorfi and C. mundulus, respectively. It
appears that the sensitivities are sustained at high
![CO3

2!] ranges (Fig. 6a), providing the potential to
reconstruct ![CO3

2!] values of waters above the

Table 2
Correlations between bottom water ![CO3

2!] and B/Ca ratios
measured in four benthic species from Holocene sediments

Species A B R2 P-value Na

C. wuellerstorfi 1.14±0.048 177.1±1.41 0.86 b0.0001 95(3)
C. mundulus 0.69±0.072 119.1±2.62 0.76 b0.0001 31(1)
Uvigerina spp. 0.27±0.076 19.4±2.99 0.58 0.0063 11
H. elegans 0.51±0.179 42.4±3.12 0.73 0.0653 5(1)

All species are fitted to the form of B/Ca=A!![CO3
2!]+B using the

least square linear regression.
aNumber in parentheses indicates samples possibly contaminated and
not included in the regression analysis.

Fig. 6. (a) Bottom water ![CO3
2!] vs. B/Ca ratios in four benthic

species from Holocene sediments globally. (b) Foraminiferal ![CO3
2!]

calculated from B/Ca using correlations shown in (a) vs. bottom water
![CO3

2!] estimated from the GLODAP dataset [25]. Only values
estimated from C. wuellerstorfi and C. mundulus are shown in (b).
Solid lines in (a) represent linear fits for different species. In (b), the
1:1 line (solid) and the ±10 "mol/kg uncertainty envelope (dashed
lines) are shown.

80 J. Yu, H. Elderfield / Earth and Planetary Science Letters 258 (2007) 73–86
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Figure 1.11: !11B and B/Ca comparison 

Cross-plots of !11B derived pH and B/Ca derived pH, (using an assumed second carbonate 

parameter of constant alkalinity to solve the carbonate system equations) and !11B derived 

[CO3
2-] against B/Ca derived [CO3

2-] (same assumption as above), the relationship in both 

cases is strong underlying the codependency of the carbonate system.  

 

Combining B/Ca- [CO3
2-] with boron isotopes to provide pH allows a full parameterisation of 

the whole ocean carbonate system (two variables are known).  However, as explored in Chapter 

3: and Appendix D, the uncertainties in the two proxy estimates tend to propagate into highly 

uncertain estimates of the master variables TA and DIC (e.g. (Rae et al., 2011; Yu et al., 2010b) 

reconstructed TA has uncertainty of  > ± 200 µmol/kg).  
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1.5 The problems of generating CO2 records 

Carbon dioxide is an important part of the Earth’s climate system, and thus to fully understand 

the climatic evolution of the Earth in the past we must have some knowledge of this important 

parameter.  

 

For many years, the most widely cited CO2 proxy has been the ancient atmosphere trapped in 

ice cores (see Figure 1.2). It is believed that once ‘locked in’ the CO2 composition of any gases 

trapped within the ice will not be altered. Thus, ice of a known age can be cored, the gas 

extracted, and past CO2 reconstructed (Ahn and Brook, 2008, 2014; Jouzel et al., 1996; Lüthi et 

al., 2008; Petit et al., 1999; Siegenthaler et al., 2005). The temporal resolution of these records 

is variable, and dependent on the precipitation rate (as the depth controls how quickly the ice 

seals). The highest resolution records come from areas of rapid accumulation but these are not 

those with the greatest historical extent (e.g. GRIP in Greenland). The oldest ice records 

currently known (Dome C in East Antarctica) which are of lower temporal resolution, but have 

recovered ice back to 800 kyrs. For older ages another, more indirect approach is required. 

 

For the Plio-Pleistocene, millions of years before the oldest ice core data, CO2 has most 

commonly been reconstructed using alkenone and boron isotope proxies (Badger et al., 2013; 

Bartoli et al., 2011; Foster, 2008; Hönisch and Hemming, 2005; Hönisch et al., 2009; Martinez-

Boti, Foster, Chalk et al., (accepted); Pagani, 2002; Pagani et al., 2011; Pearson and Palmer, 

2000; Seki et al., 2010; Zhang et al., 2013). However, from the data collated in Figure 1.12, it is 

clear there is still a large spread in CO2 values for the Pliocene (250-500 ppm, greater than 

glacial-interglacial change in the Pleistocene). Although a large amount of data now exists, even 

the broad-scale structure of the secular evolution of carbon dioxide from the different records 

varies wildly.  With improved proxy understanding and new methodology, however, the last 

couple of years have seen a more consistent pattern emerging across the Plio-Pleistocene 

(Foster, 2008; Martinez-Boti, Foster, Chalk et al., (accepted); Zhang et al., 2013). Despite this, 

new CO2 records of high confidence and resolution are required to reinforce this conclusion and 

populate the remainder of the Plio-Pleistocene to truly understand the nature of the long-term 

cooling trend. It is also crucial to our understanding of Earth System Sensitivity (ESS, whole 

climate sensitivity including all feedbacks) and Equilibrium Climate Sensitivity (ECS, the 

equilibrium temperature change for CO2 and fast feedbacks (Rohling et al., 2013)) that 

creditable records exist for these most recent intervals of major global change.   
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Figure 1.12: CO2 estimates for the Cenozoic 

Estimates of CO2 throughout the Cenozoic from a host of different proxies 

(alkenones/phytoplankton, boron, palaeosols, stomata, algal, and chemical, e.g. Nahcolite) with 

associated uncertainty. The middle Pliocene warm period (3-3.3 Ma, top panel cut-out) is 

characterised by a large spread of data from 200-450 ppm, using all methods together fine 

detail is difficult to pick out but the broad pattern is of an early Cenozoic of high CO2 levels and 
395
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Figure 5.2 |  (Top) Orbital-scale Earth system responses to radiative forcings and perturbations from 3.5 Ma to present. Reconstructed dust mass accumulation rate is from the 
Atlantic sector of the Southern Ocean (red) (Martinez-Garcia et al., 2011). Sea level curve (blue) is the stacked 18O proxy for ice volume and ocean temperature (Lisiecki and Raymo, 
2005) calibrated to global average eustatic sea level (Naish and Wilson, 2009; Miller et al., 2012a). Also shown are global eustatic sea level reconstructions for the last 500 kyr 
based on sea level calibration of the 18O curve using dated coral shorelines (green line; Waelbroeck et al., 2002) and the Red Sea isotopic reconstruction (red line; Rohling et al., 
2009). Weighted mean estimates (2 standard deviation uncertainty) for far-field reconstructions of eustatic peaks are shown for mid-Pliocene interglacials (red dots; Miller et al., 
2012a). The dashed horizontal line represents present-day sea level. Tropical sea surface temperature (black line) based on a stack of four alkenone-based sea surface temperature 
reconstructions (Herbert et al., 2010). Atmospheric carbon dioxide (CO2) measured from Antarctic ice cores (green line, Petit et al., 1999; Siegenthaler et al., 2005; Lüthi et al., 2008), 
and estimates of CO2 from boron isotopes ( 11B) in foraminifera in marine sediments (blue triangles; Hönisch et al., 2009; Seki et al., 2010; Bartoli et al., 2011), and phytoplankton 
alkenone-derived carbon isotope proxies (red diamonds; Pagani et al., 2010; Seki et al., 2010), plotted with 2 standard deviation uncertainty. Present (2012) and pre-industrial CO2 
concentrations are indicated with long-dashed and short-dashed grey lines, respectively. (Bottom) Concentration of atmospheric CO2 for the last 65 Ma is reconstructed from marine 
and terrestrial proxies (Cerling, 1992; Freeman and Hayes, 1992; Koch et al., 1992; Stott, 1992; van der Burgh et al., 1993; Sinha and Stott, 1994; Kürschner, 1996; McElwain, 1998; 
Ekart et al., 1999; Pagani et al., 1999a, 1999b, 2005a, 2005b, 2010, 2011; Kürschner et al., 2001, 2008; Royer et al., 2001a, 2001b; Beerling et al., 2002, 2009; Beerling and Royer, 
2002; Nordt et al., 2002; Greenwood et al., 2003; Royer, 2003; Lowenstein and Demicco, 2006; Fletcher et al., 2008; Pearson et al., 2009; Retallack, 2009b, 2009a; Tripati et al., 
2009;Seki et al., 2010; Smith et al., 2010; Bartoli et al., 2011; Doria et al., 2011; Foster et al., 2012). Individual proxy methods are colour-coded (see also Table A5.1). The light blue 
shading is a 1-standard deviation uncertainty band constructed using block bootstrap resampling (Mudelsee et al., 2012) for a kernel regression through all the data points with a 
bandwidth of 8 Myr prior to 30 Ma, and 1 Myr from 30 Ma to present. Most of the data points for CO2 proxies are based on duplicate and multiple analyses. The red box labelled 
MPWP represents the mid-Pliocene Warm Period (3.3 to 3.0 Ma; Table 5.1).
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subsequent decline. (IPCC, 2014a) The blue shaded region represents the spread of values 

estimated at 95% confidence. 

The current favoured mechanism for the major event of the cooling trend, the intensification of 

NHG, is a CO2 decrease between the M2 isotope stage (~3.3 Ma) but before the first appearance 

of IRD in the North Atlantic (Lunt et al., 2008; Bailey et al., 2013). Although the role of CO2 in 

the interval between this decline and the start of ‘Pleistocene style’ glaciations at ~2550 ka and 

the subsequent onset of deep asymmetrical glaciations after the MPT at ~900-1200 ka (see 

Figure 1.1) remains uncertain. There are a number of proxy systems available for CO2 

reconstruction beyond the ice cores, though due to competing mechanisms and variable 

confidence the full ensemble is of limited use.  In order to better understand the potential causes 

of the discrepancies highlighted in Figure 1.12 it is instructive to review the basis of each of 

these proxy systems that can be divided into (1.5.1) the terrestrial proxies and (1.5.2) the marine 

proxies.  

1.5.1 Terrestrial CO2 proxies 

Terrestrial proxies have a long geological reach, but due to the incomplete nature of the 

terrestrial geological record they are often hard to date and rarely provide continuous records 

due to poor preservation. The most widely used methods for the reconstruction of CO2 are: (i) 

fossil leaf stomata, (ii) pedogenic carbonates and (iii) sodium (Na) carbonates in fresh water 

lakes. By far the largest problem with terrestrial proxy data is the imprecision associated with 

dating and orbital tuning is rarely afforded. Each of these proxies has specific issues which 

complicate their use:  

• Fossil leaf stomatal density is a function of the availability of CO2 in the atmosphere as 

plants must strike a balance between efficient gas exchange with effective moisture loss 

through stomata. To calculate CO2 species-specific calibrations are required, which is of 

course impossible for extinct flora, and a best guess must be made.  A knowledge of the 

altitude of their formation is also required (as they respond to pCO2 µatm rather than 

concentration in ppm (Rundgren and Beerling (1999)) (Franks et al., 2014), and 

disequilibrium effects due to elevated pCO2 within forest canopies also needs to be 

taken into account.  

• Pedogenic carbonates (palaeosols) are insensitive to changes of CO2 below ~1000ppm 

(e.g. modern values 430±770 ppm (Ekart et al., 1999)), and form over extended periods 

in high CO2 regimes.  The mechanism is based upon a partitioning of the !13C of the 

carbonate between soil derived !13C and atmospheric derived !13C, which changes 

under different CO2 concentrations. However they are particularly sensitive to the 
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impact of diagenesis (Quast et al., 2006). The oldest soil carbonates are found in the 

Devonian, making this the method of choice for the early parts of the Phanerozoic.  

• The presence of Na carbonates such as Nahcolite which precipitates from freshwater 

lakes gives direct thermodynamic control on the CO2 content of the atmosphere. This 

phase of Na2CO3 can only exist at temperatures and pressures found on the surface of 

the Earth if CO2 is above 1125 ppm, giving a superb constraint on CO2 (Lowenstein and 

Demicco, 2006) (Figure 1.13). 

 

 

Figure 1.13: Nahcolite phase diagram 

A: Phase diagram for the stability of Nahcolite in Earth-like conditions and different CO2 

concentrations. B: The presence of Nahcolite in the Eocene and Trona in the Miocene (red bars, 

indicating respective low and high CO2 possibilities) to modern shows CO2 levels must have 

declined since then. It is general agreement with other CO2 estimates for the Cenozoic and 

provides a vital chemical constraint. (Lowenstein and Demicco, 2006)  

 

1.5.2 Marine CO2 proxies 

Marine proxies have the advantage over their terrestrial counterparts by presenting the 

opportunity of near continuous and high-resolution CO2 records, which are relatively easy to 

date and correlate to other climate records. Due to the distribution of available deep ocean 

sediments, a result of the destruction of oceanic crust through plate tectonics, they are largely 

limited to the Cenozoic. The two most commonly used marine CO2 proxies are alkenones and 

boron isotopes. Both these marine proxies rely on !"!!!"! ! !!"!!!"#!, (Henry’s Law) and any 



  Chapter 1: Introduction 

 25   

disequilibrium can provide false CO2 reconstructions, therefore careful site selection is critical. 

Sites that have remained in the same oceanic environment are key, as well as avoiding 

seasonally variable disequilibria around upwelling (Figure 1.14). Another approach to 

evaluating the importance of local disequilibria in any generated record is to use multiple sites, 

since two locations are unlikely to have undergone the same disequilibrium history (Pagani et 

al., 2011).   

 

 

Figure 1.14: Current air-sea disequilibrium 

Modern atmosphere-ocean disequilibrium in µatm. Carbon source areas are clearly shown by 

warmer colours and carbon sinks by cold colours. Data from (Takahashi et al., 2009) and 

figure created in Ocean Data View (Schlitzer, 2009). 

 

1.5.2.1 Alkenones 

Many published CO2 reconstructions have been derived using the alkenone CO2 proxy – as a 

result it is a well-established proxy with a relatively well understood biological grounding 

(Pagani, 2002). Sample selection is dependent on finding sediments with alkenones preserved in 

them, which are rare in the oligotrophic gyres (where water is most likely to remain in 

equilibrium with the atmosphere through time). Alkenones are abundant in the Neogene, less so 

in the Palaeogene and largely absent prior to the Cretaceous because of diagenesis and plate 

tectonic recycling.  Abundance is sufficient and they remain a very viable proxy for the early 

and mid Cenozoic (oldest application is ~105 Ma (Farrimond et al., 1986)). The proxy is based 
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Figure X. Modern atmosphere-ocean disequilibrium in #atm. Carbon source areas are clearly shown by warmer colours and carbon 
sinks by cold colours. Data from Takahashi et al. (2009) and $gure created in Ocean Data View. 

3.3. pCO2 reconstruction

The d11B of G. ruber from Site GeoB1523-1 are plotted in
Fig. 7A, along with the G. ruber data from ODP 999A for
comparison, from Foster (2008). The results of boron-based
pCO2 reconstruction at these sites are also plotted in Fig. 7B, with
the estimates from ODP 999A corrected using a pre-industrial
DpCO2 of !21 ppm calculated as discussed above. A cubic spline
was plotted using Analyseries (Paillard et al., 1996), and the
bounds of uncertainty (17 ppm: individual uncertainty of
29 ppm/O2) on this spline are shaded. For comparison, the data
are plotted with atmospheric pCO2 derived from ice cores (Lüthi
et al., 2008 and references within; Lourantou et al., 2010; ages
recalculated as per Lemieux-Dudon et al., 2010) and pCO2

reconstructed assuming a constant vital effect of 0.8% (as per
Foster, 2008). The mean deviation from atmospheric pCO2 mea-
surements from ice cores and those calculated from 999A and
GeoB1523-1 using our new calibration is !5 ppm, with a 2s of
719 ppm. All data may be found in the Supplementary materials.

4. Discussion

4.1. pH sensitivity of d11BG.ruber lower than d11Bborate

pH is clearly a strong control on d11B in G. ruber, yet these new
data do not fall on the predicted relationship of seawater borate
ion, as epifaunal benthic foraminifera do (albeit within a limited
range of d11Bborate; Rae et al., 2011). Specifically, our data lie
above the d11Bborate–pH curve, and show a pH sensitivity "40%
lower than that predicted for aqueous d11Bborate, confirming
previous observations in other symbiont-bearing planktonic spe-
cies (Hönisch et al., 2003; Sanyal et al., 2001, 1996) using NTIMS.
This suggests that, absolute values aside, relative changes in d11B
are still accurately described using N-TIMS (Foster et al., in
preparation). The causes of this deviation from the aqueous
geochemical basis of the proxy are potentially manifold. Previous
studies have ascribed a lower-than-predicted pH sensitivity in
d11B for (i) incorporation of B(OH)3 (Klochko et al., 2009);
(ii) elevated (compared to ambient) pH inside seawater vacuoles

16 

17 

18 

19 

20 

21 

22 

23 

14 15 16 17 18 19 20 

!1
1 B m

ea
su

re
d (

‰
) 

!11Bborate (‰) 

m = 0.60 ± 0.08 , c = 9.52 ± 1.51

Fig. 5. New culture calibration of G. ruber. The York-fit regression plotted using Isoplot (Ludwig, 2003), with dotted lines and grey band defining 95% confidence intervals
(mean standard weighted deviance (MSWD)#0.01). X-error bars for core-top samples are 2 standard deviations of intra-annual variability in calculated monthly d11Bborate,
while for cultures the error represents 2 standard errors of the mean pH of all culture flasks, and for sediment trap samples it reflects the range of d11Bborate between Dec
and Feb 2007. Y-error in non-culture samples is the analytical reproducibility as calculated by Eq. (10). In cultured samples, error bars reflect 2 standard deviations of
10,000 Monte Carlo simulations that also incorporate the uncertainties in the size–mass relationship (see Supp. Fig. S4b) and reproducibility of boron isotope and B/Ca
measurements in ‘control’ pre-culture tows and bulk post-culture measurements.

Fig. 6. Offset of core-top, tow and sediment trap samples from our culture calibration, as a function of size fraction. Error bars in size-fraction refer to the sieve fractions, or
where available, two standard errors of the measured test diameter. Red markers indicate the mean value for the three most commonly used size fractions, with y-errors
corresponding to two standard errors of the mean offset. Dotted vertical line denotes the mean end-culture diameter. (For interpretation of the references to colour in this
figure legend, the reader is referred to the web version of this article.)

M.J. Henehan et al. / Earth and Planetary Science Letters 364 (2013) 111–122118
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on a calibration of the fractionation of !13C of alkenones to DIC, which is reliant on the partial 

pressure of CO2 in the alkenone producing area of the cell (Figure 1.15A, B, D). There are a 

number of parameters other than alkenone !13C that are also needed to construct reliable data:  

• Key factors affecting the carbon isotope fractionation between algal cell and seawater 

DIC are the cell size, geometry, and growth rate, (Figure 1.15A) which modify the 

fractionation of carbon isotopes across the cell membrane between the local 

environment and the alkenone producing area of the cell. This can be partially 

accounted for with records of coccolith/sphere size (Henderiks, 2008; Isensee et al., 

2014; Rickaby et al., 2010a) but is impossible to know precisely for extinct species, or 

even modern species, which may have developed new strategies since their first 

appearance.  

• Modern alkenones are almost entirely produced by Emiliania huxleyi, a species that is a 

member of the Noelaerhabdaceae Family. Since alkenones are preserved in the 

geological record before the appearance of E. huxleyi it is assumed that other members 

of the Noelaerhabdaceae family produced them (e.g. Gephyrocapsa oceanica), therefore 

species specific effects could be a problem.  

• The fractionations are also susceptible to changes in salinity, and in particular 

temperature (~25 ppm CO2 per °C), so an independent measure of these is required (eg. 

Mg/Ca or foraminiferal assemblage, Figure 1.15B) (Pagani, 2002).  

• Knowledge of phosphate concentration is also required, as a proxy for growth rate (see 

Figure 1.15A). The relationship between phosphate and growth rate is termed parameter 

“b” and must be assumed constant at all temperatures and CO2 concentrations (Figure 

1.15A,C) (Pagani et al., 2011).  

• A final consideration is the potential of active uptake of carbon by enzyme driven 

pumping (CaATPase) when CO2aq changes. This is likely to affect CO2 reconstructions 

at low ppm concentrations as the organisms will move CO2aq into higher concentrations 

within the cell in order to utilise it for photosynthesis. As alkenones can appear 

insensitive to changes at low CO2 this is likely an important contributory factor and 

suggests an internal moderation mechanism (see Bolton et al., 2012; Zhang et al., 2013).   

 

With these unknowns alkenones are a difficult proxy to utilise. Furthermore, alkenones are not 

always in agreement with ice core derived CO2 (Pagani, 2002). However, recent improvements 

to the carbon incorporation mechanisms and other required proxy data have provided a 

significant boost to the confidence in alkenones as a palaeo-CO2 recorder further back in 

geological time (Badger et al., 2013; Seki et al., 2010; Zhang et al., 2013).  
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Figure 1.15: Alkenone datasheet 

Figures from (Pagani, 2002; Pagani et al., 2011; Popp et al., 1998). Panel A: A comparison of 

"p and CO2 : uncorrected (left), and corrected for volume and surface area of producer species 

(right). Panel B: The response of the alkenone proxy to changing environmental factors: 

phosphate (left), and temperature (right). The increase in uncertainty of CO2 estimates at high 

levels is shown by the increase in slope. Panel C: estimation of the “b” parameter from 

phosphate concentrations from a global calibration. Panel D: schematic of the inputs and 

outputs of the alkenone CO2 proxy. 

 

 

Figure 1.16: Alkenone comparison with deep time CO2 estimates 

(Zhang et al., 2013) a comparison of alkenone (wide blue bar) and other CO2 proxies across the 

Late Cenozoic. There is broad scale agreement (in part, due to the large uncertainties of many 

methods). Below ~500 ppm the alkenones are damped, whilst variability is shown in some other 

proxies.  
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1.5.2.2 Boron CO2 proxy 

To utilise the boron isotope proxy for the reconstruction of CO2 from the calculated pH we can 

use Equation 1:9, which derives from the relationship between the !11B of borate ion in the 

oceans and the pH of seawater. When measured in surface dwelling foraminifera (e.g. 

Globigerinoides ruber) the pH reconstructed should be indicative of water in gaseous 

equilibrium with the atmosphere.  

A key parameter from Equation 1:9 above is the boron isotope composition of seawater 

(!11BSW). Changes in !11BSW have a large effect on the calculated pH, and thus the CO2 

reconstructed. The residence time of any species in the oceans can be given by the equation: 

 

Equation 1:11: !!"# ! !!!"#"!$%&! !"#$ 

Where !!"#= residence time, !!"#"!$%&! = amount of boron in the oceans, flux = the rate of input 

(or output) of boron to the oceans.  

 

As [B]sw = 4.58ppm (Hemming and Hanson, 1992; Lee et al., 2010), and using a boron input to 

the ocean of 30-50 x 1010 g yr-1 (Lemarchand et al., 2000; Vengosh et al., 1991), estimates show 

that the residence time of boron in the oceans is 13-21 Myrs ((Lemarchand et al., 2000) – 14 

Myrs). This means that for palaeoceanographic purposes, the boron isotope proxy can be used 

without an independent measure of !11BSW for at least Pleistocene and Late Pliocene time 

periods (< 3 Ma). Indeed, Lemarchand et al., (2002) suggest rates of change are unlikely to be 

larger than 0.1‰ per million years. Thus, changes since the Pliocene must be minor (<0.3‰, ~ 

20 ppm CO2). A simple linear extrapolation between modern !11Bsw (39.61‰; Foster et al., 

2010) and the !11Bsw estimate determined for the middle Miocene ((Foster et al., 2012), 37.8‰), 

using a generous uncertainty is sufficient to cover all possible scenarios for a changing 

composition of !11Bsw. This gives an estimation of !11Bsw ~ 39.3‰ during the Pliocene which is 

consistent with other independent constraints (Raitzsch and Hönisch, 2013).  

 

1.5.2.2.1 : Calibration to ! 11Bborate in seawater 

 It is necessary to account for species-specific variation in order to calculate pH from the !11B of 

the surface dwelling Globigerinoides ruber, as !11Bruber does not lie on the theoretical line with 
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!11B of seawater borate, unlike benthic foraminifera (see Figure 1.9C and 1.17). This can be 

termed a “vital effect”, and thus a size specific coretop-culture-plankton tow calibration is 

applied (see Equation 1:12 below - (Henehan et al., 2013)). This relationship has been shown in 

other studies to provide reasonable (Martinez-Boti, Foster, Chalk et al., (accepted)) and testable 

(Henehan et al., 2013) CO2 reconstructions. Uncertainties in this calibration are taken into 

account in all relevant calculations.  

 

Equation 1:12: !!!!!"#$%& ! !!!!!!"#$! ! !!!"!!!!! 

 

 

Figure 1.17: Globigerinoides ruber calibration  

From Henehan et al., (2013), data from cultured (red), towed data (orange), and core top 

(other) matching measured !11B to the theoretical values (thin grey line). All planktic data fall 

off the line and into a cluster with a lower slope, defined by the cultured data (thick grey line). A 

size fraction correction is also necessary to account for the differences in ontology, accounting 

for the different intercepts shown by some core top data.  

 

 

3.3. pCO2 reconstruction

The d11B of G. ruber from Site GeoB1523-1 are plotted in
Fig. 7A, along with the G. ruber data from ODP 999A for
comparison, from Foster (2008). The results of boron-based
pCO2 reconstruction at these sites are also plotted in Fig. 7B, with
the estimates from ODP 999A corrected using a pre-industrial
DpCO2 of !21 ppm calculated as discussed above. A cubic spline
was plotted using Analyseries (Paillard et al., 1996), and the
bounds of uncertainty (17 ppm: individual uncertainty of
29 ppm/O2) on this spline are shaded. For comparison, the data
are plotted with atmospheric pCO2 derived from ice cores (Lüthi
et al., 2008 and references within; Lourantou et al., 2010; ages
recalculated as per Lemieux-Dudon et al., 2010) and pCO2

reconstructed assuming a constant vital effect of 0.8% (as per
Foster, 2008). The mean deviation from atmospheric pCO2 mea-
surements from ice cores and those calculated from 999A and
GeoB1523-1 using our new calibration is !5 ppm, with a 2s of
719 ppm. All data may be found in the Supplementary materials.

4. Discussion

4.1. pH sensitivity of d11BG.ruber lower than d11Bborate

pH is clearly a strong control on d11B in G. ruber, yet these new
data do not fall on the predicted relationship of seawater borate
ion, as epifaunal benthic foraminifera do (albeit within a limited
range of d11Bborate; Rae et al., 2011). Specifically, our data lie
above the d11Bborate–pH curve, and show a pH sensitivity "40%
lower than that predicted for aqueous d11Bborate, confirming
previous observations in other symbiont-bearing planktonic spe-
cies (Hönisch et al., 2003; Sanyal et al., 2001, 1996) using NTIMS.
This suggests that, absolute values aside, relative changes in d11B
are still accurately described using N-TIMS (Foster et al., in
preparation). The causes of this deviation from the aqueous
geochemical basis of the proxy are potentially manifold. Previous
studies have ascribed a lower-than-predicted pH sensitivity in
d11B for (i) incorporation of B(OH)3 (Klochko et al., 2009);
(ii) elevated (compared to ambient) pH inside seawater vacuoles
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Fig. 5. New culture calibration of G. ruber. The York-fit regression plotted using Isoplot (Ludwig, 2003), with dotted lines and grey band defining 95% confidence intervals
(mean standard weighted deviance (MSWD)#0.01). X-error bars for core-top samples are 2 standard deviations of intra-annual variability in calculated monthly d11Bborate,
while for cultures the error represents 2 standard errors of the mean pH of all culture flasks, and for sediment trap samples it reflects the range of d11Bborate between Dec
and Feb 2007. Y-error in non-culture samples is the analytical reproducibility as calculated by Eq. (10). In cultured samples, error bars reflect 2 standard deviations of
10,000 Monte Carlo simulations that also incorporate the uncertainties in the size–mass relationship (see Supp. Fig. S4b) and reproducibility of boron isotope and B/Ca
measurements in ‘control’ pre-culture tows and bulk post-culture measurements.

Fig. 6. Offset of core-top, tow and sediment trap samples from our culture calibration, as a function of size fraction. Error bars in size-fraction refer to the sieve fractions, or
where available, two standard errors of the measured test diameter. Red markers indicate the mean value for the three most commonly used size fractions, with y-errors
corresponding to two standard errors of the mean offset. Dotted vertical line denotes the mean end-culture diameter. (For interpretation of the references to colour in this
figure legend, the reader is referred to the web version of this article.)

M.J. Henehan et al. / Earth and Planetary Science Letters 364 (2013) 111–122118
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1.5.2.2.2 Morphotype variation 

Globigerinoides ruber can be divided into 3 sub-species, sensu strico, sensu lato and “pink”. 

To ensure consistent results a test was conducted at 3 depths at ODP Site 999 where the three 

sub-species were separated. Though results show a significant variation (>1‰) at the shallower 

depths in the core, this difference reduces and disappears around 0.6 Ma (Figure 1.18, below). 

This is well above the first appearance of the species in Site 999 (~1.5 Ma, visually assessed). In 

all cases, the data presented in this thesis are gathered from Globigerinoides ruber sensu strico 

to avoid any potential sub-species effects, as they require further investigation.  

 

 

Figure 1.18: Pink ruber morphotype 

Boron isotope data from ODP Site 999 and three downcore samples split into sensu stricto, 

sensu lato and “pink” morphotypes of Globigerinoides ruber, Chalk, (unpub). At 125 ka a 2‰ 

offset in !11B  occurs which is not present at 600 ka. More data are needed to identify whether 

this is ecological (depth in water column), biological, or preservation potential. This must be 

taken into account while preparing samples for analysis of surface pH.  
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1.5.2.2.3 Determination of CO2 from surface pH 

In order to calculate CO2sw from pH using the carbonate system equations (Equation 1:3-6, 

(Zeebe and Wolf-Gladrow, 2001), another carbonate system parameter is required. Here we use 

total alkalinity (TA) at constant modern values (~2330 µmol/kg, dependent on Site). The reason 

for this choice is that CO2 is relatively unaffected by assumptions of alkalinity. To help further 

fully identify the range of assumptions in our results we use a generous uncertainty with no 

formal distribution (i.e. a random TA from within a window of 350 µmol/kg (~50ppm CO2) - 

more than the variation in the modern ocean and also modelled time-series (Hönisch et al., 

2009)).  

 

Using derived pH and the prescribed TA and CO2sw disequilibrium, uncertainties are propagated 

via a Monte Carlo simulation (n=10,000) in the statistical analysis program R (R Development 

Core Team, 2010), and 95% confidence intervals presented from the variation within the 

replications. Two standard deviation uncertainties on the individual variables are typically: !11B 

(±analytical uncertainty, normal distribution), Mg/Ca-derived temperature (±3ºC, normal 

distribution), salinity (±3 psu, flat distribution), TA (±175 µmol/kg, flat distribution), !11Bsw 

(±0-0.4‰, normal distribution). CO2atm was then calculated from CO2sw using Henry’s Law and 

then subtracting the modern extent of disequilibria with respect to CO2 at the site. 

 

1.5.3 An evaluation of boron and alkenone CO2 proxies 

In tropical areas both alkenones and planktic foraminifera are found with high enough 

abundance to produce CO2 data from both the alkenone !13C and !11B-pH proxies. A useful 

comparison can then be made between the proxies as they are largely independent of each other, 

excepting air-sea disequilibrium. The only shared input is sea surface temperature, which has a 

different effect on the two proxies (though both share a temperature dependency to Henry’s 

law). Both proxies are imprecise at very high CO2 levels (as the slope of the relationships for 

both calibrations becomes very shallow leading to large uncertainty). Testing any potential 

differences between them is thus best done during the Pleistocene where CO2 levels are low and 

any difference will be resolvable. In addition, we have the advantage of being able to compare 

both against the “gold standard” of the ice cores which are a direct measurement of ancient CO2. 
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A comparison of the same samples measured for boron isotopes and for alkenone derived CO2 

during the Pleistocene and the Pliocene is shown in Figure 1.19 below. It is clear that the 

amplitutde of variation in the alkenone measurements from ODP Site 999 (where tandem !11B 

measurements are made) is smaller than those reconstructed from ice core and boron 

measurements. A similar story is true at ODP 925 from the Ceara Rise (Figure 1.19).  Boron 

isotope based CO2 reconstructions are available for the intervals 0-260 ka (Chapter 4) and 2600-

3300 ka (Appendix A, (Badger et al., 2013; Martinez-Boti, Foster, Chalk et al., (accepted)) at 

ODP site 999, (Henehan et al., 2013) at GeoB1523). The agreement with the ice core record is 

not perfect for these sites but it is overall much better than for the alkenone !13C records (see 

Chapter 4: for a more thorough discussion of the boron isotope CO2 reconstruction).   

 

 

 

Figure 1.19: A comparison of boron and alkenone CO2 

A comparison of ice core, boron and alkenone derived CO2 estimates (Badger, Chalk et al., (in 

prep); Bartoli et al., 2011; Hönisch et al., 2009; Martinez-Boti, Foster, Chalk et al., (accepted); 

Zhang et al., 2013). The ice cores (black) are commonly considered to be the “gold standard” 

to with which any successful CO2 proxy must be validated. (Badger, Chalk et al., (in prep)) Note 

that variability seen in boron isotope reconstructions (blue and green) is not reproduced in 

alkenone derived estimates (red and purple). This may be due to a number of factors (see 

1.5.2.1) although the constant values reconstructed at both sites (e.g. ~280 ppm at ODP 999 

and ~320 ppm at ODP 925) suggests a minimum threshold for active pumping of CO2 may exist. 

The good correlation of the boron isotope data to the icecore data adds confidence to the 

methodology. Uncertainty is given for alkenone data as 1SD (red error bars), and boron data as 

1 and 2SD (dark and pale blue envelopes respectively).  
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1.6 Thesis outline 

Chapter 2 focuses on a high resolution (1 sample per ~150-500 years) record generated from an 

intermediate depth North Atlantic site during the last glacial maximum, to identify the potential 

shutdown or response of the Atlantic Overturning Circulation to rapid freshwater input. We use 

the benthic B/Ca proxy in Cibicidoides wuellerstorfi, combined with other complementary 

datasets to address the question of southern sourced water entering the mid depth North Atlantic 

during Heinrich Events.  

 

Chapter 3 examines the structure of North Atlantic circulation during the last glacial cycle 

quantitatively, using coupled carbonate system data. This is crucial, as the ocean is believed to 

store up to 90 ppm of CO2 from the atmosphere during glacial-interglacial cycles. The 

relationship of !11B and B/Ca in benthic foraminifera and climate over the last glacial cycle is 

examined in the North Atlantic from three core sites spanning the ocean basin, and representing 

a variety of depths (2000-3900m).  

 

Chapter 4 presents high resolution (1 sample per 3,000 years) CO2 cycles before the onset of 

100kyr climate cycles and the Mid Pleistocene Transition.  Orbitally resolved atmospheric CO2 

records are absent before the oldest ice core record, and are needed to give insights on climate 

dynamics prior to the major glacial-interglacial cycles of the Late Pleistocene.  I present a high-

resolution snapshot of !11B-CO2 from Globigerinoides ruber in the Caribbean for the interval 

1080-1250 ka.  

 

Chapter 5 presents a reconstruction of the long term evolution of atmospheric carbon dioxide 

from the middle Pliocene to Late Pleistocene, built from Globigerinoides ruber !11B 

measurements from two core sites. This is presented alongside sea level records and a new 

compilation of sea surface temperatures from a host of latitudes and ocean basins to examine the 

role of CO2 in driving Plio-Pleistocene cooling.  
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Chapter 6 synthesises the material from chapters 2-5 and presents my view on the current state 

of boron-based proxies and their application to the world of Plio-Pleistocene 

palaeoceanography, as well as perspectives for future work.  

 

Submitted materials  - data gathered during the course of this thesis has been submitted for 

publication in the manuscripts attached as Appendix A. “Plio-Pleistocene climate sensitivity 

determined from a new Pliocene CO2 record”. Appendix B contains the supplementary 

information for this manuscript.  
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Chapter 2:  Intermediate water mass dynamics in 

the North Atlantic during Last Glacial Heinrich Events 

 

Atlantic Ocean circulation, through its ability to store both heat and carbon plays a key 

role in augmenting northern hemisphere climate on a variety of timescales, from tens to 

millions of years. The response of the Atlantic Ocean to rapid shifts in climate and in 

particular the potential role of Atlantic Meridional Overturning Circulation (AMOC) 

weakening in driving and amplifying rapid climate change has been the subject of much 

debate. AMOC shutdown is thought to be a potential response to ongoing global climate 

change because of fresh water input from increased rainfall and fast icecap melt to sites of 

Deep Water Formation (DWF). During the Last Glacial Maximum, circulation is thought 

to have been weaker than today but freshwater input, during Heinrich events (H-events), 

punctuates the period providing a natural analogue. Circulation collapses during these 

intervals are widely hypothesised but a deep understanding of the response of the North 

Atlantic to rapid climate forcing during these H-events has, however, remained elusive 

because of ambiguous or contradictory proxy evidence and/or inadequate age control in 

many records. Here we present new, highly resolved (1 sample per 500 yrs) and well dated 

!Nd, B/Ca-[CO3
2-], and stable isotope proxy datasets from mid-depth (2168 m) Northeast 

Atlantic Ocean Drilling Program (ODP) Site 980 spanning the last 40 ka. We document 

distinct geochemical shifts associated with H-events that, although providing unambiguous 

evidence that no southern sourced water reaches our mid-depth North Atlantic site at any 

time during the last glacial cycle, exhibit variable intermediate to deep water circulation 

behaviour during each H-event examined (H1 to H4). Given these results we propose that 

the standard model of northern deep water formation cessation during H-events 

represents an oversimplification of the response of AMOC to freshwater forcing.  
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2.1 Introduction 

The oceans transport heat and salt from low to high latitudes in surface water currents. In polar 

latitudes this water cools, releases heat, sinks and forms deep water which drives Atlantic 

Meridional Overturning Circulation (AMOC). This process is part buoyancy (thermohaline) and 

part mechanically (wind driven) forced (Johnson et al., 2007). Atlantic surface currents such as 

the Gulf Stream and the North Atlantic and Irminger currents combine to bring warm water 

from the tropics to northern deep-water formation (DWF) sites where it sinks and returns south 

at depths of ~1500 to 4000 m. It is now relatively well known that small perturbations in water 

density can lead to a rapid change in AMOC strength and even circulation collapse (Marotzke 

and Willebrand, 1991; Stommel, 1961) with strong associated climate feedbacks (Seager et al., 

2002). One way in which these perturbations arise is through the addition of freshwater (hosing) 

into sensitive DWF sites by, for example, either long-term increased precipitation, continental 

ice sheet collapse or greater rates of ice melt or the catastrophic release of fresh water from an 

ice damned lake (Manabe and Stouffer, 1999).  

 

During the Last Glacial Maximum much of the northern hemisphere was under significant ice 

cover, which has reduced to the volume we see today over the last 20 kyrs. Both field data 

(Curry and Oppo, 2005; Raymo et al., 2004) and modelling studies (Barker et al., 2003; Johnson 

and Marshall, 2002; Johnson et al., 2007; Vellinga and Wood, 2002) agree, that abrupt changes 

in the North Atlantic played a key role in the rapid climate shifts documented during the most 

recent deglacial transition. Indeed, the role of AMOC as a heat transport mechanism is well 

studied in the palaeoclimate record and NADW dynamics are long known to have played an 

important role in either initiating or amplifying short lived and fast paced climatic change 

during the latest Pleistocene in general (Broecker et al., 1992). 

 

To better understand the role of AMOC in rapid climate change the palaeoclimate community 

has traditionally focused much of its efforts on studying Last Glacial Heinrich (H)-events. This 

focus has come about because H-events are associated with some of the most pronounced 

evidence for millennial-scale environmental change and perturbation of ocean circulation in the 

geological record (Hemming, 2004). H-events are manifested in North Atlantic Ocean 

sediments by anomalous concentrations of ice-rafted debris (IRD) deposited relatively rapidly 

(500 to 1000 yr (Veiga!Pires and Hillaire!Marcel, 1999)) by iceberg armadas sourced largely 

from the collapse of the Laurentide Ice Sheet (LIS) (Broecker et al., 1992; Gwiazda et al., 1996; 

Hemming, 2004; Hemming et al., 1998). Six H-events have been identified across the  
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Figure 2.1: Modes of circulation, and LGM circulation conditions  

A: Schematic showing three modes of circulation for the Atlantic Ocean proposed by Rahmstorf 

et al., (2002). Panel i) interglacial mode (e.g. modern), panel ii) glacial mode, panel iii) Last 

Glacial H-event mode. ODP Site 980 (depth indicated by the black horizontal dashed lines in 

panels) is ideally located to observe ocean mixing in the mid depth North Atlantic Ocean and 

should record evidence of a complete shutdown, if it occurs. B: The Rockall Trough represents 

a key site for Greenland-Iceland-Norwegian (GIN) sea overflow water (yellow) and also 

recirculating Labrador Sea Water (LSW; light blue), Southern Source Water (SSW) at depth 

(purple). C: The deep water formation sites in the North Atlantic in glacial (dark blue) and 

interglacial (light blue) periods. Site 980 is proximal to the dominant and dynamic Laurentian 

and Scandinavian ice sheets and a major glacial DWF site (B and C modified (Crocker, Chalk 

et al., (in prep)). Ice sheet abbreviations LIS: Laurentide Ice Sheet, GIS: Greenland Ice Sheet, 

InIS: Innuitian Ice Sheet, IIS: Iceland Ice Sheet, SBIS: Svalbard-Barents Ice Sheet, FIS: 

Fennoscandian Ice Sheet, BIIS: British and Irish Ice Sheet, NWEIS: North-West European Ice 

Sheet.   

!
!
!
!
Figure 1a. Showing the three modes of circulation in the Atlantic, panel i) interglacial 

mode (e.g. modern), panel ii) glacial mode, panel iii) H-event mode. Site 980 (depth 

indicated by the black line) is ideally located to observe ocean mixing at mid depth 

and should record evidence of a complete shutdown, if it occurs (Rahmstorf et al., 

2002).  1b. Sites in the North Atlantic are ideally placed to monitor changes in deep 

water throughout climate shifts. The Rockall trough represents a key site for GIN sea 

overflow water and also recirculating LSW. 1c. The DWF sites in the North Atlantic 

in glacial and interglacial periods. 980 is proximal to the dominant and dynamic 

Laurentian and Scandinavian ice sheets and a major glacial DWF site.  

!
!
!
!
!
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North Atlantic during marine isotopes stages 2 and 3. H1, H2, H4 and H5, are identified across 

the basin whereas H3 and H6 are identified in many places showing a less extensive distribution 

when compared to the larger events (Hemming, 2004). H-events reoccur roughly every 8 to 10 

ka and are commonly, but not exclusively, associated with the coldest Dansgaard-Oeschger 

cycle records in Greenland ice core records (Barker and Elderfield, 2002; Bond et al., 1999) and 

are immediately followed by rapid warming. The ultimate cause of H-events is, as yet, unknown 

but likely related to internal ice sheet instabilities and forced by external climate (MacAyeal, 

1993; Marcott et al., 2011; Zahn et al., 1997).  Understanding their impact is important for 

validating climate models that are routinely used to project the potential fate of AMOC from 

continued anthropogenic warming (Smith and Gregory, 2009; Zhang et al., 2014a).  

 

One theory often applied by many physical oceanographic models (Otto-Bliesner and Brady, 

2010; Stouffer et al., 2007) of water mass evolution in the North Atlantic during the last glacial-

interglacial cycle is summarised in Figure 2.1, and is characterised by three dominant modes of 

circulation (Rahmstorf, 2002):  

 

1. During interglacials, as currently, North Atlantic Deep Water (NADW) fills the majority of 

the North Atlantic region down to abyssal depths (see Figure 2.1). This is confirmed by tracer 

data such as CFCs and SF6 (Ledwell et al., 1993).  

 

2. During glacial maxima a strong southern component water mass floods the deep ocean 

(Glacial Antarctic Bottom Water (GAABW), to depths of ~2.3 km (Curry and Oppo, 2005; 

Lynch-Stieglitz et al., 2007)). Mapping this boundary between glacial southern and northern 

sourced water has been attempted quantitatively by numerous depth and latitudinal transects of 

Atlantic benthic foraminiferal carbon isotopes records (Boyle and Keigwin, 1987; Oppo and 

Lehman, 1993). Northern DWF during the last glacial maximum is proposed to have reduced in 

strength, because of salinity reduction at DWF sites (Gnanadesikan, 1999; Stommel, 1961) and 

shoaling of NADW, with the northern sourced deep water mass being represented by Glacial 

North Atlantic Intermediate Water, (GNAIW). During the glacial marine isotope stage (MIS) 2 

DWF did not occur in the Nordic Seas, but instead is thought to have migrated south of the 

Greenland Scotland (GS) ridge and remained there for the rest of the Last Glacial (Duplessy et 

al., 1988; Labeyrie et al., 1992). In support of this mode, negative shifts in !13Cb are well 

documented in the deep North Atlantic during MIS 2, ~14-29 ka (Peck et al., 2007). These !13Cb 

minima are interpreted to reflect the increased importance of southern sourced water (SSW) in 
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bathing the deep North Atlantic during the Last Glacial. SSW has a negative !13C signature 

because it is relatively old, it has remained isolated from the atmosphere for a long periods of 

time and is rich in respired nutrients with a low pH (and low [CO3
2-]) from organic rain input 

(Curry and Oppo, 2005). Low values in benthic foraminifera (approximately !13C= -0.5‰) 

around the North Atlantic are therefore typically attributed to the presence of corrosive southern 

water (Glacial Antarctic Bottom Water [GAABW]). Traditionally, low !13C values are 

attributed to GAABW but it has also been suggested that Glacial Antarctic Intermediate Water 

(GAAIW) has a role in additional carbon storage, as shown by Cd/Ca ratios in benthic 

foraminifera, a phosphate nutrient proxy (Rickaby and Elderfield, 2005). GAAIW, if present in 

the North Atlantic, would also be a low !13C water mass as is evident from !13C reconstructions, 

and thus look similar in carbon-isotope space to AABW (Curry and Oppo, 2005). This waxing 

and waning of southern sourced water has also been proposed as the mechanism for G-IG CO2 

change as AAIW and AABW are important deep ocean carbon stores, particularly during the 

last glacial (Hain et al., 2010; Moore et al., 2000). 

 

3. During H-events it is proposed that DWF collapses in the north, as a result of rapid and large 

fluxes of freshwater input inhibiting overturning resulting in intermediate and abyssal depths 

being bathed by southern sourced GAAIW and GAABW, respectively (Figure 2.1). Triggers 

such as iceberg melt or ice damned lake discharge cause fresh water to enter the North Atlantic, 

which reduces the salinity and hence density of surface water at DWF sites and inhibits sinking 

(Rahmstorf, 2002; Stouffer et al., 2007). Evidence in support of the existence of this ocean 

ventilation mode comes from proxy records that trace nutrient distribution (Hodell et al., 2008; 

Rickaby and Elderfield, 2005) and kinematic flow strength of AMOC (e.g., sortable silt; Pa/Th, 

(Hoogakker et al., 2007; McManus et al., 2004) Figure 2.2) and hosing experiments using 

numerical models (Brovkin et al., 2012; Rahmstorf, 2002). Together this evidence implies that 

SSW is present at high northern latitudes at intermediate and/or abyssal depths during H-events 

(Figure 2.1).  

 

Amongst the proxies supporting this interpretation of H-events the Pa/Th proxy provides 

perhaps the most widely cited evidence (e.g. McManus et al. 2004).  This proxy utilises the 

differential propensities for these two elements to be scavenged onto sediment particles to 

reconstruct ocean current flow rates (slow flow rates result in thorough stripping of Pa, whereas 

most Th is generally removed from the water column rapidly so is not a function of flow rate). 

Published Pa/Th records from OCE326-GGC5 and ODP 1063 show a dramatic onset of “slow 

values” immediately preceding, and for the duration of H-events 1 and 2 (Marchal et al., 2000; 
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McManus et al., 2004); (Gutjahr and Lippold, 2011) providing support for the shutdown 

hypothesis (see Figure 2.2). Yet these data can be interpreted either as a significant reduction in 

NADW flow strength or a replacement of these northern-sourced waters by a more sluggish 

southern-sourced water mass during these events (in either case, indicative of less vigorous 

circulation in the North Atlantic but for very different reasons). Whilst sedimentary proxies such 

as the size of ‘sortable silt’ are in general agreement with a model of diminished circulation 

vigour, it is relatively well documented that Pa/Th can be affected by a number of difficult to 

quantify variables such as water mass history, stratification, presence of nepheloid layers, and 

opal flux (Bacon and Rutgers van der Loeff, 1989; Thomas et al., 2006). So much so, the 

published Pa/Th records may simply reflect a circulation change rather than a slow/shut down of 

AMOC or even a shift of opal production zones (Gutjahr and Lippold, 2011).   

 

Another widely used proxy providing much of what we know about the behaviour of AMOC 

through geological time is the carbon isotope composition of benthic foraminifera (!13C). This 

proxy behaves in a semi-conservative way in the oceans with the potential to trace water mass 

“age” but there are many factors that can complicate its interpretation. For instance, low benthic 

!13C at sites in the North Atlantic, rather than representing the influence/presence of old 

southern-sourced waters, may signal the involvement of brine-rejected water from sea ice 

formation in the Greenland, Iceland and Norwegian (GIN) seas during cold events (Raymo et 

al., 2004; Thornalley et al., 2010), or water masses that have stagnated further north.    

 

This growing uncertainty over how to interpret the proxy records with regards to AMOC 

strength during H-events is matched by the uncertainty associated with climate model 

reconstructions of overturning strength. Big discrepancies exist over the likely magnitude of any 

shutdown/slowdown events, with a recent modelling comparison study under glacial boundary 

conditions exhibiting a model dependent response from ~20% to 100% AMOC shut down for a 

given freshwater hosing (Kageyama et al., 2013). The validity of model reconstructions of H-

events is reduced when hosing experiments are run under ‘Holocene type’ conditions (e.g. 

(Stouffer et al., 2007) to simulate modern ice sheet collapse. The influence of changed boundary 

conditions is also unclear with the magnitude of wind stress in the Atlantic basin during H 

events of particular possible relevance (Hegerl and Stott, 2014).  
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Figure 2.2: Existing records of Heinrich events in the North Atlantic 

Last Glacial-Holocene ocean circulation proxy records in the North Atlantic Ocean spanning 

Heinrich events 1 and 2 and the Younger Dryas (sometimes referred to as H0). Each event has 

a characteristic signature implying southern sourced water values or mixtures of northern and 

southern components. All sites are interpreted to show either complete SSW at sites or 

increased influence of SSW, lines on Pa/Th data mark slow (red) and fast (blue) flow speeds. 

Proxy records include: Cd/Ca, "Nd, !13C and Pa/Th from a variety of depths (references 

included in key). Traditionally the excursions in intermediate northern sites are attributed to the 

same mechanisms as those in deeper, more southerly locations i.e. an increased southern 

source component, but none of the existing proxy records present unique solutions. 
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Given the uncertainties in the proxies that form the basis of the three circulation models of the 

North Atlantic shown in Figure 2.1, there is a pressing need to further test this understanding of 

rapid AMOC collapse.  One possible way in which we can overcome the short comings of the 

existing proxies is to combine !13C data with independent proxy records for water mass 

composition, such as deep-water &Nd and B/Ca [CO3
2-]-proxies in the effort to fingerprint more 

precisely changes in ocean ventilation across these abrupt climate events (Yu et al., 2008).  

 

In the Atlantic Ocean, seawater Nd isotopic composition (expressed as &Nd) reflects the 

weathering products of Archaean Canadian landmasses, in the Northwest, and the younger 

Mesozoic terrains of the Antarctic continent in the South. Further evidence to support the ‘fast’, 

‘slow’ or ‘off’ three-mode state has already come from Nd isotopes (see Figure 2.2, (Crocket et 

al., 2011; Gutjahr and Lippold, 2011; Pahnke et al., 2008)) where H-event excursions to 

southern sourced values appear at all depths in the North Atlantic (1300 to 4500m) and at a 

variety of latitudes. However, like !13C, &Nd may also be ambiguous to interpret in the North 

Atlantic, because, although NADW and SSW are distinct in &Nd space (–13 vs –8, respectively; 

(Lacan et al., 2012)), SSW overlaps with the &Nd of GIN seas overflow water (-8) (&Nd = –8 a 

radiogenic signature from boundary exchange with young basalts associated with Icelandic 

volcanism (Lacan and Jeandel, 2005; Lacan et al., 2012).  For instance, in the &Nd record from 

Feni Drift in the North Atlantic (Crocket et al., 2011) radiogenic values of –7 are recorded for 

H1 and –8 for H2 and H3. These values have been used elsewhere to argue that the mid-depth 

Atlantic was bathed in SSW during H-events. Yet these radiogenic excursions could also be 

simply indicative of dominance of waters from the GIN seas overflowing the Greenland-

Scotland Ridge, perhaps as a dilution of the North Atlantic drift currents found today (Crocket 

et al., 2011).  

 

One proxy with the potential to better distinguish northern and southern water masses to test the 

three-fold circulation model are carbonate ion proxies such as benthic foraminiferal boron 

isotopes or B/Ca (Rae et al., 2011; Yu and Elderfield, 2007; Yu et al., 2008; Yu and Elderfield, 

2007). Water masses from the Southern hemisphere are nutrient rich, poorly ventilated and have 

low pH and low [CO3
2-] due to the extensive time lag from communication with the atmosphere 

and high pre-formed nutrient concentrations (Figure 2.3). In contrast, well-ventilated water of 

Northern origin has higher pH and [CO3
2-] due to the long journey as surface water from the 

south, which provides time for outgassing and full nutrient utilisation driving up [CO3
2-].  

Therefore, [CO3
2-] has the potential to distinguish between waters of a northern and southern 

origin.  
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Figure 2.3: The use of carbonate ion as a water mass characteristic 

 ((Rae et al., 2011) and (Yu et al., 2008)) A: calculated ! 11B of B(OH)4
-, showing its variation 

with ocean circulation and associated pH contours, calculated from the Global Ocean Data 

Analysis Project (GLODAP) results. Samples are taken from a large range of oceanographic 

conditions in the Atlantic, spanning pH 7.87–8.07 and 2–13 °C. B, C: Comparison of vertical 

distributions of deep water [CO3
2-] and !13C at the Holocene (6–8 kyr for BOFS 8K and 0–5 kyr 

for other cores) and LGM (18–21 kyr). Pre- industrial [CO3
2-] are for nearby hydrographic 

sites (5291, 22069, 27070, and 27071; Key et al., 2004). The bold black line represents the 

carbonate ion concentration at saturation (Jansen et al., 2002). LGM !13C data are corrected by 

0.32‰ to account for the global carbon reservoir change (Duplessy et al., 1988). See Yu and 

Elderfield, 2007 for literature !13C data. Error bars in B and C represent 1 standard deviation 

(SD). 
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Changes in the B/Ca ratio of benthic foraminifera show a strong empirical relationship with 

carbonate ion (Yu and Elderfield, 2007). Typical modern southern sourced values ([CO3
2-] ~80 

µmol/kg) and northern sourced values ([CO3
2-] ~130 µmol/kg) are easily resolvable in B/Ca 

ratios of calcium carbonate tests of the benthic foraminifera Cibicidoides wuellerstorfi (Figure 

2.4; e.g. ~50 µmol/kg (expected NSW/SSW change) = 60 µmol/mol B/Ca vs. an analytical 

uncertainty of ~8 µmol/mol). Previous B/Ca derived carbonate ion records (Yu et al., 2008) 

exhibit a clear distinction between GNAIW and GAABW at 2.8 km depth in the eastern North 

Atlantic, although this is deeper than previously found using the nutrient proxies !13C and 

Cd/Ca (Curry and Oppo, 2005; Rickaby and Elderfield, 2005; see Figure 2.4D vs. Figure 

2.4B,C).   
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across the South Atlantic without a change in
density contrast. These properties need to be
better constrained before any circulation scenar-
ios can be ruled out on the basis of the oxygen
isotope data alone (21, 22).

Deep-Water Nutrient Properties
Surface waters sinking in the
Greenland, Iceland, Norwegian,
and Labrador seas collectively
form the NADW,which is readily
identifiable as a tongue of nutrient-
poor water extending to great
depths in the Atlantic and even-
tually reaching the Southern
Ocean (Fig. 1A). Some high-
nutrient water from the Southern
Ocean (Antarctic Bottom Water,
AABW) can be seen penetrating
northward beneath the NADW.
The nutrient distributions for
times in the past are reconstructed
by measuring the carbon isotopic
composition (13C/12C) of fossil
shells of benthic foraminifera
buried in the sediments. Primary
producers in the surface ocean
take up both nutrients and carbon,
discriminating against the heavy
isotope of carbon as they do so,
leading to high 13C/12C ratios in
surface waters and low-nutrient
water masses (e.g., NADW).
Higher nutrient concentrations
and lower 13C/12C in AABW
reflect the longer time these
waters have spent away from the
surface, collecting nutrients and
13C-poor carbon from the decay
of organic matter transported to
depth in particulate and dissolved
forms. Past nutrient distributions
have also been reconstructed from
the ratio of cadmium to calcium
in tests of benthic foraminifera.
Like the major nutrients, Cd is
taken up by organisms at the sea
surface and released at depth as
the organic material is decom-
posed. Both of these nutrient
proxies (13C/12C and Cd/Ca)
show that during the LGM there
was a low-nutrient water mass
above a depth of about 2 km
(often referred to as Glacial North
Atlantic Intermediate Water,
GNAIW) and high-nutrient wa-
ters below 2 km (23–27) (Fig. 1, B
and C). There are multiple factors
(air-sea exchange of carbon, car-
bonate saturation state, oxidation
of organic matter in sediments) controlling the
isotopic and chemical compositions of the
foraminifera tests that can potentially decouple
the nutrient proxies from nutrient distributions in

the open ocean (28). Nonetheless, the agreement
between the reconstructions based on these two
water-mass tracers provides increased confidence
in the overall picture.

The LGM configuration is often interpreted
as a shoaling of NADW and a northward
extension of AABW in the Atlantic Ocean. The
high-nutrient water below 2 km also appeared to

be rich in zinc, which supports the idea that
some of this water mass comes from the South-
ern Ocean (29). However, the deep (>2 km)
water mass does show higher 13C/12C and lower

Cd in the deep North Atlantic
than in the deep South Atlantic;
this finding suggests that waters
originating in the North Atlan-
tic also contributed to the deep
(>2 km) water mass in the LGM
Atlantic. This contribution may
be simply the result of mixing
between GNAIW—which may
form as far south as the Labrador
Sea or the subpolar open North
Atlantic—and the deeper water
mass originating in the south, or
it may consist of the addition of
small amounts of a distinct,
denser water mass forming in the
far North Atlantic (30).

Although the nutrient tracers
provide a coherent picture of the
distribution of water masses, they
provide little information about
the absolute rates of flow in the
deep ocean. A fundamental rea-
son is that the remineralization of
organic matter has a relatively
small effect on the nutrient con-
centration of deep waters in the
Atlantic (at least today) and is
relatively poorly understood.

Deep-Water Radiocarbon Activities
The rate of radioactive decay of
14C is well understood and, in
principle, could provide a mea-
sure of the rate of deep-water
renewal or ventilation. Two ap-
proaches have been developed to
correct past 14C ages from car-
bonate that grew in the deep
ocean for the time since their
deposition. Radiocarbon mea-
surements on benthic forami-
nifera can be corrected using ages
of contemporaneous planktonic
(surface-dwelling) foraminifera
(31–33), and radiocarbon mea-
surements on deep-sea corals can
be adjusted using independent
ages derived from uranium and
thorium isotopes (34–36). Today,
the radiocarbon distribution in the
deep Atlantic mostly reflects the
relative contributions of water
from the north with high 14C
activity and water from the south
with low 14C activity, with only a
small decrease in 14C activity due

to in situ decay within the deep North Atlantic.
Similar to its use in the modern ocean, past 14C
could be combined with other water-mass tracers
to account for this overprint of water-mass

Fig. 1. (A) The modern distribution of dissolved phosphate (mmol liter–1)—a
biological nutrient—in the western Atlantic (61). Also indicated is the southward
flow of North Atlantic Deep Water (NADW), which is compensated by the
northward flow of warmer waters above 1 km, and the Antarctic Bottom Water
(AABW) below. (B) The distribution of the carbon isotopic composition (13C/12C,
expressed as d13C, Vienna Pee Dee belemnite standard) of the shells of benthic
foraminifera in the western and central Atlantic during the LGM (23, 24). Data
from different longitudes are collapsed in the same meridional plane. (C)
Estimates of the Cd (nmol kg–1) concentration for LGM from the ratio of Cd/Ca in
the shells of benthic foraminifera from (25). Today, the isotopic composition of
dissolved inorganic carbon and the concentration of dissolved Cd in seawater
both show “nutrient”-type distributions similar to that of PO4.
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then calculated pre-anthropogenic [CO3
2!] using CO2sys.xls (Ver. 12)

(Pelletier et al., 2005). The GLODAP dataset was not used for our ocean
!13C-[CO3

2!] systematics study because !13C values are not quality
checked and incomplete and some unreasonably negative, probably
!awed, !13C values exist in this dataset (Key et al., 2004; Key, personal
communication, 2007).

2.5. Paleo-[CO3
2!] calculation

Sensitivities of![CO3
2!] onB/Caof 1.14and0.69 "mol/molper "molkg!1

for C. wuellerstor! and C. mundulus, respectively, were used to translate
benthic foraminiferal B/Ca to deepwater![CO3

2!] (Yu andElder"eld, 2007).
Down core![CO3

2!] values are calculated by:![CO3
2!]=![CO3

2!]pre-industrial+
!(B/Ca)/sensitivity, where ![CO3

2!]pre-industrial is the pre-industrial ![CO3
2!]

value (Key et al., 2004) and !(B/Ca) is the B/Ca changes of down core
samples relative to the average of top three samples (Appendix
Supplementary Data). Effects of salinity (S), temperature (T), and pressure

(P) on [CO3
2!]sat, through their in!uences on dissociation constants, are

respectively about +0.5 "mol kg!1 for 3% increase in S, +2.0 "mol kg!1 for
3 °C colder T, and !2.0 "mol kg!1 for 120 m shallower P. The effects from
changes in T and P are offset and the combined effect on [CO3

2!]sat from S, T,
and P is about +0.5 "mol kg!1 on glacial–interglacial timescales. Hence,
pre-industrial [CO3

2!]sat values were used to calculate down core [CO3
2!]

by: [CO3
2!]=![CO3

2!]+[CO3
2!]sat. Based on the global core top calibration

(Yu and Elder"eld, 2007), the average precision (2") in [CO3
2!] is about ±

10 "mol kg!1.

3. Modern ocean !13C-[CO3
2!] systematics

3.1. Observations

Surface waters from tropical/subtropical regions show large
spreads in [CO3

2!] of 30 to 300 "mol kg!1 and !13C of !1 to 2.5‰
(Fig. 2A). At high [CO3

2!] ranges, the distribution of !13C and [CO3
2!] is

Fig. 4. (A) Deglacial change of deep water [CO3
2!] at different depths in the North Atlantic Ocean; (B, C) Comparison of vertical distributions of deep water [CO3

2!] and !13C at the
Holocene (6–8 kyr for BOFS 8K and 0–5 kyr for other cores) and LGM (18–21 kyr). The upper abscissa in (B) shows corresponding pH for the Holocene and LGM (Table 2). Pre-
industrial [CO3

2!] are for nearby hydrographic sites (5291, 22069, 27070, and 27071) (Key et al., 2004). The bold black line represents the calcite saturation concentration (Jansen et al.,
2002). LGM !13C are corrected by 0.32‰ to account for the global carbon reservoir change (Duplessy et al., 1988). Refer to Yu and Elder"eld (2007) for literature !13C data. Error bars in
(B) and (C) represent 1 standard deviation (SD).

213J. Yu et al. / Earth and Planetary Science Letters 271 (2008) 209–220
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Figure 2.4: Existing data studies for LGM water mass geometry 

((Lynch-Stieglitz et al., 2007) and (Yu et al., 2008)) (A) Modern distribution of the biological 

nutrient, dissolved phosphate (µmol litre–1) in the western Atlantic Ocean. Also indicated (by 

vectors) is southward flow of North Atlantic Deep Water (NADW), which is compensated for by 

northward flow of warmer waters above ~1 km depth, and the Antarctic Bottom Water (AABW) 

below ~5 km depth. (B) Distribution of carbon isotopic composition (13C/12C, expressed as !13C, 

relative to Vienna Pee Dee belemnite standard) of benthic foraminiferal calcium carbonate 

shells in western and central Atlantic Ocean during the Last Glacial Maximum (LGM). Data 

from different longitudes are collapsed in the same meridional plane. (C) Estimates of the Cd 

(nmol kg–1) concentration for the LGM from the ratio of Cd/Ca in benthic foraminifera shells 

from (Marchitto and Broecker, 2006). Today, the isotopic composition of dissolved inorganic 

carbon and the concentration of dissolved Cd in seawater both show “nutrient”-type 

distributions similar to that of PO4
3-. Profiles B and C suggest that the glacial NSW-SSW 

boundary is at ~2000m, during H-events it should appear even shallower. Glacial North 

Atlantic Intermediate Water is shown in the lower panel as GNAIW. D: Published deglacial 

change of deep water [CO3
2-] at different depths in the Northeast Atlantic Ocean. As NADW re-

strengthens in the Holocene the reconstructions converge on ~115 µmol/kg. The broad 

implications which are the same, a weaker glacial circulation and more stratified ocean.  

 

Despite the obvious utility of the B/Ca-[CO3
2-] proxy in tracing the incursion of SSW into the 

North Atlantic during rapid climate change events, existing studies are at too low temporal 

resolution to fully resolve the B/Ca changes associated with H-events and do not extend past 40 

kyr. In this study we apply the B/Ca- [CO3
2-] proxy to ODP Site 980, located at 2168 m water 

depth in the Rockall Trough (East Atlantic basin, 55°29’N, 14°42’W, see Figure 2.1). The 

location and depth of this core, being in the path of overflow waters and close to the sites of 

DWF, make it an ideal site for recording the mixing of water in the intermediate North Atlantic 

during the last glacial maximum (Duplessy et al., 1988).  

2.2 Methods 

The rapid sedimentation rates (typically 15cm/kyr) and high abundance of benthic foraminifera 

at Site 980, combined with the improved chronology of (Crocker, Chalk et al., (in prep)), allow 

a temporal resolution and accuracy for geochemical proxy records at this site of multi-

centennial timescales (500 years). Furthermore, stable isotope data and counts of ice rafted 
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debris (IRD) have been collected on the same material used here by (Crocker, Chalk et al., (in 

prep); at 1 sample ~100 years) allowing the relationship between circulation change and 

Heinrich IRD layers to be identified unambiguously. H-events 2-4 are targeted in this study, and 

both are well resolved in the core material. Resolution during the deglacial (including H1) is 

hampered by a lack of core material spanning the section; H1 is included here but with lower 

temporal coverage.  

 

2.2.1 Boron concentration analyses 

20 cubic centimetre samples are picked for epibenthic foraminifera Cibicidoides wuellerstorfi 

from the 212-500 µm size fraction of sediment. Between 8 and 12 individuals were crushed and 

cleaned for trace metal analysis (Barker et al., 2003). A minimum of 8 individuals are analysed 

for each sample to reduce the impact of intra-test variability (Yu et al., 2012). B/Ca ratios are 

analysed on a ThermoFisher Scientific Element 2XR-ICPMS at the University of Southampton 

using a modified protocol from a previous study (Foster et al., 2008a).  Foraminifera are 

individually cracked open to reveal all internal chamber surfaces, before undergoing physical 

clay removal, oxidative cleaning and a weak acid leach. No sample transfer step (to Teflon) was 

performed after repeat analysis confirmed it to be unnecessary, all samples were measured at an 

acid (nitric) strength of 0.5M to matrix match the standards and blank bracketing on the mass 

spectrometer. Samples are screened for clay contamination using Al/Ca and other contaminant 

ratios (eg. Ba/Ca, Fe/Ca), no samples with Al/Ca > 100 were measured and near-complete clay 

removal is assumed. Three internal consistency standards with three different B/Ca ratios (30 to 

450 µmol/mol) were run in each analytical session, to ensure long-term reproducibility. Based 

on the reproducibility of these consistency standards, during the duration of this study our long-

term reproducibility for B/Ca is within 4% at 2 SD (~8 µmol/mol). 

 

Carbonate ion concentration ([CO3
2-]) is calculated using a sensitivity of "[CO3

2-]  ( [CO3
2-] - 

[CO3
2-]sat) of 1.14 µmol/kg per B/Ca µmol/mol for C. wuellerstorfi (Yu and Elderfield, 2007), 

see 1.4.2 for details. [CO3
2-]sat (saturation at Site 980) was calculated from carbonate system 

equations ((Zeebe and Wolf-Gladrow, 2001), (constants and corrections after (Millero, 1995), 

(Mucci, 1983), (Broecker et al., 1982), (Mehrback, 1973) and (Dickson, 1990)) and 

preindustrial [CO3
2-] in deep water above the site, estimated using nearby GLODAP results 

(Key et al., 2004) and using CO2.sys (Pelletier et al., 2007).  
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2.3 Results 

New records of B/Ca, from Site 980 for 0 to 40 ka are shown in Figure 2.5, along with &Nd, !13C, 

!18O and IRD (Crocker, Chalk et al., (in prep)). Prior to 16 ka, B/Ca ratios at this site exhibit a 

broad glacial value of ~230 µmol/mol (equivalent to ~160 µmol/kg [CO3
2-]), above the ~200 

µmol/mol (120 µmol/kg [CO3
2-]) of the Holocene. During the interval from 17 to 40 kyr, there 

are multiple excursions from this background value that are often, but not always associated 

with bona fide H-events, but are generally associated with changes in IRD abundance at Site 

980. One B/Ca excursion not associated with an IRD peak occurs at 19 ka and is most likely 

related to a D-O cycle paced melt water pulse, the 19 ka event, not traditionally recognised as a 

Heinrich layer ((Bond et al., 1999), (Heinrich, 1988)), but is still often associated with a change 

in  deep water mass properties (Clark et al., 2004). There is also a potentially subtle B/Ca 

excursion at H1 and during the Younger Dryas, although both these periods are not covered in 

sufficiently high resolution. The nature of the B/Ca response across each H-event is not 

necessarily uniform (Figure 2.5a). For instance, H3, H2 and potentially H1 are characterised by 

well-defined excursions of ~25 µmol/mol (B/Ca) towards a more acidic (carbonate ion depleted) 

water mass. Yet, during H4, no significant change occurs in carbonate ion concentration of 

water masses bathing Site 980.  
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Figure 2.5: Multi-proxy data stack  

Palaeoceanographic data for the Northeast Atlantic Ocean for the past ~40 ka. A: Deep water 

carbonate ion concentration for Site 980 based on B/Ca ratios in Cibicidoides wuellerstofi, the 

carbonate ion properties of southern sourced water in the modern/glacial Atlantic are shown 

(Yu et al., 2014). The timing of H-events 4-1, as based on ice rafted debris (panel E), are shown 

by vertical grey rectangles. B: Benthic foraminiferal !18O record for Site 980 (C. wuellerstorfi; 

(Crocker, Chalk et al., (in prep))), H2 and H4 show excursions of opposite signs C: Carbon 

isotope composition of benthic foraminifera from Site 980 (C. wuellerstorfi; (Crocker, Chalk et 

al., (in prep))) with typical southern sourced water values shown, phasing differences can be 

clearly seen between !13C and [CO3
2-], they also do not highlight the same H events. The 

indication from the carbon isotopes is a southern sourced water mass, although the carbonate 

ion does not record within 30 µmol/kg of southern sourced composition d) Nd isotope record 

(Crocker, Chalk et al., (in prep)) e) Ice rafted debris (IRD, >150µm) grains/g, % Nps 

(Neoquadrina quadrilina sinitral) and sand-sized detrital carbonate to highlight changes in 

iceberg discharge and temperature. We find that H-events are a prominent feature of the Site 

980 proxy records, but that no southern sourced water reaches the Site, the combination of 

proxies also shows that each event is unique. 
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Combined results from carbonate ion and !13C in the glacial background are in good agreement 

with previous records from the NE Atlantic (Yu et al., 2008). A higher carbonate ion 

concentration than modern NADW would be expected from a well-connected and ventilated 

GNAIW in communication with an atmosphere lower in carbon dioxide and a shallower 

overturning cell. During the deglacial, a clear decrease of >20 µmol/kg is seen at ~17.5 ka 

towards a Holocene value of 120 µmol/kg. It is clear that, whilst the resolution of the record is 

well able to resolve H-events, the excursions do not stand out excessively due to the high 

background variability common to circulation in the North Atlantic, showing that not only was 

the glacial North Atlantic circulation dynamic, but the water masses involved had similar  

[CO3
2-].  

2.4 Discussion 

Given what is known about the [CO3
2-] of glacial-aged water masses (see Table 2-1) the model 

for complete shutdown of North Sourced deep water formation during H-events would be 

expected to result in large decreases in [CO3
2-] during H-events (>60 µmol/kg) at ODP 980. As 

is evident in Figure 2.5, acidic excursions are present but they are limited to <25 µmol/kg. The 

standard model of Northern Sourced Water (mixture of all northern sources NADW, GNAIW = 

NSW) shutdown during H-events is therefore not supported by these B/Ca data (Figure 2.5). 

Indeed, the B/Ca derived data never fall below Holocene values at any point during the 

preceding glacial period. Holocene carbonate ion values at the site are the lowest seen in the last 

40 ka, and at 120 µmol/kg, are in agreement with the values from nearby studies (Yu and 

Elderfield, 2007; Yu et al., 2008) and a near homogenous modern day NADW value (GLODAP 

Key et al., 2004, and Figure 2.4).  
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Water mass Location - Depth [CO3
2-] Reference 

GNADW/GNAIW BOFS17K – 1km 

BOFS11K – 2km 

NEAP8K – 2.4km 

BOFS10K – 2.8km 

130-160 µmol/kg 

120-140 µmol/kg 

110-140 µmol/kg 

110-130 µmol/kg 

Yu et al., 2008 

GAABW (N. Atlantic) BOFS5K – 3.5km 

BOFS8K – 4km 

90-100 µmol/kg 

80-90 µmol/kg 

Yu et al., 2008 

GAABW (S. Atlantic) TN057-21 -  5km 80 µmol/kg Yu et al., 2014 

Table 2-1 A table of the current measured [CO3
2-] values of glacial aged water masses.  

 

Clearly alternatives must therefore be sought to explain the observed !13C and &Nd signatures at 

Site 980, and similarly for other proxy systems applied at intermediate depths elsewhere in the 

North Atlantic (e.g. Pa/Th and Cd/Ca; Figure 2.2; Figure 2.5). It however remains to be seen if 

SSW is to be found at a greater depth in high latitudes, but these data imply a continual supply 

of NSW at least to intermediate depths despite significant fresh water addition to surface waters 

to the high latitude North Atlantic Ocean during H-events.  

 

Insights into the likely water masses present at Site 980 over the course of the last 40 kyr can be 

gained from combined analysis of !13C, &Nd and the new [CO3
2-] presented here (Figure 2.6).  In 

such comparisons, each event shows a different combination of features, implying a non-unique 

cause for each H-event examined. Of the three H-events covered by this study, H2 is the most 

detailed and best-resolved event and appears to consist of several phases (Figure 2.7), starting at 

25.5 ka and ending at 23 ka. The earliest changes are seen in IRD and Nps (Foraminiferal 

abundance change indicating a cooling of surface waters) records, reflecting surface conditions 

(Figure 2.7), and broadly fitting with an initial decrease in B/Ca and increase in &Nd (-30 

µmol/mol and +3 &Nd respectively). Carbon isotopes remain similar to glacial background values 
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for Site 980 (0.8‰) until ~24 ka where they show a 0.5‰ decrease accompanied by background 

B/Ca and IRD flux (Figure 2.6, lower left panel). This decoupling of two related, but 

independent proxy records implies the presence of at least tri-component mixing or a large shift 

in end member compositions for the duration of a H-event. Even in the absence of detailed 

information regarding end member compositions a number of potential circulation scenarios can 

be constructed. For instance, the excursion at the start of H2 and through H3 could represent 

NGS overflow water with high !13C, moderate [CO3
2-], and &Nd close to pure GIN seas (&Nd = -8) 

before mixing with an additional component which shares the properties of water bathing ODP 

Site 980 during H4 (low !13C and high [CO3
2-], which may be a glacial Labrador Sea member, 

see below, Figure 2.6, upper left panel). At the end of H2 the water returns to a purer GNAIW 

background.  

 

 

  

Figure 2.6: Cross-plots of !13C and [CO3
2-] for HEs 1-4 

Cross plots of B/Ca derived [CO3
2-] and !13C to highlight changes in properties of deep water 

masses bathing ODP Site 980 throughout the last deglacial (0-43 ka). Published values for end-

member compositions of deep water masses in the Atlantic Ocean are shown for comparison. A: 

H4 shows a high carbonate low !13C watermass, possibly of LSW origin, a mixing line between 

a hypothesised northern sourced water (using (Winsor et al., 2012) !13C) mass shows there can 

be no more than 25% southern sourced water mixing. B: H3 shows a low carbonate, high !13C 
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(Dokken et al., 2013) water mass likely representing the proximal GIN seas overflow, maximum 

mixing with southern water is 35% (linear mixing line). These mixing values are ‘worst case’ 

southern expansion as the hypothesised mixing water masses are unlikely to >150 µmol/kg 

[CO3
2-]. C: H2 shows likely mixing of two or more deep water masses (see Figure 2.7) and H3 

type initiator followed by a H4 type event. D: the deglacial, though poorly resolved in this study 

shows H4 type characteristics and then moves towards a typical modern NADW space on the 

cross-plot. None of the values observed would suggest anything but separate or mixed northern 

sourced watermasses bathing Site 980. 

 

 

H4 at ~37-39 ka is marked by a large peak in Ice Rafted Debris (IRD) flux including a detrital 

limestone component, indicating a Laurentian source for the lithic material (Broecker et al., 

1992) and is accompanied by an increase in the abundance of cold water foraminifera (Nps %). 

However, here there is no evidence for a significant B/Ca excursion despite the good temporal 

resolution of the data set over this time period and the negative !13C excursion of 0.5‰. These 

!13C values overlap with modern day AABW values showing a definite change in deep-water 

mass properties. However, as noted above, the lack of carbonate ion change makes a southern 

sourced end member for any of the H events including H4 very unlikely. Nd isotope data 

(Crocker, Chalk et al., (in prep); Figure 2.5) show a negative excursion (less radiogenic) in H4 

suggesting either: the entrainment of surface water with &Nd of ~ -13 (as modern), which 

currently descends at a proximal site close to the Rockall Trough, or a brine rejected water mass 

from the Labrador sea which has unradiogenic &Nd (~ -16) and light !13C (Barker et al., 2005; 

Lacan and Jeandel, 2005; Lacan et al., 2012). The Labrador Sea may be under significant ice 

cover during the LGM, where the break in atmospheric communication would cause deep 

waters formed in this region to bear even lower !13C values (Thornalley et al., 2010). A renewed 

DWF in the Labrador Sea is in disagreement with the traditional view (Gherardi et al., 2009; 

Hillaire-Marcel et al., 2001), which is that DWF in the Labrador Sea becomes sluggish and 

stratified during glacial periods. However, more recently this viewpoint has been questioned, 

with the suggestion that Heinrich event ice surges from the Hudson Strait were present, and that 

the consequent resumption of DWF from the area is likely via brine-rejection (Hillaire-Marcel 

et al., 2011; Weber et al., 2001).  Differentiation between these two diverse mechanisms is 

difficult without further proxy data especially as glacial [CO3
2-] values in the Labrador Sea are 

have not been directly documented, nor surface entrainment quantified. They are however likely 

to be similar to other northern sourced end members (e.g. Nordic Seas) due to oceanographic 

similarity.  
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Figure 2.7: Heinrich Event 2 

Palaeoceanographic data for the Northeast Atlantic Ocean mid-depth ODP Site 980 (2168 m) 

spanning Heinrich Event 2. Panels as in Figure 2.5 (note for clarity the "Nd scale is reversed). 

Data show the complex evolution of deep water masses bathing Site 980 during this event. 

Clear phasing differences exist between the different proxies (NB all data gathered from single 

continuous core sections, so relative position is absolute). The onset of H2 is defined here by 

IRD shown in the IRD and NGRIP ice core at 25.6 ka (I), carbonate system changes respond 

later, approximately synchronous with Nd excursion (Crocker, Chalk et al., (in prep)) (II) and 

finally carbon isotopes last (III). The H event terminates at 22.8 ka when the carbon isotopes 

have recovered (IV). This complex mixing implies a multicomponent mixing scenario with 

mixing of two potential deep water masses; one with low carbonate high !13C and one with high 

carbonate and low !13C. 
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H3 is not usually considered to be a large event (Hemming, 2004), and at Site 980 is only 

represented by a small Nps and IRD peak, with no detrital carbonate phase present in the latter. 

B/Ca shows a ~20 µmol/mol decrease, representing a ~20 µmol/kg decrease in carbonate ion 

concentration. Carbon isotopes and &Nd are invariant across this interval, invoking a water source 

of similar characteristics to the glacial background. The most likely candidate for this is 

intermediate depth overflow from the GIN basin where !13C and &Nd and [CO3
2-] may be similar 

to modern NADW, rather than the more ventilated GNAIW (Crocket et al., 2011; Thornalley et 

al., 2010). Another potential explanation involves the minor increase in CO2 around H3 of ~10 

ppm (Ahn and Brook, 2014), the subsequent invasion of this CO2 into the surface water at a 

nearby glacial DWF site, could cause a reduction in pH and [CO3
2-] but not !13C (see Figure 

2.6B). Importantly, if this hypothesis is correct, it implies end member compositions may 

change though time. Nonetheless, if H3 is a GIN sea event as well (Raymo et al., 2004; 

Thornalley et al., 2010), it is either weak, or superimposed on ‘Holocene-type’ conditions (with 

similar water mass properties and sea ice cover).  

 

An event equal to H3 in sign and magnitude in terms of carbonate ion is the 19 ka event which 

is related to a melt water pulse and is thought to be associated with a variation in AMOC 

formation and strength in the Northern Hemisphere and marks the beginning of the collapse of 

the glacial state. Again no southern source water is identified in the Rockall Trough at this time, 

and the similarity with H3 in B/Ca and !13C would indicate that whilst not associated with an 

increase in IRD or the deposition of Heinrich-layer type deposits, and therefore not defined as a 

H event – the MWP at 19 ka is associated with a change in circulation state in the North 

Atlantic. Again, a lack of end member compositions make a more detailed interpretation 

difficult, but the shift to more negative &Nd may point to the involvement/resumption of deep 

water formation in the Labrador sea, or a shift of North Atlantic Drift waters to the sites of 

DWF. Furthermore, this association implies that Heinrich events reflect extreme manifestations 

of mixing phenomena that are relatively common in the glacial North Atlantic.  

 

Another notable feature, the deglaciation appears to have commenced with a similar 

geochemical signature to bottom water that that dominates during H4 suggesting a potential 

increased LSW output at this time. This could also provide a potential mechanism for the 

resumption of full AMOC strength. Once in the Holocene, the composition of water bathing the 
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site moves towards a more radiogenic value and finally reaching the NADW mixture of the Late 

Holocene (containing both LSW and GIN sea deep water components).  

2.5 Conclusions 

We have shown that [CO3
2-] reconstructions from B/Ca ratios in epibenthic foraminifera can 

provide a unique insight into the nature of ocean circulation change in the high latitude North 

Atlantic. Crucially, this method avoids some of the ambiguity presented by more traditional 

!13C records and the #Nd proxy approaches when distinguishing between northern and southern 

sourced waters. With B/Ca-[CO3
2-] we find no evidence for SSW at site 980 (depth 2168 m) in 

the North Atlantic at any time during the last 40 kyr. Our findings illustrate that previous 

interpretations of &Nd, Pa/Th and !13C excursions in this region during H-events are incorrect. In 

light of these new results, we suggest the standard model of northern deep water formation 

cessation during H-events is over simplified and does not fully reflect the complex response of 

AMOC to fresh water addition related to Heinrich events.   
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Chapter 3:   The dynamic nature of North Atlantic 

Ocean circulation during the last glacial cycle 

revealed from combined !11B and B/Ca proxy data 

This chapter is intended for eventual submission as a manuscript to Earth and Planetary Science 

Letters. Additional information and figures can be found in Appendix C.  

 

Atlantic Meridional Ocean Circulation (AMOC) is responsible for transporting heat and 

moisture from the low to high latitudes.  Fluctuations in AMOC strength have been shown 

to play a key role in global and regional climate change on a number of timescales (annual 

to millennial). The origin of the deep water mass that fills the North Atlantic Basin (either 

Antarctic Bottom Water (AABW) or North Atlantic Deep Water (NADW)) is also thought 

to influence the partitioning of CO2 between the ocean and atmosphere on glacial-

interglacial timescales.  The North Atlantic is an important and well-studied ocean basin 

but many proxy records tracing ocean circulation in this region over the last glacial cycle 

are challenging to interpret fully. Our ability to decipher how circulation change in the 

North Atlantic Ocean evolves over a glacial cycle is further hampered by the variable 

spatial and temporal coverage of existing records. To address these issues, here we present 

new boron isotope-pH and B/Ca-[CO3
2-] data from a depth transect across the North 

Atlantic Ocean spanning 2200 to 3900 m and both sides of the Mid Atlantic Ridge. We use 

these records to shed new light on changes in the deep ocean carbonate system across 

marine isotope stage (MIS) 5e to the present. B-based data have great potential to track 

ocean water masses because the B/Ca and boron isotope proxies are directly and 

quantitatively linked to the carbonate system. Our new data confirm that the last 

interglacial MIS 5e has similar characteristics to the Holocene in terms of deep-water 

geometry. We also demonstrate that the deep (~3400 m) North Atlantic Ocean exhibits 

extreme variability in terms of water mass sources during the last glacial cycle, and that 

these variations are strongly correlated to changes in Antarctic temperature suggesting a 

southern hemisphere driving mechanism. Furthermore we find that only in the coldest 

stages (MIS2 and MIS4) of the last glacial is AABW an important component in deep 

water across the whole basin. In contrast AABW appears to influence the eastern abyssal 

North Atlantic throughout the whole of the last glacial (MIS2 through 4). Our data show 

great potential to revisit and re-evaluate the importance of ocean carbon storage.  
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3.1 Introduction 

Over the last 3 million years, Earth’s climate has oscillated between interglacials, much like 

today, and relatively cold glacials.  This change in climate state is paced by changes in Earth’s 

orbital parameters and, for at least the last 800 kyr, is demonstrated (Milankovitch, 1941) to 

vary in tandem with, and hypothesised (Broecker and Denton, 1989; Meyers and Hinnov, 2010) 

to be amplified by, changes in atmospheric CO2 (low(high) during glacials(interglacials)). The 

most recent glacial termination (Termination I; T1) occurred just 16 kyrs ago and a wealth of 

proxy records are available for this important interval but the forcing/amplifying mechanisms 

responsible for repeating glaciation and deglaciation cycles remain far from fully understood 

(Rae et al., 2014; Skinner et al., 2010; Thornalley et al., 2011). The rapidity and magnitude of 

the changes in CO2 that are documented in the ice core records suggest that the ocean must play 

a large role in controlling atmospheric CO2 because the oceans are the only component of 

exogenic carbon cycle with the storage capacity and residence time to set the structure of 

millennial-scale changes. Thus, it is important to determine where in the deep ocean 

atmospheric CO2 is sequestered during glacial intervals. Among the many possible mechanisms 

(e.g. (Brovkin et al., 2012; Hain et al., 2010; Sigman et al., 2010) the expansion of DIC-rich 

[CO3
2-]-poor Antarctic Bottom Water (AABW) into the North Atlantic basin is thought to be 

particularly important ((Brovkin et al., 2012; Hain et al., 2010; Skinner, 2009). This suggestion 

is supported by carbon isotope records in benthic foraminiferal calcite (Curry and Oppo, 2005). 

Shoaling of NADW provides a plausible mechanism for isolating AABW from the atmosphere 

and locking away carbon in the deep ocean (Figure 3.1).  

The traditional view is that a large expansion of AABW could account for a substantial 

component of the ocean-atmosphere reshuffle of carbon dioxide (Sigman and Boyle, 2000; 

Sigman et al., 2010; Skinner, 2009), as more of this carbon rich water locked away in the deep 

ocean isolates CO2 from the atmosphere. Opinion is divided, however, on the extent to which 

sustained northern DWF could contribute to the Atlantic deep-water budget, thus inhibiting the 

potential volumetric proportion of AABW, and continuing to drive vigorous deep water 

convection (Dokken and Jansen, 1999; Hoffmann et al., 2013; Vidal et al., 1998). Most 

published efforts to track NADW has utilised !13C in benthic foraminiferal calcite, and this 

work has greatly improved our understanding of circulation. However, there is a degree of 

ambiguity associated with the use of !13C as a water mass tracer. The main issue is that !13C is a 

semi conservative tracer, meaning that its preformed (surface) water signal can be modified 

when transmitted to the deep and during the deep-water pathway. In addition, the end member 

compositions are far from constant and vary as a function of climate (and many other 

suggestions), in particular air-sea gas exchange (Lynch-Stieglitz et al., 1995). Southern sourced 
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water (SSW) is typically characterised by low !13C and appears in the North Atlantic during 

glacial maxima (Figure 3.2), but it has long been suggested that there could be a low !13C 

northern water source, which gains influence during the glacial maxima (Raymo, 1994). Other 

proxies commonly used to establish water mass provenance suffer from similar issues 

((Crocker, Chalk et al., (in prep)), see Chapter 2: ). 

 

Figure 3.1: Site map and circulation contrast  

Locations of the cores used in this study, ODP Site 980 and IODP Sites U1308 and U1313 

present a depth, latitude and longitude transect of the North Atlantic. We also compare to the 

published data of Yu et al., (2010b) from core VM28-122 in the Caribbean Sea. Flow of modern 

deep water is indicated by the arrows - after Raymo et al., (2004) modified from Yu et al., 
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(2008), dashed lines indicate Intermediate water pathways over the Caribbean sill (depth 

~1.8km), map was created using Ocean Data View (Schlitzer, 2009). Sections are from (Curry 

and Oppo, 2005) and show carbon isotope (!13C) during the modern (left) and LGM 

reconstruction (right - NB West Atlantic only), the pervasion of southern origin water is made 

clear by a shallowing of the overturning cell. Abbreviations are: NGS, Norwegian–Greenland 

Sea; DSOW, Denmark Strait Overflow Water; ISOW, Iceland Sea Overflow Water; WTRO, 

Wyville Thomas Ridge Overflow; LSW, Labrador Seawater; LDW, Lower Deep Water. 

 

The geochemistry of boron in foraminiferal tests offers great potential to shed new light on this 

problem. The direct link to the carbonate system provides a unique insight into ocean carbon 

storage and because the carbonate system is semi-conservative in the oceans, and is thought to 

have fewer controlling influences than !13C, B/Ca and boron isotopes in benthic foraminifera 

can also provide valuable means to trace water mass history ((Crocker, Chalk et al., (in prep); 

Yu et al., 2008). Problems associated with analytical methods have recently been quantified 

(Foster et al., 2013; Hathorne et al., 2013), meaning that direct comparison of datasets generated 

in different laboratories and with different instruments (e.g. plasma and thermal mass 

spectrometry methods) is now possible. Epibenthic foraminifera are proven to be suitable for the 

reconstruction of modern hydrographic conditions (Marchitto et al., 2014; Rae et al., 2011; Yu 

and Elderfield, 2007). Although both the !11B-pH proxy and B/Ca-[CO3
2-] proxy rely partially 

or completely on the pH dependent speciation of B(OH)4
-
sw, they are fully independent of each 

other, although only the boron isotopic system has a fully quantitative inorganic chemistry basis 

(Rae et al., 2011). In principle, by using the two proxies in combination we can fully reconstruct 

the carbonate system and assess oceanic carbon storage.  
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Figure 3.2: Carbon isotope profile from Atlantic Sites 

Top panel: carbon isotope data from all three sites, red: 980 (2168 m; McManus et al., 1999), 

blue: U1313 (3426 m; DSDP 607, Raymo et al., 1989) and dark blue: U1308 (3871 m; Hodell 

et al. 2008). Bottom panel: LR04 stack oxygen isotope data showing global ice volume and deep 

sea temperature (Lisiecki and Raymo, 2005). From carbon isotopes it is difficult to unpick the 

origin of any excursions although there is a general agreement between sites, and lighter 

isotopes in MIS 2, 4 and 6 suggest expansion of AABW across the basin and up to intermediate 

depths.   

 

 

Southern source water in the Atlantic is known to have remained low in carbonate ion 

concentration throughout the last glacial period from qualitative measurements (e.g. 

preservation (Hodell et al., 2001)) and quantitative measures (e.g. [CO3
2-], (Yu et al., 2014)), 

although there are suggestions of an increase in the Antarctic DWF area (Rickaby et al., 2010b), 

these require further validation. It has also been shown that in the LGM a strong stratification 

took place at greater depth where a more stagnant Atlantic Ocean basin contained sluggish 

water masses (Curry and Oppo, 2005; Lippold et al., 2009; Yu et al., 2008). During T1, modern-

style circulation resumes as stratification collapses (Yu et al., 2008), but when and how that 

stratification developed across the North Atlantic basin is still clouded in uncertainty, due to the 

depth, and lateral coverage of existing B/Ca records and the uncertainty brought by relative 

ambiguities in &Nd and !13C proxy evidence (Figure 3.2, and Chapter 2: ).  
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3.1.1 The boron isotope proxy 

Boron exists as two molecular species in the ocean, borate ion (B(OH)4
-) and boric acid 

(B(OH)3). The relative proportion of these two compounds is tightly controlled by the chemistry 

of the ocean and related directly to pH (see Equation 1:7). Boron isotopes can be used as a 

proxy for the pH of the surrounding water mass during calcification of benthic foraminifera 

because there is an isotopic fractionation between the two species of boron in seawater, 

(Hemming and Hanson, 1992; Rae et al., 2011).  See 1.4.1 for a more detailed description of the 

proxy.  

3.1.2 The B/Ca proxy 

As the proportion of B(OH)4
- in the ocean is controlled by pH, it might be expected that B/Ca in 

benthic foraminiferal calcite would vary as a function of pH as well. However, benthic B/Ca has 

been shown to correlate more strongly with the carbonate ion content of the surrounding water 

mass (Yu and Elderfield, 2007), or more specifically, the degree of oversaturation with respect 

to calcite ("CO3
2-= [CO3

2-] – [CO3
2-]sat, temperature, salinity and pressure are all assumed to be 

at modern values). Although the exact cause of this empirical relationship is unknown it perhaps 

suggests some role for biogenic mediation of the calcification process, which is related to 

saturation in relation to carbonate ion. Prior work has already shown B/Ca to be a reliable proxy 

for carbonate ion in the Late Pleistocene (Rae et al., 2011; Yu et al., 2014; Yu et al., 2010a; Yu 

et al., 2008; Yu et al., 2010b). 

 

The aim of this study is to assess the potential of boron based proxies for solving deep ocean 

carbonate storage questions, and start to quantify how much extra carbon (if any) is stored in the 

North Atlantic during the glacial maxima. Changes in ocean circulation could be responsible for 

the drawdown and release of CO2 on orbital timescales, and thus the utilisation of boron as a 

semi-conservative tracer has an unparalleled potential to help solve the role of ocean circulation 

in drawdown and release of carbon. In this study we provide !11B and B/Ca data from a depth 

transect across the North Atlantic from Ocean Drilling Program (ODP) Site 980 and Integrated 

Ocean Drilling Program (IODP) Sites U1313 and U1308 to elucidate changes in the 

intermediate and deep ocean carbonate system throughout the important Last Glacial Cycle 

(LGC).  

 



                               Chapter 3: North Atlantic carbonate system and circulation 

 65   

3.2 Material and methods 

3.2.1 Samples and age model 

To reconstruct boron isotope and B/Ca of North Atlantic Ocean over the LGC, sediment 

samples were taken from ODP Site 980 (2184m depth), IODP Site U1313 (3426m depth) and 

IODP Site U1308 (3871m depth). Site 980 was targeted because it is currently bathed in 

intermediate water sourced from the North. Sites U1308 and U1313 were chosen because they 

are currently bathed in NADW, respectively, in the eastern and western abyss of the North 

Atlantic. These cores have already been heavily sampled so the samples for our study were 

taken from outside of the primary splice. Physical properties were then used to tie our sample 

depths (~10cm spacing) to the site splices and their age models (Hodell et al., 2008; McManus 

et al., 1999), Sites 980 and U1308 respectively. Site U1313 was graphically correlated to the 

chronology of its predecessor site Deep Sea Drilling Program (DSDP) Site 607 (Raymo et al., 

1989). All cores are thus tied to the common chronology of the LR04 stack (Lisiecki and 

Raymo, 2005), the top 40 kyrs of ODP 980 is an exception and uses updated chronology 

(Crocker, Chalk et al., (in prep)). The sample sets chosen cover the last 150 kyrs and therefore 

two glacial terminations and the whole of the LGC.  

  

Our study sites provide an excellent way to track deep water variation because they represent a 

depth and latitudinal transect in the North Atlantic Ocean. We also compare our new records 

with published data from a site in the Caribbean (Site VM28-122). Today VM28-122 lies at 

3620m, although owing to a shallow sill its effective depth is ~1800m, as intermediate water 

from the Atlantic enters and circulates to depth (Yu et al., 2010b), making it an ideal site for 

tracking changes in intermediate water in the Central Atlantic.   

 

Hydrographic data for the sites (used for carbonate system calculations) was gathered from the 

GLODAP dataset (Key et al., 2004), and are presented below in Table 3-1:   
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Site Temperature Pressure Salinity pH [CO3
2-] 

980 4°C 21.70 MPa 35 psu 8.00 
 

119.9 
µmol/kg 
 

U1313 3°C 34.26 MPa 35 psu  7.97 
 

123.0 
µmol/kg 
 

U1308 3°C 38.71 MPa 35 psu 7.96 
 

116.8 
µmol/kg 
 

Table 3-1: Hydrographic data for the study sites 

 

3.2.2 Analytical techniques 

Sediment samples from core material were washed with deionised water and sieved to >63µm, 

to separate fine and coarse fractions, Foraminifera (Cibicidoides wuellerstorfi) were picked 

from the 212-500 µm size fraction. Samples were prepared in a fully boron free laboratory suite 

at the University of Southampton. Clays were physically removed by repeated rinses with 18.2 

M% cm MQ water. Oxidative cleaning to remove organic material was undertaken using a 

buffered 1% H2O2 solution. Finally a weak acid (0.0005M nitric acid) leach step was undertaken 

after sample transfer to fresh Teflon vials prior to dissolution in ~0.075M nitric acid. These 

analytical methods follow those of (Foster et al., 2008b; Henehan et al., 2013; Rae et al., 2011) 

and are only significantly modified to allow for reduced sample loss, for instance, care was 

taken to crack foraminifera individually and no sample transfer step was undertaken for Me/Ca 

(Metal - calcium). As all work is carried out on shallowly interred sample material, physical 

cleaning (Barker et al., 2003) can be reduced, though strict criteria are used to rule out clay 

contaminated results (samples with Al/Ca >100µmol/mol removed from this study). Clay 

contamination can be a problem for boron isotope analysis due to the relatively high 

concentration of boron in clays (B3+ can substitute for Al3+) and the low !11B of clay derived 

boron (see Figure 1.8). 

 

 As the boron concentration of foraminiferal calcite is fairly low (~25ppm), high benthic 

abundances (300 µg Cibs/g sediment) are required in order to carry out reliable tandem !11B and 

B/Ca measurements.  
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3.2.3 Isotope determination 

Boron was separated from the calcite matrix using boron-specific anionic exchange resin 

Amberlite IRA 743 (Kiss, 1988) in a 20 µl purpose made column. The samples were buffered 

using an acetic acid and Na-acetate mixture to ensure the correct pH for boron retention. 

Columns were carefully calibrated to ensure complete elution, and were checked during the 

processing of each sample by the measurement of a column tail, which over the course of this 

study was always <<1% of total boron yield. Samples were measured for boron isotope 

composition on Thermo Scientific Neptune MC-ICPMS at the University of Southampton. The 

mass spectrometer method follows previous work (Foster, 2008), and stability is prioritised to 

improve reproducibility. Standard bracketing and a suite of in house standards ensure that any 

machine-introduced mass fractionation is accounted for. External reproducibility of the MC-

ICPMS !11B method (at 95% confidence, 2SD) is typically <0.25‰ on 10ng of B (10-30 tests) 

and on duplicate samples was <0.15‰.  

 

3.2.4 Element ratios 

All !11B samples were screened for effective cleaning via elemental analysis, and replacement 

samples were used for any aliquots that were <1mmol [Ca] to provide more precise elemental 

concentration data. In addition, due to the faster sample throughput and lower calcite 

requirements, many ‘B/Ca only’ samples were also measured for each site, which can later be 

validated with the lower resolution !11B results. All samples used at least 10 individuals to 

reduce the possibility of intrasample bias (Yu and Elderfield, 2007). Metal element–calcium 

ratios (Li, B, Na, Mg, Al, Mn, Sr, Cd, Ba, Nd, and U) were analysed using a Thermo Element 

2XR ICP-MS at the University of Southampton. Analytical precision is judged by the 

reproducibility of several in house standards and is <5% for all elements and <4% for B/Ca 

ratios. Replicates were made from Site 980 and agreed within reproducibility or 3% (~7 

µmol/mol).  

 

3.2.5 Isotope and B/Ca comparison 

B/Ca was converted to [CO3
2-] using the species specific and core top calibration (Yu and 

Elderfield, 2007), see below. Calculated data from all sites (this study) are in agreement with 
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measured carbonate data (GLODAP) during the Holocene – as well as previously published 

works (Yu et al., 2010a; Yu et al., 2008) for the LGM and have consistent values in carbonate 

properties ([CO3
2-] ~118 µmol/kg, and pH~7.95).  

 

!!!!!!!!"#$ ! !!!!!!!!! ! !!!!!!!!"# 

Where: ! !!!!! ! ! !"!!""!!!
!!!"  as per the published calibration (Yu and Elderfield, 2007) 

 

Modern [CO3
2-]sat  ([CO3

2-]/% ) is calculated for each site and is matched to measured data from 

the core top (and the modern hydrographic conditions), where % is the calcite saturation state. 

pH is calculated from the equation outlined below (Hemming and Hanson, 1992), where only 

the charged B(OH)4
- species of oceanic boron is incorporated into the foraminiferal calcite. 

!11Bsw has been repeatedly measured, and is well constrained over the period of this study due to 

its long residence time, here we have used a value of 39.61‰ (Foster et al., 2010b; Lemarchand 

et al., 2000). !! is taken as 1.0272 ± 0.0006 (Klochko et al., 2006) and !!!!  is calculated from 

inorganic chemical constants as described elsewhere (Dickson, 1990; Zeebe, 2005). 

!" ! !!!! ! !"# ! !!!!!" ! !!!!!"!#!
!!!!!" ! !! ! !!!!!"!#! ! !""" ! !!! ! !!

 

Using these pH and [CO3
2-] values we can look in detail at the carbonate system. 

 

3.2.6 Theory/calculation 

The ocean carbonate system can be fully described by 6 variables.  These are: Dissolved 

inorganic carbon (DIC), Total alkalinity (TA), [CO2]aq, [HCO3
-], [CO3

2-] and pH, where: 

DIC  ! !"! ! ! !"! ! ! !"#!! ! !"!!!  

TA = !"#!! ! ! !"!!! ! !!"!! !! ! !!!! ! !!!!"!!!! !!"#$%!!"#$"%&%'(  

pH = -log[H+] 

 

These six variables can be fully described by the following four equations: 
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1. ! !"! ! !!"# ! ! !!!
!!!! !

!!!!!!
!!!!!  

2.! !"#!! ! !!"# ! ! !!!!
!!!

! !!!
!!!!  

3.! !"!!! ! !!"# ! ! !!!!
!!!

! !!!!!
!!!!!!

 

4. !" ! !"#!! ! !!!"!!!! 

 

where: !!!! ! ! !
! !!"#!!!
!!!!!

 and !!!! ! ! !!"!
!!! !!

!!"!!!!
 are the first and second dissociation constants of 

CO2 in seawater, respectively. 

 

If two variables are known the whole carbonate system can therefore be defined using the paired 

!11B-pH and B/Ca-[CO3
2-] approach. A problem that must be considered, however, is the 

precision required for each proxy measurement should the solution have any usable meaning. 

For example, although it is possible for two parameters in the carbonate system to vary 

independently, in the natural world some are very tightly coupled (eg. DIC and ALK, or pH and 

[CO3
2-]). Thus, the plausibility of such a holistic approach – using pH and [CO3

2-] is limited to 

large changes (e.g. >400 µmol/kg DIC change) in the carbon system Yu et al., 2010b) due to the 

error propagation of the proxies (Rae et al., 2011). Nonetheless, a multiproxy approach is still 

advantageous because, as noted above, the two proxies are independent but should yield similar 

results. Following (Yu et al., 2010b) and (Rae et al., 2011) we make a comparison between the 

proxy results by assuming: a constant alkalinity from B/Ca and comparing pH reconstructed to 

that measured from !11B using the relationships described above. This allows us to validate the 

empirical B/Ca-[CO3
2-] proxy, by its constraint with inorganic carbonate chemistry via boron 

isotopes (see D.1).  The advantage of this validation is that significantly more data can be 

generated from the B/Ca proxy as data are easy to produce and smaller samples are required. 

This gives the possibility of opening up significant proportions of the ocean basins to semi-

quantitative reconstruction of the carbonate system and could allow ocean carbon cycle 

mechanisms to be looked at in unprecedented detail.  
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3.3 Results 

 

Figure 3.3: !11B and B/Ca data 

Top panel shows boron isotope data from all three sites, red: 980, blue: U1313, dark blue: 

U1308 (dotted uncertainty for clarity) and orange: VM28-122 (Yu et al., 2010b). Uncertainty is 

shown by the shading and dotted boxes. Site 980 shows no change, except for 5e. The deep 

water sites (U1313 and U1308 3426m and 3871m respectively) are more variable but due to 

small changes and large uncertainty interpretation is limited. U1313 shows the most structure 

of the core sites showing distinctly higher values in MIS 5 and 3 and a lower in MIS4. U1308 

has lower values at MIS 5b and during MIS2 and the LGM.  Middle panel shows B/Ca from the 

same sites (and same colour scheme) revealing more structure due to the higher resolution.  

MIS variability is clearly visible, and suborbital structure in particular at U1313. The lower 

panel shows the LR04 stack of benthic isotopes from chronology (Lisiecki and Raymo, 2005).  

 

We show new !11B and B/Ca data from (I)ODP 980, 1313 and 1308 as well as published data 

from the Caribbean (Yu et al., 2010b). Despite the much higher resolution of the B/Ca, the data 
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show the same trend as the isotopes, within analytical error. Given the size of the uncertainty 

envelopes, the changes in bottom water !11B at our study sites appear muted (< 2‰, Figure 3.3) 

and only U1313 shows significant change of pH from Holocene values over the last glacial 

cycle. In contrast, our B/Ca ratio data, which is more highly resolved than our !11B data (1-5 kyr 

vs. 10 kyr), captures orbital changes over the glacial cycle and these are particularly evident at 

the deeper sites (U1313 and U1308).  

 

In Figure 3.4 we compare our new estimates of pH from !11B and carbonate ion derived from 

B/Ca ratios for Sites 980, 1313 and 1308 to existing data derived in the same manner from 

Caribbean Site VM28-122 (Yu et al., 2010b). To first order, the depth-latitude transect of the 

sites shows that, given the similarity in values, all sites are bathed by a high [CO3
2-], high pH 

water mass during the Eemian (MIS 5e)– a pattern similar to that seen in the Holocene and 

today. In contrast, considerable stratification is seen in terms of the carbonate system in MIS 4-

MIS 2 with the intermediate Site 980 shifting to higher B/Ca values and the deeper U1313 and 

U1308 showing lower values. This result points to the existence of a different lower deep water 

cell and a water mass interface for the LGM lying between 2200-3400 mbsl– consistent with 

previous studies (Curry and Oppo, 2005; Yu et al., 2008). !11B data for the LGM is sparse and 

relatively imprecise, but results are consistent with this interpretation. The water column 

appears to have been similarly stratified during MIS6, although data in this interval are 

particularly imprecise because of very limited sample sizes available for !11B analysis at Site 

U1308. Superimposed on the common large-scale features our B/Ca record also points to the 

existence of suborbital scale structure revealed by the higher resolution.  

 

It is important to note that due to the Coriolis effect on fluid circulation the Atlantic Ocean can 

be longitude- as well as depth-stratified, and thus differences between our two deepest sites may 

represent stratification changes in either dimension. Our [CO3
2-] records from MIS 2 to MIS 1 

overlap with the more extensive B/Ca-focused study in the eastern basin of Yu et al., 2008 (see 

Figure 3.4).  When plotted together we see that the data from our study sites show similar values 

at similar depths suggesting a similar pattern of carbonate system stratification in the western 

North Atlantic during the last glacial period (Figure 3.4). This observation strengthens the 

argument that carbonate ion stratification in the LGM is determined by depth-rather than ocean 

sub basin. Extending past the compilation of (Yu et al., 2008) we find that MIS 3 deep water is 

more similar to the Holocene at depth than MIS 2, despite the low atmospheric CO2 and 

increased carbonate ion in intermediate water (980, and VM28-122).  
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Figure 3.4: B/Ca-[CO3
2-] depth profile 

Data from ODP980, IODP U1308, IODP U1313, and VM28-122 plotted with a compilation 

from the North-East Atlantic (Yu et al., 2008). LR04 stack shown in lower panel for reference 

(Lisiecki and Raymo, 2005). Shallow sites form an upper, high carbonate cell during the LGM 

and deeper sites a low carbonate cell.  These cells disappear at the resumption of a strong 

AMOC during the deglaciation, ~17 ka. Red = 980, Green = BOFS17K, Orange = VM22-128, 

Pink = BOFS11K, Brown = NEAP8K all<2,400m . Blue = BOFS10K, Purple = BOFS5K, 

Black= BOFS8K all >2,800m 

 

The pattern and distribution of water masses between MIS 5 and MIS 2 appears more complex 

than previously documented. For instance, during MIS 3 and through MIS 5, U1313 (water 

depth = 3426 m) exhibits relative high [CO3
2-] (B/Ca of ~220 µmol/mol), similar to that seen at 

the shallowest Site ODP 980 (water depth = 2184 m). U1308 (water depth = 3871m) tends to 

exhibit lower [CO3
2-] values but LGM-like values are only seen during MIS 5 b, d, and MIS4, 

during which time U1308 and U1313 appear to be very similar, but both significantly more 

corrosive than ODP 980. This observation is once again supported by the available !11B data.  
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Stage 5e shows similar baseline to the Holocene but potentially with more variability, consistent 

with recent work concerning AMOC (Galaasen et al., 2014). Stage 6 is broadly similar to the 

LGM.  

3.4 Discussion 

Our [CO3
2-] and pH data support previous interpretations of a well ventilated northern-sourced 

overturning cell in the last glacial North Atlantic Ocean. Specifically, our data demonstrate high 

carbonate ion concentration in intermediate waters (~150 µmol/kg with the notable exception of 

H-events, removed from this record, see Chapter 1: ) throughout the last glacial period (MIS2-4 

inclusive). We also note the expansion of the lower (SSW) cell to shallower depths (up to 3426 

m) at periods during the last glacial cycle – but not reaching intermediate water depths as 

demonstrated by continuous high carbonate at Site 980 (2184 m). Carbonate ion concentration 

and pH are at their lowest in the deep water sites during MIS2 and MIS4 (70-100 µmol/kg, pH 

7.9). 

Site 980 represents an end member site for a continual northern supply (Raymo et al., 1990; 

Venz et al., 1999). Our data support this contention because they show an increase in pH and 

[CO3
2-] from pre-glacial values during the whole glacial period from good communication with 

the atmosphere and continued overturning. This observation is consistent with the existence of 

GNAIW at 980 and previous intermediate water reconstructions in the Northeast Atlantic at 

similar depths (Yu et al., 2008; Yu et al., 2010b). Stage 5e and the Holocene show typical 

modern-NADW values, which are mirrored at all three site locations – and thus show Stage 5e 

circulation was not significantly different to the modern.  
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Figure 3.5: pH and [CO3
2-] results 

Paired pH and carbonate data from VM22-128 (Yu et al., 2010b), ODP 980, IODP U1313 and  

IODP U1308. Bottom panel: Ice core CO2  (Ahn and Brook, 2008; Petit et al., 1999), the 

deglacial termination is marked by a strong reorganisation of the ocean across all sites.  In all 

sites the pH and carbonate reconstruction follow similar distributions adding confidence to the 

use of B/Ca as a carbonate proxy. Deep water on both sides of the Atlantic reaches SSW 
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compositions of [CO3
2-] at times during the glacial cycle. Shallower sites record high 

carbonate, high pH intermediate water throughout the glacial period. All diamonds = boron 

isotope derived pH, all circles = independent B/Ca derived [CO3
2-], squares = paired B/Ca 

derived [CO3
2-] (with isotope measurements). 

 

 

Table 3-2: Average bottom water [CO3
2-] results and modern end member compositions  

AABW: <70 µmol/kg, NADW/NGS/LSW: 110 µmol/kg /130 µmol/kg /unknown (assumed ~130 

µmol/kg; Yu et al., 2014) and Site 980 (this study). Light blue = NSW, dark blue =SSW, mid 

blue= mixture 

Site  Holoc

ene 

LGM/

MIS2 

MIS3 MIS4 MIS5 MIS6 

a b c d e 

980 120 130 130 130 130 130 130 130 100 130 

1313 120 100 130 90 120 120 120 120 120 100 

1308 120 70 110 90 110 80 110* 80 110 70 

* represented by a single datapoint 

 

Table 3-3: Average bottom water pH results and modern end member compositions  

AABW: 7.8, NADW: 8.1 (modern values) See above for colour scheme.  

Site  Holoc

ene 

LGM/

MIS2 

MIS3 MIS4 MIS5 MIS6 

a-d e 

980 8 8 8 8 8 7.9 8 

1313 7.9 7.9 7.9-8 7.85 - 7.9 8 7.9 7.9 7.95 

1308 7.95 7.85 7.95 7.9 7.95 - 
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Though there is a potential added effect from U1313 and U1308 being situated on opposing 

sides of the MOR, to a first order the carbonate system is depth dependent in the North Atlantic, 

with the western basin following the same trends as a compilation of records in the eastern basin 

(Yu et al., 2008) for a given depth, although whether this trend continues into MIS 3 is not 

presently known.  

During MIS 3 (~29-57 ka), continued northern DWF can be seen from the high carbonate and 

high pH at U1313. This implies NSW expanding to deeper depths than in the surrounding stages 

(MIS2 and 4), complicating the dynamics of NADW during this cycle. The high carbonate ion 

waters however, do not reach 3800 mbsl on the eastern side of the MOR, although some mixing 

may occur as indicated by a 20 µmol/kg increase in carbonate ion at U1308.  This could be due 

to a diminishing influence of the Antarctic cell, allowing more vertical mixing, or NSW entering 

from the Charlie Gibbs Fracture Zone to the North. MIS 4 (~57-71 ka) shares a similar 

distribution to the LGM, but with even lower carbonate ion concentration at both of our deep 

study sites (U1313 and U1308). This result points to the largest expansion of AABW during the 

cycle and would require virtually no mixing of high carbonate water at Site U1313. Stage 5 is 

characterised by variability, high carbonate again at U1313 and 980, and dynamic carbonate ion 

concentration (80-120 µmol/kg) at U1308 coinciding with Stages 5a-e, a,c,e being full 

interglacials with a rapid overturning and b, d showing more glacial characteristics although the 

age control and resolution are not sufficient to say with absolute certainty.  
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Figure 3.6: Deep water carbonate  

Top panel: Deep water carbonate records (dark blue, Site U1308 - medium blue, Site U1313) 

shown with analytical and calibration uncertainties (dark and light shading respectively). 

Bottom panel: Antarctic temperature (dark) and Greenland temperature (light) record as 

derived from ice core oxygen isotopes (Johnsen et al., 2011; Petit et al., 1999) . 

 

To fully make use of carbonate system data, a quantitative link to the carbon cycle is desirable, 

as well as linking to mechanisms that may be involved in the carbon cycle such as temperature 

or ocean circulation proxies. During the last glacial cycle, we can make use of the high fidelity 

ice core records to provide us with global CO2 concentrations, and also temperature close to 

high latitude DWF sites (from !18O ice).  

Decreases in AAtemp(Jouzel et al., 1993) are associated with decreases in carbonate ion at U1308 

(Figure 3.6). This is indicative of expansion of AABW from falling temperatures in the 

Southern Ocean and increased density in DWF areas. Furthermore, carbonate ion decreases in 

the deepest glacial maxima are associated with contemporaneous decreases in carbonate ion in 

U1313. This suggests that increased DWF of DIC rich, [CO3
2-] poor water in the Southern 

Ocean and expansion into the North Atlantic is key to the removal of CO2 from the atmosphere 

and the correlated changes in temperature. Unfortunately age control is not good enough to 

allow us to assess causality, and it is unlikely that this will ever be known from marine archives 

for these changes. During MIS 3, connection of Site U1313 to the Southern Ocean is weaker 
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and we suggest that the suborbital cycles in [CO3
2-] are instead linked to changes in the 

Greenland temperature record (Johnsen et al., 2011; Johnsen et al., 2001; Figure 3.6). 

 

A plot of ![CO3
2-] ([CO3

2-]980 - [CO3
2-]U1313 and U1308) reveals the relative influence of northern 

and southern sourced waters in the basin. This follows previous approaches (Raymo et al., 1990; 

Venz et al., 1999) and makes the assumption that Site 980 always represents a northern source. 

The results are shown in Figure 3.7. Any positive divergence from 0 (which is the 

approximately the Holocene value), represents a strong overturning and marks an increase in 

stratification of the basin and greater influence of SSW. The most prominent features in Figure 

3.7 are MIS2 where deep water [CO3
2-] is between 50 and 90 µmol/kg lower than for NSW, 

MIS4 (70 µmol/kg lower), and MIS 5d (40-70 µmol/kg lower).   

 

  

Figure 3.7: [CO3
2-] gradients in the North Atlantic 

The difference between NSW end member (980) and the two deeper sites U1313 (light blue) and 

U1308 (dark blue), calculated by [CO3
2-]980-[CO3

2-]SITE. ![CO3
2-] is large at U1308 particularly 

during times of CO2 decline, suggestion the deep East Atlantic is an important storage 

reservoir. The shape of the stratification bears striking resemblance to AA temperature record 

(Figure 3.6) and CO2 (bottom panel). MIS3 shows more influence from the North suggesting 

resumed NADW and enhanced correlation to the Greenland ice core record (Figure 3.6).  

 

 

The form of these increases in stratification bear a striking resemblance to the pattern of CO2 

decline, with the exception of the exit from MIS4 where CO2 decline comes during a period of 
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reduced stratification (Figure 3.7) suggesting that CO2 decline for MIS4 may have been caused 

by another mechanism or expansion of AABW outside the Atlantic region. In addition, Figure 

3.7 highlights the control of Antarctic temperature on driving deep water circulation in the 

Atlantic rather than global ice volume (Shackleton, 2000). The exception to this is millennial 

variation during MIS3 at site U1313, which is more likely triggered by enhanced Northern 

hemisphere variability seen in the GRIP ice core (Figure 3.6). 

 

U1313 shows the most remarkable deep-water circulation changes of our sites, suggesting that 

the mid-abyssal depths in the Atlantic are the most dynamic, or perhaps that the western basin 

experiences much more G-IG variability than the eastern. Carbonate ion in the western Atlantic 

has particularly strong correlation with declines in atmospheric CO2 and thus this observed 

expansion of SSW to shallower depths and higher latitudes may be a mechanism for CO2 

decline. As a storage reservoir, this dynamic ocean cell has implications for the response time of 

ocean-atmosphere connections and is capable of millennial scale variability.  

 

Millennial scale variability in carbonate ion reconstruction has never before been observed in 

deep ocean water, whereas it a particularly prevalent feature of our U1313 record. During MIS3 

(~29-57 ka) multiple cycles with amplitudes of around 20 µmol/kg are seen at Site U1313, 

which are of the approximate duration of variations in precession, CO2 in the Antarctic ice cores 

(~20 kyr, (Ahn and Brook, 2008)) and !18Oice changes in the Greenland ice sheet, indicating a 

potential northern influence on the MIS 3 variation (Johnsen et al., 2011; Johnsen et al., 2001). 

This would suggest that deep water in the North Atlantic is very tightly coupled with small 

changes in climate (either fluctuations in the strength of deep water flow are a key control on 

climate, vice versa, or both). The finding of reasonable or even enhanced circulation at MIS3 is 

not new, and has been suggested from flow speed proxy data (Hoogakker et al., 2007; Lippold 

et al., 2009) and seen as the outcome of coupled climate models (Swingedouw D. (pers comm)). 

This change in circulation before the peak glaciation may have implications for intermediate 

climate states and also for rapid climate change events such as Heinrich events, as the response 

of AMOC to freshwater forcing is likely to be dependent on the background state (Kageyama et 

al., 2013; Stouffer et al., 2007).  

 

Our results have implications for carbon storage in the Atlantic. Abyssal filling by AABW is 

shown to be time-sensitive over the glacial stages and this could have direct consequences for 

the amount of CO2 locked away in this deep and isolated ocean mass. It is shown that the 
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Atlantic has a more temporally complex circulation than previously thought, in particular at 

depth. A key step for progress will be more sites used to unlock more depths and latitudes with 

this type of proxy data.  

 

Although the propagated uncertainty on the reconstructions of the various carbonate parameters 

is considerable and thus meaningful precision on the full deep ocean carbonate system 

reconstruction is impossible, we calculate TA and DIC from our proxy pH and [CO3
2-] (See 

D.1). Independent measurements of B/Ca and !11B are not inconsistent with a fully resolved 

carbonate system and are highly encouraging (i.e. DIC and TA are reasonable; see 

supplementary D.1). Based on our results we estimate that at minimum (glacial) CO2 levels the 

deep Atlantic could have stored 100 µmol/kg more DIC below 3800 m with higher levels below 

3400 m (but not in the upper cell, Site 980).  The level of stratification in the Atlantic is strongly 

correlated with changes in CO2 and provides a mechanism for G-IG change, these changes are 

also strongly correlated with the AA temperature record, providing evidence for a southern 

hemisphere driving mechanism.  

 

3.5 Conclusions 

It is likely that large amounts of CO2 drawn down into the surface Southern Ocean are stored in 

the expanded Antarctic cell in the deep ocean; this is apparent from the correlation of 

atmospheric CO2 and deep ocean carbonate parameters in the North Atlantic.  Of course, all the 

ocean basins will respond to changes in the Antarctic and to deep-water storage of CO2 and to 

add further constraints we must expand similar studies further to the South Atlantic, Pacific and 

Indian Oceans. This will allow our findings to be tested and further constrain the ocean capacity 

for drawdown and release of carbon.  

In addition we have reinforced that B/Ca in particular is an effective proxy for water mass 

changes and mixing on G-IG timescales. It has advantages over boron isotopes analytically (the 

throughput is significantly higher) and should continue to be used in future in order to isolate 

areas of interest for isotope reconstruction, but also for its own strengths, expanded in this 

study. A comprehensive study of B/Ca –[CO3
2-] across the world’s ocean basins would 

significantly improve our understanding of ocean circulation change through major climate 

intervals, glacial interglacial change and inform our predictions for the future. 
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Chapter 4:  Multiple drivers of the Mid Pleistocene 

Transition 

 

This chapter is intended for submission as a manuscript to Science and is thus written in a short 

manuscript style. Additional methodology and figures can be found in Appendix D.  

 

 

The Mid-Pleistocene Transition (MPT) marks arguably the last major shift in Earth’s 

climate state when, between around 1200 and 800 thousand years ago, ka, the 40 kyr-

paced, broadly symmetrical glacial-interglacial cycles characteristic of the Early 

Pleistocene give way to the 100 kyr-paced “saw-tooth” (inter)glacial cycles of the Late 

Pleistocene. The mechanism responsible for this switch is a subject of vigorous debate. A 

major obstacle to progress has been the lack of a well-resolved record of the evolution of 

atmospheric carbon dioxide (CO2) beyond the last 800 thousand years (kyr). Here we 

present boron-isotope-derived CO2 estimates from two key intervals. First, through a 

comparison with ice core records we affirm that boron-based CO2 data can faithfully 

reconstruct the large saw-tooth cycles in atmospheric CO2 of the late Pleistocene sub 

orbital resolution. Second, we show that equally large but symmetrical orbital cycles of 

CO2 existed before the MPT (at 1.1 to 1.3 Ma) that are well correlated with climate with a 

41 kyr pacing. These reconstructions show that mean CO2 has declined by 24 ± 4 ppm 

since the mid-Pleistocene. While the amplitude of (inter)glacial CO2 change is similar 

before and after the MPT, the climatic response changes dramatically across the 

transition, implicating both a CO2 decline and some other factor such as a change in the 

sub-glacial regolith in generating the 100 kyr climate cycles that characterise the late 

Pleistocene.  

 

 

4.1 Introduction 

The Mid-Pleistocene Transition (MPT, between 800 and 1200 kyrs ago), marks both a switch in 

the dominant frequency of the glacial-interglacial (G-IG) cycles from 41 thousand years (kyr) to 
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100 kyr (Clark et al., 2006), and a significant change in their shape as the cycles become 

distinctly asymmetric (Figure 4.1). In addition to this change in G-IG frequency, the amplitude 

of the climate cycles and the baseline state before the MPT are substantially different to the 

latest Pleistocene: e.g., global climate over the past 800 kyrs (as shown in temperature and ice 

volume/sea level records) is, on average, cooler, largely driven by greater ice volume at glacial 

maxima associated with the extremes of 100 kyr cycles (Elderfield et al., 2012; Figure 4.1). The 

trigger of this key change in the response of the climate system to orbital forcing is uncertain 

(Clark and Pollard, 1998). The variations in orbitally controlled insolation across this interval 

are small (Figure 4.1) and thus it has long been known that an additional mechanism is required 

to cause the change in periodicity and pattern of the climate cycles (Maasch, 1988). Current 

hypotheses focus on three key themes: a long term decline in CO2 leading a change in the way 

in which orbital forcing is amplified (Bartoli et al., 2011), a feedback internal to the growth of 

northern hemisphere continental ice related to the sub-glacial substrate (or regolith (Clark and 

Pollard, 1998; Raymo et al., 2006), and feedbacks associated with expansion of the already 

established Antarctic and Northern Hemisphere ice sheets (Berger et al., 1999; Bintanja and 

Van de Wal, 2008; Elderfield et al., 2012; Raymo et al., 1997).  
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Figure 4.1: The context of the MPT 

a) pre-existing CO2 records, black line - ice core compilation (Lüthi et al., 2008; Monnin et al., 

2001; Petit et al., 1999; Raynaud et al., 2005; Siegenthaler et al., 2005), blue points - 

recalculated from Foster, (2008) for consistency with newer data, purple points - (Hönisch et 

al., 2009). b) Orbital parameters (Laskar et al., 2004), the MPT initiates at a node in 

eccentricity (green), precession (dotted pink) and therefore summer insolation (grey). c) Sea 

level records light blue - Red Sea, (Rohling et al., 2009), dark blue - Mg/Ca deconvolution of 

oxygen isotopes, (Elderfield et al., 2012), pink - Mediterranean Sea, (Rohling et al., 2014). d) 

LR04 oxygen stack (Lisiecki and Raymo, 2005), the transition from 41 kyr cycles and 100 kyr 

cycles is clearly visible between 800 and 1200 ka (grey band). 

 

 

Orbital-scale climate change of the last 800 kyrs is well correlated with changes in atmospheric 

CO2 content, indicating an important role for greenhouse gas concentration in amplifying orbital 

forcing (Köhler et al., 2010). Whether the intensification in glacial state across the MPT is 

accompanied by an equivalent or proportional decline in CO2 is unknown, however, because the 

ice core CO2 records only cover the last 800 kyr. The best proxy constraints place the change in 

glacial CO2 across the MPT to be ~30 ± 30 ppm (i.e., 0 to 60 ppm; Hönisch et al., 2009), but is 

of insufficient resolution to fully capture G-IG cycles.  In the absence of a demonstrable change 
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in atmosphere CO2 content across the MPT, emphasis is increasingly being placed on a number 

of proposed solutions for the MPT problem that do not necessarily involve changes in CO2 

forcing. These include changes in sediment regolith cover allowing for a transition from low-

slung ice sheets pre-MPT to thicker ice sheets frozen to bedrock (Clark and Pollard, 1998); a 

change in the location of the ice sheets, for instance, following a merging of the Cordilleran and 

Laurentide Ice Sheets (Bintanja and Van de Wal, 2008); and/or subtle changes in orbital 

parameters amplified by internal (non-CO2) feedbacks (Abe-Ouchi et al., 2013; Ganopolski and 

Calov, 2011; Lisiecki, 2010; Mudelsee and Schulz, 1997; Saltzman et al., 1984; Tziperman and 

Gildor, 2003). For instance, 100 kyr climate cycles occur in several coupled models in the 

absence of CO2 variation, provided that mean CO2 concentrations lie within certain, model-

dependent bounds (e.g. !220 and "260 ppm in AO13 (Abe-Ouchi et al., 2013), 200-260 ppm in 

GC11 (Ganopolski and Calov, 2011)). Rather than suggesting CO2 variability is unimportant, 

these studies indicate that it is the CO2 level during particular orbital phases that is key for ice 

sheet survivability over an entire 100 kyr cycle. In these scenarios initial ice sheet growth occurs 

during a cold-obliquity phase and, if CO2 is low enough, the combined effect of ice albedo and 

low CO2 ensures that during the following warm-obliquity phase high latitude temperatures will 

be cool enough to allow the northern hemisphere ice sheets (and the Laurentide ice sheet in 

particular) to survive, therefore removing the linear response of ice growth/retreat to climate 

forcing seen at higher CO2 levels. (Abe-Ouchi et al., 2013) AO13 see delayed isostatic rebound 

as the key phenomenon in generating the 100 kyr cycles and in causing deglaciation around 90 

kyr after initial ice growth. (Ganopolski and Calov, 2011) GC11 suggest that the absence of a 

thick sediment regolith was a pre-requisite for the 100 kyr cycles, otherwise the ice-sheet 

response was broadly linear to orbital forcing, regardless of CO2 (consistent with earlier studies 

(Clark and Pollard, 1998)).  

 

To address the on-going questions over the role of CO2 in the MPT we present two new #11B 

data sets generated in the calcite tests of surface dwelling planktic foraminifera from sea floor 

sediments at Ocean Drilling Program, ODP, Site 999 situated in the Caribbean (see Figure E.1). 

Boron isotopes in foraminifera have proven to be a reliable indicator of past ocean pH (Foster, 

2008; Hemming and Honisch, 2005) and thus with suitable carbonate system assumptions, 

allow a reconstruction of atmospheric CO2. Site 999 has been used extensively for this purpose 

in previous work because of the demonstrated maintenance of air-sea CO2 equilibrium (Bartoli 

et al., 2011; Martinez-Boti, Foster, Chalk et al., (accepted); Seki et al., 2010). Nevertheless, to 

check for intervals of localised CO2 air-sea disequilibrium driven by changes in upwelling, 

productivity or circulation we compare our new high resolution #11B-CO2 record with published 

low resolution #11B-CO2 data from ODP Site 668. 
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4.2 Results 

The first of our two data sets covers the interval 0 to 260 kyr of the late Pleistocene (0-120 kyr – 

Foster 2008, 110-260 kyr, this study). All boron isotope data shown, including the recalculated 

(to ensure consistency with new record) data set of Foster et al., (2008b), are in good agreement 

with the ice core records over the last 260 kyr (Figure 4.2a). Our uncertainty envelope includes 

a robust propagation of all the involved uncertainties using a Monte Carlo approach (see 4.5 

Methods/Appendix G.1). Next we apply a smoothing function to reduce the influence of short-

term variability in our reconstructed !11B-CO2 records (Figure E3). We apply a non-parametric 

smoother with the degree of smoothing optimised by general cross-validation and other methods 

(see Appendix E.2). Our smoothed boron isotope record reproduces the ice core derived values 

to a probability maximum of +6ppm (±!!"!"!at 95% confidence, Figure E2). This indicates that, 

although clearly noisier than the ice-core records, the !11B-CO2 from ODP Site 999 is 

remarkably accurate. Despite the overall good agreement with ice core data, for consistency in 

assumptions and to provide a fair evaluation we only compare our two boron-based records.  
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Figure 4.2: Pre and post MPT data 

Left panels show 0-260 ka, right 1080-1250 ka (preMPT) a,d) boron isotopes (including 

recalculated) and LR04 stack (Foster, 2008) and this study. b,e) sea level for the two intervals 

b) Red Sea, (Rohling et al., 2009) and ODP 1123, (Elderfield et al., 2012) e) ODP 1123, 

(Elderfield et al., 2012) and Mediterranean Sea, (Rohling et al., 2014). Glacial-interglacial 

variation is clearly larger postMPT (~120m from ~80m). c,e) CO2 calculated from boron 

isotopes and compared to ice core derived CO2 (left) show a good agreement, adding 

confidence to the proxy preMPT. Right-hand panel shows good agreement with previous study 

(Hönisch et al., 2009). Grey lines show average levels for each interval - MPT is 24±4 ppm 

higher (Figure E4). 5 kyr smoothing is shown as the coloured bands. 

 

Our second new data set is for the interval 1050 to 1280 kyr, taken from the run up to the MPT 

and shows well-defined glacial-interglacial cycles in CO2 that vary with the same frequency as 
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!18O from benthic foraminifera (Figure 4.1d, Figure E5) and have a peak-to-peak amplitude of 

90-120ppm CO2. Close agreement between our records and published records from ODP Site 

668 helps to confirm that the changes that we observe are predominantly driven by changes in 

atmospheric CO2.   

 

Our high data density allows for a robust estimate of mean glacial and interglacial CO2 levels 

for the pre-MPT interval (see methods for details on calculations). Figure 4.2 shows that CO2 

levels were on average higher before the MPT by ~24±4 ppm (pre-MPT mean: 268 ppm, Late 

Pleistocene !11B-CO2 mean: 244 ppm) with glacials ~ 210±10 ppm and interglacials ~ 310±20 

ppm. Although the peak-to-peak amplitude of CO2 variability prior to the MPT is similar to post 

MPT (~100 ppm) there is a clear symmetry to the CO2 cycles during the 1050 to 1250 ka 

interval.  
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4.3 Discussion 

  

Figure 4.3: Cross-plots of !18O, SL and CO2 pre and post MPT 

a) CO2 forcing (natural logarithm of CO2/preindustrial CO2, 278ppm) plotted against oxygen 

isotopes for ice core data (grey circles), steep gradient is mirrored by the 0-260kyrs dataset 

(blue circles), Pre MPT interval (orange circles) is shown to have a lower gradient with a much 

reduced response of ice volume and deep water temperature. Preindustrial CO2 and SL shown 

in dotted grey, and modern (400 ppm) forcing in red. b) Sea level and CO2 forcing shows the 

same difference in gradients, the response of the Laurentide ice sheet key for the recent interval. 

Figure 3. a) CO2 forcing plotted against oxygen isotopes for ice core 
data (grey circles), steep gradient is mirrored by the 0-260kyrs dataset 
(blue circles), Pre MPT interval (orange circles) is shown to have a 
lower gradient with a much reduced response of ice volume and 
deep water temperature. Preindustrial CO2 and SL shown in dotted 
gray, and modern (400 ppm) forcing in red. b) Sea level and CO2 
forcing shows the same di!erence in gradients, the response of the 
Laurentide ice sheet key for the recent interval. PreMPT interval is 
shown to have a reduced gradient and a much dimished SL responce 
for a similar distribution of forcing.

Figure 2. Left panels show 0-260ka, right 1080-1250ka (preMPT) a,d) boron isotopes and LR04 stack Foster (2008, 
recalculated) and this study. b,e) sea level for the two intervals b) Red Sea, Rohling et al. (2009) and ODP 1123, 
Elder!eld et al. (2012) e)  ODP 1123, Elder!eld et al. (2012)  and Mediterranean Sea, Rohling et al. (2014). Glacial-
interglacial variation is clearly larger postMPT (~120m from ~80m). c,e) CO" calculated from boron isotopes and 
compared to ice core derived CO" (left) show a good agreement, adding confidence to the proxy preMPT. Right 
hand panel shows good agreement with previous study (Honisch et al. (2009)). Grey lines show average levels for 
each interval -  MPT is 24ppm higher. 5kyr smoothing is shown as the coloured bands. 

Age (ka) Age (ka)
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PreMPT interval is shown to have a reduced gradient and a much diminished SL response for a 

similar distribution of forcing. 

 

 

A comparison of our !11B-CO2 (expressed as forcing (!FCO2 = ln(CO2/C0), where C0 is 

preindustrial CO2 = 278ppm) with benthic !18O from the LR04 stack indicates that, for both 

intervals, CO2 is well correlated to ice volume/deep ocean temperature change. During the Late 

Pleistocene the slope of this relationship is relatively steep, largely indicating that the northern 

hemisphere ice sheets (and deep sea temperatures) are very sensitive to changes of CO2 in the 

range 180 and 270 ppm. This relationship is evident in both our !11B-derived CO2 (blue circles) 

and in the ice core data alone (open grey circles). Before the MPT (orange circles) our data 

indicate that, although CO2 varies over a similar range, the slope of its relation to d18O is more 

modest (slope of 0.99±0.28 95% confidence, compared to the Late Pleistocene 2.90±0.27)  

(Figure 4.3a).  

 

Benthic !18O is a function of deep sea temperature and ice volume (and therefore sea level; 

(Shackleton, 1967)), and a number of recent studies over this interval have either independently 

constrained SL (e.g. (Rohling et al., 2014)) or have removed the temperature component from 

!18O using an independent thermometer (Mg/Ca; (Elderfield et al., 2012)).  The relationship 

between SL and "FCO2) is shown in Figure 4.3b and, as suggested by the !18O data alone, sea 

level changes for a given change in CO2 forcing are smaller during the pre-MPT interval than 

during the latest Pleistocene. For instance, given the CO2 variation evident for the pre-MPT 

interval and the relationship between CO2 and SL in the latest Pleistocene, glacial-interglacial 

SL amplitude would be expected to be ~100m, when just ~40m is observed (Figure 4.2 and 

Figure 4.3b). This observation implies that, not only did CO2 decline across the MPT by ~24 

ppm (both in terms of the mean but also the glacial and interglacial extremes), the relationship 

between ice volume and climate forcing underwent a fundamental reorganisation, with ice 

volume becoming more sensitive to CO2 change after the MPT.  

 

The decline in CO2 that we observe across the MPT (24 ± 4 ppm) is of a similar order to that 

required in coupled climate-ice sheet models (20-40 ppm) to trigger a transition to 100 kyr 

cycles (Abe-Ouchi et al., 2013; Ganopolski and Calov, 2011). However, the change in 

sensitivity of the system to CO2 forcing evident in Figure 4.3 implies that another factor is also 

involved. A role for the erosion of the sub-glacial regolith (e.g. (Clark et al., 2006; Clark and 

Pollard, 1998)) is indicated by the absence of 100 kyr climate cycles in the presence of a sub-
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glacial regolith regardless of CO2 levels in the results of experiments using numerical models of 

the climate system with widely different complexity (Clark et al., 2006; Ganopolski and Calov, 

2011). The exposure of large expanses of bedrock following regolith removal would have 

enabled the ice sheets to freeze to their bases and potentially allowed an increase in ice volume 

for a given forcing. However, in the models of AO13 (Abe-Ouchi et al., 2013) and GC11 

(Ganopolski and Calov, 2011) at the mean CO2 of our pre-MPT interval (260 ppm), 100 kyr 

cycles would not develop regardless of this changing state. The 24 ± 4 ppm drop in CO2 is 

therefore also required to cause the system to fully transition to the 100 kyr world.  It has been 

noted (Clark et al., 2006; Foster and Vance, 2006) that in the 100 kyr world, in the absence of a 

thick sediment regolith beneath the ice sheets, silicate weathering rates may have been, on 

average, higher than pre-MPT.  Using a simple carbon cycle model, a long-term drawdown of 7-

12 ppm was suggested that was revised upwards to 10-20 ppm (Vance et al., 2009). Our 

observed decrease in mean CO2 of 24 ± 4 ppm may therefore be evidence of this process in 

operation. Alternatively, a significant modification of deep ocean circulation around 900 ka 

could have triggered the CO2 change that we observe. A permanent weakening of the glacial 

thermohaline circulation across the MPT could effect the change in atmospheric composition 

required by expanding carbon rich southern sourced water during glacial maxima (Pena and 

Goldstein, 2014).  

 

4.4 Conclusion 

In the absence of a complete orbital-scale CO2 record for the last million years or so the cause 

and full nature of the 24 ppm decline in CO2 is currently uncertain.  While the decline may be 

part of the gradual CO2 decline that has occurred through the Plio-Pleistocene, it could also be 

related to important feedbacks that may arise by regolith removal, or a change in thermohaline 

circulation. Regardless of the ultimate cause of the CO2 decline and hence the MPT, that such a 

dramatic change in the climate system can be brought about by a small decline in average CO2 

levels is a testament to the sensitivity of the Earth system to even small changes in concentration 

of this potent greenhouse gas. 

4.5 Short methods 

G. ruber white sensu stricto (300–355 µm) were picked from sediments from ODP 999A (see Figure 4.2) 

and the age model was constructed by benthic oxygen isotopes and XRF data from the same samples by 

PFS, TBC and SGC. Samples were measured for boron isotope composition on Thermo Scientific 

Neptune MC-ICPMS at the University of Southampton according to methods described elsewhere 
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(Foster, 2008; Henehan et al., 2013; Rae et al., 2011).  Analytical uncertainty is given by the external 

reproducibility of repeat analyses of Japanese Geological Survey Porites coral standard (JCP) at the 

University of Southampton and is typically <0.2‰ (at 95% confidence). Metal element–calcium ratios 

(Li, Mg, B, Na, Al, Mn, Ba, Sr, Cd, U, Nd, and Fe) were analysed using a Thermo Element 2XR ICP-MS 

at the University of Southampton). Here, these data are used to assess adequacy of clay removal (Al/Ca 

<100 µmol/mol) and to generate down core temperature estimates (consistent with nearby alkenone 

derived temperatures (Seki et al., 2010)). CO2 was calculated using a Monte Carlo approach (10,000 

replicates) using R (R Development Core Team, 2010) with estimates of salinity and Talk using a flat 

probability spanning a generous range (34-37 psu and 2100-2500 µmol/kg respectively). A normal 

distribution around proxy data was used for all other input variables (temperature, pH, !11Bsw, !11Bforam 

and species calibration coefficients (Henehan et al., 2013)). Inorganic chemical constants were used from 

the seacarb package in R (Lavigne H. et al., 2011.), and using the values of Dickson (Dickson, 1990) and 

Klochko (Klochko et al., 2006). Data were corrected for air-sea disequilibrium by using the modern value 

or 21ppm (Takahashi et al., 2009; Figure E1), which is likely a valid assumption due to the high 

correlation with ice core records during the last 260 kyrs and the lack of evidence for substantial 

oceanographic change (Bartoli et al., 2011). A loess fit was used to smooth the data, with a span 

optimised by general cross validation (see Appendix E.2), and a weighting based on the cube of distance 

to remove noise bias and provide equally spaced datasets (Figure E3).  
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Chapter 5:  The long term evolution of CO2 over the 

last 3.5 million years and its impact on global 

climate 

 

This chapter is intended for eventual submission as a manuscript to Paleoceanography. 

Additional information and figures can be found in Appendix E.  

 

Recently, the concentration of carbon dioxide in the atmosphere crossed the 400 ppmv 

mark. It is commonly cited that CO2 levels have not been this high since the mid-Pliocene 

more than 3 million years ago when Earth was substantially warmer than today with 

higher sea levels. Furthermore, a number of studies suggest that decline of CO2 over the 

subsequent late Pliocene through Pleistocene provided the most important driver of 

climatic change and northern hemisphere glaciation. With this key role in mind, reliable 

CO2 estimates are essential to the determination of the sensitivity and response of climate 

to CO2 forcing throughout this interval of long term global cooling. Here we present new 

CO2 records across the Plio-Pleistocene (0.8-3.6 Ma) derived from !11B in surface-dwelling 

foraminiferal at tropical sites in the Caribbean Sea and Atlantic Ocean and compare these 

data to a new, extensive, multi-proxy global stack of Sea Surface Temperature (SST) 

estimates from UK
37, Mg/Ca and TEX86. We show that the long term decline in CO2 is 

associated with a significant decrease in global sea surface temperature, displaying that 

Plio-Pleistocene cooling and the intensification of northern hemisphere glaciation were 

largely driven by a decline in the atmospheric concentration of this important greenhouse 

gas.   

 

 

• Boron isotopes show long-term mean atmospheric CO2 declined by about 120 

ppm since the Pliocene. Climate (sea surface temperature and ice volume) also 

undergoes gradual cooling over this time interval.  

• Temperature decline over the Plio-Pleistocene responds almost linearly to CO2 

and SL forcing. 
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• Additional climate forcing required to explain Late Pliocene/Early Pleistocene 

cooling.    

5.1 Introduction 

The Pliocene Epoch is a geologically recent interval of global warmth and modest glacial 

conditions that is thought to have been characterised by atmospheric CO2 concentration very 

similar to today (350-400 ppm) (Bartoli et al., 2011; Martinez-Boti, Foster, Chalk et al., 

(accepted); Pagani et al., 2005; Seki et al., 2010). This is evident in higher sea surface 

temperatures ~2-3°C (SST) (Dowsett, 2007; O'Brien et al., 2014), ~20 m higher sea levels 

(Miller et al., 2012; Rohling et al., 2014) and warmer land temperatures, particularly at high 

latitudes, together with significant shifts in vegetation (Brigham-Grette et al., 2013; Figure 5.1). 

Therefore, the Pliocene may be of relevance to the climate of the near future as Earth continues 

to equilibrate with increasing anthropogenic greenhouse gas (GHG) forcing and the gradual 

reduction in global ice cover (IPCC, 2014a). Although other warm intervals occurred during the 

geological past, the Pliocene is thought to be particularly useful because it has similar to modern 

continental geometry and seaway configuration, similar biology (i.e. many species still extant) 

and is widely recovered in the deep ocean sediment record.  

 

The response of mean annual surface air temperature to climate forcing is often described in 

terms of equilibrium climate sensitivity (ECS) – the mean annual surface temperature change 

for a doubling of atmospheric CO2 once all fast-acting feedbacks (e.g. water vapour, sea-ice and 

cloud albedo) have acted (Charney et al., 1979).  Much attention has been focused on 

determining the exact value of ECS and recent summaries place it, with a 66% confidence, to lie 

within the range of 1.5 to 4.5 K (IPCC, 2014b), with a most likely value around 3 K (Huber and 

Knutti, 2012; IPCC, 2014a; Rohling, 2013).  Determining the value of ECS using palaeoclimate 

data is often complicated by the lack of key observational constraints as well as the action of 

additional slow-feedbacks that amplify climate forcing on geological timescales (e.g. 

continental ice-albedo and vegetation-albedo). Recent work however has identified a similar 

ECS for both the warm Pliocene (from 2.3 to 3.3 Ma) and the Late Pleistocene (0 – 0.8 Ma; 

(Martinez-Boti, Foster, Chalk et al., (accepted))) that agrees well with the range quote above. 

The accuracy of any assessment of climate sensitivity using palaeoclimate data is a function of 

the reliability of the proxy measurements.  It is also important to recognise that on geological 

timescales it is not just the concentration of greenhouse gases that controls the evolution of 

global temperature and many factors and feedbacks determine the Earth’s radiative balance.  For 

instance, the position of the continents, the albedo of the dominant vegetation, the continental 
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ice coverage (and associated albedo) are all known to influence Earth’s temperature (Caballero 

and Huber, 2013). For the Pliocene a recent modelling study partitions the relative forcings of 

the warmth as such: 36-61% from CO2 (and CH4), 0-26% from orographic (mountain building) 

change, 21-27% vegetation change, and 9-13% from reduced ice sheets (albedo and localised 

effects; Lunt et al., 2012). This apportioning in the model implies that the cooling of the Plio-

Pleistocene is driven by changes in these variables, although with large uncertainties on their 

relative importance, and assuming model-climate agreement.  It is important to note however 

that this view is based on a relatively incomplete understanding of both the environmental 

conditions (in terms of temperature and GHG concentration) that prevailed during the Pliocene 

and the secular evolution of these variables between the Pliocene and the present day.   

 

 

Figure 5.1: Plio-Pleistocene background 

Climate proxy datasets from the Pliocene to the modern, all show a warmer (and higher sea 

level) world during the Pliocene epoch. Top panel: !SST from a stack of 8 sea surface 

temperature proxies shows ~2-3°C warmer in the Pliocene (Martinez-Boti, Foster, Chalk et al., 

(accepted)). Second panel: Deep sea temperature reconstructions show slight warming and 
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reduced G-IG amplitude during the Pliocene, Mediterranean back-calculation (Rohling et al., 

2014) and North Atlantic (Sosdian and Rosenthal, 2009). Third panel: Sea Level estimates for 

the Plio-Pleistocene show higher sea levels by about 20m in the Pliocene. (Elderfield et al., 

2012; Miller et al., 2012; Rohling et al., 2009; Yu et al., 2014). Bottom panel: !18O of benthic 

foraminifera used as a global deep sea temperature and ice volume proxy show lower values in 

the Pliocene (equivalent to less ice and/or warmer bottom water), consistent with independent 

proxy measures of both, (Lisiecki and Raymo, 2005). 

 

 

For instance, the Mid-Pliocene Warm Period (mPWP, 3 to 3.3 Ma) is thought to be associated 

with high CO2 (350-450 ppm, (Bartoli et al., 2011; Martinez-Boti, Foster, Chalk et al., 

(accepted)) and the decline into the full ice ages of the Late Pleistocene is generally considered 

to be associated with a decline in CO2 levels, but the exact magnitude of this change, and the 

long term structure of this decline is unknown at present due to the low resolution of the 

existing records (Hönisch et al., 2009; Seki et al., 2010) and intra-proxy disagreements (see 

1.5.3).  

 

Similarly, although global temperature during the mPWP has been extensively studied as part of 

the PRISM project (Dowsett, 2007), there has been little co-ordinated effort to determine the 

nature of the secular cooling of mean annual temperature that accompanied the intensification of 

the Northern Hemisphere Glaciation through the Plio-Pleistocene.  As a consequence, the 

importance of changes in other boundary conditions in Plio-Pleistocene cooling and iNHG, such 

as orographic change, is largely uncertain despite extensive study (Lunt et al., 2012; Molnar and 

England, 1990).   

  

There are now many published records of sea surface temperature (SST) from the Plio-

Pleistocene, and a recent compilation has revealed the broad temporal evolution of SST over the 

last 5 million years (Fedorov et al., 2013). An even more comprehensive SST compilation, 

including data from the West Pacific warm pool, can now be undertaken by taking advantage of 

new data (O'Brien et al., 2014; Zhang et al., 2014b). Furthermore, both a recent modelling study 

(Williams et al., 2012) and observations of historic climate change (e.g. (Kennedy et al., 2011a; 

Kennedy et al., 2011b)) indicate that change in global mean annual sea surface temperature is 

around 60% of the change in global mean annual surface air temperature. A direct comparison 
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of SST and CO2 proxy data can therefore provide useful insight into the Earth’s climate 

response to CO2-forcing independent of climate modelling (Martinez-Boti, Foster, Chalk et al., 

(accepted)). Here we combine recently published !11B-CO2 data from the interval 2.3 to 3.3 Ma 

with new data from two sites from the intervals 3.3 to 3.6 Ma and 0.8 to 2.3 Ma to precisely 

determine the secular evolution of CO2 over the last 3.5 Ma.  Combined with a new stack of 

published multi-proxy sea surface temperature estimates from a comprehensive range of 

latitudes and ocean basins we are able to accurately determine the relative roles of CO2 and 

other boundary conditions in Plio-Pleistocene cooling for the first time.  

5.2 Materials and methods 

5.2.1 Sample materials 

New boron isotope data were generated on the surface dwelling planktic foraminifera 

Globigerinoides ruber from ODP Site 999 and ODP Site 662 (Figure 5.2, Caribbean Sea, 

12°44.64’ N, 78°44.36’ W, 2838 m water depth, Equatorial Atlantic, Figure 5.2; 1°23.41’S, 

11°44.35°W, 3821 m water depth, respectively). 80 to 180 individuals (abundance dependent) 

of Globigerinoides ruber (~8-10 µg/shell) were picked from the 300-355 µm size fraction from 

ODP Sites 999 and 662 (picked by Chalk T.B and Sexton P.F). Both ODP Sites 999 and 662 

benefit from new astronomically tuned age models in this study, allowing a targeted glacial and 

interglacial sampling strategy to be undertaken. Both are tropical sites and thus also benefit 

from a high abundance of planktic foraminifera which in these sites are also well preserved 

(Bartoli et al., 2011; Davis et al., 2013). Central Atlantic oceanography has not been 

significantly affected by plate tectonic movement since the Pliocene, and at least the deep 

Caribbean basin has remained isolated since the closure of the Isthmus of Panama >4 Ma. Some 

surface exchange may have occurred as late as 2.6 Ma but this seems not to have affected 

equilibrium at the Site (Groeneveld et al., 2014; Haug et al., 2005), making them suitable for 

Pliocene reconstructions without worrying about additional oceanic influences. The age models 

for the sites were tuned using high resolution XRF data and tied to the Plio-Pleistocene stack of 

benthic oxygen isotopes (Lisiecki and Raymo, 2005) allowing for easy identification of the 

marine isotope stages, glacial minima and maxima and thus aid selection of samples for this 

study.  

 

 



Chapter 5: Plio-Pleistocene cooling 

 98 

5.2.2 Analytical techniques 

Analytical techniques follow (Foster, 2008; Foster et al., 2013; Henehan et al., 2013) 

Foraminifera tests were cracked between two class slides under a microscope to ensure 

complete opening of all major chambers. The samples were then cleaned using established 

oxidative cleaning methods (Barker et al., 2003; Rae et al., 2011; Rae et al., 2009). This 

involves a clay removal step of ultrasonication and MQ rinses, repeated as necessary (typically 

5-7 times). Oxidative cleaning is undertaken using a 1% hydrogen peroxide ammonium 

hydroxide-buffered solution at 80°C. Short ultrasonification steps were performed during this to 

release organically bound contaminants and allow complete contact with the reagent. Samples 

were then transferred to a clean Teflon centrifuge tube for a weak acid leach using 0.0005M 

Teflon distilled HNO3 applied for 30 seconds before rinsing with MQ to prevent dissolution. 

Samples were then dissolved in ~0.075M HNO3 and a small aliquot, ~7%, taken for 

metal/calcium analysis by Element 2XR-ICPMS. These data are used to screen for potential 

contamination of sample material by clays with a strict <100 µmol/mol Al/Ca threshold for 

acceptable data, although samples with anomalous values of Fe/Ca, Ba/Ca and Mn/Ca were also 

treated with caution. For isotope analysis, boron is separated from the carbonate matrix by the 

use of a boron specific anion exchange resin and purpose made small-volume columns (20 µl). 

The samples were measured in duplicate on a Neptune MC-ICPMS using sample-standard 

bracketing. External reproducibility was determined by repeat measurements of different 

concentrations of an in house carbonate standard (JCP, coralline standard) by multiple users and 

equation Equation 1:12 (Henehan et al., 2013) so that analytical uncertainty is dependent on 

sample size.  

5.2.3 Boron isotopes and !11B to pH and CO2atm 

Boron isotopes have a well defined relationship with pH, that given the boron isotope (borate 

ion isotope) composition of seawater, allows for calculation of pH via the equation below: 

 

!" ! !!!! ! !"# ! !!!!!" ! !!!!!"!#!
!!!!!" ! !! ! !!!!!"!#! ! !""" ! !!! ! !!

 

 

Where pKB
* = 8.597 at 25°C (Dickson, 1990) 

!11Bsw = 39.61 ‰ in modern seawater(as measured (Foster et al., 2010b)) 
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!11BCaCO3 = measured in each sample 

"B = 1.0272 ± 0.0006 (as experimentally determined (Klochko et al., 2006)) 

 

As shown in previous studies (Henehan et al., 2013) the mixed layer dwelling planktic 

foraminifera G. ruber has a well-defined relationship with pH (and pH with CO2atm via CO2sw). 

Currently, surface water at Site 999 is a minor source to the atmosphere with respect to CO2 

(+21ppm (Takahashi et al., 2009)) and has remained so for at least the last 130 kyr (Foster, 

2008). As all marine based proxies for CO2 are subject to uncertainty from potential secular 

changes in this equilibrium to address this problem we also present !11B data from ODP 662. In 

addition this helps to evaluate the reproducibility of our CO2 values from the ODP Site 999 

record. We combine these new data with previously published datasets using the same 

methodology presented by Martinez-Boti, Foster, Chalk et al., (accepted) and in Chapter 4:   

 

Sea surface temperature, SST, is important for the determination of !11B-pH and CO2 because of 

its impact on pKB and Henry’s law. At ODP Site 999 we use SST from Mg/Ca temperatures 

calculated using a relationship defined in (Evans and Müller, 2012) and using a Mg/Casw 

correction (FD06 (Fantle and DePaolo, 2006)) as detailed below. The exact temperature does 

not have a large effect on calculated CO2 (±1°C = 9 ppm) and thus, given our generous 

uncertainty we cover all likely tropical temperature variations. In our calculations, temperature 

and pH are derived from the same sample material (separated after dissolution) and so age 

model is not an important factor in calculating pH and CO2. Salinity has little influence on the 

calculations of pH/CO2 (±1 psu = ±0.006 pH units, ~7ppm CO2), and is therefore assumed to be 

constant at 36 psu (similar to present-day mean annual average at Site 999; (Antonov et al., 

2010)). The uncertainty associated with this assumption is propagated into CO2 calculations via 

a Monte Carlo approach (n=10,000), along with full uncertainties on all the variables (see 

1.5.2.2.3).  

 

5.2.4 Site selection for SST stack 

Sites were selected for the new temperature stack based on 3 criteria: they must be based on 

UK
37 (and not fully saturated, so called “topping out” at ~28°C), Mg/Ca or TEX86 data, as these 

are three proxies with well-defined quantitative relationships to SST.  Another requirement was 

for all records to be on an independent chronology (typically based on tuning to LR04, (Lisiecki 
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and Raymo, 2005)), and have reasonable temporal coverage in the Plio-Pleistocene (!1 Myr 

duration).  A full list of the sites that meet these criteria can be found in Table 5-1 and a map of 

site locations can be found in Figure 5.2. The number of sites available through time, and the 

make-up of the resultant stack in terms of proxy and latitude is shown in Figure 5.3.   

 

  

Figure 5.2: Map of sea surface temperature and study sites 

A map showing modern ocean temperature and the sites used to reconstruct global Sea Surface 

Temperature (SST), the distribution is as global as possible given current data availability. Sites used for 

SST stack: DSDP Site 214 (11°20’S, 88°43‘E), DSDP Site 590 (31°10’S, 163°22‘E), DSDP Site 

607/IODP 1313 (41°00’N, 32°96‘W), DSDP 609 (49°53’N, 24°14‘W), ODP Site 662 (1°23’S, 11°44’W), 

ODP Site 709 (3°55’S, 60°33‘E), ODP Site 722 (16°37’N, 59°48‘E), ODP Site 763 (20°35’S, 112°13‘E), 

ODP Site 806 (0°19’N, 159°22‘E), ODP Site 846 (3°09’S, 90°82‘W), ODP Site 847 (0°12’N, 95°19‘W), 

ODP Site 882 (50°22’N, 167°36‘E), ODP Site 925 (4°12’N, 43°29‘W), ODP Site 958 (23°60’N, 

20°00‘W), ODP Site 982 (57°52’N, 15°87‘W), ODP Site 984 (61°26’N, 24°05‘W), ODP Site 999 

(12°45’N, 78°44‘W), ODP Site 1010 (29°58’N, 118°06‘W), ODP Site 1012 (32°28’ N, 118°38’W), ODP 

Site 1014 (32°50’N, 119°59‘W), ODP Site 1021 (39°05’N, 127°47‘W), ODP Site 1082 (21°09’S, 

11°82’E), ODP Site 1084 (25°31’S, 13°02‘E), ODP Site 1085 (29°22’S, 13°59‘E), ODP Site 1090 

(42°91’S, 8°90’E), ODP Site 1143 (9°22’N, 113°17‘E), ODP Site 1146 (19°27’N, 116°16‘E),  ODP Site 

1148 (18°50’N, 116°34‘E), ODP Site 1208 (36°13’N, 158°20‘W), ODP Site 1237 (16°00’S, 76°23‘W), 

ODP Site 1239 (0°40’S, 82°05’W), ODP Site 1241 (5°51’N, 86°27‘W), MD06-3018 (23°00’S, 

166°09‘W), MD97-2140 (2°04’N, 141°76‘W). ODP Sites 999 and 662 are also used for CO! 
reconstruction. References included in Table 5-1. Figure produced using ODV (Schlitzer, 2009) and the 

eWOCE database (eWOCE, 1998). 
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Figure 1. A map showing modern ocean temperature and the sites used to reconstruct global Sea Surface Temperature (SST), the distribution is 
as global as possible given current data availability. Sites used for SST stack: DSDP Site 214 (11°20’S, 88°43‘E), DSDP Site 590 (31°10’S, 163°22‘E), 
DSDP Site 607/IODP 1313 (41°00’N, 32°96‘W), DSDP 609 (49°53’N, 24°14‘W), ODP Site 662 (1°23’S, 11°44’W), ODP Site 709 (3°55’S, 60°33‘E), ODP 
Site 722 (16°37’N, 59°48‘E), ODP Site 763 (20°35’S, 112°13‘E), ODP Site 806 (0°19’N, 159°22‘E), ODP Site 846 (3°09’S, 90°82‘W), ODP Site 847 
(0°12’N, 95°19‘W), ODP Site 882 (50°22’N, 167°36‘E), ODP Site 925 (4°12’N, 43°29‘W), ODP Site 958 (23°60’N, 20°00‘W), ODP Site 982 (57°52’N, 
15°87‘W), ODP Site 984 (61°26’N, 24°05‘W), ODP Site 999 (12°45’N, 78°44‘W), ODP Site 1010 (29°58’N, 118°06‘W), ODP Site 1012 (32°28’ N, 
118°38’W), ODP Site 1014 (32°50’N, 119°59‘W), ODP Site 1021 (39°05’N, 127°47‘W), ODP Site 1082 (21°09’S, 11°82’E), ODP Site 1084 (25°31’S, 
13°02‘E), ODP Site 1085 (29°22’S, 13°59‘E), ODP Site 1090 (42°91’S, 8°90’E), ODP Site 1143 (9°22’N, 113°17‘E), ODP Site 1146 (19°27’N, 116°16‘E),  
ODP Site 1148 (18°50’N, 116°34‘E), ODP Site 1208 (36°13’N, 158°20‘W), ODP Site 1237 (16°00’S, 76°23‘W), ODP Site 1239 (0°40’S, 82°05’W), ODP 
Site 1241 (5°51’N, 86°27‘W), MD06-3018 (23°00’S, 166°09‘W), MD97-2140 (2°04’N, 141°76‘W). ODP Sites 999 and 662 are also used for CO# 
reconstruction. Figure prodcued using ODV and the eWOCE database. 
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Table 5-1: Sites used in SST stack 

Site Latitude Longitude Prox-y/ies Reference 

DSDP Site 
214 

11°20’S 88°43‘E Mg/Ca (Karas et al., 2009) 

DSDP Site 
590 

31°10’S 163°22‘E Mg/Ca (Karas et al., 2009) 

DSDP Site 
607/IODP 
1313 

41°00’N 32°96‘W UK
37 (Lawrence et al., 2010), (Naafs et 

al., 2010) 

DSDP 609 49°53’N 24°14‘W Mg/Ca (Bartoli et al., 2005) 

ODP Site 
662 

1°23’S 11°44’W UK
37,Mg/Ca (Herbert et al., 2010), (Cleaveland 

and Herbert, 2007) 

ODP Site 
709 

3°55’S 60°33‘E Mg/Ca (Herbert et al., 2010; Karas et al., 
2011) 

ODP Site 
722 

16°37’N 59°48‘E UK
37 (Herbert et al., 2010) 

ODP Site 
763 

20°35’S 112°13‘E Mg/Ca (Karas et al., 2011) 

ODP Site 
806 

0°19’N 159°22‘E UK
37, 

Mg/Ca, 
TEX86 

(Medina!Elizalde and Lea, 2010) 
(O'Brien et al., 2014; Pagani et al., 
2009; Wara et al., 2005) 

ODP Site 
846 

3°09’S 90°82‘W UK
37 (Brierley et al., 2009; Herbert et 

al., 2010)  

ODP Site 
847 

0°12’N 95°19‘W UK
37, Mg/Ca (Dekens et al., 2007; Wara et al., 

2005)  

ODP Site 
882 

50°22’N 167°36‘E UK
37 (Martínez-Garcia et al., 2010)) 

ODP Site 
925 

4°12’N 43°29‘W UK
37 (Pagani et al., 2009) 

ODP Site 
958 

23°60’N 20°00‘W UK
37 (Herbert and Schuffert, 1998) 

ODP Site 57°52’N 15°87‘W UK
37 (Lawrence et al., 2009) 
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982 

ODP Site 
984 

61°26’N 24°05‘W Mg/Ca (Bartoli et al., 2005) 

ODP Site 
999 

12°45’N 78°44‘W Mg/Ca (Groeneveld, 2005; O'Brien et al., 
2014; Seki et al., 2010) 

ODP Site 
1010 

29°58’N 118°06‘W UK
37 (LaRiviere et al., 2012) 

ODP Site 
1012 

32°28’ N 118°38’W UK
37 (Brierley et al., 2009) 

ODP Site 
1014 

32°50’N 119°59‘W UK
37 (Dekens et al., 2007) 

ODP Site 
1021 

39°05’N 127°47‘W UK
37 (LaRiviere et al., 2012) 

ODP Site 
1082 

21°09’S 11°82’E UK
37 (Etourneau et al., 2009) 

ODP Site 
1084 

25°31’S 13°02‘E UK
37 (Marlow et al., 2000) 

ODP Site 
1085 

29°22’S 13°59‘E UK
37 (Rommerskirchen et al., 2011) 

ODP Site 
1090 

42°91’S 8°90’E UK
37 (Herbert et al., 2010) 

ODP Site 
1143 

9°22’N 113°17‘E UK
37, 

Mg/Ca, 
TEX86 

(Li et al., 2011; O'Brien et al., 
2014; Tian et al., 2006) 

ODP Site 
1146 

19°27’N 116°16‘E UK
37 (Herbert et al., 2010) 

ODP Site 
1148 

18°50’N 116°34‘E UK
37 (Jia et al., 2012)) 

ODP Site 
1208 

36°13’N 158°20‘W UK
37 (LaRiviere et al., 2012; Pagani et 

al., 2009) 

ODP Site 
1237 

16°00’S 76°23‘W UK
37 (Dekens et al., 2007) 

ODP Site 
1239 

0°40’S 82°05’W UK
37 (Etourneau et al., 2010) 
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ODP Site 
1241 

5°51’N 86°27‘W Mg/Ca (Groeneveld et al., 2006) 

MD06-3018 23°00’S 166°09‘W Mg/Ca (Russon et al., 2010) 

MD97-2140 2°04’N 141°76‘W Mg/Ca (de Garidel-Thoron et al., 2005) 

 

 

 

Figure 5.3: Characteristics of the new SST stack 

Top: Number of records contributing to !SST by latitude and time, binned into 10° 
bands and 1 Myr sections. The coverage is more comprehensive in the tropics, but these 
also represent a larger portion of the Earth surface. Bottom left: Number of records 
through time, and the constituent proxies, there are always >28 discrete records and up 
to 40 in the Pliocene. Bottom right: % of the Earth covered in our !SST representation 
by time. It is always between 70 and 80% with the polar regions representing the deficit 
(especially in the Southern hemisphere).  
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5.2.5 Sea Surface Temperature calculations 

Our new SST stack was generated by collating published SST data from the UK
37, Mg/Ca and 

TEX86 proxies.  For the Mg/Ca-based proxy, given that recent work has highlighted the need to 

account for the evolution of Mg/Ca ratio of seawater even over the last 3 million years (O'Brien 

et al., 2014; Zhang et al., 2014b), we have followed the approach detailed in (O'Brien et al., 

2014) and recalculated SSTs by first adjusting the measured Mg/Ca ratio for estimated change 

in seawater Mg/Ca (as determined by (Fantle and DePaolo, 2006) using pore fluid geochemistry 

of carbonate sediments).  

 

We have used the following equations: 

 

UK
37 

!!"! ! !!"! ! !!!!!"" ! !!!!"!
!!!"" ! !!!!!"  

 

Where UK
37 = the measured ratio of C-37 methyl alkenones, 

 !!"!! ! !!"!! !!!!"!! ! !!"!! ! !!"!!!  

following the calibrations of (Marlowe et al., 1984; Müller et al., 1998) 

Calibration uncertainty = 1°C  

 

Mg/Ca 

!!"! ! !"#
!"
!" !"#$%&

!!!"
!!!"!!!"!!!!" !

!"
!" !"

!!!"!!!!" ! !!!!" ! !!!!"! 

Where Mg/Casample= ratio in foraminiferal calcite mmol/mol 

Mg/CaSW = using the relationship of FD06 (Fantle and DePaolo, 2006) following (Evans and 

Müller, 2012; Nürnberg et al., 1996) 

Calibration uncertainty = ~1.7°C 
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TEX86 

 

!!"! ! !"!! ! !!! !"# !"#!" ! !"!! ! ! 

 

Where TEX86 = the measured ratio of C-86 crenarchaeols  

!"#!" !
!!! ! !" ! !!!!

!! ! !!! ! !" ! !!!! 

following (Kim et al., 2008; Schouten et al., 2002) 

Calibration uncertainty = 1.7°C 

 

We then calculate !SST using the following equation 

 

!SSTsite= SSTsite – SSTt=0 

 

Where SSTt=0 is the core top measurement or, when no core top is available (5 in 45) we 

reference to the nearest available data from the eWOCE database (eWOCE, 1998).  

5.2.6 Generating a stack of Sea Surface Temperatures 

To ensure intra-proxy consistency the data from the records listed in Table 1 were interpolated 

to 5 kyr spacing and temperature calculated from the relevant calibration (Evans and Müller, 

2012; Kim et al., 2008; Müller et al., 1998).  In order to account for uncertainty, the approach of 

(Shakun et al., 2012) is followed, briefly this involves performing 1000 realisations of each 

temporal record using a Monte Carlo approach to randomly perturb the input parameters in the 

relevant SST calibration within the uncertainties detailed in the individual calibrations (see 

above). For each realisation of each record !SST was calculated as described above. The multi-

site mean was calculated by simply averaging all the first realisations of each of the 45 records. 

This process was repeated a further 999 times until 1000 multi-site mean realisations were 

generated, the spread between these multi-site means is a reflection of the uncertainty in the 

associated temperature records relating from calibration uncertainty at all sites.  The most likely 
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(i.e. probability maximum) SST record, and the 68% confidence interval was then calculated 

from an examination of the probability distribution of the multi-site means at each time step. 

Further investigation into the uncertainty or potential bias of this stack was achieved through a 

jacknife approach where each proxy set was removed one at a time to show its influence on the 

generated overall mean.   

 

An obvious caveat to this approach is that the zonal mean temperature change is not constant 

(i.e. the tropics warm less than the poles; Ballantyne et al., 2010; Fedorov et al., 2013) and the 

spatial coverage through time is variable. However, as is seen in Figure 3 the distribution of 

sites through time is relatively constant, and the latitudinal coverage relatively consistent. 

Nonetheless, to better account for the changing latitudinal coverage the final stack is weighted 

by latitudinal area. This was achieved by averaging the sites into 10° strips and giving each strip 

a weighting proportion to the surface area of the Earth it represents.  

 

Finally, to account for the variable temporal resolution, each multi-site average is smoothed to 

remove any orbital-scale variability. Smoothing was performed using a 400 kyr window, gaps 

of >400 kyr were first removed from the data to avoid the addition of false linear trends.  
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5.3 Results 

5.3.1 A new !11B CO2 record 

  

Figure 5.4: New Plio-Pleistocene !11B data 

Plio-Pleistocene !11B data generated from Site 999 (red) and Site 662 (dark red). 

Targeted areas are the Pliocene warm period, Early Pleistocene and Late Pleistocene 

(but pre ice core). Results from 662 are consistently higher than 999, this is due to 

higher SSTs and disequilibrium at this equatorial site. There is a steady decline from 

the Pliocene (19‰) to the Late Pleistocene (20.5‰), although the Early Pliocene is 

similar to the post warm period section. LR04 stack shown for reference (Lisiecki and 

Raymo, 2005), number dictate marine isotope stages.  

 

 

Our new !11B-CO2 data, by filling the data shortage over the Plio-Pleistocene (Hönisch et al., 

2009; Martinez-Boti, Foster, Chalk et al., (accepted)), offer several new insights into the 
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evolution of CO2 through the Plio-Pleistocene ((Figure 5.4; (Hönisch et al., 2009; Lüthi et al., 

2008; Martinez-Boti, Foster, Chalk et al., (accepted)), Chalk, Chapter 4: ). In particular, they 

show pronounced and consistent glacial-interglacial differences in !11B throughout the 

Pleistocene extending with a broadly similar amplitude to the Pliocene (Figure 5.4). When CO2 

is calculated we see the increase in !11B over the last 3.5 Ma is equivalent to a decline from 

around 300 to 400 ppm in the Pliocene to 200-320 ppm in the Pleistocene.  Despite this overall 

decline, the glacial-interglacial CO2 amplitude appears to be around ~90 ppm for much of the 

last 3.5 million years.   

 

5.3.2 !SST stack 

The new !SST stack (Figure 5.5 and F1) shows a gradual decrease over the last 3.5 million 

years with a more rapid decline around the mid Pleistocene transition with the mean climate 

crossing through 0°C, modern SSTav, for the first time at ~1 Ma. For the last 800 kyr there has 

been relatively little change in long term SST.  

 

Figure 5.5: New !SST stack 

!SST records from multiproxy reconstructions over the Plio-Pleistocene noting a persistent 

decline from the Pliocene. Green line is our new global stack of 45 UK
37, Mg/Ca and TEX86 

temperature proxies. Monte Carlo (n=1,000) simulation of the individual uncertainties of each 

record are combined to create the stack and uncertainty envelope. Blue line shows an orbitally 

resolved SST stack which is corrected to match the mean of our stack, by +0.54°C, (Martinez-

Boti, Foster, Chalk et al., (accepted)). PRISM model temperature predictions are highlighted in 



  Chapter 5: Plio-Pleistocene cooling 

 109   

the red box at 3-3.3 Ma, and match the record for that time interval (Dowsett, 2007). There is a 

good correlation with the LR04 benthic stack of oxygen isotopes which shown below for 

reference (Lisiecki and Raymo 2005).   
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Figure 5.6: Effect of proxy removal on the stack 

The effect of jacknifing  (proxy removal) on the temperature stack and smoothed stack: a) 

without Mg/Ca data, b) without UK
37 data (the majority of the data), c) without TEX86 data. 

Removing any whole set of proxies does not affect the large scale pattern of the distribution. 

However it should be noted that for Mg/Ca spatial and temporal separation at ~2000 ka seems 

to have a large effect on the shape of the data, additionally there are relatively few records in 

this section meaning that polar amplification or lateral variations have a larger impact. 
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The uncertainty in the average SST, related to calibration uncertainty, is relatively small and 

roughly constant at ~ ±0.3°C throughout the last 3.5 Myrs. Jacknifing (removing one proxy type 

at a time) suggests, this change is independent of proxy type although there is a moderate 

change in shape with the removal of UK
37 data, perhaps unsurprisingly as the UK

37 records 

numerically dominate the stack.  Although the TEX86 and Mg/Ca records alone (~30% of the 

records) reveal a similar long term trend (Figure 5.6) and peak warming period.  

5.4 Discussion 

5.4.1 The evolution of CO2 over the last 3 Myrs 

The combined !11B-CO2 record shown in Figure 5.7 shows that CO2 cycles are a key feature of 

the Plio-Pleistocene world, the amplitude of which does not appear to scale with !18O 

(Martinez-Boti, Foster, Chalk et al., (accepted); Figure 5.7). Prominent in the complete record 

(including all data from MC-ICPMS at Southampton, and published NTIMS data (Hönisch et 

al., 2009) Figure 5.7) are: the decline after the iNHG in the Pliocene (3Ma, ~400"20ppm), a 

gradual rise through the Earliest Pleistocene (1.8-2.5Ma, 320"380ppm), before a decrease 

towards the Mid Pleistocene Transition (MPT, 1.8Ma, 350"300ppm) and the Late Pleistocene 

(0.8Ma, 300"280ppm). This signal is broadly consistent with previously published work 

(Bartoli et al., 2011; Hönisch et al., 2009; Seki et al., 2010), but the form of this decline has 

hitherto not been recognised. A non-parametric smoother was fitted to the data in order to 

examine the long-term trends and reduce the influence of our uneven sampling. This treatment 

suggests that the long-term decline is ~100 ppm and occurs on the whole steadily though the 

Plio-Pleistocene but with marked increases in gradient between 2700 and 2500 ka; 1800 and 

1500 ka; and 1000 and 800 ka. There is little or no change in the long term average CO2 over 

the last 900 kyrs, after the decline associated with the MPT (see Chapter 3: ).   
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Figure 5.7: New Plio-Pleistocene CO2 compilation 

Combined CO2 records from ice cores (Lüthi et al., 2008; Monnin et al., 2001; Petit et al., 

1999; Raynaud et al., 2005; Siegenthaler et al., 2005), and previous !11B studies (Foster, 2008), 

Chalk et al. (in prep), Chapter 4: (Martinez-Boti, Foster, Chalk et al., (accepted)), (Hönisch et 

al., 2009) and this study. CO2 declines from mid Pliocene values of ~400 ppm dipping below the 

threshold for northern hemisphere glaciation of ~280ppm (DeConto et al., 2008) at about 2700 

ka. Decline is then steady towards the Late Pleistocene but glacial-interglacial variability is 

maintained throughout (~100 ppm). Grey line shows a 400 kyr running mean through the CO2 

data. Key MIS stages are marked. Top panel shows LR04 stack (Lisiecki and Raymo, 2005) 
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5.4.2 Accuracy of long-term smoothed SST stack record 

Determining the accuracy of the SST stack is crucial to our understanding of the climate 

implications in this study, so a number of sensitivity test are performed to assess this. Firstly we 

perform a jacknifing exercise to check that one proxy does not unduly influence the stack. This 

is important when thinking about the nature of the temperature proxies used.  For instance, if 

our Mg/Casw is erroneous, or alkenone producers undergo a systematic change it could bias the 

reconstruction. From the results of the jacknifing exercise we can see that, the broad pattern of a 

2-3°C SST decline is evident in all of the individual proxy record. Clearly though more data of 

this kind, from multiple proxies, would improve the picture and confidence in this picture of 

Plio-Pleistocene long-term SST decline.  

 

As the majority of the SST stack in derived from alkenone based UK
37 data, the accuracy of this 

proxy is most significant to our comparison. This is particularly pertinent because, although we 

know that Emiliana huxleyi haptophyte algae produce modern day alkenones, despite the 

presence of alkenones the species does not extend back to the Pliocene (Pagani, 2002). Past 

alkenone producers are likely to be other members of the Reticulofenestra genus but the modern 

calibration may be associated with inaccuracies arising from faunal turnover or ecological 

changes and adaptation.  

 

Another check on the accuracy of our new stack is to compare it to the more extensive PRISM 

database of multiproxy (alkenone, Mg/Ca, diatom, and foraminiferal transfer function) SSTs for 

the interval from 3 to 3.3 Ma. A simple average of the !SST from the PRISM database (n~80) 

(Dowsett et al., 2012) reveals an average !SST (compared to modern) of + 2.6 K. When 

weighted to surface area the PRISM !SST is +2 K, which agrees well with our average giving 

us confidence in its accuracy (Figure 5.5). Given a two-thirds scaling between changes in global 

mean air temperature and changes in SST, this predicts an around +2.7 K higher mean global 

surface temperature for the PRISM interval compared to the modern, which is also broadly 

consistent with modelling output (e.g. (Lunt et al., 2008) estimate +3 K).  

5.4.2.1 Orbitally resolved SST evolution for the last 3.5 Myrs 

Our new stack compares well with the orbitally resolved compilation (Martinez-Boti, Foster, 

Chalk et al., (accepted)), SSTMB14, despite the limitations of this smaller dataset. An offset of 
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0.54 °C exists between the two stacks, but the overall fit is good. This small offset is likely 

attributable to the reduced latitudinal coverage of the stack containing fewer records, which is 

largely comprised of tropical SST records.  Nonetheless, this agreement allows us to combine 

the orbitally resolved stack of MB14 (+0.54°C) with our more comprehensive long term stack to 

provide !SST change at long- and short- timescales. 

5.4.3 Drivers of the long-term Plio-Pleistocene climate and SST evolution 

Climate forcing by CO2 is logarithmic in nature and is described by the following relationship:  

 

!FCO2 =  ln(CO2/CO2i)*5.35 W m-2 (Figure 5.8b; (Myhre et al., 1998))  

 

where CO2i is 278ppm and forcing is in W m-2.  

 

The global temperature response to CO2 forcing is strongly background climate state-dependent 

(Martinez-Boti, Foster, Chalk et al., (accepted); Rohling, 2013), and in the Plio-Pleistocene this 

dependence has been ascribed predominantly to the action of the ice-albedo feedback at CO2 < 

280 ppm, due to the growth and retreat of the northern hemisphere ice sheets. Given that, to a 

first order at least, the Earth system responds to radiative forcing in a consistent fashion 

independent of the nature of that forcing, we can (following (Köhler et al., 2010; Rohling et al., 

2012)) determine the climate forcing arising from continental ice albedo change via a relatively 

simple parameterisation of sea-level change (LI = Land Ice): 

 

!FLI = sea-level change (m) x 0.0308 W m-2  

 

Where sea-level change is taken relative to the modern. There are several sea level records that 

span the Plio-Pleistocene and here we use the Red Sea record of (Rohling et al., 2009) for 0-

500kyrs, the Mg/Ca temperature deconvolution of (Elderfield et al., 2012) for 500-1500 ka and 

the Mediterranean sea level record of (Rohling et al., 2014) for the 1500-3500 ka interval. When 

the effect of ice sheet albedo feedback is added to the forcing from CO2 alone (Figure 5.8) to 

calculate !FCO2,LI (!FCO2 + !FLI = !FCO2,LI) there is a good correlation between forcing and 

climate change (reflected by !SST record), with both showing a very strong and consistent 
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descent before stabilising during the last 800 kyrs, The strong relationship between this forcing 

and !SST over the last 3.5 Myrs strongly supports the assertion that Plio-Pleistocene cooling  is 

almost entirely explained by the combination of CO2 and ice sheet forcing, and therefore that 

the likely explanation for Pliocene warmth is elevated CO2 amplified by reduced continental ice 

cover.  

 

  

Figure 5.8: Comparison of forcing and temperature 

Top panel) All CO2 data from boron records and ice core data (black squares), Glacial 

interglacial variability is shown throughout the record. !SST throughout the Plio-Pleistocene, 

weighted to latitude (Martinez-Boti, Foster, Chalk et al., (accepted)): dark red line, smoothed 

latitudinally balanced record (this study): red). middle panel) CO2 forcing (where 0 Wm-2 is 

preindustrial CO2) and !SST (note different right-hand scale). CO2 is converted to forcing by a 

factor of 5.35 Wm-2 (Myhre et al., 1998). bottom panel) CO2 and ice volume forcing, ice is 

accounted for through SL records using a sensitivity of 0.0308 Wm-2(Köhler et al., 2010).  

 

The gradients of regression lines fitted to cross plots of forcing versus !SST (smoothed and 

unsmoothed) reveal the change in SST for a given change in radiative forcing (!SST/!FCO2,LI). 

As discussed at length in Martinez-Boti, Foster, Chalk et al., (accepted; Appendix A) these 
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gradients therefore closely approximate the sensitivity term (S) that is commonly used in 

discussions of climate sensitivity (where S x 3.7 Wm-2, the forcing related to a doubling of CO2 

= climate sensitivity in K). Of course SST is only a portion of global temperature (terrestrial 

temperatures are not accounted for) and therefore our comparison is not a complete description 

of climate sensitivity. As noted above, however, we can approximate the terrestrial temperature 

response as follows:, !SST = !Global temperature * 0.66 (Köhler et al., 2010; Shakun et al., 

2012; Williams et al., 2012). Thus, base on our stack we might expect !T (temperature change) 

in the Pliocene to be closer to 3°C (2/0.66 ~3°C). Yet the stability of this approximation through 

time needs to be further evaluated before it can be applied with confidence.   

 

   

Figure 5.9: Cross plots of !Forcing against !SST 

Top left: CO2 and SL forcing against SST change resolved orbitally using the stack of MB14 
(Martinez-Boti, Foster, Chalk et al., (accepted)), (m=0.66±0.04, R2=0.95). Top right: All data 
smoothed to remove orbital variation; the red line is a fitted linear model (m=0.64±0.01, 
R2=0.97).  Further details of the slopes can be found in Table 5-2. Gradients from !FCO2,LI . 
The long term gradient is steeper than that found for the Pliocene orbitally resolved record 
(Green box, (Martinez-Boti, Foster, Chalk et al., (accepted)).  The IPCC estimates 1.5-4.5K per 
doubling of CO2, which encompass our palaeosensitivity range (0.27-0.81 °C/Wm-2), shown by 
the blue box.  
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Nonetheless, the gradients of the regression lines for the entire Plio-Pleistocene, either 

considering the unsmoothed (orbitally resolved) data vs. !SST of Martinez-Boti, Foster, Chalk 

et al (accepted; corrected against the SST stack here) or the smoothed CO2 data vs. smoothed 

SST are within error of each other with a slope of 0.64±0.01 smoothed (2se; compared to 

0.66±0.04 resolved, Figure 9; Table 2). This slope is also very similar, albeit at the upper end, to 

that determined by MB14 for the late Pleistocene (0-0.8 Ma) and for the Plio-Pleistocene (2.3 – 

3.3 Ma) as well as the range quoted in the AR5 IPCC report (IPCC, 2014b); (Table 5-2, green 

and blue shading on Figure 5.9).   

 

Table 5-2: SST vs forcing relationships (ice and CO2 ) 

SST vs forcing relationships (ice and CO2 ) Plio-Pleistocene compared to previous estimates.  

Period CO2 proxy Slope Importance of 
additional (fast?) 
feedbacks 

Reference 

Overall Ice core and 
!11B 

0.64±0.01 

r2=0.97 

p = <2.2x10-16 

Very low See all below 

Orbitally 
resolved 

Ice core and !11B 
(this study) 
 

 

 

 
Ice core and !11B 

0.66±0.04 
r2=0.95 
p = <2.2x10-16 

 

 

 
0.55±0.07 
 

Very low 
 
 

 

 

 
Low 

(Ahn and Brook, 
2008; Lüthi et al., 
2008; Petit et al., 
1999) Chalk 
Chapter 4: , This 
study 
 

MB14 

IPCC AR5 Model/data based 0.54±0.27 

 

Low (IPCC, 2014b) 

Martinez -Boti 
Pliocene 

!11B (2 sites) 0.47±0.39  Moderate MB14 

Chalk et al (in 
prep)  

MPT 

"11B  0.36±0.23 
r2=0.16 

p = 0.0029 

High Chalk et al (in 
prep) 

Chapter 4:  
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The impacts of fast feedbacks are not considered in our parameterisation of forcing. Fast 

feedbacks include a variety of climate parameters such as cloud cover, water vapour, lapse rate 

(the thermal gradient of the atmosphere), sea ice cover, methane cycling and atmospheric dust 

content (albedo effect). Potentially medium to long term feedbacks with the potential to have a 

small effect are: vegetation change and oceanic circulation (for example recirculation of polar 

water to the tropics (Zhang et al., 2014b)). Proxy records for many or even all of these may be 

achievable in the future (with the notable exception of cloud cover, though modelled impacts 

have been proposed (Burls and Fedorov, 2014)), but currently their contribution must be taken 

as a residual. The similarity therefore between the different time intervals and long-term 

approach here suggests that the efficiency of these feedbacks through the last 3.5 million years 

is broadly similar.  Or if certain medium-term and fast-feedbacks were more efficient, their 

effects must be negated by decreases in the strength of other feedbacks.    

 

Despite the overall agreement between long-term and short-term estimates of climate 

sensitivity, there are intervals where !FCO2,LI and !SST are apparently decoupled. During the 

interval between 3.5 and 2.5 Ma, long term forcing is effectively invariant but long-term SST 

continues to decline. In the cross plot of the smoothed records this is easily visible as a 

steepening of the smoothed data at high !SST. The remainder of the smoothed record tracks up 

the regression line with a slope of ~0.6 K W-1 m2.  This may reflect inaccuracies in SL and CO2 

although the magnitude of forcing change required to return the data to the predicted line is 

large (e.g. 1W m-2; equivalent to ~55 ppm or 32 m SL) making this option unlikely.  Of course, 

this result could also reflect inadequacies in the SST stack – although this is again unlikely 

because of the large number of records used, unless (as mentioned above) UK
37 proxies (which 

dominate our stack) are subject to a systematic error.  

 

An alternative and perhaps more provocative explanation is that we are missing an important 

forcing parameter that operates on a million year timescale, such as vegetation change or 

orographic uplift.  This missing forcing must have also been independent of CO2 change and 

largely unrelated to overall climate forcing from CO2 and LI albedo. Vegetation change between 

the Pliocene and modern is suggested to drive 0.33°C of Pliocene warmth (Lunt et al., 2012).  

However, much vegetation change is likely to have scaled with CO2 forcing over the Plio-

Pleistocene as it did over the more recent glacial-interglacial climate cycles (Köhler et al., 

2010). Orography has a large impact on global temperatures (Lunt et al., 2012), with the 
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reduction in the height of the Rocky Mountains and Greenland potentially driving 0.7°C of 

Pliocene warmth (which would manifest as 0.46°C in our SST stack). This is roughly of the 

right magnitude to account for the missing forcing (Figure 5.9).  

 

While there is an abundance of evidence for the presence of uplift during the last 5 million years 

(e.g. (Foster et al., 2010a; Herman et al., 2013)), the timing of such changes continue to be 

relatively poorly constrained, and whether they cause cooling or are simply coincident with 

cooling is largely unsolved, despite many decades of study (e.g. (England and Molnar, 1990; 

Molnar and England, 1990; Roberts et al., 2012)). Despite these uncertainties, if orographic 

change did occur in such a way to promote global cooling in the early Pleistocene, this may also 

offer a driving force for the subsequent long-term decline in CO2 we observe.  Specifically, 

orogenic uplift increases physical erosion which leads to higher rates of silicate weathering, 

thereby drawing down CO2 (Raymo and Ruddiman, 1992). Further testing of this hypothesis 

requires a longer CO2 record from the last 5 Ma for an extended comparison with the Early 

Pliocene warming trend (Figure F1). 

5.5 Conclusions 

While we can confirm that CO2 levels have been decreasing since the Pliocene, much more 

work needs to be carried out to elucidate the changes in CO2 at glacial-interglacial resolution 

throughout the Plio-Pleistocene. The existing data does however show that clear glacial-

interglacial variations are prominent throughout this interval (Figure 5.7). We have also shown 

here, through compiling a comprehensive stack with a global coverage, that sea surface 

temperature over this interval also declines, in a fashion which is consistent with our 

understanding of the Earth’s climates response to forcing encapsulated in the latest IPCC report.   

 

The time from the Mid Pliocene Warm Period to the present is key to our understanding of 

climate because it is the only available analogue in which a warmer world exists with similar 

continental configuration and biogeochemical cycles to the present. We have shown that on long 

timescales global SST (approximately 66% of global temperature change (Rohling et al., 2012; 

Williams et al., 2012) is almost fully described by changes in the radiative forcing from carbon 

dioxide levels and ice sheets (which we deduce via sea level).  This demonstration of an 

approximately coherent sensitivity of the climate system to forcing on these long-time scales 

further illustrates the importance of changes in CO2 in driving geological climate change.   The 

ultimate drivers of CO2 change on these timescales remain unclear, largely attributable to an 
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absence of proxies that reliably trace the movement of carbon between the rock reservoir and 

the atmosphere-ocean-biosphere. However, minor departures from a linear relationship between 

forcing (from CO2 and land-ice) and !SST suggest that mountain uplift and associated delayed 

enhancement of silicate weathering may have an important role to play, at least in driving long-

term cooling during the Plio-Pleistocene.   
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Chapter 6:  Concluding remarks 

This thesis set out to provide new palaeoclimate information from the ocean-atmosphere 

carbonate system of the Plio-Pleistocene to address the following questions: 

 

1. Does rapid ice sheet collapse during Heinrich events lead to a shut down of North 

Atlantic Deep Water formation (Chapter 2)? 

2. Do the changing patterns of deep water circulation the North Atlantic have a role to 

play in glacial-interglacial CO2 change (Chapter 3)? 

3. What is the role of atmospheric CO2 change in the Mid Pleistocene Transition (Chapter 

4)? 

4. What is the role of CO2 in the gradual intensification of northern hemisphere glaciation 

through the Plio-Pleistocene (Chapter 5)? 

 

As well as providing answers to these four questions, through the four science chapters, it has 

been shown that high fidelity !11B-CO2 records are achievable and that when combined with 

!11B, B/Ca in benthic foraminifera can be used as a powerful quantitative proxy of ocean 

circulation and carbon storage. 

 

6.1 Thesis summary 

In Chapter 2 high-resolution reconstructions of B/Ca ratios of benthic foraminifera show, for the 

first time without ambiguity, that Heinrich events do not represent a complete shutdown of the 

Atlantic Meridional Ocean Circulation circulation system. Freshwater addition to the North 

Atlantic Ocean does however have significant impact upon the source regions/properties of 

water circulating in the North Atlantic.  

  

In Chapter 3 we have extended the use of paired B/Ca and !11B measurements to cover the 

breadth of the North Atlantic basin, illustrating that there are large suborbital shifts in the deep 

ocean carbonate system throughout the last glacial cycle.  The timing of these changes are paced 

by the high latitudes, although not always by the same hemisphere.  
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In Chapter 4 orbitally resolved CO2 cycles have been definitively identified for the first time 

outside of the range of the ice cores (1.0 to 1.2 Ma) and for the first time without a dominant 

100 kyr frequency. We show that the Mid Pleistocene Transition was accompanied by a CO2 

drop of 24±4ppm, and that the CO2-ice volume association is under a different and less sensitive 

regime before this interval.  

 

In Chapter 5 a long-term CO2 record is presented along with a new compilation of sea surface 

temperature records, a comparison of which reveals that the long-term decline in global 

temperature from the Pliocene is accompanied by a long-term decline in atmospheric CO2. We 

show quantitatively that the climate is strongly influenced over these long timescales by CO2 

forcing amplified by the ice-sheet albedo feedback.   

 

6.2 Objectives met 

The objectives of this thesis fall into 2 distinct areas of study:  

1. Identifying changes to intermediate and deep ocean carbonate system that accompany 

climatic shifts. 

2. Reconstruction of CO2 by !11B in the Plio-Pleistocene and determining how changes in the 

atmospheric concentration of CO2 are related to changes in the climate system.  

 

There is also power in the synergy of these 2 areas combined. Dynamics of the ocean and 

atmosphere cannot be fully separated due to numerous interactions and feedbacks between the 

two systems. Combining reliable atmospheric CO2 records with reconstructions of other climate 

parameters can therefore be very powerful in helping to understand the mechanisms of rapid 

change and deciphering the key driving factors.  

 

6.2.1 Ocean circulation 

A significant finding of this thesis is that substantial changes in ocean circulation accompany 

even relatively small changes in forcing confirming that complex coupling exists between many 

aspects of the climate system over glacial-interglacial cycles. In particular, highly dynamic deep 
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and intermediate water circulation is characteristic of the last glacial cycle in the North Atlantic, 

with ocean circulation shifts correlating to changes in atmospheric CO2 and changes in polar 

temperature. It is apparent that oceanic mechanisms in the polar regions (DWF and carbon 

storage) are intimately coupled to deep ocean changes and thus represent an important global 

climate teleconnection. Crucially, the methodology presented in this thesis (B/Ca in benthic 

foraminifera) avoids some of the inherent ambiguities in the interpretation of other proxy 

datasets defining deep ocean circulation, and can therefore provide a more definitive answer to 

the question of northern or southern sourcing of deepwater, which is an important for assessing 

the extent of AMOC shutdown in response to freshwater forcing in the past. When used in 

conjunction with the more established traditional proxies such as Pa/Th, !Nd, and "13C new 

results from B/Ca-"11B clearly highlight that penetration of southern sourced water to the 

northern high latitudes during abrupt climate change events was less extensive than previously 

believed, and hence imply an incomplete AMOC shutdown during H-events. These findings 

illustrate that care must be taken in the interpretation of !Nd, Pa/Th and "13C excursions for 

palaeoceanographic purposes, at least in the North Atlantic over these timescales. However, on 

longer time scales the dynamic nature of the North Atlantic basin is apparent, and shows that 

both poles are important in their potential impact on the global atmosphere-ocean response. A 

combined approach utilising boron and other proxy datasets shows potential as they work 

together to remove ambiguity by providing complementary evidence regarding different 

components of the Earth system. 

 

6.2.2 Carbon dioxide 

Climate sensitivity to greenhouse gases, reduction in ice cover, dust, clouds and ocean 

circulation has never been a more prevalent topic, it is entering the political decisions being 

made by our governments and understanding the past connection of climate and CO2 is our only 

testable natural case study. It has been shown here that high Pliocene CO2 levels are associated 

with high sea surface temperatures that follow closely the estimates of climate sensitivity given 

in the recent IPCC report (1.5 to 4.5 K per CO2 doubling). This agreement between long-term 

natural response and short-term anthropogenic prediction strengthens the case for the Pliocene 

to be a useful analogue for forecasting the magnitude and extent of climate change in the 

coming centuries. As discussed here, the long-term evolution of climate over millennia is 

largely dominated by the effect of CO2 forcing and of land ice albedo, an important feedback in 

a glaciated world. The similarity of this Pliocene estimate (2.3K per doubling of CO2) and the 

IPCC model projections (1.5-4.5 K per doubling of CO2) suggests that similar reconstructions 

using the methodology outlined here and elsewhere ((Martinez-Boti, Foster, Chalk et al., 
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(accepted)), Appendix A) will be very fruitful throughout the geological record to better identify 

when, why and if, climate sensitivity to forcing strays outside of the IPCC predictions.  

 

6.3 Future work 

One of the most exciting outcomes of the continued work on the !11B-CO2 proxy is the 

generation of high quality, high resolution CO2 data that has previously only existed from the 

ice core archive. Expanding this high resolution dataset both post MPT and into deeper time and 

understanding the links between the atmosphere-ocean-rock carbon stores are now accessible 

goals for the short term future of palaeoclimate research.  

 

Figure 6.1: The present state of high resolution Pleistocene CO2 

The ice core compilation (Lüthi et al., 2008; Monnin et al., 2001; Petit et al., 1999; Raynaud et 

al., 2005; Siegenthaler et al., 2005) and boron derived CO2 from this thesis (Chapter 4 and 

Chapter 5), show the evolution of suborbital CO2 for the last 1200 ka. The MPT is an important 

interval for future high resolution study. Boron isotopes can provide a realistic sucessor to the 

ice cores further back in geological time.  

 

The work presented in this thesis has provided crucial atmospheric carbon dioxide proxy data 

over the Plio-Pleistocene which can be used by the wider academic community to increase the 

understanding of the drivers of climatic change throughout this time period. Both long-term and 

short-term variability in CO2 during the Plio-Pleistocene is still far from fully understood, and 

an increased understanding will be best achieved by increasing the resolution of the records 
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produced here across the whole period to that presented in Chapter 4: (e.g. 1 sample per 3,000 

years). However, for this advances in methodology are crucial as the current protocols 

substantially limit the amount of boron isotope data that can be produced in a given time. 

Automisation of the matrix separation process and improved analytical techniques are two 

avenues being explored by the University of Southampton in conjunction with ESI Scientific 

and ThermoScientific, through the creation the prepFAST system and mass spectrometer 

optimisation.  

 

To fully understand the role of CO2 for climate forcing, it is crucial that other proxy methods 

continue to be developed, particularly to provide constraints on sea level and temperature. 

Temperature reconstructions in particular require improvement into the higher latitudes and in 

the terrestrial realm. Key time slices in the warm Pliocene have been defined here where these 

parameters should be investigated to provide the most benefit by the creation of CO2 records of 

good quality.  

 

Extending CO2 records further back in time has now become a crucial task as anthropogenic 

emissions continue to raise modern levels of the greenhouse gas. The 400 ppm CO2 level of the 

Pliocene is rapidly going to be superseded in relevance by the warmer early Pliocene, Miocene, 

and Eocene epochs and even the Cretaceous period as analogues for the future. However, with 

each step back in time the boundary condition uncertainties will grow, as boundary conditions 

change, but advances in our understanding will help to constrain climate models predicting our 

future. Due to the climate system having a delayed response to changes in forcing transient 

modern conditions must be compared with the equilibrium Pliocene. In this way, the Pliocene is 

still a natural example of a warmer climate with similar boundary conditions (tectonics, ecology 

etc.) and can provide the information we need to understand and prepare for the coming 

centuries. 

 

Finally, the work presented here suggests that the quantitative nature of the boron isotope proxy 

should not be underestimated for its ability to also solve key oceanographic circulation related 

problems. It is a central link to B/Ca-[CO3
2-] proxy validation and can be used to show that 

changes in this empirical proxy represent real oceanographic and carbonate system changes. 

Both proxies are particularly strong when combined with !Nd as a water mass tracer. As the 

analysis of boron based proxies becomes more routine, it will be possible to analyse carbonate 

ion distributions across all ocean basins and work out a more quantitative solutions to the role of 
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water mass changes in global climate cycles. The role of Heinrich events as a partial analogue 

for future rapid fresh water flux into the North Atlantic must be explored further as it is a 

potentially imminent result from increased ice melt and river discharged into the Arctic Ocean 

which are demonstrable consequences of global warming. Impacts seen in North Atlantic 

climate will affect many of the world’s economic and population centres. Heinrich events 

further back in time than the LGM should also be investigated as potentially during MIS 4 and 6 

rapid climate change events will be superimposed on a different circulation to the LGM case 

study (Chapter 3), giving more constraints on the sensitivity of the climate system to the 

background climate state.
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Appendix A : Submitted manuscript “Plio-
Pleistocene climate sensitivity from a new high-
resolution CO2 record” 

M.A. Martinez-Boti1,a, G.L. Foster1,a*, T. B. Chalk1, E.J. Rohling2,1, P.F. Sexton3, D.J. Lunt4,5, 
R.D. Pancost5.6, M.P.S. Badger5,6, D.N. Schmidt5,7 

1Ocean and Earth Science, University of Southampton, National Oceanography Centre 
Southampton, Southampton, SO14 3ZH, UK 
2Research School of Earth Sciences, The Australian National University, Canberra 0200, 
Australia 
3Centre for Earth, Planetary, Space & Astronomical Research, The Open University, Milton 
Keynes, MK7 6AA, UK 
4School of Geographical Sciences, University of Bristol, University Road, Bristol, BS8 1SS, 
UK 

5The Cabot Institute, University of Bristol, UK 
6Organic Geochemistry Unit, School of Chemistry, University of Bristol, BS8 1SS, UK 
7School of Earth Sciences, University of Bristol, Wills Memorial Building, Bristol, BS8 1RJ, 
UK 

*corresponding author 

a These authors contributed equally to this work.   – Submitted to Nature September 2014 

Theory and climate modelling suggest that the sensitivity of Earth’s climate to changes in 

radiative forcing could depend on background climate. However, palaeoclimate data have 

thus far been insufficient to provide a conclusive test of this prediction. Here we present 

new atmospheric CO2 reconstructions based on multi-site boron-isotope records through 

the late Pliocene (3.3 to 2.3 Myr ago). We find that Earth’s climate sensitivity to CO2-

based radiative forcing (Earth System Sensitivity) was half as strong during the warm 

Pliocene as during the cold late Pleistocene (0.8 to 0 Myr ago). We attribute this difference 

to the radiative impacts of continental ice-volume changes (ice-albedo feedback) during 

the late Pleistocene, since equilibrium climate sensitivity is identical for the two intervals 

when we account for such impacts using sea-level reconstructions. We conclude that no 

unexpected climate feedbacks operated during the warm Pliocene, and that predictions of 

equilibrium climate sensitivity (excluding long-term ice-albedo feedbacks) for our 

Pliocene-like future (with CO2 levels up to maximum Pliocene levels of 450 ppm) are well 

described by the currently accepted range of 1.5 to 4.5 K per CO2 doubling. 

Since the start of the industrial revolution, the concentration of atmospheric CO2 (and other 

greenhouse gases; GHGs) has increased dramatically (from ~280 to ~400 ppm)1. It has been 
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known for over 100 years that changes in GHG concentration will cause the surface temperature 

of the Earth to vary2. A wide range of observations reveals that the sensitivity of Earth’s surface 

temperature to radiative forcing amounts to ~3 K warming per doubling of atmospheric CO2 

concentration (with a 66% confidence range of 1.5 to 4.5 K; e.g. ref. 1,3), due to direct radiative 

forcing by CO2 plus the action of a number of fast-acting positive feedback mechanisms, mainly 

related to atmospheric water vapour content and sea-ice and cloud albedo. Uncertainty in the 

magnitude of these feedbacks confounds our ability to determine the exact equilibrium climate 

sensitivity (ECS; the equilibrium global temperature change for a doubling of CO2 on 

timescales of about a century, when all ‘fast’ feedbacks have had time to operate; see ref. 3 for 

more detail). Although the likely range of values for ECS is 1.5 to 4.5 K per CO2 doubling, 

there is a small but finite possibility that climate sensitivity may exceed 5 K (e.g. ref. 1). 

Understanding the likely value of ECS clearly has important implications for the magnitude, 

eventual impact and potential mitigation of future climate change.  

Any long-range forecast of global temperature (i.e. beyond the next 100 years) must also 

consider the possibility that ECS could depend on the background state of the climate4,5. That is, 

in a warmer world, some feedbacks that determine ECS could become more efficient and/or 

new feedbacks could become active to give additional warmth for a given change in radiative 

forcing (such as those relating to methane cycling6, atmospheric water vapour 

concentrations5,7,8, in addition to changes in the relative opacity of CO2 to long wave 

radiation5,9).One approach to identify whether ECS depends on climate background state is to 

reconstruct ECS during periods in the geological past when Earth was warmer than today.  

The Pliocene (2.6 to 5.3 Myr ago) is one such time, with the warmest intervals between 3.0 and 

3.3 Myr ago ~3 K globally warmer than pre-industrial times10,11, while mean sea level stood 12-

32 m above the present level12,13. Although most of this warmth is commonly ascribed to 

increased atmospheric CO2 levels14, it has been suggested that simple comparisons of the 

observed temperature change in the geological record with the climate forcing from CO2 alone 

are unable to constrain ECS10. Instead, a parameter termed Earth System Sensitivity (ESS) is 

defined –  the change in global temperature for a doubling of CO2 once both fast and slow 

feedbacks have acted and the whole Earth system has reached equilibrium (in contrast, ECS 

excludes the slow feedbacks; for a discussion of fast versus slow feedbacks, see ref. 3). The 

most important slow feedbacks are those related to ice-albedo and vegetation-albedo changes. 

Because of these slow feedbacks, Pliocene ESS is thought to have been ~50 % higher than 

ECS10,15, with some existing geological data suggesting a Pliocene ESS range of 7-10 K per CO2 

doubling16, which greatly exceeds a modern ESS estimate of ~4 K per CO2 doubling10. If ECS 

was similarly enhanced, then that would imply that either extra positive fast feedbacks operated, 
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or that existing positive fast feedbacks were more efficient, thus increasing the temperature 

response for a given level of CO2 forcing. 

Understanding past climate sensitivity critically depends on the accuracy of the CO2 data used. 

Despite a tendency for increased agreement between different CO2 proxies17, individual pCO2 

estimates for the Pliocene still range from ~190 to ~440 µatm (Fig 1a,b) and there is little 

coherency in the trends described by the various techniques (Fig 1a,b). This hinders any effort 

to accurately constrain Pliocene ECS or ESS.  To better determine Pliocene CO2 levels, we 

generated a new record, based on the boron isotopic composition (!11B) of the surface mixed-

layer dwelling planktic foraminiferal species Globigerinoides ruber from ODP Site 999 

(Caribbean Sea, 12°44.64’ N, 78°44.36’ W, 2838 m water depth; Extended Data Figure 1) at 

more than 3! higher temporal resolution (1 sample every ~13 kyr; Fig. 1c) than previous !11B 

records (1 sample every 50 kyr; Fig. 1b). The !11B of G. ruber is a well-constrained function of 

pH18 and seawater pH is well correlated with [CO2]aq, as both are a function of the ratio of 

alkalinity to total dissolved carbon in seawater. In the absence of significant changes in surface 

hydrography, [CO2]aq is largely a function of atmospheric CO2 levels and !11B-derived CO2 has 

been demonstrated to be an accurate recorder of atmospheric CO2 (Extended Data Figure 2)18-20. 

Today, the surface water at Site 999 is close to equilibrium with the atmosphere with respect to 

CO2 (expressed here as ΔpCO2 = pCO2
sw-pCO2

atm = +21 µatm; Extended Data Figure 1)18,21 and 

has remained so for at least the last 130 kyr (Extended Data Figure 2)18. ODP Site 999 also 

benefits from a detailed astronomically calibrated age model22 and high abundance of well-

preserved planktic foraminifera throughout the past 4 million years23,24. During our study 

interval it is also unlikely to have been influenced by long-term oceanographic changes such as 

the emergence of the Panama Isthmus ~3.5 Myr ago (see detailed discussion in ref. 23). To 

increase confidence that atmospheric CO2 changes are driving our pH (and hence our pCO2
sw) 

record for ODP Site 999 and that the air:sea CO2 disequilibrium remained similar to modern 

values, we also present lower-resolution d11B data from G. ruber from ODP Site 662 (equatorial 

Atlantic, Fig. 1c; 1°23.41’S, 11°44.35°W, 3821 m water depth; Extended Data Figure 1), where 

current mean annual DpCO2 is +29 µatm with a seasonal maximum of +41 matm21. Analytical 

methodology and information detailing precisely how pCO2
sw is calculated, with full 

propagation of uncertainties, can be found in the Methods section (with full !11B and pCO2 in 

Extended Data Table 1). 
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A new record of Pliocene pCO2 change 

Where our data for both sites overlap in time, reconstructed pCO2
atm values between 2.3 and 3.3 

Myr ago agree within uncertainty (Fig 1d; Extended Data Figure 3), and are consistent with 

most independent records (see Fig 1a,b; Extended Data Figure 2b,c), confirming that the 

variations we observe are predominantly driven by changes in atmospheric CO2 concentrations. 

However, the enhanced resolution of our !11B-pCO2
atm record (Fig. 1d) also reveals a hitherto 

undocumented16,23,25,26 level of structure in the CO2 variability during the 1 million year period 

investigated, including a transition centred on 2.8 Ma, spanning ~200 kyr, where average 

pCO2
atm undergo a decrease of ~65 µatm (Fig 1d).  

Detailed atmospheric CO2 measurements from ice cores show orbital-scale (~100 kyr) 

oscillations in pCO2
atm with a peak-to-trough variation of ~80-100 µatm through the late 

Pleistocene (90 % of the pCO2 values lie between +36 and –41 µatm of the long-term mean; 

Extended Data Figures 2, 4)27-29. Once the long-term trend is removed from our Plio-Pleistocene 

data (thick blue line in Fig 1d), and we have taken into account our larger analytical uncertainty 

(see Methods), we observe orbital-scale variations in our !11B-pCO2
atm record of only slightly 

smaller amplitude than the ice-core pCO2
atm record (0-0.8 Myrs) and for the last 2 Myrs in other 

!11B-based records19,20,30 (Extended Data Figure 4 and Methods),  which is in clear contrast with 

the benthic !18O which shows increasing  variability over the last 3 Myrs (Fig 1e and Extended 

Data Figure 4). 

Given the different amplitudes of climate variability, the observed similarity between Pliocene 

and late Pleistocene pCO2
atm variability seems counter-intuitive given the notion that CO2 is a 

key factor in amplifying glacial-interglacial climate change27-29,31,32. This is illustrated by a well-

defined non-linear relationship in a cross plot between deep-sea benthic !18O and ln(CO2/Co) 

(where Co = pre-industrial CO2 = 278 µatm), which accounts for the logarithmic nature of the 

climate forcing by CO2 (Fig. 2b). Note also the clear overlap between Pleistocene (0-2.2 Myrs) 

ice-core CO2 measurements and d11B-based CO2 reconstructions in this plot (Fig. 2b; Extended 

Data Figure 2). A similar relationship is also evident in raw !11B-space (Fig. 2a). Below an 

inflection at about 275±15 µatm pCO2
atm (equating to ln(CO2/Co) ! 0) benthic !18O shows a 

steeper relationship with CO2-based forcing than it does above this value (Fig. 2). This likely 

reflects some combination of: (i) growth of larger northern hemisphere ice sheets at pCO2
atm

  

below 275±15 µatm33 increasing radiative ice-albedo feedback and amplifying climate forcing 

by CO2 change; (ii) an increase in oxygen isotope fractionation in precipitation with increasing 

size of the ice sheets, which leads to a proportionally greater 18O enrichment in seawater34; and 

(iii) potentially stronger deep-sea cooling at low pCO2
atm  due to the high-latitude-focussed 
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influences of the ice-albedo feedback process. These findings highlight the profound impacts of 

northern hemisphere ice-sheet growth on climate variability in the Pleistocene 31,32, relative to 

the Pliocene (Fig. 2b).     

Our new data show that the ~275±15 µatm threshold was first crossed at ~2.8 Ma during Marine 

Isotope Stage (MIS) G10 (Fig. 1d, horizontal dashed line), and – more persistently – during 

subsequent Marine Isotope Stages G6 (2.72 Myr ago), G2 (2.65 Myr ago), and 100 (2.52 Myr 

ago), when values as low as !""!!"!!"!µatm (95% confidence) were reached and when intervening 

interglacial values also seem to have been suppressed (Fig. 1c,d). These isotope stages are 

significant in that they are associated with an increase in the amplitude of glacial-interglacial 

sea-level oscillations (Extended Data Figure 5b)12,13,35 and coincide with the timing of the first 

substantial continental glaciations of Europe, North America and the Canadian Cordillera, as 

reconstructed by Ice-rafted debris and observations of relic continental glacial deposits36-38. 

Hence, our new high-resolution pCO2
atm record robustly confirms previous hypotheses16,23,25,39 

(based on low-resolution CO2 data) that the first substantial stages of glaciation on the northern 

hemisphere, as well as a recently recognised deep-sea cooling during the late Pliocene/early 

Pleistocene13, coincided with a significant decline in mean atmospheric pCO2
atm at 2.7-2.9 Ma of 

~40-90 !atm (mean3.0-3.2Ma – mean2.4-2.7Ma = 66 ± 26 !atm ; p <0.001 (two-tailed), n=40). 

 

Efficiency of climate feedbacks 

Our new pCO2
atm record offers an opportunity to examine the sensitivity of Earth’s climate 

system to forcing by CO2 during a period when Earth’s climate was, on average, warmer than 

today40. For this exercise, global temperature estimates are also needed. We consider two 

approaches for this. The first is an estimate of global mean annual surface air temperature 

change (ΔMAT) over the last 3.5 million years, from a scaling of the northern hemisphere 

climate required to drive an ice-sheet model to produce deep ocean temperature and ice-volume 

changes consistent with benthic !18O data (Fig 3a,b)35. This approach produces a continuous 

record of global temperature that agrees well with independent constraints for discrete time 

intervals (see ref. 35).  

We supplement ΔMAT with a record from a second approach, which is independent from 

benthic !18O values. For this, we generated a sea surface temperature stack (SSTst) from 0 to 

3.5 Myr ago (Fig. 3c,d), comprising 8 high-resolution (average ~3 kyr) SST records based on 

Uk’
37 alkenone unsaturation ratios, from latitudes between 41 oS and 57 oN. The selected sites 

(see Extended Data Figure 1b) all offer near-continuous temporal coverage of the last 3.5 Myr 

(see Methods). Our SSTst record agrees well with independent, higher density compilations of 
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global SST change32,41 (Fig 3c blue line), indicating that SSTst offers a reliable approximation 

of global SST change (see Methods for more details). Moreover, our SSTst allows us to directly 

compare the major SST changes, within the same archives, between the Plio-Pleistocene and 

late Pleistocene.  

When comparing temperature records from the two approaches considered, it must be 

emphasised that ΔMAT reflects global mean annual surface air temperature change, while 

SSTst approximates global mean sea surface temperature change. Hence, their amplitudes of 

variability will be different, mainly because SSTst does not include temperature changes over 

land. Approximately, ΔSST = ΔMAT * 0.66 (ref. 32,42), but direct conversion is not needed 

here, as we merely aim to contrast Pliocene climate behaviour with that for the Pleistocene, 

within the same data types.  

To determine the sensitivity of global SST and ΔMAT to CO2 forcing in the Pliocene and 

Pleistocene, we use time series of forcing calculated from our new and existing CO2 records 

(Fig 3e to h), and regress these against both ΔMAT and SSTst (Fig 3a to d). The regression 

slopes then describe the temperature change (ΔT in K) per W per m2 of forcing (ΔF) for each 

time interval.  These gradients therefore approximate the commonly used sensitivity parameter 

(S = ΔT/ΔF K W-1 m2) for describing global temperature change for a given forcing3.  In this 

scheme, a doubling of atmospheric CO2 is equivalent to a forcing of 3.7 W m-2, so that for the 

66% confidence interval of modern climate sensitivity quoted by ref. 1, the present-day 

equilibrium value of S (Sa, after ref. 3) is 1.5/3.7 to 4.5/3.7 = 0.4 to 1.2 K W-1 m2.  However, 

using palaeoclimate data it is not possible to determine the direct equivalent of Sa, instead, such 

studies constrain a ‘past’ parameter (Sp), which includes the combined action of both fast and 

slow feedbacks3.  Note that Earth System Sensitivity, ESS (in K) = Sp x 3.7.  Explicit 

accounting for slow feedback processes in determinations of Sp can make it approximate Sa (ref. 

3). Following ref. 3, an Sp estimate after accounting for carbon-cycle feedback is indicated by 

SCO2, and one accounting for both carbon-cycle and land-ice-albedo feedbacks is SCO2,LI, where 

the latter gives a useful approximation of Sa.  We follow this approach, using Sp = ΔMAT/ΔF 

and Sp,SST  = ΔSST/ΔF, both in K W-1 m2. Note that our determinations of the sensitivity 

parameter are based on our entire reconstructed time series, rather than on a simple comparison 

between a limited Pliocene average and the modern average, as was done in previous studies3,16. 

Since we calculate a Sp (and Sp,SST) for the Pliocene and compare this to the late Pleistocene Sp 

(and Sp,SST), we also avoid complications due to independent changes in boundary conditions 

(such as topographic changes)39 because we asses sensitivity within each relatively short time 

window (2.3 to 3.3 Ma vs. 0 to 0.8 Ma). In addition, our approach emphasises relative changes 

in CO2 levels and temperature over the intervals considered, rather than absolute values. This 
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improves accuracy because relative changes are much better constrained than absolute 

temperature and pCO2
atm values from proxy data (see Methods for further discussion).  

Preliminary regression of ΔMAT against Pliocene pCO2
atm identified one data point (at 2362 

kyr; white circle in Fig. 1d & 2) with a particularly large residual and significant leverage on the 

least squares regression (a high Cook’s distance).  With interglacial-like pCO2
atm values but 

glacial-like !18O values (Fig 2), this point may reflect a chronological error, or a short period of 

unusually high air:sea disequilibrium with respect to CO2 at ODP Site 999. To avoid the 

influence of this one point on subsequent linear regressions, we have removed it from our !11B-

pCO2
atm record. The remaining pCO2

atm data (73 points) were interpolated to a constant 

resolution (1 kyr), smoothed with a 20 kyr moving average to reduce short-term noise and 

resampled back to the original data spacing (~1 sample every 13 kyr).  A Monte Carlo approach 

was followed to determine uncertainties for this smoothed record given the uncertainty in the 

!11B-derived pCO2
atm. Radiative forcing changes due to pCO2

atm changes are calculated using 

ΔFCO2 = 5.35*ln(CO2/Co) W m-2; where Co = 278 µatm (Fig 3)43. We ignore mean annual 

forcing by orbital variations because it is small (<0.5 W m-2 with a periodicity of 100 to 400 

kyr)31,32 and averages out over the length of our records. Linear regressions of ΔMAT and SSTst 

versus ΔFCO2 were performed using an approach that yields a probabilistic estimate of slope, 

and hence sensitivity to CO2 forcing (SCO2 = ΔT/ΔFCO2 or SCO2,LI = ΔT/ΔFCO2,LI), which fully 

accounts for uncertainties in both X and Y variables (see Methods; Fig 4). Fig 5a-d displays 

probability distribution functions (pdfs) of the determinations of slope for each time interval. 

This analysis reveals that, irrespective of the global temperature record used (ΔMAT or SSTst), 

the global sensitivity of Earth’s climate to forcing by CO2 only (SCO2) is approximately 2x 

higher for the Pleistocene than it is for the Pliocene (Fig 4&5). This validates previous 

inferences of a strong additional feedback factor during the Pleistocene (at pCO2
atm levels below 

~280 µatm), which likely arises from the growth and retreat of large northern hemisphere ice 

sheets and their role in changing global albedo31,32. 

Given that, to a first order, the Earth system responds to radiative forcing in a consistent 

fashion, largely independent of the nature of that forcing8, we can determine the climate forcing 

arising from continental ice albedo changes via a relatively simple parameterisation of sea-level 

change (DFLI = sea-level change (m) ! 0.0308 W m-2; following ref. 31,32). Several 

reconstructions of sea-level change partially or completely span the last 3.5 Ma (e.g., ref. 13, 35, 

44, 45, and 46 recalculated by 12), and we explore the implications of each of these independent 

records. Cross-plots of combined CO2 and ice-albedo forcing (ΔFCO2 + ΔFLI = ΔFCO2,LI) versus 

ΔMAT and ΔSSTst are shown in Fig 4 for the Pliocene and Pleistocene. Fig 5e-h displays the 

influence of choices of temperature and sea-level record on our determinations of SCO2,LI  (= 
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DT/DFCO2,LI). In contrast to SCO2, SCO2,LI is similar for both the Pliocene and Pleistocene, 

regardless of temperature record or other parameter choices (Fig 5). This robustly indicates that 

the apparent difference between Pliocene and Pleistocene climate sensitivity arises almost 

entirely from ice-albedo feedback influences. It also implies that all of the other feedbacks that 

amplify climate forcing by CO2 (e.g. sea-ice and cloud albedo, water vapour, vegetation, 

aerosols, other GHGs) must have operated with rather similar efficiencies during both the 

Pliocene and Pleistocene. Thus, we find no evidence that additional (unexpected) positive 

feedbacks had become active to amplify Earth system sensitivity to CO2 forcing during the 

warm Pliocene. Alternatively, if additional positive feedbacks did become active (e.g. increase 

in steady-state methane concentration or changes in cloud properties), then their effect must 

have been negated by the loss of other amplifying feedbacks (e.g. Arctic sea-ice) or the addition 

of more negative feedbacks.  This finding is at odds with previous studies (e.g. ref. 16,47) most 

likely because of differences in our approach to determine Pliocene climate sensitivity (i.e. we 

determine a within-Pliocene sensitivity) and shortcomings in the proxy systems used by the 

earlier investigations, both in terms of CO2 and temperatures (e.g. see ref. 48).  For instance, Fig 

1d (and Extended Data Figure 2) indicate that both orbital-scale variability in pCO2
atm and the 

major decline at 2.7-2.9 Ma are absent from the previously used16 alkenone-based pCO2
atm 

records.   

 

Constraints on Climate Sensitivity 

Using the geological record to directly estimate ECS (and thus Sa) is problematic because 

information on the appropriate magnitude of a number of key feedbacks (such as vegetation-

albedo) is typically unavailable3.  Nonetheless, considerable effort has determined that ECS 

estimates based on the last glacial maximum fall within the range of ECS estimates from other 

approaches (1.5 to 4.5 K per CO2 doubling, or 0.4 to 1.2 K W-1 m2; ref. 1). Our analysis implies 

that a similar ECS applies to the Pliocene and early Pleistocene (2.3 to 3.3 Ma; Fig 5; Extended 

Data Table 2). In addition, our estimate of Pliocene SCO2 using ΔMAT lies within a range of 0.6 

to 1.5 K W-1 m2 (at 95% confidence), meaning that, once all feedbacks have played out for 

future CO2 doubling, ESS (= SCO2 x 3.7) will very likely (95% confidence) be <5.2 K and will 

likely (68% confidence) fall within a range of 3.0 to 4.4 K (Extended Data Table 2).  

In May 2013, atmospheric CO2 levels crossed the 400 ppm threshold to values last seen during 

the Pliocene (Fig. 1c). Given current CO2 emission rates, global temperatures may reach those 

typical of the warm periods of the Pliocene by 20501. Our findings suggest that, if the Earth 

system behaves in a similar fashion to how it did during the Pliocene as it continues to warm in 

the coming years, an ECS of 1.5 to 4.5 K per CO2 doubling1 likely provides a reliable 
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description of the Earth’s temperature response to climate forcing, at least for global 

temperature rise up to 3 K above the pre-industrial level. Studies of even warmer intervals in the 

deeper geological past (well before 3.3 Myr ago) are needed to determine whether any 

additional climate feedbacks should be expected as the Earth warms even further into the 22nd 

Century if CO2 emissions continue unabated.  
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Figure 1. Records of late Pliocene/early Pleistocene pCO2
atm.  (a) pCO2

atm based on d13C of 

sedimentary alkenones (dark green circles (ODP 999)25; aquamarine squares (ODP 999)26; dark 

orange (ODP 1208)16, purple circles (ODP 806)16; dark red squares (ODP 925)49.  Error bars are 

uncertainty in pCO2
atm at the 95% level of confidence.  (b) d11B of planktic foraminifera from 

ODP 999 (blue closed circles for G. sacculifer and squares25 for G. ruber; red squares for G. 

sacculifer23) and stomatal density of fossil leaves (purple filled circle)50. Error bars are 

uncertainty in pCO2
atm at the 95% level of confidence. (c) New boron isotope data from ODP 

999 (blue circles) and ODP 662 (red circles). Error bands for ODP 999 denote 1sd (dark blue) 

and 2sd (light blue) analytical uncertainty, error bars for ODP 662 show 2sd analytical 

uncertainty. (d) Atmospheric pCO2 (matm) determined from data shown in (c) for ODP 999 

(blue circles) and ODP 662 (red circles). Error band encompasses 68% (dark blue) and 95% 

(light blue) of 10,000 Monte Carlo simulations of pCO2
atm using the data in (c) and a full 

propagation of all the key uncertainties (see Methods). For ODP 662 error bars encompass 95% 

of 10,000 simulations. Dotted lines show the modelled threshold of northern hemisphere 

glaciation (280 µatm)33. (e) Benthic d18O stack22, prominent marine isotope stages are labelled 

(blue for glacial, red for interglacial stages). Thick lines on several panels are non-parametric 

smoothers through the data. Blue open circle on (d) highlights the data point that are identified 

as outlier in Fig 2 and not used in subsequent regressions.   
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Figure 2. Relationship between d11B, climate forcing from CO2 and d18O.  (a) !11B vs. !18O 

and (b) ln(CO2/Co) vs. !18O for data from the last 3 million years. Ln(CO2/Co) is defined in the 

text. Boron data in (a) are from this (blue open and closed circles) and published studies (green 

circles30; blue triangles20). Ice-core CO2 data shown as open red circles27-29. The vertical dashed 

line is at a CO2 of 278 µatm. The data point removed from subsequent regression analysis is 

highlighted as open blue circles.  Note that the !11B-pCO2 data from ref. 23 are not plotted for 

clarity.    The black line is a non-parametric regression through all the data shown.  The !11B 

data from ref. 30 have been corrected for laboratory and inter-species differences through a 

comparison between core-top !11B values. 
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Figure 3. Pleistocene and late Pliocene time series. (a) and (b) mean annual surface air 

temperature change (ΔMAT)35, (c) and (d) sea surface temperature change (ΔSST; this study in 

red and from a stack of a more comprehensive compilation32 in blue). Uncertainty envelopes at 

95% confidence for both temperature records are shown in red. (e) ΔFCO2 for the Pleistocene 

from ice-core data27-29.  (f)  ΔFCO2 for the late Pliocene calculated using the CO2 data from this 

study.  (g) ΔFCO2,LI calculated using data in (e) and published sea-level records (R1413, 

VDW1135 and from ref. 44 for 0-520 kyr and ref. 45 for 520 to 800 kyr, R09+E12). (h) ΔFCO2,LI 
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for the late Pliocene calculated using the CO2 data from this study and published sea-level 

records (ref. 46 recalculated by ref. 12, N09, R1413, VDW1135).  Error bands in (e) to (h) 

represent the uncertainty in smoothed CO2 record and sea-level (68% and 95% confidence in 

light and dark respectively) propagated using a Monte Carlo approach (n=1000) for each 

reconstruction.  

 

 

Figure 4. Cross plots of forcing and temperature response.  (a) ΔMAT vs. ΔFCO2 and (b) to 

(d) ΔMAT vs. ΔFCO2,LI for the following sea-level records detailed in the caption for Figure 3: 

(b) R09+E1244,45 and N0912,46 (c) VDW1135, (d) R1413.  (e) ΔSST vs. ΔFCO2 and (f) to (h) ΔSST 

vs. ΔFCO2,LI for the same sea-level records as in panels (b) to (d).  In all panels late Pleistocene 

data (0-800 kyr) are shown as red open circles and late Plio-Pleistocene (2300-3300 kyr) as blue 

filled circles. Regression lines fitted by least-squares regression are also shown in the 

appropriate colour (shaded bands represent 95% confidence intervals).  For (a) to (d) the 

temperature record is that of ref. 35 and for (e) to (h) it is SSTst from this study. In all cases the 

slope (m) and standard error uncertainty are determined by least squares regression.  Also 

shown are the p values for the regressions.   
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Figure 5. Probability density functions of the slope from regressions of temperature 

against climate forcing.  (a,c,e,g) ΔMAT and (b,d,f,h) ΔSST against ΔFCO2 and ΔFCO2,LI for the 

Pleistocene (a, b, e, f) and Pliocene (c, d, g, h), taking into account the uncertainties on all 

variables (see text). In (e) to (h) individual pdfs are shown for different choices of sea-level, the 

combined pdf shown in bold is the sum of these different pdfs and therefore also incorporates 

uncertainty related to the choice of sea-level record. Also shown and labelled are the median 

(bold), 68th percentile (dot-dash) and 95th percentiles (dotted).  
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Appendix B : Supplementary information for “Plio-
Pleistocene climate sensitivity from a new high 
resolution CO2 record” 

 

Methods 

Sample locations. We present new data from two deep ocean sites: ODP Site 999 (Caribbean 

Sea, 12o44.64’N and 78o44.36’W) and ODP Site 662 (Equatorial Atlantic, 1o23.41’S, 

11o44.35’W). Both sites have well-constrained age models for the Pliocene and are part of the 

Lisiecki and Raymo benthic foraminifera !18O stack22 (hereafter LR04). Sedimentation rates are 

comparable between the sites (~3 cm/kyr at ODP 999 and ~4 cm/kyr at ODP 662). At ODP Site 

999, seventy four samples were analysed at an average temporal resolution of around 1 sample 

every 13 kyr, targeting several glacial and interglacial maxima. ODP Site 662 was analysed at 

much lower resolution (8 samples in 1000 kyr = 1 sample every 125 kyr on average), and the 

chosen samples were limited to peak interglacial conditions to avoid potential upwelling 

influences during glacial periods51. The extent of modern the air-sea CO2 disequilibrium at each 

location is displayed in Extended Data Fig 1a.     

Analytical methodology. Between 90 and 200 individuals of Globigerinoides ruber (~10 

µg/shell) were picked from the 300-355 µm size fraction from ODP Sites 999 and 662. 

Foraminiferal samples were crushed between cleaned glass microscope slides and subsequently 

cleaned according to established oxidative cleaning methods52-54. After cleaning, samples were 

dissolved in ~0.15 M Teflon-distilled HNO3, centrifuged and transferred to 5 ml Teflon vials for 

storage. An aliquot (~20 µl; ~7% of the total sample) was taken for trace element analysis. 

Boron was separated from the dissolved samples using Amberlite IRA-743 boron-specific anion 

exchange resin following established procedures20. Boron isotope ratios were measured on a 

Thermo Scientific Neptune multicollector inductively coupled plasma mass spectrometer (MC-

ICPMS) at the University of Southampton according to methods described elsewhere18,20,54. 

External reproducibility of !11B analyses is calculated following the approach of ref. 54, and is 

described by the relationship: 

!" ! !!!" ! !"#!!"!! !!!! ! !!!! ! !"#!!!!"! !!!!!       [1] 

where [11B] is the intensity of 11B signal in volts (see ref. 18 for further details). 

Trace elements were measured on a Thermo Scientific Element 2 single collector ICPMS at the 

University of Southampton, following established methods20. Over the period 2012-2013, 
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analytical reproducibility for Mg/Ca was ± 2.7% (2!). Raw Mg/Ca ratios were corrected for 

changes in the Mg/Ca ratio of seawater (Mg/Casw) using the approach of ref. 55 using the 

power-law modification of ref. 56 and the modelled Mg/Casw of ref. 57. We use a H value56 of 

0.41, originally derived for Globigerinoides sacculifer58, as no species-specific H value is 

currently available for G. ruber (for extended discussion, see ref. 48). Once corrected, the 

following equation59  was used to derive calcification temperatures from our Mg/Ca ratios, 

which includes a depth correction to account for the influence of dissolution on shell Mg/Ca 

ratios. 

! !! !
!" !"

!"!"#!
!!!!"

!!!" ! !!!!"!!!"#$!!"#$!!!"!!"!    [2] 

Trace element data were also used to check the efficiency of the foraminiferal cleaning 

procedure20,54. All samples had Al/Ca ratios of <100 µmol/mol, and typically <60 µmol/mol. 

Determination of pH from !11B of G. ruber. Boron in seawater exists mainly as two different 

species, boric acid (B(OH)3) and borate ion (B(OH)4
-), and their relative abundance is pH 

dependent. There are two isotopes of boron, 11B (~80%) and 10B (~20%), with a ratio normally 

expressed in delta notation as: 
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where 11B/10BNIST951 is the isotopic ratio of NIST SRM 951 boric acid standard (11B/10B = 

4.04367; ref. 60). 

There is a pronounced isotopic fractionation between the two dissolved boron species, with 

boric acid being enriched in 11B by 27.2‰ (ref. 61). As the concentration of each species is pH 

dependent, their isotopic composition also has to change with pH in order to maintain a constant 

seawater "11B. Calibration studies54,62,63 have shown that the borate species is predominantly 

incorporated into foraminiferal CaCO3, and therefore ocean pH can be calculated from the "11B 

of borate ("11Bborate) as follows:  

pH = pKB
* ! log !

!11Bsw !!
11Bborate

!11Bsw !
11-10 KB · !

11Bborate( )!  1000· 11!10 KB !1( )
"

#
$
$

%

&
'
'    [4] 

where pK*
B is the dissociation constant for boric acid at in situ temperature, salinity and 

pressure64, "11Bsw is the isotopic composition of seawater  (39.61‰; ref. 65), "11Bborate is the 
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isotopic composition of borate ion, and 11-10KB is the isotopic fractionation between the two 

aqueous species of boron in seawater (1.0272±0.0006) (ref. 61). 

In our calculations, temperature for ODP Site 999 is derived from Mg/Ca ratios measured on 

aliquots (separated after dissolution) of the same samples used for !11B analysis and for ODP 

Site 662 from published records of temperature using the Uk’
37 proxy66. Despite the uncertainty 

in Mg/Ca-derived SST’s we have not used published Uk’
37 temperature records for ODP Site 999 

because they are of lower temporal resolution and close to saturation (T’s of 28-29 oC)25.  

Salinity has little influence on the calculations of pH (±1 psu = ±0.006 pH units), and therefore 

is assumed to be constant at 35 psu (similar to the present-day mean annual average at both 

locations). The uncertainty associated with this assumption is propagated into pCO2
atm 

calculations. 

Boron has a long residence time in seawater (10-20 Ma; ref. 67), and to account for likely 

(small) changes in the boron isotopic composition of seawater (!11Bsw) over the last 3 million 

years, we use a simple linear extrapolation between modern !11Bsw (39.61‰; ref. 65) and the 

!11Bsw determined by ref. 68 for the middle Miocene (12.72 Ma; !11Bsw = 37.8‰). This simple 

estimation yields !11Bsw = 39.2‰ at 3 Ma, which is consistent with available independent 

constraints, for example based on assumptions of bottom water pH and measured benthic 

foraminiferal !11B (ref. 69). 

Finally, in order to calculate pH from the !11B of G. ruber, it is necessary to account for species-

specific differences between !11Bborate in ambient seawater and !11B in foraminiferal calcite 

(!11Bcalcite; i.e., “vital effects”). Here we used the species- and size-specific calibration equation 

of ref. 18 for G. ruber 300-355 µm (Equation 5). This equation has been applied in previous 

studies18 to produce a !11B-based atmospheric pCO2 (pCO2
atm) record for the last 30 kyr that is 

in very good agreement with ice-core pCO2
atm records (Extended Data Figure 2). 

!11Bborate = (!11Bcalcite - 8.87±1.52)/0.60±0.08 (uncertainty at 2s)     [5] 

It is also important to note that, not only is there generally good preservation of the sites we 

use23,24, the !11B of G. ruber does not appear to be significantly affected by partial dissolution25. 

Determination of pCO2
atm from !11B-derived pH. Another variable of the ocean carbonate 

system is required besides pH in order to calculate the partial pressure of CO2 in seawater 

(pCO2
sw)70. Here, total alkalinity (TA) is assumed to be constant at values similar to modern at 

ODP Site 999 (2330 µmol/kg; ref. 20). It is important to note that pCO2
sw estimates are mostly 

determined by the reconstructed pH and that TA has little influence. This is because pH reflects 

the ratio of TA to DIC (total dissolved inorganic carbon), so when pH is known the ratio of 
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TA:DIC is set, so the effect on pCO2
sw of a large increase/decrease in TA is counted by an 

opposite change in DIC.  Indeed, at a given pH, a change in TA by 10% only results in a pCO2
sw 

change of 10%.  For example, modifying TA by ±100 µmol/kg (a range equivalent to modelled 

variations in TA for the last 2 million years; ref. 30) only modifies reconstructed pCO2
sw (when 

pH is known) by less than ±12 µatm. 

pCO2
sw was calculated using the equations of ref. 70, the “seacarb” package of R (ref. 71) and a 

Monte Carlo approach (n= 10,000) to fully propagate the uncertainty in the input parameters (at 

95% confidence or full range, where appropriate): !11B (±analytical uncertainty, calculated 

using Equation [1], and calibration uncertainty in Equation [5]), Mg/Ca-derived temperature (±3 
oC), salinity (±3 psu), TA (±175 µmol/kg), !11Bsw (±0.4‰). pCO2

atm was then calculated from 

pCO2
sw using Henry’s Law and subtracting the modern extent of disequilibria with respect to 

CO2 at the two sites (Extended Data Figure 1; Extended Data Table 1).   Note that for the quoted 

uncertainty range for temperature, salinity, and !11Bsw a normal distribution is assumed, 

however for TA we have assumed a “flat” probability (i.e. an equal probability of TA being any 

value between 2155 and 2505 µmol/kg).   We therefore do not ascribe weight to the assumption 

that TA remains constant, but rather fully explore the likely range given the available, model 

based, constraints72,73.   It should also be noted that salinity and temperature have little control 

on our estimated pCO2
sw (+1 psu = +0.2 µatm; +1 oC = +8 µatm).   

Continuous records of Pliocene and late Pleistocene global temperature change. Robust 

records of global temperature change are needed to determine how the Earth’s climate has 

responded to changes in CO2. Here we estimate this variable using two independent approaches: 

(i) we generate a stack of available sea surface temperature records (SSTst); and (ii) following 

ref. 35 we use a reconstruction of global mean annual surface air temperature change based on a 

scaling of the northern hemisphere temperature required by a simple coupled ice-sheet-climate 

model to forward model the benthic !18O stack of ref. 74 (tuned here to the LR04 age model; 

ΔMAT).    

For the SST stack (SSTst) we imposed a number of criteria for site selection. These are: (i) the 

record must be continuous from late Pliocene to late Pleistocene (or nearly so); (ii) the temporal 

resolution must be relatively high (better than 1 sample per 10 kyr) to allow us to fully resolve 

the dominant orbital-scale variability; (iii) be based on Uk’
37, given that Mg/Ca suffers an 

unacceptable level of uncertainty on these timescales due to the secular evolution of the Mg/Ca 

ratio of seawater (e.g., ref. 48); (iv) the temperatures recorded by the Uk’
37 proxy must be less 

than 29 oC, above which the proxy becomes saturated and therefore unresponsive75. A total of 8 

published records meet these criteria (ODP Sites 982, 607; 1012, 1082, 1239, 846, 662, and 

1090; ref. 66, 76-82) and the locations of these sites are shown in Extended Data Figure 2b. The 
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average temporal resolution of these records is 1 sample every ~3.3 kyr (ranging from ~2 to ~5 

kyr) and the published age model of each site is either part of the LR04 stack or was tuned to it 

(see the original publications for details).   

In order to stack the records, each was first converted to a relative SST record referenced to 

either the average of the Holocene (0-10 kyr), or mean annual modern SST if the Holocene is 

missing, and then linearly interpolated to a 5 kyr spacing. These relative records are then 

averaged to produce a single stacked record of relative SST change (SSTst; Extended Data 

Table1). The number of sites contributing to SSTst varies but for most of the record is ! 7 

(Extended Data Figure 6a&b). Uncertainty on SSTst is estimated by a Monte Carlo procedure 

where 1000 realisations are made of each individual SST record with noise added reflecting the 

magnitude of analytical uncertainty in the Uk’
37 SST reconstruction (± 1 oC at 2"; ref. 75). Since 

we are using the same proxy for each location it is not necessary to consider the calibration 

uncertainty as this should be the same for each record. Each SST realisation is then averaged to 

produce 1000 realisations of SSTst.  The mean of these 1000 realisations is then calculated and 

the 95% confidence interval is given by the 2.5% and 97.5% percentile (red band on Figure 3). 

Jacknifing of SSTst (i.e. the sequential removal of one record at a time) indicates that no 

particular record has undue influence and SSTst remains close to the bounds relating to 

analytical uncertainty (the grey lines on Extended Data Figure 6c&d).    

Our aim with SSTst was not to specifically reconstruct global SST change but rather to examine 

the change in SST at these locations for a given forcing in the Pliocene and Pleistocene. We 

therefore do not require SSTst to reflect global SST change. However, in order to assess how 

well SSTst does reflect global SST we:  

(i) Examined the mean of historic SST change (1920 AD to 2013 AD; from the 

HadSST database; ref. 83,84) at each location where we have an alkenone palaeo-

SST record. This comparison is shown in Extended Data Figure 7 (blue circles).  

Data are only present at all locations from 1920 onwards, and despite exhibiting 

more variability than the mean annual global average (red in Extended Data Figure 

7), these 8 sites clearly capture the global long term trend over the last 90 years or 

so (Extended Data Figure 7).   

(ii) Compare SSTst to a multi-proxy and more comprehensive and independent 

compilation of ref. 32 that covers the last 100 kyr with >30 sites and the last 278 

kyr with >10 sites. When data for the last 278 kyr are stacked together in a similar 

way to SSTst, the stack of ref. 32 (blue on Fig 3c) compares well with SSTst giving 

us confidence that it closely reflects global SST change.    
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(iii) Compare SSTst to discrete global reconstructions of SST. For the LGM SSTst gives 

a ΔSST of -2.4 ± 0.4 K, which is close to the ΔSST of -3.2 K from a recent 

comprehensive compilation for the LGM42 and is within uncertainty of earlier 

reconstructions (e.g., ref. 85 where ΔSST of -1.9 ± 1.8 K). For the Mid-Pliocene 

Warm Period (3-3.3 Ma), SSTst gives an average of +2.7 K. A simple mean 

calculated from the larger multi-proxy PRISM SST compilation of ref. 40 is very 

similar at +2.6 K.  SSTst is slightly warmer than an area weighted mean of the 

PRISM SST set (+2 K; ref. 40).   

Taken together, these comparisons clearly indicate that, although SSTst is made of a limited 

number of sites, it does appear to closely reflect change in global SST. 

Regression-based determinations of climate sensitivity In order to examine the climatic 

response (expressed as either ΔMAT or ΔSST) to forcing by CO2 and land-ice albedo changes 

in both time periods, we used a linear regression approach. Because each variable used (CO2 

and SL,  ΔMAT or ΔSST) has an associated uncertainty, however, it is necessary to fully 

explore the influence of these uncertainties on our estimates of slope determined using least 

squares linear regression. Due to difficulty of performing least squares linear regression with 

uncertainty in X- and Y- variables that are not necessarily normally distributed we have used a 

two stage approach to fully propagate all the uncertainties involved. Firstly, we generated 1000 

realisations of each temporal record of each variable (e.g. ΔFCO2, ΔFCO2,LI, ΔMAT or ΔSST) 

based on a random sampling of each record within its uncertainty envelope. This uncertainty 

envelope was either a simple normal distribution (e.g. ± 6 ppm for ice-core CO2) or based on 

other Monte Carlo output (e.g. random sampling the 10,000 simulations of the Pliocene d11B-

pCO2
atm record or the 1000 realisations of SSTst; see above). Then the first realisation of the 

ΔFCO2 (or ΔFCO2,LI) record was regressed against the first realisation of the ΔMAT (or ΔSST) 

with the uncertainty in the slope and intercept of that regression determined using a 

bootstrapping approach (n=1000; ref. 86).  The second realisation of the forcing term and the 

climate response was then regressed and the 1000 estimates of slope and intercept by 

bootstrapping were combined with 1000 of the first regression. This continued for all 1000 

realisations and a probability density function for the slope and intercept, accounting for X- and 

Y- uncertainty, was then constructed from the combined bootstrap estimates for each realisation 

(n=1000000). The results of this approach are shown in Fig 5.   

As noted above, pCO2
atm

 (and hence ΔFCO2) calculated from boron isotopes is a function of not 

only the measured !11B but also the total alkalinity (TA; or other second carbonate system 

variable) and, beyond the last 1 million years or so, the boron isotopic composition of seawater 

(!11Bsw). This is illustrated in Extended Data Fig 8. Here pCO2
atm is calculated from an artificial 
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!11B and temperature record (Extended Data Fig 8a), a TA of either 2000 !mol/kg, 2300 

!mol/kg or 2600 !mol/kg, a !11Bsw of 38.8, 39.6 (i.e. modern) or 40.4 ‰ (Extended Data Fig 8) 

and the assumption that pCO2
atm = pCO2

sw. These parameter choices result in a large difference 

in absolute CO2 but, although they are extreme and perhaps unlikely for the Pliocene, the slope 

of a linear regression of global temperature change and ΔFCO2 is very similar for each set of 

parameters (Extended Data Fig 8c,d). So much so, even with only a poor knowledge of !11Bsw 

(e.g. ± 0.8 ‰) and TA (e.g. ± 300 !mol/kg) the accuracy of the relationship between 

reconstructed ΔFCO2 and temperature is not impacted unduly.   

The residence time of boron in seawater (10-20 Ma) ensures changes in !11Bsw across the time 

interval examined here (1 Myr) are unlikely to be large (<0.1 ‰; ref. 67) and so uncertainty in 

the absolute value of !11Bsw and any changes across the study interval can be ignored for our 

determinations of Sp. In all the previous calculations we assume that TA is randomly distributed 

between 2155 and 2505 !mol/kg, therefore accounting for all possible trends in TA across the 

time interval studied within this range. However, to better examine the influence of a large 

secular shift in TA on our estimates of Sp we have imposed a 200 !mol/kg decrease (TAd) or 

increase (TAi) across our Pliocene study interval. The slope for the regressions using one 

parameter set (VDW11 and sea-level from ref. 46 recalculated by ref. 12) but with such a 

varying TA are shown in Extended Data Fig 8e&f. Even this relatively large secular change 

does not have a major influence on the estimated slope, clearly illustrating that our assumptions 

regarding TA, both its absolute value and its secular evolution, have little influence on our 

calculated ΔFCO2 and hence our conclusions.  

Pliocene pCO2
atm variability The apparent cyclicity in our Pliocene CO2 record can be 

investigated using spectral analysis.  Extended Data Fig 4c shows the evolutive power spectra 

for the Pliocene pCO2
atm and a ~100 kyr cycle is clearly dominant.  Our sampling resolution is 1 

sample ~13 kyr, which is not sufficient to resolve cycles of a precessional length (e.g. 19 and 23 

kyr) but may be adequate to resolve obliquity (~41 kyr length) yet these cycles are apparently 

absent in the generated spectra (Extended Data Fig 4c).  To ensure our resolution is not biasing 

this result we have sampled the LR04 benthic !18O stack of at our exact sampling resolution and 

examined the evolutive power spectra of this sampled record (Extended Data Fig 4d).  This 

analysis reveals the presence of 100 kyr and 41 kyr cycles in the !18O data, despite our 

relatively low resolution, supporting the observation that the dominant cycle in Pliocene 

pCO2
atm is ~100 kyr.   

The magnitude of Pliocene pCO2
atm variability, shown in Extended Data Fig 4a, is similar to that 

exhibited by published late and mid-Pleistocene !11B-pCO2
atm records (green and red lines on 

Extended Data Fig 4a) and the Late Pliocene ice core data when noise that is approximately 
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equivalent to our !11B-pCO2
atm uncertainty is added (± 35 µatm; black dashed line on Extended 

Data Fig 4a).   In contrast, the !18O variability for these time intervals increases markedly from 

the Pliocene to late Pleistocene as the magnitude of glacial-interglacial cycles increases (Fig 1e, 

Extended Data Fig 4b).  
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Extended Data Figure 1. Maps of modern mean annual DpCO2 and sea surface 

temperature labelled with site locations.  (a) Map of sites used for pCO2
atm reconstruction 

with the mean annual modern !pCO2 from the reconstruction of ref. 21. (b) Map of the sites 

(and labelled with their depths) used to generate SSTst with mean annual modern SST from the 

World Ocean Atlas 2013 (ref. 87).  Figures constructed and data visualised in Ocean Data 

View88.   

 

 

Extended Data Figure 2. Comparisons of boron isotope based-pCO2
atm estimates with 

other methodologies and archives.  (a) Estimates of pCO2
atm from published !11B-records 

compared to ice-core CO2 (red line; ref. 27-29). The dotted line is for pCO2 = 278 µatm.  In (a) 

the data of ref. 20 (blue circles) have been recalculated in the same manner as described here for 
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the Pliocene, including using the G. ruber d11B-pH calibration of ref. 18. Error band 

encompasses 68% (dark blue) and 95% (light blue) of 10,000 Monte Carlo simulations of 

pCO2
atm (as described in text). Also shown are the G. sacculifer based !11B-pCO2

atm record of 

ref. 30 (green circles). In this case error bars (± 25 !atm) are as determined in that study.  

Despite similar analytical uncertainty, the smaller error bars for the ref. 30 data result from these 

authors not propagating the !11B-pH calibration uncertainty and considering a smaller range in 

temperature, salinity and alkalinity uncertainty than in this study (± 0.76 oC, ± 1 psu, ± 27 

!mol/kg vs. ±3 oC, ± 3 psu, ± 175 !mol/kg with a flat probability in this study).  (b) !11B-based 

pCO2
atm record generated here (blue closed circles and 95% and 68% uncertainty band) with 

pCO2
atm from the !13C of alkenones from published studies.  See caption for Figure 1 for details.  

(c)  !11B-based pCO2
atm record generated here (blue closed circles and 95% and 68% uncertainty 

band) with pCO2
atm from previous !11B-based studies and from plant stomata.  See caption for 

Figure 1 for details.   

 

 

Extended Data Figure 3. Probability density functions for equivalent aged samples from 

ODP Site 662 and ODP Site 999.  Each panel, labelled with age in ka, shows the probability 

density function for a given estimate of pCO2
atm from ODP Site 662 (red) and ODP Site 999 

(blue).  In most instances equal age samples are compared, but in some cases either where 

variability is high and/or equivalent age samples are absent, we show neighbouring samples 
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from ODP Site 999 (e.g. bottom left and right).  This comparison indicates that although the 

mean pCO2
atm of ODP 662 tends to be higher than ODP 999, there is always significant overlap 

between the estimates from the two sites.   

 

 

Extended Data Figure 4. Probability density functions of pCO2
atm and benthic d18O and 

time series analysis. (a) Probability density functions (pdf) of the residuals of !11B-pCO2
atm 

about the long-term trend for the late Pliocene (this study; blue line), the mid-Pleistocene30 
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(green line) and late-Pleistocene19,20,21 (red line). Dashed vertical lines show the upper and lower 

limit (labelled in figure) encompassing 90 % of the data. The residual of the ice-core CO2 

record27-29 about the long-term mean for 0 – 0.8 Ma plus a random noise equivalent to ± 35 

µatm(the typical !11B-CO2 uncertainty) is shown as a black dashed pdf. (b) Probability density 

functions of the residual of LR04 benthic !18O from the long-term trend for the late-Pleistocene 

(red), mid-Pleistocene (green) and late Pliocene (blue). Dashed vertical lines show the upper 

and lower limit (labelled in figure) encompassing 90% of the data. In contrast to the pCO2
atm, 

!18O clearly exhibits an increase in variability over the last 3.3 million years. (c) Evolutive 

power spectral analyses of Pliocene pCO2
atm and resampled !18O (d). The evolutive power 

spectra was computed using the fast Fourier transform of overlapping segments with a 300,000-

year moving window. Before spectral analysis, all series were notch-filtered to remove the long-

term trend (bandwith = 0.005), and interpolated to 12 kyr intervals (the real resolution of our 

record is ~13.5 kyr).  

 



Appendix B 

 158 

 

Extended Data Figure 5. Summary of sea-level records used to calculate DFLI. In (a) and 

(b) the red curve is from ref. 13 (R14) based on the planktic d18O from the Mediterranean Sea 

and the methods developed for the Red Sea by ref. 89. We have removed those intervals 

identified as possible Sapropel events and linearly interpolated across gaps in the original 

record.  The black curve is the sea-level record from an inversion of the benthic oxygen isotope 

record of ref. 72 (tuned to LR04 here) using an ice sheet model35 (VDW11). The blue curve in 

(a) is based on the planktic/bulk !18O from the Red Sea44  for the interval 0-520 ka and the 

paired Mg/Ca and benthic !18O from the deep South Pacific for the interval 520-800 ka45 

(R09+E12). The green curve in (b) is based on a scaling of the LR04 d18O stack to indicators of 

sea-level from sequence stratigraphy (ref. 46 recalculated by ref. 12). In each the uncertainty in 
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the reconstruction at 95% confidence is shown by an appropriately coloured error band.  Marine 

isotope stages mentioned in text are labelled.  

 

 

Extended Data Figure 6. Stacked sea surface temperature record (SSTst).  (a) and (b) 

Number of records that contribute to SSTst through time.  (c) and (d) uncertainty in SSTst due 

to analytical uncertainty (at 95% confidence; red band) and showing the influence of jacknifing 

(i.e. removing one record at a time; grey lines show maximum and minimum). Note that the 

jacknifing illustrates that no one record has undue influence on SSTst.   
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Extended Data Figure 7. Comparison of global SST from HadSST3 dataset with SST from 

ODP sites. (a) Historic global mean annual sea surface temperature anomaly from the HadSST3 

dataset83-84 (red circles) and mean SST at locations above the ODP sites that make up SSTst 

(blue; local SST). Thick red and blue lines are non-parametric smoothers through both datasets. 

(b) Cross plot of global mean annual SST and local SST. The regression line determined using 

linear regression has a slope of 1 and intercept of close to 0, therefore, local SST captures the 

global trend well.   The shaded blue band in (b) represents the 95% confidence interval of the 

regression line.    
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Extended Data Figure 8. The influence of TA and !11Bsw on determinations of Sp using 

linear regression.  Artificial !11B record (a) and temperature record (b). Cross plot and 

regressions of !11B-ΔFCO2 and global temperature for dramatically varying total alkalinity from 

2000 to 2600 "mol/kg (TA; c) and !11Bsw from 38.8 to 40.4 ‰ (d). The slopes of the 

regressions, which are very similar regardless of parameter choice, are colour coded and listed 

in the bottom right hand corner of (c) and (d).  (e) Probability density function of slope for 
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regressions of Pliocene-aged ΔMAT against ΔFCO2 and (f) ΔFCO2,LI, where TA is decreasing by 

200 (dash) and increasing by 200 !mol/kg (dotted). Note that despite large variations in TA the 

slope of the regressions do not change significantly.   

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 



   

    

 

Appendix C : Supplementary information for Chapter 2 
C.1 Supplementary Data 

980 High resolution B/Ca data, preindustrial carbonate (averaged from the top three samples is 120 µmol/mol), carbonate saturation calculated as 65 µmol/kg 

and delta carbonate at the preindustrial is 55 µmol/kg.  

 

Site/Hole Core Section Top 
(cm) 

Bottom 
(cm) 

Age (ka) B/Ca 
(umol/mol) 

Δ carbonate 
(µmol/kg) 

Carbonate 
ion (umol/kg) 

980B 1H 1W 13 15 0.96 176 54.93 119.73 
980B 1H 1W 37 39 1.40 208 62.06 126.86 
980B 1H 1W 53 55 2.15 193 49.00 113.80 
980B 1H 1W 93 95 4.10 199 54.34 119.14 
980B 1H 1W 117 119 5.38 199 53.95 118.75 
980B 1H 1W 141 143 6.98 199 54.34 119.14 
980B 1H 2W 22 24 8.21 203 57.35 122.15 
980B 1H 2W 61 63 9.99 220 72.11 136.91 
980B 1H 2W 149 151 11.93 202 56.40 121.20 
980B 1H 3W 8 10 12.83 214 67.33 132.13 
980B 1H 3W 72 74 15.77 202 56.35 121.15 
980B 1H 3W 80 82 16.44 196 50.97 115.77 
980B 1H 3W 88 90 16.92 213 66.05 130.85 



 

  

980A 1H 1W 36 38 18.20 236 86.45 151.25 
980A 1H 1W 38 40 18.32 217 70.22 135.02 
980A 1H 1W 44 46 18.55 226 77.90 142.70 
980A 1H 1W 56 58 19.24 223 75.16 139.96 
980A 1H 1W 58 60 19.29 210 63.64 128.44 
980A 1H 1W 62 64 19.39 206 59.97 124.77 
980A 1H 1W 64 66 19.45 213 66.10 130.90 
980A 1H 1W 72 74 19.96 225 76.73 141.53 
980A 1H 1W 76 78 20.14 224 75.53 140.33 
980A 1H 1W 80 82 20.31 238 87.79 152.59 
980A 1H 1W 88 90 20.65 211 64.64 129.44 
980A 1H 1W 94 96 20.95 216 68.75 133.55 
980A 1H 1W 98 100 21.16 228 79.74 144.54 
980A 1H 1W 100 102 21.26 209 63.20 128.00 
980A 1H 1W 106 108 21.58 227 78.67 143.47 
980A 1H 1W 116 118 21.93 212 65.17 129.97 
980A 1H 1W 132 134 22.44 220 72.40 137.20 
980A 1H 1W 146 148 22.89 223 75.02 139.82 
980A 1H 2W 14 16 23.49 226 77.36 142.16 
980A 1H 2W 22 24 23.97 219 71.32 136.12 
980A 1H 2W 28 30 24.33 207 61.45 126.25 
980A 1H 2W 30 32 24.45 205 59.33 124.13 
980A 1H 2W 34 36 24.69 202 56.92 121.72 
980A 1H 2W 38 40 24.93 223 75.32 140.12 
980A 1H 2W 40 42 25.05 220 72.15 136.95 
980A 1H 2W 46 48 25.41 230 81.58 146.38 
980A 1H 2W 48 50 25.53 230 80.96 145.76 



   

    

980A 1H 2W 54 56 25.89 230 81.16 145.96 
980A 1H 2W 62 64 26.37 224 76.23 141.03 
980A 1H 2W 72 74 26.97 214 66.75 131.55 
980A 1H 2W 80 82 27.46 229 80.49 145.29 
980A 1H 2W 88 90 27.94 214 67.56 132.36 
980A 1H 2W 98 100 28.58 224 75.70 140.50 
980A 1H 2W 102 104 28.83 223 75.00 139.80 
980A 1H 2W 104 106 29.05 209 63.11 127.91 
980A 1H 2W 106 108 29.38 206 60.42 125.22 
980A 1H 2W 108 110 29.70 207 61.10 125.90 
980A 1H 2W 110 112 30.03 235 85.74 150.54 
980A 1H 2W 112 114 30.35 228 79.09 143.89 
980A 1H 2W 114 116 30.68 228 79.27 144.07 
980A 1H 2W 118 120 31.33 232 82.66 147.46 
980A 1H 2W 120 122 31.66 232 82.63 147.43 
980A 1H 2W 136 138 33.14 223 74.74 139.54 
980A 1H 2W 146 148 33.72 216 68.56 133.36 
980A 1H 3W 6 8 34.48 241 90.84 155.64 
980A 1H 3W 12 14 34.94 231 81.83 146.63 
980A 1H 3W 18 20 35.40 224 75.83 140.63 
980A 1H 3W 30 32 36.17 230 81.41 146.21 
980A 1H 3W 44 46 37.04 209 62.91 127.71 
980A 1H 3W 54 56 37.67 220 72.51 137.31 
980A 1H 3W 56 58 37.79 210 63.39 128.19 
980A 1H 3W 60 62 38.05 220 72.72 137.52 
980A 1H 3W 62 64 38.17 215 68.08 132.88 
980A 1H 3W 66 68 38.45 214 66.99 131.79 
980A 1H 3W 70 72 38.76 222 73.87 138.67 



 

  

980A 1H 3W 74 76 39.07 223 75.30 140.10 
980A 1H 3W 90 92 40.30 219 71.94 136.74 
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Appendix D : Supplementary information for 
Chapter 3 

D.1 Supplementary Figures 

 

Figure D 1: 980 carbonate reconstruction   
Full carbonate system reconstruction for 980. A 980, B, C, Each shows: the data measured (see 
figure 4.5). In green is a modelled pH based on a constant modern alkalinity and reconstructed 
carbonate (from B/Ca) - shown with +100 µmol/kg uncertainties (green dotted). Although this 
assumption is not likely to be wholly true. At Site 980 there is likely to be another factor in play, 
such as dynamic alkalinity. The bottom panel (in orange) shows calculated DIC from the 
modelled pH and reconstructed carbonate ion. The modelled DIC at 980 is flat, but using both 
measured B/Ca and parameters there is a large increase in DIC predicted in intermediate water 
as well, though this gives unrealistic total alkalinity (see Figure D4 below). 
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Figure D 2: U1313 carbonate reconstruction 

As above for U1313 the fit of modelled U1313 with the measured pH data is encouraging. In 
both the deeper sites DIC increases significantly into the glacial suggests additional carbon 
storage, although the uncertainty on any alkalinity assumption is far too big to constrain the 
system fully (first error envelope only visible). 
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Figure D 3: U1308 carbonate reconstruction 

As above for U1308 the fit of modelled U1308 with the measured pH data is encouraging. In 
both the deeper sites DIC increases significantly into the glacial suggested carbon storage, 
although the uncertainty on any alkalinity assumption is far too big to constrain the system fully 
(first error envelope only visible). 

 

Figure S1: Full carbonate system reconstructions. A 980, B U1313, C U1308, Each shows: the data measured 
(see !gure 3). In green is a modelled pH based on a constant modern alkalinity and reconstructed carbonate - 
shown with +100umol/kg uncertainties (green dotted). Although this assumption is not likely to be wholly true, 
the !t of U1313 and U1308 with the measure pH data is encouraging. At Site 980 there is liely to be another 
factor in play, such as dynamic alkalinity or "e bottom panel (in orange) shows calculated DIC from the mod-
elled pH and reconstructed carbonate ion. In both the deeper sites DIC increases signi!cantly into the glacial 
suggested carbon storage, although the uncertainty on any alkalinity assumption is far too big to constrain the 
system fully (!rst error envelope only visible). "e modelled DIC at 980 is #at, but using both measured param-
eters there is a large increase in DIC predicted in intermediate water as well, though this gives unrealistic total 
alkalinity (see !gure S2 below). 

Figure S3: will be cross plots of ph and carb derived from the di!erent proxies. 

Figure S2. As above but calculated with alkalinity forced to match pH modelled with pH measured. DIC is 
predicted to show a large increase in the glaciation, although alkalinity is signi"cantly divergent from the 
modern (~3800umol/mol).
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Figure D 4: 980 carbonate forced reconstruction 

As Figure D1 but calculated with alkalinity forced to match pH with modelled pH. DIS is 
predicted to show a large increase in the glaciation, although alkalinity is significantly 
divergent from the modern (~3800µmol/mol). Further work is required to understand the 
complicated water chemistry at Site 980.  

 

Figure S2. As Figure S1 but calculated with alkalinity forced to match pH modelled with pH measured. DIC 
is predicted to show a large increase in the glaciation, although alkalinity is signi!cantly divergent from the 
modern (~3800"mol/mol). Further work is required to understand the complicated water chemistry at Site 
980. 

Figure S3: will be cross plots of ph and carb derived from the di!erent proxies. 

Figure S2. As above but calculated with alkalinity forced to match pH modelled with pH measured. DIC is 
predicted to show a large increase in the glaciation, although alkalinity is signi"cantly divergent from the 
modern (~3800umol/mol).



   

   

 

D.2 Supplementary Data 

980 !11B data 

!11B and B/Ca data from Sites 980, 1313 and 1308. Modelled data includes the output of ‘seacarb’ results using carbonate derived from B/Ca ratios and a 

constant alkalinity (modern), DIC and pH results returned.  

Exp Site Hole Core Type Section top bottom mcd half Age (ka) B/Ca 
µmol/mol 

Carbonate 
µmol/kg 

!11B 2SD 

162 980 C 1 H 1 0 2 0.0 W 4.0 184 119 15.96 0.32 
162 980 A 1 H 1 14 16 3.8 W 18.3 183 117 16.21 0.20 
162 980 A 1 H 1 49 51 4.2 W 19.5 184 119 16.70 0.29 
162 980 A 1 H 1 42 44 4.2 W 20.2 209 141 16.31 0.21 
162 980 A 1 H 1 112 114 3.8 W 20.4 227 156 16.23 0.35 
162 980 A 1 H 2 25 27 4.5 W 32.9 241 169 15.82 0.34 
162 980 A 1 H 2 32 34 6.2 W 43.9 227 157 15.99 0.25 
162 980 A 1 H 2 88 90 9.3 W 55.0 229 158 15.89 0.25 
162 980 A 1 H 2 130 132 9.9 W 63.4 219 149 16.27 0.28 
162 980 A 1 H 3 14 16 11.1 W 75.5 229 158 15.90 0.22 
162 980 A 1 H 3 35 37 11.8 W 77.4 230 159 15.84 0.28 
162 980 A 1 H 3 49 51 11.8 W 77.7 232 161 16.06 0.23 
162 980 A 1 H 3 84 86 12.1 W 83.3 225 155 15.98 0.23 
162 980 A 1 H 4 4 6 12.4 W 88.1 224 154 15.71 0.24 
162 980 A 1 H 4 38 40 12.7 W 88.9 228 157 16.09 0.25 
162 980 A 1 H 6 120 122 12.7 W 98.1 223 153 16.11 0.22 
162 980 B 2 H 6 108 110 14.0 W 107.2 218 149 16.02 0.24 



 

  

162 980 B 2 H 6 118 120 14.0 W 108.0 222 152 15.88 0.23 
162 980 A 2 H 1 30 32 14.8 W 115.6 187 122 15.88 0.55 
162 980 A 2 H 1 134 136 15.3 W 117.8 202 135 16.03 0.25 
162 980 A 2 H 2 10 12 15.3 W 119.4 205 137 15.37 0.65 
162 980 A 2 H 2 140 142 15.9 W 122.4 188 122 15.41 0.25 
162 980 A 2 H 2 114 116 17.2 W 123.5 167 104 16.17 0.29 
162 980 A 2 H 4 48 50 19.3 W 138.5 228 157 16.05 0.25 
162 980 A 2 H 4 136 138 19.3 W 144.8 229 158 16.78 0.29 
 

980 B/Ca and modelled data 

ODP 
980 

         980     MODELLED DATA mol/kg 

Exp Site Hole Core Type Section top 
(cm) 

bottom 
(cm) 

Mcd (m) half Age 
(ka) 

B/Ca 
µmol/mol 

Carbonate 
µmol/kg 

!11B 
interpolated 

2SD 
interp 

pH pH 
upper 

pH 
lower 

DIC DIC lower DIC upper 

162 980 C 1 H 1 0 2 0 W 4 184 119 15.96 0.32 8.032 8.078 7.990 0.002179 0.001969 0.002388 

162 980 B 1 H 1 14 16 0.14 W 7 200 132 16.01 0.30 8.080 8.127 8.037 0.002159 0.001948 0.002368 

162 980 B 1 H 1 49 51 0.49 W 8 184 119 16.03 0.29 8.094 8.141 8.051 0.002152 0.001942 0.002362 

162 980 B 1 H 1 42 44 1.44 W 9 220 150 16.06 0.28 8.100 8.147 8.057 0.002150 0.001939 0.002359 

162 980 B 1 H 1 112 114 2.14 W 12 202 134 16.11 0.25 8.100 8.148 8.057 0.002150 0.001939 0.002359 

162 980 B 1 H 1 25 27 2.77 W 16 202 134 16.16 0.23 8.143 8.191 8.099 0.002129 0.001919 0.002339 

162 980 A 1 H 1 32 34 2.84 W 17 236 164 16.18 0.22 8.159 8.208 8.115 0.002122 0.001911 0.002332 

162 980 A 1 H 1 88 90 3.4 W 17 226 156 16.20 0.21 8.163 8.212 8.119 0.002120 0.001909 0.002330 

162 980 A 1 H 1 130 132 3.82 W 18 223 153 16.21 0.21 8.169 8.218 8.125 0.002117 0.001906 0.002326 

162 980 A 1 H 2 14 16 4.16 W 21 220 150 16.09 0.22 8.169 8.218 8.125 0.002117 0.001906 0.002326 

162 980 A 1 H 2 35 37 4.37 W 26 229 158 16.16 0.24 8.171 8.220 8.127 0.002116 0.001905 0.002325 

162 980 A 1 H 2 49 51 4.51 W 31 223 153 15.92 0.30 8.166 8.215 8.122 0.002118 0.001907 0.002328 

162 980 A 1 H 2 84 86 4.86 W 38 220 150 15.90 0.30 8.155 8.204 8.111 0.002124 0.001913 0.002333 



   

   

162 980 A 1 H 3 4 6 5.56 W 41 219 150 15.95 0.27 8.158 8.207 8.114 0.002122 0.001911 0.002332 

162 980 A 1 H 3 38 40 6.19 W 44 227 157 15.98 0.25 8.163 8.212 8.119 0.002120 0.001909 0.002329 

162 980 A 1 H 4 28 30 8.89 W 49 224 154 15.94 0.25 8.181 8.231 8.137 0.002110 0.001899 0.002320 

162 980 A 1 H 4 70 72 9.31 W 53 235 164 15.91 0.25 8.179 8.228 8.135 0.002112 0.001901 0.002322 

162 980 A 1 H 4 126 128 9.87 W 58 217 148 16.04 0.26 8.161 8.210 8.117 0.002121 0.001910 0.002331 

162 980 A 1 H 5 46 48 10.57 W 64 221 151 16.23 0.27 8.163 8.212 8.120 0.002119 0.001908 0.002329 

162 980 A 1 H 5 60 62 10.71 W 65 237 165 16.20 0.27 8.167 8.216 8.123 0.002118 0.001907 0.002328 

162 980 A 1 H 5 88 90 10.99 W 68 210 142 16.13 0.26 8.159 8.208 8.115 0.002122 0.001911 0.002331 

162 980 A 1 H 5 102 104 11.13 W 70 228 158 16.03 0.24 8.158 8.206 8.114 0.002122 0.001911 0.002332 

162 980 A 1 H 6 22 24 11.83 W 77 230 159 15.91 0.24 8.190 8.240 8.146 0.002106 0.001895 0.002316 

162 980 A 1 H 6 36 38 11.97 W 78 235 163 16.05 0.23 8.188 8.237 8.143 0.002107 0.001896 0.002317 

162 980 A 1 H 6 50 52 12.11 W 80 230 159 16.02 0.23 8.181 8.230 8.137 0.002111 0.001900 0.002321 

162 980 A 1 H 6 78 80 12.39 W 84 220 150 15.91 0.24 8.169 8.218 8.125 0.002117 0.001906 0.002327 

162 980 A 1 H 6 106 108 12.67 W 89 228 157 16.04 0.24 8.172 8.222 8.129 0.002115 0.001904 0.002325 

162 980 B 2 H 6 108 110 13.99 W 107 221 151 16.06 0.23 8.156 8.205 8.112 0.002123 0.001912 0.002333 

162 980 B 2 H 6 118 120 14.09 W 108 222 152 15.90 0.23 8.153 8.202 8.110 0.002124 0.001914 0.002334 

162 980 B 2 H 6 122 124 14.13 W 109 217 148 15.88 0.31 8.151 8.200 8.108 0.002125 0.001915 0.002335 

162 980 A 2 H 1 4 6 14.58 W 114 213 144 15.88 0.44 8.103 8.150 8.060 0.002148 0.001938 0.002358 

162 980 A 2 H 1 30 32 14.84 W 116 187 122 15.90 0.50 8.086 8.133 8.044 0.002156 0.001945 0.002365 

162 980 A 2 H 4 136 138 15.26 W 118 202 135 15.88 0.36 8.099 8.146 8.056 0.002150 0.001940 0.002360 

162 980 A 2 H 1 134 136 15.88 W 120 208 140 15.39 0.50 8.056 8.103 8.014 0.002169 0.001959 0.002378 

162 980 A 2 H 2 114 116 17.18 W 123 167 104 15.98 0.28 8.025 8.072 7.984 0.002182 0.001972 0.002391 

162 980 A 2 H 3 16 18 17.7 W 129 219 150 16.13 0.28 8.092 8.139 8.049 0.002153 0.001943 0.002363 

162 980 A 2 H 3 68 70 18.22 W 132 201 133 16.10 0.27 8.121 8.169 8.078 0.002140 0.001929 0.002350 

162 980 A 2 H 4 22 24 19.26 W 138 227 156 16.11 0.26 8.171 8.220 8.127 0.002116 0.001905 0.002326 

 

 



 

  

1313 !11B data 

Exp Site Hole Core Type Section top bottom mcd half Age (ka) B/Ca 

µmol/mol 

Carbonate 

µmol/kg 

!11B 2SD 

306 1313 C 1 H 1 0 2 0 W 0 203 117 16.28 0.15 

306 1313 C 1 H 1 14 16 0.14 W 3.68 206 120 16.33 0.07 

306 1313 C 1 H 1 49 51 0.49 W 14.07 204 118 16.24 0.11 

306 1313 D 1 H 1 42 44 1.44 W 25.48 192 107 16.42 0.23 

306 1313 D 1 H 1 112 114 2.14 W 41.67 201 116 16.50 0.07 

306 1313 D 1 H 2 25 27 2.77 W 54.19 194 109 16.60 0.09 

306 1313 D 1 H 2 32 34 2.84 W 55.45 206 120 17.15 0.35 

306 1313 D 1 H 2 88 90 3.4 W 65.46 198 113 16.80 0.23 

306 1313 D 1 H 2 130 132 3.82 W 77.60 172 90 15.77 0.15 

306 1313 D 1 H 3 14 16 4.16 W 89.20 195 110 16.02 0.08 

306 1313 D 1 H 3 35 37 4.37 W 91.68 216 129 16.71 0.12 



   

   

306 1313 D 1 H 3 49 51 4.51 W 94.17 198 112 17.03 0.14 

306 1313 D 1 H 3 84 86 4.86 W 103.58 197 112 16.15 0.10 

306 1313 D 1 H 4 4 6 5.56 W 123.93 192 107 16.28 0.10 

306 1313 A 2 H 1 38 40 6.19 W 148.89 185 101 16.46 0.10 

  

1313 B/Ca and modelled data 

ODP 

1313 

         1313   MODELLED DATA mol/kg 

Exp Site Hole Core Type Section top bottom mcd half Age (ka) B/Ca 
µmol/mol 

Carbonate 
µmol/kg 

!11B 
interpolated 

2SD interp pH DIC DIC lower DIC upper 

306 1313 C 1 H 1 0 2 0 W 0 117 203 7.932 7.997 7.911 0.002291 0.002019 0.002438 

306 1313 C 1 H 1 7 9 0.07 W 1.84 124 211 7.938 8.004 7.918 0.002327 0.002015 0.002435 

306 1313 C 1 H 1 14 16 0.14 W 3.68 120 206 7.926 8.009 7.923 0.002345 0.002013 0.002433 

306 1313 C 1 H 1 21 23 0.21 W 5.61 123 210 7.949 8.010 7.924 0.002031 0.002013 0.002432 

306 1313 C 1 H 1 35 37 0.35 W 9.87 119 205 7.958 8.007 7.921 0.002145 0.002014 0.002433 

306 1313 C 1 H 1 49 51 0.49 W 14.07 118 204 7.969 7.987 7.901 0.001972 0.002023 0.002442 

306 1313 C 1 H 1 56 58 0.56 W 15.60 122 209 8.029 7.969 7.884 0.001895 0.002030 0.002449 

306 1313 C 1 H 1 63 65 0.63 W 16.47 106 190 7.991 7.956 7.871 0.001939 0.002035 0.002454 

306 1313 C 1 H 1 77 79 0.77 W 18.15 98 181 7.865 7.933 7.849 0.002050 0.002044 0.002463 

306 1313 C 1 H 1 91 93 0.91 W 19.56 101 185 7.898 7.912 7.828 0.002320 0.002053 0.002471 



 

  

306 1313 C 1 H 1 105 107 1.05 W 21.48 101 185 7.982 7.909 7.826 0.002263 0.002054 0.002472 

306 1313 C 1 H 1 133 135 1.33 W 24.5 105 189 8.017 7.930 7.846 0.001831 0.002046 0.002464 

306 1313 D 1 H 1 56 58 1.58 W 28.15 110 195 7.915 7.938 7.854 0.002279 0.002042 0.002461 

306 1313 D 1 H 1 63 65 1.65 W 29.94 101 185 7.931 7.942 7.857 0.002104 0.002041 0.002460 

306 1313 D 1 H 1 91 93 1.93 W 37.91 118 204 7.953 7.991 7.905 0.001898 0.002021 0.002440 

306 1313 D 1 H 1 98 100 2 W 39.17 118 204 7.932 8.006 7.920 0.002291 0.002014 0.002434 

306 1313 D 1 H 1 105 107 2.07 W 40.42 130 218 7.938 8.024 7.937 0.002327 0.002007 0.002426 

306 1313 D 1 H 1 112 114 2.14 W 41.67 116 201 7.926 8.038 7.951 0.002345 0.002001 0.002420 

306 1313 D 1 H 1 112 114 2.14 W 42.92 141 230 7.949 8.049 7.961 0.002031 0.001996 0.002416 

306 1313 D 1 H 1 119 121 2.21 W 44.18 132 220 7.958 8.047 7.960 0.002145 0.001997 0.002416 

306 1313 D 1 H 1 126 128 2.28 W 45.43 124 211 7.969 8.030 7.943 0.001972 0.002004 0.002424 

306 1313 D 1 H 1 133 135 2.35 W 46.68 122 209 8.029 8.024 7.937 0.001895 0.002007 0.002426 

306 1313 D 1 H 1 140 142 2.42 W 47.93 131 218 7.991 8.050 7.963 0.001939 0.001995 0.002415 

306 1313 D 1 H 1 147 149 2.49 W 49.18 142 231 7.865 8.069 7.981 0.002050 0.001987 0.002406 

306 1313 D 1 H 2 4 6 2.56 W 50.44 135 224 7.898 8.058 7.970 0.002320 0.001992 0.002411 

306 1313 D 1 H 2 11 13 2.63 W 51.69 121 207 7.982 8.017 7.931 0.002263 0.002010 0.002429 

306 1313 D 1 H 2 18 20 2.7 W 52.94 115 201 8.017 7.973 7.888 0.001831 0.002029 0.002448 

306 1313 D 1 H 2 25 27 2.77 W 54.19 109 194 7.915 7.976 7.891 0.002279 0.002027 0.002446 

306 1313 D 1 H 2 32 34 2.84 W 55.45 120 206 7.931 8.020 7.934 0.002104 0.002009 0.002428 

306 1313 D 1 H 2 39 41 2.91 W 56.70 146 235 7.953 8.061 7.973 0.001898 0.001991 0.002410 

306 1313 D 1 H 2 46 48 2.98 W 57.95 133 222 7.932 8.062 7.974 0.002291 0.001990 0.002410 

306 1313 D 1 H 2 53 55 3.05 W 59.20 127 215 7.938 8.030 7.943 0.002327 0.002004 0.002424 

306 1313 D 1 H 2 60 62 3.12 W 60.46 115 200 7.926 8.016 7.930 0.002345 0.002010 0.002429 



   

   

306 1313 D 1 H 2 67 69 3.19 W 61.71 133 221 7.949 8.041 7.954 0.002031 0.001999 0.002419 

306 1313 D 1 H 2 74 76 3.26 W 62.96 135 224 7.958 8.069 7.981 0.002145 0.001987 0.002407 

306 1313 D 1 H 2 81 83 3.33 W 64.21 137 226 7.969 8.040 7.953 0.001972 0.002000 0.002419 

306 1313 D 1 H 2 88 90 3.4 W 65.46 113 198 8.029 7.978 7.893 0.001895 0.002026 0.002445 

306 1313 D 1 H 2 95 97 3.47 W 66.72 81 162 7.991 7.907 7.824 0.001939 0.002054 0.002473 

306 1313 D 1 H 2 102 104 3.54 W 67.97 101 185 7.865 7.853 7.771 0.002050 0.002074 0.002493 

306 1313 D 1 H 2 109 111 3.61 W 69.22 82 163 7.898 7.827 7.745 0.002320 0.002083 0.002502 

306 1313 D 1 H 2 116 118 3.68 W 71.86 87 169 7.982 7.855 7.773 0.002263 0.002073 0.002492 

306 1313 D 1 H 2 123 125 3.75 W 74.73 103 187 8.017 7.878 7.795 0.001831 0.002065 0.002484 

306 1313 D 1 H 2 130 132 3.82 W 77.60 90 172 7.915 7.924 7.840 0.002279 0.002048 0.002467 

306 1313 D 1 H 2 137 139 3.89 W 80.47 121 207 7.931 7.966 7.881 0.002104 0.002031 0.002450 

306 1313 D 1 H 2 144 146 3.96 W 82.93 116 202 7.953 8.012 7.926 0.001898 0.002012 0.002431 

306 1313 D 1 H 3 0 2 4.02 W 85.80 127 214 7.932 8.002 7.916 0.002291 0.002016 0.002436 

306 1313 D 1 H 3 7 9 4.09 W 87.95 121 208 7.938 7.999 7.913 0.002327 0.002018 0.002437 

306 1313 D 1 H 3 14 16 4.16 W 89.20 110 195 7.926 7.993 7.908 0.002345 0.002020 0.002439 

306 1313 D 1 H 3 21 23 4.23 W 90.44 119 206 7.949 8.005 7.919 0.002031 0.002015 0.002434 

306 1313 D 1 H 3 35 37 4.37 W 91.68 129 216 7.958 8.014 7.927 0.002145 0.002011 0.002431 

306 1313 D 1 H 3 35 37 4.37 W 92.93 129 217 7.969 8.011 7.924 0.001972 0.002013 0.002432 

306 1313 D 1 H 3 49 51 4.51 W 94.17 112 198 8.029 8.008 7.922 0.001895 0.002014 0.002433 

306 1313 D 1 H 3 56 58 4.58 W 95.41 120 206 7.991 8.008 7.921 0.001939 0.002014 0.002433 

306 1313 D 1 H 3 70 72 4.72 W 98.45 135 224 7.865 8.017 7.930 0.002050 0.002010 0.002429 

306 1313 D 1 H 3 77 79 4.79 W 100.16 113 199 7.898 8.006 7.920 0.002320 0.002015 0.002434 

306 1313 D 1 H 3 84 86 4.79 W 101.87 115 200 7.982 7.983 7.897 0.002263 0.002025 0.002444 



 

  

306 1313 D 1 H 3 91 93 5 W 105.28 109 194 8.017 7.969 7.884 0.001831 0.002030 0.002449 

306 1313 D 1 H 3 98 100 5 W 106.99 112 197 7.915 7.979 7.894 0.002279 0.002026 0.002445 

306 1313 D 1 H 3 105 107 5.07 W 108.70 123 210 7.931 7.982 7.897 0.002104 0.002025 0.002444 

306 1313 D 1 H 3 112 114 5.14 W 110.40 117 203 7.953 7.987 7.901 0.001898 0.002023 0.002442 

306 1313 D 1 H 3 119 121 5.21 W 112.11 106 190 7.932 7.990 7.904 0.002291 0.002021 0.002440 

306 1313 D 1 H 3 126 128 5.28 W 113.82 124 211 7.938 7.990 7.904 0.002327 0.002021 0.002441 

306 1313 D 1 H 3 133 135 5.35 W 116.12 119 205 7.926 7.998 7.913 0.002345 0.002018 0.002437 

306 1313 D 1 H 3 140 142 5.42 W 118.72 118 204 7.949 7.989 7.903 0.002031 0.002022 0.002441 

306 1313 D 1 H 3 147 149 5.49 W 121.32 110 195 7.958 7.968 7.883 0.002145 0.002030 0.002449 

306 1313 D 1 H 4 4 6 5.56 W 123.93 107 192 7.969 7.963 7.878 0.001972 0.002032 0.002451 

306 1313 D 1 H 4 11 13 5.63 W 126.54 116 201 8.029 7.971 7.886 0.001895 0.002029 0.002448 

306 1313 D 1 H 4 18 20 5.7 W 129.14 117 202 7.991 7.982 7.897 0.001939 0.002025 0.002444 

306 1313 D 1 H 4 25 27 5.77 W 132.65 117 203 7.865 7.989 7.904 0.002050 0.002022 0.002441 

306 1313 D 1 H 4 32 34 5.84 W 136.25 120 200 7.898 7.993 7.908 0.002320 0.002020 0.002439 

306 1313 D 1 H 4 32 34 5.84 W 136.25 114 206 7.982 7.993 7.908 0.002263 0.002020 0.002439 

306 1313 A 2 H 1 17 19 5.98 W 142.60 127 214 8.017 8.021 7.934 0.001831 0.002008 0.002428 

306 1313 A 2 H 1 24 26 6.05 W 144.70 120 206 7.915 8.006 7.920 0.002279 0.002015 0.002434 

306 1313 A 2 H 1 31 33 6.12 W 146.79 121 207 7.931 7.984 7.899 0.002104 0.002024 0.002443 

306 1313 A 2 H 1 38 40 6.19 W 148.89 101 185 7.953 7.972 7.887 0.001898 0.002029 0.002448 

306 1313 A 2 H 1 45 47 6.26 W 150.98 120 206 7.932 7.958 7.873 0.002291 0.002035 0.002453 

306 1313 A 2 H 1 52 54 6.33 W 153.07 105 189 7.938 7.942 7.858 0.002327 0.002041 0.002460 

306 1313 A 2 H 1 59 61 6.4 W 155.17 103 187 7.926 7.926 7.842 0.002345 0.002047 0.002466 

306 1313 A 2 H 1 73 75 6.54 W 159.35 96 178 7.949 7.891 7.808 0.002031 0.002060 0.002479 



   

   

 

1308 !11B data 

Exp Site Hole Core Type Section top bottom half Age (ka) !11B 2SD B/Ca µmol/mol Carbonate µmol/kg 

303 1308 A 1 H 1 2 4 W 1.86 16.19 0.27 203 119 

303 1308 A 1 H 1 20 22 W 5.58 16.77 0.24 198 116 

303 1308 A 1 H 1 40 42 W 9.30 16.70 0.24 191 110 

303 1308 A 1 H 1 60 62 W 13.02 16.45 0.77 195 113 

303 1308 B 1 H 1 45 47 W 16.74 16.65 0.25 177 97 

303 1308 A 1 H 1 100 102 W 22.32 16.18 0.65 147 71 

303 1308 A 1 H 2 130 132 W 39.57 16.11 0.43 176 96 

303 1308 A 1 H 3 120 122 W 48.04 16.86 0.46 190 109 

303 1308 A 1 H 4 30 32 W 56.40 16.53 0.75 173 94 

303 1308 A 1 H 4 70 72 W 64.70 16.67 0.49 178 98 

303 1308 A 1 H 5 40 42 W 94.05 16.07 0.41 180 100 

303 1308 A 1 H 5 60 62 W 96.67 15.74 0.73 158 81 



 

  

303 1308 A 1 H 5 70 72 W 99.29 16.48 0.74 173 93 

303 1308 A 1 H 5 100 102 W 104.54 16.22 0.68 158 81 

303 1308 A 1 H 6 50 52 W 118.16 16.78 0.44 175 96 

303 1308 A 2 H 1 10 12 W 127.58 16.77 0.22 162 84 
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Appendix E : Supplementary information for 
Chapter 4 

E.1 Supplementary Figures 

 

 

Figure E 1: Site locations, showing annual mean modern global air-sea CO2 disequilibirum 

ODP Site 999, Caribbean Sea (12°44.64’ N, 78°44.36’ W, 2838 m water depth, sedimentation 
rate ~3cm/kyr) current !pCO2 (pCOsw – pCO2air) is +21 µmol. ODP Site 668, (Hönisch et al. 
2009) Equatorial Atlantic 4°46.12’S, 20°55.62’W, 2693 m water depth, used for comparison by 
this study. Figure produced using Ocean Data View. 
 
 

 
 

Figure E 2: Residual plots of !11B-CO2 – ice core CO2 

a) Probability density distribution of boron derived records minus ice core derived records. The 
maximum probability difference is 6ppm (dotted black line), giving high confidence that our 
proxy data is recording atmospheric carbon dioxide. The mean of the distribution is skewed by 

Figure S1. Site location, showing annual mean modern global air-sea CO! disequilibrium
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Figure S1. ODP Site 999, Caribbean Sea (12°44.64’ N, 78°44.36’ W, 2838 m water depth, sedimentation rate ~3cm/kyr) current $pCO! 
(pCO!sw - pCO!air) is +21 #mol. ODP Site 668, (Honisch et al. 2009) Equatorial Atlantic 4°46.12’S, 20°55.62’W, 2693 m water depth, 
used for comparison by this study. Figure produced using Ocean Data View. 

Figure S3 - a) Probability density distribution of boron derived records minus ice core derived records. !e 
maximum probability di"erence is 6ppm (dotted black line), giving high con#dence that our proxy data is 
recording atmospheric carbon dioxide. !e mean of the distribution is skewed by few points with high residu-
als (black solid). Red and Green lines show 68% con#dence intervals.  b) residuals plotted by time, the mean is 
skewed by relatively few data points which are >30ppm higher than the ice core derived CO2, particularily in 
the interglacials. 

Figure S1. Site location, showing annual mean modern global air-sea CO! disequilibrium
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Figure S1. ODP Site 999, Caribbean Sea (12°44.64’ N, 78°44.36’ W, 2838 m water depth, sedimentation rate ~3cm/kyr) current $pCO! 
(pCO!sw - pCO!air) is +21 #mol. ODP Site 668, (Honisch et al. 2009) Equatorial Atlantic 4°46.12’S, 20°55.62’W, 2693 m water depth, 
used for comparison by this study. Figure produced using Ocean Data View. 

Figure S3 - a) Probability density distribution of boron derived records minus ice core derived records. !e 
maximum probability di"erence is 6ppm (dotted black line), giving high con#dence that our proxy data is 
recording atmospheric carbon dioxide. !e mean of the distribution is skewed by few points with high residu-
als (black solid). Red and Green lines show 68% con#dence intervals.  b) residuals plotted by time, the mean is 
skewed by relatively few data points which are >30ppm higher than the ice core derived CO2, particularily in 
the interglacials. 
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few points with high residuals (black solid). Red and Green lines show 68% confidence 
intervals. b) residuals plotted by time, the mean is skewed by relatively few data points which 
are >30ppm higher than the ice core derived CO2, particularly in interglacials. 
 

 

Figure E 3: Smoothed !11B-CO2 records 

Smoothed records of CO2 constructed from boron isotopes. Both are constructed using 
smoothing window of 6 kyr smoothing. The smoothed records are used to compare to similarly 
smoothed sea level data, to reduce the influence of unacceptable noise. 
 

 
 
Figure E 4: Probability density function of CO2preMPT-CO2postMPT 

Probability distribution of n=10,000 means of (preMPTCO2 - L.PleistoceneCO2). The maximum 
probability is a decline of 24ppm (black line) between the two sections with 95% confidence of 
20-28ppm decline (red lines). 
  

Figure S4 Prob-
ability distribution 
of n=10,000 means 
of (preMPTCO2 - 
L.PleistoceneCO2). 
!e maximum prob-
ability is a decline of 
24ppm (black line) 
between the two sec-
tions with 95% con-
"dence of 20-28ppm 
decline (red lines). 

Figure S2: Smoothed records of CO2 constructed from boron isotopes. Both are constructed using smoothing window of 
6kyr smoothing. !e smoothed records are used to compare to similarly smoothed sea level data, to reduce the in#uence 
of unacceptable noise. 

Figure S5 Probability 
distribution of CO2 
(le$) and SL (right) 
- preMPT shown 
in orange, and post 
MPT shown in blue. 
All districutions have 
an aspect of bimo-
dality dur to G-IG 
variation. A similar 
spread in CO2 is 
matched with a much 
wider SL responce 
postMPT.

Figure S4 Prob-
ability distribution 
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decline (red lines). 

Figure S2: Smoothed records of CO2 constructed from boron isotopes. Both are constructed using smoothing window of 
6kyr smoothing. !e smoothed records are used to compare to similarly smoothed sea level data, to reduce the in#uence 
of unacceptable noise. 
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Figure E 5: Probability density function of CO2 and SL pre and postMPT 

Probability distribution of CO2 (left) and SL (right) - preMPT shown in orange, and post MPT 
shown in blue. All distributions have an aspect of bimodality due to G-IG variation. A similar 
spread in CO2 is matched with a much wider SL response postMPT. 
 
 

Figure S4 Prob-
ability distribution 
of n=10,000 means 
of (preMPTCO2 - 
L.PleistoceneCO2). 
!e maximum prob-
ability is a decline of 
24ppm (black line) 
between the two sec-
tions with 95% con-
"dence of 20-28ppm 
decline (red lines). 

Figure S2: Smoothed records of CO2 constructed from boron isotopes. Both are constructed using smoothing window of 
6kyr smoothing. !e smoothed records are used to compare to similarly smoothed sea level data, to reduce the in#uence 
of unacceptable noise. 

Figure S5 Probability 
distribution of CO2 
(le$) and SL (right) 
- preMPT shown 
in orange, and post 
MPT shown in blue. 
All districutions have 
an aspect of bimo-
dality dur to G-IG 
variation. A similar 
spread in CO2 is 
matched with a much 
wider SL responce 
postMPT.
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Figure E 6: Power spectra of !18O pre and postMPT 

Blackman Tukey spectra of the LR04 stack at 0-900kyrs (blue, mean CO2 220ppm) and 900-
1500 kyrs (orange, mean CO2 ~260ppm). The eccentricity power is the strongest in the Late 
Pleistocene, with a strong periodicity in obliquity as well. Before the MPT the 41 kyr is the 
strongest with a weaker band in 82 kyrs (twice the obliquity frequency). These spectra bear a 
close resemblance to those presented in GC11 for ‘high’ and ‘low’ CO2 cases (see below). 
 

100kyr

82kyr 
(2x41kyr)

41kyr

41kyr

Figure S6. Blackman Tukey spectra of the LR04 stack at 0-900kyrs (blue, 
mean CO2 220ppm) and 900-1500kyrs (orange, mean CO2 ~260ppm). !e 
eccentrcity power is the strongest in the Late Plesitocene, with a strong perio-
dicity in obliquity as well. Before the MPT the 41 kyr is the strongest with a 
weaker band in 82 kyrs (twice the obliquity frequency). !ese spectra bear a 
close resemblance to those presented in GC11 for ‘high’ and ‘low’ CO2 cases 
(see below). 
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Figure E 7: Covariance and lead-lag of climate (!18O) and CO2 

Auto covariance of oxygen isotopes (black line) and boron isotopes (black dots) shows that the 
maximum covariance is at 2 kyrs lead for oxygen (green line). This suggests that ice 
volume/deep ocean temperature lead CO2 during glaciations and terminations. This does not 
imply causality as high CO2 is always associated with warmer climates. 
 

Figure S7. Auto covarience of oxygen isotopes (black line) and boron isotopes (black dots) shows 
that the maximum covariance is at 2kyrs lead for oxygen (green line). !is suggests that ice volume/
deep ocean temperature lead CO2 during glaciations and terminations. !is does not imply causality 
as high CO2 is always associated with warmer climates.    
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E.2 Supplementary Methods 

Three methods were used to optimise the smoothing given of the !11B datasets given. These 

were “general cross-validation”, “leave one out cross validation” and smoothing “by-eye”. Each 

gives a coherent result in this study and so we use the values predicted by general cross-

validation. 

 

“General cross-validation” identifies ‘how wrong’ each point on a particular smoother is by 

creating a residual and then results in the smoother with the smallest product of total residuals.  

“Leave one out cross validation” removes each data point in turn and uses a loess smoother to 

predict the missing point, the smoother with the lowest residuals remaining after summing all 

the points is identified as the best.  

“By-eye” is simply using a trial and error approach to iteratively narrow down the range of 

suitable smoothers, of course this can be subjective, but it is important to check against the 

purely statistical methods for validation and physical grounding.  



   

      

E.3 Supplementary Data 

Stage 6-8 data - sediment and analytical data, red = recalculated from Foster 2008, black = this study 

below – CO
2
 data and climate parameters used.  

Exp Site Hole Core Type Section Half Top (cm) Bottom (cm) Depth age (ka) 11B(1) 11B(2) 11B(av) 2SD 

165! 999! A! 1! H! 1! W! 4! 6! 0.045! 3.90! 20.62! 20.71! 20.67! 0.19!

165 999 A 1 H 1 W 11 13 0.11 4.60 21.01 20.72 20.87 0.15 
165 999 A 1 H 1 W 14.5 16.5 0.145 5.00 20.66 20.52 20.59 0.19 
165 999 A 1 H 1 W 31 33 0.31 7.80 20.85 20.79 20.82 0.18 
165 999 A 1 H 1 W 31 33 0.31 7.80 20.71 20.73 20.72 0.22 
165 999 A 1 H 1 W 39 41 0.39 9.50 20.62 20.73 20.68 0.18 
165 999 A 1 H 1 W 43 45 0.43 10.30 20.96 20.89 20.93 0.21 
165 999 A 1 H 1 W 48 50 0.48 11.70 20.76 20.68 20.72 0.2 
165 999 A 1 H 1 W 57 59 0.57 14.00 21.07 20.88 20.98 0.18 
165 999 A 1 H 1 W 61 63 0.61 15.10 20.95 21.08 21.02 0.19 
165 999 A 1 H 1 W 61 63 0.61 15.10 21.09 21.21 21.15 0.21 
165 999 A 1 H 1 W 71 73 0.71 17.30 21.00 21.09 21.05 0.16 
165 999 A 1 H 1 W 82 84 0.82 19.20 21.71 21.79 21.75 0.22 
165 999 A 1 H 1 W 93 95 0.93 21.10 21.31 21.13 21.22 0.14 
165 999 A 1 H 1 W 102 104 1.02 22.50 21.15 21.37 21.26 0.15 
165 999 A 1 H 1 W 113 115 1.13 24.80 21.59 21.43 21.51 0.17 
165 999 A 1 H 1 W 120 122 1.2 26.30 21.55 21.7 21.63 0.23 
165 999 A 1 H 1 W 120 122 1.2 26.30 21.80 21.59 21.70 0.17 
165 999 A 1 H 2 W 22 24 1.72 36.90 21.00 21.24 21.12 0.19 
165 999 A 1 H 2 W 63 65 2.13 47.10 21.21 21.12 21.17 0.18 



 

 

165 999 A 1 H 2 W 84 86 2.34 52.30 21.42 21.17 21.30 0.22 
165 999 A 1 H 2 W 121 123 2.71 61.40 21.42 21.2 21.31 0.22 
165 999 A 1 H 3 W 31 33 3.31 76.30 20.92 20.85 20.89 0.18 
165 999 A 1 H 3 W 56 58 3.56 83.00 21.02 20.75 20.89 0.21 
165 999 A 1 H 3 W 73 75 3.73 88.10 20.6 20.76 20.68 0.2 
165 999 A 1 H 3 W 113 115 4.13 99.60 20.57 20.58 20.58 0.23 
165 999 A 1 H 3 W 133.5 135.5 4.335 104.50 20.67 20.85 20.76 0.21 
165 999 A 1 H 4 W 1 3 4.51 109.90 20.33 20.42 20.38 0.22 
165 999 A 1 H 4 W 24 26 4.74 114.20 20.35 20.16 20.26 0.28 
165 999 A 1 H 4 W 32 34 4.82 116.70 20.13 20.23 20.18 0.29 
165 999 A 1 H 4 W 32 34 4.82 116.70 20.18 20.44 20.31 0.27 

165 999 A 1 H 4 W 44 46 4.94 119.10 20.24 20.00 20.12 0.21 
165 999 A 1 H 4 W 51 53 5.01 122.30 20.81 20.70 20.76 0.21 
165 999 A 1 H 4 W 54 56 5.04 123.48 20.49 20.61 20.55 0.19 
165 999 A 1 H 4 W 62 64 5.12 128.81 20.58 20.76 20.67 0.22 
165 999 A 1 H 4 W 73 75 5.23 131.00 20.64 20.70 20.67 0.25 
165 999 A 1 H 4 W 76 78 5.26 132.95 20.86 20.91 20.88 0.22 
165 999 A 1 H 4 W 81 83 5.31 133.99 20.88 20.96 20.92 0.22 
165 999 A 1 H 4 W 84 86 5.34 134.61 21.27 21.20 21.24 0.24 
165 999 A 1 H 4 W 90 92 5.4 135.85 21.09 21.27 21.18 0.24 
165 999 A 1 H 4 W 103 105 5.53 138.55 21.25 21.13 21.19 0.22 
165 999 A 1 H 4 W 132 134 5.82 145.21 21.14 21.09 21.11 0.23 
165 999 A 1 H 4 W 142 144 5.92 148.10 21.18 21.25 21.22 0.22 
165 999 A 1 H 5 W 51 53 6.51 165.15 20.60 20.78 20.69 0.22 
165 999 A 1 H 5 W 91 93 6.91 176.43 21.17 21.17 21.17 0.22 
165 999 A 1 H 6 W 12 14 7.12 182.43 20.99 21.13 21.06 0.23 
165 999 A 1 H 6 W 33 35 7.33 188.03 20.91 21.00 20.95 0.21 



   

      

165 999 A 1 H 6 W 39 41 7.39 189.64 20.83 20.90 20.86 0.23 
165 999 A 1 H CC W 7 9 7.62 196.12 19.86 20.13 20.13 0.20 
165 999 A 2 H 1 W 39 40 7.99 213.45 20.06 19.81 20.06 0.23 
165 999 A 2 H 1 W 59 61 8.19 225.44 20.66 20.67 20.67 0.19 
165 999 A 2 H 1 W 69 71 8.29 228.60 20.63 20.72 20.67 0.27 
165 999 A 2 H 1 W 91 93 8.51 230.89 20.69 20.95 20.82 0.24 
165 999 A 2 H 1 W 111 113 8.71 237.91 20.35 20.59 20.47 0.24 
165 999 A 2 H 1 W 123 125 8.83 240.66 20.70 20.82 20.70 0.22 
165 999 A 2 H 1 W 139 141 8.99 244.27 20.47 20.42 20.44 0.25 
165 999 A 2 H 2 W 9 11 9.19 248.79 20.53 20.64 20.59 0.22 
165 999 A 2 H 2 W 23 24 9.33 251.83 20.99 21.01 21.00 0.22 
165 999 A 2 H 2 W 63 65 9.73 259.68 20.87 20.82 20.84 0.20 
               

 

CO
2
 data 

 ppm 2SD ppm 2SD   
age (ka) CO2 lower 

95% 
lower 
68% 

upper 
68% 

upper 
95% 

CO2 fit 
smoothing 

CO2f 
lw95 % 

CO2f 
lw68% 

CO2f 
up68% 

CO2f 
up95% 

RSL 
Rohling 
2005 

LR04 !18O   

3.90 277 252 263 292 304 276 258 266 287 295 -7.97 3.30 
4.60 265 243 252 277 288 275 262 268 283 289 -19.61 3.26 
5.00 285 260 271 300 313 274 262 267 281 287 -19.61 3.26 
7.80 259 236 246 272 284 266 252 258 273 279 -15.87 3.42 
7.80 270 245 256 285 298 266 252 258 273 279 -15.87 3.42 
9.50 269 244 255 283 295 259 246 252 266 272 -24.73 3.52 

10.30 241 217 228 254 266 256 243 249 263 269 -24.73 3.52 



 

 

11.70 259 235 245 273 285 249 235 241 258 264 -61.76 3.92 
14.00 235 214 223 247 257 236 226 231 242 247 -73.87 4.28 
15.10 231 210 219 243 253 228 217 222 234 239 -73.87 4.49 
15.10 219 199 207 230 240 228 217 222 234 239 -73.87 4.49 
17.30 223 203 211 234 243 203 193 197 209 214 -73.87 4.88 
19.20 162 147 154 171 178 195 186 190 200 204 -85.57 4.96 
21.10 200 183 190 210 218 191 181 185 196 201 -85.57 4.91 
22.50 202 184 192 212 221 188 178 183 194 198 -85.57 4.86 
24.80 180 165 172 189 197 180 172 176 185 188 -114.24 4.82 
26.30 172 155 162 181 189 172 162 167 177 182 -114.24 4.67 
26.30 166 152 158 175 182 172 162 167 177 182 -114.24 4.67 
36.90 214 194 203 225 234 205 189 196 214 221 -66.89 4.46 
47.10 209 191 198 220 229 205 194 199 211 216 -83.33 4.38 
52.30 199 180 188 209 219 204 192 197 210 216 -62.09 4.31 
61.40 199 178 187 211 221 211 200 205 217 222 -62.63 4.51 
76.30 238 215 225 250 262 235 221 227 242 249 -67.57 4.06 
83.00 239 215 226 253 266 248 234 240 255 262 -47.69 3.83 
88.10 265 241 251 280 292 257 241 248 265 273 -65.64 4.11 
99.60 276 248 260 291 304 262 246 253 271 279 -43.53 3.81 

104.50 252 228 239 266 278 267 251 258 276 284 -16.12 3.85 
109.90 283 256 268 299 313 296 280 287 305 312 -45.37 4.04 
114.20 313 279 293 332 350 318 300 308 328 336 -44.68 3.81 
116.70 330 294 310 352 370 319 302 309 328 336 -18.36 3.58 

116.70 305 273 287 323 340 315 300 307 324 331 -21.18 3.44 
119.10 341 308 323 360 376 311 296 302 319 326 -11.58 3.30 
122.30 268 243 254 282 294 289 273 280 297 305 -9.64 3.18 
123.48 285 259 270 300 312 281 265 272 291 299 -8.74 3.10 



   

      

128.81 274 248 259 290 303 272 259 265 280 286 -1.72 3.90 
131.00 283 252 266 301 315 263 249 255 270 277 -12.84 3.81 
132.95 247 224 234 261 272 244 232 237 250 256 -67.03 4.41 
133.99 236 213 223 249 260 233 222 227 239 244 -54.26 4.70 
134.61 208 188 196 219 229 227 216 221 232 237 -74.90 4.86 
135.85 207 187 196 219 229 215 205 209 221 226 -67.78 4.82 
138.55 206 187 195 218 228 202 190 195 208 214 -45.26 4.87 
145.21 214 194 203 226 237 202 190 195 209 215 -78.32 4.74 
148.10 207 187 196 218 228 211 196 202 219 226 -92.71 4.71 
165.15 260 235 246 274 286 239 221 229 250 259 -87.99 4.68 
176.43 205 185 194 216 226 218 205 211 225 231 -61.58 4.39 
182.43 214 193 202 225 236 225 215 219 230 235 -72.15 4.48 
188.03 224 203 212 236 246 234 222 227 240 246 -49.82 4.46 
189.64 224 203 212 237 247 239 227 232 245 251 -65.42 4.28 
196.12 304 275 287 320 335 270 255 261 279 287 -4.52 3.82 
213.45 321 289 303 340 357 287 271 278 295 303 -30.41 3.65 
225.44 262 238 248 276 288 261 248 254 269 275 -64.04 4.28 
228.60 260 233 245 276 290 258 245 250 265 270 -56.59 4.02 
230.89 233 210 220 247 258 255 242 248 262 268 -67.12 4.22 
237.91 264 238 249 279 293 259 245 251 267 274 -31.11 3.51 
240.66 244 220 230 257 269 258 245 251 266 272 -25.69 3.54 
244.27 279 252 263 295 309 256 244 249 263 269 -73.45 4.05 
248.79 263 239 249 278 290 252 240 245 258 263 -85.89 4.36 
251.83 224 202 211 236 246 247 235 240 253 259 -80.52 4.63 
259.68 233 211 221 246 257 228 208 217 240 250 -74.75 4.46 

             
 



 

 

Stage 32-38 data 

Exp Site Hole Core Type Section Half Top (cm) Bottom (cm) Depth !13C !18O  age (ka) 11B(1) 11B(2) 11B(av) 2SD 

165 999 A 4 H 7 W 22 24 35.82 0.91 3.28 1087 20.81 20.83 20.82 0.19 
165 999 A 4 H 7 W 33 35 35.93 0.78 2.78 1089 20.55 20.58 20.57 0.20 

165 999 A 4 H 7 W 42 44 36.02 0.87 3.41 1090 20.90 20.95 20.93 0.17 

165 999 A 4 H 7 W 52 54 36.12 0.82 3.51 1093 20.70 20.90 20.80 0.20 

165 999 A 4 H 7 W 60 62 36.20 0.67 3.30 1095 20.83 20.64 20.73 0.22 

165 999 A 4 H CC W 2 4 36.34 0.78 2.94 1098 19.86 19.93 19.90 0.18 

165 999 A 4 H CC W 11 13 36.43 0.73 3.07 1099 20.02 20.16 20.09 0.19 

165 999 A 5 H 1 W 12 14 36.22 0.90 3.02 1102 20.24 20.22 20.23 0.19 

165 999 A 5 H 1 W 27 29 36.37 0.76 3.13 1105 19.35 19.56 19.46 0.29 

165 999 A 5 H 1 W 38 40 36.47 0.77 3.14 1106 20.64 20.85 20.75 0.15 

165 999 A 5 H 1 W 48 50 36.58 0.93 2.50 1108 20.51 20.51 20.51 0.20 

165 999 A 5 H 1 W 59 61 36.69 0.79 2.73 1110 20.38 20.46 20.42 0.19 

165 999 A 5 H 1 W 70 72 36.80 0.76 2.65 1113 20.78 20.77 20.78 0.20 

165 999 A 5 H 1 W 81 83 36.91 0.58 3.04 1115 20.84 21.03 20.94 0.19 

165 999 A 5 H 1 W 90 92 37.00 0.50 3.10 1118 21.03 21.18 21.11 0.15 

165 999 A 5 H 1 W 99 101 37.09 0.64 3.29 1120 20.68 20.89 20.79 0.15 

165 999 A 5 H 1 W 108 110 37.18 0.47 3.28 1123 21.14 21.36 21.25 0.15 

165 999 A 5 H 1 W 118 120 37.28 0.81 3.56 1126 20.51 20.76 20.64 0.21 

165 999 A 5 H 1 W 123 125 37.33 0.62 2.99 1128 20.54 20.73 20.63 0.22 

165 999 A 5 H 1 W 132 134 37.42 0.70 3.15 1131 20.56 20.71 20.63 0.16 

165 999 A 5 H 1 W 148 150 37.58 0.85 3.14 1137 20.17 20.29 20.23 0.15 

165 999 A 5 H 2 W 17 19 37.77 0.81 2.81 1143 20.12 20.24 20.18 0.24 

165 999 A 5 H 2 W 23 25 37.83 0.76 2.73 1145 20.11 20.08 20.09 0.23 

165 999 A 5 H 2 W 33 35 37.93 0.92 2.79 1149 19.97 19.96 19.96 0.35 

165 999 A 5 H 2 W 39 41 37.99 0.97 2.85 1151 20.39 20.23 20.31 0.24 



   

      

165 999 A 5 H 2 W 48 50 38.08 0.81 2.94 1154 20.55 20.49 20.52 0.22 

165 999 A 5 H 2 W 59 61 38.19 0.87 2.67 1158 19.99 20.22 20.10 0.22 

165 999 A 5 H 2 W 67 69 38.27 0.98 2.67 1161 19.74 19.74 19.74 0.29 

165 999 A 5 H 2 W 73 75 38.33 1.00 2.79 1163 20.39 20.35 20.37 0.19 

165 999 A 5 H 2 W 82 84 38.42 0.96 2.59 1166 19.50 19.74 19.62 0.17 

165 999 A 5 H 2 W 93 95 38.53 0.87 2.64 1170 20.25 20.33 20.29 0.16 

165 999 A 5 H 2 W 110 112 38.70 0.61 3.18 1175 19.73 19.87 19.80 0.16 

165 999 A 5 H 2 W 120 122 38.80 0.92 2.57 1178 20.33 20.40 20.36 0.18 

165 999 A 5 H 2 W 130 132 38.90 0.93 2.58 1180 20.48 20.51 20.50 0.20 

165 999 A 5 H 2 W 141 143 39.01 0.90 2.82 1182 20.85 20.85 20.85 0.15 

165 999 A 5 H 3 W 2 4 39.12 0.80 2.75 1184 20.74 20.92 20.83 0.18 

165 999 A 5 H 3 W 10 12 39.20 0.43 2.70 1186 20.53 20.61 20.57 0.19 

165 999 A 5 H 3 W 19 21 39.29 0.65 2.56 1188 20.38 20.51 20.44 0.19 

165 999 A 5 H 3 W 27 29 39.37 0.74 2.76 1191 20.96 20.93 20.95 0.15 

165 999 A 5 H 3 W 37 39 39.47 0.78 3.49 1195 20.94 21.00 20.97 0.18 

165 999 A 5 H 3 W 58 60 39.68 0.63 3.47 1203 21.12 21.32 21.22 0.15 

165 999 A 5 H 3 W 67 69 39.77 0.85 3.58 1207 20.99 20.99 20.99 0.14 

165 999 A 5 H 3 W 78 80 39.88 0.74 3.20 1210 20.66 20.76 20.71 0.18 

165 999 A 5 H 3 W 102 104 40.12 0.66 2.91 1216 20.35 20.36 20.36 0.22 

165 999 A 5 H 3 W 110 112 40.20 0.85 2.97 1219 20.12 20.02 20.07 0.22 

165 999 A 5 H 3 W 129 131 40.39 0.92 2.59 1224 20.45 20.61 20.53 0.24 

165 999 A 5 H 3 W 137 139 40.47 0.70 2.51 1227 20.24 20.51 20.38 0.21 

165 999 A 5 H 3 W 147 149 40.57 0.59 2.37 1231 19.80 20.28 20.04 0.25 

165 999 A 5 H 4 W 6 8 40.66 0.24 2.14 1234 20.25 20.20 20.23 0.21 

165 999 A 5 H 4 W 12 14 40.72 0.63 2.45 1236 20.49 20.64 20.56 0.17 

165 999 A 5 H 4 W 21 23 40.81 0.49 2.27 1240 20.60 20.50 20.55 0.21 

165 999 A 5 H 4 W 29 31 40.89 0.47 2.83 1243 20.33 20.59 20.46 0.15 

 



 

 

CO2 data 

 ppm 2SD ppm 2SD   

age (ka) CO2 lower 
95% 

lower 
68% 

upper 
68% 

upper 
95% 

CO2 fit 
smoothing 

CO2f 
lw95 % 

CO2f 
lw68% 

CO2f 
up68% 

CO2f 
up95% 

RSL Rohling 2005 LR04 !18O   

1087 228 207 216 240 251 212 196 203 221 228 -41.97 3.89 

1089 255 231 241 268 280 229 217 222 235 241 -50.13 3.91 

1090 218 199 207 229 239 244 234 238 250 254 -62.08 3.95 

1093 237 216 225 250 260 271 260 265 276 281 -62.09 4.01 

1095 246 223 233 259 272 289 276 282 295 301 -52.17 4.00 

1098 351 318 332 370 386 311 297 303 319 326 -27.52 4.29 

1099 322 292 305 340 355 319 305 311 328 335 -20.75 4.29 

1102 301 273 285 317 331 322 308 314 330 337 -13.26 4.03 

1105 411 364 385 439 463 317 303 309 325 332 -18.11 3.93 

1106 242 221 230 255 265 304 291 297 312 319 -19.40 3.83 

1108 260 236 247 274 286 290 277 283 297 303 -18.66 3.83 

1110 282 256 267 297 310 263 252 257 270 275 -24.66 3.85 

1113 241 219 229 254 265 241 230 235 247 252 -31.41 3.84 

1115 222 202 211 234 244 228 219 223 234 239 -44.49 4.12 

1118 209 191 198 219 228 220 211 215 226 230 -54.58 4.14 

1120 243 222 230 255 266 219 210 214 223 228 -55.65 4.09 

1123 197 180 187 207 214 222 213 217 227 231 -36.42 4.47 

1126 243 220 230 256 267 232 222 226 237 241 -31.82 4.50 

1128 242 218 228 255 267 238 228 232 244 249 -36.95 4.50 

1131 247 224 234 260 271 252 240 245 259 265 -36.99 4.32 

1137 292 266 277 307 320 271 259 264 277 283 -29.29 4.24 



   

      

1143 280 252 264 296 311 286 272 278 294 301 -37.99 3.97 

1145 298 268 281 315 331 285 271 277 293 300 -27.70 3.99 

1149 315 277 293 336 358 285 272 277 292 298 -23.76 4.02 

1151 262 236 247 277 290 285 273 278 293 299 -30.23 3.82 

1154 247 223 233 260 272 289 276 282 297 303 -28.60 3.76 

1158 302 272 285 319 333 300 287 293 308 314 -8.80 3.79 

1161 349 311 327 372 391 309 295 301 317 324 -6.32 3.60 

1163 274 248 259 289 302 317 303 309 326 333 -7.92 3.60 

1166 381 345 360 401 420 329 313 320 338 345 -10.72 3.53 

1170 283 257 268 297 310 320 306 312 327 334 -20.70 3.56 

1175 345 314 327 363 379 291 279 284 299 305 8.70 3.76 

1178 272 247 258 286 299 279 268 272 286 291 20.76 3.74 

1180 261 237 248 275 287 269 258 263 275 280 24.28 3.80 

1182 229 209 217 240 250 258 249 253 264 269 12.14 3.60 

1184 222 201 211 234 243 247 238 242 252 257 -6.73 3.65 

1186 254 231 240 268 280 238 230 233 243 248 -7.41 3.65 

1188 263 239 250 277 290 229 220 224 234 239 -3.79 3.67 

1191 211 192 200 221 231 217 208 212 223 227 -20.71 4.05 

1195 203 185 193 214 223 207 198 202 212 216 -35.31 4.27 

1203 189 173 180 199 207 202 192 196 208 212 -26.69 4.20 

1207 213 195 203 224 233 218 208 212 223 228 -25.20 4.16 

1210 235 214 223 247 257 234 223 228 240 245 -25.48 4.32 

1216 272 245 257 287 300 264 252 257 271 276 -27.67 3.82 

1219 301 272 285 318 333 272 260 265 279 285 -18.07 3.73 

1224 253 228 239 267 280 283 271 276 290 295 21.63 3.74 

1227 271 245 256 286 299 286 274 279 292 298 34.39 3.63 

1231 315 283 296 334 349 287 276 281 293 298 24.96 3.42 

1234 295 267 279 311 326 286 276 280 292 297 1.60 3.41 



 

 

1236 260 236 246 273 285 284 274 278 290 295 -7.30 3.38 

1240 266 241 251 280 292 279 266 271 286 293 -8.36 3.35 

1243 288 263 274 302 315 272 254 262 283 292 -24.30 3.47 
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Appendix F : Supplementary information for 
Chapter 5 

F.1 Supplementary Figures 

 

 

Figure F 1: 5 Myr !SST stack 

!SST stack of temperature proxy records for the last 5 Myrs. Black line shows 5kyr smoothing 
on the records, where G-IG change is clearly visible. 400,000kyr smoothing is shown in green 
(68% confidence intervals (Monte Carlo n=1000 with uncertainties shown in green). The mid 
Pliocene is on average ~3°C warmer than the present. Major changes in gradient coincide with 
the iNHG and the MPT. 

 

  

Figure S1. !SST stack of temperature proxy records for the last 5 Myrs. Black line shows 5kyr 
smoothing on the records, where G-IG change is clearly visible. 400,000kyr smoothing is shown in 
green (68% con"dence intervals (Monte Carlo n=1000 with uncertainties shown in green). #e mid 
Pliocene is on average ~3!C warmer than the present. Major changes in gradient coincide with the 
iNHG and the MPT. 
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Figure F 2: Residual plot of SST stack comparison 

Residuals from the stack of 45 !SST records (this study) - the orbitally resolved record of 
Martinez-Boti, Foster, Chalk et al.  (accepted). There is a systematic offset from the 2 stacks of 
0.54°C which is corrected for in the figures, this is likely due to the greater coverage of 
latitudes, proxies and environments by the more comprehensive stack (this study). 
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Figure S2 Residuals from the stack of 45 !SST - the orbitally resolved re-
cord of Martinez-Boti et al. (in review). "ere is a systematic o#set from 
the 2 stacks of 0.54°C which is corrected for in the $gures, this is likley 
due to the greater coverage of latitudes, proxies and environments by the 
more comprehensive stack (this study). 



   

   

 

F.2 Supplementary Data 

ODP Site 999 data 

Site Hole Core Type Section Half top(cm) bottom(cm) depth age 11B(1) 11B(2) 11B(av) 2SD Temp 

999 A 3 H 4 W 33 35 21.93 606 20.64 20.68 20.66 0.18 26.09 

999 A 3 H 4 W 87 89 22.47 622 20.34 20.55 20.45 0.15 24.20 

999 A 3 H 6 W 71 73 25.31 705 20.43 20.60 20.51 0.21 27.25 

999 A 4 H 1 W 103 105 27.63 801 20.94 21.23 21.08 0.18 25.85 

999 A 4 H 3 W 13 15 29.73 863 20.65 20.74 20.70 0.17 26.43 

999 A 4 H 3 W 57 59 30.17 876 20.32 20.38 20.35 0.18 25.62 

999 A 4 H 5 W 64 66 33.24 957 19.96 20.06 20.01 0.30 25.36 

999 A 5 H 6 W 147 149 45.07 1362 21.02 21.21 21.11 0.17 22.96 

999 A 6 H 2 W 17 19 47.27 1443 20.25 20.21 20.23 0.19 25.60 

999 A 6 H 3 W 112 114 49.60 1523 20.88 20.90 20.89 0.25 25.79 

999 A 6 H 4 W 12 14 50.22 1535 20.28 20.48 20.48 0.21 25.86 

999 A 6 H 5 W 122 124 52.60 1632 20.05 19.99 20.02 0.23 25.10 

999 A 6 H 7 W 52 54 54.90 1706 20.96 20.98 20.97 0.18 24.88 



 

 

999 A 7 H 1 W 88 90 55.96 1736 20.80 20.81 20.81 0.21 27.47 

999 A 7 H 2 W 18 20 56.72 1769 19.77 19.76 19.76 0.22 26.20 

999 A 7 H 3 W 148 150 59.41 1854 20.01 20.06 20.04 0.26 25.55 

999 A 7 H 6 W 48 50 62.76 1931 20.04 19.95 19.99 0.22 26.96 

999 A 8 H 2 W 57 59 66.59 2029 19.52 19.42 19.47 0.23 25.53 

999 A 8 H 5 W 17 19 70.51 2138 20.13 19.92 20.03 0.25 26.14 

999 A 8 H 7 W 17 19 77.38 2241 19.51 19.74 19.63 0.21 26.58 

999 A 9 H 6 W 50 52 81.70 2500 19.92 19.90 19.91 0.22 26.75 

999 A 9 H 6 W 120 122 82.40 2525 20.28 20.75 20.51 0.23 26.02 

999 A 10 H 4 W 82 84 88.92 2714 19.59 19.87 19.87 0.29 25.39 

999 A 10 H 5 W 22 24 89.49 2751 20.31 19.90 20.11 0.29 28.33 

999 A 10 H 6 W 82 84 91.92 2810 20.07 20.24 20.24 0.22 26.42 

999 A 10 H 6 W 132 134 91.95 2832 19.87 19.87 19.87 0.48 27.51 

999 A 11 H 2 W 4 6 94.55 2934 19.62 19.59 19.60 0.24 26.69 

999 A 11 H 2 W 55 57 95.07 2951 19.33 19.60 19.46 0.40 27.54 

999 A 11 H 5 W 16 18 98.99 3063 19.65 19.39 19.52 0.23 26.12 

999 A 11 H 6 W 106 108 101.38 3135 19.44 19.71 19.57 0.52 26.11 

999 A 11 H 7 W 16 18 101.86 3158 20.02 19.85 19.93 0.23 28.13 



   

   

999 A 12 H 2 W 2 4 104.04 3243 19.78 19.17 19.47 0.49 27.59 

999 A 12 H 3 W 12 14 105.64 3295 19.76 19.59 19.59 0.23 26.69 

999 A 12 H 4 W 2 4 107.12 3340 19.69 20.02 20.02 0.28 26.97 

999 A 12 H 4 W 62 64 107.44 3364 18.82 18.87 18.84 0.24 27.26 

999 A 12 H 5 W 102 104 109.23 3437 19.93 19.92 19.93 0.23 27.48 

999 A 13 H 1 W 42 44 112.44 3528 19.92 19.83 19.83 0.39 28.05 

999 A 13 H 2 W 2 4 113.54 3572 20.17 20.03 20.10 0.21 28.14 

 

ODP Site 662 data 

Site Hole Core Type Section Half Top (cm) Bottom (cm) depth age 11B(1) 11B(2) 11B(av) 2SD Temp 

662 A 12 H 5 W 28 30 104.48 1521 20.06 19.91 19.99 0.22 26.44 

662 A 13 H 1 W 138 140 109.08 1632 19.53 19.89 19.71 0.24 26.37 

662 A 13 H 5 W 28 30 113.98 1734 19.73 19.90 19.81 0.22 24.88 

662 A 13 H 6 W 28 30 115.48 1773 19.50 19.43 19.47 0.26 26.16 

662 A 14 H 3 W 28 30 120.48 1853 19.64 19.37 19.50 0.26 25.96 

662 A 15 H 3 W 110 110 130.80 2139 19.49 19.57 19.53 0.25 26.43 

662 A 16 H 4 W 130 132 142.00 2347 19.76 19.67 19.71 0.26 27.28 



 

 

662 A 16 H 7 W 50 52 145.70 2417 19.38 19.23 19.31 0.41 26.96 

662 A 17 H 3 W 117 119 149.87 2498 19.49 19.34 19.42 0.25 26.53 

662 A 17 H 6 W 58 60 153.78 2626 19.51 19.37 19.44 0.28 26.49 

662 A 18 H 3 W 146 148 159.66 2751 19.51 19.54 19.52 0.35 26.46 

662 A 18 H 5 W 146 148 162.66 2828 19.78 19.65 19.71 0.28 25.92 

662 A 19 H 6 W 10 12 172.30 3160 18.85 19.03 18.94 0.26 27.18 

662 A 20 H 1 W 4 8 174.24 3245 19.30 19.13 19.22 0.40 26.70 

662 A 20 H 4 W 10 12 178.80 3366 19.05 18.74 18.89 0.36 25.72 

662 A 20 H 5 W 100 102 181.20 3438 18.98 19.48 19.23 0.27 26.53 
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Appendix G : Sample preparation 

G.1 Boron sample preparation and analytical procedure  

The following methodology was used for each of the chapters presented in this thesis for the 

determination of boron isotope analysis and metal:calcium ratios (Me/Ca), with any specific 

changes described in each chapter text.  

 

The sediment used in this thesis was all provided by (I)ODP, it is washed through a 63 µm sieve 

using 15 M! cm Milli-Q (MQ) water, to separate fine and coarse fractions. These are then dried 

at 50°C before storage. Individual foraminifera are picked from size specific fractions using a 

brush wetted with 15 M! cm MQ water; the number used and size depending on the species 

and type of analysis undertaken (see table 1).   

 

Table G 1: Table of typical foraminifera test numbers for analysis 

Foraminifera Paired isotope and Me/Ca Me/Ca only 

Cibicidoides wuellerstorfi 

B/Ca ~200µmol/mol 

~30 (always >12) individuals  

212-500µm 

~10 (always >8) individuals 

212-500µm 

Globigerinoides ruber 

B/Ca ~100µmol/mol 

80-200 individuals 

300-355µm 

Not analysed 

 

Boron is a volatile species and foraminiferal calcite samples are often small and with a low 

boron concentration, making laboratory work on the boron isotope proxy tricky and time 

consuming. Many conventional laboratory supplies are not usable because of the trace nature of 

boron in the samples and the relatively large amount of boron in the equipment. Special air 

filters are required as well as a dedicated clean lab.  
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Prior to analysis foraminiferal samples are transferred to a glass slide in a fully clean laboratory 

and cracked using another glass slide under a microscope to the point of ensure complete 

opening of all major chambers. This is typically undertaken individually for benthonic 

foraminifera and as a group of ~100 individuals for planktonic foraminifera.  The samples were 

then cleaned using established oxidative cleaning methods (Barker et al., 2003; Rae et al., 2011; 

Rae et al., 2009). The samples are first placed in MQ in plastic microcentrifuge vials and 

physically cleaned by ultrasonication (four to seven 30 second ultrasonifications, with rinses in 

between). Due to the difference in settling speed between small clay particles and the larger 

denser foraminiferal chambers, the clay can be progressive removed from the supernatant. 

Fewer rinses are undertaken for smaller samples to prevent sample dissolution. Oxidative 

cleaning is undertaken using a 1% hydrogen peroxide buffered with ammonium hydroxide 

solution at 80°C for 15 minutes. This destroys organic matter attached to the calcite and is 

accompanied by short further ultrasonifications to loosen and contaminants which are bound by 

the organic material. Samples are then transferred to a clean Teflon centrifuge tube in a 

dedicated over pressured clean hood. A weak acid leach is then undertaken using 0.0005M 

Teflon distilled nitric acid applied for 30s to the samples before quenching with MQ to prevent 

enhanced dissolution.  

 

After cleaning, samples were dissolved in ~0.075 M Teflon distilled HNO3. A small aliquot 

(~7%) is taken for metal element concentration analysis and stored separately in cleaned plastic 

vials. Separation of boron from the calcite matrix was achieved using a well established method 

(Foster et al., 2008b) utilising Amberlite IRA-743 boron-specific anion exchange resin and on 

purpose made columns. Boron isotope ratios were measured on a Thermo Scientific Neptune 

multicollector inductively coupled plasma mass spectrometer (MC-ICPMS) at the University of 

Southampton according to methods described elsewhere (Foster, 2008; Rae et al., 2011; 

Henehan et al., 2013).  

 

External reproducibility is described by the long-term reproducibility of carbonate standards by 

multiple users at the University of Southampton, duplicating the approach of (Rae et al., 2011) 

and described by the relationship: 

!! ! !!!"!!!!!!"!!! !!! ! ! !!!!!!!!!!!!"! !!! ! 

Where [11B] is the intensity of the 11B signal in volts (routinely ~0.6!!!!V) 
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For foraminiferal samples this typically varies from ~0.18-0.40‰ at ~50-7 ppb. Although 

machine-induced mass fractionation is a significant factor in plasma analyses (~15% per amu), 

it can be overcome with fast sample standard bracketing to capture likely variability in the 

ionisation efficiency of the plasma and optimised tuning for ratio stability. MC-ICPMS has been 

shown to provide highly precise and reproducible results in a variety of studies, which gives the 

methodology a great deal of confidence (Foster et al., 2006; Foster et al., 2013; Henehan et al., 

2013; Rae et al., 2011). 

 

As well as the isotope cuts Me/Ca ratios are also measured on a number of benthic samples to 

utilise the B/Ca-[CO3
2-] proxy. For Me/Ca only samples, a reduced cleaning is undertaken due 

to the smaller amount of calcite material and the measurements being less sensitive to 

contamination. A few minor alterations are made to the isotope cleaning described within the 

references as after extensive testing no transfer step (to Teflon) was found to be required, and 

fewer clay removal ultrasonification steps. The samples are acidified to prepare them for 

ICPMS analysis by the addition of a small amount of Teflon distilled 5M HNO3, required to 

bring the molarity to ~0.5M and thus in line with the matrix matched standard solutions.  

 

Metal element ratios are measured prior to isotope analysis to screen for effective cleaning on a 

Thermo Scientific Element 2XR single collector ICPMS at the University of Southampton, 

again following an established laboratory protocol (Foster et al., 2008b). Typical reproducibility 

for B/Ca, Mg/Ca and Al/Ca is <±3%. Screening elements ratios are Al/Ca, Ba/Ca and Fe/Ca, 

although the whole suite is monitored for anomalous data (Li/Ca, B/Ca, Na/Ca, Mg/Ca, Mn/Ca, 

Sr/Ca, Cd/Ca, Ba/Ca, Nd/Ca, U/Ca, Fe/Ca). All Al/Ca data is checked against !11B for 

covariance, and a cautionary screening of data >100 µmol/mol is undertaken.  

 

For temperature reconstructions, Mg/Ca ratios were corrected for changes to the composition of 

both in seawater (where appropriate, >1 Ma) with modelled Mg/Casw (Fantle and DePaolo, 

2006) and the latest calibration (Evans and Müller, 2012) including an “H” value of 0.41. This 

value is calibrated for Globigerinoides sacculifer, (Delaney et al., 1985) and it used due to the 

absence of a Globogerinoides ruber specific value as discussed elsewhere (O'Brien et al., 2014).  
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