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Abstract

The export of calcium carbonate (CaCOs3) from the surface ocean is poorly constrained. A
better understanding of the magnitude and spatial distribution of this flux would improve our
knowledge of the ocean carbon cycle and marine biogeochemistry. Here, we investigate
controls over the spatial distribution of total alkalinity in the surface global ocean and
produce a tracer for CaCOj3 cycling. We took surface ocean bottle data for total alkalinity
from global databases (GLODAP, CARINA, PACIFICA) and subtracted the effects of
several processes: evaporation and precipitation, river discharge, and nutrient uptake and
remineralization. The remaining variation in alkalinity exhibits a robust and coherent pattern
including features of large amplitude and spatial extent. Most notably, the residual variation
in alkalinity is more or less constant across low latitudes of the global ocean but shows a
strong polewards increase. There are differences of ~110 pmol kg™ and ~85 pmol kg™
between low latitudes and the Southern Ocean and the subarctic North Pacific, respectively,
but, in contrast, little increase in the high-latitude North Atlantic. This global pattern is most
likely due to production and export of CaCO3 and to physical resupply of alkalinity from
deep waters. The use of river corrections highlights the large errors that are produced,
particularly in the Bay of Bengal and the North Atlantic, if alkalinity normalization assumes
all low salinities to be caused by rainfall. The residual alkalinity data can be used as a tracer
to indicate where in the world’s ocean most CaCO3 export from the surface layer takes place,

and of future changes in calcification, for instance due to ocean acidification.
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Introduction

Total alkalinity, afterwards referred to as alkalinity (Alk), is a measure of the acid
neutralization capacity of seawater, or, more technically, the excess of proton acceptors over
proton donors compared to a zero level of protons at a pH of approximately 4.3. It is
measured by the stepwise addition of hydrochloric acid to determine the equivalence points

of the titration curve (Dickson, 2010, 1981; Gran, 1952). Total alkalinity can be written as:

Alk =[HCO; ]+2[COZ ]+ B(OH), |+[OH " J+[HPO; ]+ 2[ PO} |+

H
[H,Si0; |+[NH,]+[HS~]-[ H*]-[ HSO; ] -[HF]=[H,PO,]~[HNO,] (1)

Measurements of two of the seawater carbonate system variables (i.e., dissolved inorganic
carbon (DIC), alkalinity, pH or the partial pressure of carbon dioxide (pCOy)), in combination
with observations of temperature, salinity, silicate and phosphate concentrations, are
sufficient to determine the entirety of the carbonate system. The measurement of alkalinity is
particularly useful because it is conservative with respect to water mass mixing. Alkalinity is
also independent of changes in temperature and pressure, unlike pCO,, pH, and
concentrations of individual chemical species (e.g. carbonate and bicarbonate) of the

seawater carbonate system (Dyrssen and Sillen, 1967; Wolf-Gladrow et al., 2007).

The sea surface distribution of alkalinity is affected by several processes. These include: (1)
changes in seawater dilution caused by evaporation and precipitation (Millero et al., 1998b);
(2) riverine inputs of alkalinity (Cai et al., 2010; Friis et al., 2003); (3) production and export
of CaCOs; (4) consumption or regeneration of nutrients from primary production or
respiration, respectively (Brewer and Goldman, 1976; Millero et al., 1998b; Wolf-Gladrow et
al., 2007), and; (5) ventilation and upwelling of subsurface waters with high alkalinity as a
result of dissolution of calcium carbonate (CaCO3) (Lee et al., 2006). The inorganic carbon

pump is a fundamental component of the marine carbon cycle (e.g., Hain et al. 2010;



Holligan and Robertson, 1996; Kwon et al. 2009), and may be important for sequestering
organic carbon through ballasting organic matter to the deep ocean (Armstrong et al., 2002;
Barker et al., 2003; Klaas and Archer, 2002). However, the magnitude of the ocean
particulate CaCO3 export flux is poorly known; it is currently estimated only within a large
range (0.4-1.8 Pg PIC yr™. Berelson et al., 2007) and its spatial distribution is also poorly
constrained. For instance, whereas satellite-based determinations of surface CaCO3
concentration lead to predictions of higher calcification rates at high latitudes than at low
latitudes (Balch et al., 2005), fluxes of CaCOg into sediment traps (Berelson et al., 2007) and
geochemical calculations (Sarmiento et al., 2002) point to most CaCOj3 export occurring at

low latitudes.

In this study we combined potential alkalinity (Brewer et al., 1975; Sarmiento et al., 2002)
with procedures for appropriately cancelling river impacts; we subtracted all of the major
processes affecting alkalinity except for (a) alkalinity removal due to formation and export of
CaCOg, and (b) alkalinity resupply through the upwards transport of CaCOj3 dissolution
products from the ocean interior, hereafter jointly referred to as CaCOj3 cycling. Our analyses
showed the large impacts of rivers on alkalinity in specific ocean regions, particularly the
Bay of Bengal and the North Atlantic Ocean. The surface alkalinity data, when adjusted to
take this into account, reveal greatly elevated values in the Southern Ocean and North Pacific,
with well-defined gradients separating these polar regions from the rest of the ocean, which is
characterized by near constant values across low latitudes. We argue that this distinct spatial
pattern is consistent with its being caused by the ocean’s internal CaCO3 cycle, and hence

that the adjusted alkalinity can be used as a tracer of CaCOj3 cycling.
Methods

Seawater CO,-Carbonate Chemistry Data



Salinity, alkalinity, and nitrate data were downloaded from the GLODAP, CARINA and
PACIFICA databases (http://cdiac.ornl.gov/oceans/glodap/,
http://cdiac.ornl.gov/oceans/CARINA/, http://cdiac.ornl.gov/oceans/PACIFICA/). These
databases were synthesized from data collected during various scientific programs since the
1980s including: (1) the Geochemical Ocean Sections Study (GEOSECS); (2) the World
Ocean Circulation Experiment (WOCE); (3) the Joint Global Ocean Flux Study (JGOFS),
and; (4) the Ocean and Atmosphere Carbon Exchange Study (OACES). During synthesis of
each database, the data were subjected to rigorous quality control procedures. First, data flags
were used to indicate the quality of the individual measurements in the cruise. Then, the data
from different cruises were compared using the assumption that deep values have low spatial
and temporal variability, and therefore that adjacent data points from different cruises should
have similar values. Data with a lower than acceptable quality were removed and small biases
in cruises adjusted (Key et al., 2010, 2004; Millero et al., 1998a;
http://cdiac.ornl.gov/oceans/PACIFICA/). For this study, we used only bottle data rather than
any gridded products. The surface ocean was defined as shallower than 30 m at latitudes
greater than 30°, and shallower than 20 m at latitudes less than 30°, as in previous studies
(Lee et al., 2006). We included only open ocean data (seafloor depth > 200 m) in our
analysis. Data from the Arctic and Mediterranean seas were excluded. Thus this study

excluded shelf seas, shallow coastal seas, and enclosed seas.

Analysis of Process Contributions

Controls on surface alkalinity were analyzed using in-situ alkalinity data together with
associated hydrographic properties. The impacts of various processes on the spatial

distribution of alkalinity in the surface ocean were calculated from related variables. The



effects of freshwater fluxes (evaporation, precipitation, river discharge) were quantified based

on salinity, and biological fluxes of nutrients calculated using nitrate data.

Following the subtraction of each major process that affects alkalinity, the overall distribution
of alkalinity was recalculated and reanalyzed to assess whether it had become more coherent
(i.e., less scatter among nearby observations). For each basin, the data were binned by 5°
latitude, and the mean and standard deviation of each bin was calculated. To create a
dimensionless statistical variable, the value of which could be compared to other
hydrographic variables, the mean standard deviation for each basin was divided by the range
of the bin means for that basin. The same statistical approach was undertaken for nitrate,
phosphate, and silicate. As an example, for nitrate in the Atlantic, the metric for the average

spread of the data cloud is calculated as:

1 =36 v
(36 ZH o(NO3 ))

max (NOS™ )~ min (NO3™ ) )

MNoa,ATL = (

where NO34TL and a(N03#™") are the mean and standard deviation of the nitrate values in

the i’th Atlantic bin.

After subtraction of all processes except the CaCOj3 cycle, the final surface distribution of

alkalinity was assessed as a tracer of CaCO3 cycling.
Results
Evaporation and Precipitation

Figures 1a, b and ¢ show the measured surface ocean alkalinity distributions in the Atlantic,
Indian and Pacific basins as a function of latitude, with colors indicating salinity. The relative

mean standard deviations of the 5° bins are shown in Table 1. For all three basins, the most



obvious features of the datasets are the local maxima of alkalinity around 30°N and 20°S,
which correspond to the centers of the subtropical gyres. These peaks contrast with much

lower values (up to 400 umol kg™ lower) near the equator and in the polar ocean regions.

The consistent elevation of alkalinity in the subtropical gyres is caused principally by the
hydrological cycle driving substantial excess evaporation over precipitation in these regions.
Net evaporation concentrates substances dissolved in seawater, as freshwater is lost to the
atmosphere and solutes are left behind. Conversely, net precipitation dilutes seawater, as
relatively pure water is added. Because alkalinity is a weighted sum of different dissolved

constituents (equation 1), its concentration rises and falls proportionally with salinity.

Variations in salinity are used to calculate the balance between the effects of evaporation and
those of precipitation. Figure 2a shows alkalinity plotted against salinity in the global surface
ocean. Pearson’s correlation coefficients (r) were 0.94 in the Atlantic Ocean, 0.87 in the
Indian Ocean, 0.92 in the Pacific Ocean, and 0.94 when data from all the oceans were
combined. These strong correlations are consistent with evaporation and precipitation being

responsible for most of the variation in alkalinity.

The effects of evaporation and precipitation can be removed from alkalinity by converting
each alkalinity measurement, Alkp, to its expected value at a salinity (S) of 35, i.e. by
normalizing each value to a salinity of 35 (Postma, 1964; Millero et al., 1998b):

Alk_

S 35 3)

Alk, =

Figure 2b shows that the major correlation between salinity and alkalinity, especially at high
salinities, is removed using equation 3. Equation 3 successfully negates the effect of the
hydrological cycle, eliminating the elevated alkalinity of the subtropical gyres and the local

minima of alkalinity along the equator, thereby resulting in fairly constant low-latitude



surface Alk; (Figure 1d, e and f). As can be seen in Table 1, the variability of alkalinity
relative to its overall range is reduced in all three basins following removal of evaporation

and precipitation effects.
Riverine Input

Although salinity normalization reduces the spatial variability in alkalinity in the subtropics,
many features still remain (Figure 1d, e and f). For instance, in the north Indian Ocean there
are two different regimes of alkalinity at a similar latitude: the Bay of Bengal is characterized
by lower observed alkalinity and salinity, but by a higher normalized alkalinity than the
Arabian Sea. There is also a significant high anomaly in normalized alkalinity at 8°N in the
Atlantic Ocean, and several high anomalous groups between 40°N and 60°N in the North
Atlantic. In both oceans these areas also correspond to low observed salinity (compare Figure
1a and Figure 1d, and Figure 1b and Figure 1e; salinity-normalized alkalinity values that are

more than 20 pmol kg™ from the 5° latitude running mean are indicated in red).

Low salinity is not always produced by rainfall, but can also be produced by sea-ice melt or
by inputs of river water. In non-polar waters, the obvious likely cause of the overcorrection
from the salinity-normalization is therefore river input. Based on a global analysis of volume
of river water received, the ocean areas most likely to be affected are the Arctic Ocean, the
Bay of Bengal, the Labrador Sea, the Amazon River and Congo River plumes in the Atlantic,

and the South China Sea (Kang et al., 2013).

Friis et al. (2003) found that misleading results are produced if equation 3 is used to
normalize alkalinity to salinity in ocean regions receiving river outflows. Equation 3 assumes
that freshwater discharged by rivers (i.e., zero salinity) also has zero alkalinity, which is not
the case since many rivers have substantial concentrations of alkalinity, in particular those

draining limestone catchments (Cai et al., 2010). In marginal seas, the y-intercept of the



relationship between alkalinity and salinity usually (although not always, see Jiang et al.
2014) corresponds to the alkalinity of the river end member, Alk,, because, assuming
conservative mixing, this is the value of alkalinity when the salinity is negligible (river

water). Following Friis et al. (2003), we used equation 4 to account for river input:

Alk, — Alk,

Alk, = x 35+ Alk, (4)

The peak at 8°N in the Atlantic basin is close to the South American continent; therefore, it is
likely that these data have been influenced by the Amazon River, and examination of the
geographical locations of the anomalous points confirms that they lie in the general area of
the Amazon outflow plume. The water from the mouth of the Amazon River has an Alk,
value of around 300 pmol kg™ (Cooley et al., 2007; Cooley and Yager, 2006). When the
salinity normalization by Friis et al. (2003) (equation 4, with Alk, = 300 umol kg™) is applied
for the region between the latitudes of 5 and 10°N and west of 45°W in the Atlantic basin,

the anomalous peak at 8°N is eliminated (Figure 1g versus Figure 1d).

Figure 3 shows that the anomalously high normalized alkalinity values in the region between
40°N and 60°N in Figure 1a are geographically situated close to the Labrador coast. Millero
et al. (1998b) also found an anomalous area in salinity-normalized alkalinity in the vicinity of
the Labrador Sea. Cai et al. (2010) suggested that the Labrador Current is the source of the
anomalous alkalinity rather than local runoff. This implies that the intercept of the salinity-
alkalinity relationship will not agree with the alkalinity for local continental runoff. The y-
intercept of the Labrador Current, Alk;, equals 1124 pmol kg™, which is close to the
composite of the runoff from the six largest Arctic rivers of approximately 1100 pmol kg™
(Cooper et al., 2008). A revised alkalinity was calculated for the Atlantic Ocean (Figure 1)

where an Alk, = 300 umol kg™ was used for the region between 5°N and 10°N and west of



45°W to correct for the Amazon River plume, and Alk, = 1100 umol kg™ in the Labrador Sea
inflow area (defined as north of 40°N and west of 30°W). Comparing Figure 1g to 1d, the
Atlantic Ocean has fewer anomalously high points and a lower standard deviation (Table 1).
However, some of the points in the Labrador Current are now lower than the mean and
appear to have been overcorrected; this is most likely due to the presence of anomalous
surface water in the area, of unknown origin, which has previously been found to have a

much lower Alk; of 273 pmol kg™ (Cai et al., 2010).

Figure 3 also shows that the high salinity normalized alkalinity values in Figure 1e come
from the Bay of Bengal. The mean measured alkalinity in the outflow of the Ganges-
Brahmaputra is 1106 umol kg™ (Galy and France-Lanord, 1999). Using this as the value of
Alk; in the Bay of Bengal area (defined as the part of the Indian Ocean north of 5°N and
between 80°E and 94°E) led to an overcorrection of the higher branch in the north Indian
Ocean (Figure 4). When river alkalinity based on modeling of annual river runoff and basin
lithology and weathering (Alk, = 840 pmol kg™; Amiotte Suchet et al., 2003) was used
instead of direct measurements, the anomaly in the north Indian Ocean was successfully
corrected (Figure 1h). The Ganges-Brahmaputra alkalinity (Bates et al., 2006) and water
(Kang et al., 2013) fluxes vary seasonally; the differences between modeled and observed

Alk, may therefore be down to seasonal differences.

After removing the salinity normalization error caused by large river inputs (summarized in
Table 2), the remaining alkalinity distribution is as shown in Figures 1g, h, i. The standard
deviations of those basins where changes were made are improved (lower), as shown in Table

1.

Nutrient Uptake and Remineralization



Biological consumption and production of nitrate cause an equivalent change in alkalinity
(Brewer and Goldman, 1976; Goldman and Brewer, 1980) despite the fact that nitrate does
not appear in the formal definition of alkalinity (equation 1). This is because nitrate
consumption/production is stoichiometrically tied to the removal/addition of nitric acid, and
the H* removed/added does affect alkalinity. A reduction in nitrate concentration has to be
matched with an increase in alkalinity of the same magnitude in order to maintain the balance
of charge in the water. Therefore, nitrate consumption and denitrification increase alkalinity,
and nitrate generation (nitrification) following remineralization decreases alkalinity. Other
species such as sulphate and phosphate have similar effects on alkalinity (Wolf-Gladrow et

al., 2007).

The alkalinity changes arising from the biological cycling of nitrate are often accounted for in
the concept of potential alkalinity, pAlk (e.g. Brewer et al., 1975; Sarmiento et al., 2002),
where the sum of the nitrate and alkalinity concentrations is normalized to a salinity of 35.
Wolf-Gladrow et al. (2007) calculated changes in alkalinity from primary productivity, taking
into account the proportional uptake of other ions such as phosphate and sulphate. They
suggested that the impact of phytoplankton growth on alkalinity should be calculated by
multiplying changes in the nitrate ion concentration, [NO3], by a factor of 1.36. Hence:

Alk, +1.36 x NO;

S x 35 )

pAIk =

Figures 1j, k, | show the resulting patterns in alkalinity, after variations in nutrient

concentration have also been taken into account, using:

Alk,, — AlK, +1.36 x NO;

Alk, =
3 S

%35+ AlK, (6)




Incorporation of the effects of creation and remineralization of biological matter increases the
average offset between low latitudes and high latitudes from ~75 umol kg™ to ~100 pmol kg’
! This is because the Southern Ocean and subarctic North Pacific are both regions of the

global ocean with high surface nitrate concentrations.
Pattern in the Residual Alkalinity

After excluding the effects of nutrients on alkalinity, there is a fairly uniform alkalinity of
~2300 pmol kg™ in the low-latitude surface oceans (30°N-30°S). Table 1 shows that with
every additional step the width of the data cloud relative to the overall range of the data has
decreased. This suggests that the effects of processes causing variation have been
successfully removed. The remaining variation is comparable to that of the major nutrients
(Table 1). This would be expected if Alk; and the nutrients are mainly controlled by uptake to
form new phytoplankton, and returned through exchange with deep water following export

and remineralization.

To examine the remaining large-scale spatial pattern in the distribution of surface alkalinity.
We define the new tracer Alk* to have a low latitude concentration of ~ 0 umol kg™ (i.e. Alk*
= Alks — 2300 umol kg™). Thus, the value of Alk* corresponds to the “excess alkalinity”
compared to the tropical and subtropical surface ocean. It can be seen (Figure 1m, n and 0)
that Alk* values in the high-latitude regions of the North Pacific and Southern Ocean are
strongly elevated by ~85 pmol kg™ (north of 55°N) and ~110 pmol kg™ (south of 75°S),
respectively. Interestingly, there is no correspondingly large elevation of Alk* in the high-
latitude North Atlantic: the average Alk* value at 55°N in the Atlantic is only 24 umol kg™.
Notably, the low-latitude to polar ocean increases in alkalinity are somewhat weaker when

nutrient cycling effects are not included; the same overall geographic distribution is obtained



but with smaller magnitude differences (e.g., compare Alk, in Figure 1g, h, and i to Alks in

Figure 1j, k, and I).

Discussion

Comparison to Other Approaches

In this paper we have derived a tracer for CaCOj3 cycling in the surface ocean based on
observed alkalinity and removal of other influences, including: (1) freshwater evaporation
and precipitation; (2) inputs of river water containing alkalinity at negligible salinity; and (3)

biological cycling of nutrients.

The procedure we employed is an extension of the potential alkalinity concept (Brewer et al.,
1975; Rubin and Key, 2002; Sarmiento et al., 2002; Wolf-Gladrow et al., 2007); however, it
also includes a correction for the influence of high-alkalinity rivers (Cai et al., 2010; Friis et
al., 2003). Our analysis shows that high-alkalinity rivers can influence large ocean areas (e.g.
Figure 1g versus Figure 1d). We show that the North Atlantic Ocean and the Bay of Bengal
are strongly influenced by river derived alkalinity inputs. We expect that with incorporation
of more marginal regions (Key et al., 2010), such as the South China Sea (Kang et al., 2013),
and more seasonal data, river alkalinity will become an increasingly important part of
alkalinity process analysis. Our Alk* tracer for surface waters also bears some resemblance to
that of ‘excess’ alkalinity (Feely et al., 2004, 2002; Sabine et al., 2002), which was developed
to quantify CaCOj3 dissolution rates along isopyncal surfaces. We use Alk* to constrain
surface CaCOj3 cycling (as defined here) as a whole, as opposed to specifically targeting the
dissolution of CaCOj3 at depth. This gives a tracer that is similar to nutrient tracers and can be

used to investigate biological production in a similar way to that of nutrients.



In this paper we revisit some of the same issues as those of an earlier study (Millero et al.,
1998Db), which used salinity-normalized alkalinity. Some of the large-scale patterns we find
were also noted previously by Millero et al. (1998b), but are now more clearly defined and
can be accepted with greater confidence, based on the improved analysis techniques and

larger quantity of data used in this study.

Accounting for the Patterns in Alk*

The surface field of Alk* is distinct from the actual alkalinity observations (first and last rows
of Figure 1). Eliminating the effects of the hydrological cycle, rivers and nutrient cycling
reveals coherent basin-scale patterns in Alk* that are not apparent in Alky,. We argue that
these patterns directly reflect the imprint of the ocean’s CaCOj3 cycle, or in other words that
the patterns in Alk* are maintained by the inorganic carbon pump acting against ocean
overturning and mixing. As with dissolved nutrients, Alk* is reduced when and where
biological precipitation of CaCO3 occurs. The CaCOg sinks from the mixed layer into the
deep ocean, where CaCO3 undersaturation causes it to dissolve and increase the deep Alk*
concentration. Large-scale ocean circulation brings the deep water back to the surface,
producing higher Alk* concentrations in the polar ocean surface of the Southern Ocean and

the North Pacific.

High Alk* in High-latitude Oceans

In line with previous interpretations (Key et al., 2004; Lee et al., 2006; Millero et al., 1998b;
Sabine et al., 2002), we identify the source of increased salinity-normalized alkalinity at high
latitudes as supply of excess alkalinity from deep waters. High alkalinity at depth can be
transferred to high-latitude surface waters either through upwelling, transfer along isopycnals
outcropping at high latitudes, and/or entrainment of deep waters into the mixed layer during

deep winter mixing. The individual contribution of these physical processes to high Alk* in



surface waters may vary among distinct regions, and subsurface waters are also expected to
contain variable concentrations of excess alkalinity to be brought to the surface in different
parts of the world’s ocean (see explanation for low North Atlantic Alk* below). In addition,
the strength of these sources may vary seasonally; for example, deep winter mixing may

cause higher Alk* in an area during winter with subsequent lower levels in summer.

We attribute the relatively low Alk* values in the subarctic North Atlantic to the low Alk*
values at depth in this region. To illustrate the reason for this exception, we calculated Alk*
along a vertical ocean section from the North Atlantic, through the Southern Ocean and into
the North Pacific (Figure 5). From this interior ocean view of the alkalinity anomaly, it is
clear that the high surface Alk* values of the Southern Ocean and subarctic North Pacific
directly correspond to elevated Alk* in subsurface waters, whereas the low surface Alk*
values of the subarctic North Atlantic are above low Alk* of the North Atlantic Deep Water
(NADW) . The difference between the regions can be attributed in part to differences in the
ages of the deep waters underlying the various regions. The main source of NADW is surface
water that was recently subducted following poleward transport from lower latitudes (e.qg.,
Lozier, 2012).Therefore, the subpolar North Atlantic surface and NADW both inherit a low
Alk* from the Atlantic meridional overturning circulation passing through the low-latitude
surface Atlantic, where Alk* is also low. Because of the small vertical gradient, winter
mixing in the high-latitude North Atlantic, although penetrating to considerable depths
(hundreds of meters; de Boyer Montegut et al., 2004), produces little increase in surface Alk*.
Alkalinity distributions along similar sections to Figure 5 have been explained (Pardo et al.
2011; Vazquez-Rodriguez et al. 2012) using the concept of pre-formed alkalinity, which is
the alkalinity at the point subducting water loses contact with the atmosphere. As the high-

latitude North Atlantic is a deep-water formation region, the low Alk* determines the pre-



formed value, with CaCO3 dissolution increasing Alk* as NADW travels southward through

the Atlantic Ocean.

The subarctic North Atlantic contrasts with the subarctic North Pacific, where winter mixing,
although not reaching to such great depths (up to about 150 m on the eastern side and 250 m
on the western side; Ohno et al., 2009), does reach high Alk* subsurface waters (50-200 pmol
kg™) because of the strong vertical gradients (Figure 5). In the Southern Ocean the situation is
more complicated but there is no formation of deep water from low-latitude surface water,
and deep water consequently has high Alk* (Figure 5). Furthermore, wind-driven upwelling
introduces high Alk* water to the surface from greater depths than in other parts of the

world’s ocean (Toggweiler and Samuels, 1995).
Low Alk* in Low-latitude Oceans

To the degree that the global CaCOj3 cycle is near internal balance, the net upwards transport
of dissolved Alk* across the main thermocline must equal the global downwards CaCQOj3 rain
across the thermocline. Low Alk* values in the tropical and subtropical surface oceans are
therefore understood as resulting from CaCO; formation and export leading to removal of
Alk* from surface waters, together with an absence of significant replenishment from deep
water. The data show surprisingly similar values in all basins at low latitudes (averages of
2297, 2294 and 2305 umol kg™ between 30°S and 30°N in the Atlantic, Indian and Pacific

Oceans, respectively).
Similarity of Residual Alkalinity Distribution to Nutrients

Attributing the Alk* patterns to CaCOj cycling is further supported by the partial resemblance
between the latitudinal distributions of Alk* and those of the nutrients: nitrate, phosphate and

silicate (Figure 6). Concentrations of all are depleted in the subtropical surface ocean due to



biological use. All four exhibit maxima in concentrations at high latitudes in the Southern

Ocean and North Pacific, but a more modest increase in the high-latitude North Atlantic.

There are however some differences. For example, in contrast to nitrate and phosphate,
neither silicate nor alkalinity exhibit large increases in concentration in the north Indian
Ocean or in the eastern Equatorial Pacific. This may reflect different remineralization depths
(nitrate and phosphate are both returned to solution at much shallower depths than silicate
from opal rain or alkalinity from CaCOj rain; Schlitzer, 2000) and the source of the water.
Alternatively, it may be co-occurrence of upwelling and intensive CaCOg3 production, which
would not be identified in our tracer. A previous study has found salinity-normalized
alkalinity to be ~40 umol kg™ higher in upwelled water in the eastern Equatorial Pacific

(Millero et al., 1998b).

A second difference is apparent when comparing the latitude at which all four variables
decrease to negligible levels when moving northwards away from Antarctica. Concentrations
of silicate have declined almost to zero by about 50°S, whereas Alk*, nitrate and phosphate
are all still significantly elevated at this latitude and it is not until about 40°S that all three
decline to near zero (Figure 6). One explanation of this feature could be the greater
competitive success of silicifiers in the Southern Ocean, with diatoms blooming and
depleting silicate concentrations further south than other phytoplankton. Therefore, silicate is
used up further south than nitrate, phosphate, and Alk* (Sarmiento et al., 2004). Pronounced
yearly blooms of coccolithophores are seen in satellite observations in the region of the
subantarctic zone (about 50°S to 40°S) of the Southern Ocean (lglesias-Rodriguez et al.,
2002). This feature has been termed the “Great Calcite Belt” (Balch et al., 2011) and may be

responsible for one third of global export of CaCO3 (Jin et al., 2006). However, in order to



identify more confidently where CaCOj3 production and export take place, the tracer should

ideally be used in conjunction with an ocean circulation model.

Overall, the nutrient-like distribution of Alk* is consistent with the expected bahaviour of a

tracer of CaCO3 production and dissolution.
Similarity of Residual Alkalinity to Residual Calcium

Results from a second and independent method of constraining CaCO3 cycling can be
compared to those from the Alk* method. The concentration of calcium ions (measurable to a
precision of about + 3 pmol kg™*; Olson and Chen, 1982) is also directly affected by dilution
and concentration, production and dissolution of CaCOs3, and river input of CaCOg3, but not
biological cycling processes affecting alkalinity. After salinity normalization, the surface
ocean has a slightly lower concentration of calcium than at depth, due to the CaCO3 pump
(Milliman et al., 1999). The ratio of Ca®" to salinity has previously been demonstrated as a
tracer of CaCOj3 cycling in the South China Sea (Cao and Dai, 2011), and salinity-normalized
calcium concentration (NCa) agrees well with salinity-normalized alkalinity as a tracer of
CaCO; cycling in deep waters of the Sea of Okhotsk (Pavlova et al., 2008). Both Ca-based
and Alk-based tracers of CaCO3 cycling are made less effective in the deep ocean because
low-temperature hydrothermal vents are an alternative source of calcium (Chen, 2002; de

Villiers, 1998; de Villiers and Nelson, 1999).

If CaCOj3 cycling is the dominant influence over both Alk* and NCa then we predict the
following NCa patterns in surface waters: (1) it should be relatively invariant across low-
latitude oceans; (2) it should differ by about 40 pmol kg™ (ACa from CaCOs formation/
dissolution = 0.5 * AAIk*) between low and high latitudes in the North Pacific; (3) it should

be about 55 umol kg™ higher in the high-latitude Southern Ocean than in low-latitude



regions; and (4) it should not vary greatly between low and high latitudes in the North

Atlantic.

Relatively few calcium data currently exist with which to test these predictions, and what
does exist is only partly compatible with them. Chen (2002) reported calcium concentrations
along 150°W in the North Pacific from 8 to 55°N: highest NCa values along the transect were
observed at the highest latitudes (north of 45°N); however, an unexpectedly high degree of
low-latitude variability (> 20 pmol kg™) is also apparent in the data. NCa values from the
Weddell Sea are approximately 70 umol kg™ higher than values from the low-latitude Pacific
Ocean (Chen, 2002). Tsunogai et al. (1973) found a poleward increase of the calcium to

chlorinity ratio along 170°W.
Some Uncertainties and How They Might be Reduced in Future Work

Here, we consider sources of uncertainty in Alk* and, where applicable, how they might be
minimized in future work. The geographical differences in Alk* are large compared to the
accuracy of alkalinity measurements (~3 umol kg™, Dickson et al., 2003), which can thus be
ruled out as a cause. There is some bias in the collection of data, with surveys in high latitude
regions occurring more frequently during summer months because of weather considerations
(Key et al. 2004). Because alkalinity resupply to the surface by vertical mixing changes with
season including more wintertime data could increase high-latitude Alk* values, thereby

further increasing the contrast to the low-latitude surface that has no seasonal bias.

Some local river flows need to be considered when using open ocean data (Cai et al., 2010),
as demonstrated here by the wide-scale influences of river derived alkalinity inputs to the Bay
of Bengal and Atlantic Ocean. Kang et al. (2013) identified the South China Sea as another

area affected by river inputs of alkalinity; however, we made no adjustment because of a lack



of seawater data for the region. When using river alkalinity data to correct for river influences
in offshore regions, it should be kept in mind that differences in riverine input alkalinity can
be caused by non-conservative estuarine changes to fluxes such as from anaerobic processes
occurring in the river delta (Hu and Cai, 2011), as has been recorded in river systems (Cai
and Wang, 1998; Wong, 1979). Also, simply fitting a line to alkalinity-salinity data is not
always a reliable method of determining the river end-member alkalinity (Jiang et al., 2014).
Further research is required on alkalinity in the outflows of major rivers and the penetration

of their effects into the open ocean.

CaCOs; cycling is the dominant influence on the residual alkalinity, but other processes will
also have smaller effects. Some second-order or locally important processes for alkalinity
have not been calculated and removed from Alk*. These include anaerobic remineralization
processes (denitrification and sulphate reduction could affect the surface waters in coastal
regions), formation and destruction of sea-ice and ikaite (e.g. Rysgaard et al., 2013; 2012),
organic alkalinity (Bradshaw and Brewer, 1988), and nitrogen-fixation (Wolf-Gladrow et al.,
2007). Development of techniques for the removal of these influences would further improve
Alk*. Many of these processes, such as the impact of organic alkalinity, the formation and
destruction of sea-ice, and anaerobic remineralization are of greater importance in areas that

are not included in this study, such as in coastal regions and the Arctic Ocean.

There is a limit to the accuracy with which the magnitude of calcification can be determined
in river affected ocean from an alkalinity-based tracer. This is because the order in which
calcification and mixing take place (which is not usually known) affects the resulting change
in alkalinity (Jiang et al, 2014). This can be important when two bodies of water mix, for
example when seawater mixes with river water. If calcification occurs (A to b in Figure 7)

before the mixing with river water (b towards R in Figure 7), then the final alkalinity value (c



in Figure 7) differs from that when mixing occurs before calcification (A to d to e in Figure
7). Equation 6 for Alk* assumes calcification occurs before mixing and so if they occur in the
opposite order then the inferred amount of calcification would be inaccurate. But, from
calculations on our dataset when we assumed a reversed order, the difference is within the
current measurement error of alkalinity (<3 pumol kg™). In addition, Alk* is not completely
conservative because of salinity-normalization. When two water bodies mix, the calculated
Alk* of the mixture is not exactly equal to the weighted average of the source Alk* values,

although the difference is usually small (<5%).

We can quantify the propagated measurement uncertainty in Alk* from the definition of Alks
(equation 6), which in absolute terms has the same uncertainty as Alk*, and from rules for
propagating uncertainties through calculations (Taylor, 1982). The uncertainty in Alk* values
is calculated using equation 7 and measurement uncertainties of: alkalinity, AAlky,, 3 pmol
kg™ (Dickson et al., 2003); salinity, AS, 0.0015 (Perkin and Lewis, 1980), and nitrate, ANO3’,
0.2 pmol kg™ (Aminot and Kirkwood, 1995). Errors in river input measurements were not
considered as most of the dataset is not affected by the adjustment. The estimated overall
uncertainty of Alk*, 447k *is 3.02 pmol kg™. The uncertainties are thus small compared to the

large latitudinal differences in Alk*.

AAIK” = (7

2
35x (Alk, +1.36x NO;) (A_sz N (AAIK,)* +(1.36x ANO; )
S S (Alk, +1.36x NO; )’

Potential Uses of Alk*

This new tracer of surface CaCOj3 cycling is likely to be useful in a number of ways. The first

example is in the calculation of CaCO3 export fluxes.



Where horizontal and vertical water fluxes are known, they can be combined with Alk*
gradients to estimate the rate of loss of calcium carbonate (export flux) from the mixed layer.
Figure 8 shows the fluxes that affect Alk* of the low-latitude surface water in the Atlantic.
Supply of Alk* through mixing across the thermocline and equatorial upwelling is assumed
negligible as this process does not contribute to the observed surface ocean pattern. Average
Alks is 2299 pmol kg™ at 30°S (Alk*say. = -1) and 2289 pmol kg at 30°N (Alk*yau. = -11)
(Figure 1j). If NADW formation (Fnapw) and the surface Ekman water flux from the
Southern Ocean (Fexman) are equal at 18+3 Sverdrups (Talley et al., 2003), then the rate of
Alk* vertical export, Qay, from the Atlantic Ocean can be calculated as a function of the water

flux and the decline in alkalinity in transit:

— * *
Qi = Fanan X AIK™s py —Faow X AK* g .

(8)
= Feyman X (AIK*g g —AIK* 20)

This produces an estimated CaCOj export of ~0.03 Pg PIC yr** with an uncertainty of +0.01
based on the uncertainty in the Ekman flux. This value is significantly lower than previous
estimates of Atlantic CaCOj3 production (0.11-0.69 Pg PIC yr'’; see Table 3) and an Atlantic-
wide estimate of CaCOs dissolution in deep water (0.13 Pg PIC yr*; Chung et al., 2003). Our
value suggests that rather little calcification takes place in the upper mixed layer of the
Atlantic. Our estimate is of export rather than production but dissolution is probably minor in
the supersaturated surface ocean and so the two are probably similar. The discrepancy with
other estimates could potentially be reconciled if calcification is primarily taking place in
deeper parts of the euphotic zone, i.e. below the surface mixed layer (Poulton et al., 2006) or
further south in the Atlantic sector of the Southern Ocean (Figure 1j). Another explanation is
that equatorial upwelling does supply Alk* and it is used too quickly to be seen in the surface

concentrations. We suspect that the largest uncertainty in our calculation stems from the



assumption that the only flows are NADW and associated net flow through the tropical

Atlantic box, which is an oversimplification.

Alk* could also be used to analyze the spatial distribution of CaCO3 export. Calculation of
Alk* on different depth and/or density levels may help resolve the question about where in
the oceans most CaCOjs is produced and exported. In the surface layer at least, the steepest
horizontal gradients in Alk* are at mid latitudes of 30°-40° (Figure 1m, n and 0). This concurs
with satellite observations of highest particulate inorganic carbon (PIC; coccoliths)
concentrations in surface waters at high latitudes (Balch et al., 2005; Iglesias-Rodriguez et
al., 2002; Moore et al., 2012). Likewise, Jin et al. (2006) found high CaCOj3 export at 40°
latitude using global nutrient and alkalinity observations and a biogeochemical model;
however, the authors also found an equally large peak in export at the equator. A peak in
export at the equator would not show up in Alk* if the simultaneous impacts of upwelling
and export cancelled each other out. Sediment trap compilations (Berelson et al., 2007) and
theoretical calculations (Sarmiento et al., 2002), indicate highest rain ratios (highest CaCO3

export) towards the equator; however, there was no peak at mid latitudes.

Alk* could also be used to validate biogeochemical models and improve model
quantifications of CaCOj; fluxes. The broad patterns in Alk* should be reproduced in high-
resolution global carbon cycle models if correctly formulated. The degree of agreement with
Alk* can be used as a check of the representations of ocean physics and CaCOj3 formation and
dissolution. It may also be possible to improve methods for deducing CaCOs particle fluxes

from ocean alkalinity data, by basing the inversion method on this method for Alk*.

Finally, if ocean acidification leads to large reductions in calcification then an effect on ocean
alkalinity may be detectable by 2040 (llyina et al., 2009). This may be more accurately

determined using Alk* rather than measured alkalinity as the method corrects for changes in



the water cycle (Huntington, 2006 and references therein) and productivity (e.g. Behrenfeld
et al., 2006; Bopp et al., 2001; Gregg et al., 2003), which are also forecast to change. Time-
series are often located close to the coast, because of ease of access, and consequently are
frequently affected by river inputs. Alk* is less variable than potential alkalinity in river-
affected areas. This is because the standard deviation is reduced by the river correction (Table
2), making long term trends easier to detect (higher signal-to-noise ratio). This is illustrated in
a simplistic way (Figure 9) in an example using data from the area of the Atlantic affected by
the Amazon River outflow and an increase of 30 umol kg™ by 2040 (llyina et al. 2009).
Following Ilyina et al. (2009), the trend is deemed to be detected when the magnitude of the
change due to the trend exceeds the standard deviation of the data. According to this method
(more sophisticated methods would be used in reality), the long-term trend is detectable by

2040 using Alk* but not until 2060 using potential alkalinity.
Conclusions

In this study we derive a tracer for the ocean CaCOg cycle by subtracting the influences of
other processes from the global surface alkalinity data, specifically (a) the hydrological cycle,
(b) riverine discharge, and (c) the biological cycling of nutrients. On a regional scale,
adjustment for the individual alkalinities of nearby large rivers was found to be particularly
important in bringing anomalous values ‘into line’ in areas such as the tropical Atlantic
Ocean, the Bay of Bengal and the Labrador Sea. The coherent geographic pattern revealed by
our alkalinity tracer shows a constant value across the low latitudes of all major ocean basins,
and well-defined, large magnitude increases of ~85 and ~110 pmol kg™ towards the North
Pacific and Southern Ocean respectively. The surface North Atlantic and North Atlantic Deep
Water inherit low residual alkalinity from their source waters in the Atlantic subtropical

gyres. Comparisons to nutrient distributions and calcium data strongly suggest that these



patterns in the residual alkalinity are caused by CaCOs cycling, i.e. upwelling mainly at high
latitudes of deep water into which CaCOj; has dissolved, and CaCOj3; export elsewhere that
reduces Alk* with increasing distance from the centers of upwelling. This residual alkalinity
(Alk*) therefore has considerable potential as a tracer of CaCO3 cycling. This new tracer is
likely to have many applications, including in quantification and localization of CaCO3

export.
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Figure 1. The distribution of alkalinity (umol kg™*) and normalized alkalinity (umol kg™) in
each ocean basin. a,b, and ¢ show the observed alkalinity with the colors indicating the
salinity from 32 to 37. d,e, and f show salinity normalized alkalinity (Alk;) with red points
indicating values more than 20 pmol kg™ from the 5°0f latitude running mean. g,h and i are
Alky, where rivers are included for each basin. j,k, and | show Alks, where the biological
uptake of nutrients is also included, for each basin. m,n and o show Alk*. Note the different

y-axis scale on the first row of plots.

Figure 2. Salinity versus (a) alkalinity (umol kg™) and (b) normalized alkalinity (Alks, pmol

kg™) in the global surface ocean.

Figure 3. Salinity-normalized alkalinity (Alks, umol kg™ gridded to 5° latitude and longitude

in the surface ocean.

Figure 4. Indian Ocean alkalinity (umol kg™*) as a function of latitude following salinity-
normalization using equation 4 with Alk, = 1107 pmol kg in the Bay of Bengal area (north

of 5°N and between 80°E and 94°E).

Figure 5. Normalized alkalinity anomaly (Alk* = Alks - 2300, umol kg™) along the GLODAP

section illustrated in the insert.

Figure 6. Surface distribution of Alk* pmol kg™ (a,b,c), nitrate umol kg™ (d,e,f), phosphate
umol kg (g,h,i), silicate pmol kg™ (j,k,1) in each ocean basin from the GLODAP, CARINA

and PACIFICA databases.

Figure 7. The mixing relationship between salinity and alkalinity when calcification also
takes place. When an ocean body (A) mixes with river water (R) and calcification occurs, the
final alkalinity-salinity relationship will depend on whether the calcification occurred before

(Ato b to c) or after (A to d to e) mixing.



Figure 8. Representation of Atlantic Basin circulation and fluxes. Alk*s oc and Alk*qyr are the
alkalinity anomalies of the Southern Ocean and Atlantic gyre respectively. Feman IS the
surface Ekman flux in the Southern Ocean, Fyapw the NADW flux and Qaq is the flux of
alkalinity leaving the gyre through CaCO; precipitation. Equatorial upwelling and mixing

across the thermocline are omitted as they do not contribute to the first order Alk* pattern.

Figure 9. Modelled Alk* in an area of the ocean affected intermittently by the Amazon River
outflow. Alk* is shown both with river adjustment included (top) and without it (bottom).
The simulated data was produced using a random number generator to produce random
numbers from a normal distribution with a standard deviation (dashed line) of 16.5 pmol kg™
(top panel) and 25.6 pumol kg1l (bottom panel). These standard deviations are the standard
deviations of the actual Alk* values in the region affected by the Amazon (Table 2),
depending on whether adjusted to take account of Amazon alkalinity or not. An alkalinity
increase over time of 30 pmol kg™ from 2010 until 2040 was added to the random numbers to

produce the simulated data. Data sampling frequency of 30 days.
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Table 1. Variability in alkalinity and nutrients®

Alkalinity Nutrients
Init After correction
ial
Evaporation Riverine  Biological Growth and Nitr Phosp Silic
Precipitation Input remineralization ate  hate ate
Atla 0.1 0.06 0.06
ntic 7 0.14 0.13 0.095 4 0.077 7
India 0.1 0.06 0.06
n 1 0.095 0.080 0.071 6 0.086 0
Pacif 0.1 0.09 0.06
ic 7 0.14 0.14 0.11 7 0.10 5

®Calculated as the average of the standard deviations in the 5° latitude bins, divided by the

range in the mean values of the 5° latitude bins. Calculations are made for each ocean basin

after each cumulative stage has been taken into account, and for each macronutrient.



Table 2. River Alkalinity (Alk;) Corrections

Area Name Ocean Basin Area boundaries Alk; (umol kg™t
Amazon plume  Atlantic 5°N<Latitude<10°N, Longitude<- 300
45°E
Labrador Sea Atlantic Latitude>40°N, Longitude<-30°E 1100
Bay of Bengal Indian Latitude>5°N, 840

80°E<Longitude<94°E




Table 3. Estimates of Annual Production of Particulate Inorganic Carbon in the Atlantic

Ocean Basin

Pg PIC yr™
Lee (2001) 0.43
Poulton et al. (2006) 0.69°

Berelson et al. (2007) 0.11-0.35

Our estimate 0.03

®Flux estimate from data collected during northern hemisphere spring (southern hemisphere
autumn).



Highlights

Development of a alkalinity-based tracer of CaCOj3 cycling in the surface ocean

Tracer exhibits spatial features not apparent in alkalinity distributions

Difference of ~110 pmol kg™ between low latitudes and the Southern Ocean

Difference of ~85 pumol kg™ between low latitudes and the subarctic North Pacific



