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USING THE BORON ISOTOPE PROXY TO INVESTIGATE CO
2
 DRIVEN 

RETREATS OF THE ANTARCTIC ICE SHEET IN THE GEOLOGICAL PAST 

Rosanna Greenop 

Understanding the relationship between atmospheric CO2 levels and ice sheet stability is 

of great importance given the anthropogenic emissions of CO2 over the past 250 yrs. 

Since the inception of a permanent Antarctic ice sheet at the Eocene-Oligocene 

transition, fluctuations in global temperature and ice volume are reconstructed to have 

taken place in the absence of large changes in atmospheric CO2. However, the output 

from ice sheet modelling experiments suggest that once large ice sheets have grown on 

East Antarctica they are inherently stable as a result of a powerful hysteresis effect and 

consequently higher levels of CO2 are needed in order to initiate deglaciation. To further 

investigate this paradox, boron isotope (δ11B) records have here been used to reconstruct 

CO2 across two intervals of the Miocene- the middle Miocene climatic optimum (MCO) 

and the Mi-1 glaciation- both of which coincide with major deglaciation events. In order 

to calculate CO2 from δ11B a number of additional parameters are needed. Here, changes 

in the boron isotope composition of seawater (δ11Bsw) and the life habit of the planktic 

foraminifera Globigerina bulloides (G. bulloides) have been investigated through time. 

 

The most useful species of foraminifera for generating δ11B records across the Mi-1 

glaciation is G. bulloides, however, its life habit may have been different from the 

modern. The life habit of G. bulloides is investigated using carbon and oxygen isotope 

(δ13C and δ18O) data of different size fractions to show that, unlike the modern species, 

Oligocene-Miocene G. bulloides had symbionts. A compilation of published δ13C data 

for the Neogene suggests that G. bulloides acquired its modern non-symbiotic lifestyle 



   

    

in the late Miocene. Another essential constraint is the boron isotope composition of 

seawater. Changes in δ11Bsw through time are investigated here using the δ11B and δ13C 

compositions of planktic and benthic foraminifera. This approach suggests that δ11Bsw 

was ~ 38‰ at the Oligocene-Miocene boundary before decreasing to ~37 ‰ during the 

middle Miocene.  δ11Bsw then increased by ~ 2.5 ‰ to modern day values (39.61‰). A 

comparison of this record to the isotopic composition of other major and minor ions in 

the ocean suggests that variations in riverine input may have been one of the key drivers 

of the change in δ11Bsw between 14 Ma and the present.  

 

Armed with this improved understanding of the proxy a new δ11B record from across 

the Mi-1 glaciation suggests that CO2 is low (~ 250 ppm) and invariable prior to, and 

across the Mi-1 glaciation event and, increases to ~ 400 ppm during the deglaciation. A 

new δ11B record from between 15.5-17 Ma is also presented that shows CO2 is elevated 

to maximum levels of ~ 500 ppm between 15.5 and 16.5 Ma but that it is also extremely 

variable – regularly oscillating between ~300 ppm and ~500 ppm on orbital timescales. 

When both of these new records are compared to ice volume and climate records it 

appears that a dynamic Antarctic ice sheet existed even with a relatively modest CO2 

forcing across the Miocene. Assuming the Miocene can be used as an analogue for the 

future, this study suggests that the Antarctic ice sheet can be surprisingly dynamic even 

at relatively low CO2 (<500 ppm).  
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Chapter 1:  Thesis introduction and rationale 

1.1 Introduction 

The Earth’s climate has undergone major changes in the Cenozoic era (past 65 million 

years, Myrs) with a predominant trend being one of climatic cooling and ice sheet 

expansion, albeit with a number of key short lived warming events. One of the most 

established and useful tools available to palaeoclimatologists for unravelling Earth’s 

climate history is the oxygen isotope ratio of foraminiferal calcite, a recorder of both 

temperature and ice volume.  The oxygen isotopic composition of benthic foraminifera 

shows a long-term increase through the Cenozoic, indicating a general cooling and 

increase in ice volume (Fig. 1-1). Notable increases in δ18O (indicative of global cooling 

and ice sheet expansion) are seen across the Eocene-Oligocene boundary (~ 34 Ma) and 

the Oligocene-Miocene boundary (~ 23 Ma) (Fig. 1-1). Decreases in δ18O associated 

with short-lived climatic optima are seen during the Eocene and mid-Miocene.  Broadly 

coinciding with long-term Cenozoic cooling is a decrease in atmospheric CO2 levels, 

from ~1000 ppm in the Eocene to 280 ppm prior to the industrial revolution, indicating 

a close relationship between climate and CO2 (Fig. 1-1). In light of the anthropogenic 

CO2 increase over the past 250 years, understanding the nature of this relationship is 

imperative for determining the long-term climatic consequences of rising CO2 (Meehl et 

al., 2012; Hansen et al., 2013). The relatively low resolution of the CO2 data published 

in the literature means that some major questions remain regarding the role of CO2 in 

controlling ice volume and global temperature through time. This is particularly true in 

the Miocene where, with the exception of the mid-Miocene Climatic Optimum, much of 

the existing data indicate a relatively invariant CO2 in the range 300 to 400 ppm.   The 

overarching aim of this thesis is to determine atmospheric CO2 levels over two key 

intervals during the Miocene – the middle Miocene Climatic Optimum (14.7-17 Ma) 

and the Oligocene-Miocene boundary (~ 23 Ma) – and evaluate the role of the 

greenhouse gas CO2 in determining ice sheet and climate (in)stability.  
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Figure 1-1: An overview of Cenozoic climate and CO2. (a) Composite benthic δ18O with 5 point 
moving average (Zachos et al., 2008). (b) Cenozoic CO2 reconstructed using boron isotopes (red 
diamonds), paleosols, (yellow circles) phytoplankton (blue triangles) and stomata (green 
squares) from Beerling and Royer (2011) and references therein.  

 

1.2 The Miocene epoch 

1.2.1 Introduction 

Palaeo-records show that the Miocene (5-23 Myrs) is an epoch of relative warmth and 

reduced ice volume compared with both the preceding late Oligocene and subsequent 

early Pliocene (Fig. 1-2). Warm conditions peak during the mid-Miocene Climatic 

Optimum between 14.7 Ma and 17 Ma, which is followed by the re-establishment of 

full Antarctic glacial conditions similar to those seen in the early Oligocene (and present 

day). Early alkenone-based records for the Miocene suggested that CO2 levels remained 

low, around 200-300 ppm throughout the epoch (Pagani et al., 2005b). In contrast, new 

CO2 estimates from a range of different proxies suggest that, while the early and late 

Miocene were associated with CO2 in the range of 200-300 ppm, CO2 during the climate 

optimum was much higher (up to 500 ppm) (Fig. 1-2) (Kürschner et al., 2008; Foster et 

al., 2012; Zhang et al., 2013). However, the current records are not of sufficient 
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resolution and the inconsistency between proxies is too large to assess the variability in 

CO2 during this key interval. 

 

Figure 1-2: An overview of Miocene climate and CO2. (a) Composite benthic δ18O with 5 point 
moving average (Zachos et al., 2008). (b) Miocene CO2 reconstructed using phytoplankton 
(open blue triangles) (Pagani et al., 2005b) and (closed blue triangles) (Zhang et al., 2013), leaf 
stomata (green circles) (Kürschner et al., 2008) and boron isotopes (purple diamonds) from 
Foster et al., (2012). The CO2 data from Foster et al., (2012) has been recalculated using the 
original δ11B derived pH and alkalinity estimated using a constant surface water omega (see 
Section 2.3.2.2). Orange and red bands mark the MCO and Mi-1 glaciation respectively. 

1.2.2 Early Miocene glaciations 

Superimposed on the long term warming and cooling trends of the early Miocene are 

periodic short term increases in δ18O (> 0.5‰), first interpreted as glaciation events (Mi 

1-7) by (Miller et al., 1987). However, while these events are identifiable in the oxygen 

isotope records of sediment cores from several ocean basins, the condensed nature of 

the earlier sequences has prevented the robust correlation of Mi- events in the newer, 

high-resolution records, yet the nomenclature remains in use (Miller et al., 1991; Wright 

et al., 1992; Billups et al., 2002; Liebrand et al., 2011). The largest and first of the 

glaciations that punctuate the early Miocene (Mi-1) coincides with the Oligocene-

Miocene boundary (Fig. 1-3). The boundary is identified in sedimentological records by 

the biostatrigraphic marker Sphenolithus delphix (Shackleton et al., 2000). The Mi-1 

glaciation is evident in the oxygen isotope record as a transient, two-step positive 

excursion in benthic δ18O. Typically the magnitude of this change has been estimated at 
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approximately 1‰ (Miller et al., 1991; Paul et al., 2000; Pälike et al., 2006a; Pälike et 

al., 2006b; Liebrand et al., 2011), representing an ice volume change of approximately 

50 m sea level equivalent (s.l.e.) and bottom water-cooling of approximately 2oC 

(Mawbey and Lear, 2013) (Fig. 1-3). However, a recent re-evaluation of stacked benthic 

δ18O records argues that the excursion was smaller (~ 0.6 ‰) and that previous work 

had placed too much emphasis on the extremes in the interpretation of the individual 

records (Mudelsee et al., 2014).  The Mi-1 glaciation is coincident with an orbital 

configuration that favours ice sheet expansion suggesting that orbital forcing is an 

important factor in determining the timing of the event.  In particular, the glaciation 

occurs when obliquity variability is muted, as a result of the 1.2 Myr modulation of the 

Earth’s orbit and axial tilt (node of obliquity), as well as reduced amplitude eccentricity 

(400 kyr long eccentricity cycle), both of which reduce seasonal extremes and therefore 

favour ice sheet stability and growth (cool summers) (Zachos et al., 2001b; Pälike et al., 

2006a). However, the occurrence of a node in obliquity with low amplitude eccentricity 

is not unique to the Oligocene-Miocene boundary and consequently other factor(s) are 

required in order to explain the timing of the climate perturbation (see Chapter 6). 
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Figure 1-3: Climate and forcing over the Oligocene-Miocene boundary. (a) Oxygen isotope 
records from Site 926 (blue) (Pälike et al., 2006a), Site 1264 (light green) (Liebrand et al., 2011) 
and Site 1218 (dark green) (Pälike et al., 2006b) and references therein. (b) Oxygen isotope 
composition of seawater record from Mawbey and Lear, (2013). Note relative changes are 
plotted where δ18Osw at 22.79 Ma is set to zero. (c) Obliquity orbital forcing from Laskar et al., 
(2004). The Oligocene-Miocene boundary is highlighted in red. 

1.2.3 Middle Miocene climate 

Two major climatic events characterise the Middle Miocene: the middle Miocene 

climatic optimum (MCO) and the middle Miocene climatic transition (MMCT). The 

MCO, between 14.7 Ma and 17 Ma, is a sustained interval of warmer temperatures and 

reduced ice volume and the MMCT is marked by a 1‰ increase in the oxygen isotope 

record (Fig. 1-4) interpreted as an interval of major cooling and cryosphere expansion 

(Flower and Kennett, 1994; Shevenell et al., 2004; Holbourn et al., 2005; Holbourn et 

al., 2014). Large changes are also seen in the carbon isotope record across the Middle 

Miocene. A long-lived broad excursion to higher δ13C, known as the Monterey Carbon 

Excursion, occurs between 13 Ma and 17.5 Ma (Woodruff and Savin, 1991). 

Superimposed upon this excursion are several short-lived positive δ13C events, 
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interpreted to be associated with organic matter burial (CM 1-6; Fig. 1-4). The largest of 

these events CM 6 coincides with the MMCT and appears to coincide with a decrease in 

CO2 (Badger et al., 2013) (Fig. 1-5).  

 

Figure 1-4: Climate and CO2 across the middle Miocene. (a) Cenozoic oxygen isotope 
composite (Zachos et al., 2008). (b) δ13C record from Site 761 (Holbourn et al., 2004; Lear et al., 
2010). (c) δ18O record from Site 761 (Holbourn et al., 2004; Lear et al., 2010). (d) Middle 
Miocene pCO2 from (Foster et al., 2012) (red open diamonds); (Badger et al., 2013) (dark blue 
diamonds/dark blue squares); (Kürschner et al., 2008) (dark green circles) and (Zhang et al. 
2013) (purple square). 
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Figure 1-5: Isotope, temperature and CO2 records across CM6 from the Ras il-Pellegrin section 
from Badger et al., (2013). a) δ13C from fine fraction. b) Bulk carbonate δ18O c) SSTs from G. 
trilobus Mg/Ca (filled black circles) and alkenone unsaturation index (open black circles) (d) 
atmospheric CO2 reconstructions from alkenones isotopes (red diamonds with red lines ± 2σ) 
and from boron isotopes (blue triangles with error bars showing the propagated analytical 
uncertainty). Grey bars indicate the two carbon maxima peaks of CM6. 

The peak of the MCO is characterized by minimum benthic oxygen isotope values of 

approximately 1‰ (Holbourn et al., 2007; Zachos et al., 2008; Holbourn et al., 2014). 

Temperature estimates from a range of proxies show that mean temperatures are 

approximately 6oC warmer during the MCO than present (Herold et al., 2011 and 

references therein). Palynological data from the ANDRILL AND-2A sediment core 

suggests that Antarctic land temperatures reached 10oC and sea surface temperatures 

ranged from 0-11.5oC during the MCO (Warny et al., 2009). The abundance of 

freshwater palynomorphs combined with evidence of large bedrock channels and 

scoured terrains suggest that episodic large subglacial floods occurred during the MCO 

as a result of Antarctic ice sheet instability (Lewis et al., 2006; Warny et al., 2009). Two 
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discrete intervals of enhanced warming have been identified from counts of freshwater 

algae and low salinity dinoflagellates at 15.7 Ma and 16.4 Ma (Feakins et al., 2012). 

The warm intervals are also present in the sedimentary facies analysis (Fig 1-6) and are 

interpreted as showing intervals of reduced ice volume and increased temperatures 

(Passchier et al., 2011).  

 

Figure 1-6: MCO ice volume variations. a) Benthic δ18O record at ODP Site 1146 and ODP Site 
1237 (Holbourn et al., 2007). b) Sedimentary facies data from AND-2A core (Passchier et al., 
2011) where Z = diatomaceous siltstone, Zb = siltstone, MSm = muddy siltstone, Ss = sandstone, 
SMs = sandstone/mudstone, SZs = sandstone/siltstone, Ds = diamictite, Dm = Diamictite, G = 
Conglomaterate/sandstone (for data and full facies description and interpretation see Passchier 
et al., (2011). 

 

There are now several studies that show the MCO was broadly associated with the 

highest CO2 levels of the Miocene (Fig. 1-2) (Kürschner et al., 2008; Foster et al., 2012;  

Zhang et al., 2013). A possible source of the atmospheric CO2 is volcanic outgassing of 

the Columbia River flood basalts. Estimates of the eruption date of the Columbia River 

Basalt group vary between 16.1-15.0 Ma, which coincides with the peak of the MCO 

(Hooper et al., 2002). Biogeochemical modeling has shown that the CO2 associated with 

‘cryptic degassing’ of intruded and crust-contaminated magma is sufficiently large to 

explain the δ13C and atmospheric CO2 change during the core of the Miocene Climatic 

Optimum, however, additional mechanisms are needed to explain the observed warmth 

before 16.3 Ma and changes in the calcite compensation depth after ∼15.4 Ma 

(Armstrong McKay et al., 2014).  

Following the warmer conditions of the MCO, the MMCT is recorded as an increase of 

1‰ in the benthic oxygen isotope record between 14 and 12.5 Ma, interpreted as an 
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interval of major cooling and cryosphere expansion (Flower and Kennett, 1994; 

Shevenell et al., 2004; Holbourn et al., 2005;  Holbourn et al., 2014).  However, the 

results from numerical modeling studies suggests that the Antarctic land mass has 

limited capacity for further expansion after the inception of ice on Antarctica at the 

Oligocene-Eocene (E-O) boundary (Wilson et al., 2013). Consequently a second 

interval of significant MMCT ice accumulation following the E-O boundary is difficult 

to explain without a substantial melting event in the interim. Compelling evidence does 

exist, however, for a change in the thermal regime (determined by the temperature of 

the ice) on Antarctica at the MMCT. Palaeo glacial till deposits from the western 

Olympus Range, Antarctica show a permanent shift at around ~13.9 Myrs ago from 

classic wet-based till to stacked cold-based glacier tills suggesting that the ice sheet was 

less susceptible to deformation and movement after the MMCT (Lewis et al., 2007).  

Evidence from boron isotope, stomatal density and revised alkenone CO2 records shows 

that the increase in the benthic oxygen isotope record approximately coincides with a 

decline in pCO2 (Fig. 1-7)( Kürschner et al., 2008; Foster et al., 2012;  Zhang et al., 

2013). Evidence for the removal of carbon from the ocean-atmosphere system is also 

present in benthic foraminifera trace element ratio records that show bottom water 

carbonate saturation states increases (Fig. 1-7) at the MMCT as atmospheric CO2 is 

declining (Lear et al., 2010; Kender et al., 2014).  

While there is a good understanding of the coupling between climate, ice sheet 

evolution and CO2 on longer timescales during the Miocene, less is known about the 

controls of short-term, transient events. This short-term variability is evident both in the 

benthic oxygen isotope records (Pälike et al., 2006a; Holbourn et al., 2007; Liebrand et 

al., 2011; Holbourn et al., 2014) and within sediment cores taken from the Antarctic 

continental shelf margins, which suggest that Antarctic ice volume has varied on orbital 

timescales during the Miocene (Naish et al., 2001; Passchier et al., 2011; Passchier et 

al., 2013).  Currently the resolution of the CO2 records is too crude, and the 

discrepancies among different proxies are currently too large to provide an insight into 

the possible role of CO2 in amplifying shorter-term climate variability both across the 

MCO and the Mi-1 glaciation.  
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Figure 1-7: Ocean and atmosphere carbonate system changes over MMCT. a) Benthic δ18O 
record at ODP Site 1338 (Holbourn et al., 2014). b) Carbonate ion concentration reconstructions 
at Site 1266 (dark blue), Site 1264 (red), Site 1171 (green),  Site 1168 (light blue), Site 1237 
(purple), Site 1236 (orange) c) Changes in carbonate ion at Site 761 relative to 16.975 Ma where 
[CO3

2-] = 0 μmol/kg. Dark blue is reconstructed using bottom water temperatures where the 
record has been adjusted for the carbonate ion effect on Mg/Ca and light blue is reconstructed 
using bottom water temperatures without a carbonate ion correction (Lear et al., 2010). (d) 
Middle Miocene pCO2 from Foster et al., (2012) (red open diamonds); Badger et al., (2013) 
(dark blue diamonds/dark blue squares); Kurschner et al., (2008) (dark green circles) and Zhang 
et al. (2013) (purple square). 

 

1.3 Ice volume proxies 

1.3.1 Introduction 

No direct method of measuring palaeo-ice volume exists but several proxies have been 

used to either independently assess the temperature and ice volume components of the 
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benthic δ18O signal or to determine ice volume fluctuations from the physical properties 

of continental margin sediment cores. The methods most commonly used to assess long-

term ice volume changes include coupled Mg/Ca-derived temperature and δ18O records, 

analysing the sediments from ice-proximal ocean drilling expeditions, numerical 

modelling and sequence stratigraphy of continental margin records (Fig. 1-8). 

 

Figure 1-8: Summary of relative sea level variations over the past 40 Ma. a) The reconstructions 
based on backstripping of the New Jersey Margin and δ18Obenthic are shown in orange (note the 
records are smoothed to show only variations on >5 Myr timescales) (Cramer et al., 2011), from 
inverse modelling in purple (De Boer et al., 2010) and the Mediterranean relative sea level 
record from Rohling et al., (2014) in light blue. b) Reconstructions based on Mg/Cabenthic and 
δ18Obenthic calculated by Cramer et al., (2011) using the O. umbonatus calibration from Lear et 
al., (2010) are shown in red and using the O. umbonatus calibration from Rathmann et al., 
(2004) in blue. Note the δ18Osw records are smoothed to show only variations on timescales of >5 
Myr. Green bars indicate major intervals of ice growth. 

 

1.3.2 The use of Mg/Ca paleothermometry in estimating ice volume changes 

The partition coefficient of Mg into the test of planktic and benthic foraminifera is 

temperature-dependent and therefore with the application of an appropriate calibration, 

temperature can be determined (Rosenthal et al., 1997). There are several issues, 

however, with the utility of the Mg/Ca temperature proxy in benthic foraminifera. 
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Firstly, the limitations of the analytical technique (e.g. 1σ 0.08–0.02  mmol/mol) can 

mean it is difficult to resolve small changes in temperature (Sadekov et al., 2014). For 

instance, the combination of low temperature sensitivity (10-15%/oC) and low Mg/Ca (~ 

1 mmol/mol) in Cibicidoides wuellerstorfi means it is difficult to resolve temperature 

change on the order of 1oC (0.1–0.15  mmol/mol differences) (Sadekov et al., 2014). In 

addition, over the past ten years it has been shown that, at low levels of carbonate 

saturation, Mg/Ca in benthic foraminifera also apparently responds to changes in bottom 

water carbonate ion concentration (Elderfield et al., 2006). Consequently a re-evaluation 

of some of the earlier palaeo-ice volume records created using this method is needed 

(Lear et al., 2000). One way to correct for the effect is to use a carbonate ion proxy such 

as Li/Ca, however, uncertainties remain regarding the species-specific sensitivities and 

thresholds to both temperature and saturation state (Lear et al., 2010). A global 

compilation of Mg/Ca measurements with corrections made for species, carbonate ion 

effect and the Mg/Ca ratio of seawater (Mg/Casw) confirms the results of earlier studies 

that there were three major periods of ice accumulation during the Cenozoic: 1) across 

the Eocene-Oligocene boundary (2) the mid-Miocene climatic transition and (3) the 

Pliocene-Pleistocene boundary (Cramer et al., 2011) (Fig. 1-8). The Mg/Ca of planktic 

foraminifera also confirms that the Eocene-Oligocene boundary is associated with the 

emplacement of an Antarctic ice sheet with a size approximately equivalent to the 

modern-day (Lear et al., 2008; Bohaty et al., 2012).  

1.3.3 Ice sheet proximal sediment cores 

Sediment cores taken from the Antarctic continental shelf margins have yielded 

sedimentological evidence for changes in Antarctic climate and ice sheet dynamics. Ice 

sheet advance and retreat results in the deposition of distinctive sedimentary sequences 

(Naish et al., 2001), however, the extent to which inferred ice sheet variability from one 

site can be applied across the whole ice sheet is unknown. Since the early 1980s, the 

McMurdo Sound area of the Ross ice sheet has been the focus of several projects 

aiming to drill the sediments below the ice sheet. This part of the Antarctic ice sheet is 

fed by both the East Antarctic Ice Sheet (EAIS) and West Antarctic Ice Sheet (WAIS) 

outlet glaciers (Naish et al., 2008). Today, the two ice sheets on Antarctica have 

different configurations and susceptibilities to melting. The WAIS is grounded below 

sea level and stabilised by ice shelves around the perimeter, whereas, the EAIS is 
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stabilised by key bedrock pinpoints above sea level although some overdeepened basins 

exist (Fig. 1-9). Assuming the record of ice sheet dynamics from one site is 

representative of general conditions across the ice sheet, this technique may give some 

insight into Antarctic ice sheet extent. However, evaluating changes in the volume or 

configuration of the two different ice sheets, which may be reacting differently to a 

given climatic event, is more difficult. Provenance determination on clasts from the ice 

margin drill cores, however, may prove a useful method for disentangling the signal 

from the two ice sheets (Bart, 2003; Chow and Bart, 2003; Talarico and Sandroni, 

2009).  

 

Figure 1-9: Antarctic be topography from Young et al., (2011). The blue areas represent 
Antarctica’s major marine subglacial basins. The box highlights the Aurora subglacial basin. 

 

While cyclic changes in ice sheet growth and retreat are evident in the results from 

earlier drilling projects such as CIROS-1 and McMurdo Sound Sediment and Tectonic 

Studies Project (MSSTS-1) (Ehrmann, 1998), the better recovery rates from more recent 

drilling programs has provided sediments that can be dated and correlated with events in 

the deep sea sediment records (Barrett, 2008). The Cape Roberts project (CRP) 

recovered expanded sedimentary sections that provided material for a high-resolution 

study of orbitally forced fluctuations in the Antarctic ice sheet between 34-17 Ma 

(Naish et al., 2001; Barrett, 2007). Results confirm evidence from stacked benthic 



  Chapter 1 

 14   

oxygen isotope record that the Oligocene Antarctic ice sheet is dynamic at orbital 

timescales (Naish et al., 2001). The Antarctic Drilling Project (ANDRILL) followed the 

CRP project in 2006-2007 and recovered sediments that span the majority of the 

Neogene (Barrett, 2008). Preliminary investigations highlight evidence of a colder polar 

climate dominated by grounding ice across the site in the late Miocene and Pleistocene 

(Fig. 1-10), warmer conditions and intervals of ice sheet retreat during the MCO (Fig. 1-

6) with warmer climates with extended ice free conditions during the Pliocene (Naish et 

al., 2008; Fielding et al., 2011; Passchier et al., 2011).  

 

Figure 1-10: Lithostratigraphy of the AND-1B drill core with interpretation of the sedimentary 
facies (Wilson et al., 2012b). 
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1.3.4 Sequence stratigraphy  

Sequence stratigraphy is a method that determines sea level change from a stratigraphic 

record, typically a passive continental margin sequence. The two factors that primarily 

determine the architecture of the depositional sequence are changes in relative sea level 

and changes in the rate of sediment supply. The inverse technique progressively 

removes the effects of compaction, loading, and thermal subsidence on the sedimentary 

record and therefore provides a means of estimating global sea-level (eustasy) changes 

(Steckler et al., 1988). Independent records of eustasy are obtained from margin 

stratigraphic records and then converted to apparent sea level change (ASL) by applying 

a correction factor based on mantle and seawater densities (Kominz and Pekar, 2001). 

This conversion is necessary because eustasy is the change in sea level with respect to a 

reference frame that is fixed relative to the centre of the Earth whereas ASL is the 

observed changes in water depth and includes the crustal loading and unloading that 

occurs as the volume of water changes.  

The use of margin stratigraphic records is hindered by the ice mass self- gravitational 

effect. The change in mass caused by rapid melting or accumulation of the ice sheet will 

be accompanied by a deviation from eustatic sea level as a consequence of the 

corresponding change in gravitational attraction (Woodward, 1888; Farrell and Clark, 

1976). For example, when an ice mass accumulates the volume of water attracted to the 

ice sheet by the gravitational force will increase. The effect of the increased attraction of 

water to the ice sheet is a local sea level increase when the average sea level is 

decreasing (Stocchi et al., 2013). The influence of this effect can be far reaching; 

calculations for a complete melting of the WAIS show sea level will fall within 2000 

km of Antarctica, while other far field sites show a sea level rise above the eustatic level 

(Mitrovica et al., 2009). Consequently, the results of margin stratigraphic records have 

to be interpreted carefully as self-gravitation affects both the Northern and Southern 

Hemisphere ice sheets, and consequently very few sites around the world show true 

eustatic sea level. In addition to the self gravitation effect corrections are also needed to 

account for shoreline migration, including the inundation and adjustment of regions 

vacated by grounded, marine-based ice cover, feedbacks on the rotation of the Earth and 

elastic deformation of the solid Earth (Mitrovica et al., 2009; Conrad, 2013). A 

Cenozoic compilation of sea level estimates from sequence stratigraphy suggest that sea 
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level was ~ 50m higher than present prior to the Eocene-Oligocene boundary, before 

falling to sea levels comparable to the modern for the Oligocene and early Miocene 

(Fig. 1-8) (Cramer et al., 2011). 

1.3.5 Modelling the δ18O record 

Several different models exist that use numerical modelling to decouple the temperature 

and ice volume components of the benthic oxygen isotope record. The inverse 

modelling technique derives sea level and temperature using an axisymmetrical one-

dimensional (1-D) ice-sheet model that simulates glaciations on both hemispheres using 

the benthic oxygen isotope record as model forcing (De Boer et al., 2010). This method 

is based on the assumption that both ice volume and deep-water temperatures are 

closely related to the mid-latitude-to-subpolar northern hemisphere (NH) temperature. 

An alternative approach, based on a continuity model, similarly uses a basic ice sheet 

model to determine the temperature and ice volume components of the benthic oxygen 

isotope record and is based on the assumption that Antarctic temperature varies in 

proportion to the deep-sea temperature (Oerlemans, 2004). A comparison of the output 

from the inverse modelling technique and the continuity model show similar results, 

however, the deep-water temperatures calculated by the inverse modelling method are 

1-2oC lower during the Oligocene and mid- to late Miocene (De Boer et al., 2010). This 

offset is attributed to differences in the shape of the ice sheet in the model, which 

determines how the ice sheet mass balance is maintained and serves as the coupling 

between temperature and ice volume (De Boer et al., 2010). Sea level reconstructions 

using this method suggest that Antarctic ice volume was variable (between 0 and 40 m 

above modern) during the Oligocene and early Miocene before increasing to 60 m 

above present day during the MCO. Sea level then remained invariant (around the same 

level as modern day) before decreasing during the late Pliocene/Pleistocene (Fig. 1-8)  

(De Boer et al., 2010) 

An alternative method of combining δ18O with a modeling approach using planktic δ18O 

and a hydraulic control model to determine the sea level controlled variations of 

seawater input into a semi-restricted basin (Siddall et al., 2003). Sea-level lowering 

reduces the exchange of water between the semi-restricted basin and open ocean which 

increases the residence time of water in the basin, causing strong increases in salinity 

and the δ18O of basin waters (recorded in the δ18O of planktic foraminifera) (Siddall et 



  Chapter 1 

 17   

al., 2003; Rohling et al., 2014). If the rate of water exchange can be characterised and 

the salinity and δ18O values are dominated by sea level then the δ18O of planktic 

foraminifera can be used to infer sea level changes (Siddall et al., 2003). This approach 

has been applied to the Red Sea over the past 500 kyrs to show that a strong correlation 

exists on multi-millennial timescales between global sea level and Antarctic temperature 

(Rohling et al., 2009). The Mediterranean basin has more recently been used to 

reconstruct a sea level record over the past 5.3 million years and suggests that in 

keeping with previous estimates (Miller et al., 2012) sea level was ~10-30 m above 

present day between 3.3 and 2.9 Myr (Rohling et al., 2014). In addition the study also 

suggests that sea level may have been as high as 50 m above present day during the 

early Pliocene (Fig. 1-8) (Rohling et al., 2014). 

1.3.6 Implications for Miocene ice volume change 

Although some differences exist in the absolute estimations of sea level change during 

the Miocene, all the sea level proxy records suggest the existence of dynamic ice sheets 

during the early and middle Miocene. The inverse modelling sea level estimates and 

δ18Osw record both suggest that sea level is higher during the Miocene climatic optimum 

although this rise is not present in the sequence stratigraphy record (Fig. 1-8). Aside 

from the Mediterranean sea level record (Rohling et al., 2014), which suggests that late 

Pliocene sea level was similar to the Miocene climatic optimum, the other proxy records 

suggest that the Miocene climatic optimum was the last interval where sea level was 

>20m. Consequently understanding the relationship between sea level and CO2 during 

this interval is of great importance.  

1.4 CO2 proxies 

1.4.1 Introduction 

Several techniques have been used to reconstruct the history of CO2. The δ13C of 

alkenone biomarkers, the δ13C of pedogenic carbonates, the stomatal density of 

fossilised leaves and the δ11B composition of biogenic carbonates are the most 

commonly used techniques to reconstruct Cenozoic pCO2 and will be discussed here in 

turn.  
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1.4.2 The δ13C of pedogenic carbonates 

Soil carbonates form under arid to sub-humid climate and, under certain conditions, the 

δ13C composition of the carbonate can be used as a proxy for CO2 (Cerling, 1991). Prior 

to the evolution of C4 plants, during the late Miocene, the δ13C of pedogenic carbonate 

most likely reflected CO2 in the atmosphere and CO2 produced in the soil by plant 

respiration and microbial activity (Cerling, 1991). This relationship breaks down after 

the late Miocene as C4 plants have a distinctive δ13C signature that can complicate the 

interpretation of the δ13C signal. To determine atmospheric CO2 assumptions are made 

regarding soil temperature, pressure, characteristic CO2 production depth, soil 

respiration depth and the δ13C of atmospheric CO2 (Bowen and Beerling, 2004). δ13C of 

pedogenic carbonates is particularly useful at CO2 levels > 1500 ppm and can also be 

used over a larger temporal range than the other available proxies.  This proxy is 

impractical for estimating CO2 levels during the Neogene, however, because the 

uncertainties are large at low CO2 levels. In addition, the slow precipitation rate of the 

carbonate reduces the temporal resolution of the proxy (Royer et al., 2001). Cenozoic 

CO2 level estimates determined using this proxy suggest that CO2 remained between 

500 and 1000 ppm during the Eocene and were around 500-800 ppm during the MCO 

(Beerling and Royer, 2011 and references therein). 

1.4.3 Stomatal densities and CO2 estimates  

The stomatal density of fossilised plants has also been used for CO2 reconstructions. 

The abundance of stomata is dependent on the need of the plant to obtain CO2 from the 

atmosphere for growth versus the requirement to minimise the loss of water that occurs 

when the stomata are open (Woodward, 1987). The effect of drought conditions on 

stomatal density is accounted for in the stomatal index (Salisbury, 1928): 

!" =   
!"

!" + !"
  !  100                                  (1.1) 

 

Where SD is defined as the stomatal density and ED is the epidermal cell density 

(which can be used as a measure of the plant’s response to drought conditions). 

Typically the relationship between SI and atmospheric CO2 is determined from a 

calibration (or training) dataset that is then applied on the same species from the fossil 
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record. For atmospheric CO2 levels greater than present day the response of SI to 

increasing CO2 levels is determined experimentally, however, at CO2 > ∼500 ppm the 

SI response of modern genotypes show reduced sensitivity (Royer et al., 2001; Beerling 

and Royer, 2002). In addition, the SI-CO2 calibration is species-specific, reducing the 

temporal range over which the proxy can be applied (Royer et al., 2001). Cenozoic CO2 

level estimates determined using leaf stomata suggest that CO2 remained between 500 

and 700 ppm during the Eocene before decreasing to values < 500 ppm around 25 Myrs 

ago (Beerling and Royer, 2011 and references therein). 

1.4.4 The alkenone CO2 proxy 

In photosynthetic algae, the degree of carbon isotope fractionation during carbon 

fixation is dependent on the concentration of CO2(aq)  and therefore atmospheric CO2 

(Bidigare et al., 1997). However, the δ13C of bulk organic matter is also likely to be 

affected by the specific growth rate of the autotroph and source of the organic material.  

To ensure that the carbon isotope signature of organic matter primarily records carbon 

fractionation as a function of varying CO2(aq), specific alkenones from haptophyte 

algae are used (Pagani, 2002). As the δ13C of alkenones also record variations in the 

concentration of phosphate, cell size and temperature, corrections have to be applied to 

the measured δ13C to account for these parameters (Bidigare et al., 1997; Pagani et al., 

1999; Pagani, 2002; Henderiks and Pagani, 2007). Over the Cenozoic, alkenone CO2 

levels remained between 1000-1500 ppm during the Eocene before decreasing 

dramatically during the Oligocene (Fig. 1-1) and reaching modern levels during the late 

Oligocene (Pagani et al., 2005b).   

1.4.5 The boron isotope composition of biogenic carbonates 

The boron isotope composition (δ11B) of biogenic carbonates has also been used to 

calculate Cenozoic CO2 and is the dominant method used here (see Chapter 2). One of 

the main advantages to this technique is the solid theoretical understanding 

underpinning the proxy. The current Cenozoic boron isotope records suggests that 

atmospheric CO2 levels have fallen from more than 2000 ppm in the late 

Palaeocene/early Eocene to below 500 ppm since the early Miocene (Pearson and 

Palmer, 2000). Although the boron estimates for the later Cenozoic agree with the 
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alkenone CO2 estimates, the values for the earlier Cenozoic are up to 500 ppm higher. 

However, uncertainties in the reliability of the analytical technique and uncertainties in 

the reconstruction of the second carbonate system parameter and the fractionation factor 

(Klochko et al., 2006) that are needed alongside boron isotopes to calculate pCO2 has 

raised question marks over the validity of the record (see Chapter 2) (Demicco et al., 

2003; Foster, 2008). A new analytical method of measuring boron isotopes has reduced 

some of the uncertainty in this technique, and has resulted in the reconstruction of more 

reliable pCO2 at higher resolution (Foster, 2008). This new method has been used to 

reconstruct CO2 levels for the mid-Pliocene climatic optimum, the mid-Miocene 

climatic optimum and the Eocene-Oligocene boundary (Pearson et al., 2009; Seki et al., 

2010; Foster et al., 2012). This thesis aims to gain further insight into some of the key 

assumptions needed to calculate CO2 from δ11B and increase the resolution of δ11B-CO2 

records during the Miocene.  

1.5 Neogene ice sheet dynamics 

1.5.1 Ice Sheet Initiation 

Numerical modelling experiments of the Eocene-Oligocene boundary using a global 

climate model (GCM) coupled to a dynamic ice-sheet model suggest that CO2 was the 

primary factor controlling Southern Hemisphere glaciation (DeConto and Pollard, 

2003b). In addition to CO2, both geochemical data and modelling studies suggest that 

orbital forcing may have also played a role in ice sheet initiation at the Eocene-

Oligocene boundary (DeConto and Pollard, 2003a; Coxall et al., 2005; Ladant et al., 

2014a). In this view, declining CO2 acts as a preconditioning factor for ice sheet growth 

and then ice sheets are initiated when the orbital forcing favours cool summers. 

Modelling results suggest that when the threshold CO2 level for Southern Hemisphere 

glaciation is reached, the system flips from one quasi-stable state (small dynamic ice 

sheet) to full EAIS conditions very rapidly. Once initiated, strong positive feedbacks 

result in full ice sheet conditions developing rapidly due to snow/ice-albedo and ice-

sheet height/mass-balance feedbacks (DeConto and Pollard, 2003b). Numerical 

modelling of the Oligocene-Eocene transition suggests that CO2 levels need to drop 

below 750 ppmv for full Southern Hemisphere glaciation to be initiated, whereas CO2 

needs to decline below 280 ppm for the Northern Hemisphere to glaciate (DeConto et 



  Chapter 1 

 21   

al., 2008). Proxy records across the Eocene-Oligocene boundary have since shown that 

ice sheet inception coincided with atmospheric CO2 levels declining to between ~450 

and ~1,500 ppm, with a central estimate of ~750 ppm (Pearson et al., 2009; Pagani et 

al., 2011). However, it has been shown the modelled CO2 threshold for Antarctic ice 

sheet inception is dependent upon the initial bedrock topography, the internal hydrology 

of the ice sheet and the type and configuration of the climate model (Lythe et al., 2001; 

Langebroek et al., 2009; Wilson and Luyendyk, 2009; Gasson et al., 2014), suggesting 

that it may be possible that some ice was stable on Antarctic prior to the Eocene-

Oligocene boundary and/or that the threshold for Antarctic ice sheet growth may have 

varied through time (Fig. 1-11) .  

 

Figure 1-11: Transient CO2 ice sheet model experiments using climate output from a range of 
models from Gasson et al., (2014). Horizontal dotted lines are the thresholds for an intermediate 
(defined here as 25 m Eocene SLE) and a large ice sheet (40 m Eocene SLE). For GENESIS, 
simulations are shown with (solid green) and without (yellow and green) orbital forcing. Also 
shown is the simulation of Pollard and DeConto (2005) (PD2005) for a reduction in CO2 and 
without orbital forcing. The vertical bars are the pre- and post-EOT CO2 estimates from Pagani 
et al., (2011). 
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1.5.2 Ice Sheet Hysteresis 

The step-wise changes in the benthic oxygen isotopes that punctuate the Cenozoic 

suggests that ice sheet mass increases and decreases non-linearly with changing CO2 

(DeConto et al., 2008; Gasson et al., 2012; Foster and Rohling, 2013).  Non-linearity 

exists within the ice sheet system due to the different mechanisms of ice build-up and 

decline. This hysteresis effect is a geometric consequence of the non-linear response of 

ice sheet accumulation versus ablation to the increasing elevation of the ice sheet 

(Weertman, 1961; Oerlemans, 1982). Geometric hysteresis is primarily found in two 

instances. Firstly, small ice sheets on sloping terrain are unstable below a certain size 

(Weertman, 1976; Pollard and DeConto, 2005).  The second type of hysteresis exists 

only on continental ice sheets bound by the ocean. In these circumstances ice sheet 

inception requires the snowline to descend to the ice-free surface (Fig. 1-12). Ice will 

then grow over the entire surface, forming an ice sheet, with a positive mass balance, 

over a large areal extent. Once this threshold has been reached ice will accumulate 

quickly over a large area. To ablate the ice sheet the snowline must ascend significantly, 

to the elevation of the outer ice sheet flanks, to produce substantial melt (Pollard and 

DeConto, 2005). Consequently the altitude above which snow will persist through the 

summer (equilibrium line altitude) must rise far above the initial bedrock elevation in 

order to initiate ice sheet decline (Fig. 1-12).  

 

Figure 1-12: The cause of geometric ice sheet hysteresis (a) The height of the equilibrium line 
altitude (ELA) during ice sheet initiation. (b) The height the ELA must reach in order to initiate 
ice sheet ablation. The ELA elevates far above the bedrock surface to cause ice sheet decay.   

 

While hysteresis exists during both the Northern and Southern Hemisphere glacial 

cycles (Pollard and DeConto, 2005; Abe-Ouchi et al., 2013), due to geographical 

location and Antarctic topography, it is more pronounced in the Southern Hemisphere. 

In particular, the sub aerial position of the EAIS, coupled with its higher overall 
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elevation, means it is particularly susceptible to ice sheet hysteresis (Pollard and 

DeConto, 2005). The predominantly submarine WAIS is more prone to melting by 

rising ocean temperature given subtle changes in temperature and CO2 (Pollard and 

DeConto, 2009).  

In order to increase atmospheric temperatures and overcome the hysteresis effect, higher 

CO2 levels are needed to cause ice sheet ablation than ice sheet initiation. Coupled ice 

sheet-global climate model (GCM) simulations show a delay in the main transition from 

full ice expansion to limited ice sheet coverage when CO2 is increased linearly from 2x 

to 4x pre-industrial atmospheric levels (PAL) when compared with the forward run 

from small to continental ice sheets (Fig. 1-13).  Higher CO2 levels must be attained to 

cause a change in stable state from a large to a small ice sheet because the ice sheet 

topography is much higher than the groundmass topography (Pollard and DeConto, 

2005).  

Continental wide ice sheet initiation begins at 615 ppm in an ice sheet-climate model 

including Miocene orbital variations, with smaller ice sheets existing between 640-700 

ppm (Langebroek et al., 2009). Deglaciation occurs at 725 ppm resulting in a hysteresis 

window of 110 ppm (Langebroek et al., 2009). While the absolute values approximated 

by Pollard and DeConto, (2005) differ from the study by Langebroek et al., (2009), the 

size of the hysteresis window is consistent across the different models. Similar to the 

CO2 threshold for ice sheet inception, the size of the hysteresis window is dependent on 

other parameters such as orbital variations, bed topography and vegetation-climate and 

ice-albedo feedbacks (Pollard and DeConto, 2005; Pollard et al., 2005; Thorn and 

DeConto, 2006; Gasson et al., 2012).  
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Figure 1-13: Antarctic ice volume simulations (a) Blue curve is the forward integration with ice 
volume increasing as CO2 decreases from 4x to 2x PAL (pre-industrial atmospheric levels). Red 
curve is the reverse integration starting with a large ice sheet and increasing CO2. (b) Same 
simulation as (a) without orbital parameters. From Gasson et al., (2012) using the simulations of 
Pollard and DeConto, (2005). 

 

While clear differences in the nature of the East Antarctic and West Antarctic ice sheets 

has been evident over the past 5 million years (Pollard and DeConto, 2009), 

reconstructions of past Antarctic topography suggests that the elevation of West 

Antarctica was ~20% higher at 34 Ma, than the modern day, and the EAIS and WAIS 

were more similar in nature (Wilson et al., 2013). The higher elevation of West 

Antarctica at 34 Ma, in the new topographic reconstructions, is mainly a result of 

additional corrections for glacial erosion and thermal contraction in the West Antarctic 

rift system (Wilson and Luyendyk, 2009; Wilson et al., 2012a). A climate-ice sheet 

model based on the updated topographic reconstructions shows that the WAIS first 

formed at the Eocene-Oligocene transition, at the same time as the expansion of the 

EAIS (Wilson et al., 2013).  

The results of coupled ice sheet-GCM models described above and reconstructed CO2 

during the late Paleogene and Neogene suggest that the Antarctic ice sheet should have 

remained stable since it’s inception at 34 Ma. However, recent work on Antarctic ice-

proximal International Ocean Drilling Program (IODP) sediment cores suggests that the 
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Pliocene warm period was associated with a partially dynamic EAIS (Cook et al., 2013). 

Analysis of detrital material deposited during the Pliocene warm period at Site U1361, 

located on the Wilkes Land margin, suggests that erosion of continental bedrock, caused 

by the retreat of the ice sheet margin by several hundreds of kilometers, occurs from 

within the Wilkes Subglacial Basin, an area covered by the East Antarctic ice sheet 

today (Cook et al., 2013).  Although this retreat of the East Antarctic ice sheet is still to 

be replicated in coupled climate and ice sheet models, a parallel ice sheet model has 

simulated a similar destabilization of the Wilkes Basin ice sheet through the removal of 

a specific coastal ice volume that acts as a plug, and prevents accelerated discharge of 

the ice sheet (Mengel and Levermann, 2014). 

1.6 The long term relationship between sea level and CO2  

A compilation of sea level and CO2 proxy records over the past 34 Myrs shows a 

relatively consistent relationship between sea level and CO2 irrespective of the time 

interval (Foster and Rohling, 2013). Between 200 and 300 ppm there is a linear 

relationship between sea level and CO2, primarily as a consequence of the strong 

sensitivity of Northern Hemisphere ice sheets to CO2 forcing (Fig. 1-15). Between 300 

and 400 ppm there is some additional increase in sea level (~ 20 m), however at CO2 

levels > 400 ppm there is no additional change in ice volume until CO2 values of ~ 600 

ppm are reached (Foster and Rohling, 2013). A crossplot of sea level and temperature 

records over the past 40 million years similarly suggests that a non-linear relationship 

exists between the different parameters of the climate system (Gasson et al., 2012). 

However, the results of this synthesis cannot distinguish whether a one-step or two-step 

function best describes the data. Aside from the late Pleistocene, in both of these 

studies, the data are predominantly from intervals of global cooling and consequently it 

is difficult to assess the presence or absence of hysteresis within the system. To be truly 

relevant to the future it is important to study time intervals of global warming and ice 

sheet deglaciation. 
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Figure 1-14: Cross-plot of estimates of atmospheric CO2 and coinciding sea level from Foster 
and Rohling, (2013). Data are split according to time period and technique used. Note for the 
Eocene–Oligocene from δ11B and δ18O, only data that form a decreasing CO2 trend are plotted 
for clarity. 

1.7 Key Research Aims 

Aim 1: To produced δ11B based CO2 reconstructions for two Miocene intervals  

In order to produce δ11B based CO2 reconstructions during the Miocene it is important 

to constrain some of the other parameters needed to calculated CO2. Here, in order to 

allow the conversion of δ11B in CO2 for the Miocene records, two of these parameters 

have been further investigated. 

Question 1: To what extent can modern calibrations be used on foraminifera with a 

long temporal range further back in time? In order to answer this question the life habit 

of G. bulloides is assessed through time. This study can be used to determine the extent 

to which it is important to test the ecology of other species when producing long-term 

geochemical records.  

Question 2: What are the key controls on the δ11Bsw and how many these have varied 

through time? The δ11Bsw remains one of the largest sources of uncertainty in absolute 
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reconstructions of CO2 prior to the Pliocene. Given the disagreement between the 

existing δ11Bsw records, additional constraints on this parameter are needed. 

Aim 2: To assess the role of CO2 during intervals of deglaciation 

Question 3: What is the role of CO2 in climate variability during the Miocene climatic 

optimum? While low-resolution CO2 records have shown that the MCO is associated 

with higher CO2 than the preceding early Miocene, little is known about the causes of 

climate and ice volume variability within the climatic optimum. This record allows us to 

determine the relationship between CO2, climate and ice volume across this interval and 

compare it to the relationship between these parameters during the late Pleistocene. 

Question 4: What is the role of CO2 in the initiation of the Mi-1 glaciation and 

subsequent deglaciation? Controls on the timing of the glaciation and the transient 

nature of the event are not fully understood.  Current CO2 records are not sufficient 

resolution to determine the role of CO2 in the glaciation event. Understanding the 

deglaciation of the Mi-1 glaciation could provide an important insight into ice sheet 

instability during the Neogene.   

1.8 Thesis Outline 

Chapter 2 – documents the δ11B method with a particular focus on elements of the 

process that have been further developed as part of this PhD. Methods are included in 

each chapter to describe the specific details of the assumptions made as part of each 

component of the study. 

Chapter 3 – details the life habit of Globigerina bulloides through the Neogene, 

documenting the change in lifestyle of the foraminifera from a symbiont-bearing to a 

symbiont-barren species. SEM images and δ13C/δ18O changes with size fraction are used 

to analyse changes in the foraminifer’s mode of life and suggest that the species 

changed from a symbiotic to asymbiotic mode of life during the late Miocene.  

Chapter 4 – the relative merits of the currently available δ11Bsw records are examined 

and a new δ11Bsw record is calculated using the difference in δ11B and δ13C between 

benthic and planktic foraminifera. The potential controls of the δ11Bsw are then examined 

through comparing the new record to changes in the isotopic composition of other key 
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major and minor ocean ions through time. The new δ11Bsw record shows striking 

similarity, between 0 and 15 Ma, to changes in the isotopic composition of Li and Ca 

(and to a lesser extent Mg) suggesting that there is a common control on all 4 elements 

across this time interval. 

Chapter 5 – a new δ11B derived CO2 record from across the middle Miocene is 

presented. This record is then compared to previously published records of ice sheet 

stability/ice volume change across the same time interval to gain further understanding 

of the relationship between ice volume and CO2. The reconstructed CO2 record suggests 

that CO2 is highly variable across this interval, varying between 300 and 500 ppm.  

Chapter 6 – presents a new δ11B derived CO2 record from across the Oligocene-

Miocene boundary. This record is then used to ascertain the extent to which CO2 

controlled the timing of the glaciation. The role of CO2 in the deglaciation phase of the 

event is also discussed.  The reconstructed CO2 record suggests that CO2 is low (~ 250 

ppm) and invariable prior to, and during, the glaciation before increasing to ~ 400 ppm 

during the deglaciation.   

Chapter 7 – the results outlined in chapters 3-6 are further discussed with a particular 

focus on the implications of chapters 5 and 6 for other time intervals, including into the 

future. One of the key conclusions from this study is that the Antarctic ice sheet is 

remarkably dynamic at CO2 levels < 500 ppm. In addition, other potential areas of 

further work are presented.  
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Chapter 2:  Methodology 

2.1 Introduction 

Boron has two stable isotopes in the ocean, 11B and 10B, which occur in an approximate 

4:1 ratio.  Seawater is enriched in 11B relative to the continental input of B due to the 

preferential removal of the light isotope through processes such as preferential 

adsorption of 10B onto clays, oceanic crust exchange and preferential substitution of 10B 

into biogenic calcium carbonate (Lemarchand et al., 2002b). The two major dissolved 

species of boron in seawater are trigonally coordinated boric acid B(OH)3 and the 

tetrahedrally-coordinated borate ion B(OH)4
-.  The proportions of these two species is 

pH dependent where at low pH (<6) virtually all dissolved boron is in the B(OH)3 form 

and at high pH (>11)  almost all dissolved boron is in the B(OH)4
- species (Fig. 2-1) 

(Zeebe and Wolf-Gladrow, 2001). The following equilibria describes this relationship: 

!(!")! + 2!!! = !(!")!! + !!!!                               2.1  

 

Figure 2-1: Concentration of borate ion [B(OH)4
-] and boric acid [B(OH)3] with seawater pH 

(total scale). Graph is plotted for T= 25oC S= 35, P= 0 dbar following Dickson, (1990). A total 
boron content of the ocean of 432.6 µmol/kg is used (Lee et al., 2010). 
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The proportion of the two species is also dependent on temperature, pressure and 

salinity. The equivalence point (the intersection of the two curves in Fig. 2-1; !"!∗) is at 

pH ~8.6 in seawater at 25oC, 35 psu salinity and atmospheric pressure (Dickson, 1990). 

A pronounced isotopic fractionation exists between the two aqueous boron species as a 

consequence of the differences in coordination and vibration frequencies (Urey, 1947). 

Consequently given a change in pH both the proportion of the two species and the 

isotopic composition re-equilibrates (Fig. 2-2). The isotope fractionation between the 

two species is described by the isotope exchange reaction: 

!(!")!  !" +    !(!")!!   
!! ↔    !(!")!  !! +    !(!")!!   

!"               (2.2) 

Described by the equilibrium constant: 

 

∝!=   
!(!")!  !!   ×   !(!")!!   

!"

!(!")!  !" × !(!")!!   
!!                               (2.3) 

 

Figure 2-2: δ11B evolution of borate ion [B(OH)4
-] and boric acid [B(OH)3] with seawater pH 

(total scale). Calculated using a δ11Bsw of 39.61‰ (Foster et al., 2010), Total boron 
concentration = 432.6 µmol/kg (Lee et al., 2010) and αB= 1.0272 (Klochko et al., 2006). 
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The ratio of 11B to 10B is typically measured and reported in delta notation relative to 

NIST 951 standard where 11B/10B= 4.04367 (Catanzaro et al., 1970): 

!!!!   ‰ =   
!  !! /!"!!"#$%&
!  !! /!"!!"#$!"#  

  

− 1   ×  1000                      (2.4)   

Since there is an isotopic fractionation between the dissolved species and the abundance 

of each of the dissolved species is pH dependent, in order to maintained a constant total 

boron isotopic composition of seawater of δ11B  = 39.61 ‰ (Foster et al., 2010) the 

boron isotopic composition of the species is also pH dependent (Fig. 2-3): 

!!!!(!!)  ×  !! =   !
!!!(!(!")!×  [! !")! +   !!!!(!(!")!!)  ×   ! !" !

!                       (2.5) 

Where the isotopic composition of the seawater or the δ11B of either aqueous species 

can be determined by rearrangement of equation 2.5.  

If the isotopic composition of boron in seawater (δ11Bsw), ∝B and !!∗ are known the 

boron isotope composition of either boron species can be used to calculate pH. For 

instance, pH is related to the δ11Bborate ion by the following equation: 

!" = !!!∗ − log   
!!!!!" −   !!!!(!(!")!!)

!!!!!" −  ∝! . !!!!(!(!")!!) − 1000  . ∝!− 1
                            (2.6) 

2.2 Boron isotopes as a pH proxy 

2.2.1 Introduction 

A large body of evidence, based on the isotopic measurements of marine carbonates, 

suggests that only the charged species is incorporated into the foraminifer shell and 

consequently pH can be calculated using equation 2.6 where δ11Bborate is determined 

from δ11Bcalcite (Hemming and Hanson, 1992; Sanyal et al., 1996; Sanyal et al., 2000; 

Sanyal et al., 2001; Foster, 2008; Henehan et al., 2013). However, 11B NMR suggests 

that 36-46% of the boron in the test is trigonally coordinated, although the presence of 

boric acid within the calcite could be a result of reconstructive surface processes during 

mineralization (Klochko et al., 2009). As pointed out in Rae et al., (2011), the large 

isotopic offset between the two species means that the incorporation of small amounts 
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of boric acid would have a noticeable effect on the δ11Bcalcite and consequently another 

process must be acting to explain the majority of the trigonally co-ordinated boron. 

2.2.2 Determining the fractionation factor (∝B)  

Early attempts to calculate the ∝B relied on theoretical estimates. A value of 1.0194, 

estimated by relating the frequencies of molecular vibration to the forces in the 

molecule, was applied to much of the early boron work (Kakihana et al., 1977). 

However, it was later shown that the value was heavily dependent on the vibrational 

frequencies of the involved molecule and the theoretical methods used to calculate the 

forces in the molecule (Pagani et al., 2005a; Zeebe, 2005). The first purely experimental 

approach to calculate the fractionation factor yielded a value of 1.0272 ± 0.0006 

(Klochko et al., 2006). This value was calculated using a spectrophotometric procedure 

where ∝B is determined empirically from the difference in dissociation constants 

between solutions containing solely 11B and 10B for a range of conditions (Fig. 2-3) 

(Klochko et al., 2006). Subsequent improvements to a theoretically determined 

fractionation factor are also in agreement with the results of the empirical method 

(Rustad et al., 2010) and consequently this value is used throughout this thesis. 

 

Figure 2-3: δ11B of B(OH)4
- in seawater modified from Klochko et al., (2006). Based on 

theoretical 11-10KB= 1.0194 from Kakihana and Kotaka, (1977); Kakihana et al., (1977) (blue 
line) and empirical 11-10KB obtained by Klochko et al., (2006) (orange line).  
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2.2.3 Vital Effects in Foraminifera 

While there is compelling evidence that only the borate ion is incorporated into biogenic 

calcite (Hemming and Hanson, 1992; Sanyal et al., 1996; Sanyal et al., 2000; Sanyal et 

al., 2001; Foster, 2008; Henehan et al., 2013), the δ11B of the carbonate typically lies 

close to, but not on the δ11Bborate. This effect has been widely documented in core top 

studies and culture experiments for a range of foraminiferal species (Sanyal et al., 1996; 

Foster, 2008; Henehan et al., 2013; Yu et al., 2013), with the notable exception of epi-

benthic foraminifera, which lie directly on the δ11Bborate line (Rae et al., 2011). The offset 

between δ11Bborate and δ11Bcalcite is not constant and foraminifer δ11B often shows a 

different sensitivity to pH than suggested by the theoretical δ11Bborate (Fig. 2-4).  The 

offset between the δ11B of different species and the theoretically expected δ11B of borate 

ion has been attributed to vital effects. The term “vital effects” covers the action of all 

biological processes that result in an offset between the ambient water conditions and 

the calcite test. Microenvironment effects, including symbiont photosynthesis, 

respiration and calcification have been used to explain the observed δ11B vital effects. 

The results from a diffusion reaction model have been used to argue that the δ11B of 

foraminiferal calcite is controlled by the pH of the microenvironment, which is itself a 

function of the ambient pH, modified by the foraminifera’s internal processes (Zeebe et 

al., 2003). In detail, the model shows that symbiont-bearing species are generally 

enriched in 11B over symbiont-barren species because of an elevated pH in the 

microenvironment caused by photosynthesis (Zeebe et al., 2003). The modeled patterns 

are also broadly reflected in the measured δ11B of symbiont-bearing and symbiont-

barren species (Hönisch et al., 2003; Foster, 2008; Henehan et al., 2013; Yu et al., 

2013). However, the microenvironment theory cannot fully explain the difference in the 

gradient of the δ11B-pH relationship in foraminifera and the theoretical borate ion 

(Henehan, 2013). While the controls on the δ11B-pH relationship in foraminifera is still 

not fully understood, use of the correct calibration is key for the accurate determination 

of pH. While this is relatively straightforward for the recent past, the applicability of 

modern calibrations needs to be more thoroughly assessed for extinct species and those 

with a long lineage. Chapter 3 assesses changes in G. bulloides through time, using 

oxygen and carbon isotopes, to determine the applicability of the calibration for the 

modern, asymbiotic species.   
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Figure 2-4: Offset between δ11Bmeasured and δ11Bborate for a range of modern species. The 1:1 line is 
the δ11B of the borate ion calculated using a fractionation factor of 1.0272 (Klochko et al., 
2006). The calibration for G. ruber (red) is from Henehan et al., (2013) and the intercept is 
modified to go through the 250-300 µm size fraction data (red squares) from the same study. 
The calibration for G. sacculifer (green) is from Sanyal et al., (2001) and the intercept is 
modified to go through the 300-355 µm size fraction core top value (green square) from Seki et 
al., (2010). The calibration for G. bulloides is from Martinez-Boti et al., (2015b) and core top 
data are a mix of size fractions (purple squares) from the same study as there is no systematic 
change in δ11B with size fraction in this species. The epi-benthic foraminifera (orange 
diamonds) from Rae et al., (2011) plot on the theoretical δ11Bborate line. 

2.2.4 The boron isotope composition of seawater 

A second parameter needed to obtain pH from foraminiferal calcite is the boron isotopic 

ratio of seawater. The present day isotopic content of δ11Bsw is 39.61 ± 0.04 ‰ (Foster et 

al., 2010). This value is complied from 26-28 samples from a range of ocean basins, 

salinities, temperatures and water depths. Due to the long residence of boron there is no 

significant variation in the δ11B of the seawater samples from different sites (Foster et 

al., 2010). The residence time of boron in the ocean is estimated at approximately 10-17 

million years giving a typical rate of change of ~ 0.1 ‰ Ma-1 (Lemarchand et al., 

2002b). Consequently to apply the boron-pH proxy further back than the Pliocene, 

changes in the boron isotope composition of seawater need to be quantified. A number 

of different methods have been used to determine δ11Bsw changes through the Cenozoic 

including geochemical modeling of the sources and sinks of boron in the ocean, 
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analysing the boron isotopic composition of marine halites and sea salts, interpreting 

trends in the δ11B of benthic foraminifera and using systematic variations in ocean pH 

and δ13C to estimate δ11Bsw (Fig. 2-5) (Pearson and Palmer, 2000; Lemarchand et al., 

2002b; Paris et al., 2010; Foster et al., 2012; Raitzsch and Honisch, 2013).  While these 

records show some agreement in the more recent past, large discrepancies still remain in 

the older parts of the record. In Chapter 4, the relative merits of the different approaches 

are discussed and a new δ11Bsw record is presented.  

 

Figure 2-5: A compilation of published δ11Bsw records. Seawater composition measured in 
halites (red diamonds) from Paris et al., (2010), reconstructed from foraminifera depth profiles 
(dark blue line and orange diamond) from Pearson and Palmer, (2000) and Foster et al., (2012) 
respectively, numerical modeling (light blue line) with light blue shaded area showing ± 1 ‰ 
confidence interval, (Lemarchand et al., 2002b) and benthic δ11B (purple crosses) from Raitzsch 
and Honisch, (2013). 

2.2.5 The influence of diagenetic alteration 

The term ‘diagenetic alteration’ encompasses several different processes that result in 

the modification of the foraminifer’s primary calcite after deposition on the sea floor. 

Recrystallisation (or neomorphism) is the process of replacement of a primary calcite 

(Sexton et al., 2006a). Cementation relates to the addition of new inorganic material, 

precipitated from porewaters. The third diagenetic process is partial dissolution caused 

by acidic porewaters. It is well known that diagenetic alteration affects the δ13C and 

δ18O of planktic foraminifera (Sexton et al., 2006a), however, until recently less was 

known about the effect of diagenesis on planktic foraminifera δ11B. The effect of 

diagenesis on δ11B has now been tested across a range of sedimentary environments and 
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time intervals (Badger et al., 2013; Edgar et al., in review; Foster et al., 2012; Penman et 

al., 2014). There is little evidence of a diagenetic effect on δ11B across three sites during 

the middle Miocene. The δ11B is similar whether measured from the deeply buried Site 

926 sediments, shallowly buried Site 761 or well preserved foraminifera from the clay-

rich Ras-il Pellegrin section in Malta (Fig. 2-6) (Badger et al., 2013; Foster et al., 2012). 

A similar lack of diagenetic overprint from recrystallisation has also been found in δ11B 

records with different diagenetic histories across the Paleocene/Eocene Thermal 

Maximum and prior to the Mid-Eocene Climatic Optimum (Penman et al., 2014; Edgar 

et al., in review). A possible explanation for the lack of diagenetic effect on δ11B is that 

the inorganic carbonate precipitated from the pore water, as the foraminifera 

recrystallises during burial, has a low B/Ca and therefore only comprises a small 

proportion of the analysed foraminifera (Edgar et al., in review). However, if 

dissolution, rather than recrystallization, is the dominant diagenetic process, there is 

some evidence the altered foraminifera exhibit lower δ11B values (higher CO2) (Seki et 

al., 2010). This is particularly evident in a depth transect of core top foraminifera that 

shows the δ11B of G. sacculifer declines by ~ 0.7‰ from the shallowest to the deepest 

site (Seki et al., 2010). This effect is species dependent, however, and no such 

diagenetic signal is seen in G. ruber.  

 

Figure 2-6: δ11B-derived CO2 estimates are in good agreement with other proxy records across 
the middle Miocene. CO2 from boron isotopes (δ11B); (red open diamonds (Site 761B) (Foster et 
al., 2012) orange solid diamonds (Site 926) (Foster et al., 2012), and open dark blue diamonds 
(Badger et al., 2013) stomata (dark green circles (Kürschner et al., 2008)); and alkenones (open 
dark blue squares (Badger et al., 2013) and purple squares (Zhang et al., 2013)). 
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2.3 pH to CO2  

2.3.1 Introduction 

In the ocean CO2 exists in three different inorganic forms: carbonate ion (CO3
2-), 

bicarbonate ion (HCO3
-) and free carbon dioxide (CO2 (aq)). The carbonate species are 

related to each other by the following equilibrium: 

!!! !" + !!! ⇋     !"!!! +   !!   ⇋   !!!!! + 2!!                  (2.7) 

The sum concentration of all the dissolved carbon species is called the total dissolved 

carbon (DIC): 

!"# = !!! !" + !"!!! +    [!!!!!]                        (2.8) 

The other key parameter needed to determine changes in the ocean carbonate system is 

total alkalinity (TA), which is a measure of the charge balance in the ocean. Numerous 

definitions of alkalinity exist and in this thesis we use the following approximation that 

does not include the full range of charged ions that contribute to total alkalinity but is a 

good estimate of this parameter at pH >8 (natural seawater) (Zeebe and Wolf-Gladrow, 

2001). 

!" = !"!!! +   2 !!!!! + !(!")!! + !!! − [!!]                      (2.9) 

Using the equations outlined above (2.7-2.9), it is possible to define any parameter of 

the marine carbonate system if two out of the six components: CO2 (aq), HCO3
2-, CO3

2-, 

pH, total alkalinity (TA) and total dissolved inorganic carbon (DIC)) alongside 

temperature, salinity and depth are known (Zeebe and Wolf-Gladrow, 2001). The 

calculated CO2 (aq) is then related to CO2 (atm) by Henry’s law: 

!!!(!"#) ⇋   !!!  (!")                        (2.10) 

While a second carbonate system parameter is needed to calculate atmospheric CO2, the 

close relationship between pH and CO2 (aq) highlights the strong dependence of 

calculated CO2 on pH, as derived from δ11B (Fig. 2-7). Therefore, even when there are 

large uncertainties in the 2nd carbonate parameter (Table 2-1), the δ11B-derived pH in 

itself provides important constraints on CO2 changes.  
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Figure 2-7: Changes in ocean carbonate system parameters as a function of DIC and alkalinity 
at a temperature of 25oC and a salinity of 35 psu (surface ocean conditions). Note the contours 
of [CO2] (light blue), pH (orange) and CO3

2- (purple) are all closely parallel. 

2.3.2 Calculating the 2nd carbonate system parameter 

2.3.2.1 The B/Ca ratio of foraminifera 

In foraminiferal calcite the charged species of boron B(OH)-
4 is substituted into the 

carbonate lattice by the following mechanism (Hemming and Hanson, 1992): 

!"!!! + !(!")!!   ⟷ !" !"!! + !"!!! +   !!!                    (2.11)  

 

The exchange distribution coefficient for the equation above is shown in equation 2.12 

(Zeebe and Wolf-Gladrow, 2001; Yu et al., 2007). 

!! =   
!/!" !"#$%

[!(!")!!/!"!!!}!"#$#%"&
                      (2.12) 

 

On the basis of this exchange distribution coefficient, the B/Ca ratio in marine 

carbonates will be a function of the [B(OH)4
-]/[HCO3

-] in seawater, which is itself pH 

dependent (Yu et al., 2007). If the [B(OH)4
-] is known through an independent 
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reconstruction of pH, such as boron isotopes, then theoretically an estimate of [HCO3
-] 

can be made allowing the carbonate system to be fully constrained (Foster, 2008). 

However, the B/Ca ratio in planktic foraminiferal calcite is not solely controlled by the 

[B(OH)4]/[HCO3
-] in seawater (Yu et al., 2007; Allen et al., 2011; Allen and Honisch, 

2012; Allen et al., 2012; Naik and Naidu, 2014; Henehan et al., in review). Instead, 

some culture studies have shown that KD in planktic foraminifera is influenced by 

salinity, the boron concentration in seawater and the presence of other pH sensitive ions 

such as CO3
2- (Yu et al., 2007; Allen et al., 2011; Allen and Honisch, 2012; Allen et al., 

2012; Naik and Naidu, 2014). A recent core top and culture study has found [PO4
3-] and 

salinity are the dominant controls on B/Ca ratios and that while B/Ca responds strongly 

to carbonate system variations in culture studies, these patterns are not reproduced in the 

open ocean (Henehan et al., in review).  

2.3.2.2 Calculating alkalinity from surface water saturation state 

Surface water calcite saturation state (Ω!"#!$%&) is controlled by the concentration of 

carbonate ion [CO3
2-] and calcium ions [Ca2+] in seawater and the solubility constant of 

calcite (Ksp), which is dependent on pressure, temperature and salinity.  

Ω!"#!$%& =   
[!"!!]. [!"!!!]

!!"
                      (2.13)   

If Ω!"#!$%&  and [Ca2+] are known then [CO3
2-] can be calculated and used as the 2nd 

carbonate system parameter. A modeling approach has been used to analyse changes in 

the surface water saturation state through time. This approach uses the deep-sea 

sediment core record of calcite compensation depth and the concentration of Mg and Ca 

in seawater to determine this parameter (Tyrrell and Zeebe, 2004). The results from this 

study and others suggest that surface water calcite saturation state (Ωcalcite) is well 

regulated varying by only around +0.5 units from the modern value of approximately 

5.4 over the past 100 million years (Fig. 2-8) (Tyrrell and Zeebe, 2004; Ridgwell, 

2005).  

Within a snapshot in time [CO3
2-] is determined by DIC, the partitioning of which is 

controlled by pH (the concentration of H+ ions) and alkalinity (the buffering capacity of 

the ocean) (Honisch et al., 2012). Alkalinity can therefore be calculated using the pH 

derived from δ11B and assuming a constant omega. While the carbon cycle models 
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consistently show long term Ωcalcite has remained constant, on timescales < 100 kyrs it is 

unlikely the system has time to re-equlibrate to a change in pH and constantly this 

assumption is not valid (Fig. 2-9) (Honisch et al., 2012). For instance, using the 

alkalinity determined using this approach in calculations of Pleistocene glacial-

interglacial CO2 overestimates the variations compared to that seen in the ice cores. 

Ultimately δ11B-CO2 records are determined on discrete samples, which represent short 

intervals of time, when omega could have deviate from the modeled long-term value. 

When using this approach, therefore, it is important to have sufficient uncertainties on 

the calculated alkalinity, in order to account for short-term deviations in omega. 

 

Figure 2-8: Cenozoic carbonate system changes based on modern mode of carbonate cycling 
from Ridgwell, (2005). (a) Mean (area-weighted) surface saturation state with respect to calcite 
(Ωcalcite). The shaded band represents the uncertainty in Ωcalcite due to the uncertainty in 
weathering input. The horizontal dotted line indicates the simulated present-day value. (b) Mean 
surface pH. The shaded band represents the uncertainty in pH due to the uncertainty in 
atmospheric CO2. The horizontal dotted line indicates the simulated present-day value. (c) Total 
(solid line) and neritic (dotted) rates of carbonate accumulation. 
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Figure 2-9: The trajectories of mean ocean surface pH and aragonite saturation (Ωaragonite) as the 
rate of atmospheric CO2 change increases from Honisch et al., (2012). The four panels show the 
results of a series of experiments in an Earth system model. (a) Prescribed linear increases of 
atmospheric CO2 from ×1 to ×2 preindustrial CO2, with the different model experiments 
spanning a range of time scales (but experiencing the same ultimate CO2 change). (b) Evolution 
of mean surface pH in response to rising CO2. (c) Evolution of mean surface Ωaragonite. (d) A 
cross-plot illustrating how Ωaragonite is progressively decoupled from pH as the rate of CO2 
increase slows. These model results include both climate and long-term (silicate) weathering 
feedbacks. 
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2.3.2.3 The alkalinity-salinity relationship 

The linear relationship between alkalinity and salinity can be used in order to define the 

second variable (Pearson and Palmer, 2000; Honisch and Hemming, 2005; Foster, 2008; 

Honisch et al., 2009). Surface salinity and alkalinity are closed related in the modern 

ocean because the charge difference between conservative cations and anions varies 

with salinity (Zeebe and Wolf-Gladrow, 2001). The primary controls on salinity are 

precipitation, evaporation, freshwater input, and formation or melting of sea ice and all 

cause consistent changes in total alkalinity. One approach to calculating surface salinity 

in the past uses the δ18O of foraminiferal calcite and removes the ice volume and 

temperature signals in order to obtain δ18Osw at the site of analysis (Schmidt et al., 

2004c; Honisch and Hemming, 2005). The calibration of δ18Oseawater = 0.20 * salinity- 

6.73, based on the modern relationship between salinity and δ18Oseawater, is applied to 

obtained salinity (Schmidt et al., 1999 ) and then converted to alkalinity. However, the 

relationship between δ18Oseawater and salinity outlined above is likely to be too simplistic 

and additional factors may control the two parameters across a range of timescales 

(LeGrande and Schmidt, 2011). Global relative sea level change can also be used to 

estimate salinity as a result of the dependence of salinity on the volume of water in the 

ocean. Salinity estimates using this method would, however, produce a global signal, 

and wouldn’t include local changes (Honisch and Hemming, 2005). The alkalinity-

salinity approach is also limited by the assumption that the alkalinity-salinity 

relationship remained constant through time. This is unlikely further back in time given 

that whole ocean calcium carbonate compensation changes have occurred (Palike et al., 

2012), which would affect whole ocean alkalinity independently of salinity.  

2.3.2.4 Constant alkalinity method 

To avoid the uncertainty in past salinity estimations, on shorter timescales, it is possible 

to assume alkalinity remains relatively constant. Alkalinity can be estimated at the core 

site from the nearest GLODAP site or by using the linear relationship between salinity 

and alkalinity (Honisch and Hemming, 2005). This approach has primarily been applied 

to δ11B records across the Pliocene and Pleistocene (Honisch et al., 2009; Seki et al., 

2010). At constant pH, a 100 µmol/kg increase in alkalinity only results in a <15 ppm 

increase in pCO2 (Seki et al., 2010). Consequently a constant TA, with an uncertainty of 
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100-200 µmol/kg can be used without increasing the uncertainty beyond that of the 

analytical technique, but capturing the likely variability in TA over a particular interval 

(Hain et al., 2010). However, this technique may not be as applicable pre-Pliocene, 

when it is possible that alkalinity has deviated away from the modern by > 100-200 

µmol/kg. 

2.3.2.5 Planktic-benthic gradients 

An alternative method of determining alkalinity uses benthic δ11B and the CCD depth 

(Foster et al., 2012). In this method it is assumed that the depth of the calcite saturation 

horizon (CSH) where Ωcalcite = 1 is a function of the calcite compensation depth (CCD) 

(Bostock et al., 2011). Assuming that deep-water pH is homogenous below an 

intermediate depth, δ11B-pH from benthic foraminifera can be used to determine the pH 

at the depth of the CSH. In the modern ocean there is little variation in temperature and 

pH below the intermediate ocean (Foster et al., 2012). Using these assumptions [CO3
2-] 

can be calculated from omega and depth, which can then be used alongside pH to 

calculate alkalinity at the calcite saturation horizon depth. This is then applied to the 

surface by assuming a surface to deep alkalinity gradient (-200 to 100 µmol/kg). This 

technique has been applied to middle Miocene (Foster et al., 2012). However, the extent 

to which the observations in the modern ocean regarding the depth difference between 

the CSH and CCD can be applied back in time is unknown. In the modern ocean CSH-

CCD varies between 200m in the Atlantic to 2600m in Pacific (Bostock et al., 2011). 

Consequently if ocean circulation changed through time the CSH-CCD over a 

particularly site would also mostly likely be different. 

2.3.3 Reconstructions of CO2 from δ11B of foraminiferal calcite 

Despite the complications in estimating the 2nd carbonate system parameter (Table 2-1), 

δ11B derived CO2 records show good agreement with other CO2 proxies over a range of 

timescales. The success of δ11B in reconstructing CO2 levels is particularly evident in 

late Pleistocene records where the data can be compared to the ice core records (Fig. 2-

10). Two independently measured δ11B derived CO2 records reconstruct the timing and 

magnitude of the glacial-interglacial changes in CO2 as observed in the ice-core record 

(Luthi et al., 2008; Honisch et al., 2009; Chalk et al., in prep.). Further back into the 

Cenozoic, a good agreement is also seen between δ11B derived CO2 estimates and other 
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proxy records for the middle Miocene (Fig. 2-6) (Kürschner et al., 2008; Foster et al., 

2012; Badger et al., 2013;  Zhang et al., 2013) and Eocene-Oligocene boundary 

(Pearson et al., 2009; Pagani et al., 2011). 

 

Figure 2-10: The good agreement between the boron isotope derived CO2 records and the 
EPICA ice core record over the past two glacial- interglacial cycles. The δ11B derived estimates 
from (Honisch et al., 2009) (green diamonds) and Chalk et al., (in prep.) with recalculated data 
from (Foster, 2008) (blue diamonds) show good agreement in both the timing and magnitude of 
change when compared to the ice core record (red line) (Luthi et al., 2008). 
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Table 2-1: Approximate uncertainties associated with calculating CO2 from δ11B. Note that the 
uncertainties change with both time and absolute CO2 level (the non-linear relationship between 
δ11B and pH means that the uncertainties are larger at higher CO2). 

Analytical methodology for measuring δ11B  

2.3.4 Introduction 

Several different analytical techniques have been used to measure boron isotopes in 

foraminiferal calcite. Until recently the analytical method used was dictated by the 

limited amount of boron within the foraminiferal tests. As a consequence negative-ion 

thermal ionization mass spectrometry (NTIMS) has been widely used due to the high 

ionisation efficiency of the technique (Foster et al., 2006). In the NTIMS methodology 

natural matrices can be loaded directly on to the filament meaning no separation of the 

boron is needed prior to analysis avoiding additional blank contribution (Ni et al., 

2010). However, loading in this manner can lead to matrix related fractionation 

(Hemming and Hanson, 1994). As the NTIMS method uses natural matrices as 

activators to produce a BO2
- beam, the NIST SRM 951 boric acid standard cannot be 

run without a loading matrix. Most laboratories run the standard with boron-free 

seawater and also add this to the dissolved carbonate samples in order to maintain a 

constant matrix between the standard and sample. Despite this, consistency in the 
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degree of fractionation in the sample and standard is difficult to maintain (Foster et al., 

2006). Furthermore instrumental mass fractionation of the dominant species 10B16O2
- and 

11B16O2
- can result in poor reproducibility of the results. Attempts to standardise the 

mass fractionation are made by running the material at similar temperatures and 

durations as the reference NIST SRM 951 boric acid. However, despite this, unusual 

fractionation behaviour is still often seen during analysis and triplicate analyses are 

needed to have confidence in the data.  

To improve the accuracy of the boron measurements using the NTIMS method, total 

evaporation NTIMS (TE-NTIMS) can be applied.  The effect of instrumental mass 

fractionation is greatly reduced in this method as the sample evaporates completely 

from the filament and the total ion beam of each ion is integrated simultaneously. An 

additional advantage of this technique is that smaller samples sizes can be used (e.g. 

Foster et al., 2006 analyse as little as 320 pg of B). However, while a consistent boron 

isotope composition can be obtained for boric acid and in house standards, 

reproducibility is still low (~ 0.8‰) when a carbonate matrix is used as the loading 

material. The presence of residual organic matter within the lattice of foraminiferal 

calcite is suspected as the cause of the uncertainty (Ni et al., 2010). The organic matter 

is released during dissolution of the foraminifera and isn’t completely removed by either 

long-term storage in acidic solution or by loading the material in 30% H2O2 (Ni et al., 

2010).  Although some improvements have been made to the NTIMS method, (see 

examples in Foster et al., 2013), mass spectrometric development over the last decade 

has lead to the establishment of an analytical approach using a multicollector 

inductively coupled plasma mass spectrometry (MC-ICPMS), the details of which are 

outlined below. In order to compare records produced by NTIMS and MC-ICPMS, it is 

important to have a good understanding of the offsets in δ11B determined by the two 

different techniques. Offsets would perhaps be expected as a result of the differences in 

sample preparation and introduction systems between the two methodologies. A recent 

interlaboratory comparison has shown that while there was no significant difference 

between the two analytical techniques when samples have simple matrices (e.g. boric 

acids, seawater), an offset did exist in samples with a CaCO3 matrix (Foster et al., 

2013). However, despite differences in the absolute measured δ11B, evidence suggests 

that relative changes are consistent between methods. Consequently δ11B data measured 
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using NTIMS, such as calibration data, can be used to interpret MC-ICP-MS data, as 

long as the offset is properly parameterised.  

2.3.5 Multicollector inductively coupled plasma mass spectrometry (MC-

ICPMS) method 

2.3.5.1 Laboratory Protocol 

The MC-ICPMS method requires that the CaCO3 sample (in this case foraminiferal 

calcite) is first cleaned to removed clay particle and organic material and then separated 

from the Ca (plus trace element) matrix prior to analysis using chromotography.  The 

additional preparatory steps before δ11B analyses mean that maintaining a low 

laboratory blank is of great importance. Boron blank is typically derived from 3 sources: 

(1) fall-in from airborne boron (2) Boron in reagents (3) Boron adhered to sample 

vessels.  

Fall in from airborne boron can be reduced, but not totally eradicated, by using boron 

free HEPA filters within the clean laboratory. The fall-in boron blank is most significant 

during column chemistry, which typically takes between 5 and 6 hours. Covering the 

columns with plastic lids between pipetting acts to minimise this. The magnitude of B 

contamination during column chemistry is determined using a total procedural blank 

(TPB).  During each batch of columns a solution containing 0.5 M nitric acid and buffer 

solution, in the same proportions as the sample, is passed through the columns. This is 

then analysed for boron concentration and an approximate isotope composition is 

determined. The amount of fall-in blank is relatively low (8 pg/hr), however, the light 

isotopic composition of the blank (0 to -20 ‰) can mean it’s significant for smaller 

samples (>10 ppb). This is discussed further below.  The two main reagents used in 

sample preparation are MilliQ (MQ) water treated with © EMD Millipore pack and 0.5 

M nitric acid. The MQ unit is fitted with a Milli-Q Q-guard (© EMD Millipore) pack, to 

remove boric acid, which is not removed by conventional reverse-osmosis water 

purification techniques that primarily target charged species. The 0.5 M nitric acid is 

made by diluting 14.2 M analytic grade nitric acid that has undergone Teflon 

distillation. All standards used during the analysis are also made from the same 0.5 M 

nitric acid and MQ, maintaining a constant blank level and molarity between sample 

and the standard, therefore reducing the risk of a sample-standard offset. The Na-acetate 
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buffer required for column chemistry (see below) is cleaned using Amberlite IRA 743 

resin prior to use. All Teflon is cleaned using the protocol in Appendix A. 

2.3.5.2 Foraminiferal cleaning protocol 

Foraminiferal cleaning is based on the approach of Barker et al., (2003). Foraminifera 

are cracked open to ensure all the chambers are exposed to the cleaning treatment. The 

foraminifera are then ultrasonicated for 30 seconds and rinsed using MQ water (18.2 

MΩ) to remove clays. Clay removal is important as δ11B decreases as clay content 

increases as a result of the release of isotopically light boron from within the sheets of 

the clay mineral (Deyhle and Kopf, 2004). This is then repeated between five and ten 

times. The precise ultrasonicating time and number of repeats is dependent on the 

wattage of the ultrasonic bath. After finding an 80 W bath was not sufficiently removing 

the clays and a 285W bath destroyed the foraminifera we used a 200 W bath following 

the instructions above. Typically older samples required more clay removal steps and 

planktic foraminifera were more susceptible to clay contamination than benthics.  

Next organics are removed by oxidative cleaning. A 500 µl solution of analytical grade 

1% H2O2 in 0.1 M NH4OH4 is added to each sample and heated in a water bath to 80 oC 

for 3 x 5 mins. Between each 5 minute step the samples were tapped and ultrasonicated 

for 15 seconds to remove any CO2 bubbles produced during the oxidation of organic 

material. Removal of organic material is not only important in terms of removing boron 

isotope contamination but also to ensure the longevity of the columns. Organic material 

can retard the flow of the liquid through the columns, reducing the yield of boron eluted 

from the columns. Samples are then subject to a weak acid leach in 0.0005 M HNO3 for 

30 seconds to remove any readsorbed contaminants. To dissolve, 200 µl of Milli-Q and 

50 µl of 0.5 M HNO3 is added to each sample. Additional acid is added in increments of 

25 µl until dissolution is completed, with additional ultrasonication as required. A 

minimum amount of acid is added to the samples to both reduce the risk of leaching 

boron from any remaining particulate matter and reduce the volume of cleaned buffer 

that is added before column chemistry (see below). Using a heated ultrasonic bath 

during dissolution can reduce the volume of acid needed. To ensure no contaminant 

particulate matter is added to columns, samples are centrifuged for ~ 5 min at 1400 rpm, 

and the bottom 20-50 µl is not taken for analysis. The supernatant is removed and 
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transferred to clean screw top teflon for storage prior to columns. Reductive cleaning is 

not conducted as boron is not present in Fe-Mn oxides in large quantities. 

To assess the effect of incomplete cleaning, the δ11B and trace element composition of 

cleaned and uncleaned foraminifera from both the Holocene and the Miocene were 

measured. The samples consisted of single species G. sacculifer and G. sicanus from 

Site 999 and Site 761 for the Holocene and Miocene respectively. For the Miocene 

samples, foraminifera were crushed and homogenised before undergoing different 

treatments. For the Holocene sample, 27 foraminifera were analysed for each treatment, 

with double the quantity used for the partial dissolution test. Firstly, the effect of no 

cleaning on the δ11B of the sample was analysed. An uncleaned foraminifer has an 

isotopic ratio 5 ‰ and 4 ‰ lighter for the Holocene and Miocene samples respectively 

(Fig. 2-11, 2-12). Typically the lighter isotope (10B) preferentially adheres to the clay 

particles and is incorporated into organic matter, explaining the offset of the δ11B to 

lighter values. Clays, removed between no cleaning and clay cleaning, have the largest 

influence on the isotopic signal causing a 3 ‰ shift in δ11B in both cases. Organic 

material removed between clay cleaning only and full clean, causes a 1 ‰ shift in the 

Miocene sample and a 2 ‰ shift in the Holocene sample, the difference most likely a 

consequence of more organic matter remineralisation with time and depth within the 

sediment column. It has been well documented that Mg/Ca is distributed as high and 

low bands in foraminiferal calcite and consequently full dissolution of samples is 

needed to ensure an average signal (Sadekov et al., 2005). Here the effect of partial 

dissolution on δ11B was tested by removing dissolved carbonate from a fully cleaned 

sample after the addition of 30 µl of acid (Partial cleaning 1). Partial cleaning (2) is the 

rest of the sample, dissolved after removal of the material dissolved in the first acid 

addition. It was found that the isotopic value of the partially dissolved calcite and the 

remnant calcite, dissolved after the partially dissolved fraction was removed, were the 

same, suggesting that for δ11B at least this effect may not be as large (Fig. 2-12). 
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Figure 2-11: The evolution of δ11B (blue diamonds) and Al/Ca (green diamonds) with each 
cleaning step on G. sacculifer (with sac) from Holocene ODP sample 668B 1 1W 8-10cm. 
Samples were uncleaned, clay cleaning only and both partially dissolved (1) and (2) underwent 
full cleaning. Partial cleaning (1) was removed from a fully cleaned sample after the addition of 
30 µl of acid. Partial cleaning (2) is the rest of the sample, dissolved after removal of the 
material dissolved in the first acid addition. Error bars show 2 s.d. external reproducibility. 

 

Figure 2-12: The evolution of δ11B (red diamonds) and Al/Ca (green diamonds) with each 
cleaning step on Gs. sicanus from combined Miocene ODP samples 761B 6 3W 118-120 cm, 
123-125 cm 4W 28-30 cm, 33-35 cm, 5W 8-10 cm. Samples were uncleaned, clay cleaning only 
and full clean (1) and (2). Full clean (1) has an Al/Ca of 55 µmol/mol and full clean (2) has an 
Al/Ca of 102 µmol/mol. Both δ11B estimates are within uncertainty of each other suggesting that 
Al/Ca in this range at least does not affect δ11B. Error bars show 2 s.d. external reproducibility. 

2.3.5.3 Column chemistry 

In order to measure δ11B by MC-ICPMS, the boron is removed from the calcium 

carbonate matrix using boron specific Amberlite IRA-743 resin (Lemarchand et al., 
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2002a). The approach described in Foster et al., (2013) is followed, and is briefly 

described here.  At high pH, the partitioning coefficient between the Amberlite resin 

and the boron is high and consequently practically 100% of the boron is bound (Fig. 2-

13) (Lemarchand et al., 2002a). To maintain an elevated pH and ensure high levels of 

boron absorption on to the Amberlite IRA 743, the dissolved samples are buffered to a 

pH of 5. To ensure this is achieved for each sample, Na-acetate buffer equivalent to two 

times the amount of acid used during dissolution is added. The buffered samples are 

loaded on to columns and washed in using MQ water (Table 2-2). The sample is 

collected from the resin by decreasing the pH through addition of 0.5 M HNO3. At low 

pH the partitioning coefficient of the resin for boron decreases and the boron is eluted 

(Lemarchand et al., 2002a).  The samples are eluted by pipetting between 96 µmol and 

120 µmol of 0.5M HNO3 on to the resin (Table 2-2). The elution volume is dependent 

on the uptake rate of the MC-ICPMS nebulizer (see below) but should be kept to a 

minimum in order to maximize the concentration of the sample. This step is repeated 

five times with approximately 5 minutes between each acid addition to ensure full 

equilibration of the resin to the decrease in pH. Isotopic fractionation occurs during the 

elution process and consequently it is important complete elution takes place. This 

procedure typically results in column yields of approximately 99.9 %. An acceptable 

level of elution is tested for by passing additional acid through the columns (column 

‘tails’), equivalent to 4x column volume following sample collection and measuring the 

boron concentration.  
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Figure 2-13: Changes in the partition coefficient between boron and the N-methyl-glucamine 
groups of Amberlite IRA 743 resin versus value of pH from (Lemarchand et al., 2002a). Results 
from batch experiments. Note the high affinity of the resin for boron at high pH. 

 

 

Table 2-2: Column chemistry protocol. The entire process takes between 5 and 6 hours. After 
collection the samples are stored in screwtop Teflon vial that have been cleaned according to the 
protocol in Appendix A.  
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Typically a set of columns needs to be reconditioned every 6-8 months as the liquid no 

long effectively drips through the column and the resin degrades. In most cases an 

increase in the % of boron in the columns ‘tails’ occurs before the isotopic composition 

of the samples is compromised and is therefore a good indicator of when the columns 

need reconditioning. The steps involved in column reconditioning include removing all 

the resin through ultrasonication, cleaning the columns following the Teflon cleaning 

protocol (Appendix A) and reloading new resin. Ways to increase the lifetime of the 

columns include ensuring complete removal of organic matter from the samples. This 

has proved particularly important in coral samples. Cleaning the columns with MQ after 

use and storing the columns in MQ can slow down the degradation of resin as a result of 

exposure to acid. 

2.3.5.4 δ11B measurement using MC-ICPMS 

The δ11B samples have been analysed using the Thermo Neptune MC-ICPMS at the 

University of Southampton following (Foster, 2008; Foster et al., 2013; Henehan et al., 

2013). Samples are introduced into a teflon barrel spray chamber using a fused ESI Ltd. 

PFA 75µl/min teflon nebuliser. The aspiration properties of the nebuliser are key to good 

machine stability as this determines the rate and stability of the delivery of the sample to 

the plasma. To ensure good boron sensitivity the sample gas flow was typically set 

above the maximum limit for the teflon nebuliser consequently reducing the lifetime of 

the nebuliser to 6 months. Ammonia gas is also added into the spray chamber (2-3 

ml/min NH3) to improve boron washout (Al-Ammar et al., 2000). The machine is tuned 

for a combination of sensitivity and stability using NIST SRM 951 (Catanzaro et al., 

1970). Torch position, sample gas, and source lenses are tuned for maximum sensitivity 

(Table 2-3). Peak shape is optimised using source lenses and shape to ensure a broad 

flat-topped peak with limited tailing on either side (Fig. 2-14). The sample gas is then 

tuned for maximum stability by changing the sample gas and monitoring the change in 

isotopic ratio until a stability plateau is identified where the ratio no longer changes with 

changing sample gas (Fig. 2-15). This plateau changes as the machines warms up and 

between analytical sessions. Typically a 50 ppb solution produces a maximum signal of 

700-750 mV and a sample gas stability plateau signal of 500-600 mV.  
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Table 2-3: Typical machine parameters for the Thermo Neptune MC-ICPMS used at NOCS for 
boron isotope analysis. Gas fluxes are in L/min. Note that these settings often change between 
machines and analytical sessions. 

 

 

Figure 2-14: Example of a good 11B and 10B peak shape. Note flat top and limited ‘tails’ on each 
side of the peak. Both 11B and 10B peaks are plotted, the intensity of the 10B peak has been 
multiplied by 4.7 so both can be viewed on the same scale. 
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Figure 2-15: The typical output from a sample gas test. The isotope ratio (blue squares) tends to 
decrease as the sample gas is increased. The stability plateau (black dotted line) is defined by 
the point where the isotope ratio shows little change as the sample gas is changing. Increasing 
the sample gas leads to a decrease in intensity. The plateau intensity is usually 20 to 30% lower 
than the maximum intensity.  

 

The samples are bracketed by standard NIST SRM 951 to allow for accurate correction 

of machine induced mass fractionation. Standards are run between each sample and 

blank pots bracket every three samples in order to characterise the nature of fall-in blank 

during the machine run. The volumes of the blank pots match the samples and contain 

0.5 M HNO3. The blank pot is run using the same method as a sample and the average 
11B and 10B from the bracketing blank plots is subtracted from the samples. Within each 

analytical session two independent measurements of each sample are made (ensuring 

they don’t share blank pots or standards) and an average of the two measurements used 

to determine the final isotope ratio.  

The reproducibility of a dataset can be determined at a range of scales. The most 

comprehensive investigation of uncertainty accounts for the combined effects of 

measurement uncertainty and any external uncertainty that arises from sample 

processing. The long-term external reproducibility is characterised here by the repeat 

analysis of carbonate reference materials Japanese Geological Survey JCP-1 and JCT-1 

(Fig. 2-16a). This standard is also passed through the columns to include uncertainties 

in column chemistry and therefore represents external precision. Measurements of JCP 

and JCT are binned into different signal intensities (of 100 mV) and the two standard 

deviations (2σ) of each intensity group is determined and a line of best fit drawn 

through the data. In addition, long-term intermediate precision, determined by the repeat 
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analysis of a previously processed sample either within a single analytical session or 

during different analytical sessions, is monitored using boric acid, in-house standards 

BIG D and BIG E and the 2σ is defined in the same way.  

The uncertainty on the measurement is controlled by the beam size, which is dependent 

on the size of the sample and quality of the tuning. The precision and accuracy of small 

samples is ultimately determined by the detection system of the instrument (Wieser and 

Schwieters, 2005). In the case of δ11B analysis the signal is detected using a Faraday cup 

where the noise is mainly derived from the current amplifer system equipped with a 

high ohmic resistor to boost the signal. The relationship between signal size and 

uncertainty is best described using a double exponential where at below a critical level 

of signal size there is a rapid increase in 2σ (Fig. 2-16a). Two types of noise control the 

signal size uncertainty relationship: a) Johnson noise caused by inherent electrical noise 

on the detectors b) Shot noise derived from the statistics of detecting small numbers of 

ion arrival events at the detectors (Rae, 2011). The threshold beyond which there is a 

rapid increase in 2σ with decreasing signal size reflects a change in the dominant source 

of uncertainty from shot noise to Johnson noise (Rae, 2011). The contribution of 

Johnson to the analytical uncertainty is defined as: 

Δ! =   
4!!!"
!!

                                (2.14) 

where ΔV is the 1 standard deviation noise in volts, kB is the Boltzmann constant, R is 

the resistor value in ohm, T is the temperature in Kelvin and tm is the integration time in 

seconds. 



  Chapter 2 

 57   

 

Figure 2-16: External reproducibility curve based on repeat measurements of Japanese 
Geological Survey JCP-1 (closed diamonds) and JCT (open diamonds) following the method 
outline in (Rae et al., 2011) across the intensity range of samples in this thesis. JCP 
measurements were made using (a) 10^11 Ω resistors (b) 10^12 Ω resistors. Samples are run 
through columns and then analysed incorporating uncertainty in both stages of the procedure. 
Note the reduced 2 s.d. using the 10^12 Ω resistors in the 75 to 250 mV intensity range.  

 

2.3.5.5 Reproducibility 10^11 vs 10^12 resistors 

Typically 10^11 Ω resistors are used on the Faraday cups.  However, the recent 

development of 10^12 Ω resistors has led to a reduction in uncertainties at low signal 

intensity. The 10^12 Ω resistors increase the signal in volts by a factor of 10. While the 

noise also increases according the equation above, it does so by only a factor of 10 
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meaning the signal to noise ratio is increase by a factor of 3 (Wieser and Schwieters, 

2005; Koornneef et al., 2013). In terms of the δ11B reproducibility curve this acts to 

reduce the signal size at which Johnson noise becomes the predominant source of 

uncertainty and 2σ rapidly increase. To assess the affect of using 10^12 Ω resistors on 

the intermediate reproducibility of δ11B, repeat analysis of 5 ppb (signal intensity 75 

mV) and 10 ppb (signal intensity 150 mV) in-house boric acid standard BIG E (δ11B = 

14.72 ‰) was conducted. Unlike the 10^11 Ω resistors, the 10^12 Ω resistors require a 

stablisation period before analysis can start and consequently an idle time of two 

seconds was added to the method between sample uptake and analysis. In the case of 

both single and repeat analysis, and for both 5 ppb and 10 ppb samples the 2 standard 

deviations (2σ) with the data set for each concentration improved compared to the 

uncertainty curve determined using the 10^11 Ω resistors  (Fig. 2-17, 2-18; Table 2-4, 

2-5). In the case of two repeat analyses on a 5 ppb sample the uncertainty decreased by 

around half (Fig 2-18; Table 2-5). This has important implications for δ11B analysis, 

which is often limited by sample size.  

 

Figure 2-17: δ11B variability associated with a) 1 replicate and b) 2 replicates of a 10 ppb sample 
of BIG E measured using 10^12 Ω resistors. Error bars show internal (machine) 2 s.d. 
reproducibility. Dashed line shows the mean of the replicates. Solid lines show the 2 s.d. 
external reproducibility of the whole dataset. External 2 s.d. for 1 replicate is 0.25 ‰ and 2 
replicates is 0.19 ‰.  
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Table 2-4: Mean BIG E and 2 s.d. external reproducibility using 10^11 Ω resistors and 10^12 Ω 
resistors for a 10 ppb sample (Blank corrected intensity =150 mV). 

 

To test the effect of 10^12 Ω resistors on external reproducibility in δ11B analysis small 

JCP samples that had undergone full column chemistry were analysed. The increased 

precision of these measurements meant it was possible to determine the effect of the 

δ11B blank through column chemistry on the δ11B of small samples. The effectiveness of 

the total procedural blank (TPB) correction (20-50 pg, mean δ11B -19 ‰) was also 

assessed. 5 ppb and 10 ppb samples were measured and the reproducibility of these 

samples was similarly improved, although more work is needed to characterize the 

uncertainty at high (>500 mV) and low (< 75 mV) signal intensities (Fig, 2-16b, Table 

2-6). However, the JCP mean values were lighter (0.3 ‰ for 10 ppb samples, 0.6 ‰ for 

5 ppb samples) than that characterised by using the 10^11 Ω resistors (δ11B = 24.3 ‰), 

suggesting that fall-in blank during column chemistry does become significant for 

smaller samples. Applying the TPB associated with each sample set corrects the 10 ppb 

JCP back to values determined by the lab in Southampton and other external sources. 

The 5 ppb samples tend to be overcorrected by the TPB correction, however, are still 

within uncertainty of the determined value (Table 2-6). At smaller sample sizes the 

blank forms a larger proportion of the boron in the sample, therefore, inaccuracies in 

determining the nature of the blank will have a larger influence on the δ11B. The 

overcorrection of 5 ppb samples may be a result of a mismatch in the volume of 

different reagents that typically make up a small JCP sample and the TPB. The TPB is 

made to replicate the composition of the sample (typically 75µl HNO3, 150 µl buffer). 

The high B/Ca of JCP coral often means a 5 ppb sample comprises only 7 µl HNO3 

(containing the sample) and therefore 14 µl of buffer. With the improved precision of 

the 10^12 Ω resistors the offsets in small samples may give additional insights into the 

nature of the blank δ11B.  
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Figure 2-18: δ11B variability associated with a) 1 replicate and b) 2 replicates of a 5 ppb sample 
of BIG E measured using 10^12 Ω resistors. Error bars show internal (machine) 2 s.d. 
reproducibility. Dashed line shows the mean of the replicates. Solid lines show the 2 s.d. 
external reproducibility of the whole dataset. External 2 s.d. for 1 replicate is 0.48‰ and 2 
replicates is 0.32 ‰.  

 

 

Table 2-5: Mean BIG E and 2 s.d. external reproducibility using 10^11 Ω resistors and 10^12 Ω 
resistors for a 5 ppb sample (Blank corrected intensity =75 mV). 

 

Table 2-6: Mean JCP and 2 s.d. external reproducibility using 10^11 Ω resistors and 10^12 Ω 
resistors for a 5 ppb (Blank corrected intensity = 70 mV) and 10 ppb sample (Blank corrected 
intensity = 121 mV). For the samples analysed using 10^12 Ω resistors mean JCP values are 
shown with and without a TPB correction. 

 

In this thesis data from Chapter 5 are measured using 10^11 Ω resistors and corrected 

using a TPB of 20 pg and -19‰. The data in Chapter 4 and Chapter 6 are measured 

using both the 10^11 and 10^12 Ω resistors. The samples measured with the 10^12 Ω 

resistors are corrected using the concentration of boron measured in the TPB for each 
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column set and an isotopic ratio of -5 ‰, determined by correcting the small samples 

back to the mean value of the larger samples. 

2.4 Elemental Analysis 

Prior to column chemistry a small aliquot of the sample (20 µl) is taken from the 

cleaned and dissolved sample for elemental analysis. This 20 µl aliquot is then added to 

130 µl of 0.5 M HNO3 and an aliquot of this sample (20 µl) is added to a further 200 µl 

of acid to test the [Ca] in the sample. The [Ca] test is carried out on either the Thermo 

Element 2 ICP-MS or the Thermo Scientific XSeries 2 ICP-MS at the National 

Oceanography Centre, Southampton. Once the [Ca] is known, the sample solution is 

diluted so that the concentration of the sample matches the bracketing standards. 

Typically 2mmol [Ca] solutions were ran and bracketed by an in house gravimetric 

standard (BSGS+B2). For some measurements the samples were bracketed by the 

Cardiff University in-house standard MCS-B. Three samples are measured between 

each pair of bracketing standards and washout blank is accounted for by measuring a 

blank pot containing 0.5 M HNO3 between each standard/sample. Analysis was carried 

out for a suite of elements on the Thermo Element 2 ICP-MS (see Appendix F), 

although the only elemental ratio used in this thesis are Mg/Ca for paleotemperature 

estimates and Al/Ca to determine the efficiency of sample cleaning. Samples are 

introduced into a teflon barrel spray chamber using a fused ESI Ltd. PFA teflon 

nebulizer and ammonia gas is added to the spray chamber in order to improve the boron 

wash out (Al-Ammar et al., 2000).  The instrument is tuned using 0.1 ppb multielement 

tuning solution with 0.5 ppb of boron. Li, U, In, B and UO are all monitored during 

tuning to ensure good sensitivity across the entire mass range of elements while 

minimizing oxides. Consistency standards CS1, 2 and 3 are also analysed during every 

run to monitor to reproducibility of element ratios.  

2.5 Oxygen and Carbon Isotope Analysis 

Oxygen and carbon isotope analysis does not require the same degree of cleaning prior 

to analysis. In the case of the planktic foraminifera in Chapter 3 the samples were 

ultrasonicated in deionised water prior to analysis. Samples were measured on a gas 

source mass spectrometer (Europa GEO 20-20, University of Southampton UK) 
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equipped with automated carbonate preparation device. The majority of planktic and 

benthic foraminifera pairs in Chapter 4 were measured at Cardiff University on a 

ThermoFinnigan MAT 252 coupled with a Kiel III carbonate device for automated 

sample preparation. Additional samples were measured in the lab in Southampton and 

on a Finnigan MAT 253 gas isotope ratio mass spectrometer connected to a Kiel IV 

automated carbonate preparation device at the Zentrum für Marine Tropenökologie 

(ZMT), Bremen. Stable isotope results are reported relative to the Vienna Peedee 

belemnite (VPDB) standard. 

2.6 Scanning Electron Microscopy (SEM)  

Images were taken of foraminifera from several sites in Chapter 3, in order to determine 

changes in the morphology of G. bulloides through time. Foraminifera were 

ultrasonicated for 5 seconds in deionised water in order to remove adhered clays and 

Coccolithophores. Samples were then mounted on to the stub in the required orientation 

and gold coated using a Hummer VI A sputter coater. The gold coating improves the 

backscattering of secondary electrons from the sample, improving image quality. The 

stub was gold coated between one and four times at 45o angles to ensure good coverage. 

SEM images were then taken in secondary electron mode on the Leo 1450-VP SEM.  
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Chapter 3:  Morphology and life habit of the 

planktic foraminifera G. bulloides across 

the Oligocene-Miocene boundary.  
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Abstract: 
Understanding the life habits of planktic foraminifera is key to interpreting the trace 

metal and isotopic composition of their calcareous tests in terms of a reliable indicator 

of paleo-environment. Globigerina bulloides and its predecessor Globigerina 

praebulloides have an evolutionary history stretching back to the late Eocene time. This 

long stratigraphic range makes these taxa an attractive choice for generating 

palaeoclimatic records. The physiology of modern G. bulloides means, however, that 

there are large offsets between the isotopic and trace metal composition of the test 

calcite and the parent seawater. This problem is overcome when working in the 

relatively recent geological past through the application of suitable calibrations for G. 

bulloides. Uncertainties remain, however, over the applicability of modern calibrations 

to geochemical records generated for the more distant geological past using G. 

praebulloides. Here we present oxygen and carbon isotope size fraction data and 

scanning electron microscope images for G. praebulloides for snapshots of time across 

the Oligocene-Miocene transition, OMT (~ 23 Ma). In most samples our data reveal 

patterns consistent with a foraminifer that houses symbionts, whereas the modern 

species (G. bulloides) is asymbotic.  In keeping with work elsewhere, we find that the 

wall texture of the Oligocene-Miocene species in our samples shows more similarities 
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to that of a modern ‘Globigerinoides -type’ than to a ‘Globigerina-type’ foraminifer. 

These results strongly suggest that geochemical calibrations based on modern day G. 

bulloides are not applicable to use in material of Oligocene-Miocene boundary age. A 

compilation of published carbon isotope data show that the strong isotope 

disequilibrium characteristic of present-day G. bulloides emerged in late Middle to early 

Late Miocene times (~ 7 Ma) making this interval attractive for further study in the 

quest to understand the evolutionary history of this palaeoceanographically useful 

taxon. 

3.1  Introduction 

Modern Globigerina bulloides is a surface dwelling, non-symbiotic spinose planktic 

foraminifera typically found in temperate, sub-polar and upwelling environments, where 

it often makes up a substantial fraction of the planktic assemblage (Prell and Curry, 

1981; Hemleben et al., 1989; Sautter and Sancetta, 1992; Peeters et al., 2002). Oxygen 

and carbon stable isotope studies suggest that, while the species calcifies in surface 

waters, it does so out of isotopic equilibrium with seawater (Kahn and Williams, 1981; 

Sautter and Thunell, 1991). A positive relationship between size and δ18O in G. 

bulloides, has been attributed to a lifecycle involving significant vertical migration with 

the addition of a gametogenetic calcite crust at thermocline depths in the latter stages 

(Hemleben et al., 1989). δ13C disequilibrium for G. bulloides is one of the most 

pronounced seen among modern foraminifera (offset ~ 2 ‰ from the δ13C of dissolved 

inorganic carbon) and appears to be correlated with test size (Elderfield et al., 2002; 

Friedrich et al., 2012; Birch et al., 2013). The relationship between size fraction and 

δ13C (Fig. 3-1), and to some extent the correlation of size fraction and δ18O, is suggested 

to be controlled by the incorporation of progressively less metabolic CO2 into the test as 

the foraminifer grows because of slowed growth, reduced metabolic activity and less 

kinetic fractionation into adulthood (Spero and Lea, 1996; Birch et al., 2013). Modern 

G. bulloides is not alone in showing a positive correlation between δ13C and test size. A 

comparable correlation exists in dinoflagellate symbiont-bearing foraminifera (Fig. 3-1), 

however, in those taxa metabolic CO2 incorporation is the dominant control on δ13C in 

juveniles and photosymbiosis-induced fractionation controls δ13C in larger tests (Birch 

et al., 2013). Consequently, while the δ13C trend with size is the same in both 
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dinoflagellate symbiont-bearing foraminifera and in asymbiotic G. bulloides, the 

controls on δ13C fractionation may be different in the larger size fractions. 

 

Figure 3-1: δ13C versus size fraction for modern G. ruber (purple) and G. bulloides (red). The 
data are taken from Birch et al., (2013) (diamonds), Elderfield et al., (2002) (circles) and 
Friedrich et al., (2012) (crosses). The gradient of the δ13C size fraction relationship is 
approximately comparable in G. ruber and G. bulloides.  

 

A long stratigraphic range means that G. bulloides and its assumed ancestral form, G. 

praebulloides, have the potential to be extremely useful for palaeoclimatic 

reconstructions (Grant and Dickens, 2002; Pahnke et al., 2003; Majewski and Bohaty, 

2010). Yet considerable uncertainty surrounds the taxonomy, ecology and evolutionary 

history of these taxa and also, therefore, the applicability to the geological record of the 

modern calibrations that are used to reconstruct palaeoclimate records from 

geochemical data sets.  Most taxonomic texts state that G. bulloides first evolved in the 

middle Miocene, although G. praebulloides, which is morphologically similar, first 

originated during the late Eocene (Blow and Banner, 1962). Appropriate application of 

modern calibrations to the fossil record requires consistency of life habit through time. 

Demonstration of a positive correlation between δ13C and size fraction in G. 

praebulloides of Oligocene age from outcrops of the Cipero Formation, Trinidad 

suggests that this taxon may have possessed dinoflagellate symbionts (Pearson and 

Wade, 2009), however, further work is necessary to investigate the presence of other 

isotopic patterns characteristic of symbiotic foraminifera and thus discount the 

possibility that this relationship was caused by size dependent metabolic carbon isotope 
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fractionation as seen in the modern taxon. Pearson and Wade (2009) also concluded that 

the morphological differences between G. bulloides and G. praebulloides are within the 

range of variability seen in the modern species, raising the question of whether both of 

these taxa should simply be assigned to G. bulloides. Hereafter, therefore, we refer to 

the modern taxon as G. bulloides sensu stricto (s.s.) and the taxon of Oligo-Miocene age 

as G. bulloides sensu lato (s.l.). We present oxygen and carbon isotope data for G. 

bulloides (s.l.) from three sites for samples of OMT age (~22-25 Ma). The majority of 

samples analysed show the isotopic patterns that are typically used to identify symbiont-

bearing foraminifera. We also present a compilation of published carbon isotope data 

for both G. bulloides (s.s) and (s.l.) plotted against time-equivalent other epi-pelagic 

taxa. These data suggest that the strong carbon isotope disequilibrium characteristic of 

present-day G. bulloides emerged in late middle to early late Miocene times (~ 7 Ma). 

3.2 Materials and Methods 

Planktic foraminifera were analysed from Ocean Drilling Program (ODP) Site 925 

(4°12.249′N, 43°29.334′W, 3042.2 m present water depth), Integrated Ocean Drilling 

Program (IODP) Site 1264 (28°31.95′S, 2°50.73′E, 2505 m present water depth) and 

IODP Site 1406 (40°21.0′N, 51°39.0′W, 3798.9 m water depth). The preservation of 

these foraminifera ranges from frosty (Site 925) to glassy (Site 1406) (Sexton et al., 

2006a). Age models are based on Expedition 342 Scientists, (2012), Liebrand et al., 

(2011) and Stewart et al., (2012) (and references therein) for Site 1406, Site 1264 and 

Site 925 respectively. G. bulloides (s.l.) were picked from narrow size fractions between 

180 and 355 µm. Samples were cleaned by ultrasonication in deionised water to remove 

clays and between 6 and 29 specimens were analysed from each size fraction. The 

surface dwelling, symbiont-bearing foraminifera Globigerina primordius and 

asymbiotic foraminifera species Globoquadrina dehiscens, Paragloborotalia 

siakensis/mayeri and Paragloborotalia bella were also analysed at some sites, for 

comparison. Stable isotopes were determined by a gas source mass spectrometer 

(Europa GEO 20-20, University of Southampton UK) equipped with automated 

carbonate preparation device. Stable isotope results are reported relative to the Vienna 

Peedee belemnite (VPDB) standard with external analytical precision of ±0.05‰.   
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Foraminifera were prepared for scanning electron microscopy (SEM) by ultrasonication 

for 5 seconds in deionised water in order to remove adhered clays and 

Coccolithophores. Samples were then mounted on to the stub in the required orientation 

and gold coated using a Hummer VI A sputter coater. The gold coating improves the 

backscattering of secondary electrons from the sample, improving image quality. The 

stub was gold coated between one and four times at 45o angles to ensure good coverage. 

SEM images were then taken in secondary electron mode on the Leo 1450-VP SEM. 

3.3 Results and Discussion 

3.3.1 Wall texture 

Similar to observations made in G. bulloides (s.l.) from Trinidad (Pearson and Wade, 

2009), the SEM images presented here show that the wall texture of G. bulloides (s.l.) at 

Site 1406, Site 1264 and Site 925 exhibits a regular reticulate network akin to a 

‘honeycomb’ texture (Fig. 3-2; 2-4). The lack of much digenetic alteration at Site 1406 

makes the SEM images from this site ideal for more in depth analysis of the 

foraminiferal test.  The wall texture of G. bulloides (s.l.) at this site is characterised by 

clearly defined ridges and pores at the junctions of the ridges (Fig. 3-2; 5). The wall 

texture of modern G. bulloides (s.s.) is quite different with flatter walls and pore pits 

penetrating an unmodified surface (Fig. 3-2; 1) (Steineck and Fleisher, 1978). The pores 

in modern G. bulloides (s.s.) are densely packed, irregular and in some cases ajoining, 

except in newly formed chambers. The features we describe for G. bulloides (s.l.) show 

more similarity to the Globigerinoides (Genus) (many species belonging to this Genus 

host symbionts). Similar to the G. bulloides (s.l.) the wall texture in the Globigerinoides 

(Genus) is coarsely perforated, pores are located within pits separated by ridges in a 

‘honeycomb’ arrangement and spines are localised at ridge intersections (Steineck and 

Fleisher, 1978). The difference in the wall structure of the Globigerina (Genus), which 

G. bulloides (s.s.) belongs to, and the Globigerinoides (Genus), has been attributed to 

differences in the way the calcite is precipitated (Cifelli, 1982). While both genera are 

thought to have similar textural development, it is suggested that pore formation occurs 

at the same time as ridge development in the Globigerina group, preventing the 

formation of an organized honeycomb structure (Cifelli, 1982). The similarity in wall-

texture between G. bulloides (s.l.) and modern symbiont dwelling foraminifera may 
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provide some potential evidence, albeit indirect, that G. bulloides (s.l.) hosted symbionts. 

It is important to note, however, the relationship between foraminiferal wall texture and 

ecology is not well understood (Sexton et al., 2006b). For instance, an analysis of the 

wall textures and δ13C and δ18O inferred depth habitats in late to middle Eocene 

foraminifera concluded that the wall textures of a planktic foraminifera is an 

evolutionarily conservative feature of the test, little influenced by habitat or ecology 

(Sexton et al., 2006b). Consequently while wall texture can be used to highlight 

morphological differences between G. bulloides (s.l.) and G. bulloides (s.s.), we need to 

turn to geochemical data to further assess the question of symbiont activity. 

 

Figure 3-2: G. bulloides wall texture and specimens. 1. Typical ‘G. bulloides (s.s.)’ type wall 
texture from Holocene, north Atlantic specimen (980A 1H 2W 100-102). Photo courtesy of 
Michael Henehan. 2. G. bulloides (s.l.) from Site 1406. (a) umbilical view (1406A 8H 5W 72-
74); (b) spiral view (1406A 8H 5W 72-74); (c) side view (1406A 8H 5W 72-74). 3. G. bulloides 
(s.l.) from Site 1264. (a) umbilical view (1264B 25H 1W 109.5-110.5); (b) spiral view (1264B 
25H 3W 119.5-120.5); (c) side view (1264B 25H 1W 109.5-110.5). 4. G. bulloides (s.l.) from 
Site 925. (a) umbilical view (154-925A-22R-7W, 30–32 cm); (b) spiral view (154-925A-22R-
7W, 30–32 cm) from Stewart et al., (2012). 5. Wall texture image of a well-preserved specimen 
from Site 1406 (1406A 8H 5W 72-74). A Globigerinoides type ‘honeycomb’ wall structure can 
be identified. For 1 and 5 the scale bar is 10µm. For 2-4 the scale bar is 100µm. 
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3.3.2 Carbon isotopes: interspecies offsets and body size gradients 

Traditionally the presence of four isotope patterns in extinct foraminifera are used as an 

indicator for dinoflagellate symbionts (Norris, 1996); (1) the lowest δ18O of the whole 

foraminifer assemblage, (2) the absence of change in δ18O with increasing size fraction, 

(3) the most positive δ13C in the assemblage, (4) a large increase in δ13C with increasing 

size fraction. The relationship between δ13C and size fraction is most commonly used to 

determine the presence of symbionts (Berger et al., 1978; Spero and DeNiro, 1987; 

Spero and Lea, 1993; Edgar et al., 2012), however, this test is not applicable to 

chrysophyte algal symbionts, which do not demonstrate the size fraction δ13C 

relationship in the modern ocean (Norris, 1998; Bornemann and Norris, 2007).  We 

employ these principles modified in light of the findings of a recent re-evaluation of 

core top and tow data from the modern ocean suggesting that a steep slope in the 

relationship of size and δ13C and the lowest δ18O of the assemblage are likely to be the 

most reliable of these criteria (Ezard et al., 2015).  

Figure 3-3 shows new and published size fraction δ13C data for G. bulloides (s.l.) taken 

from samples of OMT age from a latitudinal transect of sites in the Caribbean and 

Atlantic Ocean. Data from north/equatorial Atlantic (I)ODP Sites 1406 and Site 925 

show an increase in δ13C with test size with a gradient ranging between 0.0045 ± 0.002 

‰ µm -1 and 0.0102 ± 0.0018  ‰ µm -1. These gradients are at least as great as those 

seen in the modern dinoflagellate symbiont-bearing foraminifera Globigerinoides ruber 

(0.0031-0.0096 ‰ µm -1) and Globigerinoides sacculifer with sac (0.0022-0.0036 ‰ 

µm -1) (Ravelo and Fairbanks, 1995; Elderfield et al., 2002; Friedrich et al., 2012; Birch 

et al., 2013). However, the gradients are also comparable to modern G. bulloides (s.s.) 

(0.0022-0.010 ‰ µm -1) (Fig. 3-1) (Elderfield et al., 2002; Birch et al., 2013; Friedrich 

et al., 2012). The positive correlation between δ13C and size fraction is not seen in our 

data set from South Atlantic IODP Site 1264. Figure 3-4a shows the carbon isotopic 

fractionation between G. bulloides (s.l.) and another Oligo-Miocene age surface dweller 

G. primordius for Site 925, Site 1264 and Trinidad. The modern carbon isotope offset 

between G. ruber and G. bulloides (s.s.) is also plotted for comparison. The δ13C value 

of G. bulloides (s.l.) is comparable to G. primordius, which has the most positive δ13C 

value in the assemblage during this time interval (Pearson and Wade, 2009).  There is 
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no evidence in G. bulloides (s. l.) for the large carbon isotope disequilibria that define 

G. bulloides (s.s.) (Fig. 3-3a) (Elderfield et al., 2002; Friedrich et al., 2012).  

 

Figure 3-3: G. bulloides (s.l.), P. bella, G. primordius and Gq. dehiscens δ13C plotted against 
size fraction for Site 1406 (a) 21.96 Ma (b) 23.08 Ma (this study), Site 1264 (c) 22.5 Ma (this 
study), Site 925 (d) 22.7 Ma (e) 24.2 Ma (this study and Stewart et al., 2012) and Trinidad (f) 
O6 (Pearson and Wade, 2009) across the Oligocene Miocene boundary.  

 

 

Figure 3-4: (a) δ13C and (b) δ18O for G. bulloides (s.s.)  (red) and G. ruber (purple) plotted for 
the modern from (Elderfield et al., 2002). G. bulloides (s.l.) (red) and G. primordius (purple) are 
plotted for Trinidad (Pearson and Wade, 2009), Site 1264 (this study) and Site 925 (this study 
and (Stewart et al., 2012)). The size of the data point reflects the size fraction the data were 
analysed from. 
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The δ13C -size fraction relationships observed in our data are consistent with data from 

Trinidad suggesting that the isotope patterns typically associated with dinoflagellate 

symbiont-bearing foraminifera are not limited to the Indian Ocean (Fig. 3-3) (Pearson 

and Wade, 2009). However, the correlation between δ13C and body size in G. bulloides 

(s.l.) cannot be used in isolation to infer the presence of dinoflagellate symbionts across 

this time interval because of the similar δ13C- body size relationship displayed in 

asymbiotic G. bulloides (s.s.) (Fig. 3-1). In G. bulloides (s.s.) the positive relationship 

between size fraction and carbon isotopes is also accompanied by a large offset in 

absolute δ13C values compared to other surface dwelling symbionts. These ‘vital effects’ 

cause the δ13C in the foraminiferal calcite to be offset to the extent that the δ13C is 

comparable to that of a thermocline dwelling foraminifera species (Friedrich et al., 

2012). Here, we interpret the positive correlation between δ13C and size fraction in the 

absence of pronounced δ13C isotopic disequilibrium present at Site 925, Trinidad and 

Site 1406 as evidence that G. bulloides (s.l.) hosts dinoflagellate symbionts. However, 

the absence of a positive correlation between δ13C and size fraction at Site 1264 means 

the same conclusion cannot be drawn for this site and it is possible that the foraminifera 

here hosts chrysophyte algal symbionts. At Site 1264 G. primordius, was analysed in 

contemporaneous samples and shows a clear relationship between δ13C and size fraction 

(Fig. 3-3) making it unlikely that diagenetic homogenisation of the isotopes or 

oceanographic effects are masking the correlation of δ13C and size fraction in G. 

bulloides (s. l.) (Pearson et al., 2001). An alternative explanation is that the species at 

Site 1264 may be a different morphotype of G. bulloides that does not host symbionts. 

Morphologically the G. bulloides specimens from Site 1264 are within the 

morphological variability seen in other sites, however, a degree of genetic variability 

has been found in modern G. bulloides (s.s.) in the North Atlantic suggesting that 

several genotypes may exist within one morphotype (Darling et al., 2003).  

3.3.3 Oxygen isotopes and depth habitat 

At Site 925, Trinidad and Site 1264 (where data is available) the oxygen isotope values 

of G. bulloides (s.l.) are compared to G. primordius, identified as having amongst the 

most negative δ18O values in the late Oligocene assemblage (Fig. 3-4b) (Pearson and 

Wade, 2009; Stewart et al., 2012). The two species show similar values, suggesting that 
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G. bulloides (s.l.) dwelled in the surface waters as it does in the modern (G. bulloides 

(s.s.)). In figure 3-5, new and published size fraction and oxygen isotopes data are 

plotted for Site 925, Site 1264, Site 1406 and Trinidad. At Site 1406, Site 1264 and 

Trinidad there is no clear correlation between δ18O and body size, whereas, both the 

samples from Site 925 exhibit a positive correlation between δ18O and body size (Fig. 3-

5).  The requirement for symbionts to have access to light means that the depth habitat 

of symbiont-bearing foraminifera is limited to the surface waters of the ocean. In the 

modern ocean symbiont-bearing foraminifera have the most negative oxygen isotope 

values as a result of the warm temperatures found in the surface ocean. The results in 

this study are consistent with the analysis of the late Oligocene planktic foraminifera 

assemblage that showed both G. primordius and G. bulloides (s.l.) have the amongst the 

most negative oxygen isotope values of all the species measured (Pearson and Wade, 

2009). Analysis of foraminiferal depth habitat relationships based on δ18O show that 

while the mode of carbon synthesis may have changed through time, G. bulloides (s.l.) 

remained in the surface waters across the Miocene (Gasperi and Kennett, 1992; 

Majewski and Bohaty, 2010),  

Patterns in δ18O and size fraction are more complicated to interpret than the relationship 

between δ13C and size fraction as conflicting explanations exist for the causes of the 

patterns exhibited.  Norris (1996) argued that limited depth migration driven by the 

requirement of the photosymbionts to remain in the photic zone means that the oxygen 

isotopes composition of symbiont-bearing foraminifera does not change with size 

fraction. In contrast, it is hypothesised that the positive correlation between δ18O and 

body size in G. bulloides (s.s.) is a consequence of depth migration during the life cycle 

and the decreasing contribution of metabolic CO2 to the isotopic signal with size 

(Norris, 1996; Spero and Lea, 1996). The relationship between size fraction and δ18O 

may alternatively be linked to the symbiont type (Ezard et al., 2015). In this 

interpretation a non-linear negative relationship between body size and δ18O is shown to 

be associated with dinoflagellate-symbionts, whereas a non-linear positive relationship 

is indicative of species without symbionts (species with chrysophyte symbionts show a 

linear slightly positive relationship). The lack of correlation between size fraction and 

δ18O at Sites 1406, 1294 and Trinidad suggests one or some combination of the 

following: (1) G. bulloides (s.l.) is not undergoing depth migration with increasing size 

in the same way as their modern counterparts (G. bulloides s. s.) (Norris, 1996). (2) The 
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species may host chrysophyte symbionts (which only show a slight positive relationship 

between size fraction and δ18O; Ezard et al., 2015). Whether the interpretation of Norris, 

(1996) or Ezard et al., (2015) is applied, the positive correlation between δ18O and body 

size at Site 925 is consistent with a non-symbiotic foraminifera. However, in size 

fractions < 300 μm (the size range of the majority of foraminifera in this study), the 

δ18O of modern symbiotic foraminifers Orbulina universa and Globigerinoides 

sacculifer positively correlates with size fraction (Birch et al., 2013). Consequently, the 

positive relationship between δ18O and size fraction at Site 925 may be as a result of the 

limited size range of G. bulloides (s.l.), making it difficult to analyse trends in δ18O and 

size fraction in the adult foraminifera. However, this hypothesis does not explain why 

the positive correlation between size fraction and δ18O is only seen at Site 925. Given 

the inconsistencies in the δ18O -size fraction relationship exhibited in the foraminifera in 

this study and given the need for further validation of the use of δ18O to determine 

symbiont type we treat the interpretation of this data with caution.  

 

Figure 3-5: G. bulloides (s.l.) size fraction plotted against δ18O for Site 1406 (a) 21.96 Ma (b) 
23.08 Ma (this study), Site 1264 (c) 22.5 Ma (this study), Site 925 (d) 22.7 Ma (e) 24.2 Ma (this 
study and Stewart et al., 2012; see Appendix B for details of data from this study) and Trinidad 
(f) O6 (Pearson and Wade, 2009) across the Oligocene Miocene boundary. 
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3.3.4 Potential Causes of Change in Carbon Synthesis Method at 7 Ma 

Understanding the extent to which G. bulloides (s.s.) and G. bulloides (s.l.) coexisted is 

key to interpreting isotopic and trace metal records produced from analysis of their tests. 

In Figure 3-6, we plot several datasets from the literature that contain carbon isotope 

data for both G. bulloides and an additional reference surface dweller for the same time 

intervals (although not in all cases the same sample) (Elderfield et al., 2002; Grant and 

Dickens, 2002; Ennyu and Arthur, 2004; Pearson and Wade, 2009; Friedrich et al., 

2012). The reference surface dweller is plotted to ensure that any changes in the δ13C 

composition of G. bulloides are not a result of changes in the δ13C composition of 

seawater DIC. A compilation of δ13C measurements (Fig. 3-6) made on dinoflagellate 

symbiont-bearing foraminifera is also plotted for reference (Roberts and Tripati, 2009). 

In the absence of SEM images to accompany these studies it is difficult to know 

precisely which G. bulloides type, as defined here, was analysed. However, the 

distinctiveness of the carbon isotope offset can be used to determine whether the data 

were generated on G. bulloides (s.s.) or G. bulloides (s.l.). Between 7 and 24 Ma there is 

no discernable carbon isotope offset between G. bulloides and the reference surface 

dweller suggesting that the symbiotic form was dominant during this interval. This 

finding does not negate the possibility that a G. bulloides (s.s.) also existed and follow-

up work is needed in order to fully define the prevalence of the two G. bulloides types 

across this interval. Between 0 and 7 Ma the carbon isotope difference between G. 

bulloides and the reference surface dweller is ~ 2 ‰ and in keeping with modern 

studies. Based on the available data it appears there is an absence of the symbiont-

bearing G. bulloides after 6.5-7.5 Ma with the exception of one sample at 1.92 Ma. 

More work is needed to fully map the evolutionary history of this species.  
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Figure 3-6: G. bulloides δ13C plotted against time (solid diamonds). An alternative surface 
dweller is also plotted (open diamonds). Dark grey data are from a planktic foraminifera δ13C 
compilation by (Roberts and Tripati, 2009). A 2nd order polynomial is fitted through the dataset. 
Published data for G. bulloides and another surface dwelling foraminifera from Friedrich et al., 
(2012), core MC575/1 (G. ruber δ13C (open purple diamond) and G. bulloides δ13C (closed 
purple diamond), Elderfield et al., (2002), BOFS core 31K (G. ruber δ13C (open orange 
diamond) and G. bulloides δ13C (closed orange diamond)), Grant and Dickens, (2002), DSDP 
Site 590 (G. sacculifer δ13C (dark blue open diamonds) and G. bulloides δ13C (dark blue closed 
diamonds)), Ennyu and Arthur, (2004),  ODP Sites 1170 and 1172 (O. universa δ13C (pink open 
diamonds) and G. bulloides δ13C (pink closed diamonds)), Pearson and Wade, 2009, Trinidad 
(G. primordius δ13C (light blue open diamonds) and G. bulloides δ13C (light blue closed 
diamond)). Data from Site 925 G. primordius δ13C (dark green open square) and G. bulloides 
δ13C (dark green closed square) and Site 1264 G. primordius δ13C (light green open square) and 
G. bulloides δ13C (dark green closed square) from this study and Stewart et al., (2012). Key 
environmental and evolutionary changes are marked. (1) Coccolithophores switch to allocating 
more inorganic carbon to photosynthesis than to calcification to adapt to lower CO2 conditions 
(Bolton and Stoll, 2013). (2) C4 plants develop a carbon-concentrating mechanism to reduce 
photorespiration rates and the amount of CO2 needed by the plant (Cerling et al., 1997; 
Ehleringer et al., 1997). (3) Surface cooling in the mid to high latitudes, which led to 
strengthened oceanic latitudinal and thermal gradient (Schmidt et al., 2004b). (4) Radiation of 
the Globigerinoides group (Wei and Kennett, 1986). 

 

Despite uncertainties in the evolutionary pathway of G. bulloides, there is little isotopic 

evidence for the presence of G. bulloides (s.l.) since  ~ 7 Ma. Next we explore some of 

the potential reasons for the appearance of G. bulloides (s.s.) from G. bulloides (s.l.) 

during the late Miocene. The major controls on evolutionary change are separated into 

two categories: abiotic and biotic. Abiotic controls are primarily related to physical 

environmental changes whereas biotic controls focus on the processes occurring within 

a species and interactions between different taxa. If the extinction of G. bulloides (s.l.) 

were associated with biotic changes we would expect to see changes in the diversity or 
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structure of the surface dwelling community during the late Miocene. During the late 

Oligocene foraminiferal diversity was low and there were few species inhabiting the 

surface waters (Pearson and Wade, 2009). As a consequence across the Oligocene-

Miocene boundary G. bulloides (s.s.), along with G. primordius, were dominant in most 

surface water assemblages from the tropics (e.g. Site 925) to the high latitudes (e.g. Site 

1406). The foraminifera were typically small during the Oligocene compared with 

modern taxa. Diversification of the Globigerinoides (Genus) increased the number of 

symbiotic surface dwellers during the early Miocene (Wei and Kennett, 1986). This 

radiation was completed by ~16 Ma, however, suggesting that the changes in G. 

bulloides were not driven by increased surface water planktic foraminiferal diversity. 

While diversity did not change across the late Miocene, low-latitude foraminiferal sizes 

increased sharply during the middle-late Miocene (Schmidt et al., 2004a). The 

maximum test size of modern day G. bulloides (s.s.) is, however, comparatively smaller 

than other low latitude foraminifers suggesting that this species did not undergo a 

similar increase in size. The increase in test size of foraminifera may have meant the G. 

bulloides (s.l.) was outcompeted for space and light in the surface waters.  

The late Miocene is an interval of hypothesised CO2 decline. Both Coccolithophores 

and land plants evolved to adapt to photosynthesising under lower CO2 conditions 

between 5 and 8 Ma (Cerling et al., 1997; Ehleringer et al., 1997; Zhang et al., 2009; 

Bolton and Stoll, 2013). In both cases the photosynthesisers adapted carbon 

concentration mechanisms to increase efficiency. In C4 plants a biochemical carbon-

concentrating mechanism meant the plant could reduce its photorespiration rates, 

reducing the amount of CO2 needed, and also reducing rates of water loss (Cerling et al., 

1997; Ehleringer et al., 1997). In Coccolithophores the phytoplankton allocated more 

inorganic carbon to photosynthesis than to calcification (Bolton and Stoll, 2013). It is 

possible the rate of symbiont photosynthesis may also have reduced under low CO2 

conditions, with those species that are better adapted having an evolutionary advantage. 

There is evidence that some species of Symbiodinium dinoflagellates (found in corals 

and some benthic foraminifera) grow more rapidly under high aqueous CO2 (Brading et 

al., 2011) and consequently a fall in atmospheric CO2 may have caused a reduction in 

symbiont photosynthesis. The Globigerinoides (Genus) continued to prosper during this 

time interval (Wei and Kennett, 1986). The differences in morphology between the 

Globigerinoides (Genus) and the Globigerina (Genus), for instance the secondary 
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aperture in the Globigerinoides (Genus), may explain the different success rate of each 

group.  

The alternative hypothesis is that environmental changes may have lead to an increase 

in the prominence of G. bulloides (s.s.). The late Miocene was dominated by surface 

cooling in the mid to high latitudes, which led to strengthened oceanic latitudinal 

thermal gradients (Schmidt et al., 2004a; Schmidt et al., 2004b). In combination all 

these factors acted to increase the number of ecological niches available to planktic 

foraminifera (Wei and Kennett, 1986). The rise of G. bulloides (s.s.) may therefore have 

been a result of an increase in the ecological niches, such as the upwelling regions, 

where the species dominates today and nutrients are abundant so that the presence of 

symbionts has no functional advantage.   

3.4 Conclusions 

The life habit of G. bulloides (s.l.), characterised in this study, was fundamentally 

different to modern taxa. This is evident in the isotope data, which points to the 

presence of a symbiont-bearing G. bulloides across this interval. Consequently modern 

stable isotope and trace metal calibrations are not directly applicable to the symbiotic G. 

bulloides (s.l.). Although more work is needed to determine the extent to which the two 

types of G. bulloides coexisted, there is an apparent absence of G. bulloides (s.l.) after 6 

Ma. The late Miocene was an interval of both environmental and evolutionary changes 

in the surface water of the ocean that could in combination explain the decline of the G. 

bulloides (s.l.) and the simultaneous rise of the asymbiotic G. bulloides (s.s.). 
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Chapter 4:  The use of benthic and planktic 

foraminiferal δ11B and δ13C to calculate the 

boron isotope composition of seawater. 
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Abstract:  
The boron isotope composition (δ11B) of planktic foraminiferal calcite, which reflects 

seawater pH, is a well-established proxy for reconstructing atmospheric CO2. However, 

in order to translate the δ11B into pH it is necessary to know the boron isotope 

composition of the seawater (δ11Bsw) the calcite precipitated from. While a number of 

δ11Bsw reconstructions exist, the discrepancy between the different methods means there 

are uncertainties in this parameter further back in time. Here we present a new δ11Bsw 

record based on the δ11B difference between planktic and benthic foraminifera and the 

pH gradient between surface and deep. We calculate δ11Bsw two ways: 1) Assuming a 

constant pH gradient between surface and deep; and (2) Using the δ13C gradient 

between surface and deep to account for change is the pH gradient through time (given 

the coupling between δ13C and pH in the water column). The δ11Bsw records based on the 
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fixed pH gradient and the δ11B- δ13C gradient methods show a good level of consistency 

with each other and are thus combined to provide the most robust estimate. The δ11Bsw 

record produced suggests that δ11Bsw is around 1.5 ‰ lower than today at ~ 38 ‰ at the 

Oligocene Miocene boundary, and decreases to a minimum of ~ 37 ‰ at 14 Ma. From 

this middle Miocene minimum, δ11Bsw then increases to the modern value (39.61 ‰) 

through the late Miocene and Pliocene. A similar pattern of change is evident in the 

seawater isotopic composition of Mg, Li and Ca, a shift in the isotopic composition of 

all four elements is evident since the middle Miocene. The similarity in the evolution of 

Li, B, Ca (and to a lesser extent Mg) over at the least the past 15 Myrs and present 

suggests that the processes responsible must be consistent across the systems. Analysis 

of the fluxes of the four elements into and out of seawater suggests that the most likely 

cause of the shift during the middle Miocene is a change in the isotopic composition of 

the riverine input through time, potentially driven by an increase in secondary mineral 

formation. 

4.1 Introduction 

In order to determine the relationship between CO2 and climate in the geological past, it 

is key to calculate reliable estimates of absolute CO2 through time. In recent years the 

boron isotope composition (δ11B) of foraminiferal calcite has become one of the most 

commonly used tools to reconstruct CO2 beyond the last 800 kyrs and throughout the 

Cenozoic era (Foster, 2008; Honisch et al., 2009; Pearson et al., 2009; Henehan et al., 

2013; Greenop et al., 2014; Martinez-Boti, et al., 2015a). Yet long-term change in the 

boron isotope composition of seawater (δ11Bsw) is poorly constrained and represents a 

major contributor to the uncertainties associated with CO2 estimates made in this way. 

In the modern ocean the δ11Bsw is well mixed and a conservative element with an 

invariant isotopic ratio (39.61‰; Foster et al., 2010), but this value is subject to change 

through geological time. The residence time of boron in the ocean has been estimated at 

between 11 and 17 Myrs (Lemarchand et al., 2002b). Therefore we can expect the 

uncertainty associated with δ11Bsw to be an important factor in CO2 estimates beyond the 

late Pliocene. 

The ocean boron budget and its isotopic composition are controlled by a number of 

inputs and outputs (Fig. 4-1). However, the magnitude of the boron fluxes between land, 
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the ocean and atmosphere are still poorly understood and therefore residence time and 

changes in both concentration ([B]sw) and isotope ratio (δ11Bsw) through time are 

uncertain. Typically the main inputs of B into the ocean are cited as being silicate 

weathering, delivered to the ocean via rivers (Lemarchand et al., 2002b), hydrothermal 

vents (Spivack and Edmond, 1987) and fluid expelled from accretionary prisms (You et 

al., 1993).  The major outputs are oceanic crust alteration (Spivack and Edmond, 1987), 

adsorption onto sediments (Palmer et al., 1987) and co-precipitation into carbonates 

(Hemming and Hanson, 1992). In all three cases the 10B isotope is preferentially 

removed and consequently the resultant seawater is isotopically heavier (39.61‰) than 

the inputs (average ~ 10.4‰). Atmospheric boron may also be an important flux both in 

and out of the ocean (Park and Schlesinger, 2002). While some studies have suggested 

that precipitation within the catchment area may be an important factor controlling the 

δ11B of rivers (Rose-Koga et al., 2006), other studies have shown atmospheric boron to 

be a secondary control on riverine boron isotope composition (Lemarchand and 

Gaillardet, 2006).  

 

Figure 4-1: The oceanic boron cycle. Fluxes are from (Lemarchand et al., 2002b) and (Park and 
Schlesinger, 2002). Isotopic compositions are from (Spivack and Edmond, 1987; Hemming and 
Hanson, 1992; You et al., 1993; Smith et al., 1995; Lemarchand et al., 2002b; Foster et al., 
2010). 

Unlike many other isotopic systems (e.g. Mg, Ca, Li, Sr) to date no archive has been 

discovered that simply records the δ11B of seawater.  This, like the basis of the δ11B-pH 

proxy, is a result of the pH dependency of B speciation in seawater (Zeebe and Wolf-

Gladrow, 2001; Chapter 2).  Consequently, marine precipitates preferentially 
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incorporate one of the isotopically distinct aqueous boron species, which imparts a pH 

dependency.  Empirical reconstructions of δ11Bsw must therefore use “indirect” 

approaches; so far four methods have been applied to the Cenozoic (0-65 Ma) (Fig. 4-

2). Firstly, geochemical modelling of the changes in the flux of boron in and out of the 

ocean through time has been used to suggest that the δ11Bsw increased from 37‰ at 60 

Ma to 40‰ +/- 1‰ at the present day (Lemarchand et al., 2002b). However, there are 

uncertainties associated with quantification of, and controls on, the oceanic inputs and 

outputs of boron in to the ocean (Lemarchand et al., 2002b).  For instance, it is possible 

that subtle variations in poorly constrained factors such as crustal permeability, lifetime 

of water-rock interactions and expansion rate of the oceanic ridge can have a large 

effect (variations between 30‰ and 50‰ at a 10 million year scale) on the amount and 

isotopic composition of the boron removed from the ocean during oceanic crust 

alteration (Simon et al., 2006). These issues coupled with uncertainties in the magnitude 

of the atmospheric boron flux (Park and Schlesinger, 2002), make direct geochemical 

modelling of the evolution of δ11Bsw an unconstrained practise.   

 

Figure 4-2: A compilation of published δ11Bsw records. Seawater composition measured in 
halites (red diamonds) from (Paris et al., 2010), reconstructed from foraminifera depth profiles 
(dark blue line and orange diamond) from (Pearson and Palmer, 2000) and (Foster et al., 2012) 
respectively, numerical modeling (light blue line) with light blue shaded area showing ± 1 ‰ 
confidence interval, (Lemarchand et al., 2002b) and benthic δ11B (purple crosses) from 
(Honisch et al., 2012). 

 

The boron isotopic composition of marine halites and sea salts has also been used to 

reconstruct the boron isotope composition of the ocean in the past (Paris et al., 2010).   

Results from studies employing this method suggest that the δ11Bsw has varied by 8‰ 
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over the Cenozoic (Fig. 4-2) (Paris et al., 2010). However, evaporates, by their very 

nature are created from a modified seawater solution isolated from the open ocean and it 

is unknown whether the isotope values are truly representative. Brine and halite 

fractionation offsets of -20‰ to -30‰ and -5‰ have been found in laboratory and 

natural environments respectively casting doubt over the validity of the assumption that 

no fractionation occurs during halite formation (Vengosh et al., 1992; Liu et al., 2000). 

However, given that these fractionations, and riverine input during basin isolation, will 

drive the evaporate-hosted boron to lighter isotope values the fluid inclusion record 

likely provides a constraint on the lower limit for the δ11Bsw through time (i.e. δ11Bsw is 

heavier than the halite fluid inclusions of (Paris et al., 2010).   

An alternative semi-empirical approach uses assumptions regarding the evolution of 

Cenozoic deep-ocean pH and a benthic δ11B record to determine changes in δ11Bsw (Fig. 

4-2). Based on the muted glacial-interglacial change in the δ11B of benthic foraminifera 

Cibicidoides wuellerstorfi (Honisch et al., 2008), this method assumes that deep-sea pH 

variations due to changes in pCO2 are relatively small compared to those at the surface 

on short (e.g., glacial/interglacial) time scales, whereas long-term variations in CO2 that 

are accompanied by changes in terrestrial weathering will be recorded (Raitzsch and 

Honisch, 2013). However, an alternative study of glacial-interglacial deep ocean pH 

change in the Caribbean Sea suggests that benthic δ11B varied by ~1 ‰ (~ 0.15 pH 

units) and consequently the assumption of constant deep-sea pH on short timescales 

may not be valid (Yu et al., 2010). In order to constrain these long-term variations in 

CO2, and calculate δ11Bsw from the δ11Bbenthic, estimates of surface water pH are taken 

from the model output of Ridgwell, (2005) and carbonate system calculations of Tyrrell 

and Zeebe, (2004). In Tyrrell and Zeebe, (2004) surface water pH is calculated from 

[CO3
2-], determined from surface water omega (reconstructed from the CCD, [Ca] and 

[Mg]) and atmospheric CO2 (from the GEOCARB-III model; Berner and Kothavala, 

2001). In the modeling study of Ridgwell, (2005) the surface water saturation state is 

calculated from sea level, [Ca], bicarbonate weathering flux and atmospheric CO2 proxy 

data. Some of the CO2 data is derived using the boron isotope-pH proxy, leading to 

some circularity in the methodology. The average surface water pH output from the two 

approaches is used (a near linear surface water pH increase of 0.39 over the past 50 

myrs). Based on carbon cycle sensitivity experiment that show that an assumption of 

similar past and modern surface-to-deep gradients in [CO3
2-] is reasonable (Tyrrell and 
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Zeebe, 2004), a constant surface-to-depth pH gradient of –0.3 units has been used to 

infer the concurrent change in deep-sea pH (Raitzsch and Honisch, 2013). While this 

method may shed some light on the evolution of δ11Bsw through time, it cannot be used 

to determine pH from δ11B of foraminiferal calcite because the δ11Bsw record is partially 

determined by the surface water pH estimate derived from ocean carbonate system 

calculations and modelling experiments. Furthermore, given the close coupling of 

atmospheric CO2 levels and surface water pH and the variability in CO2 proxies through 

the Cenozoic, the assumption that pH has changed linearly through the Cenozoic is most 

likely an oversimplification. By applying the linear assumption to benthic δ11B, any 

variability in the record that is not described by this trend is being attributed to changes 

in δ11Bsw. 

One of the big challenges of reconstructing a δ11Bsw record empirically is determining 

δ11Bsw without relying on independent pH constraints. One way to avoid having to use 

absolute pH reconstructions is to use the non-linear relationship between δ11B and pH 

alongside known pH gradients in the ocean to estimate δ11Bsw.  The non-linear 

relationship between δ11B and pH means that the calculated pH difference between two 

δ11B data points varies as a function of δ11Bsw (Fig. 4-3). Consequently if the size of the 

pH gradient is known the appropriate δ11Bsw value can be assigned so that the δ11B 

derived pH gradient matches that known value.  

 

Figure 4-3: The evolution of δ11B of borate ion with pH for δ11Bsw of 39.61‰ and δ11Bsw of 
37.5‰. Calculated using BT= 432.6 µmol/kg (Lee et al., 2010) and αB= 1.0272 (Klochko et al., 
2006). Note the difference in pH gradient for a given δ11B difference at the two different δ11Bsw.  
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Previously this approach has been applied to pH variations in the surface ocean (using 

the δ11B from surface and thermocline dwelling foraminifera) (Fig. 4-2) (Palmer et al., 

1998). High pH exists in oceanic surface waters as a result of the removal of dissolved 

inorganic carbon during photosynthesis, the sinking and subsequent respiration of the 

organic matter releases DIC at depth, causing pH to decrease from the surface waters to 

deeper waters. In a particular water column profile, the minimum pH is found in the 

oxygen minimum zone. Consequently if the boron isotope value of a mixed layer 

dwelling species and near oxygen minimum zone dweller is known, a value for δ11Bsw 

can be calculated that is consistent with the expected pH gradient (Pearson and Palmer, 

1999). The resultant curve produced by this method shows δ11Bsw varies between 37.7‰ 

and 39.4‰ through the Cenozoic (Fig. 4-2) (Pearson and Palmer, 2000). However, a 

number of problems exist with this record. Firstly, the applicability of this δ11Bsw record 

(derived from δ11B data measured using NTIMS) to δ11B records generated using the 

MC-ICPMS is questionable. While interlaboratory comparisons have shown that 

relative changes are consistent for modern carbonate samples (Foster et al., 2013), this 

has not been tested on an extensive range of samples. In addition, this δ11Bsw record is 

determined using a fractionation factor of 1.0194 (Kakihana et al., 1977), whereas 

recent experimental data have shown the value to be higher (1.0272 ± 0.0006, Klochko 

et al., 2006). Thirdly, given our understanding of the δ11B difference between 

species/size fractions (Foster, 2008; Henehan et al., 2013), the mixed species and size 

fractions used to make the δ11B measurements may have increased the uncertainty in the 

reconstructed δ11B gradients. It is also questionable whether the foraminifera available 

captured the full surface to thermocline pH range. Consequently, while the estimates 

from (Pearson and Palmer, 1999) show that the rationale behind this approach yields 

useful δ11Bsw estimates, the underlying measurements and some of the key assumptions 

may have led to some uncertainties in the record.  

4.2 Rationale 

Here we apply the methodology first outlined by Pearson and Palmer (1999), however, 

instead of analysing gradients within the surface water, we use the pH gradient between 

the surface (planktic foraminifera) and deep-ocean (benthic foraminifera). This 

approach has been applied to the middle Miocene where it has yielded a δ11Bsw of 

37.82‰ (Foster et al., 2012). The major limitation of this approach concerns the 
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assumption of a constant pH gradient through time.  A useful extension to this method 

therefore uses δ13C of foraminiferal calcite to estimate the surface to deep pH gradient 

and determine δ11Bsw (Foster et al., 2012). While geochemical modeling has shown that 

it is likely the surface to deep pH gradient of the whole ocean has mostly likely 

remained constant through time (Tyrrell and Zeebe, 2004), it is difficult to determine 

the extent to which this is true for a specific site. Following Foster et al., (2012) we use 

the δ13C composition of the planktic and benthic foraminifera in order to correct for any 

changes in the pH gradient. Any process that changes the ratio of total alkalinity to total 

dissolved inorganic carbon could change the pH depth profile. The main modifying 

factors are changes in the organic carbon pump and ocean circulation. The organic 

carbon pump modifies the pH profile as photosynthesis removes DIC from the surface 

waters and oxidation of organic matter at depth adds DIC therefore the relative rates of 

these two processes could change the surface to deep pH gradient. Like pH, the carbon 

isotopic composition of DIC is also largely controlled by the operation of the organic 

carbon pump as the δ13C composition of the DIC is typically isotopically heavy in the 

surface waters (as a result of photosynthesis) and isotopically light at depth (because of 

the remineralisation of organic matter). A change in the relative rates of these two 

processes therefore changes the surface to deep gradient of both pH and δ13CDIC and 

consequently they are well correlated in the oceans (Fig. 4-4). Ocean circulation can 

also modify both the pH and δ13CDIC in the ocean (Fig. 4-5). Typically, the longer a deep 

water mass has been isolated from the surface the more remineralised organic carbon 

accumulates (with a light isotopic composition), lowering both the pH and the δ13C. 

Consequently the age of the water mass bathing the deep ocean (e.g. north Atlantic 

deep-water versus Antarctic bottom water in the Atlantic; Fig. 4-5) will influence both 

the surface to deep pH gradient and δ13CDIC gradient in the ocean. 
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Figure 4-4: pH and δ13CDIC relationships in the modern ocean adapted from Foster et al., (2012). 
(a) Depth vs. pH and δ13CDIC at a site in the eastern Indian Ocean (S15° 58' 15" E111° 18' 10") 
(Key et al., 2004). (b) Cross plot of pH vs. δ13CDIC for all the sites shown in (c; open circles). 
Because of anthropogenic acidification and the Seuss effect only data from >1500 m are plotted 
in (b). Also shown in (b) are the data from a transect in the North Atlantic (from 0 to 5000 m) 
where the effects of anthropogenic perturbation on both parameters have been corrected. 

 

Figure 4-5: Latitudinal cross-section through the Atlantic showing a) pH variations b) the δ13C 
composition. Data is plotted using Ocean Data View. pH data is from the CARINA dataset and 
the δ13C data is from the GLODAP data compilation (Key et al., 2004). 



  Chapter 4 

 88   

 Based on the rationale outlined above, a change in the δ13C gradient between benthic 

and planktic foraminifera can be used (after accounting for vital effects) to determine 

changes in the surface to deep pH gradient. However, this method relies on the 

assumption that the relationship between pH and δ13C has remained constant through 

time. In Foster et al., (2012) some potential secondary controls on the slope of the pH 

vs. δ13CDIC gradient were identified as follows: (i) the strength of the alkalinity pump 

which changes ALK/DIC (and hence pH) with a ratio of roughly 2/1 but does not 

significantly influence δ13CDIC (ii) the extent and temperature of air–sea gas exchange at 

high latitudes which modifies CO2 solubility and δ13CDIC of water masses ventilated in 

these regions and (iii) the concentration of CO2 which influences the magnitude of the 

carbon isotopic fractionation between phytoplankton and [CO2]aq and the magnitude of 

the δ13CDIC gradient that develops.  

So far the methods outlined by Foster et al., (2012) have only been used on a single time 

slice. Here we present a Neogene benthic δ11B record at approximately 1 Myr 

resolution. Coupled with planktic δ11B measurement made on the same samples we use 

two approaches to calculate δ11Bsw based on δ11B measured in planktic-benthic pairs. In 

the first we assume the pH gradient has remained constant at 0.2 units through time. In 

the second approach we utilise benthic-planktic δ13C gradients to correct for changes in 

the strength of organic carbon pump and circulation through time. In addition we use a 

biogeochemical box model to assess the extent to which the relationship between pH 

and δ13C gradients has remained constant under a range of different carbon system and 

oceanographic perturbations. 

4.3 Methods 

4.3.1 Site Locations and Age Models 

Foraminifera from four sites are used to construct the planktic-benthic δ11B pairs; ODP 

Site 758 and ODP Site 999 for the Pleistocene and Pliocene samples and ODP Site 926 

and Site 761 for the Miocene. We also incorporate the middle Miocene planktic-benthic 

pair from Site 761 in Foster et al., (2012). The Site 999 age model for the Pleistocene is 

from Chalk et al., (in prep.) and for the Pliocene is from Haug and Tiedemann (1998). 

The age model for Site 758 is based on Chen et al., (1995). The ODP Site 926 age 
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model for the mid to late Miocene is from Zeeden et al., (2013), middle Miocene is 

Flower et al., (1997) and for the early Miocene is Pälike et al., (2006). The age model 

for the middle Miocene at Site 761 is from Holbourn et al., (2004). 

4.3.2 Boron Isotope Analysis and pH Calculation  

The boron isotope measurements (described in delta notation as δ11B – permil variation) 

were made relative to the boric acid standard SRM 951; (Catanzaro et al., 1970). Boron 

was first separated from the Ca matrix prior to analysis using the boron specific resin 

Amberlite IRA 743 following (Foster et al., 2013). The boron isotopic composition was 

then determined using a sample-standard bracketing routine on a ThermoFisher 

Scientific Neptune multicollector inductively coupled plasma mass spectrometer (MC-

ICPMS) at the University of Southampton (closely following Foster et al., 2013). 

Analysis was conducted on benthic foraminifera Cibicidoides wuellestorfi or 

Cibicidoides mundulus from the > 250µm depending on which species were most 

abundant in each sample. The δ11B of both Cibicidoides species shows no offset from 

the theoretical δ11B of the borate ion and therefore no calibration is needed to correct for 

species-specific offsets (Rae et al., 2011). The planktic species used to construct the 

benthic-planktic pairs changes through time, as a single species is not available for the 

entire Neogene (see Appendix C.2 for summary). 

In addition to δ11Bcalcite, temperature and salinity are also needed to calculate pH from 

δ11B. Here planktic SSTs are calculated from tandem Mg/Ca analyses on planktic 

foraminifera (with a conservative ± 2oC, 95% confidence interval). Adjustments were 

made for changes in the Mg/Casw using the record of (Horita et al., 2002) and correcting 

for changes in dependence on Mg/Casw  following (Evans and Muller, 2012) using H = 

0.41 calculated from G. sacculifer (Delany et al., 1985; Hasiuk and Lohmann, 2010; 

Evans and Muller, 2012) using the equations: 

!" !"!".! =     (!" !"!".! /!" !"!".!)!.!"                        (4.1) 

Where Mg/Casw.c is the correction factor applied to the temperature equation for 

changing Mg/Casw, Mg/Casw.a is the estimated Mg/Casw for the age of the sample and 

Mg/Casw.m is modern Mg/Casw. Temperature is then calculated using the generic planktic 
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foraminifera calibration of (Anand et al., 2003) and including a correction factor for 

Mg/Casw. 

!"#$"%&'(%" = !"(!" !"!"#!/(0.38 ∗!" !"!".!   ))/0.09                   (4.2) 

Mg/Ca analysis was conducted on a small aliquot of the sample dissolved for isotope 

analysis at the University of Southampton using a ThermoFisher Scientific Element 2 

XR. Al/Ca was also measured to assess the competency of the sample cleaning (in all 

cases Al/Ca < 100 µmol/mol).  Due to complications with the Mg/Ca-temperature proxy 

in benthic foraminifera (Elderfield et al., 2006), bottom water temperatures (BWTs) are 

estimated here by taking the temperature change from the Mg/Ca temperature 

compilation of (Cramer et al., 2011), using the calibration of Lear et al., (2010) and 

applying this change to the modern bottom water temperature at each site taken from the 

nearest GLODAP site (with a conservative ± 2oC, 95% confidence interval). SSS are 

held constant at modern values determined from the nearest GLODAP site (± 2 ‰ 

uncertainty, 95% confidence interval) for the entire record.  

The majority of the δ13C data were measured at Cardiff University on a ThermoFinnigan 

MAT 252 coupled with a Kiel III carbonate device for automated sample preparation. 

Additional samples were measured on a gas source mass spectrometer Europa GEO 20-

20, University of Southampton UK equipped with automated carbonate preparation 

device and on a Finnigan MAT 253 gas isotope ratio mass spectrometer connected to a 

Kiel IV automated carbonate preparation device at the Zentrum für Marine 

Tropenökologie (ZMT), Bremen. Some of the Pleistocene benthic δ13C from Site 999 

are from Chalk et al., (in prep) and the Pliocene benthic δ13C from Site 999 was taken 

from the nearest sample in Haug and Tiedemann, (1998) (A description of the source of 

δ13C for each sample is available in Appendix C.3). Stable isotope results are reported 

relative to the Vienna Peedee belemnite (VPDB) standard. An adjustment for vital 

effects on the δ13C of G. ruber (+0.94 ‰; Spero et al., 2003), G. trilobus/G. 

praebulloides (+0.46 ‰; Spero et al., 2003; Al-Rousan et al., 2004;) and C. mundulus 

(+0.47 ‰; McCorkle et al., 1997) is applied to calculate the δ13C of DIC. No adjustment 

is applied to the data from C. wuellestorfi (McCorkle et al., 1997).  
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4.3.3 Modelling the evolution of pH to δ13C gradient through time 

The conversion of δ13C gradient to pH gradient is determined from numerical 

simulations using the CYCLOPS biogeochemical box model with the addition of a 

dynamical lysocline, a subantarctic zone surface box and a polar Antarctic zone box 

(Hain et al., 2010). The robustness of the relationship between δ13C and pH in the 

Atlantic was tested under a range of different oceanographic scenarios including 

different stratification levels and surface nutrient concentrations in the polar Antarctic 

zone, ‘glacial’ versus ‘interglacial’ circulation regimes and with variable CO2 air/sea 

gas-exchange as outlined in (Hain et al., 2010). In addition the model was run under 

differing [Ca] (1x to 4x modern), CCD depths (3.5-5.5 km Pacific CCD depth) and CO2 

levels (200-1000 ppm). While the δ13C to pH relationship is only modelled for the 

Atlantic Ocean and therefore may be less applicable to the Indian Ocean sites, it should 

still give a first order indication of the extent to which the δ13C to pH relationship 

remained stable over time.  

4.3.4 Assessing Uncertainty 

δ11Bsw was calculated for each timeslice with uncertainties in temperature (± 2 oC 

uncertainty), salinity (± 2 ‰ uncertainty), δ11Bplanktic (± 0.15-0.42 ‰), δ11Bbenthic (± 0.21-

0.61 ‰), the fixed pH gradient 0.2 (± 0.05 pH units) and the δ13C-pH gradient 

relationship (± 0.05 pH units) determined using a Monte Carlo simulation (n = 1000). 

The Monte Carlo simulation allows us to fully account for the combined effect of the 

required parameters on the calculated δ11Bsw. Given the long (11-17 Ma; Lemarchand et 

al., 2002b) residence time of boron in seawater, short-term variability can be ascribed to 

either uncertainty or short-term variability in pH/δ13C relationship or average pH 

gradient, which can be smoothed to obtain average δ11Bsw estimates through time. Here 

a non-parametric regression was used (a locally weighted scatterplot smoothing LOESS 

function) with a smoothing factor for each record determined using a generalised cross 

validation approach. To generate a best estimate of δ11Bsw through time a probabilistic 

approach similar to Foster and Rohling, (2013) was used to fully account for the 

uncertainty in the calculated δ11Bsw. For each data point 10000 realizations of the δ11Bsw 

time series were generated by randomly perturbing each discrete δ11Bsw estimate within 

its uncertainty. A LOESS curve was then fitted to each realisation, and the distributions 
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at each δ11Bsw step, as well as the probability maximum, and the 68% and 95% 

probability intervals, were determined. The final δ11Bsw record was constructed by 

combining the output from the LOESS Monte Carlo simulations derived using 1) the 

fixed pH gradient assumption 2) the δ13C derived pH gradient approach (n= 20000) and 

determining the median, 68% and 95% probability intervals from the combined dataset.  

4.4 Results and Discussion 

4.4.1 δ11B benthic and planktic data 

Surface and deep-ocean, δ11B, δ13C and temperature broadly show a similar pattern 

throughout the Neogene (Fig. 4-6). The δ11B benthic record decreases from ~15 ‰ at 24 

Ma to a minimum of 13.28 ‰ at 14 Ma before increasing to ~17 ‰ at present day  (Fig. 

4-5). This pattern and the range of values in δ11B benthic is in keeping with previously 

published Neogene δ11B benthic records measuring using NTIMS (Raitzsch and 

Honisch, 2013), suggesting that our deep-water δ11B record is representative of large 

scale pH changes in the global ocean. While the surface δ11Bborate remained relatively 

constant between 24 and 11 Ma at ~ 16 ‰, similar to the deep-water δ11B, there is an 

increase in δ11B between the middle Miocene and present (values increase to ~ 20 ‰) 

(Fig. 4-6b). The surface water temperatures reconstructed show a long-term decrease 

through the Neogene from ~ 28oC to 24oC (Fig. 4-6c). Following Cramer et al., (2011) 

deep water temperatures decrease from ~ 12oC to 4oC at present day. Surface and deep-

water δ13CDIC both decrease and appear to covary through the Neogene (Fig. 4-6e, f).  
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Figure 4-6: δ11Bborate, temperature and δ13CDIC estimates for surface and deep (a) δ11Bborate surface 
and (b) δ11Bborate deep (blue) from this study and (green) (Raitzsch and Honisch, 2013). δ11B is 
plotted on inverted axes and the error bars show the external reproducibility at 95% confidence.  
(b) Mg/Ca based temperature reconstructions for calculated on tandem measurements of surface 
dwelling planktic. (c) Deep water temperature estimates from (Cramer et al., 2011). (d) δ13CDIC 
surface record (e) δ13CDIC benthic record. Squares depict Site 999, triangles are Site 758, 
diamonds are Site 926, circles are Site 761. 

 

4.4.2 The relationship between δ13C and pH gradients 

The results of the global carbon model simulations suggest that the gradient of the 

relationship between δ13C-pH remains relatively robust in the Atlantic irrespective of 

atmospheric CO2 levels or the source of bottom waters (North Atlantic Deep Water 

versus Glacial North Atlantic Intermediate Water, Fig. 4-7). While the relationship 

seems robust, there are relatively large uncertainties in the δ13C-pH gradient relationship 
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under conditions of glacial north Atlantic intermediate water (GNAIW), when the North 

Atlantic Deep Water (NADW), does not penetrate as deeply as today. This is mainly as 

a result of the presence of Antarctic bottom water (AABW) in the deep Atlantic Ocean 

when the overturning circulation is shallower in the North Atlantic. AABW is not as 

well connected to the surface waters as NADW and consequently the coupling of the 

surface and deep is not as strong for a given carbon perturbation. When we use the 

relationship described by the model output to calculate the pH gradient from the δ13C 

gradient, variations of 0.2 pH units are evident (Fig. 4-8). The pH gradient varies 

between 0.15 and 0.34 with the most sustained interval of high pH gradients 

concentrated in the early Pleistocene and Pliocene. 

 

Figure 4-7: The output from sensitivity analysis of the relationship between pH gradient and 
δ13C gradient (see text for model details). The effect of a range of carbon cycle perturbations, 
including those outlined in Hain et al., (2010) as well as different [Ca] (1x to 4x modern), CCD 
depths (3.5-5.5 km Pacific CCD depth) and CO2 levels (200-1000 ppm) on the relationship 
between δ13C gradient and pH gradient. Note panel (a) and (b) contain the same data. (a) 
Highlights the relationship between δ13C gradient and pH gradient when GNAIW (blue) and 
NADW (red) formation is taking place. (b) Highlights the consistency of the relationship when 
atmospheric CO2 is 200 ppm (blue), 300-900 ppm (black) and 1000 ppm (red).  
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Figure 4-8: The pH gradient between surface and deep. Red line is the assumed constant 
gradient of 0.2. Blue is the variable pH gradient calculated from the δ13C gradient and the output 
from the CYCLOPS model (see Section 4.3.3). 

4.4.3 δ11Bsw records through the Neogene 

The δ11Bsw values calculated using the constant pH method vary from 34.1 ‰ to 42.4 ‰ 

(± 0.68-5.6 ‰) across the Neogene with the predominance of higher values closer to the 

modern and minimum values in the middle Miocene (Fig. 4-9). When the individual 

time slices are smoothed to calculate the average δ11Bsw it can be seen that mean values 

are 38.4 ‰ at 23 Ma and decrease to a minimum of 37.08 ‰ at ~ 14 Ma (± 0.47-1.26 

‰) (Fig. 4-10). δ11Bsw then steadily increases through the late Miocene and Pliocene to 

modern values. The unadjusted modern estimate of 39.25 ‰ (± 0.74 ‰) is within 

uncertainty of the δ11Bsw value measured from seawater today (39.61 ‰).  The 

variability in the estimations of δ11Bsw for each time slice and the associated uncertainty 

in our determinations suggest that δ11Bsw is sensitive to the different input parameters, 

particularly the uncertainty in the pH gradient. Furthermore, the spread of the data 

suggests that the assumption that the pH gradient remained constant may not be correct 

on short (e.g. glacial-interglacial timescales) timescales. However, by smoothing the 

record we can focus on the long-term changes in the δ11B difference between surface 

and deep.  
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Figure 4-9: The calculated δ11Bsw from the benthic-planktic δ11B pairs assuming a) a constant 
pH gradient of 0.2 b) a variable pH gradient derived from δ13C. The uncertainty on each data 
point is determined using a Monte Carlo approach including uncertainties in temperature, 
salinity, δ11B and the pH gradient (see text for details) The line of best fit is the probability 
maximum of a LOESS fit given the uncertainty in the calculated δ11Bsw. The shaded area 
highlights the 95% confidence interval. 

 

The δ11Bsw values calculated using the variable pH method yields very similar results to 

the fixed pH method. δ11Bsw varies from 34.4 ‰ to 42.3 ‰ (± 0.60-5.74 ‰) across the 

Neogene with the predominance of higher values closer to the modern with the 

minimum values in the middle Miocene (Fig. 4-9). When the individual time slices are 

smoothed, δ11Bsw is ~ 38 ‰ at 24 Ma and decreases to a minimum of 37.21 ‰ at ~ 14 

Ma (± 0.35-1.68 ‰). δ11Bsw then decreases sharply through the late Miocene and 

remains relatively constant thereafter to the modern (Fig. 4-10). The modern estimate of 

40 ‰ (± 0.6 ‰) is within uncertainty of the δ11Bsw value measured from seawater today 

(39.61 ‰). Similar to the individual records, the combined output from the LOESS 

Monte Carlo simulations derived using both the fixed pH gradient assumption and the 

δ13C derived pH gradient approach the combined output is ~ 38 ‰ at 24 Ma and 

decreases to 37.3 ‰ during the middle Miocene (Fig. 4-11a). δ11Bsw increases sharply to 

~ 39 ‰ during the late Miocene before increasing more gradually through the Pliocene 

and Pleistocene to 39.63 ‰ at present (± 0.7-1.72 ‰). This value is in good agreement 

with the modern value (39.61 ‰). 
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Figure 4-10: The δ11Bsw curve calculated for a) a constant pH gradient of 0.2 b) a variable pH 
gradient derived from δ13C. The line of best fit is the probability maximum of a LOESS fit 
given the uncertainty in the calculated δ11Bsw. The darker shaded area highlights the 68% 
confidence interval and the lighter interval highlights the 95% confidence interval. 

 

4.4.4 Comparison to other δ11Bsw records 

In order to compare our new δ11Bsw record to those previously published, we adjust all 

the published δ11Bsw curves so that at t=0, the isotopic composition is equal to the 

modern. A common feature of all the existing estimates of Neogene δ11Bsw evolution is 

an increase through time between the middle Miocene and present (Fig 4-11a).  Our 

new δ11Bsw record matches the previously published estimates calculated using pH 

gradients in the surface ocean, in terms of shape and magnitude remarkably well except 

in the middle Miocene where the minimum in δ11Bsw in our record is 1 ‰ lower (Fig. 4-

11a) than the published estimates of Pearson and Palmer, (2000). The δ11Bsw record 

calculated using benthic δ11B and assumed pH changes (Raitzsch and Honisch, 2013) 

shows values in a similar range to the δ11Bsw values reconstructed here, however, the 

amount of variability in the Raitzsch and Honisch, (2013) study is greater. For instance, 

a decrease in δ11Bsw between 5 Ma and the modern is not evident in our study. The 
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modelling study of Lemarchand et al., (2002b) similarly shows an increase in δ11Bsw 

between the middle Miocene and present, however, the increase is more gradual than 

suggested by the results presented here and continues through the entire Neogene (Fig. 

4-11a). The model output is within uncertainty of our new δ11Bsw record, however, the 

modelled values do not show the same level of variability, suggesting that some of the 

controls on the inputs and outputs of boron in to and out of the ocean are not fully 

understood. In line with the conclusions of previous studies (Raitzsch and Honisch, 

2013), our data show that the δ11Bsw signal in the fluid inclusions is mostly likely a 

combination of the δ11Bsw and a poorly constrained fractionation factor between the 

seawater and the halite.   

4.4.5 Comparison to the seawater isotopic ratios of Mg, Ca and Li 

The overall form taken by our new record of δ11Bsw is comparable to that shown by the 

pattern of secular change seen in other marine isotope records (Fig. 4-11). The δ7Lisw  

(Misra and Froelich, 2012) and δ44/40Casw (Griffith et al., 2008) both increase through the 

Neogene, whereas δ26Mgsw decreases (Pogge von Strandmann et al., 2014) suggesting 

that there is a similar control on the isotopic composition of all four elements across this 

time interval (Fig. 4-11). In order to better evaluate the extent of the correlation we fit a 

LOESS curve to the records of δ7Lisw, δ26Mgsw and δ44/40Casw using the same method as 

for δ11Bsw (see methods). The curve is then adjusted so that at t=0, the isotopic 

composition is equal to the modern. The curves are then sampled every 0.5 Ma and 

plotted against δ11Bsw (Fig. 4-12). The crossplots suggest that the isotopic composition 

of δ11Bsw, δ7Lisw and δ44/40Casw seem to be well correlated between 14 Ma and present, 

however, this correlation is not evident between 23 and 15 Ma (Fig. 4-11). While a 

correlation exists between δ26Mgsw and δ11Bsw, the slope of the relationship appears to 

change at ~ 7 Ma suggesting that there may be a secondary control on the δ26Mgsw 

through this interval.   
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Figure 4-11:  a) The δ11Bsw curve calculated using the combined Monte Carlo simulations from 
the curve created assuming a constant pH gradient of 0.2 and a variable pH gradient derived 
from δ13C. The median (orange line), 68% (dark orange band) and 95% (light orange band) 
confidence intervals were calculated from the combined simulations. Plotted with a compilation 
of published δ11Bsw records. Seawater composition reconstructed from foraminifera depth 
profiles (dark blue line and orange diamond) from Pearson and Palmer, (2000) and Foster et al., 
(2012) respectively, numerical modelling (dark green line), with light green lines shows ± 1 ‰ 
confidence interval (Lemarchand et al., 2002b) and benthic δ11B (purple crosses) from Honisch 
et al., (2012). b) The δ26Mgsw record from Pogge von Strandmann et al., (2014). Probability 
maximum on the LOESS fit is highlighted by the black line, the grey band highlights the 95% 
confidence level. c) The δ7Lisw record from Misra and Froelich, (2012). Probability maximum 
on the LOESS fit is highlighted by the green line, the green band highlights the 95% confidence 
level.  d) δ44/40Casw record from Griffith et al., (2008). Probability maximum on the LOESS fit is 
highlighted by the purple line, the purple band highlights the 95% confidence level.  For (b-d) 
Nonparametric regressions (locally weighted scatterplot smoothing (LOESS)) were fitted to 
each realization, and the distributions of LOESS curves at each δ11Bsw step were assessed, and 
the probability maximum, as well as the 68% and 95% probability intervals, was determined. 

 



  Chapter 4 

 100   

 
Figure 4-12: Crossplots of the smoothed records of a) δ11Bsw and δ26Mgsw from Pogge von 
Strandmann et al., (2014). (b) δ11Bsw and δ44/40Casw from Griffith et al., (2008). (c) δ11Bsw and 
δ7Lisw from Misra and Froelich, (2012). The black square highlights modern conditions. The 
colour of the data points highlights the age of the data points where red = modern and blue = 23 
Ma. 

4.4.6 Controls on the seawater isotopic composition of B, Mg, Ca and Li 

To better constrain the controls on δ11Bsw, δ7Lisw, δ26Mgsw and δ44/40Casw it is instructive 

to compare the size and isotopic composition of the fluxes of boron, lithium, calcium 

and magnesium (Table 4-1). As noted previously, the major flux of boron into the ocean 

is via riverine input (Lemarchand et al., 2002b), although some studies suggest that 

atmospheric input may also play an important role (Park and Schlesinger, 2002). The 

outputs are dominated by absorption onto clays and the alteration of oceanic crust 

(Spivack and Edmond, 1987; Smith et al., 1995). Similar to boron the primary inputs of 

Li into the ocean come from hydrothermal sources and riverine input and the main 

outputs are ocean crust alteration and absorption onto sediments (Misra and Froelich, 



  Chapter 4 

 101   

2012). The two dominant controls on magnesium concentration and isotope ratio in the 

oceans is the riverine input, ocean crust alteration and dolomitisation (Table 4-1) 

(Tipper et al., 2006b). The main controls on the amount of calcium in the modern ocean 

and its isotopic composition is the balance between riverine and hydrothermal inputs 

and removal through CaCO3 deposition and alteration of oceanic crust (Griffith et al., 

2008). Dolomitisation has also been cited as playing a potential role in controlling 

δ44/40Casw, although the contribution of this process through time is poorly constrained 

(Griffith et al., 2008).  

 

Table 4-1: The average δ11B, δ26Mg, δ
44/40Ca and δ7Li composition of major fluxes into and out of 

the ocean. Colour coding reflects the relative importance of each the processes (darker blue 
reflects greater importance). The colour coding for boron is based on Lemarchand et al., 
(2002b) and references therein, lithium from (Misra and Froelich, 2012) and references therein, 
magnesium from Tipper et al., (2006b) and calcium from Zhu and Macdougall, (1998) and 
references therein. The isotopic ratio of each process is: a) (Spivack and Edmond, 1987) b) 
(You et al., 1993) c) (Lemarchand et al., 2002b) d) (Hemming and Hanson, 1992)  e) (Smith et 
al., 1995) f) (Misra and Froelich, 2012) and references therein  g) (You and Chan, 1996) h) 
(Tipper et al., 2006b) i) (Wombacher et al., 2011) j) (Wimpenny et al., 2014) k) (Griffith et al., 
2008) l) (Schmitt et al., 2003). δ26Mgsw and δ11Bsw from Foster et al., (2010), δ7Lisw from 
Tomascak, (2004). In the analysis of δ44/40Casw seawater is used as a reference.  
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Riverine input is the common control on the isotopic ratio in seawater of all the ions 

analysed and consequently may be an important factor on the changing isotopic 

composition of B, Li, Ca and Mg over the late Neogene (Table 4-1). However, given the 

differences in the δ26Mgsw curve compared to the other elements, it may be that 

additional factors are also affecting this isotope system. A recent modelling study 

suggests a decrease in the rate of dolomitisation over the past 15 Myrs may be a control 

on δ26Mgsw (Pogge von Strandmann et al., 2014). Consequently, the following 

discussion of changes in the isotopic composition of Mg, Ca, B and Li in riverine input 

may not be as important a factor for Mg as for the other isotope systems. The isotopic 

composition of the riverine input of all four elements is dependent on the isotopic 

composition of the source rock and isotopic fractionation during weathering process, 

although the relative importance of these two factors varies between isotope systems. 

The δ11B composition of rivers is primarily dependent on isotopic fractionation during 

the reaction of water with silicate rocks and to a lesser extent the isotopic composition 

of the source rock (i.e. the proportion of evaporites and silicate rocks) (Rose et al., 

2000). The source rock also appears to have limited influence on the δ7Li composition 

of rivers and riverine δ7Li primarily varies with weathering intensity (Kısakűrek et al., 

2005; Millot et al., 2010). The riverine input of calcium to the oceans is controlled by 

the composition of the primary continental crust (dominated by carbonate weathering) 

and the recycled component, although the relative influence of these two processes is 

not well understood (Tipper et al., 2006a). For Mg, the isotopic composition of the 

source rock is important for small rivers, however, lithology is of limited significance at 

a global scale in comparison to fractionation in the weathering environment may be 

more important (Tipper et al., 2006b). While the source rock only seems a significant 

factor for some of the isotope systems, weathering induced isotopic fractionation affects 

the isotopic composition of riverine input across all of the isotope systems. Next we 

explore some of the possible causes for changes in the isotopic composition/flux of 

riverine input over the past 15 Ma.   

In this regard, of the four elements discussed here, Li isotopes are the most extensively 

studied. Indeed, the change in δ7Lisw has been attributed to an increase in the δ7Lisw 

composition of the riverine input (Hathorne and James, 2006; Misra and Froelich, 

2012). The causes of the shift in δ7Li riverine have been variably attributed to: 1) an 

increase in incongruent weathering of silicate rocks and secondary clay formation as a 



  Chapter 4 

 103   

consequence of Himalayan uplift (Misra and Froelich, 2012). 2) A reduction in 

weathering intensity (Hathorne and James, 2006). 3) An increase in silicate weathering 

rate (Liu et al., 2015). 4) An increase in the formation of floodplains and the increased 

formation of secondary minerals (Pogge von Strandmann and Henderson, 2014). In all 

four cases the lighter isotope of Li is retained on land in clay and secondary minerals. A 

mechanism associated with either an increase in secondary mineral formation or the 

retention of these minerals on land is also consistent across Mg, Ca and B isotope 

systems. For instance, clay minerals are preferentially enriched in the light isotope of B 

(Spivack and Edmond, 1987; Deyhle and Kopf, 2004; Lemarchand and Gaillardet, 

2006) and Li (Pistiner and Henderson, 2003) and soil carbonates and clays are 

preferentially enriched in the light isotope of Ca (Tipper et al., 2006a; Hindshaw et al., 

2013). The formation of secondary silicate minerals, such as clays, is assumed to 

preferentially take up isotopically heavy Mg into the solid phase (Tipper et al., 2006a; 

Tipper et al., 2006b; Pogge von Strandmann et al., 2008; Wimpenny et al., 2014), 

adequately explaining the inverse relationship between δ11Bsw and δ26Mgsw. 

Consequently the increased formation or retention on land of secondary minerals would 

alter the isotopic composition of the riverine input of all the examined isotope systems 

and could potentially explain the trends in all four isotope systems through the late 

Neogene (Fig. 4-11). However, the role of clay formation in controlling the isotopic 

composition of rivers is complicated. For instance, Mg and Li isotope ratios in the river 

waters of the Mackenzie Basin and Canadian Cordillera are strongly positively 

correlated, although evidence from other river systems suggests that Li and Mg isotopes 

should exhibit opposing isotope discrimination during weathering (Tipper et al., 2012). 

Misra and Froelich, (2012) suggest that tectonic uplift and an increase in incongruent 

weathering was the primary cause of the shift in the δ7Lisw through the Neogene. 

However, a recent study has shown that when uplift rates are high, congruent 

weathering increases as a consequence of an increase in the proportion of fresh faces for 

weathering (Pogge von Strandmann and Henderson, 2014). Alternatively, the cause of 

the shift in δ7Lisw may have been the formation of large floodplains associated with 

uplift, where secondary mineral formation was increased (Pogge von Strandmann and 

Henderson, 2014).  

Whatever the cause of the Neogene evolution of oceanic B and these other isotopic 

systems, the correlation between δ11Bsw and the isotopic composition of the other 
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elements is not evident between 14 and 23 Ma suggesting that across this interval, a 

different process unique to the boron cycle was the dominant control on the evolution of 

δ11Bsw. The atmospheric cycle of boron is an interesting aspect of the boron cycle that is 

poorly understood. The relative importance of this cycle is unknown, however, if the 

upper estimates of the atmospheric flux are considered, changes in this part of the boron 

cycle could have a significant influence on δ11Bsw (Park and Schlesinger, 2002). 

Alternatively there could be another source or sink of boron to/from the ocean, which is 

as yet unidentified. The divergence of the isotopic composition of B from the evolution 

of the other elements could be due to some other controls, which are more/less 

dominant on δ11Bsw than the other isotopic systems (Table 4.1). For instance, as 

previously discussed, changes in the rate of dolomite formation may play a significant 

role in the isotopic composition of Mg and Ca (Griffith et al., 2008; Pogge von 

Strandmann et al., 2014) but be less important for δ11Bsw. Explaining the divergence of 

δ11Bsw and δ7Lisw is more difficult because the isotopic composition of both elements 

share many of the same inputs and outputs (Table 4.1). However, small differences in 

the relative size of some of the fluxes (e.g. processes involving oceanic crust alteration) 

may have caused the divergence of the two records.   

4.5 Conclusions 

Here we present a new δ11Bsw record for the Neogene based on paired planktic-benthic 

δ11B measurements. Our new record suggests that δ11Bsw is ~ 38 ‰ at the Oligocene-

Miocene boundary and decreases to a minimum of ~ 37 ‰ at 14 Ma. δ11Bsw then 

increases to the modern value through the late Miocene and Pliocene. When the new 

δ11Bsw record is compared to changes in the seawater isotopic composition of Li and Ca 

the shape of the records between 14 Ma and present is remarkably similar. Although the 

isotopic composition of Mg also changes through this interval, the correlation between 

δ26Mgsw and δ11Bsw is not as strong as the other elements suggesting there may be a 

secondary control on Mg. In all four cases riverine input is cited as one of the key 

control of the isotopic composition of the elements in seawater. When we compare the 

isotopic fractionation of the elements associated with secondary mineral formation, the 

trends in the δ26Mgsw, δ44/40Casw δ11Bsw and δ7Lisw records are all consistent with an 

increase in secondary mineral formation through time. The qualitative treatment of 

multiple stable isotope systems presented here requires a more quantitative treatment. 
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The evolution of δ11Bsw presented here provides important additional constraints on the 

processes responsible for the evolution of ocean chemistry through time.   
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Chapter 5:  Middle Miocene climate instability 

associated with high amplitude CO
2
 

variability.  
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Abstract: 

The amplitude of climatic change, as recorded in the benthic oxygen isotope record, has 

varied throughout geological time. During the late Pleistocene changes in the 

atmospheric concentration of carbon dioxide (CO2) are an important control on this 

amplitude of variability. The contribution of CO2 to climate variability during the pre-

Quaternary, however, is unknown. Here we present a new boron isotope based CO2 

record for the transition into the middle Miocene Climatic Optimum (MCO) between 

15.5 and 17 Myrs that shows pronounced variability between 300 ppm and 500 ppm on 

a roughly 100 kyr time scale during the MCO. The CO2 changes reconstructed for the 

Miocene are ~ 2 times larger in absolute terms (300 to 500 ppm compared to 180 to 280 

ppm) than those associated with the late Pleistocene and ~15% larger in terms of 

climate forcing. In contrast, however, variability in the contemporaneous benthic 

oxygen isotope record (at ~1 ‰) is approximately two-thirds the amplitude of that seen 

during the late Pleistocene. These observations indicate a lower overall sensitivity to 

CO2 forcing for Miocene (Antarctic only) ice sheets than their late Pleistocene 

(Antarctic plus lower latitude northern hemisphere) counterparts. When our Miocene 
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CO2 record is compared to estimated changes in contemporaneous δ18Osw (ice volume), 

they point to the existence of two reservoirs of ice on Antarctica. One of these reservoirs 

appears stable while a second reservoir shows a level of dynamism that contradicts the 

results of coupled climate-ice sheet model experiments given the CO2 concentrations 

that we reconstruct.  

5.1 Introduction 

Variations in the orbit of the Earth around the Sun have paced the Earth’s climate cycles 

throughout geological time, however, the amplitude of the change in radiative forcing 

caused by orbital variations is too small to directly drive the observed magnitude of the 

climate change (Hays et al., 1976). Instead, feedbacks in the Earth system must exist to 

amplify the changes in orbital forcing (Imbrie et al., 1993; Shackleton, 2000). In the 

case of the glacial-interglacial cycles of the late Pleistocene when variability in the 

benthic oxygen isotope record was high (1.5 ‰) the changes in radiative forcing 

brought about by CO2 change were relatively large (up to -2.4 W/m2), identifying CO2 

as an important contributor to climate variability over the past 800,000 years (Lisiecki 

and Raymo, 2005; Lüthi et al., 2008; Köhler et al., 2010).  However, it is not known 

whether the role played by CO2 in climate variability over the past 800,000 years is 

unique to the late Pleistocene. In fact, the lack of suitable records has prevented analysis 

of the role of CO2, in controlling climate variability in the pre-Quaternary.  

 One pre-Quaternary time interval that exhibits significant fluctuations in climate as 

recorded by change in the benthic δ18O record is the middle Miocene Climatic Optimum 

(MCO) between 14.7-17 Ma (Holbourn et al., 2007; Holbourn et al., 2014). The MCO 

is a generally warm time interval punctuating the long term Cenozoic cooling trend 

(Fig. 5-1) (Zachos et al., 2008). Global mean temperatures are estimated to have been 

around 2 to 4 oC warmer than the pre-industrial with the largest temperature differences 

to modern in the high latitudes (Warny et al., 2009; You et al., 2009). Palynological data 

from ANDRILL AND-2A, near the modern ice margin of the East Antarctic ice sheet in 

the Ross Sea, suggest that circum-Antarctic annual sea surface temperatures ranged 

from 0 to 11.5oC (compared to ~ -1 to 3 oC today; Schlitzer, 2000) with January mean 

land temperatures ~ 11oC warmer than today during the peak MCO warmth (Warny et 

al., 2009). A further striking feature of the MCO is the smaller and more dynamic ice 
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sheet on Antarctica that is thought to have accompanied these warmer high latitude 

temperatures (Billups and Schrag, 2002; Shevenell et al., 2004;  Holbourn et al., 2007; 

Warny et al., 2009; Fielding et al., 2011; Passchier et al., 2011; Holbourn et al., 2014). 

Sedimentary facies analysis conducted on AND-2A shows evidence for large-amplitude 

cyclicity in facies associations in middle Miocene strata. These cycles are interpreted to 

indicate changes from open water to ice-proximal deposition during the early middle 

Miocene with two discrete intervals of ice sheet and sea-ice minima at ~15.7 Ma and 

~16.4 Ma (Acton et al., 2008-2009; Warny et al., 2009; Fielding et al., 2011; Passchier 

et al., 2011). A strong orbital control on climate variability in the middle Miocene is 

clearly seen in high-resolution benthic oxygen isotope records, which are characterized 

by high-amplitude (~1 ‰) variability during the MCO with a periodicity matching that 

of the short-term (~100 kyr) eccentricity cycle (Holbourn et al., 2007; Holbourn et al., 

2014). A similar orbital pacing (94-99 kyrs) is seen in particle size data from AND-2A 

and interpreted to reflect the hydrodynamic effects of wave stirring in response to ice 

sheet growth and decay (intensity of wave stirring is controlled by the effect of the ice 

sheet on various high-latitude climate system parameters such as iceberg density) 

(Passchier et al., 2013). Yet, as with the well-documented climate cycles of the late 

Pleistocene, climate variations with an eccentricity pacing are difficult to explain. One 

long-standing problem is that the amplitude of change in radiative forcing brought about 

by eccentricity change is too small to drive climate variability directly (Imbrie et al., 

1993; Shackleton, 2000). Another problem concerns the lack of evidence for major ice 

expansion during the minimum or ‘node’ in the obliquity amplitude modulation 

centered around 16.2 Ma when we might predict ice expansion in response to dampened 

seasonal extremes, particularly the suppression of ablation-inducing warm summers 

(Holbourn et al., 2007). In fact, this predicted expansion of glacial conditions is not seen 

until 2.4 Myr later, at the mid-Miocene Climatic Transition (MMCT), during a node in 

obliquity no more extreme than the one at 16.2 Ma. These observations indicate that 

orbital forcing alone cannot fully explain the observed mid-Miocene climate history and 

that some additional factor(s) must have exerted a fundamental control on the climate 

system at this time. A number of recent studies have suggested that variations in 

atmospheric CO2 drive long-term Miocene climate change (Kürschner et al., 2008; 

Foster et al., 2012). Published estimates of atmospheric CO2 fall in the range of 200 to 

450 ppm during the MCO (Fig. 5-1e) (Kürschner et al., 2008; Foster et al., 2012). Yet, 

the resolution of these records is too crude and the discrepancies among different 
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proxies are currently too large to provide an insight into the possible role of CO2 in 

amplifying shorter-term climate variability during the MCO. Here we present a new 

higher resolution boron isotope-based δ11B-CO2 record and use this to assess the 

relationship between climate and CO2 variability in the middle Miocene.  

 

Figure 5-1: Long term climate and pCO2 records from the middle Miocene. (a) Composite 
benthic δ18O with 5 point moving average (Zachos et al., 2008). Grey and yellow bar indicates 
middle Miocene Climatic Optimum (MCO) and mid-Miocene Climatic Transition (MMCT) 
respectively. (b-c) Benthic δ13C and δ18O record from Site 761B with 5 point moving average 
(Holbourn et al., 2004; Lear et al., 2010). (CM) are carbon maxima events as identified at 761B 
in (Holbourn et al., 2004). (d) Seawater δ18O (‰, vs PDB) (Lear et al., 2010). The light blue 
data points are calculated assuming a carbonate ion effect on the Mg/Ca ratios whilst the dark 
blue points are calculated assuming no carbonate ion effect on measured Mg/Ca. (e) CO2, from 
boron isotopes (δ11B), (red open diamonds Site 761B; Foster et al., 2012, orange solid diamonds 
Site 926; Foster et al., 2012 and open dark blue diamonds; Badger et al., 2013), leaf stomata 
(dark green circles; Kürschner et al., 2008) and alkenones (open dark blue squares; Badger et 
al., 2013 and purple squares;  Zhang et al., 2013).   
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5.2 Materials and Methods 

To better understand the role of greenhouse gas forcing in climate variability across the 

MCO, a CO2 record of higher temporal resolution is needed. We exploit sediments of 

Miocene age from ODP Hole 761B (16˚44.23’S, 115˚32.10’E) in the Indian Ocean (Fig. 

5-2). The foraminifera sampled from ODP Hole 761B were taken from between 47 and 

52 m below sea floor (mcd). The δ18O and δ13C stratigraphy for Hole 761B is not 

sufficiently structured to allow development of a reliable orbitally tuned age model but 

both of these records capture the characteristic structure that typically defines the long-

term climate evolution of the middle Miocene seen at other sites (Figs. 5-1 & 5-3) 

(Holbourn et al., 2004; Lear et al., 2010). The oxygen isotope stratigraphy was used to 

capture the full range of climate variability and measurements were made with ~40 kyr 

spacing.  Surface waters at this site today are close to equilibrium with the atmosphere 

with respect to CO2  (Fig. 5-2) (Takahashi et al., 2009).  

 

Figure 5-2: Map of study sites and mean annual air–sea disequilibria with respect to pCO2. 
Black dots indicate the location of the sites referred to in this study. ODP 761 (16˚44.23’S, 
115˚32.10’E) is from a water depth of 2179m. The modern extent of disequilibria at Site 761B 
is <25 ppm. ODP 926 (3˚43.148’N, 42˚54.507’W), ODP Site 1237 (16˚0.421′S, 76˚22.685′W) 
and ODP Site 1146 (19˚27.40′N, 116˚16.37′E) are also plotted for reference. Data from 
Takahashi et al., (2009).  

 

Boron isotope measurements (described in delta notation as δ11B – permil variation 

from the boric acid standard SRM 951; Catanzaro et al., 1970) were made on the CaCO3 

shells of the mixed layer dwelling foraminifera Globigerinoides trilobus (300-355 μm). 

Boron was first separated from the Ca matrix prior to analysis using the boron specific 

resin Amberlite IRA 743 following Foster, (2008). The boron isotopic composition was 

then determined using a sample-standard bracketing routine on a ThermoFisher 

Scientific Neptune multicollector inductively coupled plasma mass spectrometer (MC-
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ICPMS) at the University of Southampton (closely following Henehan et al., 2013). 

δ11B in planktic foraminiferal calcite, such as G. trilobus (Sanyal et al., 2001), correlates 

positively with pH and negatively with CO2(aq) (Sanyal et al., 2000; Foster, 2008). In the 

absence of changes in the local hydrography, variations of atmospheric CO2 are the 

dominant influence on CO2(aq). Previous work at ODP Site 761 during the Miocene has 

shown that δ11B-derived CO2 is reproducible at ODP Site 926 and in broad agreement 

with other methods of reconstructing CO2 (Fig. 5-1), suggesting that variations in 

atmospheric CO2 are the dominant control on δ11B variability at our study site (Foster et 

al., 2012).  

To put the relative changes in CO2 during the middle Miocene captured by our δ11B data 

set in context, it is instructive to make absolute reconstructions of CO2. To calculate 

CO2 from δ11B several other parameters are needed. First sea surface temperatures 

(SST) and sea surface salinities (SSS) are required to calculate the pKB of boric acid 

(Dickson, 1990). Here SSTs are calculated from tandem Mg/Ca analyses on G. trilobus 

with adjustments for Mg/Casw from (Horita et al., 2002) (with a conservative ± 3oC) 

using the calibration of (Anand et al., 2003) while SSS is held constant at 35 ± 3 ‰ for 

the entire record. These variables only have a minor affect on the calculated pH and 

pCO2 (~30 ppm for a ± 3 oC; ± ~10 ppm for a ± 3 ‰). Second δ11Bsw during the middle 

Miocene is an important source of uncertainty and can have a significant effect on the 

calculation of absolute CO2. The residence time of boron in the oceans is long (~ 10 to 

20 Myrs) ensuring that major changes in δ11Bsw are unlikely during our 1.5 Myr-long 

study (Lemarchand et al., 2002b). It is probable, however, that δ11Bsw in the Miocene 

was different to the present value of 39.61 ‰ and here we use a δ11Bsw value of 37.82 ± 

0.7 ‰ determined for the middle Miocene using offsets in δ11B between benthic and 

planktic foraminifera (Foster et al., 2010; Foster et al., 2012). Thirdly, to define 

atmospheric CO2 a second carbonate system parameter is needed. Here we use a total 

alkalinity value of 1292 ± 300 µmol/kg determined by Foster et al., (2012) for the 

middle Miocene and constrained by reconstructions of the calcium carbonate 

compensation depth (CCD) (Sime et al., 2007) and deep water pH reconstructions 

(Foster et al., 2012). A change in the depth of the CCD by ± 500 m results in variations 

of ±100 μmol/kg in the estimation of deep-water alkalinity. The ± 300 μmol/kg 

uncertainty on the alkalinity estimate used in this study should therefore account for any 

rapid changes in CCD, across this interval, that may not be fully resolved in the lower 
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resolution CCD records (Sime et al., 2007). A full propagation of uncertainty on our 

CO2 estimate is carried out using a Monte Carlo simulation (n=10000) using the 

uncertainty limits highlighted above. The Monte Carlo simulation allows us to fully 

account for the combined effect of the required parameters on the calculated CO2 and 

our overall uncertainty in our CO2 estimates using this technique is calculated to be ± 

66-353 ppm (95% confidence interval). These estimates include uncertainties in the 

δ11B measurement, SST, SSS, total alkalinity and δ11B seawater as outlined above. The 

uncertainties in the other parameters needed to calculate CO2, aside from the G. trilobus 

δ11B, are larger (by a factor of 1.5 to 2) in this study than those reported by Foster et al., 

(2012) to reflect greater potential variability in these parameters over the shorter 

timescales investigated here and any secular evolution between the time interval when 

δ11Bsw and total alkalinty were determined by Foster et al., (2012) and this study interval 

(12.72 Ma vs. 15.5-17 Ma).   

5.3 Results and Discussion 

In Figure 5-3, alongside published stable isotope records we present a new boron 

isotope data set spanning 15.5 to 17 Myrs from Site 761B. This new boron isotope 

record shows high δ11B values (16 to 17.5 ‰; hence lowest CO2) during the interval 17 

to 16.5 Ma leading up to the MCO. During the MCO (16.5 to 15.5 Ma) the δ11B record 

shows pronounced variability with the presence of distinctly lower values (16.5 to 14.5 

‰; hence higher CO2) (Fig. 5-3). The 1.5 to 2 ‰ changes in δ11B suggests that CO2 

variability is closely linked to the observed pronounced variability in high latitude 

climate during the MCO. Our data therefore confirm inferences made from the % 

CaCO3 content of deep ocean sediments from the equatorial Pacific (Holbourn et al., 

2014) that large variations in the carbon cycle accompanied climate variability during 

the MCO. The minima in δ11B in our record appear to occur with a rough 100 kyr 

spacing raising the question of whether they might be paced by the short eccentricity 

cycle. However, our δ11B data are not of sufficiently high temporal resolution to address 

this question quantitatively. Furthermore, while comparison of records at Site 761B 

shows some similarities of the appropriate sign (δ11B maxima with δ18O minima), the 

761B δ18O record does not demonstrate clear 100 kyr cyclicity (Fig. 5-3). This lack of 

clear orbital cyclicity in the oxygen also prohibits detailed correlation of our δ11B record 

to other, better-resolved oxygen isotope stratigraphies. Therefore, while our δ11B record 
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documents the existence of short-term CO2 variability in the pre-Quaternary, work 

elsewhere is required to gain a fuller understanding of the links between CO2 and 

climate on orbital timescales during the middle Miocene.  

 

Figure 5-3: MCO climate proxies with the new boron isotope data (δ11B). (a-c) Benthic δ18O, 
δ13C and seawater δ18O record from Site 761B between 15.5-17.13 Myrs. For the δ18Osw, light 
blue data points are calculated assuming a carbonate ion effect on the Mg/Ca ratios whilst the 
dark blue points are calculated assuming no carbonate ion effect on measured Mg/Ca (Holbourn 
et al., 2004; Lear et al., 2010) (d) δ11B from Site 761B (solid diamonds from this study and open 
diamonds Foster et al., 2012). δ11B are measured against NIST SRM boric acid standard 951. 
Note the inverted axis. Error bars show 2 s.d. external reproducibility.  

 

Despite this inability to fully quantify the cyclicity within our new δ11B record, our new 

data indicates that CO2 oscillated from a baseline value of 250 to 350 ppm to a 

maximum of ~500 ppm, a value that is reached at several times during the MCO (±66-

353 ppm, 95% confidence) (Fig. 5-4). The CO2 minima and maxima in our new record 

fall close to the range of MCO values previously reported using a number of different 
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techniques (Kürschner et al., 2008; Foster et al., 2012; Zhang et al., 2013). The new 

record exhibits, however, considerably more structure than is seen in published data sets 

and goes some way to reconciling some of the differences among those existing CO2 

records. The maximum values for CO2 that we calculate (~500 ppm) also fall within the 

range required in climate models to match the observed warmth during the MCO (e.g. 

460-580 ppm You et al., 2009).  

CO2 exerts a logarithmic forcing on global climate defined by the relationship: Climate 

forcing = 5.35*ln(C/ C0) W/m2 where C is the CO2 concentration in ppm and C0 is the 

reference pre-industrial concentration (278 ppm) (Myhre et al., 1998). The range in CO2 

(interglacial-glacial) that we reconstruct is ~2 times larger in absolute terms than that 

associated with late Pleistocene climate change (Lüthi et al., 2008), but the logarithmic 

relationship between CO2 and climate forcing means that the resulting increase in the 

range of radiative forcing is more modest (only ~15% larger than the late Pleistocene). 

Nevertheless, the larger range in radiative forcing for the Miocene than for the late 

Pleistocene contrasts sharply with the observed variability in climate as measured in the 

benthic oxygen isotope record (glacial-interglacial variability in benthic δ18O during the 

Miocene is only about two thirds of that seen during the late Pleistocene; Lisiecki and 

Raymo, 2005; Holbourn et al., 2014). This observation suggests that larger CO2 changes 

are required to induce changes in temperature and ice volume during the Miocene than 

for the late Pleistocene. We interpret this result to reflect the impact of the absence 

during the MCO of large ice sheets in the northern hemisphere (where ice sheets 

accumulate at lower latitudes than in the southern hemisphere and where the thermal 

response to transient CO2 increase is greater because of a larger land area in the 

sensitive latitudinal range). In this interpretation, the absence of large ice sheets in the 

north acts to reduce the size of the reservoir of ice that is sensitive to subtle variations in 

atmospheric CO2.  
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Figure 5-4: High amplitude changes in MCO climate records and CO2. (a-b) Obliquity and 
eccentricity cycles (Laskar et al., 2004) (c) CO2 reconstruction for ODP 761B plotted as CO2 
and climate forcing (Climate Forcing, ΔF = 5.35*ln(C/C0) W/m2 where C is the CO2 
concentration in ppm and C0 is the reference pre-industrial concentration (280 ppm) (Myhre et 
al., 1998), closed diamonds this study and open diamonds from Foster et al., (2012). CO2 is 
calculated using a surface water total alkalinity (~1293 ± 300 µmol/kg) and a δ11Bsw = 37.82 ± 
0.7  ‰. The pale red band on δ11B-CO2 shows climate forcing/CO2 uncertainty at 95% 
confidence level, dark red band at 68% confidence level for data from this study. The error bars 
on the Foster et al., (2012) data show climate forcing/CO2 uncertainty at 95% confidence.  (d) 
Benthic δ18O record at ODP Site 1146 and ODP Site 1237 (Holbourn et al., 2007). (e) Seawater 
δ18O (‰, vs PDB) (Lear et al., 2010). The light blue data points are calculated assuming a 
carbonate ion effect on the Mg/Ca ratios whilst the dark blue points are calculated assuming no 
carbonate ion effect on measured Mg/Ca (f) Benthic δ13C record at ODP Site 1146 and ODP 
Site 1237 (Holbourn et al., 2007). Orange and green vertical bars highlights major ice sheet 
retreat at ~15.7 Ma and ~16.4 Ma respectively (Acton et al., 2008-2009; Warny et al., 2009; 
Fielding et al., 2011; Passchier et al., 2011).  
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Next we assess associations between CO2 variability during the middle Miocene and 

rapid changes in ice sheet behavior by comparing our record with the ANDRILL 

records from the Antarctic margin. This task is not straightforward because of the lack 

of orbitally resolved age models both for the ANDRILL core and at Site 761. These 

uncertainties mean that we cannot directly correlate the detailed structure seen in our 

δ11B-CO2 record with individual cycles in ice sheet behavior reconstructed from the 

ANDRILL records. Using the best stratigraphic age controls available, however, the two 

intervals of inferred dramatic ice sheet retreat (at ~15.7 Ma and ~16.4 Ma; coloured 

bands on Fig. 5-4) (Acton et al., 2008-2009; Warny et al., 2009; Fielding et al., 2011; 

Passchier et al., 2011; Feakins et al., 2012) fall during intervals of high amplitude 

variability in both obliquity and atmospheric CO2, (Fig. 5-4), suggesting that warm 

summers brought about by a combination of high-tilt and high CO2 are responsible for 

retreat of the Antarctic ice sheet in the middle Miocene. Further work on both the 

chronostratigraphy and paleoclimate history of AND-2A is needed to test this 

hypothesized relationship between atmospheric CO2 and the stability of the Antarctic 

ice sheet. 

In Figure 5-5, we compare CO2 and ice volume between 12 and 17 Myrs by 

constructing cross plots of δ11B and CO2 forcing against δ18Osw (reconstructed from the 

benthic oxygen isotope record from which the temperature effect has been removed 

using Mg/Ca paleothermometry, Lear et al., 2010). We note that, at low levels of 

carbonate saturation, Mg/Ca in benthic foraminiferal calcite also responds to changes in 

carbonate saturation state (Elderfield et al., 2006; Yu and Elderfield, 2007). 

Uncertainties surrounding the threshold level of this effect led Lear et al., (2010) to 

calculate bottom water temperatures for two assumed scenarios, one in which Mg/Ca is 

unaffected by changes in saturation state and one in which Mg/Ca is affected by 

changes in saturation state. For the latter scenario paired Mg/Ca and Li/Ca records were 

used to correct for this effect. While that study demonstrated the potential of using 

paired trace metal records to correct for changes in carbonate saturation state it is 

important to acknowledge that uncertainties remain regarding the species-specific 

sensitivities and thresholds to both temperature and saturation state (Lear et al., 2010; 

Kender et al., 2014). Nevertheless, here we plot the δ18Osw calculated for both scenarios 

in Lear et al., (2010) to compare with our new CO2 record. The Mg/Ca-temperatures are 
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based on modern seawater Mg/Ca and therefore the record should only be taken as an 

indication of δ18Osw variability. In order to better quantify the relationship between the 

δ11B/CO2 forcing and δ18Osw we follow a probabilistic approach similar to Foster and 

Rohling, (2013) to fully account for the uncertainty in X and Y variables.  This entailed 

generating 10,000 realizations of each data set by randomly perturbing each data point 

within its uncertainty (see Fig 5-5. caption for more details).  Non-parametric 

regressions (LOWESS) were fitted to each realization and the distributions of LOWESS 

curves at each δ11B/CO2 forcing step was assessed and the probability maximum, as 

well as the 68% and 95% probability intervals, was determined.  Importantly, because 

we are only concerned here with relative change in climate forcing it is not necessary to 

propagate all of the uncertainties in CO2 discussed above.  For instance, whilst the 

absolute value of δ11Bsw during the middle Miocene is uncertain (37.82 ± 0.7 permil), 

given the oceanic residence time of boron it is unlikely to change across our study 

interval and so can be ignored. Similarly, the uncertainty on the Mg/Ca based 

temperature is largely due to the correction in the Mg/Ca of seawater, which is uncertain 

in the middle Miocene but unlikely to vary significantly across the study interval 

(residence time of Mg and Ca is 14 and 1 Ma respectively), and so our SST uncertainty 

can be reduced to ± 1 oC (reflecting the analytical uncertainty in Mg/Ca measurement).  

Finally, studies of the Quaternary glacial-interglacial cycles suggest that whole ocean 

alkalinity does not vary on these timescales by more than ± 150 µmol/kg (Hain et al., 

2010), given this is likely an extreme case, we therefore reduce the TA uncertainty to ± 

200 µmol/kg to cover the likely change in this variable across our record.   
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Figure 5-5:  Cross plots of δ11B/climate forcing and δ18Osw. For δ18Osw calculations see Lear et 
al., (2010). (a) δ18Osw calculated assuming a carbonate saturation state effect on Mg/Ca plotted 
with G.trilobus δ11B.  (b) δ18Osw calculated assuming no carbonate saturation state effect on 
Mg/Ca plotted with G.trilobus δ11B. (c) δ18Osw calculated assuming a carbonate saturation state 
effect on Mg/Ca plotted with climate forcing (as defined in text). (d) δ18Osw calculated assuming 
no carbonate saturation state effect on Mg/Ca plotted with climate forcing. δ11B/climate forcing 
data from this study and Foster et al., (2012) and error bars show either analytical uncertainty 
(for δ11B) or reconstructed uncertainty (climate forcing, see text). In each plot the data are 
divided into Pre-MCO (light blue), MCO (orange) and Post MMCT (dark blue) and uncertainty 
on δ18Osw is ± 0.275 ‰ (at 68% confidence) due to the ± 1 oC uncertainty (at 68% confidence) 
of the Mg/Ca-temperature calibration used in Lear et al., (2010). The black line describes the 
most likely relationship between the X and Y variables (the probability maximum) given the 
uncertainty in these variables, the light and dark grey areas are the 95% and 68% confidence 
intervals. Note the deep-water temperature used to estimates δ18Osw were calculated using 
modern seawater Mg/Ca ratio as in Lear et al., (2010) and should therefore only be interpreted 
in terms of relative change.   

 

This treatment of the data clearly reveals a curvilinear relationship between δ11B/CO2 

forcing and ice volume, regardless of our choice of corrected or uncorrected δ18Osw (Fig. 

5-5).  The inflection point on these non-parametric regressions can be used to identify 

two distinct δ18Osw/CO2 forcing regimes (Fig. 5-5). Regime I is characterised by 

comparatively low levels of atmospheric CO2 values and a near-linear relationship 
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between increasing CO2 and decreasing ice volume (δ18Osw) while Regime II is 

characterised by higher CO2 but no additional change in ice volume. While ice existed 

on the continents of the northern hemisphere from at least Eocene/Oligocene boundary 

time (Eldrett et al., 2007), the global ice budget was almost certainly dominated by the 

Antarctic ice sheets until the late Pliocene (DeConto et al., 2008; Bailey et al., 2013; 

Rohling et al., 2014). Thus, there may have been a small contribution to the global ice 

budget from the northern hemisphere during intervals of peak δ18Osw (greatest ice 

volumes) during the mid-Miocene Climatic Transition but during the MCO, it is likely 

that ice sheet variability traced by changes in δ18Osw capture the waxing and waning of 

Antarctic ice sheets. The marine-based West Antarctic ice sheet today is certainly the 

most dynamic component of the Antarctic ice sheet system (Pollard and DeConto, 

2009), however, recent ice-proximal provenance studies suggest that during the 

Pliocene Epoch (3-5 Ma) parts of the East Antarctic ice sheet may also have acted as a 

dynamic reservoir (Cook et al., 2013; Mengel and Levermann, 2014). Most of the data 

from the MCO lie in Regime II, or on the upper part of the steep limb that defines 

Regime I (Fig 5-5) suggesting that during this time interval two reservoirs of ice 

existed, one of which was stable (i.e. no change in δ18Osw for a given change in CO2), 

even at the highest CO2 levels seen in our record and another that is more dynamic at 

these low CO2 levels than predicted by the results of classic coupled climate-Antarctic 

ice sheet models (Pollard and DeConto, 2005).  

5.4 Conclusions 

Our new δ11B record indicates that high amplitude CO2 variations accompanied the 

orbitally paced climatic changes observed in a range of climate records during the 

middle Miocene. In particular we show, using the best stratigraphic information 

available, that the two intervals of Antarctic ice sheet retreat identified in the AND-2A 

ANDRILL core occur during the MCO when the amplitudes of CO2 and orbital 

obliquity variability are both high. A lack of late Pleistocene-like ice sheets in the 

northern hemisphere indicates that, while the overall climatic response to CO2 change 

was muted in the middle Miocene, our results also indicate that there was a component 

of the continental ice budget, most likely on Antarctic, that was responding to CO2. In 

detail our results point to the existence of two reservoirs of ice on Antarctica during the 

Miocene, one that is stable even at comparatively high CO2 levels and one that is 
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dynamic at the lower end of the CO2 range reconstructed. While our data do not 

distinguish the separated reservoirs, in light of the magnitude of δ18Osw variability we 

envisage a multi-component Antarctic ice sheet with at least one component (including 

a portion of the East Antarctic ice sheet) showing significant ice sheet variability at CO2 

concentrations lower than the threshold predicted by coupled climate-ice sheet models 

(Pollard and DeConto, 2005; Cook et al., 2013; Gasson et al., 2014; Mengel and 

Levermann, 2014). An important implication of this finding is that present day 

continental ice masses may become increasingly dynamic as the Earth-system 

approaches equilibrium with anthropogenic climate forcing.  
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Chapter 6:  The relationship between ice 

volume and CO
2
 across the Oligocene-

Miocene boundary.  
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Abstract:  
The Mi-1 glaciation, coincident with the Oligocene-Miocene transition (OMT) is one of 

the major climatic events of the Cenozoic and interpreted to involve a large (estimated 

~50 m sea level equivalent) rapid (200-300 kyrs) transient expansion and contraction in 

Antarctic ice volume. The causes of these events are poorly understood. Orbital forcing 

has long been cited as an important factor determining the timing of the ice sheet 

growth, however, the existence of a similar orbital configuration 1.2 million years prior 

to the event suggests that additional mechanisms play an important role. To improve our 

understanding of the mechanisms involved we present a boron isotope-based CO2 

record between 22 and 24 Myrs from two sites in the Atlantic Ocean (Ocean Drilling 

Program, ODP, Site 926 in the equatorial Atlantic and Integrated Ocean Drilling 

Program, IODP, Site U1406 in the North Atlantic) and one site in the Pacific Ocean 

(ODP Site 872). These records show that CO2 was low (~240 ppm) and comparatively 

stable on the immediate run-up to the Mi-1 glaciation but increased to ~400-500 ppm 

during the subsequent deglaciation. When we combine our new CO2 record with 
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published Oligocene data sets Mi-1 glaciation appears to be controlled by long-term 

decline in CO2 levels below a critical threshold, as part of a long-term CO2 decline, and 

a favourable orbital configuration, caused by a combination of low obliquity and low 

amplitude eccentricity. Large published estimates of ice volume change on Antarctica of 

(50 msle) across the OMT are difficult to reconcile with the relatively modest changes 

in CO2 indicated in our records. 

6.1 Introduction 

Over the last 55 million years Earth’s climate has gradually cooled and superimposed 

upon this long-term evolution are intervals of more rapid change (Zachos et al., 2008). 

The Oligocene-Miocene stratigraphic transition coincides with one of these events, the 

Mi-1 glaciation (terminology of Miller et al., 1991; ca. 23 Ma, see Fig. 6-1). This abrupt 

cooling event is evident in the oxygen isotope record as a transient two-step positive 

increase in benthic δ18O. The magnitude of this change has typically been estimated at 

approximately 1 ‰ (Miller et al., 1991; Paul et al., 2000; Pälike et al., 2006a; Pälike et 

al., 2006b; Liebrand et al., 2011), and interpreted to represent an expansion in 

continental ice volume of approximately ~50 m (s.l.e) and bottom water-cooling of 

approximately 2oC (Mawbey and Lear, 2013). However, a recent re-evaluation of 

stacked benthic δ18O records argues that the excursion was smaller (~ 0.6 ‰) and that 

previous work had placed too much emphasis on the extremes in the interpretation of 

the individual records (Mudelsee et al., 2014). While it is not possible to discount the 

involvement of Northern Hemisphere ice in contributing to the amplitude of the Mi-1 

glaciation, it has been shown that at least some of the ice volume change occurred on 

Antarctica (Naish et al., 2001).  
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Figure 6-1: Climate and forcing over the Oligocene-Miocene transition. a) Cenozoic oxygen 
isotope composite (Zachos et al., 2008) (b) Oxygen isotope records from Site 926 (blue) (Pälike 
et al., 2006a), Site 1264 (light green) (Liebrand et al., 2011) and Site 1218 (dark green) (Pälike 
et al., 2006b and references therein).  (c) Eccentricity orbital forcing and (d) Obliquity orbital 
forcing from Laskar et al., (2004). (e) Previously published CO2 records from across the Mi-1 
glaciation. Alkenone reconstructions (light blue and purple) from Pagani et al., (2005) and (dark 
blue) from Zhang et al., (2013) plotted on the age model of Pagani et al., (2011) updated to 
Gradstein et al., (2012). Leaf stomata CO2 reconstruction (yellow diamond) from Kürschner et 
al., (2008). The Oligocene-Miocene transition is highlighted in red. 

Orbital forcing plays a central role in the character of the Mi-1 glaciation, with deep- 

ocean cooling and ice sheet growth/retreat occurring as a number of orbitally paced 

steps (Naish et al., 2001; Zachos et al., 2001b; Pälike et al., 2006a; Pälike et al., 2006b; 

Liebrand et al., 2011; Mawbey and Lear, 2013;). For instance, following the Mi-1 
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glaciation, a strong 100 kyr cyclicity is evident in a number of benthic oxygen isotope 

records (Zachos et al., 2001b; Liebrand et al., 2011) and δ18Osw (calculated from coupled 

benthic oxygen isotope and Mg/Ca measurements) (Mawbey and Lear, 2013). It is 

evident from such high-resolution records of benthic δ18O that the Mi-1 glaciation 

coincides with low obliquity, associated with the 1.2 Myr modulation of the Earth’s 

orbit and axial tilt (an obliquity ‘node’), as well as reduced amplitude of eccentricity 

(400 kyr long eccentricity cycle; i.e. a very circular orbit), both of which reduce 

seasonal extremes and increase the chances of winter snowfall surviving the summer 

ablation season (Zachos et al., 2001b; Pälike et al., 2006a) (Fig. 6-1). However, 

obliquity nodes occur with regular frequency throughout the late Oligocene (Laskar et 

al., 2004) and the amplitude of the previous one at 24.4 Ma is more extreme than that 

associated with the Oligocene-Miocene transition (Pälike et al., 2006a). Consequently, 

despite a clear orbital pacing to Mi-1, changes in other transition conditions are required 

in order to explain the exact timing of the climate perturbation.  

Given the importance of atmospheric CO2 as a determinant of the secular evolution of 

Earth’s climate on these timescales, it is commonly suggested that the Mi-1 glaciation is 

also associated with a perturbation of the carbon cycle (Zachos et al., 1997; Paul et al., 

2000; Mawbey and Lear, 2013). It has been well documented by numerous modeling 

studies (DeConto and Pollard, 2003b; Gasson et al., 2012) and a growing number of 

reconstructions (e.g. Pearson et al., 2009; Pagani et al., 2011; Foster et al., 2012; 

Greenop et al., 2014) that CO2 plays an important role in controlling the timing of ice 

sheet growth and retreat throughout the Cenozoic. In the absence of a detailed CO2 

record across the Mi-1 glaciation the long-term increase of 0.8‰ in carbon isotopes 

from 24 to 22.9 Ma at Site 929 has been attributed to an increase in global organic 

carbon burial and the associated reduction in atmospheric CO2 (Zachos et al., 1997; Paul 

et al., 2000). On the basis of deep ocean CaCO3 preservation indicators, an increase in 

CO2 has also been implicated as one of the driving forces of the deglaciation that 

followed the glacial maximum at 23 Ma (Mawbey and Lear, 2013). The published CO2 

records, however, do not have the required resolution to test these hypotheses, or to test 

for the CO2 decline that would be expected to accompany an increase in organic carbon 

burial prior to Mi-1 glaciation (Fig. 6-1). A further complication with the traditional 

interpretation of the Mi-1 glaciation concerns the rapid, largely symmetrical, and 

orbitally paced nature of the ice growth and ice retreat across the event.  Ice sheet 
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models for the Antarctic ice sheet suggest a relatively high threshold (>1000 ppm) for 

melting of the ice sheet once it has grown due to inherent hysteresis (Pollard and 

DeConto, 2005).  If the Antarctic ice sheet does play a role in the ice sheet changes 

across the O-M transition (Naish et al., 2001), this dynamic behaviour must occur at a 

CO2 level substantially below the modelled threshold.  However, to better understand 

the timing and causes of Mi-1 glaciation it is clear that CO2 data are required at 

substantially higher resolution that is currently available (Fig. 6-1).  Here we present the 

first high-resolution, multi-site boron isotope based CO2 record across the Mi-1 

glaciation. 

6.2 Methods and Site information 

6.2.1 Site Location and Information 

We utilise sediments from three open ocean sites: IODP Site 1406 from the 

Newfoundland Ridge (40°21.0′N, 51°39.0′W; water depth of 3798.9 m), ODP Hole 

926B from Ceara Rise (3°43′N, 42°54′W; 3598 m water depth) and ODP Hole 872C 

situated in the tropical north Pacific gyre on the sedimentary caps of flat-topped 

seamounts (10°05.850’N, 162°51.960’E, water depth of 1287 m). All three sites are 

currently located in regions where surface water is close to equilibrium (+/- 25 ppm) 

with the atmosphere with respect to CO2 (Fig. 6-2; (Takahashi et al., 2009)). Age 

models are based on (Expedition 342 Scientists, 2012) and (Pälike et al., 2006a and 

references therein) and (Pearson, 1995) for Site 1406, Site 926 and Site 872 

respectively. The foraminifera sampled from IODP Site 1406 were taken from between 

51 and 97 metres below sea floor (mcd). Foraminifera from ODP Site 926 were sampled 

from between 469 and 527 mcd. Foraminifera from ODP Site 872 were sampled from 

between 112 and 117 mcd. Visual inspection of the foraminifera from sites 926 and 

1406 shows that, as a result of the greater burial depth, the foraminifera at ODP Site 926 

have been subjected to more micro-crystalline recrystallisation than ODP Site 1406, 

where the preservation is exceptional for this time interval (Fig. 6-S1). Comparison of 

the two sites may thus allow us to assess potential diagenetic effects on our δ11B data. 
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Figure 6-2: Map of study sites and mean annual air-sea disequilibria with respect to pCO2. The 
black dots indicate the location of the sites used in this study. IODP Site U1406 (40°21.0′N, 
51°39.0′W) is from a water depth of 3798.9 m and the modern extent of disequilibria is ~ -24 
ppm. ODP Site 926 (3°43.148′N, 42°54.507′W) is at a water depth of 3598 m and the modern 
extent of disequilibria is ~ +22 ppm. ODP Site 872C (10°05.850’N, 162°51.960’E) is from a 
water depth of 1287 m and the modern extent of disequilibria is ~ 0 ppm. Data are from 
Takahashi et al., (2009). 

6.2.2 Boron isotope measurements 

Trace element and boron isotope (described in delta notation as δ11B – permil variation 

from the boric acid standard SRM 951; Catanzaro et al., 1970) measurements were 

made on the CaCO3 shells of the mixed-layer dwelling foraminifera Globigerina 

praebulloides (250-300 μm) at Sites 926 and 1406. At Site 872, mixed layer dwelling 

foraminifera Globigerinoides trilobus (300-355 μm) were analysed. The foraminifera 

were cleaned following the oxidative cleaning methodology of Barker et al., (2003) 

before dissolution by incremental addition of 0.5 M HNO3. Trace element analysis was 

then conducted on a small aliquot of the dissolved sample at the University of 

Southampton using a ThermoFisher Scientific Element 2 XR to measure Mg/Ca for 

ocean temperature estimates and Al/Ca to assess the competency of the sample 

cleaning. For boron isotope analysis the boron was first separated from the Ca matrix 

using the boron specific resin Amberlite IRA 743 following (Foster et al., 2008). The 

boron isotopic composition was then determined using a sample-standard bracketing 

routine on a ThermoFisher Scientific Neptune multicollector inductively coupled 

plasma mass spectrometer (MC-ICPMS) at the University of Southampton (closely 

following Henehan et al., 2013).  
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6.2.3 The δ11B-pH proxy 

Boron exists as two stable isotopes in the ocean, 10B and 11B in the proportions of 

19.82% and 80.18% respectively. The two major dissolved species of boron in seawater 

are trigonally coordinated boric acid B(OH)3 and the tetrahedrally-coordinated borate 

ion B(OH)4
-.  The proportions of these two species is pH dependent such that at low pH 

all dissolved boron is in the B(OH)3 form and at high pH all dissolved boron is in the 

B(OH)4
- species (Zeebe and Wolf-Gladrow, 2001). 

!(!")! + 2!!! = !(!")!! + !!!!                     6.1     

A pronounced isotopic fractionation exists between the two aqueous boron species as a 

consequence of differences in coordination and vibration frequencies. Consequently 

given a change in pH both the proportion of the two species and their isotopic 

composition varies. 

A large body of evidence suggests that only the charged species is predominantly 

incorporated into the foraminifer shell (Hemming and Hanson, 1992; Sanyal et al., 

2000; Sanyal et al., 2001; Foster et al., 2008; Rae et al., 2011; Henehan et al., 2013) and 

consequently δ11B in planktic foraminiferal calcite correlates positively with pH and 

negatively with [CO2]aq. The δ11B of B(OH)4
- is related to pH by the following equation: 

!" = !!!∗ − log   
!!!!!" −   !!!!!"!!!

!!!!!" −  ∝! . !!!!!"!!! − 1000  . ∝!− 1
                    (6.2) 

In the absence of changes in the local hydrography, variations of atmospheric CO2 have 

a dominant influence on [CO2]aq. Although the δ11B of foraminifera correlates well with 

pH and [CO2]aq, the δ11Bcalcite is often not exactly equal to δ11Bborate (Fig. 6-3) (Sanyal et 

al., 2001; Foster, 2008; Henehan et al., 2013). For instance, while the pH sensitivity of 

δ11B in modern G. bulloides is similar to the pH sensitivity of δ11B in borate ion, the 

relationship between pH and δ11B falls below the theoretical δ11Bborate-pH line (i.e a 

lower δ11B for a given pH) (Martinez Boti et al., 2015b) (Fig. 6-3). This effect has been 

attributed to the dominance of respiration and calcification on the foraminifer’s 

microenvironment in asymbiotic foraminifera, which both act to drive down local pH 

(Hönisch et al., 2003; Zeebe et al., 2003). In contrast, photosynthetic processes in 

symbiont-bearing foraminifera cause the pH of the micro-environment to be elevated 

above that of the external seawater (Henehan et al., 2013). Recent work, based on δ13C 
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and δ18O changes with size fraction, has shown at the Oligocene-Miocene transition G. 

praebulloides appears to be symbiotic, in contrast to G. bulloides that is thought to be 

its nearest living relative (Chapter 3). Consequently the modern δ11B-pH calibration of 

G. bulloides is not applicable. The good agreement in absolute terms between δ11B in G. 

praebulloides from this study and G. trilobus from Site 872 suggests that the G. 

sacculifer calibration may be more applicable (Fig. 6-3, 6-4, 6-5). In the absence of a G. 

sacculifer calibration for the 250-300 μm size fraction, following (Foster et al., 2012), 

we apply the G. sacculifer calibration of (Sanyal et al., 2001) with a modified intercept 

so that it passes through the core top value for G. sacculifer (300–355 μm) from ODP 

999A (Seki et al., 2010). 

 

Figure 6-3: Offset between δ11Bmeasured and δ11Bborate for a range of modern species. The 1:1 line is 
the δ11B of the borate ion. The calibration for G. ruber (red) is from Henehan et al., (2013) and 
the intercept is modified to go through the 250-300 μm size fraction data (red squares) from the 
same study. The calibration for G. sacculifer (green) is from Sanyal et al., (2001) and the 
intercept is modified to go through the 300-355 μm size fraction core top value (green square) 
from (Seki et al., 2010). The calibration for G. bulloides is from Martinez-Boti et al., (2015b) 
and core top data are a mix of size fractions (purple squares) from the same study as there is no 
systematic change in δ11B with size fraction in this species.  
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6.2.4 Calculating CO2  

To further understand the role of CO2 in driving the Mi-1 glaciation we need to put the 

relative changes of CO2 indicated by δ11B alone into a quantitative framework by 

making absolute reconstructions of CO2. To do this we need the following additional 

information: temperature, salinity, δ11Bsw and a second carbonate system parameter (e.g. 

Foster et al., 2012).  

(i) Temperature and salinity changes are assessed using Mg/Ca derived temperatures 

alongside planktic stable oxygen isotopes.  SSTs are calculated from tandem Mg/Ca 

analyses on G. bulloides using the generic Mg/Ca temperature calibration of Anand et 

al., (2003). Adjustments were made for changes in the Mg/Casw using the record of 

Horita et al., (2002) and correcting for changes in dependence on Mg/Casw  following 

Evans and Muller, (2012) using H = 0.41 calculated from G. sacculifer (Delany et al., 

1985; Hasiuk and Lohmann, 2010; Evans and Muller, 2012). After evaluation of the 

Mg/Ca temperature estimates (see Section 6.3.1) we elect to use the Mg/Ca derived 

temperatures at Site 926 and Site 872 and apply a conservative estimate of uncertainty 

in Mg/Ca-SST of ± 3 C, to account for analytical uncertainty, uncertainty in the 

magnitude of the Mg/Casw correction and potential diagenetic alteration. As a result of 

issues with the Mg/Ca temperature estimates at Site 1406 (see Section 6.3.1), we use the 

temperature estimates from Site 926 and apply the modern temperature gradient of 

~10oC between Site 1406 and Site 926. The temperature effect on CO2 calculated from 

δ11B is ~ 10-15 ppm/oC. Consequently small variations in SSTs have a limited effect on 

the calculated CO2, however, this does become more significant when the variations are 

greater than 5oC. Based on the planktic oxygen isotope record at Site 1406, we 

hypotheses that large changes in temperature are occurring at this site across the 

boundary (see section 6.3.1 for details). Consequently here we use a larger uncertainty 

of ± 5 oC. We assume salinity remained the same as modern day at all three sites and 

apply a conservative estimate of ± 3 psu to account for any changes in this parameter 

through time. Salinity has a little effect on CO2 uncertainty (± 3-14 ppm for a ± 3 ‰). 

(ii) The δ11Bsw during the middle Miocene is a large source of uncertainty and can have 

a significant effect on the calculation of absolute CO2. Although the residence time of 

boron in the oceans (~ 10 to 20 Myrs) ensures that major changes in δ11Bsw during the 2 

Myr interval we assess here are unlikely (Lemarchand et al., 2002b), it is probable that 
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δ11Bsw has shifted from the present value of 39.61 ‰ in the past 17 Myrs (Foster et al., 

2010). Here we used the δ11Bsw record from Chapter 4, calculated using δ11B and δ13C 

from planktic-benthic foraminifera pairs. Across this interval δ11Bsw is 38.06-38.09 ‰ 

with an uncertainty of 0.99-1.52 ‰. While the absolute value of δ11Bsw is uncertain, 

given the oceanic residence time of boron, it is unlikely to change across our study 

interval and so can be ignored in the calculation of relative changes of CO2. 

(iii) To define atmospheric CO2 a second carbonate system parameter is needed. Carbon 

cycle modelling experiments have shown that surface water calcite saturation state 

(Ωcalcite) is well regulated, varying by only around 0.5 from the modern mean global 

value of approximately 5.4 over the past 100 million years (Tyrrell and Zeebe, 2004; 

Ridgwell, 2005). If we assume that Ωcalcite remained constant and the [Ca] through time 

is known (e.g. from fluid inclusions; Horita et al., 2002), we can calculate CO3
2- and 

hence CO2 using the δ11B derived pH.  However, while surface water omega appears to 

remain relatively constant on long timescales (e.g. >100 kyrs) (Tyrrell and Zeebe, 2004; 

Ridgwell, 2005; Honisch et al., 2012), rapid perturbations in the ocean carbonate system 

can drive substantial changes in omega on timescales < 100 kyrs that are in fact 

correlated with pH change (Honisch et al., 2012). Consequently, here we assume the 

average omega of the whole record, rather than on each individual data points is equal 

to the modern, and has been used to determine and average total alkalinity. We calculate 

total alkalinity to be 1800 µmol/kg using the δ11B at Site 926 and the [Ca] record of 

Horita et al., (2002) by adjusting total alkalinity until the surface water omega across the 

whole record averages the modern day value of 5.69 at Site 926. Ωcalcite at Site 1406 may 

have changed across the Oligocene-Miocene transition as a consequence of the location 

of the site at the transition between two surface water masses. Consequently we apply 

the alkalinity estimate from Site 1406 to this site. The limited data at Site 872 means 

that it is more difficult to calculate ‘average’ omega across the whole record here and 

we therefore apply the alkalinity estimation from Site 926. Given that the modern 

difference in total alkalinity between Site 926 and Site 872 is relatively small (~100 

µmol/kg) we think this assumption is reasonable in light of the uncertainty on the total 

alkalinity estimate (± 800 µmol/kg). The alkalinity uncertainty is based on the 

uncertainty in [Ca] (± 0.0045 µmol/kg), omega (± 0.5) and the other parameters needed 

to calculate pH. Note we have chosen to use total alkalinity rather than CO3
2- directly.  

This is because on these timescales pH and CO3
2 should be positively correlated 
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(Honisch et al., 2012) and perturbing each variable independently in our Monte Carlo 

simulations (below) to fully propagate uncertainty causes the CO2 uncertainty to be 

unjustifiably large.  The effect of [Mg] and [Ca] on the equilibrium constants K1, K2 

and Ksp was parameterised using the corrections from Ben-Yaakov and Goldhaber, 

(1973) following Tyrrell and Zeebe, (2004).  

 For each CO2 data point a full propagation of uncertainty is carried out using a Monte 

Carlo simulation (n=10000) perturbing each data point within the uncertainty limits in 

the δ11B measurement (± 0.16-0.85 ‰), SST (± 3 oC at Sites 872 and 926, ± 5 oC at Site 

1406 ), SSS (± 3 psu), total alkalinity (± 800 µmol/kg) and δ11B seawater (±0.94-1.66 

‰). Our overall uncertainty in our CO2 record using this technique is estimated to be ± 

70-186 ppm at Site 926, ± 64-627 ppm at Site 1406 and ± 97-137 ppm at Site 872 (95% 

confidence interval). These uncertainties are dominated by the uncertainties in alkalinity 

and δ11Bsw, which are both primarily associated with the calculation of absolute CO2 

levels. As noted above, the long residence time of boron in the ocean makes it unlikely 

that δ11Bsw has changed significantly during the interval of study. In addition, studies of 

the Quaternary glacial-interglacial cycles suggest that that alkalinity changes are 

unlikely to be above 150 μmol/kg over these timescales (Hain et al., 2010). 

Consequently, for relative changes of CO2, the uncertainty associated with δ11Bsw can be 

ignored and the uncertainty associated with total alkalinity can be reduced (to ±150 

μmol/kg). Overall this leads to significantly smaller uncertainties on the calculated 

relative CO2 changes (± 30-190 ppm). 

6.3 Results and discussion 

6.3.1 Surface water temperature and salinity fluctuations 

At Site 926 the available planktic δ18O record suggests that the surface water conditions 

were relatively stable across the Mi-1 glaciation (variations of < 0.5 ‰) (Fig. 6-S2). 

Although the δ18O record does not extend over the whole of our δ11B record, the lack of 

variability over the Mi-1 glaciation, where we would expect to see the most change, 

suggests that the surface waters were relativity stable throughout the study interval. 

While diagenetic alteration may mean the absolute values of δ18O are offset to higher 

values (and therefore lower paleotemperatures), on these timescales, it is likely the 

relative changes have been preserved (Sexton et al., 2006a). The Mg/Ca record shows 
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more variability (25-29oC) including a sustained decrease of 1.5oC at 23 Ma, however, 

there is no evidence of major changes in hydrography. No planktic oxygen isotope data 

exists for Site 872, however, the Mg/Ca estimates are relatively stable across the three 

data points, suggesting that there were no large oceanographic changes at this site across 

the Mi-1 event (see appendix E.1). Like δ18O, the Mg/Ca ratios of planktic foraminifera 

are also susceptible to diagenetic alteration and consequently the Mg/Ca ratios from 

Sites 962 and 872 may be reflecting both a primary temperature and a secondary 

diagenetic signal (Sexton et al., 2006a).  However, although the degree of diagenetic 

alteration appears to vary with species, in general, foraminifera with poor preservation 

display only marginally higher Mg/Ca than the same species from a different site where 

preservation is good (Sexton et al., 2006a). The Mn/Ca ratio of foraminifera can be used 

as an indicator for the presence of ferromanganese coatings, which also contain Mg. 

The Mn/Ca ratios of the foraminifera are relatively low at Site 872 (~500 μmol/mol) but 

are elevated at Site 926 (~600-1000 μmol/mol). However, previous work has shown that 

most of the Mn at Site 926 is in manganese carbonate overgrowths, rather than 

ferromanganese coatings (Stewart, 2012). Consequently, as outlined above, for Site 926 

and Site 872 we use the Mg/Ca derived temperature estimates with a ± 3 oC temperature 

uncertainty. 

 At Site 1406, a low-resolution G. praebulloides δ18O record from across the Oligocene-

Miocene transition suggests that there are large changes in surface water conditions 

(Fig. 6-S3). The δ18Oplanktic increases by 2 ‰ between 22 and 23 Ma, suggesting that 

there are large temperature and/or salinity shifts across this interval. If the 2 ‰ increase 

was solely due to temperature it would result in a temperature increase of ~8oC across 

the study interval. Given the position of the site on the transition between the Gulf 

Stream and the Labrador Current in the modern day, a temperature change of this 

magnitude could be caused by shifting circulation patterns associated with the warming 

out of the Mi-1 glaciation (Fig. 6-S4). However, the contemporaneous Mg/Ca record 

shows little structure and more worryingly the calculated temperatures are higher than 

those calculated at Site 926 (27-30oC). A recent core top study has shown that salinity 

may have a secondary control on Mg/Ca in planktic foraminifers (Honisch et al., 2013). 

Consequently the Mg/Ca record at Site 1406 may also be recording the changes in 

salinity of the surface waters as circulations patterns shift. Alternatively, the high 

Mn/Ca ratio measured in these foraminifera (Mn/Ca of ~ 1000-2000 μmol/mol) may 
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suggest that Mg in ferromanganese coatings is causing the measured Mg/Ca to be 

elevated. The discrepancy between the δ18Oplanktic and Mg/Ca record, and the high 

reconstructed Mg/Ca temperatures at Site 1406 suggests that more work is needed 

before the Mg/Ca derived temperatures at this site can be used.  Instead we use the 

temperature estimates from Site 926 and apply the modern temperature gradient of 

~10oC between Site 1406 and Site 926. While this temperature will give us an indication 

of the likely absolute temperature at Site 1406, we acknowledge it will not parameterise 

any changes in temperature at this site as a consequence of changes in surface water 

hydrography through time. Consequently a large uncertainty is applied to the 

temperature (± 5 oC) estimates for this site. Salinity is assumed to have remained 

constant through time with an uncertainty of ± 3 ‰. As the age constraints at Site 1406 

are improved and more geochemical records produced, further interpretation of the 

differences between the two records can be made. 

6.3.2 δ11B changes across the Oligocene-Miocene boundary 

Our record from G. praebulloides at Site 926 shows high and relatively stable δ11B 

values (17.5 ‰; hence lowest CO2) prior to and during the Mi-1 glaciation (Fig. 6-4, 6-

5). After 23 Ma, δ11B decreases, reaching minimum values of 15.5 ‰ at 22.5 Ma (hence 

highest CO2). The data from Site 872, where available, agree well with the data from 

Site 926. At Site 1406 while the δ11B across the glaciation is in agreement with Site 926 

and there is a similar decrease in δ11B between 22.9 and 22.4 Ma, the magnitude of this 

change is considerably larger than in the record from Site 926 (4 ‰ compared to 2 ‰ at 

Site 926; Fig. 6-4). Another discrepancy between the two records is evident prior to the 

Mi-1 glaciation. While the record at Site 926 appears to be relatively invariant between 

23 and 23.5 Ma, the record from Site 1406 shows a sharp decrease in δ11B (increase in 

CO2) around 23.5 Ma. It is possible that the record from Site 926 does not resolve this 

peak or that the shipboard age model at Site 1406 has led to the misalignment of the two 

records (e.g. with the peak of 23.7 Ma at Site 926). However, the differences in 

magnitude of the excursion may point to the influences of additional hydrographic 

effects as outlined above.  

 

The differences between the δ11B records at sites 926 and U1406 may be attributable to 

differential diagenesis at the two sites as a consequence of the different burial depths 
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and preservation (see above). However, previous work conducted at Site 926 across the 

middle Miocene suggests that, despite greater burial depths, the recorded δ11B at this 

site is comparable to both the more shallowly buried Site 761 and ‘glassy’ foraminifera 

from the clay-rich Ras-il Pellegrin section in Malta (Foster et al., 2012; Badger et al., 

2013). A similar lack of diagenetic overprint from recrystallisation has also been found 

in δ11B records with different diagenetic histories across the Paleocene/Eocene Thermal 

Maximum and prior to the Mid-Eocene Climatic Optimum (Edgar et al., in review; 

Penman et al., 2014). A possible explanation for the lack of diagenetic effect on δ11B is 

that the inorganic carbonate precipitated from the pore water, as the foraminifera 

recrystallises during burial, has a low B/Ca and therefore only comprises a small 

proportion of the analysed foraminifera (Edgar et al., in review). However, several 

studies have shown that if dissolution, rather than recrystallization, is the dominant 

diagenetic process altered foraminifera tend to show lower δ11B (Seki et al., 2010). This 

is particularly evident in a depth transect of core top foraminifera that shows the δ11B of 

G. sacculifer declines by ~ 0.7‰ from the shallowest to the deepest site (Seki et al., 

2010). This effect is species-dependent because no comparable diagenetic signal is seen 

in G. ruber. The offset seen in the samples here is unlikely to be caused by partial 

dissolution as the foraminifera that have the lowest δ11B values are at Site 1406 where 

the foraminifera are usually well-preserved. The difference between the δ11B records 

may instead be caused by different hydrographic conditions at Site 1406, compared to 

Site 872 and Site 926, which are corrected for in the CO2 calculations by our treatment 

of temperature at Site 1406. The δ11B difference between sites 1406 and 926 alongside 

the δ18O data from Site 1406 suggest that the surface waters above the site originated 

from the Gulf stream prior to, and during Mi-1, with a gradual cooling and acidifying of 

the surface waters during the 1 million years following the event (Fig. 6-S3, 6-S4).  

6.3.3 The relationship between δ11B-CO2 and climate across the boundary 

To a first order it can be assumed that the changes in δ11B are primarily driven by 

changes in CO2. When comparing the benthic foraminiferal δ18O record to our δ11B data 

there appears to be a decoupling between CO2 and climate in the lead up the glaciation 

(Fig. 6-4, 6-5). During the deglaciation phase, however, the δ11B rise broadly follows 

the decrease in δ18O. Benthic δ18O records salinity, ice volume and temperature 

changes. Salinity changes in the deep-sea are negligible and therefore if an independent 
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reconstruction of temperature can be made the ice volume component (δ18Osw) of the 

δ18O record can be isolated. At Site 926, a δ18Osw record was developed across the 

Oligocene-Miocene transition using Mg/Ca temperature estimates from O. umbonatus 

(Mawbey and Lear, 2013).  In keeping with the interpretation made from δ18O alone, a 

comparison of the δ18Osw and δ11B records suggests that while ice sheet expansion was 

not associated with an increase in δ11B (drop in CO2) the decrease in ice volume 

coincided with a decrease in δ11B (increase in CO2) (Fig. 6-4, 6-5).   

It has been widely hypothesised that a decrease in CO2 prior to the Mi-1 glaciation may 

have been one of the key triggers of the event. (Zachos et al., 1997; Paul et al., 2000;  

Mawbey and Lear, 2013) The lack of δ11B increase (CO2 decrease) leading up to the 

Mi-1 glaciation is particularly hard to reconcile with this suggestion in light of the δ13C 

increase prior to the event, which has traditionally been interpreted as an increase in 

organic carbon burial and CO2 decrease (Zachos et al., 1997; Paul et al., 2000). 

However, the relationship between CO2 and positive δ13C excursions is complicated. 

For example, a δ13C increase during the warming into the Miocene Climate Optimum 

coincides with a well-documented CO2 increase (Foster et al., 2012; Greenop et al., 

2014) suggesting that carbon burial is not the dominant control on CO2 during this 

interval. Consequently, while carbon burial may be occurring prior to the O-M 

transition, it may not be the primary control on CO2 and other factors may be acting to 

maintain constant CO2. For instance, the establishment of the Antarctic circumpolar 

current, which both climate models and proxy data suggest occur 1 to 2 million years 

prior to the Mi-1 glaciation (Pfuhl and McCave, 2005; Lyle et al., 2007; Hill et al., 

2013), may have influenced ocean carbon storage or the deep ocean δ13C signal. 
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Figure 6-4: Oligocene-Miocene CO2 and climate records. (a) δ18O record from Site 926 (Pälike 
et al., 2006a) and references therein. (b) Oligocene-Miocene transition δ11B from Site 926 
(orange) and Site U1406 (purple) and Site 872 (green). The data are plotted on inverted axes 
and the error bars show the external reproducibility at 95% confidence.  The δ11B are measured 
against the National Institute of Standards and Technology SRM boric acid standard 951. (c) 
Oligocene-Miocene transition pCO2 from Site 926 (orange) and Site U1406 (purple) and Site 
872 (green). Dark and light orange bands show CO2 uncertainty at the 95% confidence interval 
and the 68% confidence interval respectively at Site 926. Error bars show 95% confidential 
interval at Site 1406 and Site 872. Uncertainty was calculated using a Monte Carlo simulation 
(n=10000) and consists of uncertainty on temperature, salinity, alkalinity, δ11Bsw and the δ11B 
measurement. See text for details of the measurement and uncertainty. (d) Obliquity orbital 
forcing from Laskar et al. (2004). (e) δ13C record from Site 926 (Pälike et al., 2006a and 
references therein). (f) δ18Osw record from Site 926 (Mawbey and Lear, 2013). Note relative 
changes are plotted where δ18Osw at 22.79 Ma is set to zero.  Red shaded area highlights the 
Oligocene-Miocene transition. 



 Chapter 6 

 139   

 

Figure 6-4: Zoomed in view of δ11B between 22.5 Ma and 23.5 Ma. (a) δ18O record from Site 
926 (Pälike et al., 2006a) and references therein. (b) δ18Osw record from Site 926 (Mawbey and 
Lear, 2013). Note relative changes are plotted where δ18Osw at 22.79 Ma is set to zero.  Red 
shaded area highlights the Oligocene-Miocene transition. c) Oligocene-Miocene transition δ11B 
from Site 926 (orange) and Site U1406 (purple) and Site 872 (green). The data are plotted on 
inverted axes and the error bars show the external reproducibility at 95% confidence.  The δ11B 
are measured against the National Institute of Standards and Technology SRM boric acid 
standard 951. (d) δ13C record from Site 926 (Pälike et al., 2006a and references therein).  

6.3.4 The role of CO2 in the Mi-1 glaciation 

In order to better understand the role of atmospheric CO2 in the Mi-1 glaciation it is 

instructive to make absolute reconstructions on CO2 (Fig. 6-4). Our new δ11B-CO2 data 

suggest that CO2 rises from a baseline value of 250 ppm to a maximum of ~ 400-500 

ppm following the deglaciation. While the uncertainty on the CO2 estimates is quite 

large (± 70-186 ppm at Site 926, ± 64-627 ppm at Site 1406 and ± 97-137 ppm at Site 

872; 95% confidence interval), primarily as a result of large uncertainties on δ11Bsw and 
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total alkalinity estimates, our data do allow us to show that CO2 declines below 400 

ppm across the Oligocene-Miocene transition. Elsewhere it has been suggested that ~ 

400 ppm may be an important threshold value for growth of the West Antarctic Ice 

Sheet, Greenland ice sheet and potentially a partially more mobile part of the East 

Antarctic ice sheet (Langebroek et al., 2009; Foster and Rohling, 2013). Our best 

estimate of CO2 before and during the Mi-1 glaciation is also below the Pleistocene 

Northern Hemisphere glaciation threshold of ~280 ppm suggesting that the presence of 

Northern Hemisphere ice across the transition cannot be discounted (DeConto et al., 

2008; Luthi et al., 2008). However, other boundary conditions are clearly different 

between the Quaternary and the Oligocene-Miocene transition and consequently these 

thresholds might not apply.  

While there are large uncertainties associated with the absolute reconstructions of CO2, 

there is greater certainty in relative CO2 changes as a result of reduced uncertainties 

associated with δ11Bsw and total alkalinity (± 30-190 ppm) (see above). The post Mi-1 

deglaciation out of the event is associated with a CO2 rise of  ~ 120 ppm (± 82 ppm). 

This CO2 rise is much smaller than coupled ice sheet- global circulation models suggest 

is needed to overcome the Antarctic ice sheet hysteresis and cause melting (Pollard and 

DeConto, 2005). Even when taking into account recent work in the Pliocene that 

suggests a dynamic East Antarctic ice sheet could contribute 3 to 16m of sea level 

equivalent (Cook et al., 2013), the Mi-1 deglaciation CO2 change appears very modest 

in comparison to the ice volume changes of ~ 50 msle (Mawbey and Lear, 2013), based 

on our current knowledge of Antarctic ice sheet stability (Pollard and DeConto, 2005). 

The Northern Hemisphere ice sheets are more sensitive to changes in CO2, although 

there is little evidence to suggest the presence of substantial ice sheets prior to the late 

Pliocene (DeConto et al., 2008; Bailey et al., 2013).  

Previous estimates of CO2 across the Oligocene-Miocene transition are sparse. 

Nonetheless, the absolute values of CO2 reconstructed here agree well with the 

published alkenone records from (Pagani et al., 2005b) and leaf stomata CO2 records 

from (Kürschner et al., 2008) (Fig. 6-1).  Our CO2 reconstructions here also matches 

well with the latest alkenone CO2 reconstructed from Zhang et al. (2013) when the data 

are plotted on the age model in Pagani et al., (2011) and updated to the Geological 

Timescale 2012 (Gradstein et al., 2012). In combination with our new CO2 data, the 
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alkenone record of Zhang et al., (2013) can also be used to better understand the role of 

CO2 in the timing of the Mi-1 glaciation. In figure 6-5 we have plotted our new dataset, 

the Zhang et al., (2013) alkenone CO2 record and the Pearson et al., (2009) boron 

isotope CO2 record to evaluate the long-term trends in CO2 leading up to the Mi-1 

glaciation. Using these data sets we show that the Mi-1 glaciation appears to have 

occurred when CO2 had fallen below a critical threshold (~ 400 ppm) and the orbital 

forcing was favourable for ice growth. The CO2 decline begins at 29.5 Ma from values 

of ~1000 ppm to a minimum of  ~230 ppm at 23.5 Ma. It appears the glaciation did not 

occur during the previous node in obliquity at 24.4 Ma when the variability was further 

reduced as CO2 was still elevated (>400 ppm) (Fig. 6-6). 

Despite a CO2 decrease of ~ 500 ppm between the Eocene-Oligocene (E-O) and O-M 

boundaries (Fig. 6-6) little is known about the impact of this change on ice volume and 

global climate. The Oligocene oxygen isotope record shows a long-term increase (~ 0.5 

‰) between 27-31.5 Ma and this may be associated with ice sheet expansion and global 

cooling. Yet, the more prominent benthic δ18O trend for the late Oligocene is a decrease 

of ~ 1‰, interpreted as an interval of climate warming and reduced ice volume (Zachos 

et al., 2001a; Mudelsee et al., 2014). This is particularly puzzling in light of the 500 

ppm CO2 decline between 27.5 Ma and 23.5 Ma. One possibility is that climate and CO2 

were decoupled during the late Oligocene. A second possibility is that the benthic δ18O 

record captures an increase in bottom water temperature that is decoupled from 

Antarctic climate. A third possibility is the operation of a counter-intuitive links 

between Antarctic climate and deep-water temperature. A recent climate modelling 

study suggests that the emplacement of an Antarctic ice sheet at the Mid-Miocene 

Climatic Transition caused a short-term rise in global annual mean temperatures 

associated with cooling of deep waters (Knorr and Lohmann, 2014). The possible 

initiation or strengthening of the Antarctic circumpolar current (ACC) around this time 

(Pfuhl and McCave, 2005; Lyle et al., 2007; Hill et al., 2013; Ladant et al., 2014b) may 

have resulted in large oceanographic changes, with counterintuitive effects on global 

temperatures. It has been shown that a strong ACC is associated with increased sea ice 

cover in the Southern Ocean, which may have created cold and very salty waters and 

impacted the characteristics of deep-water formation in the Southern Hemisphere 

(Ladant et al., 2014b). A better understanding of the ice volume and global climate 
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changes of the Oligocene are therefore needed to better understand the interplay of CO2, 

ice volume and climate across the Mi-1 glaciation. 

 

Figure 6-5: Long-term Oligocene climate and CO2. (a) δ18O record from Site 1218 (Pälike et al., 
2006b) and references therein. (b) Obliquity orbital forcing from Laskar et al., (2004) (c) δ11B-
CO2 from Site 926 (this study) in orange, alkenone derived CO2 from Zhang et al., (2013) in 
purple and δ11B-CO2 from Pearson et al., (2009) in dark blue. For δ11B-derieved CO2 records 
error bars represent two sigma uncertainty. Black bar marks the hypothesised 400 ppm threshold 
for ice sheet growth. Orange band marks Oligocene-Miocene boundary. 

 

6.4 Conclusions 

The new CO2 data presented here, when combined with published Oligocene CO2 data, 

show that the timing of the Mi-1 glaciation is controlled by a combination of declining 

CO2 below a critical threshold and favourable orbital forcing of a node in obliquity and 

low amplitude eccentricity. This combination of factors has also been used to explain 

the first expansion of ice on Antarctica at the Eocene-Oligocene transition. Our best 

estimate of CO2 suggests that values were around 250 ppm prior to, and during the Mi-1 

glaciation. When the reconstructed CO2 is evaluated in the context of the long-term 
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Oligocene record the O-M transition appears to mark the first time CO2 levels fall below 

400 ppm, a hypothesed threshold for Antarctic ice sheet growth during the Neogene. 

The post-Mi-1 deglaciation associated with the recovery out of the event is associated 

with a CO2 rise of ~ 120 (± 82 ppm) ppm. Large published estimates of 

contemporaneous ice volume change on Antarctica of 50 msle are difficult to reconcile 

with the relatively modest CO2 changes reconstructed here. Future work is needed in 

order to gain a better understanding of the background climate and CO2 conditions 

during the late Oligocene so that the relative contribution of the different ice sheets to 

the ice volume changes associated with the Mi-1 glaciation can be better determined.   

6.5 Supplementary Figures 

 

Figure 6-S1: SEM images of whole foraminifera and wall texture for G. praebulloides from Site 
926 (926B 50 1W 48-52) and Site 1406 (1406A 8H 5W 72-74). The scale bar on whole 
foraminifera images is 100 μm and on wall texture images is 10 μm. Note the difference in 
preservation. 
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Figure 6-S2: Surface water hydrography at Site 926 (a) δ11B plotted on inverted axes and the 
error bars show the external reproducibility at 95% confidence.  (b) Mg/Ca based temperature 
reconstructions from tandem measurements of G. bulloides. (c) δ18Oplanktic record from Pearson 
et al., (1997). Shaded red bar shows the timing of Mi- glaciation oxygen isotope excursion. 

 

 
Figure 6-S3: Surface water hydrography at Site 1406 (a) δ11B plotted on inverted axes and the 
error bars show the external reproducibility at 95% confidence.  (b) Mg/Ca based temperature 
reconstructions from tandem measurements on G. bulloides. (c) δ18Oplanktic record (this study) 
increases by 2 ‰ through the study interval. Shaded red bar shows the timing of Mi- glaciation 
oxygen isotope excursion. 
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Figure 6-S4: Map of modern day surface water temperatures around Site U1406. Labelled are 
the Labrador Current and the Gulf Stream; the two predominant surface water currents in the 
area today. Data from Schlitzer, (2000). 
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Chapter 7:  Conclusions 

This thesis provides an important contribution to our understanding of the relationship 

between CO2 and the cryosphere in the Miocene that could also have important 

implications for the rest of the Neogene, the present day and our warm future. 

Furthermore, in investigating some of the additional parameters needed to calculate CO2 

from δ11B for the Miocene records, this thesis also provides important information that 

will support the interpretation of δ11B records in other time intervals.  

7.1 Chapters 3 and 4 

The key aim of Chapters 3 and 4 was to gain a better understanding of some of the 

additional parameters needed to accurately estimate atmospheric CO2 from the δ11B of 

foraminifera. It is likely that some of the other boundary conditions and assumptions 

relating to the proxy are different from the modern during the Miocene epoch and 

therefore some of the additional parameters needed to calculate CO2 from δ11B may also 

have changed through time. This thesis has focused on what are considered to be the 

key unknowns: the boron isotopic composition of seawater (δ11Bsw) and changes in the 

life habit of Globigerina bulloides (one of the important proxy carriers in the Miocene).  

Understanding the extent to which modern calibrations can be applied further through 

geological time is key for the successful utilisation of the δ11B-pH proxy. The 

calibration applied to the foraminifer δ11B can have a significant affect on the calculated 

CO2 (see section 2.2.3). This offset is particularly large between symbiotic vs. non-

symbiotic foraminifera. The results from Chapter 4 show that G. bulloides (sensu lato) 

hosted symbiotic symbionts and did not acquire its non-symbiotic lifestyle until the late 

Miocene. Therefore, if these foraminifera are used in palaeo-CO2 reconstructions across 

the Oligocene-Miocene boundary and during the early/middle Miocene the modern 

calibration isn’t applicable. It is unlikely that the change in life habit of G. bulloides 

through time is an isolated case. For instance, there is evidence for symbiont ‘bleaching’ 

associated with the warm conditions of the Middle Eocene Climate Optimum (Edgar et 

al., 2012). Therefore, the foraminifer ecology must be well understood a priori for the 

generation of long-term, single species CO2 records, particularly over major Cenozoic 

climatic events. 
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Understanding the boron isotopic composition of seawater (δ11Bsw) is also key to 

calculating absolute estimates of CO2 through time using δ11B. Based on the constraints 

of numerical modelling studies, the residence time of boron in the ocean is ~ 10-20 

million years (Lemarchand et al., 2002b) and consequently the secular evolution of 

δ11Bsw needs to be constrained for CO2 calculations during the Miocene. Based on the 

data-led approach in Chapter 4, it appears that δ11Bsw was ~ 38 ‰ at the Oligocene-

Miocene boundary. δ11Bsw then decreased to a minimum of ~ 37 ‰ during the middle 

Miocene before increasing through the late Miocene and Pliocene to modern day values. 

Not only is this finding key to the interpretation of the records presented in this thesis, 

but it will also have important implications for future δ11B-CO2 records produced for the 

pre-Pliocene. The new δ11Bsw record presented here may also provide important 

constraints on the changes in the fluxes of all the isotope systems both through the 

Neogene and further back in time.  The correlation of the new δ11Bsw record with the 

seawater isotopic compositions of Li and Ca (and to a less extent Mg) over the past 15 

Myrs suggests there is a common control on the isotopic composition of all the elements 

across this interval.  

7.2 Chapters 5 and 6 

In Chapters 5 and 6 the changes in atmospheric CO2 associated with two of the major 

climatic events of the Miocene have been reconstructed. Coupled with records of 

climate and ice volume these records have provided an insight into the stability of the 

cryosphere at atmospheric CO2 levels of 250-500 ppm, the top end of which will most 

likely be reached before the end of the century (IPCC, 2013). One of the major 

implications of the CO2 records reconstructed over both time intervals is that the east 

Antarctic ice sheet shows a level of dynamism at much lower CO2 levels than expected 

by coupled global climate/ice sheet models.  

The δ11B record from the middle Miocene indicates that high-amplitude CO2 variations 

(~ 300 to 500 ppm) accompanied the orbitally paced climatic changes observed in a 

range of climate records during the climatic optimum, suggesting a coupling between 

climate and CO2. However, the lack of a substantial ice mass in the northern hemisphere 

means that the overall climatic response to CO2 change was muted in the middle 

Miocene compared to the latest Pleistocene. A comparison of δ11B and δ18Osw data also 
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indicates that there was a component of the continental ice budget, most likely on 

Antarctica that was responding to CO2. In particular, this suggests that two reservoirs of 

ice existed on Antarctica during the Miocene, one that is stable even at comparatively 

high CO2 levels and one that is dynamic at the lower end of the CO2 range 

reconstructed. This finding does not support the long held belief that the EAIS has not 

undergone melting since it was first established 34 Ma, however, the data from the 

middle Miocene does provide some evidence that there is a portion of the Antarctic ice 

sheet which is stable at atmospheric CO2 levels > 500 ppm.  

The CO2 data reconstructed for the Oligocene-Miocene boundary suggests that this 

major glaciation occurred once CO2 fell below a threshold of 400 ppm and the orbital 

configuration was favourable.  This is a similar to the mechanism that is evoked for the 

first emplacement of large ice sheets on Antarctica across the Eocene-Oligocene 

boundary (Coxall et al., 2005; DeConto et al., 2008). Little is known about the fate of 

the Antarctic ice sheet during the Oligocene, although variability in the high-resolution 

benthic oxygen isotope record does suggest a level of dynamism (Pälike et al., 2006b). 

The deglaciation of the event is associated with a CO2 rise of ~ 120 ppm to a maximum 

of ~ 400-500 ppm. While this CO2 rise may in part explain why the Mi-1 glaciation was 

transient in nature, the size of the CO2 increase is small given the magnitude of the ice 

volume changes and assumed lack of northern hemisphere ice sheets. This again points 

at the existence of a dynamic component of the Antarctic ice sheet within the range of 

CO2 that is expected for the next century (IPCC, 2013).  

The findings from the two Miocene case studies clearly have implication for future 

climate change assuming that the Miocene is analogous for our warm future. There is 

growing consensus that the portion of the EAIS overlying the deep subglacial basins is 

mobile (Cook et al., 2013; Mengel and Levermann, 2014). Based on the findings here, 

the threshold for partial melting of the east Antarctic ice sheet will be passed during the 

next century. Estimations of sea level change as a result of the partial melting of the 

East Antarctic ice sheet are ~19 m (Mengel and Levermann, 2014). Coupled with 

approximately ~7 m from Greenland (Bamber et al., 2013), and ~3-4 m from the West 

Antarctic ice sheet (Bamber et al., 2009), then the total expected sea level change could 

be on the order of  ~ 31 m once Earth system equilibrium is reached. However, less is 

known about the potential implications of a dynamic EAIS on shorter timescales (over 

millennial timescales). Large uncertainties remain about the rate and magnitude of sea 
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level change, largely as a result of the inability of ice sheet models to incorporate the 

dynamical processes into climate models involved with the growth and decay of the 

continental ice sheets (Meehl et al., 2012).  

Future work 

7.2.1 The Neogene CO2 record 

The CO2 records in this thesis make an important contribution to our understanding of 

long term Neogene CO2 changes. In addition to the work presented here, a collaboration 

with Caroline Lear and Sindia Sosdian at Cardiff University, has produced a long-term 

record of Neogene CO2 that shows more CO2 variability than previously identified, 

through the Miocene. Future work is needed to increase the resolution of this record so 

that changes in the variability of CO2 (e.g. those identified in the middle Miocene; 

Chapter 5) can be better constrained through time. Advances in the analytical technique, 

such as an automated boron column chemistry machine, could increase the throughput 

of samples and efficiency of what is otherwise a time consuming analytical process.  

7.2.2 The boron isotope composition of seawater 

The next stage in understanding changes in the δ11Bsw composition through time is to 

use a geochemical box model to quantitatively constrain the inputs and outputs. The aim 

of this project is to use changes in the seawater isotopic composition of the other 

elements highlighted in Chapter 4 (Li, Mg and Ca) to provide additional constraints on a 

model based δ11Bsw record. Another facet of on going work is the application of an 

extension of the δ13C-pH gradient method to foraminifera that live in the surface ocean. 

The δ11B and δ13C of the entire foraminiferal assemblage is measured within a single 

sample in order to constrain the pH-δ13C relationship in the surface ocean. The gradient 

of the relationship is then adjusted by changing δ11Bsw until it reaches the gradient 

between pH and δ13C in the ocean today. Preliminary δ11B and δ13C data has been run 

from ODP Site 999 for the modern and three Pleistocene time slices in order to test this 

approach.  
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7.2.3 Outstanding questions related to ice sheet hysteresis 

While the contribution of this thesis means that there is a better understanding of the 

CO2 range within which the east Antarctic ice sheet is stable, less is known about the 

type of response the EAIS has to CO2 forcing. Coupled global climate- ice sheet 

modelling experiments have shown that the WAIS transitions relative rapidly (on the 

order of 1-3 kyrs) between different stable states given a linear change in forcing 

(Pollard and DeConto 2009). Consequently given the similar nature of the marine based 

WAIS and the areas of the EAIS situated in the subglacial basins, it is possible that 

partial melting of the EAIS may also exhibit a non-linear relationship to forcing. 

Current estimates of future sea level rise suggest that the contribution of the Antarctic 

ice sheet will increase linearly by 1.2m/oC (Levermann et al., 2013), however, this 

assumption may need revising as the nature of Antarctic deglaciation is better 

understood.  
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Appendix A : Teflon cleaning protocol 

Carry out all stages in extract fume hood unless overpressured box is indicated. 

1) Remove leftover sample - if want to run again: transfer to acid leached mini spin 

centrifuge tube & store. If it is a δ11B sample, store in a Teflon screw top vial (its own 

an acid leached one). 

2) Wipe outside of beakers & a/s vials with acetone: remove labels & organics.  

3) Place in jar to rinse inside of beakers with MQ x3.  

4) Wipe inside of beakers with Acetone 

5) Use different white roll from step 2 and change gloves 

6) Do not let Acetone dry inside beakers – drop immediately into MQ 

7) Place in jar & rinse x3 MQ to ensure acetone completely removed.  

8) ⅔ fill with 7 M HNO3 & place on hotplate for 2hrs @ ~140 ˚C.  

9) Make 7 M HNO3 using 1L plastic bottle.  No need to be precise, ½ MQ & ½ HNO3 

(REMEMBER – water first).  

10) Ensure no trapped bubbles in bottom of Teflon centrifuge tubes  

11) Empty beakers. If necessary, let cool for short period before handling (10 mins). 

Pour acid to waste – don’t let cool for >30 min, if so, put back on hotplate for 1hr, start 

again.  

12) Place in 1L Teflon jar & rinse x2 MQ. 

13) Place all beakers & a/s vials facing upwards in jar, & fill with 7 M HNO3.  

14) To ensure no trapped air pockets, rattle jar & watch for bubbles. 

15) Fill centrifuge tubes with squirty bottle & drop in, ensure no trapped air in end.  

16) Hotplate @ 140 ˚C overnight. 

17) Empty 7 M to waste, & rinse x2 MQ. If required: remove any residue inside 

centrifuge tubes w. clean pipette tip 
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18) Rearrange beakers & a/s vials in jar, again no air bubbles trapped.  Fill w. ~ 2% 

HNO3 & hotplate @ 140 ˚C overnight. 

19) Wipe outside of the jar w. damp white roll to remove dust. In overpressured box 

remove 2% to waste & rinse x3 MQ. Put on lids completely & place in “clean 

beaker/vial” box. 

20) Before use leach (cap closed) in 10% HNO3 (TD) on hotplate @ 120-150°C for ½ hr, 

& rinse x2 MQ (with cap closed always).  Rinsing must be in overpressured box. 
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Appendix B : Chapter 3 data table 
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Appendix C : Chapter 4 data tables 

C.1 Benthic boron isotope and trace element data 
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C.2 Planktic boron isotope and trace element data 
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C.3 δ13C planktic and benthic data 

 

 



  Appendix C 

 162   

C.4 δ11Bsw output 
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C.5 δ11Bsw smoothed 
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Appendix D : Data from Chapter 5 
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Appendix E : Data from Chapter 6 

E.1 Data from Sites 1406 and 872 
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E.2 Data from Site 926 
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Appendix F : Auxillary data 

F.1 Benthic trace element data from Chapter 4 
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F.2  Oxygen isotope data from Chapter 4 
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F.3 Trace element data from Chapter 5 
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F.4 Trace element data from Chapter 6 
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