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Concentrations of carbon dioxide (CO2) in the Earth’s atmosphere have increased by >100 ppm 

since pre-industrial times due to the burning of fossil fuels for energy and it is now clear that the 

consequent warming of the climate system will have widespread impacts on human and natural 

systems. Chemical weathering of silicate rocks draws down CO2 from the atmosphere, but the 

significance of this process and the mechanisms which control weathering rates remain poorly 

constrained. New information with regards to chemical weathering processes, linkages to physical 

denudation rates, and the effects of certain rock types on global chemical budgets, are all required.  

This study utilises elemental concentrations together with lithium (δ7Li) and magnesium 

(δ26Mg) isotopic values of river waters and weathering products to determine the parameters that 

regulate weathering in a terrestrial environment, and assesses the influence of progressive 

metamorphism, glacial activity, rainfall patterns, rapid tectonic uplift, climate and geothermal 

fluid flow. Samples were collected from the Southern Alps on South Island, New Zealand. The 

Southern Alps represent a relatively pristine environment and a natural laboratory to examine the 

climatic and tectonic controls on chemical weathering of a largely lithologically homogenous 

metasilicate terrane with minor metamorphic carbonate, in a temperate, maritime environment. 

Chemical weathering and atmospheric CO2 consumption rates, calculated from riverine 

elemental data, demonstrate that CO2 consumed by silicate weathering is relatively low compared 

to rivers globally. High overall chemical weathering rates (3.1 x 107 g·km-2·yr-1 in the west vs. 1.8 

x 107 g·km-2·yr-1 in the east) are associated with high uplift and erosion rates, and high rainfall on 

the western side of the Southern Alps, where chemical erosion of metamorphic carbonates is more 

prevalent. However, higher rates of atmospheric CO2 consumption due to silicate weathering were 

found on the eastern side of the Southern Alps (6.4 x 104 mol·km-2·yr-1 in the west vs. 7.7 x 104 

mol·km-2·yr-1 in the east), where uplift and erosion rates are lower. This indicates that uplift 

accelerates weathering rates of metamorphic carbonates, but has little effect of rates of silicate 

weathering, which regulates CO2 drawdown from the atmosphere on long timescales. 

The mechanisms that moderate Li and Mg isotopic fractionation in the Southern Alps were 

thoroughly investigated. Protolith lithology and metamorphic grade have little effect upon the 

δ7Li and δ26Mg composition of the bedrock. Secondary clay formation (e.g. illite, kaolinite and 

smectite) during weathering is the dominant process by which Li and Mg isotope fractionation 

occurs, and climate only has an indirect influence. The residence time of water-rock interaction 

imposes an important control upon the δ7Li composition of rivers. However, the effect of this 

control upon the δ26Mg composition of rivers is less clear. The evidence for coupling between 

riverine δ7Li and δ26Mg values during chemical weathering is weak with respect to results from 

this study and global studies.  This suggests that the behaviour of these isotopes varies between 

different weathering environments, adding to the complexity of extrapolating local studies to 

global interpretations. 
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Chapter 1  

Introduction 

1.1 Rationale  

The global carbon cycle balances the exchanges of carbon between different reservoirs on Earth. 

Recent studies show that atmospheric CO2 is increasing, with subsequent effects on global climate 

(Canadell et al., 2007; Hansen et al., 2008). Weathering of silicate rocks is known to be a sink for 

atmospheric CO2, but it is unclear how significant this sink may be with respect to the global 

carbon cycle (e.g. Walker et al., 1981; Berner et al., 1983; Molnar and England, 1990; Edmond, 

1992; Raymo and Ruddiman, 1992, Gaillardet et al., 1999b). Mechanisms which moderate 

weathering processes and the weathering flux are poorly understood, leading to large uncertainties 

when modelling the global carbon budget. It is important to understand the dominant chemical 

weathering processes of an area, the spatial patterns of chemical denudation, and to determine 

whether small areas with complex lithologies can exert significant controls on global chemical 

budgets. Gaps in knowledge remain that continue to hinder our understanding of the links between 

weathering, erosion, uplift, climate, and the global carbon cycle.  

This study focuses on the factors that affect weathering in a terrestrial environment and assesses 

the influence of metamorphism, glaciers, rainfall, rapid tectonic uplift, geothermal springs and 

climate. The aims of this study are to better constrain weathering regimes to improve our 

understanding of this aspect of the global carbon cycle. The Southern Alps on South Island, New 

Zealand, are the focus of this study, as they present a relatively pristine environment (e.g. little 

air and water pollution due to few industrial sources and low population) to systematically 

examine the climatic and tectonic controls on chemical weathering in a lithologically homogenous 

metasilicate terrane.  
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1.2 Weathering and the Carbon Cycle 

Chemical weathering of both silicate and carbonate rocks affects the carbon cycle by removing 

carbon from the atmosphere and storing it in weathering products (short term) or as marine 

sediments (long term).  Weathering of carbonate rocks (Eq. 1.1) results in the removal of one 

mole of atmospheric CO2, which is converted to bicarbonate dissolved in river water (Walker et 

al., 1981). The subsequent precipitation of calcium carbonate in the oceans returns 1 mole of CO2 

to the atmosphere (Eq. 1.2). Therefore on long timescales, weathering of carbonate rocks has no 

impact on the CO2 cycle. 

In contrast, weathering of calcium and magnesium aluminosilicates results in the removal of 2 

moles of CO2 (Eq. 1.3), of which only one mole is returned to the atmosphere (Eq. 1.2) due to 

precipitation of carbonate in the oceans (Walker et al., 1981; Berner et al., 1983). 

 

Carbonate weathering: 

CO2  +  H2O  +  CaCO3    Ca2+  +  2HCO3
-                                                                     (Eq. 1.1) 

Ca2+  +  2HCO3
-    CaCO3  +  CO2  +  H2O                                                                    (Eq. 1.2) 

Silicate weathering: 

2CO2  +  3H2O  +  CaSiO3    Ca2+  +  2HCO3
-  +  H4SiO4                                               (Eq. 1.3) 

2CO2  +  3H2O  +  MgSiO3    Mg2+  +  2HCO3
-  +  H4SiO4                                            (Eq. 1.4) 

 

Thus, on long timescales, silicate weathering plays an important role on the regulation of levels 

of atmospheric CO2 concentrations (Figure 1.1) and therefore global climate (Walker et al., 1981; 

Berner et al., 1983; Berner and Kothavala, 2001; Wallmann, 2001; Berner, 2004). 
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1.3 Present-day CO2 Consumption by Weathering of Silicate Rocks 

On a global scale, the amount of CO2 consumed by rock weathering today is estimated to be 

between 0.133-0.154 Gt C yr-1 for silicates and between 0.088-0.148 Gt C yr-1 for carbonates 

(Table 1.1 and references therein). The range of estimates reflects differences in the geochemical 

models used in each study, as well as the uncertainties in the extrapolation of sparse 

measurements, which will be discussed below. 

Two different approaches have been used to estimate global atmospheric CO2 consumption: 1) 

reverse modelling using hydrochemical fluxes from large rivers, and 2) forward modelling using 

relationships between rock weathering rates of specific lithologies (Hartmann et al., 2009). 

Reverse modelling estimates the products of rock weathering using river chemical data (Berner 

et al., 1983; Meybeck, 1987; Gaillardet et al., 1999b), assuming that the weathering products are 

derived from specific lithologies. This method limits the spatial resolution of CO2 consumption 

to a specific catchment area, and it has been suggested that these calculations often do not consider 

enough lithologies (Hartmann et al., 2009). Forward modelling identifies relationships between 

rock weathering rates of specific lithological classes and the major factors controlling them (Bluth 

and Kump, 1994; Amiotte-Suchet et al., 2003; Hartmann et al., 2009). Although the spatial 

resolution of forward modelling is not limited, it has not been determined if these lithological 

classes adequately represent the large variety of geochemical or mineralogical properties that 

could be observed (Hartmann et al., 2009). 

The global contribution of carbonate sedimentary rocks to CO2 consumption fluxes has been 

overestimated in older models (Table 1.1), which used the reverse model (Berner et al., 1983; 

Meybeck, 1987; Gaillardet et al., 1999b). Model results using the reverse method are sensitive to 

the chosen end-member chemical composition (Hartmann et al., 2009). Therefore, including 

additional rock end-members would result in a lower proportion of carbonate weathering to global 

CO2 consumption using the reverse model approach (Amiotte-Suchet et al., 2003; Hartmann et 

Berner et al., 

1983

carbonates classes classes classes

Gt C yr
-1

% Gt C yr
-1

% Gt C yr
-1

% Gt C yr
-1

% Gt C yr
-1

% Gt C yr
-1

%

Carbonates 0.142 50.7 0.144 48.8 0.148 51.4 0.088 39.7 0.104 40.1 0.088 37

Silicates 0.138 49.3 0.151
b

52.2 0.140
a

48.6 0.133 60.3 0.154 59.9 0.149 63

Flux Total 0.280 0.295
b

0.288 0.221 0.258 0.237

Forward model, 

15 lithological6 lithological

Forward model,

6 lithological

Forward model

granitoids and 

Reverse model,Reverse model, Reverse model,            

used Ca & Mg 

containing silicates 

& carbonates

16 major rock 

types

Hartmann

et al., 2009

Amiotte-Suchet 

et al., 2003

Munhoven,

2002

Gaillardet et al.,

1999b

Meybeck, 1987

TABLE 1.1: CO2 consumption fluxes by carbonate and silicate weathering in Gt C yr-1. 

a Includes 8.7 x 1012 mol C yr-1 derived from continental rocks weathering + 3 x 1012 mol C yr-1 derived 

from weathering of volcanic rocks from oceanic islands and volcanic arcs. 
b These fluxes do not include the contribution of Na and K silicates. 
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al., 2009). In addition, more recent studies using the forward method also take into account spatial 

distribution of rock types (Amiotte-Suchet et al., 2003). It is apparent that simple modifications 

of model parameters can result in significant variations in the estimations of CO2 consumption 

fluxes (Table 1.1). 

 

1.4 Assessing the Links Between Silicate Weathering and Climate 

The consumption of CO2 by silicate weathering may stabilize global temperatures over geological 

timescales, because increases in atmospheric CO2 increase temperature, which in turn increases 

the rate of silicate weathering, leading to enhanced drawdown of CO2 (Walker et al., 1981). This 

idea has subsequently been extended to take into account other variables that affect CO2, such as 

seafloor spreading rates, land area, and rock reservoir size, in the form of the ‘BLAG’ (Berner, 

Lasaga and Garrels, 1983) model, which attempts to simulate the variation in the atmospheric 

CO2 concentration over the past 100 Myr (Berner et al., 1983).  

The importance of silicate weathering-temperature feedback has been challenged, with the 

suggestion that climate cooling over the last 50 Myr is the result of uplift of the Himalayan and 

Andean mountain belts, with a consequent increase in chemical weathering rates, which draws 

down atmospheric CO2, causing atmospheric cooling (Molnar and England, 1990; Edmond, 1992; 

Raymo and Ruddiman, 1992). A runaway Cenozoic “icehouse”, due to increased weathering, is 

avoided by a reduction in the burial rate of organic carbon, and from weathering and precipitation 

of secondary minerals associated with submarine basalts (White and Brantley, 1995). Thus, in 

this model, increased weathering rates correlate with falling global temperatures, whereas in 

BLAG-type models, weathering rates increase as global temperature rises. 

Long-term variations in weathering rates could also be driven by CO2 produced by metamorphic 

decarbonation reactions during orogenesis (Bickle, 1996). Orogenesis will increase weathering 

rates by uplift, physical erosion and exposure of silicate minerals, and provide additional CO2 

from metamorphic decarbonation reactions to maintain the increased weathering rates (Bickle, 

1996). Thus, the rate at which sediment is processed by orogenesis may be a major forcing factor 

for the rate at which chemical weathering increases and its effects on global climate.  
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1.5 What Controls Chemical Weathering Rates? 

Chemical weathering can be separated into two different processes; chemical dissolution and 

chemical precipitation. Chemical weathering intensity is generally defined as the fraction of 

original bedrock dissolved during weathering. The rate of chemical weathering is controlled by 

various climatic, tectonic, biological and geomorphological processes (Figure 1.2). Climatic 

factors such as temperature and moisture availability are important because they directly control 

chemical kinetics, for example, wet and warm environments generally experience faster rates of 

chemical weathering (e.g. White et al., 1998). The removal of rock regolith by erosion may 

enhance or reduce weathering rates, depending on the environment (Drever, 1994), also the 

resistance of different lithologies and minerals to chemical weathering is variable (Figure 1.3). 

Tectonic factors can exert a significant control on chemical dissolution rate, for example, uplift 

can weaken rocks through faulting, which enhances mechanical erosion (Reed, 1964). These 

complex interlinkages make it difficult to isolate the impact of any one controlling factor on 

weathering rates. 

 

1.5.1      Lithology 

Different minerals weather at different rates (Figure 1.3), and dissolution rates estimated in the 

field are usually reported to be 10 to 104 times slower than rates obtained in laboratory studies, 

due to the effects of climate and biota (Brantley and Chen, 1995; West et al., 2005), and the 

FIGURE 1.2: Diagram highlighting the interactions between climate, tectonics, biology, 

geomorphology and weathering. Adapted from Goudie and Viles (2012). 
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accumulation of leached layers and precipitation of secondary products in the natural environment 

(White and Brantley, 2003). 

Chemical dissolution rates also fall over time (Vance et al., 2009). Field and laboratory 

observations suggest that newly-eroded fine-grained material is highly reactive when initially 

exposed to chemical weathering agents, but with time, weathering rate decreases dramatically 

(Figure 1.4; Vance et al., 2009). The laboratory data conform to a power law relationship (shown 

by the solid line in Figure 1.4), with instantaneous weathering rate at any time subsequent to 

exposure (Vance et al., 2009). The slopes of the power law relationship between weathering rates 

and exposure times for different lithologies are similar (Taylor and Blum, 1995; White and 

Brantley, 2003; Porder et al., 2007; Vance et al., 2009). It is important to note that even though 

the lithologies differ, climatic regimes range from glacial to tropical, and there are variations in 

absolute weathering rates, the dependence of weathering rate on substrate age is the same (Vance 

et al., 2009).  

In a study using hornblende crystals, the rate of release of Al, Fe and Mg was linear with respect 

to surface area (Zhang et al., 1993), although some have argued that dissolution rates may be 

independent of grain diameter (Anbeek, 1994). Surface area may also be increased by etching, 

although weathering of deep etches may become rate-limited by diffusion, such that dissolution 

rates are not linear with respect to surface area (Rimstidt and Dove, 1986). Micropores in naturally 

FIGURE 1.3: Graphical representation of the lifetime of a 1 mm diameter mineral at pH = 5 

and 25 °C, in solution (Lasaga et al., 1994; Kump et al., 2000; White and Brantley, 2003). 

These values were calculated assuming far from equilibrium conditions and continuous 

contact with a sufficiently undersaturated solution. The time it takes for a crystal to dissolve 

completely is calculated, based on calculations of the dissolution of silica at 25 °C  and pH = 

5 (Lasaga et al., 1994).  
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occurring hornblende may actually dominate surface area, and may be more significant in the 

natural environment than laboratory etching (Anbeek, 1994). 

Chemical dissolution of sheet silicates involves the dissolution of accessory phases, such as 

muscovite and biotite micas, and the nucleation and growth of authigenic phases, particularly clay 

minerals such as smectite and kaolinite (Nagy, 1995). Through dissolution, sheet silicates are a 

source of solutes in surface waters, but can also be a sink, through the processes of adsorption and 

precipitation (Nagy, 1995). Laboratory experiments involving sheet silicates have shown that they 

do not always dissolve congruently (Xie and Walther, 1992). In general, dissolution of sheet 

silicates is almost always initially incongruent, and with time, dissolution becomes congruent as 

chemical weathering intensity decreases (Nagy, 1995).  

 

1.5.2      Fracturing 

Fracturing is a slow process and an early stage contributor to the decomposition of bedrock, and 

converting silicate rocks into clastic constituents (Dove, 1995). During uplift of mountain belts, 

fractures and joints can form on many different scales and at different rates (Lorenz et al., 1991). 

FIGURE 1.4: Dependence of chemical weathering on substrate age. Black diamonds 

represent measured chemical depletion rates for a sequence of soils of varying age, 

deposited by retreating glaciers/ice sheets in Wyoming (Taylor and Blum, 1995). 

Laboratory data on the weathering rate of Panola granite (White and Brantley, 2003), as 

well as data for a series of Hawaiian basaltic lavas (Porder et al., 2007) yield relationships 

between time-integrated weathering rate and substrate age that are very similar to the 

Wyoming data. Image from Vance et al. (2009). 
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Important environmental implications can be influenced by fracturing, such as long-range 

groundwater transport patterns which are often dominated by the structure and arrangement of 

local and regional scale joint sets (Pollard and Aydin, 1988; Olson, 1993; Maréchal et al., 2004; 

Røyne et al., 2008). The dominant mechanism for fracture growth may be chemical stress 

corrosion or dissolution if materials are subjected to saturated and/or aggressive fluid 

environments (Kronenberg, 1994; Renshaw and Pollard, 1994). Many studies have documented 

that the kinetics of fracture growth are influenced by the chemical composition of fluids in contact 

with quartz (Atkinson and Meredith, 1981). Processes that govern subcritical crack growth of 

quartz include stress corrosion, diffusion, ion exchange, microplasticity and dissolution (Dove, 

1995). In addition, frost weathering leads to the expansion of pore waters, inducing fracturing of 

rock (Walder and Hallet, 1986; Matsuoka, 2001). 

  

1.5.3      Temperature  

Chemical weathering is often considered to be primarily a function of temperature and runoff 

(Berner et al., 1983; Velbel, 1993; White and Blum, 1995; White et al., 1998; Dessert et al., 2001). 

In theory, the rate of mineral dissolution during weathering increases with temperature according 

to the Arrhenius equation (Eq. 1.5) (White and Blum, 1995; Dessert et al., 2003): 

rT=Ae(-Ea/RT)                                                           (Eq. 1.5) 

Where, A is a rate constant, T is the absolute temperature (kelvin), Ea is the activation energy (kJ 

mol-1) required to overcome the energy barrier to chemical dissolution and R is the gas constant 

(Laidler, 1984). In practice this means that the rate of reaction doubles for every 10 °C rise in 

temperature, such that reaction rates in lowland humid tropical areas are faster by a factor of four 

compared to high latitude or high altitude locations (Thomas, 1994). However, field studies in 

eastern Siberia have shown that weathering rates and CO2 uptake by weathering of aluminosilicate 

rocks are of a similar magnitude to that found in tropical shields (Huh and Edmond, 1999). These 

unexpectedly high weathering rates are attributed to exposure of fresh surfaces as a result of frost 

weathering; in tropical areas, weathering rates may be inhibited by thick, highly weathered 

(laterite) soils (Huh and Edmond, 1999). Thus, there is no simple Arrhenius-type temperature 

control on weathering rates, but rather that weathering rates are lower when temperature (and 

precipitation) is low, in the absence of uplift (Huh, 2003). The fundamental problem with trying 

to define a temperature dependence on weathering from field data at the watershed scale is the 

co-dependence of others factors that affect weathering, such as precipitation and evaporation, 

vegetation cover, and the extent of prior soil development and cation leaching (White et al., 1999). 
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In addition, seasonality can significantly alter the weathering environment, resulting in seasonal 

variations in river chemistry (Tipper et al., 2006a).   

Some success in assessing controls on weathering rates and fluxes has been achieved by carefully 

selecting small catchments and soil profiles (Riebe et al., 2001; France-Lanord et al., 2003; 

Jacobson and Blum, 2003; West et al., 2005). However, the importance of runoff and temperature 

in the long term remains uncertain (Riebe et al., 2001), as many studies only focus on short term 

climatic forcing effects. The mineral saturation state of a soil profile is also important to consider 

as it is directly affected by primary mineral dissolution and can determine the potential for 

secondary minerals to form. 

 

 1.5.4      Meteoric Precipitation 

Chemical dissolution requires moisture and river flow to transport the weathered solutes to the 

ocean; in general, warm and wet catchments experience higher weathering rates (White and Blum, 

1995). Studies of small river catchments indicate that rainfall can be important (Goldsmith et al., 

2010), although the response of silicate weathering to increased runoff is not linear (Holland, 

1978). In most rivers, the concentration of dissolved ions liberated by weathering decreases as 

river runoff increases, probably because of the increased contribution of groundwater inputs at 

low flows (Tipper et al., 2006a), and reduced water-rock contact time when runoff is high 

(Hornberger et al., 2001).  

 

1.5.5      Mountain Uplift 

Orogenic uplift leads to the development of high relief, and high rainfall produces steep slopes 

and rapid erosion rates, exposing fresh mineral surfaces which increases the potential for chemical 

dissolution (Gaillardet et al., 1995; Berner, 2004). Approximately 50% of CO2 drawdown 

associated with silicate weathering occurs in the world’s active mountain belts (Hilley and Porder, 

2008). Mountains can also bring about enhanced rainfall due to orographic effects, resulting in 

greater flushing of rocks by water (Ruddiman et al., 1989). Thus, weathering of silicate minerals 

is expected to be higher during tectonic periods when high mountains were more extensive. For 

example, uplift rate in the eastern syntaxis of the Himalaya is high (up to 10 mm/yr; Burg et al., 

1998), resulting in the removal of large volumes of rock and sediment through glacial erosion and 

massive landsliding and erosion. As a result, CO2 consumption rates are high (~5.5 x 105 mol·km-

2·yr-1), relative to areas with lower rates of uplift (Hren et al., 2007). In the western Southern Alps 

of New Zealand, where uplift and erosion is rapid (125 x 108 g·km2·yr-1; Jacobson and Blum, 
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2003), the CO2 consumption rate is ~2 times higher than it is on the eastern side (14 x104 vs. 6.9 

x 104 mol·km-2·yr-1; Jacobson and Blum, 2003). 

However, controversies remain over the strength of uplift-erosion-weathering linkages (Goudie 

and Viles, 2012). For example, recent analyses of the chemical composition of Ganges, 

Brahmaputra, Indus and other river waters originating on the Qinghai-Tibet Plateau, suggest that 

this region only makes a small contribution (as little as 3.8%) to global atmospheric CO2 

drawdown derived from silicate weathering, despite high rates of uplift (Wu et al., 2008). 

 

1.5.6      Riverine Systems 

A large proportion of weathered material is transported to the oceans by rivers, which makes 

understanding the processes that occur during transportation critical to understanding of the signal 

that is transferred to the oceans by continental weathering. Lithology is a major factor in 

controlling the chemistry of rivers, as discussed previously. The chemical composition of rivers 

is generally dominated by Ca2+ and HCO3
-, but they can also have substantial concentrations of 

Mg2+, Na+, K+, Cl- and SO4
2- (Meybeck, 2003). Large rivers generally flow over a mixture of 

lithologies, and so determining exact lithological influences on river chemistry can be complex.  

Easily weathered minerals (e.g. calcite) can have a disproportionate influence on river chemistry, 

thus the dissolved load of a river may not always reflect the chemistry of the bedrock (Anderson 

and Anderson, 2010). In addition, individual minerals themselves may not always dissolve 

congruently (Nagy, 1995). Some elements are also more easily mobilised during weathering, such 

as Na+, Ca2+ and Mg2+, than others, e.g.  Fe2+ and Al3+ (Gislason et al., 1996). As a consequence, 

the river carries a proportionally higher dissolved load of mobile elements than the remaining 

weathered bedload, which is left with a higher proportion of immobile elements (Gaillardet et al., 

2003). The congruency of chemical weathering increases as physical erosion intensifies, and 

dependence upon the chemical composition of the bedrock has less control over weathering 

susceptibilities.  

 

1.5.7      Glaciers 

The relationship between erosion and weathering rate becomes more complex when uplift causes 

a sufficient rise in surface elevation to facilitate glacial and periglacial conditions. Glacier 

formation is important with respect to weathering of mountain belts because glacial grinding on 

underlying bedrock enhances erosion, increasing mineral surface area, thus allowing more 
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efficient chemical dissolution (Hallet et al., 1996), as shown by higher concentrations of solutes 

found in proglacial rivers (e.g. Jacobsen et al., 2003).  

Effective rates of glacial erosion vary in different glacial environments. High latitude thin glaciers 

on resistant bedrock generally have low effective rates of glacial erosion (0.01-1 mm yr-1; Table 

1.2). Temperate glaciers at lower latitudes can produce much higher effective rates of glacial 

erosion, especially if the glaciers are rapid and located in tectonically active areas (>1-10 mm yr-

1; Table 1.2). 

 

1.5.8      Biology 

Plants can physically affect weathering rates by increasing the residence time of water in soil 

systems, increasing evapotranspiration and increasing permeability in some soils, which 

indirectly affects chemical dissolution rates by creating fresh mineral surfaces (Kump et al., 

2000). Vegetation, from land plants to microbiota, can also directly affect silicate chemical 

weathering rates and chemical fluxes in rivers through chemical effects (e.g. chelation of metal 

ions, changing pH through the increase of pCO2 in the soil) (Drever, 1994; Moulton and Berner, 

1998; Moulton et al., 2000; Derry et al., 2005). Where soils are thin and mineral dissolution limits 

weathering, plants can increase the chemical weathering rate due to increased surface area of 

minerals and contact time with water (Drever, 1994). Where mechanical erosion limits 

weathering, the precipitation of secondary alteration products and the development of a deep 

regolith (which is enhanced by plants) will decrease or have no effect upon chemical weathering 

rates (Drever, 1994). In addition, microbes can dramatically increase mineral dissolution rates, 

and can impact precipitation of secondary minerals and clay hydration reactions (Banfield et al., 

1999).  

Table 1.2: Effective rates of glacial erosion in various glacial environments. Data taken 

from Hallet et al. (1996) and references therein. 

Effective rate of 

glacial erosion 

(mm yr
-1

)

Glacial environment Location

>0.01 Polar glaciers and thin temperate plateau 

glaciers on crystalline bedrock

Norway

>0.1 Temperate valley glaciers on resistant 

crystalline bedrock

Norway

>1 Small temperate glaciers on diverse 

bedrock

Swiss Alps, 

Southern Alps 

(New Zealand)

>10 Large and fast-moving temperate valley 

glaciers in tectonically active ranges

Southeast Alaska
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1.5.9      Summary of the Controls on Weathering Rates 

Controls on weathering rates are diverse and have complex interlinkages. The effects of these 

controls on weathering rates have been quantified where possible, but due to significant 

differences in laboratory and field studies, it is difficult to accurately define which controls are 

more substantial than others. Lithology is likely to be a major control on weathering rates due to 

different minerals weathering at different rates (Figure 1.3), but these rates are strongly dependent 

upon the climatic conditions (temperature and rainfall) that the weathering environment is subject 

to. Uplift of mountainous terranes and formations of glaciers have been shown to greatly increase 

weathering rates, however these processes only occur locally. The slow process of rock fracturing 

is difficult to quantitatively constrain accurately due to it occurring on a large scale and often at 

depth. Effect of biology is also difficult to quantify due to the broad range of biological processes 

that can possibly occur and the large number of factors that biology is affected by (e.g. 

temperature, rainfall, available soils and nutrients). All of the above factors can affect chemical 

weathering rates, but it can be difficult to define to what degree any one process is affecting the 

overall chemical weathering rate. In addition, the mineral saturation state of a soil profile can 

determine the potential for the formation of secondary phases.  

 

1.6 Coupling between Physical Erosion and Chemical Weathering Rates 

Rates of physical erosion and chemical weathering appear to be tightly coupled over time scales 

of soil formation and landscape evolution, and across diverse landscapes (Stallard and Edmond, 

1983; Gaillardet et al., 1999b; Millot et al., 2002; Riebe et al., 2004; West et al., 2005; Hren et 

al., 2007; Dixon et al., 2009). Rapid uplift and erosion has resulted in some of the highest global 

riverine solute fluxes (Gaillardet et al., 1999b; Waldbauer and Chamberlain, 2005) and soil 

erosion rates (Riebe et al., 2001), which suggests that orogenic uplift increases the potential for 

chemical weathering by increasing the supply of fresh minerals. Although, rapid uplift may also 

limit chemical dissolution rates; as physical erosion rates increase, soil residence times decrease, 

and weatherable minerals do not have sufficient time to weather completely (Stallard and 

Edmond, 1983; Riebe et al., 2004; West et al., 2005). 

There are two extreme end members on a spectrum of physical weathering regimes. In ‘transport-

limited’ regimes, physical denudation develops when downward propagation of weathering 

outpaces erosional losses from a slope, resulting in the removal of material only being limited by 

the sediment transport rate (Carson and Kirkby, 1972; Stallard and Edmond, 1983). In 

‘weathering-limited’ regimes at the other end of the spectrum, erosion develops when sediment 

transport matches the rate at which physically competent material loses its structural integrity, 
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resulting in erosional removal of material only being limited by how fast it is broken down by 

weathering (Carson and Kirkby, 1972; Stallard and Edmond, 1983). The concepts of ‘transport-

limited’ and ‘weathering-limited’ regimes apply only to physical erosion rates, although these 

terms are often incorrectly used in discussions of chemical weathering fluxes (Riebe et al., 2011). 

When defining chemical weathering, the following two extreme end members in a spectrum of 

chemical erosion should be used. In ‘supply-limited’ chemical erosion regimes chemical 

weathering develops when physical erosion rates are slow enough (or soil residence times are 

long enough) that further chemical weathering of the regolith is not possible due to exhaustive 

depletion of reactive phases (Riebe et al., 2004; West et al., 2005). At the other end of the 

spectrum, ‘kinetic-limited’ chemical erosion develops when physical erosion is so rapid that 

chemical erosion can only partially deplete the regolith of its weatherable phases before they are 

removed from the slope (West et al., 2005). 

The relationship between physical erosion and chemical weathering (Figure 1.5) has been 

modelled by Gabet and Mudd (2009), which effectively brackets field data collected from global 

rivers (West et al., 2005). At low rates of physical erosion (100-102 t·km-2·yr-1), conditions are 

‘supply-limited’, and increases in denudation are matched by equivalent increases in chemical 

weathering rate (Figure 1.5; Gabet and Mudd, 2009). As physical erosion rates increase beyond 

102 t·km-2·yr-1, weathering enters the ‘kinetically-limited’ regime, and the relationship between 

denudation and chemical weathering becomes less than linear (Figure 1.5; Gabet and Mudd,  

FIGURE 1.5: Physical denudation rate against total chemical weathering rate of 

climate-adjusted global river data compiled by West et al. (2005) and references 

therein. Solid data points are under ‘kinetic-limited’ conditions and hollow data 

points are under ‘supply-limited’ conditions. The solid black line represents the 

modelled trends for ‘supply-limited’ and ‘kinetic-limited’ environments and an 

order of magnitude increase or decrease in particle diameter size is shown by the 

grey band (Gabet and Mudd, 2009). 
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2009). This non-linear relationship is due to the positive effects of fresh minerals and the negative 

effects of thinner soils (Gabet and Mudd, 2009). Between physical erosion rates of 103-105 t·km-

2·yr-1, chemical weathering rates reach a plateau, and then decline at the highest denudation rates 

(>104 t·km-2·yr-1). This suggests that the role of physical erosion and in situ chemical weathering 

becomes increasingly less significant in affecting global climate as denudation rates intensify 

(Gabet and Mudd, 2009). Instead, fine-grained unweathered minerals are transported to the 

lowlands, where they may undergo extensive chemical weathering, and have more significant 

influences upon global climate (Gaillardet et al., 1999b; Jacobsen et al., 2003; West et al., 2005; 

Gabet and Mudd, 2009).  

 

1.7 Clay Mineral Formation and Classification 

Continental chemical weathering reactions can transform primary minerals such as feldspars, 

phyllosilicates, amphiboles and pyroxenes to secondary minerals such as illites, smectites, 

vermiculites and chlorites (Nesbitt and Young, 1989). The rate of primary mineral dissolution and 

subsequent secondary mineral formation is controlled by the chemical weathering intensity, 

which is significantly affected by climatic effects (as discussed previously). Certain clay minerals 

preferentially adsorb certain elements into their structures, which subsequently affects the 

resultant chemistry in the rivers in which they are forming (Mackenzie and Garrels, 1966; Nesbitt 

and Young, 1989). 

Layer types 1:1 or 2:1 are used as the main criterion for establishing divisions and layer charge 

of each division, for clay mineral classification (Bailey, 1980). Subgroups can then be made based 

on whether they are trioctahedral or dioctohedral (Table 1.3). These criterion work moderately 

well for mixed-layer clay minerals and for transitional boundaries between clays (Moore and 

Reynolds, 1997). Clay formation and alteration can be affected by diagenesis, which involves the 

addition and removal of material, transformation by dissolution and recrystallization or both, and 

by phase changes (Moore and Reynolds, 1997). Pedogenesis should also be considered as it 

involves the changes and formation of minerals in the soil environment (Moore and Reynolds, 

1997). Other processes affecting mineral formation are neoformation (the new formation of 

minerals from a solution) and transformation (remodelling of an existing structure in which parts 

of the parent material are retained) (Moore and Reynolds, 1997). 

Many clays that form as secondary products during weathering of primary minerals nucleate via 

a topotactic mechanism, which involves a structural change to a crystalline solid, resulting in the 

final lattice being related to that of the original structure (Banfield and Barker, 1994; Banfield et 

al., 1995; Moore and Reynolds, 1997). Topotactic nucleation occurs when the dissolving mineral 
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is leached of some cations, but retains partial structural integrity that provides the basic building 

blocks of clays (Nagy, 1995). Epitaxial nucleation occurs by nucleation of detrital clays (Banfield 

et al., 1991a; Banfield et al., 1991b) via a chemical and structural match of the new clay layer 

onto the templating surface, usually resulting in an overgrowth (Nagy, 1995; Moore and 

Reynolds, 1997).  

 

1.8 Isotope Systems as Tracers of Continental Weathering Processes 

Natural isotopes (both radiogenic and stable) have been used to study weathering and climate 

change, yielding both information on the mechanisms that control them and their timescales. 

Radiogenic isotope systems include Rb-Sr (Palmer and Edmond, 1989; Galy et al., 1999; Viers 

et al., 2000; McArthur et al., 2001; Chang et al., 2013) Sm-Nd (Vance and Burton, 1999; Liu et 

al., 2013), Lu-Hf (Van De Flierdt et al., 2002; Bayon et al., 2006; Chen et al., 2013), Re-Os 

(Levasseur et al., 1999; Peucker-Ehrenbrink and Ravizza, 2000; Peucker-Ehrenbrink and 

Ravizza, 2012) and the U-series (Riotte et al., 2003; Pogge von Strandmann et al., 2006; Keech 

et al., 2013). Stable isotope systems include Li (Chan et al., 1992; Huh et al., 1998a; Pistiner and 

Henderson, 2003; Teng et al., 2004; Hathorne and James, 2006; Vigier et al., 2008; Qiu et al., 

2011), Ca (Blättler et al., 2011; Hindshaw et al., 2011; Moore et al., 2013), Mg (Young and Galy, 

2004; Tipper et al., 2006c; Teng et al., 2010b; Wimpenny et al., 2011), Si (De La Rocha et al., 

2000; Georg et al., 2007; Pogge von Strandmann et al., 2012) and B (Lemarchand and Gaillardet, 

2006; Chetelat et al., 2009; Muttik et al., 2011).  

 

Layer Type

1:1 Usually holds a very small or no layer charge.                                        

e.g. serpentinite minerals, berthierine, odinite, kaolin minerals, 

allophane and imogolite

2:1

z = 0

2:1

z ~1

2:1

z < 1

A layer charge of -1 is neutralized by a univalent cation in the 

interlayer space. These micas can serve as precursors for 

other 2:1 layer silicates, especially illite and vermiculite.                         

e.g. trioctahedral subgroup (phlogopite, biotite and annite) and 

the dioctohedral subgroup (muscovite and paragonite)

Although considered as different minerals, these types of clay 

are transitional to one another and are often interstratified.              

e.g. illite, glauconite, smectite, vermiculite and chlorite

Holds no charge. These minerals are generally soft, have 

excellent cleavage and exhibit varying degrees of stacking 

disorder.

TABLE 1.3:  Summary of the different clay minerals types (Moore and 

Reynolds, 1997). 
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1.8.1      The Sr Isotope System 

Strontium is well mixed in the oceans and the Sr isotopic composition of seawater is determined 

by the balance of the input of radiogenic Sr from rivers (average 87Sr/86Sr = 0.711) (Spooner, 

1976; Palmer and Edmond, 1989; Richter et al., 1992) and the input of non-radiogenic Sr from 

seafloor hydrothermal fluids (average 87Sr/86Sr = 0.7035) (Richter et al., 1992). For this reason, 

past changes in the 87Sr/86Sr composition of seawater, as recorded by marine carbonates, are 

usually attributed to changes in these input fluxes (Kump et al., 2000). The isotopic composition 

of hydrothermal strontium is not likely to vary through time, due to the relative constancy of the 

87Sr/86Sr in mid-ocean ridge basalts, and the hydrothermal flux of Sr varies as a function of 

spreading rate (Bach and Humphris, 1999). On this basis, changes in seawater 87Sr/86Sr have been 

commonly used to assess how river fluxes, and therefore weathering rates, have changed over 

time (Palmer and Edmond, 1992).  

The sharp increase in seawater 87Sr/86Sr at 40 Ma (Figure 1.6) is attributed to an increase in the 

87Sr/86Sr value of the dissolved load in the Ganges-Brahmaputra river system from increased 

weathering of silicate minerals due to uplift of the Himalaya (Krishnaswami et al., 1992; Palmer 

and Edmond, 1992), although this interpretation is contested (Edmond, 1992). Crucially, recent 

studies have shown that carbonate rocks in the Lesser Himalaya have re-equilibrated with 

surrounding radiogenic silicate minerals that have high 87Sr/86Sr, which has dominated the Sr 

isotopic signal (Oliver et al., 2003). As more than 60% of the global riverine Sr flux (at the present 

day) is derived from weathering of these ancient carbonates, they presently account for a 

FIGURE 1.6: Plot of 87Sr/86Sr against age. Re-drawn from (McArthur et al., 2001). Data 

sourced from (Derry et al., 1989; Asmerom et al., 1991; Derry et al., 1992; Kaufman et 

al., 1993; Derry et al., 1994; Kaufman et al., 1996; Jacobsen and Kaufman, 1999; 

McArthur et al., 2001). 
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substantial component of the radiogenic Sr input to the oceans (Oliver et al., 2003). This results 

in a mixed signal and brings into question the reliability of Sr isotopes as a proxy for silicate 

weathering and highlights the need for other, independent measures of silicate weathering 

(English et al., 2000).  

1.8.2      The Li Isotope System 

Lithium isotopes have the potential to be effective tracers of weathering processes as they show 

significant fractionation due to the large relative mass difference between its isotopes (6Li ~7.5%; 

7Li ~92.5%). In addition, lithium has only 1 redox state (+1 charge), and is therefore insensitive 

to changes in oxygen fugacity compared to Cr, Fe, Cu, Mo, etc (Latimer, 1952). Li is also not a 

nutrient, and so its elemental concentration and isotopic signature is not directly controlled by 

biological activity (Lemarchand et al., 2010). The benefit of using a stable isotope system, such 

as Li, is the isotopic compositions are dependent on both the composition of the underlying 

bedrock as well as the processes involved with weathering (e.g. Huh et al., 2001). 

Lithium isotope data are reported as the per mil (‰) deviation from the NIST (National Institute 

of Standards and Technology, USA) standard LSVEC: 

δ
7
Li= (

Li/ LiSAMPLE
67

Li/ LiLSVEC
67 -1) x 1000                                       (Eq. 1.6) 

Lithium is conservative and well mixed in the oceans, with a residence time of ~1 Myr (Delaney 

and Boyle, 1986; Huh et al., 1998a), therefore the concentration and isotopic composition of Li 

in seawater is uniform (δ7Li = +31.5‰; [Li] = 0.17 µg/g) (Tomascak, 2004; Hathorne and James, 

2006). The lithium concentration and δ7Li signature of seawater is maintained by inputs of high-

temperature hydrothermal fluids at oceanic ridges with an average δ7Li ~ +6.7‰ (Bray et al., 

2001), and dissolved lithium from rivers with an average δ7Li ~ +23‰ (Huh et al., 1998a), and 

removal of lithium into oceanic basalts and marine sediments at low temperatures (Figure 1.7). 

The uptake of lithium into marine sediments occurs mainly by sorption onto clays (Zhang et al., 

1998), as carbonates incorporate relatively little lithium (Hoefs and Sywall, 1997).  

Isotopic fractionation during weathering leaves seawater enriched in 7Li and continental crust 

becomes progressively depleted in 7Li over time (Huh et al., 2001). This δ7Li signature is 

imprinted upon the oceanic crust as it reacts with seawater (White, 2013). Oceanic crust is 

subducted and returned to the mantle, resulting in the mantle also becoming progressively 

enriched in 7Li (White, 2013). This process has led to enrichment of δ7Li in the mantle by 0.5-

1‰, and depleted continental crust by 3‰ over geologic time (Elliott et al., 2004). 
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There is generally little variation in the δ7Li signature of Li rock reservoirs (Figure 1.8). Although, 

saprolites have demonstrated a particularly light δ7Li signature (δ7Li values as low as -20‰; 

Rudnick et al., 2004). Lithium isotopic signatures of fluid reservoirs show significantly more 

variability (Figure 1.9). Generally, seawater has the heaviest δ7Li signature and this signature is 

constant throughout the oceans. Rivers draining different types of weathering environment show 

a much wider range of δ7Li values, as do groundwater samples. Continental hydrothermal springs 

generally yield δ7Li values approaching that of the bedrock. The data displayed in Figures 1.8 and 

1.9 is also shown in Figure 1.10, plotted as a function of lithium concentration. This plot shows 

why lithium isotopes are an effective tracer of weathering processes; lithium isotopes have a large 

relative mass difference, resulting in significant differences in lithium isotopic composition of 

natural surface reservoirs.  

 

 

 

 

FIGURE 1.7: Schematic of the Li oceanic budget. Units in 109 mol yr-1. Data sourced from: a(Stoffyn-

Elgi and MacKenzie, 1984), b(You et al., 1995), c(Chan and Kastner, 2000), d(Zhang et al., 1998), 
e(Scholz et al., 2010), f(Huh et al., 1998a), g(Chan et al., 2006), h(Hoefs and Sywall, 1997), i(Zhang 

et al., 1998), j(Mortimer, 1993), k(Chan et al., 2002), l(Wheat and Mottl, 2000), m(Chan et al., 1993), 
n(Elderfield and Schultz, 1996), o(Vigier et al., 2008). 
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1.8.2.1      Secondary Mineral Formation  

As bedrock disintegrates, secondary clays (e.g. smectite and illite) are formed. Lithium is 

incorporated in the clays along with Mg and Al whereas other elements (Na, Ca and K) are lost 

to solution (Huh et al., 2001). During weathering processes, dissolution of primary minerals 

results in no isotopic fractionation of Li (Pistiner and Henderson, 2003; Wimpenny et al., 2010a). 

However, during secondary mineral formation 6Li is preferentially retained in the newly formed 

minerals and 7Li is left in solution (Huh et al., 2001; Wimpenny et al., 2010a). Therefore, river Li 

concentration is dependent upon relative rates of primary mineral dissolution, and river lithium 

isotopic signature is dependent upon secondary mineral formation. It should be pointed out that 

the term ‘incorporation’ of Li into clays is being used as a catch-all phrase in this thesis, and may 

also include adsorption, as at this time distinction between these two processes is not possible. 

FIGURE 1.10: Comparison of lithium reservoirs showing lithium concentration plotted 

against lithium isotope signature. Data sourced from: rivers (Huh et al., 1998b; Huh et al., 

2001; Kısakűrek et al., 2005; Pogge von Strandmann et al., 2006; Vigier et al., 2009; Millot et 

al., 2010; Pogge von Strandmann et al., 2010; Wimpenny et al., 2010b), hydrothermal fluids 

(Kısakűrek et al., 2005; Pogge von Strandmann et al., 2006; Pogge von Strandmann et al., 

2010), rocks (Moriguti and Nakamura, 1998a; Tomascak and Langmuir, 1999; Bouman et al., 

2004; Chan et al., 2006; Tomascak et al., 2008; Qiu et al., 2009; Qiu et al., 2011), saprolites 

(Rudnick et al., 2004), seawater (You and Chan, 1996; Chan and Edmond, 1998; Moriguti and 

Nakamura, 1998b; Tomascak et al., 1999; James and Palmer, 2000; Nishio and Nakai, 2002; 

Bryant et al., 2003; Pistiner and Henderson, 2003; Millot et al., 2004).  
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The average diffusion rate of the lighter isotope in solution is faster (8% for 6Li) (Giletti and 

Shanahan, 1997), and as Li has higher diffusion rates than other alkali cations, diffusion is 

expected to be an important mode of transport and of fractionation of Li during the weathering 

process (Huh et al., 2001). The bonds bearing the lighter Li isotope have higher vibrational 

energies, and during a chemical reaction molecules containing the lighter isotope will react more 

readily, enriching the reaction product in the lighter isotope (Huh et al., 2001). The above kinetic 

isotope effects suggest that 6Li-containing bonds will preferentially break and diffuse (Huh et al., 

2001). However, the hydration effect of water on Li is very strong. Due to the high vibrational 

frequency of water (1600-3900 cm-1) compared to common minerals (<1000 cm-1), water has a 

tendency to incorporate the heavy isotope preferentially in order to lower the free energy of the 

system (O'Neil, 1986). Thus, 6Li is preferentially retained in the secondary solid phase and 7Li 

remains in solution. During cation exchange chromatography, a similar effect can be observed, 

where 6Li is preferentially retained (via adsorption) on the resin phase regardless of the type of 

cation exchanger and the counter ion in the solution phase (Taylor and Urey, 1938; Oi et al., 

1991).  

 

1.8.2.2      Variations in δ7Li of Seawater in the Past 

Changes in the amount of lithium and the δ7Li signature of seawater can be expected to provide 

information about past changes in weathering processes. In the last 60 Myr, a 9‰ increase in 

δ7Liseawater has been observed (Figure 1.1), which is likely to be linked to increased chemical 

weathering rates and the δ7Liriver signature delivered to the oceans (Misra and Froelich, 2012). 

This is consistent with the 87Sr/86Sr record.  

In seawater, Li and Li isotopes show some useful trends, but it is clear that the processes that 

regulate the Li and Li isotopic composition of river water need to be better constrained in order 

to accurately interpret seawater records.  
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1.8.2.3      Fractionation of Li Isotopes 

Isotopic fractionation of lithium between two components, A and B, is given by the fractionation 

factor αΑ-B: 

∝A-B= ( Li
7

/ Li
6 )

A
/ ( Li

7
/ Li

6 )
B
                                          (Eq. 1.7) 

FIGURE 1.11: Late Cretaceous to Holocene Li isotope record, with comparison to 

published seawater records for 87Sr/86Sr and 187OS/186Os (Misra and Froelich, 2012). The 

data for the Li, Sr and Os isotopic records is sourced from Misra and Froelich (2012) and 

references therein.  
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Lithium isotopic fractionation can be on the order of a few per mil, so may also be described by 

the approximation: 

103ln ∝A-B  ≈ δ7
LiA- δ

7
LiB = ∆7LiA-B                                        (Eq. 1.8) 

An example of this equation can be shown by the most significant process that controls lithium 

isotopic fractionation during continental weathering, which is the preferential loss of 7Li to 

solution during secondary mineral formation (e.g. Huh et al., 2001): 

103ln ∝clay-river water ≈ δ7
Liclay- δ

7
Liriver water = ∆7Liclay-river water                 (Eq. 1.9) 

 

1.8.3      The Mg Isotope System 

A primary long term sink of atmospheric CO2 is the chemical weathering of Ca-Mg silicates 

(Walker et al., 1981; Berner et al., 1983; Berner, 2004), therefore Mg isotopes may provide 

information on weathering processes as magnesium is directly involved in the carbon cycle. In a 

weathering system, the main controls on magnesium isotopic composition are lithology, 

secondary mineral alteration and biotic uptake, which potentially make Mg isotopes effective 

tracers of weathering processes. Magnesium has three naturally occurring isotopes: 24Mg 

(78.99%), 25Mg (10.00%) and 26Mg (11.01%). The variation seen between the relative abundances 

of Mg isotopes is expected to be a result of physiochemical processes due to the large relative 

mass differences between 25Mg and 26Mg (4%) and 26Mg and 24Mg (8%) (Young and Galy, 2004). 

Magnesium isotopes are reported as the per mil (‰) deviation from the pure Mg standard DSM-

3 (Dead Sea Magnesium) (Galy et al., 2003): 

δ
26

Mg= (
Mg/ Mg2426

sample

Mg/ Mg2426

DSM-3

-1)  x 1000                                  (Eq. 1.10) 
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Much like lithium, magnesium is conservative and well mixed in the oceans, with a long residence 

time of ~13 Myr (Broecker and Peng, 1982) and a homogeneous δ26Mg signature (δ26Mg = -0.8 

± 0.1‰; see caption for Figure 1.14). The magnesium concentration and δ26Mg composition of 

seawater is maintained by inputs of dissolved magnesium transported in rivers (e.g. Berner and 

Berner, 1996), and removal of magnesium into oceanic basalts at high temperature (Kadko et al., 

1995; Elderfield and Schultz, 1996; Higgins and Schrag, 2015) and low temperature (Elderfield 

and Schultz, 1996; Higgins and Schrag, 2015), dolomitization (Drever, 1974; Higgins and Schrag, 

2015), and clay formation (Drever, 1974) at low temperatures (Figure 1.12).  

 

 

FIGURE 1.12: Schematic of the Mg oceanic budget. Units in 1012 mol yr-1. Data sourced 

from: a(Berner et al., 1983), b(Berner and Berner, 1996), c(Drever and Maynard, 1988), 
d(Holland, 1978), e(Wolery and Sleep, 1976), f(Wolery and Sleep, 1988), g(Higgins and 

Schrag, 2015), h(Elderfield and Schultz, 1996), i(Kadko et al., 1995), j(Drever, 1974), 
k(Krauskopf, 1967), l(Heydemann, 1969), m(Albarède and Michard, 1986). 
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There has been much debate as to whether the Earth has a chondritic Mg isotopic composition or 

not. It was concluded in some studies that the δ26Mg signature of the Earth is on average ~0.3‰ 

higher than that of chondrites, suggesting that the Earth has a non-chondritic δ26Mg composition 

(Wiechert and Halliday, 2007; Young et al., 2009). However, recent high-precision magnesium 

isotopic studies have suggested that the Earth and chondrites have identical δ26Mg compositions 

(Teng et al., 2007; Chakrabarti and Jacobsen, 2009; Handler et al., 2009; Yang et al., 2009; 

Dauphas et al., 2010; Teng et al., 2010a). This suggests a little variation in the δ26Mg composition 

of the Earth’s mantle has occurred since the Archaean (Teng et al., 2010a). Carbonate rocks and 

foraminifera have consistently lower δ26Mg values than seawater by several per mil (Figure 1.13 

and 1.14). Carbonate rocks are also consistently lower in δ26Mg values than dolomite values. 

FIGURE 1.15: Comparison of magnesium reservoirs showing magnesium concentration 

plotted against magnesium isotopic signature. Data sourced from: rivers (Ming-Hui et al., 

1982; Stallard and Edmond, 1983; Edmond et al., 1996; Gaillardet et al., 1997; Louvat and 

Allègre, 1997; Huh et al., 1998b; Gaillardet et al., 1999a; Galy and France-Lanord, 1999; 

Gaillardet et al., 2003; Millot et al., 2003; Tipper et al., 2006c; Pogge von Strandmann et 

al., 2008; Wimpenny et al., 2011; Pogge von Strandmann et al., 2012; Tipper et al., 2012; 

Lee et al., 2014), seawater (Chang et al., 2003; Young and Galy, 2004; Pearson et al., 2006; 

Tipper et al., 2006c; Pogge von Strandmann et al., 2008; Hippler et al., 2009; Wombacher 

et al., 2009; Immenhauser et al., 2010; Wimpenny et al., 2011; Choi et al., 2012; Pogge von 

Strandmann et al., 2012; Lee et al., 2014), rocks (Tipper et al., 2008b; Lee et al., 2014), 

saprolites (Gardner et al., 1981; Teng et al., 2010b), soils (Pogge von Strandmann et al., 

2012). 
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These data show that heavier Mg isotopes partition to water relative to carbonate minerals, which 

is similar to the isotopes of Ca (Gussone et al., 2003; Schmitt et al., 2003). There is a clear 

mineralogical control on Mg isotopes and possibly a weak dependence on temperature at low 

temperature values (Galy et al., 2002; Young and Galy, 2004).  

Magnesium isotopic signatures of rivers show less variability than rock suites (Figure 1.14), 

although global rivers display a large range in Mg concentration (Figure 1.15). Continental 

hydrothermal springs show a large range in δ26Mg values (-0.9 to +0.9 ‰; Figure 1.14; Pogge 

von Strandmann et al., 2008; Tipper et al., 2008). It is apparent that δ26Mg signatures of river 

waters are influenced by catchment lithology, as rivers draining limestone catchments have 

particularly light δ26Mg values and rivers draining basaltic rivers generally have heavier δ26Mg 

values (Figure 1.14).  

The Mg isotopic signature of silicate rocks is relatively uniform (Teng et al., 2010a), although 

carbonate rocks generally display lighter δ26Mg values (Galy et al., 2002; Lee et al., 2014). Thus, 

a significant control on the Mg isotopic signature of rivers waters is the proportion of carbonate 

rocks to silicate in the host catchment (Tipper et al., 2006b; Tipper et al., 2006c; Pogge von 

Strandmann et al., 2008; Tipper et al., 2008a). However, Mg is usually only found as a trace 

element in limestones, but it is a major element in silicate minerals such as biotite, chlorite and 

clays (Le Fort, 1975), therefore silicate mineral dissolution generally has a dominant control upon 

the dissolved Mg concentration and δ26Mg value. 

The δ26Mg value range for global rivers waters extends from -2.5 to +0.9‰ (Tipper et al., 2006c; 

Pogge von Strandmann et al., 2008), which is about half of the range observed for terrestrial rocks 

(-4.5 to +0.7‰; Galy et al., 2002; Teng et al., 2010b). Therefore, to better understand the effects 

of weathering processes upon dissolved δ26Mg values, studies should involve mono-lithological 

terrains (Pogge von Strandmann et al., 2008). 

 

1.8.3.1      Processes Fractionating Mg Isotopes 

During weathering, bedrock disintegrates and secondary clays (such as smectite and illite) are 

formed. Dissolution of primary minerals by chemical weathering has been suggested to cause 

some Mg isotopic fractionation, as light Mg is preferentially lost to solution (Tipper et al., 2006b; 

Wimpenny et al., 2010a). Secondary mineral formation has also been suggested to cause Mg 

isotopic fractionation. However, this process has been shown to preferentially retain the heavy 

Mg isotope (Tipper et al., 2006b; Pogge von Strandmann et al., 2008; Teng et al., 2010b) and the 

light Mg isotope (Pogge von Strandmann et al., 2008; Wimpenny et al., 2010a). In addition, 

secondary carbonates are always isotopically light with regards to the waters from which they 
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precipitate (Galy et al., 2002; Chang et al., 2004). Therefore, riverine Mg concentration and δ26Mg 

signature is dependent upon both primary mineral dissolution and secondary mineral formation. 

It should be pointed out that the term ‘incorporation’ of Li into clays is being used as a catch-all 

phrase in this thesis, and may also include adsorption, as at this time distinction between these 

two processes is not possible. 

Magnesium is also important to both the chlorophyll molecule and to the function of ATP in 

biological systems (Shaul, 2002). Mg isotopic fractionation is associated with the uptake of Mg 

into chlorophyll-a and into higher plants, although, like secondary mineral formation, this 

fractionation can preferentially retain both the light and heavy Mg isotopes (Black et al., 2006; Bi 

et al., 2007; Ra and Kitagawa, 2007; Bolou-Bi et al., 2010). 

 

1.8.3.2      Variation in the δ26Mg Composition of Seawater 

Magnesium has a residence time in the oceans of ~107 years (Berner and Berner, 1996; 

Lemarchand et al., 2002), and should therefore be well mixed and behave conservatively. Samples 

FIGURE 1.16: Magnesium isotopic composition of seawater with depth. The error bars 

represent the external precision at 95% confidence based on repeat measurements of a 

seawater in-house standard. The vertical grey bar reflects the mean value ±2 s.e. Re-drawn 

from Foster et al. (2010). 
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collected from various depths throughout the oceans (Figure 1.6) demonstrate that δ26Mg is 

relatively constant with depth and the oceans are relatively homogenous with regards to Mg 

isotopic composition (Foster et al., 2010).  

 

1.8.3.3      Fractionation of Mg Isotopes 

The relationships between 25Mg/24Mg and 26Mg/24Mg are indicative of kinetic fractionation and 

equilibrium fractionation (Young and Galy, 2004). The three isotopes of Mg define two 

fractionation factors: 

∝25/24= 
( Mg25 / Mg24 )

a

( Mg25 / Mg24 )
b

               and              ∝26/24= 
( Mg26 / Mg24 )

a

( Mg26 / Mg24 )
b

               (Eq. 1.11) 

Where a and b refer to either two different conditions or two different materials (Young and Galy, 

2004). At equilibrium, the two fractionation factors can be shown by the following expression: 

In ∝25/24

In ∝26/24
= 

(
1

m1
 -  

1

m2
)

(
1

m1
 -  

1

m3
)
                                                (Eq. 1.12) 

Where m1 is the atomic mass of 24Mg (23.985042), m2 is the atomic mass of 25Mg (24.985837), 

and m3 is the atomic mass of 26Mg (25.982593) (Hulston and Thode, 1965; Matsuhisa et al., 

1978; Weston, 1999; Young et al., 2002). The above equation can be rearranged to give: 

α25/24  =  (α26/24)β                                                 (Eq. 1.13) 

Where the exponent is: 

β =  
(

1

m1
- 

1

m2
)

(
1

m1
- 

1

m3
)
                                                     (Eq. 1.14) 

Equation 1.14 is a high temperature limit for the exponent in the equilibrium fractionation law, 

that is a good indication of the true equilibrium value (Young et al., 2002). The exponent (β) value 

obtained from the atomic masses of the Mg isotopes is 0.521 (Young and Galy, 2004). 

A quality control can be applied to the data as follows:  

Δ25Mg' = δ25Mg' – 0.521 δ26Mg'                                  (Eq. 1.15) 

Where 0.521 refers to the equilibrium value for the exponent β.  
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1.9 Weathering Studies on the Southern Alps, New Zealand 

Few studies have been carried out that use non-traditional stable isotopes (e.g. Li, Mg, Ca) to 

investigate the relationship between uplift, metamorphism and weathering. The behaviour of 

lithium isotopes during metamorphism has been investigated in the Otago Schists by Qui et al. 

(2011). They show that δ7Li signatures are relatively constant across all metamorphic grades, with 

average δ7Li = -0.2 ± 2.2 ‰ (Qiu et al., 2011). These values are similar to the δ7Li value of upper 

continental crust (δ7Li  = +0.3 ± 2 ‰) (Teng et al., 2004) and pelitic sedimentary rocks (δ7Li = -

1.6 to +5 ‰) (Chan et al., 2006), suggesting that metamorphism has no measureable effect on 

δ7Li and that lithology is the main control on δ7Li rather than the degree of metamorphism (Qiu 

et al., 2011). 

Silicate weathering affects long term climate, whereas carbonate weathering does not. Therefore, 

tracing the contributions of each to the dissolved load of rivers in an actively uplifting mountain 

belt allows for constraints to be placed on the global carbon cycle. This has been assessed by 

measuring the calcium isotopic composition (δ44/40Ca) of rivers, rocks and soils in the Southern 

Alps, which are dominantly silicate in lithology but contain small amounts of disseminated calcite 

(Moore et al., 2013). However, δ44/40Ca values show limited variation between the carbonate and 

silicate end members (Moore et al., 2013). Nonetheless, it is apparent that calcium in the dissolved 

load of rivers from this rapidly uplifting region is dominantly sourced from carbonates, and the 

proportion of Ca derived from carbonate weathering increases under higher uplift rates (Moore et 

al., 2013).   

The role of calcite weathering has also been investigated in the Southern Alps using an analytical 

model to evaluate the contribution of Sr from calcite veins (Chamberlain et al., 2005). Results of 

this suggest that as much as 60% of the total Sr released during weathering is sourced from calcite 

(Chamberlain et al., 2005). In addition, the 87Sr/86Sr of weathered material is relatively constant 

over a range of effective surface ages, which indicates that even a small amount of disseminated 

calcite can have a significant effect on the Sr composition of weathered material (Chamberlain et 

al., 2005).  

 

1.10 Aims of this Study 

This study will characterise the chemistry of the weathering system of the Southern Alps on the 

South Island, New Zealand, and also examine the processes controlling lithium and magnesium 

isotopic fractionation within the weathering system. Isotopic signatures are used to examine the 

climatic and tectonic controls upon Li and Mg concentration and Li and Mg isotopes during 

weathering processes. The Southern Alps are relatively pristine and are affected by differing 
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climatic regimes and differing rates of uplift and erosion (Adams, 1980; Whitehouse, 1986; 

Koons, 1989; Koons, 1990; Beaumont et al., 1992; Koons, 1994). Moreover, the Southern Alps 

are mainly composed of variably metamorphosed siliciclastic sediments, with a relatively uniform 

bulk composition, as well as trace amounts of calcite (Mackinnon, 1983; Grapes and Watanabe, 

1984; Roser and Korsch, 1986; Mortimer and Roser, 1992). Rapid uplift and exhumation has 

exposed rocks with a higher metamorphic grade to the west, with metamorphic grade decreasing 

eastwards (Norris et al., 1990; Craw et al., 1999).  

 

1.11 Thesis Outline 

Chapter 2 

A brief geological history of the South Island, New Zealand, with a focus on the Southern Alps 

is described in this chapter. This summary describes the basement terranes, the modern tectonic 

setting of the Southern Alps, with regards to the Alpine Fault, the structure of the orogen, and the 

lithology and metamorphic grade of the Haast Schist. The processes affecting continental 

weathering in this region are discussed, such as climate, uplift rates, erosion rates, glacier 

formation and landsides. 

 

Chapter 3 

An outline of the methods used to determine elemental concentrations in this study and in previous 

studies, and also the methods used to determine Li and Mg isotopic values. Descriptions of sample 

collection and preparation are also given. The accuracy and precision for the data analysed in this 

study are reported in this chapter, with comparison to published values. More detailed methods 

used in this study are outlined in the Appendix. 

 

Chapter 4 

The chemical composition of the weathering products of the Southern Alps are compared to the 

bedrock to examine the processes that regulate weathering and the sources of Li and Mg in the 

weathering system. Chemical weathering rates and atmospheric CO2 consumption rates are 

calculated for the Southern Alps, and compared to global data. This chapter summarises the 

processes occurring in the weathering system of the Southern Alps.  
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Chapter 5 

A discussion on the Li isotopic signature of Li reservoirs in the weathering system of the Southern 

Alps. Various processes taking place in this weathering system and how they affect Li isotopic 

fractionation are discussed, and mineral saturation states are modelled to determine the secondary 

minerals that may form during chemical weathering. The link between riverine Li isotopic 

signature and silicate weathering is assessed. Finally, the utility of Li isotopes as a proxy for 

silicate weathering is discussed.  

 

Chapter 6  

In this chapter, the Mg isotopic signature of Mg reservoirs in the weathering system of the 

Southern Alps are determined. The processes occurring in this weathering system and how they 

affect Mg isotopic fractionation are discussed. The link between riverine Mg isotopic signature 

and silicate weathering is assessed, and the utility of Mg isotopes as a proxy for silicate weathering 

is discussed. The coupling of riverine Li and Mg isotopes in their behaviour is assessed, with 

comparison to data from Chapter 5.  

 

Chapter 7 

The behaviour of Li isotopes in hydrothermal fluids emanating from the Southern Alps. The effect 

on these fluids under high temperature conditions is assessed, and mineral saturation states are 

modelling for both temperatures at surface conditions and temperatures at depth. The processes 

by which Li isotopes fractionate in the spring fluids are discussed. The behaviour of coupled 

spring water Li and Mg isotopes is determined and compared to the behaviour observed in rivers 

draining the Southern Alps. 
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Chapter 2  

Geological Setting 

 

The tectonic history of New Zealand consists of three main phases. During the Rangitata Orogeny 

(Palaeozoic and Mesozoic), much of New Zealand was formed by accretion of crustal fragments onto 

the Gondwana plate margin (Bishop, 1985; Mortimer et al., 1999b). In the Late Cretaceous and 

Cenozoic, seafloor spreading caused continental rifting and subsidence, which brought about the 

deposition of widespread cover sequences (Molnar et al., 1975; Cox and Sutherland, 2007). By the 

Late Tertiary, the onset of compression across the previously purely strike-slip Australian-Pacific 

plate boundary marked the start of the present day Kaikoura Orogeny (Landis and Coombs, 1967; 

Cooper et al., 1987; Cox and Sutherland, 2007). This period of transpression uplifted mountain 

ranges high enough to form glaciers, developed a strongly asymmetrical climate producing high 

erosion rates, and exposing a variety of basement rocks and cover sequences.  

 

2.1 Basement Terranes 

The basement geology of New Zealand is composed of a series of terranes and igneous suites (Figure 

2.1) (Mortimer, 2004; Cox and Sutherland, 2007). The South Island basement terranes can be divided 

into the Western and the Eastern Province (Landis and Coombs, 1967; Bishop, 1985; Mortimer, 

2004). These have distinct geological histories and they are separated by a long-lived (375-110 Ma), 

subduction-related batholith called the Median Tectonic Zone (MTZ) (Mortimer et al., 1999a; 

Mortimer et al., 1999b; Cox and Sutherland, 2007). The MTZ represents ~250 Myr of magmatism 

along the southern Gondwana margin (Mortimer et al., 1999b).  The basement terranes of South 

Island consist of: the Brook Street Terrane (layered ultramafic-gabbro sequences, diorites and 
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volcaniclastic sediments); the Murihiku and Maitai Terranes (Permian to Triassic volcanogenic 

sandstone, siltstone and tuff); the Dun Mountain Ophiolite Belt (a Permian ophiolite); the Caples 

Terrane (Permian to Triassic/Jurassic volcaniclastic marine flysch); the Torlesse Terrane (Permian 

to Middle and Late Triassic turbiditic quartzofeldspathic sandstones and argillites); the Waipapa 

Terrane (volcaniclastic marine flysch); and the Median Tectonic Zone (MTZ; pre-Cenozoic 

subduction-related I-type plutonic, volcanic and sedimentary rocks)  (Figure 2.1) (Gray and Foster, 

2004). The MTZ consists of more than 70 rock units and has a wide range of protoliths, crystallisation 

ages and internal deformation (Mortimer et al., 1999b).  Generally, more than 90% of the MTZ is 

made up of calc-alkaline, I-type plutonic rocks (Mortimer et al., 1999b). The MTZ underlies a 

~10,200 km2 area, which intrudes into the Brook Street and Takaka Terranes (both Eastern and 

Western Provinces), and it has been displaced by ~460 km by transcurrent movement on the Alpine 

Fault (Figure 2.1) (Mortimer et al., 1999b). 

FIGURE 2.1: Simplified terrane map of South Island, New Zealand. The various 

batholiths are as follows: M – Median Batholith; H – Hononu Batholith; P – Paparoa 

Batholith; K – Karamea Batholith. The arrows show how plate motions have changed 

over time (Craw, 2002) and the basement terrane map was re-drawn by Menzies (2012) 

from Pitcairn (2004). 
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The Rangitata Orogeny involved the accretion of crustal fragments onto the Gondwana plate margin, 

forming the majority of New Zealand (Bishop, 1985; Mortimer, 2004). During this time, collision of 

the Caples and Torlesse Terranes resulted in metamorphism of the Haast Schists (Fleming, 1969; 

Coombs et al., 1976; Adams et al., 1985).  Ar-Ar dating of micas indicate that the schists were 

uplifted and eroded to a low level surface by the Mid-Late Cretaceous (Gray and Foster, 2004).   

The Alpine Fault was initiated in the late Tertiary (23-25 Ma) and is a major dextral strike-slip plate 

boundary (Kamp, 1986; Cooper et al., 1987). It took on a component of compression  between 12 

and 5 Ma (Kamp et al., 1989; Kamp and Tippett, 1993; Sutherland, 1996; Kamp, 1997; Walcott, 

1998; Batt et al., 2004; Cande and Stock, 2004), and subsequently, 90 ± 20 km of shortening has 

occurred, forming the >3000 m high Southern Alps  (Walcott, 1998). The Kaikoura Orogeny ensued 

and the higher grade Alpine Schists were uplifted (Norris et al., 1990). The Alpine Schists form a 

10-20 km wide area to the southeast of the Alpine Fault, and the Otago and Alpine Schists form the 

Haast Schist of South Island New Zealand (Mortimer, 2000). 

 

2.2 The Alpine Fault and the Modern Tectonic Setting of the Southern Alps 

The Alpine Fault marks the present-day Pacific-Australian transpressional plate boundary through 

the South Island. The fault is ~400 km in length and can be traced from Milford Sound in the south 

to Arthur’s Pass in the north, where it joins the Marlborough Fault Zone (Sutherland et al., 2000). 

The Alpine Fault has undergone ~460 km of strike-slip motion and >20 km of vertical motion (Norris 

et al., 1990; Sutherland, 1996).  

Alpine Fault strike-slip rates are high (21-29 ± 6 mm/yr) along the Southern section of the Alpine 

Fault (from Lake McKerrow to Kakapotahi River) (Norris and Cooper, 2000; Sutherland et al., 

2006), but are substantially lower north of the Hope Fault (≥6.2 ± 2 mm/yr) as strain is partitioned 

onto the Marlborough Fault System (Figure 2.2) (Norris and Cooper, 2000). Uplift rates vary 

significantly along the length of the Alpine Fault (0 to >10 mm/yr), with the highest rates (>12 

mm/year) in the central segment near Franz Josef and Fox Glaciers (Figure 2.2) (Bull and Cooper, 

1986; Norris and Cooper, 2000).  
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No large earthquakes have been recorded on the central section of the Alpine Fault since European 

settlement in 1840 AD, but the last three ruptures have been dated at 1717 AD, 1600 AD and 1430 

AD (Sutherland et al., 2007). A record of fault ruptures in the Haast Schist area and Hokuri Creek 

has revealed that the southern section of the Alpine Fault has ruptured 24 times over the last 8000 

years, with a mean recurrence interval of 329 ± 68 years (Berryman et al., 2012a; Berryman et al., 

2012b). Lake sediments recording the post-seismic landscape has indicated that earthquakes are 

responsible for a significant amount of the sediment flux in the Southern Alps (Howarth et al., 2012). 

In collisional orogens with rapid uplift rates, advection of hot rock occurs faster than the heat can be 

conducted and this produces thermal anomalies in the shallow crust (Koons, 1987). In the Southern 

Alps, rapid uplift, along with effective removal of rock by strong physical erosion, has raised the 

brittle-ductile transition zone, which may lie only 6-8 km below the surface proximal to the Alpine 

Fault in the areas of highest uplift rates (Koons, 1987; Craw, 1997; Leitner et al., 2001; Sutherland 

et al., 2012). This has produced high geothermal gradients estimated between 40-200 °C/km in the 

upper crust (Allis et al., 1979; Koons, 1987; Allis and Shi, 1995; Shi et al., 1996; Craw, 1997; Batt 

and Braun, 1999; Toy et al., 2010). The Deep Fault Drilling Project (DFDP-1) drilled a ~150 m 

FIGURE 2.2: Quaternary uplift and strike-slip rates vary significantly along the Alpine Fault. 

These rates are derived from measurements of the offsets of Quaternary units (Norris et al., 

1990; Cooper and Kostro, 2006; Sutherland et al., 2006) and dating of uplifted hydrothermal 

minerals (Teagle et al., 1998). The plate vector with an * is taken from the NUVEL-1A plate 

motion (DeMets et al., 1994) and the resolution of this vector was deciphered using GPS 

measurements (Beavan et al., 1999). The numbers in the black circles represent localities: 1 - 

Haupiri River; 2 – Inchbonni; 3 - Toaroha River; 4 - Kaka Creek; 5 - Kakapotahi River; 6 - 

Gaunt Creek; 7 - Waikukupa River; 8 - Paringa River; 9 - Haast River, north bank; 10 - Haast 

River, south bank; 11 - Okuru River; 12 - Hokuri Creek; 13 - Lake McKerrow. Figure 

modified from Norris and Cooper (2000), by Menzies (2012). 
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borehole at Gaunt Creek, and measured a geothermal gradient of 62.6 ± 2.1 °C/km (Sutherland et al., 

2012). More recent findings from the DFDP-2 drilling project on the Alpine Fault has suggested that 

the geothermal gradient is >100 ºC/km, and may even be as high as 140-150 ºC/km in the upper 1 

km of the crust (DFDP-2, unpublished data). 

 

2.3 Structure of the Orogen 

During continental collision in regions with strong weather asymmetry (e.g. prevailing winds), a two-

sided orogen (Figure 2.3) consisting of opposite facing, asymmetrical wedges is produced by 

convergence of continental plates of approximately the same thickness (Koons, 1990; Norris et al., 

1990; Koons, 1994; Koons and Henderson, 1995). The two wedges which make up the collisional 

orogen are the steep inboard wedge facing the indentor, which is separated by the Main Divide from 

the outboard wedge (Koons, 1990; Norris et al., 1990; Koons, 1994). The narrow belt that forms the 

steep inboard wedge was formed by movement of material up the basal thrust from a décollement at 

depth (Koons, 1990). The broad region to the east forms the outboard wedge, which grows by 

thrusting away from the indentor over undisturbed crust, and is thickened by antithetic and synthetic 

faulting (Koons, 1990). The inboard wedge has high rates of uplift, rainfall and erosion, and the 

FIGURE 2.3: Schematic model of the movements and stresses that formed the inboard and 

outboard zones, two opposite facing wedges. Mohr Circles show orientations of principal 

stresses in each wedge (Lehner, 1986). The arrows show slip directions and coupled vectors 

show relative senses of shear at the base of the orogen. This figure was re-drawn by Menzies 

(2012) from Koons (1990). The rainfall rates were sourced from the literature (Griffiths and 

McSaveney, 1983; Henderson and Thompson, 1999; Woods et al., 2006). 
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outboard wedge has low rates of uplift, rainfall and erosion (Adams, 1980; Whitehouse, 1986; Koons, 

1989; Koons, 1990; Beaumont et al., 1992; Koons, 1994).  

 

2.4 Lithology and Metamorphic Grade of the Haast Schist 

The Haast Schist (Figure 2.1) is composed of the Alpine Schist (high metamorphic grade 

Amphibolite Facies rocks uplifted adjacent to the Alpine Fault) and the Otago Schist (lower 

metamorphic grade Greenschist Facies rocks that extend to the east) (Wood, 1963). The Otago Schist 

forms a 150 km-wide northwest-trending schist belt across southern New Zealand that ranges in 

metamorphic grade from Prehnite-Pumpellyite Facies either side and Greenschist Facies rocks 

exposed in the middle (Mortimer, 1993; Mortimer, 2000). The northern portion of the Otago Schist 

is derived from the Torlesse Terrane and the southern portion is derived from the Caples Terrane 

(Mortimer and Roser, 1992). The Torlesse Terrane is largely made up of quartzofeldspathic 

greywackes and grey/black mudstones, with minor conglomerates and red/green mudstones 

(Mackinnon, 1983). The Caples Terrane consists of volcaniclastic greywackes and argillites (Bishop 

et al., 1976). The Caples greywackes are mainly derived from an active intraoceanic magmatic arc 

(Mackinnon, 1983; Roser and Korsch, 1986; Mortimer and Roser, 1992). Hydrothermal calcite and 

quartz veins are prevalent across the Southern Alps, especially in the higher metamorphic grade 

regions (Grapes and Watanabe, 1984; Holm et al., 1989).  

In the Southern Alps, the Torlesse Terrane show increasing metamorphic grade from east to west 

(Figure 2.5). Unmetamorphosed greywackes are found in the east along with the lowest metamorphic 

grade rocks (weakly cleaved Prehnite-Pumpellyite Facies greywackes and argillites), which grade to 

recrystallized and deformed upper Greenschist Facies psammitic and pelitic schists (Norris et al., 

1990; Craw et al., 1999). The Alpine Schist consist of higher grade garnet-oligoclase grade 

Amphibolite Facies rocks adjacent to the Alpine Fault, which contain multiple generations of 

metamorphic fabrics, folds, and metamorphic quartz veins (Cox and Rattenbury, 2006; Cox and 

Sutherland, 2007; Little et al., 2007; Wightman and Little, 2007). Away from the Alpine Fault, 

metamorphic grade decreases eastwards to Prehnite-Pumpellyite Facies (Norris et al., 1990; Grapes 

and Watanabe, 1992; Grapes, 1995; Cox and Sutherland, 2007). 
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2.5 Effects of Rapid Uplift and Orogen Structure upon Climate and Erosion 

2.5.1    Climate 

The Southern Alps form a barrier to the prevailing westerly winds, which travel uninterrupted for 

~2000 km across the Southern Ocean, onshore onto the western side of the island (Figure 2.7) 

(Henderson, 1993; Mosley and Pearson, 1997; Jacobson et al., 2003; Williams et al., 2005). As a 

result, rainfall west of the Main Divide is intense (>12 m/yr), and the area to the east of the Main 

Divide receives considerably less rain (<1 m/yr) (Griffiths and McSaveney, 1983; Henderson and 

Thompson, 1999; Woods et al., 2006). To the west of the Main Divide, steep gradients and high 

FIGURE 2.6: Maps of the South Island of New Zealand showing: (A) digital terrain model of 

topography in metres above sea level; (B) extent of ice at the last glacial maximum (Barrell, 

2011), major rivers and active faults with known evidence for rupture in the past 120 kyr (GNS 

Science, Active Faults Database 2011); (C) mean annual rainfall, modelled from the period 

1971-2000 (Tait et al., 2006); (D) erosion rate, calculated as a mean ground lowering from a 

suspended sediment yield model (Hicks et al., 1996), assuming an average crustal density of 

2.65 t/m3. This image was adapted from (Cox et al., 2012). 
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runoff (from high rainfall and snow/glacial melt) produce flash streams with a coarse and boulder-

strewn bedload that feed large rivers; but to the east, gentle gradients and lower rainfall produce 

braided rivers and lakes with silt and gravel-sized bedloads which drain glaciated catchments 

(Jacobson et al., 2003). The South Island has a temperate climate. On the east of the island, summer 

temperatures are 18-26 °C (can be as high as 30 °C) and winter temperatures are 7-14 °C (NIWA 

Climate Database). On the west of the island, summer temperatures are 17-22 °C (rarely exceed 25 

°C) and winter temperatures are 10-14 °C (NIWA Climate Database). This, along with the high 

altitude of the Southern Alps, results in maritime glaciers, which form the warm and wet maritime 

end member of the glacier response scale (Fitzharris et al., 1999). High rainfall to the west supports 

dense, temperate montane rainforest and sub-alpine shrub ecosystems that grow on <1 m thick soils 

formed from highly fractured schist bedrock (Griffiths and McSaveney, 1983; Tonkin and Basher, 

1990; Clarke and Burbank, 2011). 

 

 

FIGURE 2.7: Block diagram showing the effects of Australian-Pacific plate transpression. 

Summarises the dominant climatic pattern, erosion, geology, structure and tectonics of the 

Southern Alps. Figure  from Cox and Sutherland (2007). 
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2.5.2    Glaciation 

Around 5% of South Island is currently covered with ice and there are more than 3000 glaciers 

ranging from small (104 m2) snowfields to the largest (108 m2) Tasman Glacier (Chinn, 2001). The 

net gains/losses of snow and ice are influenced by New Zealand’s humid maritime climate and the 

strength of westerly atmospheric circulation (Fitzharris et al., 1992; Chinn, 1995; Shulmeister et al., 

2004). Glacier response time is the amount of time taken for a glacier to adjust its geometry to a new 

steady state after a change in the glacier mass balance (Bahr et al., 1998). This change in glacier 

morphology varies across the Southern Alps. Highly active glaciers on steep slopes to the west 

respond rapidly (5-8 years) to climatic events, whereas larger, gentler sloping glaciers to the east 

have slower (up to 100 years) response times (Gellatly et al., 1988; Chinn, 2001). For steep glaciers 

in the west (such as the Franz Josef and Fox Glaciers), high mass turnover coupled with the maritime 

climate of the South Island, results in increased velocities (up to ~5 m d-1) (Herman et al., 2011). 

Whereas, low-angled and debris covered glaciers in the east (such as the Tasman Glacier) are lower 

velocity (Herman et al., 2011).    

 

2.5.3    Erosion 

Sediment production rates across the Southern Alps are among the highest in the world (Hales and 

Roering, 2005). Rapid uplift and heavy rainfall in the west has increased mechanical erosion rates 

by a factor of ~13, compared to the eastern side of the Southern Alps which has lower rates of uplift 

and less rainfall (125 x 108 vs. 9.4 x 108 g·km2·yr-1; Jacobson and Blum, 2003). 

The presence of glaciers in the Southern Alps can lead to glacial grinding, which also increases 

physical erosion, and can lead to higher concentrations of solutes in glacial rivers relative to those 

draining non-glaciated terranes (Anderson et al., 1997). 

In addition, mechanical erosion is enhanced near fault-weakened areas; close to the Alpine Fault, 

cataclasites and fractured mylonites crop out (Reed, 1964).  Cataclasites are fault products formed 

by grain size reduction in the brittle portion of the crust (Scholz, 1988; Snoke et al., 1998). 

Cataclasites and other brittle fault products have a high surface area available for chemical 

weathering, although these minerals are largely altered already. Potentially active faults have also 

been mapped in the Southern Alps, evidence of which is erased by rapid erosion, and they could be 

a potential source of seismic activity and further erosion (Cox et al., 2012). 
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2.5.4    Landslides 

Gravitational mass wasting is widespread and frequent in the Southern Alps, particularly in areas 

where the bedrock has been weakened by faulting (Whitehouse and Griffiths, 1983; Cox and Findlay, 

1995; McSaveney, 2002; Korup, 2004). In the central Southern Alps, almost 2% (414 km2) of the 

total land area is affected by landsliding (Allen et al., 2011). In general, processes such as rock-mass 

dilation, ice wedging, glacier retreat, snow level recession, and the reduction in ice-binding of rock 

material combine to lower the resistance of rock masses to gravitational failure (Wegmann et al., 

1998; Davies et al., 2001; Gruber and Haeberli, 2007). For the Southern Alps, extremely heavy 

rainfall to the west and earthquakes are also an important control on landsliding (Korup, 2004). 

Landslide mapping across the central region of South Island has shown that the majority of landslides 

have occurred from steep slopes along the Main Divide (Allen et al., 2011). The regional denudation 

rate for the western side of the Southern Alps attributed to landsliding has been calculated to account 

FIGURE 2.8: Collection of denudation rates and sediment discharges from catchments draining the Southern 

Alps, to the west of the Main Divide, calculated from a 60 year landslide record. Denudation rates (E) are 

shown by circles and sediment discharges (D) are shown by black arrows, the size of which are proportional 

to each estimate. Catchments: (a) Moeraki: E = 1.8 mm/yr, D = 1.2 x 105 m3/yr; (b) Paringa: E = 5.5 mm/yr, 

D = 1.3 x 106 m3/yr; (c) Mahitahi: E = 6.3 mm/yr, D = 9.8 x 105 m3/yr; (d) Makawhio: E = 9.9 mm/yr, D = 

1.1 x 106 m3/yr; (e) Karangarua: E = 3.7 mm/yr, D = 1.3 x 106 m3/yr; (f) Cook: E = 5.8 mm/yr, D = 7.9 x 105 

m3/yr; (g) Fox: E = 7.5 mm/yr, D = 7.1 x 105 m3/yr; (h) Waiho: E = 12.2 mm/yr, D = 2.0 x 106 m3/yr; (i) 

Waitangitaona: E = 18.1 mm/yr, D = 1.1 x 106 m3/yr; (j) Whataroa: E = 11.4 mm/yr, D = 5.1 x 106 m3/yr; (k) 

Poerua: E = 18.1 mm/yr, D = 1.2 x 106 m3/yr; (l) Wanganui: E = 6.1 mm/yr, D = 2.1 x 106 m3/yr; (m) Waitaha: 

E = 11.6 mm/yr, D = 1.7 x 106 m3/yr. Adapted image and data from Hovius et al. (1997). 
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for 9 ± 4 mm/yr downwasting (Figure 2.8), which indicates that the majority of sediment discharge 

in the west may be sourced from landslide-derived material (Hovius et al., 1997).  

 

2.6 Why Study the Southern Alps? 

The Southern Alps on South Island, New Zealand, are the focus of this study because they present a 

relatively pristine environment to systematically examine the climatic and tectonic controls on 

chemical weathering in a dominantly metasilicate terrain. The reasons why the Southern Alps have 

been chosen as the study area for this project include: 

 The Southern Alps are subject to little air and water pollution due to few industrial sources and 

a low population. 

 

 The Southern Alps are almost entirely composed of metasilicates, which include mostly 

metasediments and some metabasalts, with minor disseminated calcite.  

 

 The South Island has been subject to rapid uplift and exhumation of high grade metamorphic 

rocks adjacent to the Alpine Fault, with a transition from high grade metamorphic rocks in the 

west to lower grade rocks in the east. 

 

 Warm springs are present in the Southern Alps, which allow the investigation of water-rock 

reactions at depth. There is no magmatic activity occurring in this orogen, which leaves only two 

possible fluid end members for these fluids (metamorphic and meteoric fluids). 

 

 The structure of this orogen has led to differing patterns of climate and erosion to the east and 

west of the Main Divide: 

 

- The asymmetry of this orogen has resulted in heavy rainfall to the west and created a rain 

shadow to the east. 

- The high elevation of this mountain belt has led to the formation of glaciers along the Main 

Divide. 

- Uplift rates vary along the length of the Alpine Fault, but uplift is generally higher to the 

west of the Main Divide than the east. 

- Landslides are more frequent in the west where rapid uplift rates have led to increased 

bedrock weakening by faulting. 

- The above factors have led to a high erosion rate west of the Main Divide and a lower erosion 

rate to the east.  
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Chapter 3  

Sampling and Analytical Methodology 

3.1 Sample Collection and Preparation 

This study involves the analysis of river waters, groundwaters, spring waters, bedrock, mica mineral 

separates, river sands and suspended particles from the rivers and springs. The bedrock samples were 

collected by Ian Pitcairn from the Otago and Alpine Schists on the South Island of New Zealand 

between January and April 2001 (Pitcairn, 2004). Each sample collected was large enough (1-2 kg) 

to ensure that all weathered faces could be removed completely (Pitcairn, 2004).  

The river waters, groundwaters (collected from the Tartare Tunnels), spring waters and river sands 

were collected by Catriona Menzies, Damon Teagle, Simon Cox and Rachael James, between 2009 

and 2011 (Menzies, 2012). The groundwaters were collected from the drips/streams of fluid issuing 

from the roof of the Tartare Tunnels (Menzies, 2012). Temperature, conductivity and pH were 

measured in the field. The fluid samples were filtered at  0.2 μm, and collected in 1 L acid-cleaned 

HDPE bottles for cation analysis and in Milli-Q (18.2 MΩ H2O) washed 60 ml bottles for anion 

analysis (Menzies, 2012). Alkalinity was determined by titration with 0.1 M TD (thermally-distilled) 

HNO3 for the spring samples and 0.01 M TD HNO3 for the river water samples within 24 hours of 

sample collection. Detailed methods regarding the fluid samples are outlined in Menzies (2012).  

 

3.2 Preparation of Bedrock and Particulate Material  

Large bedrock samples were first cut using a water-lubricated diamond saw and then the surfaces 

were ground to remove any unwanted material from the saw. The samples were then crushed using 

a hardened pure-iron fly-press. A range of different micas then were selected (biotite, chlorite and 
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muscovite) for picking from different bedrock samples. Approximately 30 mg of mica was picked to 

a high degree of purity for each sample and then crushed using a mortar and pestle. 

River sand samples were sieved to separate different size fractions: 2 mm (granules), 1 mm (very 

coarse sand), 0.5 mm (coarse sand), 0.25 mm (medium sand), 0.125 mm (fine sand), 0.0625 mm 

(very fine sand) and <0.0625 mm (coarse silt). The weight of the different size fractions was totalled 

and the loss of sample throughout this procedure was calculated. The river sediment clay fraction 

was separated from the coarse silt fraction by suspension in Milli-Q water.  

To ensure sample homogeneity, samples were crushed to a fine powder (<75 μm). This degree of 

fineness in essential for ensuring maximum grain-acid contact during acid digestion (Potts, 1987). 

Semi-crushed bedrock and river sand samples were crushed to a fine powder (<75 μm) in a hardened 

pure-iron Tema pot.  

The river water and spring water samples were filtered at time of sampling (Menzies, 2012). The 

particulate material that remained on the filters is the suspended load and this was removed. The 

filters were completely submerged in Milli-Q and ultrasonicated for 2 hours or until the material had 

re-suspended. The filters were removed and rinsed with Milli-Q to remove as much of the suspended 

load as possible. The mixture was then dried on a hotplate (130 ºC) and the mass of the particles was 

determined. The uncertainty in the mass of the dried particles is ±0.0005 g (due to very small sample 

sizes and problems with static), which means that the uncertainty in the elemental concentration of 

the samples may be up to ±10%.   

The bedrock, mica mineral separates, river sand size fractions and suspended load samples were 

dissolved via a HF-HNO3-HCl digestion. Approximately 75 mg of each bedrock, bulk river sand 

fraction and fine river sand fraction was accurately weighed and placed into a weighed acid-cleaned 

Teflon pot. Insufficient material was collected for the mica mineral separates and the clay river sand 

fraction, and so the whole sample was digested (after being accurately weighed). The suspended load 

samples were kept in the same Teflon pots for digestion as the sample sizes were very small, and 

removal of the particulate material from inside of the Teflon vials would have been difficult, and 

would have resulted in loss of sample. To each sample, 1 drop of 15 M TD HNO3 per 10 mg of 

powdered rock was added to make a slurry, and then 0.75 ml of Aristar HF was added. The samples 

were left to reflux on a hot plate at 130 °C for at least 12 hours and then the samples were dried. 

Once dry, the samples were carefully removed from the hotplate and sufficient 6 M TD HCl was 

added to dissolve the samples (>2 ml). The samples were left to reflux on a hot plate at 130 °C for at 

least 12 hours and then the samples were dried. If undissolved sample remained, the sample was 

dried down and 6 M TD HCl was added again and left to reflux. If undissolved material still 

remained, the samples were dried down and repeated attacks of 15 M TD HNO3 and 12 M TD HCl 

were carried out. Once fully dissolved in 6 M TD HCl, the lids were removed and the samples were 

placed on a hotplate to dry, and then sufficient 6 M TD HCl was added and left to dissolve for at 
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least 2 hours. The samples were transferred to acid-cleaned bottles and the Teflon pots were 

thoroughly rinsed with 6 M TD HCl and Milli-Q to make the solution up to an approximate volume 

(~30 ml).  

Dilution factors of the mother solutions were calculated (usually on the order of ~400). At least one 

laboratory blank accompanied each batch of samples, which underwent the same digestion procedure 

as the rock samples, but without the addition of any rock powder. At least one rock standard was also 

digested along with every batch of samples; usually JB-2 and/or BCR-2 as these rock reference 

materials are well characterised in the literature. 

 

3.3 Elemental Analysis of Bedrock and Particulate Material 

3.3.1      XRF (X-Ray Fluorescence) Analysis 

X-ray fluorescence uses a primary X-ray beam to excite fluorescent radiation from the material being 

analysed. This can be used as a non-destructive chemical analytical technique. XRF was one of the 

techniques used to analyse the chemical composition of the Southern Alps bedrock samples (Pitcairn, 

2004). A suite of samples were analysed at the University of Leicester for major and trace elements 

using XRF. Chemical analysis was performed on fused glass beads for major elements and pressed 

powder pellets for some trace elements on a PW1400 X-ray spectrometer using a Rh-tube and the 

Compton scattering method (Harvey, 1989; Pitcairn, 2004). Precision was estimated for each element 

from multiple analyses of USGS reference materials, which is quoted in Pitcairn (2004). 

 

3.3.2      ICP-MS (Inductively-Coupled Plasma-Source Mass Spectrometry) 

The Thermo X-Series II ICP-MS was used to analyse major and trace elements in the river sand 

fractions, mica mineral separates and suspended sediments. To achieve this, two dilutions were made 

from the mother solutions; a 4000 fold dilution for trace elements and an 80000 fold dilution for 

major elements. With every analysis, 9 rock standards and a control blank were analysed to check 

the accuracy of the analyses. Dilutions of standards and samples were made using 3% TD HNO3. A 

beryllium and indium internal standard was also used to assess the internal precision of the machine. 

Before each analysis, the instrument was tuned using a 1 ppb multi-element standard (Co, Y, In, La, 

Re, Bi and U). The tuning parameters can be used to obtain optimum sensitivity and stability (ideally 

better than <2%). Elements that form common oxides were analysed in CCT mode, which uses a 

mixture of hydrogen and helium, which lowers the sensitivity, but removes interferences from 

oxides. The samples were run in a random order with 6 calibration standards and an acid blank at the 
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start and end of each run, and at the very end of the run, several blanks were analysed to constrain 

detection limits. 

For the whole rocks, the international standard JA-2 was used to text for accuracy, and this standard, 

as well as internal standards BAS206 and BRR-1, were used to assess precision. Precision and 

accuracy of measurements are shown in Tables 3.1 and 3.2. Internal precision was monitored by 

measuring each sample four times and calculating the percentage relative standard deviation (%RSD) 

which is expressed as the standard deviation of the mean as a percentage of the mean. Data with RSD 

of >10% were rejected. 

Trace element analysis using the Thermo X-Series II ICP-MS was also carried out on the bedrock 

samples (Pitcairn, 2004). Precision and accuracy for these analyses can be found in Pitcairn (2004). 
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TABLE 3.1: Precision of elemental analyses by ICP-MS calculated from 3 

separate analyses of rock standards. 

Element BRR-1 BAS206 JA-2 Average

%RSD %RSD %RSD %RSD

Na 3.6 1.8 3.4 2.9

Mg 3.1 1.8 3.1 2.7

Al 3.1 1.5 3.2 2.6

K 14 3.6 3.0 6.9

Ca 2.8 1.7 3.2 2.6

Mn 1.0 1.5 2.1 1.6

Fe 2.0 0.9 2.1 1.7

Li 1.2 1.3 1.2 1.2

P 9.7 4.5 4.8 6.3

Sc 0.5 0.6 0.9 0.7

Ti 0.5 0.7 0.8 0.7

V 0.8 0.8 0.7 0.8

Cr 1.5 1.7 0.8 1.4

Co 1.0 1.0 0.6 0.9

Ni 0.8 1.0 0.6 0.8

Cu 0.8 0.8 1.4 1.0

Zn 0.8 0.8 1.1 0.9

Rb 2.9 1.2 0.8 1.7

Sr 0.7 0.8 0.7 0.7

Y 0.8 0.5 0.9 0.7

Zr 0.6 0.5 0.5 0.5

Nb 1.3 0.7 0.7 0.9

Mo 5.7 2.1 3.1 3.6

Sn 2.4 2.3 1.2 2.0

Cs 8.1 3.0 0.8 4.0

Ba 0.9 1.0 0.8 0.9

La 0.9 0.8 0.8 0.8

Ce 0.6 0.6 0.7 0.7

Pr 1.0 0.7 0.8 0.8

Nd 1.0 1.2 1.1 1.1

Sm 1.8 1.8 1.8 1.8

Eu 1.4 1.3 2.3 1.7

Gd 2.0 1.3 1.9 1.7

Tb 2.3 1.6 1.0 1.6

Dy 2.3 1.8 1.6 1.9

Ho 2.0 1.6 1.0 1.5

Er 1.2 2.1 1.3 1.5

Tm 1.3 0.8 1.2 1.1

Yb 0.7 1.0 1.7 1.1

Lu 1.1 1.3 1.0 1.1

Hf 1.1 1.0 1.2 1.1

Ta 2.9 1.0 1.2 1.7

Pb 2.4 1.4 0.9 1.5

Th 2.7 2.4 1.1 2.1

U 4.1 2.2 1.3 2.5

Precision
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TABLE 3.2: Accuracy of element concentration analysis by ICP-MS. Certified values for 

JA-2 are sourced from the GeoReM online database (Jochum et al., 2005). 

Average Accuracy

Cert. Value Run 1 Run 2 Run 3 Average %

Na μg/g 23100 23100 23400 23000 23200 0.4

Mg μg/g 45800 43000 43600 44200 43600 5.0

Al μg/g 81600 82000 82700 82400 82400 0.9

K μg/g 15000 16200 16800 16500 16500 9.0

Ca μg/g 45000 44300 45000 44800 44700 0.7

Mn μg/g 852 ― 797 830 814 4.7

Fe μg/g 43700 42400 50900 45600 46300 5.6

Li μg/g 29.1 28.4 28.8 29.0 28.8 1.2

P μg/g 637 666 696 700 687 7.3

Sc μg/g 18.4 17.8 18.1 18.6 18.2 1.4

Ti μg/g 4170 3900 3980 4040 3970 5.0

V μg/g 122 116 123 113 117 4.1

Cr μg/g 465 396 393 395 395 18

Co μg/g 27.0 27.1 27.4 28.2 27.5 1.9

Ni μg/g 134 122 125 126 124 8.1

Cu μg/g 27.9 29.5 30.0 30.7 30.0 7.1

Zn μg/g 65.0 62.0 64.2 63.8 63.4 2.6

Rb μg/g 71.0 75.7 76.7 77.3 76.6 7.3

Sr μg/g 250 243 246 247 245 2.0

Y μg/g 18.1 17.2 17.4 17.5 17.4 4.2

Zr μg/g 112 117 119 119 118 5.1

Nb μg/g 9.00 8.80 8.94 9.00 8.9 1.0

Mo μg/g 0.60 0.51 0.52 0.50 0.5 18

Sn μg/g 1.68 1.50 1.49 1.50 1.5 12

Cs μg/g 4.90 5.15 5.14 5.21 5.2 5.2

Ba μg/g 315 318 319 317 318 1.0

La μg/g 16.1 15.9 15.9 16.0 15.9 1.0

Ce μg/g 33.7 33.5 33.5 33.2 33.4 0.9

Pr μg/g 3.70 3.82 3.81 3.76 3.80 2.6

Nd μg/g 14.2 14.6 14.5 14.4 14.5 2.0

Sm μg/g 3.10 3.09 3.08 3.06 3.08 0.7

Eu μg/g 0.91 0.91 0.89 0.92 0.90 0.6

Gd μg/g 3.00 3.09 3.07 3.08 3.08 2.6

Tb μg/g 0.48 0.48 0.48 0.49 0.48 0.7

Dy μg/g 2.90 2.94 2.95 3.00 2.96 2.1

Ho μg/g 0.61 0.60 0.61 0.62 0.61 0.1

Er μg/g 1.70 1.72 1.71 1.77 1.73 2.0

Tm μg/g 0.26 0.26 0.25 0.26 0.26 1.0

Yb μg/g 1.68 1.67 1.70 1.74 1.70 1.4

Lu μg/g 0.25 0.26 0.26 0.26 0.26 3.1

Hf μg/g 2.93 2.95 2.92 2.95 2.94 0.3

Ta μg/g 0.70 0.74 0.71 0.74 0.73 3.9

Pb μg/g 19.3 21.9 21.7 21.8 21.8 11

Th μg/g 5.00 4.90 4.86 4.83 4.86 2.8

U μg/g 2.20 2.26 2.26 2.23 2.25 2.2

JA-2

Element
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3.4 XRD (X-Ray Diffraction) Analysis 

3.4.1      Separation of Clay from River Sand 

1. The sieved coarse silt fraction was placed into clean glass beakers. Milli-Q (containing 1 g to 5 

L MgCl2) was added to each sample and placed in an ultrasonic bath for 20 minutes. 

2. ~10 ml of Calgone (10% sodium hexa-meta-phosphate) was added. The samples were then 

stirred and left to settle for ~3 hours. 

3. The <2 μm fraction was poured off into centrifuge tubes and topped up with Milli-Q. 

4. ~10 ml MgCl2 (10%) was added. MgCl2 causes the sample to flocculate and Mg bonds to the 

cation sites. 

5. The samples were centrifuged for ~20 minutes, and the clear liquid was poured off. 

6. Milli-Q (containing a small amount of MgCl2) was added to the samples and centrifuged for 

~20 minutes, and then poured off.  

7. The clay residue was then smeared evenly over a glass slide. 

 

3.4.2      Clay Identification via XRD 

Clay identification was carried out using X-ray diffraction (XRD). For clay mineral analysis using 

XRD, it is important to obtain maximum intensity, even if some resolution has to be sacrificed 

(Moore and Reynolds, 1997). Clay minerals have broad peaks that cannot be improved by highly 

refining the optics, as finer slits would diminish the intensity making it harder to identify clay mineral 

peaks (Moore and Reynolds, 1997). 

The identification of clay minerals is a qualitative procedure, and begins by searching for a mineral 

that best explains the strongest peak(s). This choice is then confirmed by locating the positions of 

weaker peaks for the same mineral. These identified peaks are then eliminated from consideration 

and the process is repeated to locate the next mineral; this process continues until all peaks have been 

identified. Quartz can be useful in this process as its structure tolerates no significant atomic 

substitutions, and so its peak positions do not change (Moore and Reynolds, 1997). Thus, the quartz 

spectra can be used as a built-in internal standard, against which accuracy and precision of peak 

positions for the other phases present can be estimated (Moore and Reynolds, 1997). Peak position 

is determined from Bragg’s Law (Bragg, 1933): 

nλ  =  2dsinθ                                                        (Eq. 3.1) 

Quantitative analysis of XRD patterns can be carried out by calculating the relative proportions of 

each clay mineral in a sample using Biscaye’s method (Biscaye, 1965). However, this method is not 

particularly robust; major constituents can have an error of ~10% and minor constituents can have 

an error of ~20%. To achieve an accurate analysis, it is important that sample thickness is uniform, 
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which may be difficult to achieve. If a sample is too thin, the intensities produced would be too weak 

to be useful for identification and quantification (Moore and Reynolds, 1997). It is preferable to make 

the sample as thick as possible. However, if a sample is not flat, it can result in sample misalignment.  

The XRD analysis carried out for clay identification used 4 different methods to produce 4 patterns 

of XRD spectra: 

E:   Addition of ethylene glycol and placed in a humidifier at 55 °C overnight. This replaces water 

in swelling clays. 

A:   Air-dried at ambient temperature overnight. 

3:    Placed in an oven overnight at 375 °C. This method is used for completeness. 

5:    Placed in an oven overnight at 550 °C. This is used to check for the presence of chlorite. 

 

3.5 Lithium Isotope Analysis 

All Li isotope work was carried out in an over-pressurized clean laboratory (Class 100) at the NOC, 

Southampton. PTFE (Savillex) columns and vials were cleaned in 50% TD HNO3 at 110 °C 

overnight, and the vials then refluxed with 12 M HCl at 110 °C overnight. Acids were thermally 

distilled (TD) in Teflon stills, and regularly checked for purity. Dilute acids were prepared from the 

TD acids by dilution with 18.2 MΩ Milli-Q, and standardised by titration against NaOH. 

 

3.5.1      Separation of Li from the Sample Matrix 

In order to make accurate and precise measurements of the lithium isotopic composition of natural 

samples, Li must first be separated from the rest of the sample matrix. This was done by cation 

exchange chromatography. Acid-cleaned PTFE columns (6 mm in diameter, 30 ml reservoir, PTFE 

frit) were loaded with pre-cleaned AG50W-X12 (Bio-RadTM) cation exchange resin (James and 

Palmer, 2000), to a height of 8.5 cm in 0.2 M TD HCl. The column procedure is as follows:  

1. The columns were cleaned with 15 ml 6 M TD HCl and rinsed with 8 ml Milli-Q. 

2. The columns were equilibrated with 8 ml 0.2 M TD HCl and resin height was measured to check 

it was 8.5 cm. 

3. Samples containing 20 ng Li were dissolved in 200 μl of 0.2 M TD HCl and carefully loaded 

onto the columns. 

4. The samples were washed in with 2 x 500 μl aliquots of 0.2 M TD HCl. 

5. 22 ml of 0.2 M TD HCl was discarded (for rock samples 18 ml of 0.2 M TD HCl was discarded). 
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6. The Li fraction was collected in 18 ml of 0.2 M TD HCl in Savillex vials (for rock samples 26 

ml of 0.2 M TD HCl was collected). 

7. The Li fraction was dried down on a hotplate at ~130 °C. 

8. The columns were cleaned with 30 ml 6 M TD HCl and rinsed with 30 ml Milli-Q. 

9. The columns were stored in 0.05 M TD HCl. 

The total procedural Li blank associated with the column chemistry is 10 ± 3 pg, which is <0.1% of 

the amount of Li loaded onto the columns, and thus has a negligible effect on δ7Li. 

 

3.5.2      Li Column Calibration 

To get a representative column calibration, a spring water sample, a river water sample and an acid-

digested bedrock sample were used for this procedure. Each sample contained 20 ng of Li, to which 

2 μg of Li (2 μl of a synthetic 1000 ppm Li ICP-MS standard solution) was added, and then dried 

down. 

1. The columns were preconditioned by gently adding 4 ml of Milli-Q and re-suspending the resin, 

equilibrated by adding 8 ml of 0.2 M TD HCl, and then the resin height was checked to be 8.5 

cm.  

2. The samples were re-dissolved in 100 μl of 0.2 M TD HCl and loaded onto the column. 

3. The samples were washed in with 2 x 500 μl 0.2 M TD HCl. 

4. 15 ml of 0.2 M TD HCl was added to the columns and then discarded. 

5. The next 16 ml of 0.2 M TD HCl was collected in 2 ml fractions in separate vials. 

6. The remaining cations were eluted with 30 ml of 6 M TD HCl and then rinsed with 30 ml Milli-

Q. 

7. Each 2 ml column fraction was made up to 5 ml with 0.2 M TD HCl for ICP-OES analysis. 

8. Synthetic multi-element standards were prepared, which contained Li (Aristar, 1000 ppm), Mg 

(VWR Prolabo, 10000 ppm) and Na (Inorganic Ventures, 10000 ppm) ICP-MS standards. A 

range of concentrations were used to bracket the upper and lower end of the suspected 

concentration.  

9. ICP-OES analysis of Li, Mg and Na was conducted. A wash solution of 0.2 M TD HCl was 

used. 

The columns achieved good separation of Li from Na and Mg. The yield of Li from the columns  

is 99.1 ± 1%. 
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FIGURE 3.1: Li column calibration using a river water, spring water and 

bedrock sample. Volume of acid eluted is plotted against element 

concentration in ppb.  
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3.5.3      MC-ICP-MS Analysis of δ7Li 

The lithium isotopic ratio measurements were determined by multi-collector inductively-coupled 

plasma-source mass spectrometry (MC-ICP-MS; Thermo Scientific Neptune), at the National 

Oceanography Centre, Southampton. The Li fractions purified by cation exchange chromatography 

were re-dissolved in 4 ml of 3% TD HNO3 to produce a solution with a concentration of 5 ppb Li. 

Aliquots of 600 μl were taken from each sample for analysis. The samples were analysed using a 

sample-standard bracketing technique (Albarède and Beard, 2004), whereby the mass bias is 

determined from analysis of the 7Li/6Li ratio measured on the LSVEC tuning solution, which is 

analysed before and after each sample. The 7Li and 6Li intensity of the 3% TD HNO3 blank solution 

was determined prior to analysis of each sample and standard, and then subtracted. If the 7Li intensity 

of the blank solution became higher than 100 mV, then the analytical run was stopped and the cones 

were cleaned. This typically reduced the blank 7Li intensity to 30-40 mV. This set-up was used for 

the river samples (low lithium concentration), using a CETAC Aridus IITM desolvating nebuliser 

system. Spring water and bedrock samples have much higher concentrations of lithium, and so could 

be analysed using a ThermoFinnigan stable introduction system (SIS). This system provided more 

stability to the signal than the Aridus, but 150 ng of Li (instead of 20 ng of Li) was required to be 

passed through the columns, so this method could only be used for samples with high concentrations 

of Li. The river sands, suspended load and mica mineral separates were analysed at Bristol University 

on a Thermo Scientific Neptune and CETAC Aridus ITM. 

Typical parameters for Li isotopic analyses are shown in Table 3.3. With the Aridus set-up, the Ar 

sweep gas was usually the most influential tuning parameter, but with the SIS set-up it was the sample 

gas. δ7Li analyses carried out at Bristol University used the Aridus set-up, and the parameters used 

were very similar to those used at the University of Southampton, although a lower sweep gas (3-4 

L/min) was used.  

TABLE 3.3: Settings applied during Li isotope analysis on the Neptune, at the National 

Oceanography Centre, Southampton. 

Parameter/Hardware Aridus Set-up SIS Set-up

Average Blank <50 <500 mV

Sample and Standard Li Concentration 5 150 ppb

Nebuliser Aspiration Rate 75 75 μl/min

Ar sweep gas 6-8 0 L/min

No. of measurements 20 20

Integration time 8.389 8.389 seconds

Idle time 3 3 seconds

Extraction voltage -2000 -2000 V

Wash solution 3% HNO3 3% HNO3

Wash time after sample 7 7 minutes

Wash time after blank 1 1 minutes

Cones X H Nickel
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The combined uncertainty on the 7Li/6Li ratio of the two bracketing standards (uLSVEC1 and uLSVEC2) 

is: 

uLSVEC = 
√(uLSVEC1)2 + (uLSVEC2)2

2
                                                (Eq. 3.2) 

The combined uncertainty on the δ7Li value of the sample is: 

ucombined = 
Li/ LiSAMPLE

67

Li/ LiLSVEC
67  x √(

uSAMPLE

Li/ LiSAMPLE
67 )

2

+ (
uLSVEC

Li/ LiLSVEC
67 )

2

                        (Eq. 3.3) 

Where ucombined is the internal reproducibility of the δ7Li value. The typical internal reproducibility 

was 0.1-0.2‰. To verify that no Li isotopic fractionation occurred during column chemistry and to 

access the external reproducibility of the δ7Li values of samples subject to column chemistry, LSVEC 

(a pure Li standard), IAPSO (a seawater standard), JB-2 and BCR-2 (basaltic rock standards), and 

JSl-1 and JSl-2 (metasedimentary rock standards) were also passed through the cation exchange 

columns and analysed within each instrument run. These δ7Li values were within range of previously 

published data for these standards (Table 3.4 and Figure 3.2).  

 

 

 

 

 

 

 

 

 

 

 

 

TABLE 3.4: The average δ7Li values of the standards 

analysed within the instrumental analyses, and external 

reproducibility (2σ). 

Standard δ
7
Li (‰) 2σ n

IAPSO 31.3 0.61 23

LSVEC 0.07 0.27 21

JB-2 5.36 0.64 7

BCR-2 3.37 0.43 4

JSl-1 -1.42 0.28 7

JSl-2 -1.11 0.32 7
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3.6 Magnesium Isotope Analysis 

All Mg isotope work was completed in an over-pressurized clean laboratory (Class 100) at the NOC, 

Southampton. PTFE (Savillex) columns and vials were cleaned in 50% TD HNO3 at 100 ºC 

overnight, and the vials then refluxed with 12 M TD HCl at 110 ºC overnight. Dilute acids were 

prepared from the TD acids by dilution with 18.2 MΩ Milli-Q, and standardised by titration against 

NaOH.  

 

3.6.1      Separation of Mg from the Sample Matrix 

In order to make accurate and precise measurements of the magnesium isotopic composition of 

natural samples, Mg must first be separated from the rest of the sample matrix. This was done by 

cation exchange chromatography. The method used in this study for complete Mg separation was 

adapted from techniques similar to those described previously (e.g. Pogge von Strandmann et al., 

2008; Pogge von Strandmann et al., 2012). Acid-cleaned PTFE columns (6 mm in diameter, 30 ml 

reservoir, PTFE frit) were loaded with pre-cleaned AG50W-X12 (Bio-RadTM) cation exchange resin, 

to a height of 8.5 cm in 0.8 M TD HNO3. Due to problems with separation of the K and Mg peaks 

during elution from the column, a long wash-out of a weak acid (0.8 M TD HNO3) was eluted and 

then discarded prior to collection of the Mg fraction. This was based upon Kd (distribution 

coefficients) values obtained for cations passed through AG50W-X8 (Bio-RadTM) cation exchange 

resin in different strengths of nitric acid (Strelow et al., 1965). With a weaker acid, the difference in 

Kd values between Mg and K is greatest, therefore a weaker acid was more efficient at achieving a 

better separation of Mg and K. The column procedure is as follows: 

1. The columns were cleaned with 4 ml 6 M TD HCl and rinsed with 4 ml Milli-Q. 

2. The columns were equilibrated with 4 ml 0.8 M TD HNO3 and resin height was measured to 

check it was 8.5 cm. 

3. Samples containing 2000 ng Mg were dissolved in 200 µl of 0.8 M TD HNO3 and carefully 

loaded onto the columns.  

4. The samples were washed in with 2 x 500 µl aliquots of 0.8 M TD HNO3. 

5. 50 ml of 0.8 M TD HNO3 was discarded. 

6. The Mg fraction was collected in 20 ml of 2 M TD HNO3 in Savillex vials. 

7. The Mg fraction was dried down on a hotplate at ~130 ºC. 

8. The columns were cleaned with 30 ml 6 M HCl and rinsed with 30 ml Milli-Q. 

9. The columns were stored in 0.05 M TD HCl. 
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3.6.2      Mg Column Calibration 

To ensure complete recovery of Mg and to minimise contamination of elements that cause isobaric 

interferences with Mg, several Mg column calibrations were carried out, until the Mg yield was near 

100% and all other elements were <1% of the Mg concentration. Each column calibration used either 

BCR-2 (basaltic rock standard) or IAPSO (seawater) containing 1500 ng Mg. 

The first column calibration was based upon methods used previously (e.g. Pogge von Strandmann 

et al., 2008; Pogge von Strandmann et al., 2012). In this method, 9 ml of 2 M TD HNO3 was eluted 

and discarded, and then 11 ml 2 M TD HNO3 was collected for the Mg fraction. The 20 ml of 2 M 

FIGURE 3.3: Mg column calibration using a BCR-2 standard and 

an IAPSO standard, with volume of acid eluted against element 

concentration.  
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TD HNO3 eluted for this method was collected in 2 ml fractions (Figure 3.3). This method resulted 

in a crossover of the K and Mg peaks, which led to a significant amount of K contamination in the 

Mg fractions.  

The second column calibration involved the elution of a much weaker acid to observe which elements 

were eluted. With a weaker acid, the difference in Kd values between Mg and K is greater, therefore 

a weaker acid would be more efficient at achieving a better separtion of Mg and K (Strelow et al., 

1965). In this calibration, 40 ml 0.2 M TD HNO3 was eluted and collected in 4 ml fractions. No 

element peaks were observed with this elution. This acid strength was too weak to successfully 

remove elements with isobaric interferences from the column prior to Mg collection.  

The third column calibration involved the elution of a slightly stronger acid. 60 ml 0.4 M TD HNO3 

was eluted and collected in 4 ml fractions (Figure 3.4). A complete Na peak was collected, the K 

peak was completely collected but it is wide, and the Ti peak was not fully collected with this strength 

acid. 

The fourth column calibration involved the elution of a stronger acid: 60 ml 0.8 M TD HNO3 was 

eluted and collected in 4 ml fractions (Figure 3.5). A complete Na peak was collected, as were the 

Ti and K peaks, which have a much narrower collection at this acid strength. In addition, no Mg was 

eluted at this strength acid.  

FIGURE 3.4: Mg column calibration using a BCR-2 standard, with 

volume of acid eluted against element concentration.  



Chapter 3 

63 

The final column calibration consisted of a 50 ml 0.8 M TD HNO3 ‘discard’ (collected in 4 ml 

fractions) and a 20 ml 2 M TD HNO3 ‘Mg collection’ (collected in 3 ml fractions). This method 

ensured a better separation of all other elements from the Mg collection, while ensuring complete 

recovery of Mg (Figure 3.6). To ensure a complete separation from all other elements (all elements 

<1% of the Mg concentration), a double column pass was carried out for each sample and standard. 

 

 

 

 

 

 

 

 

 

 

FIGURE 3.5: Mg column calibration using a BCR-2 standard, with 

volume of acid eluted against element concentration.  

FIGURE 3.6: Mg column calibration using a BCR-2 standard, with volume of 

acid eluted against element concentration.  
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The columns achieved a Mg yield of 99 ± 5% and matrix elemental contributions did not exceed 1% 

(Table 3.5). The total Mg procedural blank associated with the column chemistry is <10 ng Mg, 

which represents <0.5% of the total Mg loaded onto the columns, and thus has a negligible effect 

upon the δ26Mg value of samples.  

 

 

3.6.3      MC-ICP-MS Analysis of δ26Mg 

The magnesium isotopic ratio measurements were determined by multi-collector inductively-

coupled plasma-source mass spectrometry (MC-ICP-MS; Thermo Scientific Neptune), at the 

National Oceanography Centre, Southampton. The Mg fractions, purified by cation exchange 

chromatography, were re-dissolved in 3 ml of 3% TD HNO3, to produce a solution with a 

concentration of 600 ppb Mg. Evaporation significantly affects the Mg isotopic ratio, as shown in 

Figure 3.7). Therefore, large aliquots of 800 µl were taken from each sample for analysis, and 

TABLE 3.5: Matrix elemental contributions from the columns, 

shown as a percentage of the total Mg loaded onto the columns. 

Matrix Element
% of Total Mg 

Concentration

Na 0.62 ± 0.3

Al 0.03 ± 0.0

K 0.41 ± 0.1

Ca 0.48 ± 0.2

Ti 0.07 ± 0.0

V 0.01 ± 0.0

Cr 0.00 ± 0.0

Mn 0.02 ± 0.0

Fe 0.09 ± 0.1

Rb 0.00 ± 0.0

Sr 0.01 ± 0.0

TABLE 3.6: Settings applied during Mg isotope analysis on the Neptune. 

Parameter/Hardware SIS Set-up

Average Blank <40 mV

Sample and Standard Concentration 600 ppb

Nebuliser Aspiration Rate 75 μLmin

Sample gas ~1 L/min

Integration time 8.389 seconds

Idle time 3 seconds

Extraction voltage -2000 V

Wash solution 3% HNO3

Wash time after sample 4 minutes

Wash time after blank 1 minutes

Cones H Nickel
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samples were not placed into autosampler vials until 5 minutes prior to their analysis to ensure 

minimal evaporation.  

These samples were all tested for Mg concentration prior to analysis to ensure that sample Mg 

concentration was within 10% of the tuning solution Mg concentration, which minimises the 

potential influences of isobaric interferences. The isobaric interferences that can affect the Mg mass 

spectrum include 48Ti2+, 50Ti2+, 48Ca2+, 50Cr2+, 52Cr2+ and CN+. The effects of nitrogen are rendered 

negligible by avoiding N2 gas during analysis (Young and Galy, 2004). The effects of other elements 

are removed by analysing pure Mg solutions (see Section 3.6.2).  

The samples were analysed using a sample-standard bracketing technique (Albarède and Beard, 

2004), whereby the mass bias is determined from analysis of the 26Mg/24Mg ratio measured on the 

DSM-3 tuning solution, which is analysed before and after each sample. The 26Mg and 24Mg intensity 

of the 3% TD HNO3 blank solution was determined prior to analysis of each sample and standard, 

and then subtracted. If the 24Mg intensity of the blank solution became higher than 100 mV, then the 

analytical run was stopped and the cones were cleaned. This typically reduced the blank 24Mg 

intensity to 20-40 mV. All samples were analysed using a ThermoFinnigan stable introduction 

system (SIS). Typical parameters for Mg isotopic analyses are shown in Table 3.6.  

 

FIGURE 3.7: Experiments showing the effect of evaporation upon the 

magnesium isotopic ratio, using DSM-3 tuning solution. ‘Samples’ represent 

tuning solution analysed as samples and ‘standards’ represents the larger bottle 

of tuning solution (~20 ml). A) Samples were pipetted prior to the start of the 

run, and evaporation has resulted in significant excursion in 24Mg from the 

tuning solution standard values. B) All samples and standards were pipetted 

prior to the start of the run. Consistent evaporation results in no significant 

excursion in 24Mg values.  
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The combined uncertainty on the 26Mg/24Mg ratio of the two bracketing standards (uDSM1 and uDSM2) 

is: 

uDSM = 
√(uDSM1)2 + (uDSM2)2

2
                                            (Eq. 3.4) 

The combined uncertainty on the δ26Mg of the sample is: 

ucombined = 
Mg/ MgSAMPLE

24X

Mg/ MgDSM
24X  x √(

uSAMPLE

Mg/ MgSAMPLE
24X )

2

+ (
uDSM

Mg/ MgDSM
24X )

2

           (Eq. 3.5) 

Where X refers to either 25 or 26 and ucombined is the internal reproducibility of the δ25Mg or δ26Mg 

value. The typical internal reproducibility of the δ26Mg measurements was better than 0.06‰, and 

better than 0.05‰ for the δ25Mg measurements. To verify that no Mg isotopic fractionation occurred 

during column chemistry and to access the external reproducibility of the δ25Mg and δ26Mg values 

of samples subject to column chemistry, DSM-3 (a pure Mg standard), IAPSO (a seawater standard), 

JB-2 and BCR-2 (basaltic rock standards) and JDo-1 (a dolomite rock standard) were also passed 

through the cation exchange columns and analysed within each instrument run. These δ25Mg and 

δ26Mg values are within range of previously published data for these standards (Table 3.7 and Figures 

3.8 and 3.9). 

 

 

 

 

 

 

 

 

 

 

 

TABLE 3.7: The average δ25Mg and δ26Mg values of the standards analysed 

within the instrumental analyses, and external reproducibility (2σ). 

Standard δ
25

Mg (‰) 2σ δ
26

Mg (‰) 2σ n

IAPSO -0.40 0.06 -0.80 0.09 7

DSM-3 0.00 0.08 0.00 0.13 4

JB-2 -0.10 0.07 -0.22 0.08 3

BCR-2 -0.10 0.08 -0.20 0.16 2

JDo-1 -1.30 0.00 -2.36 0.01 2
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Chapter 4  

Chemical Composition of Bedrock and its 

Weathering Products in the Southern Alps, New 

Zealand 

4.1 Introduction  

The Southern Alps on South Island, New Zealand, are a relatively pristine environment, which makes 

them an ideal study area to examine the processes that regulate continental weathering. They are 

composed of metamorphosed silicate rocks and are relatively monolithological (Mackinnon, 1983). 

The South Island has been subject to rapid uplift and exhumation of high grade metamorphic rocks 

adjacent to the Alpine Fault, and a gradation from high grade metamorphic rocks in the west to lower 

grade rocks in the east is observed (Norris et al., 1990; Grapes and Watanabe, 1992; Grapes, 1995; 

Cox and Sutherland, 2007). The structure of this orogen has led to differing patterns of climate and 

erosion to the east and west of the Main Divide (the highest point along the mountain chain): 1) the 

asymmetry of the orogen has resulted in high rainfall to the west and lower rainfall to the east 

(Griffiths and McSaveney, 1983; Henderson and Thompson, 1999), 2) the high elevation of this 

mountain belt has led to the formation of glaciers along the Main Divide (Chinn, 2001), 3) uplift 

rates are much higher in the west than in the east (Bull and Cooper, 1986; Norris and Cooper, 2000), 

and 4) landslides are more frequent in the west where rapid uplift has led to increased bedrock 

weakening by faulting (Whitehouse and Griffiths, 1983; Cox and Findlay, 1995; McSaveney, 2002; 

Korup, 2004). These factors have led to a high erosion rate in the west and a lower erosion rate in 

the east (Jacobson and Blum, 2003). 
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To examine the continental weathering system of the Southern Alps, the chemical composition of 

the bedrock, and its weathering products (river waters, groundwaters, river sands and suspended 

particulate material), has been determined. Samples were collected both to the east and west of the 

Main Divide; sample localities are shown on Figure 4.1.  

 

4.2 Analytical Methods 

The chemical compositions of the river water, groundwater, rainwater and spring water fluids are 

reported in Menzies (2012), and trace element analyses of the bedrock samples are reported in 

Pitcairn (2004). 

Full details of analyses of the chemical composition of riverine suspended particulate material, river 

sands, and mineral separates, conducted as part of this study, can be found in Chapter 3. Briefly, 

suspended particulate material was removed from the filters by ultrasonicating with Milli-Q water, 

FIGURE 4.1: Locations of samples analysed in this study. Also shown is 

the metamorphic grade of the underlying bedrock. GIS data from Simon 

Cox (Cox and Rattenbury, 2006). 
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in pre-weighed Teflon vials for 2 hours, or longer if material remained on the filters. Once all material 

had been removed, the mixture was dried on a hotplate and the mass of the particles was determined. 

The particles were then dissolved in a mixture of HNO3-HF-HCl. The uncertainty in the mass of the 

dried particles is ±0.0005 g, which means that the uncertainty in the elemental concentration of the 

samples may be ±10%. River sand samples were sieved and separated into 3 size fractions: <2 mm 

(the ‘bulk’ fraction), <125 m (the ‘fine’ fraction), and < 2 m (the ‘clay’ fraction). Note that no 

disaggregating agent was used to separate the clay fraction, as this would contaminate the analysis 

of trace elements. This means that the clay fraction may include small quantities of fine rock material, 

including glacial ‘flour’, where present. The river sands were also dissolved in a mixture of HNO3-

HF-HCl.  

Finally, as concentrations of Li and Mg are known to be relatively high in micas, and micas are 

abundant minerals in Southern Alps bedrock, a number of different mica minerals were picked to a 

high degree of purity from crushed bedrock samples. The mica mineral separates were also dissolved 

in a mixture of HNO3-HF-HCl. 

The chemical composition of the resultant solutions was determined by inductively coupled plasma 

mass spectrometry (Thermo X-Series ICP-MS) at the National Oceanography Centre, Southampton. 

The reproducibility of the analyses was on average <±1.7% for all elements, and the measured 

concentrations of a certified standard reference material (JA-2) were on average within ±4.0% of the 

certified values (Table 3.1 and Table 3.2). 

 

4.3 Results 

4.3.1      River Waters and Rain Water 

The abundance of cations and anions in the sample of rain water from the west coast is very low; this 

sample was collected during a storm, which may mean that it is atypically dilute (Table B.1 in 

Appendix B; Menzies, 2012). Rainwater collected to the east of the Main Divide has far higher 

concentrations of cations and anions, and it has a much higher proportion of sodium and potassium 

(Table B.1 in Appendix B; Figure 4.2A; Jacobsen et al., 2003). 

As the chemical composition of river waters reflects both atmospheric and weathering inputs, the 

atmospheric input must be removed to evaluate the effects of weathering. As the rain water sample 

collected from the west coast was extremely dilute, and concentrations of many elements were below 

detection limit (Menzies, 2012), the atmospheric input to the west coast rivers is assumed to be 

derived from seawater (as westerly prevailing winds are onshore; Williams et al., 2005), and a 

correction is applied as follows (Berner and Berner, 2012): 
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[M]
corrected

 =  [Cl]
measured

  X  (
[M]seawater

[Cl]seawater

)                               (Eq. 4.1) 

Where [M]corrected is the river water concentration of chemical species M corrected for atmospheric 

input, [Cl]measured is the concentration of Cl measured in the river water sample, and [M]seawater and 

[Cl]seawater are the concentrations of M and Cl in seawater, taken from (Millero, 2006). Applying this 

correction indicates that the overall atmospheric contribution to river waters west of the Main Divide 

is 10-33% for Si (average = 15%), 19-47% for Na+ (average = 27%), 0.2-1.1% for Ca2+ (average = 

0.5%), 4.9-17% for Mg2+ (average = 11%), 11-56% for SO4
2- (average = 29%) and 1.3-16% for K+ 

(average = 5.4%), which is in good agreement with previous work in the Southern Alps (Jacobson et 

al., 2003). 

As rainwater collected to the east of the Main Divide contains non-negligible concentrations of 

dissolved salts, the atmospheric contribution to the river waters is corrected as follows (Stallard and 

Edmond, 1981; Jacobson et al., 2003): 

[M]
corrected

 =  [Cl]
measured

  X  (
[M]rainwater

[Cl]rainwater

)                               (Eq. 4.2) 

Applying this correction shows that the overall atmospheric contribution to river waters east of the 

Main Divide is 6.8-22% for Si (average = 13%), 14-55% for Na+ (average = 36%), 2.4-4.9% for Ca2+ 

(average = 3.6%) and 3.8-13% for Mg2+ (average = 9.6%), which is in good agreement with previous 

work in the Southern Alps (Jacobson et al., 2003). The corrected river water values are given in Table 

B.1 in Appendix B. The concentration of SO4
2- and K+ in the rain waters collected by Jacobsen et al. 

(2003) were higher than those of some of the rivers from this study. Therefore, it was not possible to 

apply a correction for rainwater input for these ions for the rivers to the east of the Main Divide.  

The total dissolved solids (TDS) are calculated from the measured concentrations of the major 

elements in the river waters as follows: 

TDS (mg/L) = SiO2 + HCO3
- + Cl- + SO4

2- + Na+ + Ca2+ + Mg2+ + K+             (Eq. 4.3) 

TDS in the non-glacial rivers draining the Southern Alps show a broader range (29-86 mg/L) than 

the glacial rivers (28-55 mg/L). These values are low compared to North American, European, 

African and Asian rivers, but within range of South American rivers (Table 4.1). The glacial river 

water temperatures are low and range from 0.3-5.0 °C and the pH is generally high (8.7-9.8). The 

non-glacial river water temperatures are more variable and range from 8.6-19.6 °C, and pH ranges 

from near neutral to slightly alkaline (7.5-8.6). Little difference in temperature, pH or TDS is 

observed between river waters to the east and west of the Main Divide.  
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On an average molar basis, Ca2+ is the most abundant major cation in the river waters (73%), followed 

by Na+ (12%), K+ (9.1%) and Mg2+ (5.9%) (Menzies, 2012). The chemical composition of the river 

waters sampled in this study is similar to that reported by Jacobsen et al. (2003). Although the rivers 

drain predominantly silicate catchments, their chemistry is similar to the average composition of 

rivers that drain predominantly carbonate bedrock, as they have a large proportion of calcium (Figure 

4.2A). HCO3
- is the most abundant anion in the river waters (72%), followed by SO4

2- (20%), Cl- 

(8.3%) and F- (0.25%) (Figure 4.2B; Menzies, 2012).  

 

4.3.2      Groundwaters (Tartare Tunnels)  

Groundwater samples were collected from the Tartare Tunnels, which were cut through the 

hangingwall schist of the Alpine Fault, near Franz Josef, in the early 20th Century as part of an alluvial 

mining operation (Menzies, 2012). The Tartare Tunnels cut through quartzofeldspathics 

(Amphibolite Facies) and metavolcanics (garnet zone Greenschist Facies). The fluids infiltrate at low 

temperature to reach fractures in the roof of the tunnels, and the fluid flow from these fractures is 

higher during rain storms (Menzies, 2012). The groundwater samples were collected at increasing 

distances from the tunnel entrance to observe any variation there might be deeper into the tunnel. 

 

TABLE 4.1: Total dissolved solids (TDS) of river waters draining the 

Southern Alps compared to global rivers. Global river data from: (1)(Martin 

and Meybeck, 1979), (2)(Livingstone, 1963), (3)(Zobrist and Stumm, 1981), 
(4)(Stallard, 1980), (5)(Meybeck, 1980), (6)(Probst et al., 1992), (7)(Sarin et al., 

1989), (8)(Zhang et al., 1990), (9)(Gaillardet et al., 1999a), (10)(Gordeev and 

Siderov, 1993), (11)(Telang et al., 1991).  

Locality TDS (mg/L) References

Global Rivers

North Americas Average 301 1,2
South American Average 60 1,4,5
European Average 207 1,3
African Average 102 1,6
Asian Average 183 1,7,8,9,10,11

Southern Alps

Non-glacial Rivers 29-86 This study
Glacial Rivers 28-55 This study
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FIGURE 4.2: Ternary diagrams showing: (A) major cation composition and (B) major 

anion composition, of surface fluids from the Southern Alps. Also shown are: global 

average of silicate rivers (Meybeck, 1987; Gislason et al., 1996; Gaillardet et al., 1999a); 

global average of carbonate rivers (Galy and France-Lanord, 1999; Chen et al., 2002; 

Han and Liu, 2004); seawater and east coast rain water (Jacobson et al., 2003). The river 

waters draining the Southern Alps from this study have been corrected for atmospheric 

inputs. 
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Temperatures of the Tartare Tunnels fluids range from 10.0-11.5 °C and pH ranges from 6.8-7.9 

(Table B.1 in Appendix B). On an average molar basis, Ca2+ is the most abundant cation in the Tartare 

Tunnels waters (54%), followed by K+ (20%), Na+ (19%) and Mg2+ (8.2%) (Figure 4.2A; Menzies, 

2012). HCO3
- is the most abundant anion (75%), followed by SO4

2- (28%), Cl- (26%) and F- (0.83%) 

(Figure 4.2B; Menzies, 2012). The average sulphate concentration in the Tartare tunnels (64.8 

μmol/L) is similar to river waters (44.0 μmol/L), as is total alkalinity (river waters average 434 

μmol/L and Tartare Tunnels fluids average 485 μmol/L), except for the groundwater sample collected 

at 94 m along the tunnel (123 μmol/L) (Table B.1 in Appendix B). Concentrations of Cl-, Na+, Ca2+, 

Mg2+, Si, K+, Li, Ba, Y and most rare earth elements (REEs) are up to 2 times higher in the Tartare 

Tunnels fluids than the river waters, except for the fluids collected at 94 m into the tunnel, which 

have lower concentrations of Ca2+ and Li than the river waters (Table B.1 in Appendix B). By 

contrast, concentrations of Al and Mn are >5 times higher and Fe and Rb are > 2 times higher in the 

river waters. 

 

4.3.3      Warm Springs 

The majority of the springs analysed from the Southern Alps are hosted within metasediments, 

ranging from unmetamorphosed greywackes to high-grade garnet oligoclase amphibolites. Spring 

water temperatures range from 20.3-60.0 °C, conductivity ranges from 0.0-2.1 S/m and the fluids 

have pH values of 5.8-9.5 (Table B.2 in Appendix B).  

The chemical composition of the spring waters varies considerably. The springs are highly 

concentrated in most elements compared to the river waters of the Southern Alps; the average TDS 

of the spring waters (14400 mg/L) is >100 times higher than the river water average (46 mg/L). 

Compared to river waters, elemental concentrations in the spring waters are >100 times higher in Na 

and Li, ~100 times higher in Cl-, >10 times higher in F-, Si, K, HCO3
- and Fe, ~3 times higher in Ca, 

and ~2 times higher in Mg. Al concentrations are similar for river waters and spring waters (Table 

B.2 in Appendix B). Spring water SO4
2- concentration is highly variable, with values that range from 

8.44 µmol/L (~5 times lower than average river water) to 939 µmol/L (~20 times higher than average 

river water). On an average molar basis, Na+ is the most abundant major cation in metasediment-

hosted spring waters (91%), followed by Ca2+ (5.7%), K+ (2.6%) and Mg2+ (0.5%) (Figure 4.2A), and 

HCO3
- is the most abundant anion (57%), followed by Cl- (32%), SO4

2- (7.8%) and F- (3.3%) (Figure 

4.2B; Menzies, 2012).  

The Permian Dun Mountain Ophiolite Belt has been separated by ~460 km of strike-slip movement 

on the Alpine Fault (Norris et al., 1990; Sutherland, 1996), and springs hosted in these areas have 

interacted with peridotites (Red Hills in the north and Cascade in the south). These spring waters are 

hyperalkaline, and absorb atmospheric CO2 and precipitate calcite on emergence at the surface 
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(Menzies, 2012). The hyperalkaline spring water temperatures range from 10.6-17.1 °C, conductivity 

ranges from 0.2-0.6 S/m and the fluids have high pH (9.7-11.8; Table B.2 in Appendix B). 

The hyperalkaline springs are more dilute than the metasedimentary-hosted springs (average TDS = 

2220 mg/L). Compared to river waters, elemental concentrations in the hyperalkaline springs are >10 

times higher in Cl- and Na,  ~5 times higher in Li, ~3 times higher in Mg and Fe, and ~2 times higher 

in Ca (Table B.2 in Appendix B). K concentrations in the hyperalkaline springs are similar to those 

of the river waters. The peridotite-hosted springs have no HCO3
- until they absorb it from the 

atmosphere, as these waters are highly undersaturated in CO2 and so rapidly absorb it on exposure at 

the surface, precipitating calcite; alkalinity is instead made up OH- (Menzies, 2012). Although the 

hyperalkaline springs are enriched in some elements, relative to the rivers, SO4
2- and Al are >10 times 

lower, and Si is ~3 lower in the spring waters. Na+ is the most abundant major cation (56%), followed 

by Ca2+ (37%), Mg2+ (5.1%) and K+ (1.4%) (Figure 4.2A), and Cl- is the most abundant anion 

(>99%), followed by SO4
2- (0.3%), HCO3

- (0.1%) and F- (0.1%) (Figure 4.2B; Menzies, 2012).  

 

4.3.4      Bedrock 

The bedrock samples encompass a range of lithologies (metasediments and metavolcanics), and 

varying degrees of metamorphism (from unmetamorphosed greywackes to garnet-oligoclase 

amphibolites) with metamorphic temperatures that range from 0-600 °C (Mortimer, 1993; Mortimer, 

2000; Pitcairn, 2004). After SiO2 (65%), Al2O3 (16%) is most abundant in the metasediments, 

followed by Fe2O3 (5.3%), Na2O (4.2%), K2O (2.8%), CaO (1.9%), MgO (1.6%), TiO2 (0.7%), P2O5 

(0.1%) and MnO (>0.1%) (Pitcairn, 2004; Table B.7 in Appendix B). In metabasalts, the most 

abundant element is SiO2 (48%), followed by Fe2O3 (13%), Al2O3 (12%), MgO (7.8%), CaO (6.8%), 

TiO2 (3.4%), K2O (1.6%), Na2O (1.3%), P2O5 (0.63%) and MnO (0.20%) (Pitcairn, 2004; Table B.7 

in Appendix B). The metabasalts from the Southern Alps have lower proportions of SiO2, Al2O3, 

K2O and Na2O than the metasediments, but have higher proportions of all other major metal oxides. 

Li concentration in the bedrock ranges from 22-92 ppm, with an average of ~47 ppm (Table B.3 in 

Appendix B). 

 

4.3.5      Mica Mineral Separates 

Biotite, chlorite and muscovite micas were picked from bedrock samples to a high degree of purity. 

Compared to the bedrock, the mica mineral separates have higher proportions of Al2O3 (21-29 Wt. 

% higher), Fe2O3 (37-56 Wt. % higher, except for muscovite), K2O (~18 Wt. % higher, except for 

chlorite) and MgO (~6 Wt. % higher, except for muscovite) (Table B.7 in Appendix B). CaO and 

Na2O are ~2-4 Wt. % lower in the mica mineral separates compared to the bedrock (Figure 4.3). The 
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Li concentration of the mica mineral separates ([Li] = ~210 ppm) is more than 4 times that of the 

bedrock ([Li] = ~47 ppm), except for muscovite which has a Li concentration of 69 ppm (Table B.4 

in Appendix B). 

 

4.3.6      River Sands 

The river sands were sieved to different size fractions, and a bulk sub-sample (<2 mm), a fine sand 

fraction (<125 μm) and a clay fraction (< 2 μm) were analysed from each sample. The bulk river 

sand and fine river sand size fractions have near identical chemical compositions, which are similar 

to the bedrock, although the river sands have around twice as much Al2O3 and ~5 Wt. % more Fe2O3 

(Table B.7 in Appendix B). Compared to the bulk and fine river sand, the clay fractions of the river 

sand samples generally have ~4 Wt.% more Fe2O3 and K2O, ~12 Wt. % more P2O5, ~1 Wt. % more 

MgO, and ~1-2 Wt. % less CaO and Na2O (Figure 4.3; Table B.7 in Appendix B). There is less Li in 

the bulk and fine river sand size fractions ([Li] = ~40 ppm) than the bedrock ([Li] = ~47 ppm), but 

FIGURE 4.3: Bar charts showing the average major element concentrations (Wt. %) for 

the bedrock, mica mineral separates, river sand size fractions, and river and spring 

suspended particles.  
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there is more Li in the clay fraction ([Li] = ~78 ppm; Table B.5 in Appendix B). It is important to 

note that no disaggregate was added during the clay separation procedure (as this would have 

contaminated the sample), therefore the clay fraction may also include fine rock material.  

 

4.3.7      Riverine Suspended Load 

The riverine suspended load is similar in chemical composition to the bedrock (Figure 4.3), although 

TiO2, Al2O3, MgO, CaO and Na2O are lower by ~1 Wt. %, Fe2O3 is lower by ~2 Wt. %, and K2O is 

higher by ~1 Wt. % in the suspended sediments (Figure 4.3; Table B.7 in Appendix B). The Li 

concentration in the suspended load is generally around half ([Li] = ~25 ppm) of that of the bedrock 

([Li] = ~47 ppm; Table B.6 in Appendix B). 

 

4.3.8      Spring Suspended Load 

 The suspended load of the spring waters is similar in chemical composition to the bedrock (Figure 

4.3), although Al2O3 is lower by ~5 Wt. % and Fe2O3 is higher by ~3 Wt. % in the suspended 

sediments. Compared to the riverine suspended sediments, the spring suspended sediments are ~2 

Wt. % higher in MgO, CaO and Na2O, ~5 Wt. % higher in Fe2O3, and ~4 Wt. % lower in Al2O3 

(Figure 4.3; Table B.7 in Appendix B). The Li concentration of the spring suspended load varies 

significantly between metasedimentary-hosted ([Li] = ~75 ppm) and peridotite-hosted ([Li] = ~1.6 

ppm) springs (Table B.6 in Appendix B).  

 

4.4 Discussion 

4.4.1      Spring Water Input to River Waters 

Across the Southern Alps, warm springs can be found issuing at varying flow rates, generally near 

to the Alpine Fault or other faults, and in deeply incised valleys (Barnes et al., 1978). The springs 

are thought to be meteoric in origin, as δD and δ18O values of the warm springs lie on the meteoric 

water line (Menzies et al., 2014). There is no magmatic activity occurring in the Southern Alps, 

therefore the springs are heated by the elevated upper (2-3 km) crustal geothermal gradient (60-150 

°C/km; Sutherland et al., 2012; DFDP-2 unpublished data), caused by rapid uplift of crustal material 

along the Alpine Fault. Hydrothermal inputs have been shown to be an important contributor to 

stream chemistry in other tectonic environments, such as the Himalaya (Evans et al., 2001). However, 

flow rates of the springs in the Southern Alps are estimated to be fairly low, on the order of ~3 L/min 
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(Reyes et al., 2010). The contribution of the springs to the chemical composition of the river waters 

can be calculated as follows: 

River Flux of M (mg/s)  =  Discharge (L/s)  x  Concentration of M (mg/L)        (Eq. 4.4) 

Spring Flux of M (mg/s)  =  Discharge (L/s)  x  Concentration of M (mg/L)        (Eq. 4.5) 

Spring Water Contribution (%)= (
Flux of M from Springs (mg/s)

Flux of M from Rivers (mg/s)
)  x  100             (Eq. 4.6) 

Table 4.2 summarises the minimum, maximum and average spring water contribution to the river 

waters (see Section A.3 in Appendix A for a detailed explanation). The minimum spring water 

contribution utilises the highest measured discharge value for the Haast River, and the lowest 

measured spring flow rate. The maximum spring water contribution utilises the lowest measured 

discharge value for the Haast River, and the highest measured spring flow rate. The minimum spring 

water contribution to the rivers is ≤0.005% for all elements, except Cs, which has a minimum 

contribution of 0.011%. The maximum spring water contribution to the rivers is generally 0.1%, 

except for Na (0.17%), Li (0.58%), B (0.89%) and Cs (2.0%). This suggests that the contribution of 

hydrothermal inputs to river waters is generally much lower than 1%, and therefore, the springs are 

unlikely to have any effect upon the river water chemistry in the Southern Alps.  
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4.4.2      Groundwater Chemistry and Effect of Low Temperature Rock Reactions 

Groundwater flow emanating from the Tartare Tunnels is higher during rain storms and stable 

isotopes (δD and δ18O) lie on the meteoric water line, which would suggest that these fluids are 

meteoric in origin (Menzies, 2012; Sims, 2013). Groundwater samples were collected in 2009 and 

2010 from 46 m, 94 m, 279 m and 290 m along the tunnel (Figure 4.4). The flow of these fluids 

emanating from the roof of the tunnel was estimated to be low (~0.4 L/min; Menzies 2012). 

TABLE 4.2: Minimum, maximum and average 

possible spring water contribution to the river waters.  

Element MINIMUM MAXIMUM AVERAGE

HCO3 % <0.001 0.017 0.017

F % <0.001 0.062 0.062

Cl % <0.001 0.085 0.085

Br % 0.001 0.094 0.047

SO4 % <0.001 0.005 0.005

Li % 0.003 0.580 0.290

B % 0.005 0.890 0.450

Na % 0.001 0.170 0.085

Mg % <0.001 0.004 0.004

Al % <0.001 0.001 0.001

Si % <0.001 0.020 0.020

K % <0.001 0.014 0.014

Ca % <0.001 0.003 0.003

Mn % 0.001 0.093 0.047

Fe % <0.001 0.015 0.015

Rb % <0.001 0.056 0.056

Sr % <0.001 0.012 0.012

Cs % 0.011 2.000 1.000

Ba % <0.001 0.014 0.014

Y % <0.001 0.022 0.022

La % <0.001 0.002 0.002

Ce % <0.001 0.004 0.004

Pr % <0.001 0.003 0.003

Nd % <0.001 0.003 0.003

Sm % <0.001 0.004 0.004

Eu % <0.001 0.006 0.006

Gd % <0.001 0.005 0.005

Tb % <0.001 0.008 0.008

Dy % <0.001 0.011 0.011

Ho % <0.001 0.014 0.014

Er % <0.001 0.016 0.016

Tm % <0.001 0.018 0.018

Yb % <0.001 0.020 0.020

Lu % <0.001 0.019 0.019

Pb % <0.001 0.003 0.003

U % <0.001 <0.001 <0.001
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The distance into the tunnel from the tunnel entrance where each groundwater sample was collected 

was measured on collection (Menzies, 2012). The tunnel overburden was calculated by using ArcGIS 

to identify the elevation above sea level of the sample localities, and using the distances from the 

entrance of the tunnel to locate the entrance (zero tunnel overburden). The elevation above sea level 

of the entrance to the Tartare Tunnels was used to calculate the tunnel overburden for each sample 

(Figure 4.4). This conclusion makes the assumption that: (i) the tunnel was flat, and (ii) the tunnel 

was straight. Note that this is a simplified model, as water flows along fractures that are rarely vertical 

in the bedrock (Sims, 2013), and so tunnel overburden is unlikely to correspond directly to fluid-rock 

interaction time. Nonetheless, as shown below, the chemistry of these groundwater fluids still 

provides useful insights into fluid interaction with bedrock.  

With increasing tunnel overburden, the groundwater fluids have to travel through a greater amount 

of bedrock, extending the rock-fluid interaction time. Concentrations of most of the major anions (F, 

Cl, Br, SO4) and major and minor cations (Na, Mg, K, Ca, Si, Li, Sr, Ba) increase with increasing 

tunnel overburden (Figure 4.5), suggesting that increased distance for fluids to travel through 

increases groundwater interaction with the surrounding rock. Some elements show more significant 

increases in concentration with increasing overburden depth than others: Cl, Br, Na, F and Si increase 

by less than a factor of 2; SO4, K, Mg, Ba and Sr increase by a factor of more than 2; Ca increases 

by a factor of more than 3; Li increases by a factor of more than 4. High calcium concentrations can 

be explained by the high dissolution rate of disseminated calcite, which can also be observed in river 

waters where calcium dominates the river chemistry. The high sulphate concentration in the 

groundwater fluids is due to the oxidation of sulphide minerals in the surrounding bedrock, which 

also increases the acidity of the groundwaters and promotes dissolution of calcite. This is supported 

by the lower pH of the Tartare Tunnels fluids (6.8-7.9) compared to the pH of the river waters 

FIGURE 4.4: Schematic of the Tartare tunnels. The blue crosses mark the location of where 

the Tartare Tunnels fluids were sampled along the tunnel. The vertical axes are at a 4 fold 

vertical exaggeration to the horizontal axis.  
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draining the Southern Alps (7.5-9.8), and the higher calcium content of the Tartare Tunnels fluids 

(average Ca = 366 μmol/L) compared to the river waters (Ca = 206 μmol/L).  

This interpretation is further supported by the fact that most elemental concentrations in the 

groundwater are higher than the average value for river waters of the Southern Alps (except for F 

and Sr). This indicates that the groundwaters have interacted more extensively with the bedrock, 

which has altered their chemical composition from the surface, down to the roof of the Tartare 

Tunnels. Although, some elements (B, Al, Mn, Fe, Rb) are lower in concentration in the Tartare 

Tunnels groundwaters than the average for the river waters and also show a decrease in elemental 

concentration with increasing overburden. This would suggest that these elements are lost from 

solution due to precipitation of clay minerals and oxides.   

 

 

 

 

 

 

 

 

 

 

 

 

FIGURE 4.5 (Next page): Concentrations of (a) F-, (b) Cl-, (c) Br-, (d) SO4
2-, (e) Na+, 

(f) Mg2+, (g) K+, (h) Ca2+, (i) Si, (j) Li, (k) Sr, and (l) Ba in groundwater samples from 

the Tartare Tunnels, plotted as a function of the depth of overburden. The dashed lines 

represent the average concentration value for the river waters of the Southern Alps. 

Groundwater and river water elemental concentrations are from Menzies (2012).  
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4.4.3      Chemistry of Glacial vs. Non-glacial River Waters 

The geology of the watershed and the original source of the water determine the initial pH of river 

waters. The pH of natural waters is subsequently modified by: 1) consumption of protons during 

weathering of silicate rocks which increases pH, 2) production of protons by atmospheric CO2 

entering solution or the oxidation of sulphides which lowers pH (Galy et al., 1999). In the Southern 

Alps, the glacial river waters have higher pH (8.7-9.8) than the non-glacial rivers (7.5-8.6). This is 

likely due to sub-glacial dissolution processes during weathering, which can increase pH to >9 due 

to the hydrolysis of carbonate and silicate minerals (Tranter, 2003).  

The saturation rates of calcite were calculated using the geochemical modelling software 

Geochemist’s Workbench, which estimates mineral stability (degree of oversaturation or 

undersaturation) in terms of Gibbs free energy (kJ). A mineral with SI values of >0 is oversaturated 

and has the potential to precipitate, and a mineral with SI values of <0 is undersaturated and will 

dissolve. Hydrolysis of carbonates results in a solution that is near saturation (SI = 0) at the highest 

measured pH values (Figure 4.6). Non-glacial river waters from the Southern Alps become 

increasingly undersaturated with respect to calcite as pH decreases, and glacial rivers (which have 

the highest pH values) are near saturation with respect to calcite.  

The production of protons by the sub-glacial oxidation of sulphides may mediate this effect (Galy et 

al., 1999) and lower the pH, but there is no evidence for significant oxidation of sulphides under the 

ice, as SO4 concentration in the glacial rivers (30.7-81.3 µmol/L) is no higher than the non-glacial 

FIGURE 4.6: Saturation index (SI) of calcite against pH in the 

dissolved load of the river waters draining the Southern Alps. 

The estimated overall uncertainty on the saturation indices for 

calcite is 0.5 SI units, as the thermodynamics of calcite are well 

understood. 
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rivers (9.23-126 µmol/L). As there is no evidence for pH lowering via oxidation of sulphides, this 

would explain the high pH of the glacial river waters draining the Southern Alps. 

The pH of the non-glacial river waters appears to reflect the extent of chemical dissolution, as 

increasing pH correlates with increasing TDS (Figure 4.7). This indicates that proton consumption 

during dissolution weathering reactions is occurring, and driving the pH to more alkaline values. As 

silicate dissolution during chemical weathering occurs, bicarbonate (HCO3
-) ions are released (Eq. 1 

and Eq. 2), which raises the pH level of the solution. Formation of clays such as illite and smectite 

would be likely to form under alkaline conditions, however, this process would not necessarily lower 

the pH of the weatehring environment. The effect of silicate dissolution upon the chemistry of the 

system would be several orders of magnitude higher than secondary clay formation. Therefore, the 

high pH of the Southern Alps rivers raises the potential for the formation of clays such as illite and 

smectite, however, this mineral formation would not necessarily lower the pH of the weathering 

system.  

 

4.4.4      Alteration of Bedrock, River Sands and Suspended Particulate Material  

Feldspars are the most abundant of the reactive (labile) minerals in the Southern Alps and the 

dominant process during continental chemical weathering is the degradation of feldspars and the 

subsequent formation of clay minerals. Generally, Ca, Na and K are removed from feldspars by 

interaction with water and soil solutions, which results in the proportion of aluminium to alkalis 

FIGURE 4.7: pH against TDS of the non-glacial river waters 

draining the Southern Alps. 
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increasing in the weathered product (Nesbitt and Young, 1982). The Chemical Index of Alteration 

(CIA) can be used to quantify the degree of chemical weathering (Nesbitt and Young, 1982):  

CIA = [Al2O3/(Al2O3 + CaO + Na2O + K2O)] x 100                       (Eq. 4.7) 

In general, the higher the CIA, the higher the weathering intensity. CIA values for the bedrock, river 

sands and suspended particulate material analysed in this study are given in Table B.7 in Appendix 

B, and are plotted with respect to Li and Mg concentration in Figures 4.8 and 4.9.  

Metasedimentary bedrock, bulk river sand and fine river sand all have similar CIA values and plot 

close together. On average, the CIA of the river sands and riverine suspended load (CIA = ~67) is 

only slightly higher than that of the bedrock (CIA = 64), which would suggest that they are not 

particularly weathered compared to the bedrock. This would suggest that chemical weathering in the 

Southern Alps is low, as these CIA values are at the lower end of the range for intermediate silicate 

weathering intensity (Selvaraj and Chen, 2006). The clay fraction of the river sands generally have 

high CIA values, although one clay sample (from Copland River) has a much lower CIA value due 

to a larger proportion of Na2O. 

There is generally a positive relationship between Li and Mg concentration and CIA (Figure 4.8 and 

4.9), with the clay fraction of the river sands generally having the highest CIA values and Li and Mg 

concentrations. This indicates that Li and Mg are retained in secondary mineral phases during the 

weathering process. Micaceous minerals are an abundant constituent of the Southern Alps bedrock, 

and due to high elemental concentrations of Li and Mg, biotite and chlorite are likely to be the main 

sources of Li and Mg to the weathering system.  

Authigenic clay minerals have developed in the Southern Alps due to ground water alteration of non-

marine sedimentary sequences formed during the Late Cretaceous to Quaternary (Chamberlain et al., 

1999). Alteration occurs as groundwater passes through the sediments (Craw, 1984; Craw, 1994), 

resulting in the formation of authigenic minerals by direct replacement of primary minerals and in 

pore spaces during degradation of primary minerals (Chamberlain et al., 1999). To further explore 

the idea that Li and Mg are retained in secondary clays, XRD analyses were conducted on the clay 

(<2 m) fraction of the river sands. XRD analysis of the river sand clays shows that the vast majority 

of clay in the Southern Alps is composed of illite and chlorite, with possible minor kaolinite and 

sepiolite (Figure 4.10). The relative proportions of different clay minerals in each sample, also shown 

in Figure 4.10, was estimated using the Biscaye Method (Biscaye, 1965); note, however, that this 

method is semi-quantitative.  
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FIGURE 4.8: Lithium concentration against CIA (Chemical Index of Alteration) for 

the bedrock, mica mineral separates, river sands and suspended load of the Southern 

Alps. The bedrock data are from Pitcairn (2004).  

FIGURE 4.9: Magnesium concentration against CIA (Chemical Index of Alteration) 

for the bedrock, mica mineral separates, river sands and suspended load of the 

Southern Alps. The bedrock data are from Pitcairn (2004).   
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Li+ often substitutes for Mg2+ in octahedral sites of clay minerals, due to the similarity of their ionic 

radius (Shannon, 1976), and their geochemical cycles are thought to be closely related (Stoffyn-Elgi 

and MacKenzie, 1984). However, there is no simple correlation in the behaviour between Li and Mg 

concentrations in solid phases and there is little data on the partitioning of Li between Mg-clays and 

water (Decarreau et al., 2012). Li+ ions have been shown to have been structurally incorporated into 

the octahedral sheet of smectites, substituting for an Mg2+ ion, which results in a charged layer 

(Decarreau et al., 2012). This charged layer is compensated for by a non-structural exchangeable ion, 

such as Na+, but can also possibly be Mg2+ or Li+ (Decarreau et al., 2012). Secondary Mg-bearing 

smectite can incorporate significant amounts of structural Li during water-rock interaction, but only 

minor Li adsorption into the interlayer sites occurs at the temperatures observed in natural waters, 

such as rivers (Decarreau et al., 2012). Smectites are efficient sinks for Li in the weathering system 

(Decarreau et al., 2012), however, few studies have been carried out on the efficiency of Li uptake 

in other secondary clays and the rate at which uptake occurs.  

Illite is one of the major clay components identified in the river sands of the Southern Alps. It is 

formed by several mechanisms: weathering of silicate rocks (primarily feldspar), the alteration of 

other clay minerals, and the degradation of biotite and muscovite (Fordham, 1990; Deer and 

Zussman, 2003). In metamorphic terranes (>100-150 °C), smectite reacts to form illite during 

sediment burial, which is a common diagenetic reaction (Meunier et al., 2000). Illite is a non-

expanding micaceous mineral, and it is similar in structure to muscovite, but on average generally 

has more Si, Mg, Fe and H2O (Bailey, 1980).  

Illite:    (K,H3O)(Al,Mg,Fe)2(Si,Al)4O10[(OH)2,(H2O)]               (Eq. 4.8) 

Chlorite is another major clay component identified in the river sands. It is a phyllosilicate mineral 

and is commonly found in metamorphic rocks and is usually indicative of low grade metamorphism 

of the Greenschist Facies (Bishop, 1972; Zane et al., 1998). Chlorite is likely to have been sourced 

from physical weathering of the bedrock and is therefore considered to be detrital. Chlorite can have 

a variety of chemical formulae, but for clinochlore/chamosite (common varieties of chlorite) it is 

typically: 

Chlorite:    (Mg,Fe)3(Si,Al)4O10(OH)2·(Mg,Fe)3(OH)6               (Eq. 4.9) 

Kaolinite is a possible minor clay component identified in the river sands. It is a layered silicate 

mineral and is generally found in weathering profiles as a product of hydrothermal alteration and in 

sedimentary rocks (Deer et al., 1992). Kaolinite most commonly forms from the breakdown of 

feldspar, biotite and muscovite during early diagenesis (Ahn and Peacor, 1987; Nagy et al., 1990) 

and/or chlorite may react to form some kaolinite (Craw, 1984; Craw, 1994). Muscovite that has 

altered to illite may also react to form kaolinite (Chamberlain et al., 1999) and albite alteration can 
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lead to the formation of kaolinite after significant weathering of the bedrock (Craw, 1984; Craw, 

1994).   

Kaolinite:     Al2Si2O5(OH)4                                              (Eq. 4.10) 

Another possible minor clay component identified in the river sands by XRD is sepiolite. It is a 

complex hydrous magnesium silicate and occurs as a secondary mineral associated with serpentine 

(Acimovic et al., 2003). Sepiolite is sedimentary in origin and generally occurs as a precipitate in 

arid environments and can be associated with dolomite and opal (Dixon and Weed, 1989).  
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FIGURE 4.10: X-ray diffractograms of river sand clay fractions from Chinaman’s Bluff 

(RS05) and Hooker Terminus (RS06). The dashed lines represent the area used to calculate 

the relative proportions of each clay mineral using Biscaye’s Method (Biscaye, 1965). This 

method is only semi-quantitative; the uncertainty is at least ±10%. il = illite, chl = chlorite, 

kao = kaolinite and sep = sepiolite. 
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However, it is likely that the possible minor sepiolite observed in XRD analysis (Figure 4.10) is 

simply an artefact caused by background noise. Sepiolite generally forms in lacustrine and peri-

marine environments (Birsoy, 2002), and so it would be unlikely that this clay would form in the 

Southern Alps. The bedrock of the Southern Alps also generally has a relatively high Al content, 

which would make the formation of sepiolite unlikely (Weaver and Beck, 1972). 

Sepiolite:    Mg4Si6O15(OH)2·6H2O                                      (Eq. 4.11) 

Although it was not shown by these XRD analyses, smectite is also present along the Alpine Fault 

zone, and is formed as a secondary mineral under low temperature alteration (<120 °C) of 

muscovite/chlorite (Warr and Cox, 2001; Boulton et al., 2012). Smectite may then further alter into 

kaolinite (Boulton et al., 2012). 

 

4.4.5      Silicate vs. Carbonate Weathering 

Both carbonate and silicate weathering remove CO2 from the atmosphere, but only silicate 

weathering stores atmospheric CO2 over long time scales, and thus regulates levels of atmospheric 

CO2 and global climate (Walker et al., 1981; Berner et al., 1983; Berner and Kothavala, 2001; 

Wallmann, 2001; Berner, 2004). Therefore, it is important to quantify the relative importance of 

silicate versus carbonate weathering in a weathering system. 

Mixing diagrams using sodium normalised cation and anion ratios can enable us to observe the range 

of chemical compositions of different natural reservoirs. In a sodium-normalised mixing diagram of 

calcium and bicarbonate, the river waters draining the Southern Alps show a strong positive 

correlation and plot close to the carbonate river end member, although the rivers are slightly offset 

by a high bicarbonate concentration (Figure 4.11).  

Despite a very low abundance of calcite measured in the bedload (Jacobson et al., 2003), Ca2+ 

dominates river water chemistry. This is likely due to the very rapid weathering rate of calcite, which 

weathers at ~104-105 times faster than plagioclase at neutral pH (Chou et al., 1989; Blum and 

Stillings, 1995). An abundance of Ca2+ in river waters (due to preferential release during weathering 

of trace carbonates) would suggest that it is the most mobile element, although Na+ is generally 

considered to be the most mobile major cation during weathering of silicate minerals (Gislason et 

al., 1996; Gaillardet et al., 1999a; Gaillardet et al., 1999b). The high mobility of Na+ means that it 

will preferentially enter solution, and as weathering intensity increases, element ratios normalised to 

Na+ will also rise, which can be observed in a sodium-normalised mixing diagram of calcium over 

magnesium (Figure 4.12)  in the bedrock samples. The river data plotted on Figure 4.12 indicate that 

carbonate weathering is dominant.  
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FIGURE 4.11: Sodium-normalised mixing diagram between HCO3
- and Ca. 

Silicate and carbonate river end members were estimated using data from small 

rivers draining one single lithology from multiple locations (Gaillardet et al., 

1999b). 

FIGURE 4.12: Sodium-normalised mixing diagram of Ca and Mg. Silicate and 

carbonate river end members were estimated using data from small rivers draining 

one single lithology from multiple locations (Gaillardet et al., 1999b). 
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The river waters have a lower magnesium content than the carbonate rivers end member (Figure 

4.12; Gaillardet et al., 1999b), which is likely due to magnesium uptake during the formation of 

secondary minerals. 

A measure of the importance of carbonate weathering on river chemistry can also be assessed by 

plotting calcium versus alkalinity. The strong positive trend suggests that the calcium content of the 

rivers draining the Southern Alps is regulated by carbonate weathering (R2 = 0.71; Figure 4.13). 

Alkalinity is also affected by silicate weathering, whereby dissolution releases cations and consumes 

protons, therefore increasing HCO3
-. However, this is not the case for the lithium content of the rivers, 

as little correlation is seen between lithium concentration and alkalinity (Figure 4.14).  

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

FIGURE 4.14: Lithium against alkalinity of the river waters draining the 

Southern Alps.  

FIGURE 4.13: Calcium against alkalinity of the river waters draining the 

Southern Alps. 
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4.4.5.1      Source of Li and Mg 

Although carbonates generally have low lithium concentrations compared to silicates, they have 

much higher dissolution rates, making them a potentially significant source of Li (Millot et al., 2010). 

The proportions of dissolved lithium in river waters derived from silicate (fsil) and carbonate (fcarb) 

weathering can be determined as follows:  

(Ca/Li)
river 

 =  f
carb  

(Ca/Li)
carb

 + (f
sil

) ×  (Ca/Li)
sil

               (Eq. 4.12) 

Where fcarb + fsil = 1. (Ca/Li)river is calculated from the river data from this study, (Ca/Li)carb is 

calculated from a carbonate rock end member (Turekian and Wedepohl, 1961), and (Ca/Li)sil is 

calculated from a silicate rock end member (Wedepohl, 1995). This becomes: 

(Ca/Li)
river

 =  f
carb

 [(Ca/Li)
carb

 -  (Ca/Li)
sil

] +  (Ca/Li)
sil

              (Eq. 4.13) 

This can then be rearranged to calculate the minimum % of dissolved lithium in river waters derived 

from carbonate weathering: 

%Li from Carbonates =  
(Ca/Li)river -  (Ca/Li)sil

(Ca/Li)carb  -  (Ca/Li)sil

  ×  100                      (Eq. 4.14) 

These values can then be used to calculate the maximum proportion of dissolved lithium in river 

waters derived from silicate weathering. To this end, we find that more than 90% of the dissolved 

lithium in rivers draining the Southern Alps is sourced from silicate weathering, which is consistent 

with other studies (Figure 4.15; Millot et al., 2010). This source of Li is likely to be in the micaceous 

mineral phases, as analyses of mica mineral separates (Section 4.3.5) show that biotite and chlorite 

(common mica minerals in the Southern Alps) contain around 4 times as much Li as the bedrock. 

Southern Alps  Mackenzie Basin  

(Millot et al., 2010) 

FIGURE 4.15: Histograms of the maximum proportion of dissolved lithium in river 

waters from silicate weathering (%) in the river waters draining the Southern Alps, with 

comparison to the Mackenzie Basin, northwest Canada (Millot et al., 2010). 
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Detrital micas in the Southern Alps (biotite, chlorite and muscovite) are not as weatherable as 

plagioclase feldspar, but much more easily weathered than quartz (Velbel, 1985). 

The only carbonate material thought to be present in the Southern Alps is disseminated calcite, 

therefore it is likely that Mg is sourced from the weathering of silicates. Mg is a significant 

component of biotite and chlorite minerals, which have ~6 Wt. % more MgO than the bedrock 

(Section 4.3.5), suggesting that micas are the main source of Mg to the weathering system of the 

Southern Alps. When attempting to use equations 4.11-4.13 to calculate the proportion of dissolved 

magnesium derived from silicate and carbonate weathering, the values produced are unrealistic, 

which is likely to be because Mg is a major element. The Ca/Mg values for the rivers draining the 

Southern Alps are generally too high to calculate realistic fcarb values. This would indicate that Mg is 

being removed from solution via secondary mineral formation. In addition, unlike Li, Mg is a major 

element, which may make it more difficult to observe variations in the proportions of dissolved Mg 

from silicate and carbonate sources. Mg is also involved in more processes than Li; for example Mg 

is utilised in biotic processes.  

 

4.4.6      Chemical Weathering and Atmospheric CO2 Consumption Rates 

Silicate and carbonate weathering rates along with atmospheric CO2 consumption rates can be 

calculated using major cation concentration data along with catchment area size and runoff rates. 

Information regarding the hydrologic parameters was sourced from the National Institute of Water 

and Atmospheric Research Limited in Christchurch, New Zealand (NIWA). The runoff is the 

calculated mean annual value. The river water samples were collected during a single time period, 

and therefore do not account for possible seasonal variations. Following Jacobsen et al. (2003) and 

Jacobsen and Blum (2003), Ca2+ was apportioned between silicate (Ca2+
sil) and carbonate (Ca2+

carb) 

weathering as follows:  

Casil
2+ =  (Ca/Na)

plag
  x  Nasil

+                                        (Eq. 4.15) 

Cacarb
2+  =  Catot

2+ -  Casil
2+                                           (Eq. 4.16) 

Where (Ca/Na)plag represents the molar ratio of sodium in the bedrock plagioclase (~0.32), Na+
sil is 

the riverine concentration of sodium (after correction for atmospheric inputs), and Ca2+
tot is the total 

riverine concentration of calcium. Total chemical weathering rates (Wchem), silicate weathering rates 

(Wsil) and carbonate weathering rates (Wcarb) are calculated as follows (Jacobson and Blum, 2003): 

Wchem =  (Ca2+ +  Mg2+ +  Na+ +  K+ +  Si)  x  R                     (Eq. 4.17) 

Wsil =  (Casil
2+ +  Na+ +  K+ +  Si)  x  R                                (Eq. 4.18) 
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Wcarb=  (Ca
carb
2+

 +  Mg2+)  x  R                                      (Eq. 4.19) 

Where the units of W resolve to g·km2·yr-1, when the sum of the riverine solute concentrations (ƩCi) 

has units of μg/L and runoff (R) has units of mm/yr.  

Long term atmospheric CO2 consumption rates attributed to silicate weathering (Wsil-CO2) are 

calculated as follows (Jacobson and Blum, 2003): 

Wsil-CO2
 =  2  x  Casil

2+  x  R                                         (Eq. 4.20) 

Where the units of Wsil-CO2 are mol·km2·yr-1, when Ca2+
sil has units of μmol/L and R has units of 

mm/yr. The factor of 2 is derived from the stoichiometry of the reaction between carbonic acid and 

plagioclase (Jacobson and Blum, 2003). Atmospheric CO2 consumption rates attributed to carbonate 

weathering (Wcarb-CO2) are given by (Jacobson and Blum, 2003): 

Wcarb-CO2
 =  (Cacarb

 2+  +  Mg2+)  x  R                               (Eq. 4.21) 

Where the units of Wcarb-CO2 are mol·km2·yr-1, when (Ca2+
carb + Mg2+) has units of μmol/L and R has 

units of mm/yr. To calculate Wcarb-CO2, the factor of 2 is not used, as only half of the alkalinity derived 

from the reaction between carbonic acid and carbonate-bearing minerals is from dehydrated 

atmospheric CO2 (Jacobson and Blum, 2003). 

A drawback of this set of equations from Jacobsen and Blum (2003) is the omission of Mg content 

in the silicate weathering rate equation and the atmospheric CO2 drawdown via silicate weathering 

equation. Mg is a major component of silicate rocks, and the bedrock of the Southern Alps typically 

contains ~14000 ppm Mg. Mg is also affected by secondary clay formation, which occurs during 

silicate weathering processes.  

Due to a lack of hydrological data for the river localities in this study, only two river catchments 

were selected, which are representative of the east and of the west of the Main Divide. The River 

Haast is a large river west of the Main Divide. It is subject to high rates of uplift, rainfall and 

mechanical erosion. The River Rakai is a large river east of the Main Divide and is subject to lower 

rates of uplift, rainfall and mechanical erosion. The results from these calculations are shown in Table 

4.3, with comparison to results from Jacobsen and Blum (2003). The variation in runoff values 

between this study and Jacobsen and Blum (2003) is due to the differing sampling points along these 

rivers. The error on the weathering calculations summarised in Table 4.3 is largely affected by the 

variation in annual runoff values, and is on the order of ±10%.  
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Variations between the chemical weathering and atmospheric CO2 consumption rates calculated in 

this study, and those reported in Jacobsen and Blum (2003) are most likely due to differences in the 

correction of atmospheric inputs, seasonal and annual variations in the chemical composition of the 

river waters, and exact locations of river water samples. Nevertheless, the results from this study 

(Table 4.3) are generally in good agreement with Jacobsen and Blum (2003). Although, Wchem for the 

River Haast calculated in this study (3.1 x 107g·km2·yr-1) is lower than the previous estimate (8.1 x 

107g·km2·yr-1; Jacobsen and Blum, 2003). In general, all of the values calculated in this study are 

lower than those calculated in Jacobsen and Blum (2003). It was noted that there is a large difference 

in magnitude between silicate weathering rate and atmospheric CO2 consuption rate via silicate 

weathering between the two datasets; the difference in magnitude bettwen these two values is twice 

as large in the dataset from this study. This can be attributed to the Haast river water sample from 

this study having around half the Na content and around a quarter of the K content with comparison 

to the Haast river water sample from Jacobsen and Blum (2003). The lower concentration values for 

Na and K resulted in a lower silicate weathering rate value (0.9 x 107 g∙km-2∙yr-1). In addition, the 

atmospheric CO2 consumption rate attributed to carbonate weathering in this study is lower for the 

Haast river (5.6 x 105 mol∙km-2∙yr-1) than previously quoted in Jacobsen and Blum (2003) (15 x 105 

mol∙km-2∙yr-1). The source of this discrepancy is the much lower runoff rate used in this study for this 

river, and the sample also a lower Mg concentration (20.1 µmol/L) than the sample used in Jacobsen 

and Blum (2003) (27.2 µmol/L). 

Chemical weathering rates are much higher west of the Main Divide (3.1 x 107 g∙km-2∙yr-1) than in 

the east (1.8 x 107 g∙km-2∙yr-1). This is likely due to the higher uplift and erosion rates and a higher 

amount of rainfall in the west (>12 m/yr), compared to the east (<1 m/yr) (Griffiths and McSaveney, 

1983; Henderson and Thompson, 1999). Little variation in silicate weathering rate is observed 

between the west and the east of the Main Divide (0.9 x 107 g∙km-2∙yr-1 and 0.8 x 107 g∙km-2∙yr-1, 

respectively). Carbonate weathering rates are twice as high in the west (2.1 x 107 g∙km-2∙yr-1) as in 

the east (1.0 x 107 g∙km-2∙yr-1), which can be attributed to increased calcite weathering. Hydrothermal 

TABLE 4.3: Hydrologic parameters, chemical weathering rates and atmospheric CO2 

consumption rates of two rivers draining the Southern Alps, either side of the Main Divide. 

River catchment area and runoff data from NIWA. 

Haast (NZ04) Rakai (NZ27) Haast Rakai

Area km
2

1020 2560 1020 2560

Runoff mm/yr 2990 801 5787 2723

W chem  x 10
7
 g∙km

-2
∙yr

-1
3.1 1.8 8.1 3.6

W sil  x 10
7
 g∙km

-2
∙yr

-1
0.9 0.8 2.2 1.3

W carb  x 10
7
 g∙km

-2
∙yr

-1
2.1 1.0 6.0 2.4

W sil-CO2 x 10
4
mol∙km

-2
∙yr

-1
6.4 7.7 7.4 10

W carb-CO2 x 10
5
mol∙km

-2
∙yr

-1
5.6 2.8 15 6.0

This Study Jacobsen & Blum, 2003
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disseminated calcite is present throughout the bedrock of the Southern Alps, but with higher rate of 

uplift, erosion and rainfall in the west, the rate of dissolution of calcite is higher. Atmospheric CO2 

consumption attributed to carbonate weathering is almost twice as high in the west (5.6 x 105 mol∙km-

2∙yr-1) than the east (2.8 x 104 mol∙km-2∙yr-1). However, atmospheric CO2 consumption attributed to 

silicate weathering is higher in the east (7.7 x 104 mol∙km-2∙yr-1) where uplift and erosion rates are 

low, compared to the west (6.4 x 104 mol∙km-2∙yr-1). Although silicate weathering leads to long term 

drawdown of atmospheric CO2, carbonate weathering does not. This would suggest that, although 

high rates of uplift, rainfall and erosion have led to high carbonate weathering rates in the west, more 

long term atmospheric CO2 consumption occurs in the east. The majority of the rivers draining the 

western side of the Southern Alps are relatively short, resulting in a weathering-limited regime where 

chemical weathering intensity is reduced, as there are few lowlands/deltas for significant chemical 

weathering to take place. 

 

4.4.6.1      Comparison to Global Rivers 

In Table 4.4 and Figure 4.16, it can be seen that chemical weathering rate in the Southern Alps (1.8-

3.1 x 107 g∙km-2∙yr-1) is around twice as high as rivers measured in North America (0.6-1.5 x 107 

g∙km-2∙yr-1), South America (0.5-1.2 x 107 g∙km-2∙yr-1) and Africa (0.2-0.5 x 107 g∙km-2∙yr-1). A much 

wider range is shown for Europe (0.4-6.3 x 107 g∙km-2∙yr-1), and Asia (0.3-11 x 107 g∙km-2∙yr-1). 

Atmospheric CO2 consumption rates attributed to silicate weathering in the Southern Alps (6.4-7.7 

x 104 mol∙km-2∙yr-1) are relatively low compared to many rivers across all other continents (up to 69 

x 104 mol∙km-2∙yr-1), except for Africa (1.2-6.4 x 104 mol∙km-2∙yr-1). However, atmospheric CO2 

consumption rates attributed to carbonate weathering in the Southern Alps are high (2.8-5.6 x 105 

mol∙km-2∙yr-1) compared to North America (0.4-2.7 x 105 mol∙km-2∙yr-1), South America (0.1-0.8 x 

105 mol∙km-2∙yr-1) and Africa (0.1-0.2 x 105 mol∙km-2∙yr-1), and are at the higher end of the range of 

values shown by rivers in Europe (0.1-6.8 x 105 mol∙km-2∙yr-1) and Asia (0.1-21.6 x 105 mol∙km-2∙yr-

1). For further information on the global rivers used for this comparison, see Section A.4 in Appendix 

A. 

The atmospheric CO2 consumption attributed to silicate weathering in the Southern Alps of New 

Zealand is relatively low compared to rivers globally. This demonstrates that rapid tectonic uplift in 

the Southern Alps accelerates chemical weathering, but does not greatly enhance the rate of long-

term atmospheric CO2 consumption, as rapid uplift seems to increase dissolution of carbonates 

disproportionately to silicates.   
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TABLE 4.4: Hydrologic parameters, chemical weathering rates and atmospheric CO2 

consumption rates of global rivers. The global river data are summarised by Gaillardet et al. 

(1999b). 

River Basin Runoff TDS W chem W sil W carb W sil-CO2 W carb-CO2

mm/yr mg/L  x 10
7 

x 10
7 

x 10
7 

x 10
4

x 10
5

g∙km
-2

∙yr
-1

 g∙km
-2

∙yr
-1

 g∙km
-2

∙yr
-1

mol∙km
-2

∙yr
-1

mol∙km
-2

∙yr
-1

New Zealand

Haast 2990 37.5 3.10 0.90 2.10 6.40 5.60

Rakai 801 39.1 1.80 0.80 1.00 7.70 2.80

N. America

Mississippi 195 216 1.19 0.71 0.48 11.3 1.18

Mackenzie 172 209 0.89 0.41 0.48 6.87 1.19

Yukon 236 183 0.94 0.25 0.69 3.23 1.70

Columbia 353 115 1.14 0.63 0.51 9.28 1.25

Nelson 79 236 0.56 0.39 0.18 6.66 0.43

Fraser 509 92 1.25 0.54 0.72 7.77 1.77

Kuskokwim 487 145 1.52 0.44 1.07 5.66 2.65

S. America

Amazon 1078 44 1.17 0.85 0.32 10.4 0.78

Parana 204 86 0.51 0.47 0.05 5.71 0.11

Orinoco 1032 25 0.79 0.67 0.12 8.00 0.30

Tocantins 491 42 0.59 0.47 0.12 4.88 0.29

Uruguay 604 60 1.10 0.81 0.29 9.00 0.70

Europe

Danube 253 428 2.97 1.33 1.64 22.6 4.01

Yenisei 239 112 0.70 0.44 0.26 6.54 0.65

St. Lawrence 330 168 1.35 0.59 0.76 9.55 1.88

Lena 211 112 0.63 0.32 0.31 5.01 0.75

Magdalena 1009 118 3.57 2.95 0.62 44.1 1.52

Ob 135 126 0.43 0.23 0.20 3.76 0.49

N. Dvina 316 173 1.32 0.51 0.81 8.30 2.00

Rhone 565 339 4.46 2.02 2.44 33.6 6.05

Po 667 354 6.25 3.51 2.75 59.0 6.77

Elbe 154 698 4.22 4.16 0.06 69.3 0.12

Dnepr 103 274 0.75 0.44 0.31 7.60 0.77

Kolima 200 74 0.37 0.21 0.16 2.95 0.39

Pechora 404 70 0.73 0.40 0.33 6.36 0.80

Khatanga 234 96 0.79 0.71 0.09 12.0 0.20

Seine 164 493 2.07 1.11 0.96 18.3 2.39

Nemunas 200 447 2.25 0.96 1.30 16.6 3.19

Asia

Changjiang 513 221 2.50 0.91 1.59 13.8 3.92

Xijiang 831 161 3.04 0.92 2.12 11.8 5.25

Brahmaputra 879 101 2.09 0.96 1.14 9.69 2.80

Ganges 470 182 2.23 1.51 0.72 23.7 1.77

Godavari 335 193 1.52 1.04 0.48 14.3 1.19

Amur 185 55 0.30 0.18 0.12 2.82 0.29

Huanghe 55 460 0.95 0.91 0.04 15.8 0.08

Shatt el Arab 85 400 1.12 0.81 0.31 13.9 0.76

Hong He 1025 147 4.93 3.74 1.20 60.0 2.89

Fly 2311 116 5.42 2.22 3.19 28.3 7.92

Sepik 1525 114 4.09 2.14 1.95 28.1 4.80

Purari 2749 126 7.64 3.82 3.82 46.3 9.44

Mahanadi 500 147 2.27 1.67 0.59 26.8 1.42

Kikori 3035 177 10.6 1.88 8.71 20.9 21.6

Africa

Limpopo 59 238 0.47 0.41 0.07 6.40 0.16

Congo-Zaire 324 35 0.38 0.33 0.05 3.77 0.12

Zambese 77 80 0.23 0.17 0.06 2.19 0.15

Niger 128 59 0.19 0.13 0.06 1.21 0.15
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FIGURE 4.16: Graphical representation of weathering rates and atmospheric CO2 

consumption rates. Summarised from Table 4.4 
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4.5 Summary of the Weathering System in the Southern Alps 

 The river waters draining the Southern Alps are relatively dilute (non-glacial river TDS = 29-86 

mg/L; glacial river TDS = 28-55 mg/L) compared to most global rivers. Although the river 

catchments in the Southern Alps are underlain primarily by metasediments, the rivers draining 

the Southern Alps have an abundance of Ca2+ (most abundant major cation = 73%), which would 

suggest a carbonate weathering source is present, which is likely to be in the form of disseminated 

calcite.  

 

 The glacial river waters have higher pH (8.7-9.8) than the non-glacial rivers (7.5-8.6), which is 

likely to be due to high degrees of sub-glacial weathering, which can increase pH to >9 due to 

the hydrolysis of carbonate and silicate minerals. In the non-glacial river waters, increasing pH 

correlates with increasing TDS, indicating that proton consumption during weathering is 

occurring.   

 

 The groundwater samples collected from varying distances along the Tartare Tunnels are 

generally similar to river water chemistry in sulphate concentration and total alkalinity, although 

the Tartare Tunnels fluids have higher concentrations of Cl, Na, Ca, Mg, Si and Li than the river 

waters. With increasing tunnel overburden, most major anion (F, Cl, Br, SO4) and major and 

minor cation (Na, Mg, K, Ca, Si, Li, Sr, Ba) concentrations increase, indicating the low 

temperature fluid-rock interaction is occurring in the Southern Alps. This is further supported by 

the fact that most element concentrations in the groundwater are higher than the average value 

for river waters draining the Southern Alps. 

 

 The hydrothermal springs located within the Southern Alps generally have much higher 

elemental concentrations than the river waters; average TDS of the spring waters (14400 mg/L) 

is >100 times higher than the river waters (46 mg/L). Although, the ultramafic-hosted 

hyperalkaline springs (average TDS = 2220 mg/L) are ~100 times more dilute than the 

metasedimentary-hosted springs. However, due to low flow rates, the maximum possible spring 

water contribution to the river waters is generally much less than 1%, and therefore the springs 

are likely to have a negligible effect upon the river water chemistry.  

 

 The elemental chemistry of the bedrock shows little variation across the Southern Alps. The 

riverine suspended load is similar in chemical composition to the bedrock, as are the bulk and 

fine sand size fractions of the river sands (although Al2O3 is higher in the bedload). The average 

CIA of the bedload and riverine suspended load (CIA = ~67) is similar to the bedrock (CIA = 

~64), implying that chemical weathering is relatively low in the Southern Alps.  
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 The main clays present in river sands are illite and chlorite. The chlorite present is likely to be 

detrital, whereas illite is formed by alteration of muscovite and biotite.  

 

 Carbonate weathering dominates the river chemistry of the Southern Alps, although the majority 

of dissolved lithium (generally >90%) is sourced from silicate weathering.  

 

 Disseminated calcite is the only carbonate material thought to be present in the Southern Alps 

bedrock. Therefore, it is likely that the source of Mg is the weathering of silicate rocks. This is 

further supported by the high MgO content of micaceous minerals (biotite and chlorite), which 

have ~6 Wt. % more MgO than the bedrock. This would suggest that micaceous minerals in the 

bedrock are the main source of Mg to the weathering system of the Southern Alps.  

 

 Overall chemical weathering rates, carbonate weathering rates, and to a lesser extent silicate 

weathering rates in the Southern Alps are relatively high compared to rivers globally. 

Atmospheric CO2 consumption rates attributed to carbonate weathering are also high compared 

to rivers globally, however atmospheric CO2 consumption rates attributed to silicate weathering 

are relatively low.  

 

 Rapid uplift and erosion rates along with heavy rainfall west of the Main Divide have led to high 

overall chemical weathering rates, carbonate weathering rates and atmospheric CO2 consumption 

rates attributed to carbonate weathering. There is little observed difference in silicate weathering 

rates east and west of the Main Divide. However, atmospheric CO2 consumption rates attributed 

to silicate weathering are higher east of the Main Divide. This indicates that although uplift in 

the Southern Alps may accelerate chemical weathering, it does not necessarily enhance the rate 

of long term atmospheric CO2 consumption.  
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Chapter 5  

Lithium Isotopes as a Tracer of Weathering 

Processes in the Southern Alps 

5.1 Introduction  

Lithium isotopes have a large relative mass difference, resulting in significant variations in the 

lithium isotopic signature (δ7Li) of natural reservoirs. Lithium isotopes are effective tracers of 

weathering processes as the isotopic compositions in river waters are dependent on the composition 

of the underlying bedrock and the processes involved with weathering. Generally, there is little 

variation in δ7Li values of different rock reservoirs (Figure 1.8), and rivers tend to be highly 

fractionated from rocks and have heavier δ7Li values (Figure 1.9). It is widely accepted that lithium 

isotopic fractionation during weathering is associated with the formation of secondary alteration 

products (Huh et al., 2001; Kısakűrek et al., 2005; Pogge von Strandmann et al., 2006; Vigier et al., 

2009; Millot et al., 2010; Pogge von Strandmann et al., 2010; Wimpenny et al., 2010b). Little or no 

lithium isotopic fractionation occurs during the weathering and dissolution of primary silicate 

minerals (Pistiner and Henderson, 2003; Wimpenny et al., 2010a). Hence, riverine δ7Li signatures 

are controlled by the rate of Li release into solution by dissolution of primary minerals, and by the 

rate of Li removal from solution by secondary mineral precipitation.  

In order to fully utilize Li isotopes as geochemical tracers of weathering processes, the δ7Li 

signatures of different geological reservoirs need to be characterised, and the dominant processes 

controlling Li isotopic fractionation and the extent of fractionation need to be determined. In this 

chapter, the Li isotopic composition of river waters and other weathering products collected from the 

Southern Alps on South Island, New Zealand, will be used to interpret the weathering system. These 

samples include river waters, groundwaters, spring waters, bedrock, river sands and suspended load. 
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5.2 Methods 

Full details of the methods used for the determination of Li isotope compositions are given in Chapter 

3 (Section 3.5). Briefly, lithium was separated from the sample matrix using cation exchange 

chromatography. Acid-cleaned PTFE columns were loaded with AG50W-X12 cation exchange resin 

to a height of 8.5 cm in 0.2 M TD HCl, and the lithium fraction was eluted with 0.2 M TD HCl. A 

column calibration was carried out to ascertain the volume of 0.2 M TD HCl needed to collect the 

whole Li elution curve to ensure complete collection of Li. For rock samples, a larger elution volume 

was collected to account for matrix effects. Lithium isotopic analyses were carried out on a Thermo 

Scientific Neptune MC-ICP-MS at the National Oceanography Centre, Southampton. Both a CETAC 

Aridus IITM and a ThermoFinnigan sample introduction system (SIS) were used depending upon the 

lithium concentration in the samples. A CETAC Aridus ITM was also used alongside a Thermo 

Scientific Neptune MC-ICP-MS at the University of Bristol for one batch of samples. The Li isotopic 

values are expressed as δ7Li, the per mil (‰) deviation of the 7Li/6Li ratio from the international 

NIST standard LSVEC. To ensure that no isotopic fractionation occurred during column chemistry, 

LSVEC, IAPSO seawater and a series of certified rock reference materials (JB-2, BCR-2, JSl-1 and 

JSl-2) were passed through the cation exchange columns and analysed within each instrument 

analysis. The external reproducibility of the δ7Li values of the fluid samples from this study is 

±0.61‰, and ±0.64‰ for rock samples (Table 3.4). The external reproducibility for the δ7Li analyses 

is given as twice the standard deviation (2σ) throughout this chapter.  

 

5.3 Results 

Results of δ7Li analyses are reported in Figure 5.1 and Figure 5.2. The river waters and groundwaters 

(Tartare Tunnels fluids) sampled from the Southern Alps have higher δ7Li values than the bedrock, 

whereas the δ7Li composition of the spring waters is less fractionated from the bedrock, with some 

spring water samples approaching bedrock δ7Li values. The lithium concentration of the bedrock 

ranges from 21.6 µg/g to 75.6 µg/g, and show a narrow range of δ7Li values, from -1.6‰ to +1.4‰. 

The concentration of Li in the glacial rivers ranges from 0.23 μmol/L to 0.35 μmol/L, and the δ7Li 

values range from +12.0‰ to +14.5‰. In the non-glacial rivers, the concentration of Li ranges from 

0.10 μmol/L to 0.46 μmol/L, and the δ7Li values have a large range from +11.8‰ to +26.1‰.  
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FIGURE 5.2:  Lithium concentration against δ7Li value of samples from 

the Southern Alps. The external reproducibility of the δ7Li analyses is 

smaller than the size of the symbols. 

FIGURE 5.1: δ7Li values of fluid samples (river water, groundwater and 

spring water) from the Southern Alps, with comparison to the bedrock. 

The external reproducibility of the δ7Li analyses is smaller than the size 

of the symbols.  
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The Tartare Tunnels fluids have a lithium concentration range of 0.08 µmol/L to 0.55 μmol/L and a 

δ7Li signature range of +17.1 to +25.9‰. The metasedimentary-hosted spring waters have a high 

concentration of Li, which  ranges from 30.6 μmol/L to 303 μmol/L, and the δ7Li values display a 

wide range from +0.2‰ (bedrock δ7Li values) to +10.8‰. The concentration of Li in the ultramafic-

hosted hyperalkaline spring waters is much lower than it is in the metasedimentary-hosted spring 

waters, and ranges from 1.06 μmol/L to 1.90 μmol/L, and the δ7Li values range from +7.4‰ to 

+8.9‰. Due to low flow rates, the maximum possible spring water input into the rivers is generally 

significantly less than 1% for most elements, including lithium, and therefore the spring waters will 

have a negligible effect upon the lithium isotopic signature of the rivers (see Section 4.4.1). Thus, 

the spring waters will not be considered when interpreting the weathering system of the Southern 

Alps in this chapter. The δ7Li signature and processes controlling isotopic fractionation of the spring 

waters will be further discussed in Chapter 7.  

There is little variation in δ7Li value of rock reservoirs compared to fluid reservoirs of the Southern 

Alps (Figure 5.3). The mica mineral separates, likely to be the source of the majority of Li in the 

bedrock ([Li] = 68.8-258 µg/g), have δ7Li signatures that are similar to the bulk bedrock. All river 

sand size fractions also have similar δ7Li values to the bedrock, although the clay river sand fraction 

is at the lower end of this range (δ7Li = -2.6‰ to +0.1‰). The riverine suspended load is also similar 

to the bedrock, but again, sits at the lower end of the range of δ7Li values (δ7Li = -2.5‰ to +0.7‰). 

The spring water suspended load shows more variation in δ7Li value, with samples ranging from -

FIGURE 5.3: δ7Li signatures of the bedrock and weathering products of the 

Southern Alps. The external reproducibility of the δ7Li analyses is shown in 

the top right hand corner of the plot (2σ). 
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4.0 to +4.4‰, which would suggest that there are processes occurring at depth at higher temperatures 

that are not affecting rocks at the surface. Due to the negligible contribution of the spring waters to 

the river chemistry, the spring water suspended load will not be considered when interpreting the 

weathering system of the Southern Alps in this chapter (see Section 4.4.1). The δ7Li of the spring 

water suspended load will be further discussed with the spring waters in Chapter 7.  

 

5.4 Discussion 

5.4.1      Bedrock δ7Li  

The δ7Li composition of bedrock samples collected from the Southern Alps in this study (δ7Li = -1.6 

to +1.4‰; Figure 5.4) are consistent with bedrock analysed from the Southern Alps by Qui et al. 

(2011) (δ7Li = -2.4 to +2.6‰). There is little variation in δ7Li signature of the bedrock samples. There 

appears to be no relationship between δ7Li signature of the bedrock and Li concentration (Figure 

5.4), which is also in agreement with Qiu et al. (2011). Low grade metavolcanics and metasediments 

from China (Teng et al., 2004) have similar Li concentrations and δ7Li signatures to the 

FIGURE 5.4:  Lithium concentration against δ7Li value of bedrock from the 

Southern Alps. Published data sourced from: (a)(Qiu et al., 2011), (b)(Teng 

et al., 2004), (c)(Moriguti and Nakamura, 1998), (d)(Tomascak et al., 1999), 
(e)(Tomascak et al., 2008). The external reproducibility on the δ7Li values 

from this study is 2σ. 
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metasedimentary bedrock samples from the Southern Alps. Fresh MORB is more enriched in the 

heavier lithium isotope and the average δ7Li signature is +3.7‰ (Moriguti and Nakamura, 1998; 

Tomascak et al., 1999; Elliott et al., 2006; Tomascak et al., 2008). This is likely due to the 

mineralogical composition of the particular lithology. The metasediments of the Southern Alps are 

rich in biotite and chlorite which generally have δ7Li values of ~0‰ (Figure 5.3; Table B.4 in 

Appendix B). MORB is sourced from the undepleted upper mantle, which has an estimated δ7Li 

signature of approximately +3.5‰, obtained from studies of bulk rock, pyroxene and olivine from 

mantle xenoliths (Brooker et al., 2004; Seitz et al., 2004; Jeffcoate et al., 2007) 

 

5.4.1.1      Effect of Protolith Lithology 

The δ7Li signature of the bedrock does not show any variation with differing protolith lithology 

across the Southern Alps (Figure 5.5). Protolith lithologies show a wide range of lithium 

concentrations, with metabasalts having the highest concentration of lithium ([Li] = 74.5-92.2 µg/g). 

For silicate rocks, these Li concentrations are high compared to fresh basalt ([Li]basalt = ~5-10 µg/g; 

Moriguti and Nakamura,1998; Tomascak et al., 1998; Tomascak et al., 1999; Chan and Frey, 2003). 

The high Li concentration in the metabasalts of the Southern Alps is likely due to hydrothermal 

alteration through the infiltration of fluids during metamorphism. The quartzofeldspathic 

metasediments are the most variable of the protolith lithologies in Li concentration (21.6-75.6 µg/g) 

and δ7Li value (-1.6 to +1.4‰) and are the most common in the Southern Alps (Figure 5.5). The Li 

FIGURE 5.5: Lithium concentration against δ7Li value for various 

protolith lithologies of the Southern Alps bedrock. QFS = 

quartzofeldspathic. The external reproducibility on the δ7Li values is 

2σ. 
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concentration and δ7Li signature of psammite, pelite and greywacke protolith lithologies are all 

within the range of quartzofeldspathic metasediments. There is no significant heterogeneity in 

protolith elemental concentration in the bedrock samples analysed from the Southern Alps (see 

Section 4.3.4), which would explain why little variation is observed in lithium concentration and δ7Li 

signature across this suite of samples. 

 

5.4.1.2      Effect of Prograde Metamorphism 

The lithium concentration and δ7Li signature of the bedrock show no variation with metamorphic 

grade (from unmetamorphosed greywacke to garnet-oligoclase Amphibolite Facies schist) (Figure 

5.6). Most prograde metamorphic reactions in metapelites release H2O, into which Li preferentially 

partitions over minerals (Brenan et al., 1998), which would suggest that Li concentration should 

decrease in the bedrock as metamorphic grade increases. However, this effect is not observed in the 

Southern Alps (Figure 5.6), although it has been observed in a contact aureole under Greenschist 

Facies conditions (Teng et al., 2007).  

Removal of Li from metapelites via Rayleigh distillation during progressive metamorphic 

dehydration has been suggested to result in only minor Li isotopic fractionation (Wunder et al., 2005), 

although a shift in δ7Li value with increasing metamorphism is not observed in the bedrock of the 

Southern Alps (Figure 5.6). Thus, low-grade metamorphism has little effect upon bedrock δ7Li 

signatures; similarly, prograde metamorphism, from unmetamorphosed rocks up to eclogite facies, 

has been observed to only account for a δ7Li decrease of ≤3‰ (Marschall et al., 2007). 

FIGURE 5.6: Lithium concentration and δ7Li value verses increasing metamorphic 

temperature of the Southern Alps bedrock. The theoretical metamorphic temperature of 

the metamorphic grade has been estimated in previously published work (Mortimer, 

1993; Mortimer, 2000; Pitcairn, 2004), with an error of ±50 °C. The external 

reproducibility on the δ7Li values is 2σ. 
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To explore the effect of catchment bedrock upon the δ7Li signature of the rivers draining the Southern 

Alps, the metamorphic grade of the bedrock can be plotted against δ7Li signature for the bedrock and 

river water samples (Figure 5.7). There is no observed relationship between δ7Li signature of the 

river waters with increasing metamorphic grade of the bedrock. Thus, in the Southern Alps, 

catchment lithology and metamorphic grade do not appear to have any effect upon the δ7Li value of 

the river waters. 

 

5.4.1.3      Breakdown of Bedrock in the Weathering System 

The relationship between Li concentration and δ7Li value for the rock particulates analysed in this 

study (river sand size fractions, riverine suspended loads and mica mineral separates from the 

bedrock) and the bedrock of the Southern Alps can be seen in Figure 5.8. Bulk river sand and fine 

river sand all plot within range of the bedrock.  

 

FIGURE 5.7: Theoretical metamorphic temperature against δ7Li value of the bedrock 

and the dissolved load in the river waters of the Southern Alps. The metamorphic grade 

of the river catchments was estimated by using ArcGIS to determine the location of the 

catchment and the dominant metamorphic grade. The theoretical metamorphic 

temperature of the metamorphic grade has been estimated in previously published work 

(Mortimer, 1993; Mortimer, 2000; Pitcairn, 2004), with an error of ±50 °C. The 

external reproducibility of the δ7Li analyses is smaller than the size of the symbols. 
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TABLE 5.1: A mass balance defining the proportion of lithium in the bedrock that is 

derived from mica minerals. The Li concentration values for biotite, muscovite and chlorite 

are from this study. The Li concentration values for quartz (Dennen, 1966; Vorontsov and 

Lin, 1966; Dennen, 1967) and plagioclase (Bindeman et al., 1998) were sourced from the 

literature. The major mineral proportions in the bedrock were estimated for a high 

metamorphic grade quartzofeldspathic rock of the Otago/Alpine schist of Greenschist to 

Amphibolite Facies (Craw, 1984; Mortimer and Roser, 1992; Pitcairn, 2004; Menzies et 

al., 2014).  

 

FIGURE 5.8: Li concentration against δ7Li value of the bedrock and 

weathering products of the Southern Alps weathering system. The external 

reproducibility on the δ7Li values is 2σ.  

 

Li Li in Rock

Concentration from Mineral

(µg/g) (% ) (µg/g) (% )

Bulk Bedrock 42.6 100

Biotite 217 10 21.7 51.0

Muscovite 68.8 10 6.88 16.2

Chlorite 186 3 5.58 13.1

Quartz 12.5 60 7.50 17.6

Plagioclase 5.00 17 0.85 2.00

SUM 100 42.5 99.8

Mineral in 

Rock

Li from 

Mineral
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The mica minerals separated from bedrock samples of the Southern Alps have a high concentration 

of Li (68.8-259 µg/g), but generally fall within the same range of δ7Li values as the bulk bedrock 

(except for chlorite which has a light δ7Li value of -2.5‰; Figure 5.8). A mass balance was used to 

define the proportion of lithium in the bedrock that is derived from each of the major mineral 

constituents (Table 5.1). Around 80% of lithium in the bedrock is sourced from micaceous minerals, 

and as there is little difference between the δ7Li value of the bedrock and micas, this would suggest 

that micas have a significant influence upon the δ7Li composition of the bedrock.   

In sediments that are clay-rich, lithium is predominantly hosted in smectite, illite and chlorite clay 

minerals (Chan et al., 1994; Chan and Kastner, 2000). The clay fraction of the river sand has 

relatively high concentrations of Li (50.8-90.3 µg/g) compared to the bedrock ([Li] = 21.6-75.6 

µg/g), and the range of δ7Li values are slightly lower (-2.6 to +0.1‰) than that of the bedrock (-1.6 

to +1.4‰). It would be expected that if these clays were the product of secondary mineral formation, 

they would have low δ7Li values, as the formation of secondary minerals during weathering 

preferentially sequesters 6Li (Huh et al., 1998; Huh et al., 2001). However, only one clay fraction 

(from Sheil’s Creek) falls well below the δ7Li range for the Southern Alps bedrock (δ7Li = -2.6‰). 

This may indicate that the other clay fractions included very fine rock material (as no disaggregate 

was used to separate the clays; see Section 3.2), and/or some of the clays present are detrital.  

FIGURE 5.9: CIA (chemical index of alteration) against δ7Li value of the 

bedrock and weathering products of the Southern Alps. The external 

reproducibility on the δ7Li values is 2σ.  
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The riverine suspended load has a large variation in Li concentration (12.6-51.1 µg/g). The suspended 

load samples are slightly isotopically lighter (δ7Li = -2.5 to +0.7‰) than the bedload (δ7Li = -1.5 to 

+0.0‰), which is consistent with previous work (Kısakűrek et al., 2005; Pogge von Strandmann et 

al., 2006; Pogge von Strandmann et al., 2010). This reflects the preferential uptake of 6Li into 

secondary alteration products, which are a component of the suspended load.  

CIA (chemical index of alteration; detailed in Chapter 4) values can be calculated to ascertain the 

degree of weathering that has taken place; high CIA values are usually indicative of greater 

weathering (Nesbitt and Young, 1982). The CIA of the bedrock and various rock particulate samples 

from this weathering system do not correlate with δ7Li values (Figure 5.9), which suggests that 

chemical weathering is insufficient to cause any significant change in the δ7Li composition of the 

rocks. However, the degree of chemical weathering does have an effect upon the Li isotopic 

composition of the river waters; this will be discussed in Section 5.4.3. 

 

5.4.2      Groundwater (Tartare Tunnels) δ7Li 

The groundwater fluids have infiltrated through the bedrock at low temperature to reach fractures in 

the roof of the Tartare Tunnels (Menzies, 2012). The groundwaters have a similar lithium 

concentration range (0.08-0.55 μmol/L) and δ7Li range (δ7Li = +17.1 to +25.9‰) to the river waters 

of the Southern Alps. There is evidence for lithium concentration increasing with increasing tunnel 

overburden, which likely reflects increased water-rock residence time (Figure 5.10 A). However, 

with only 3 data points, this relationship can only be speculated upon.  

FIGURE 5.10: Increasing tunnel overburden of the Tartare Tunnels against Li 

concentration (A) and δ7Li value (B) of groundwater samples collected from the Tartare 

Tunnels. The external reproducibility of the δ7Li analyses is smaller than the size of the 

symbols. 

B A 
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Reactions at low temperature include the formation of secondary alteration products in the form of 

clays. This process isotopically fractionates Li, as 6Li preferentially goes into the secondary alteration 

products and 7Li remains in solution (Huh et al., 2001), resulting in heavy δ7Li signatures of the 

groundwaters. Groundwater δ7Li values decrease with increasing tunnel overburden (Figure 5.10 B), 

which suggests that weathering becomes more congruent, as increased water/rock interaction results 

in the groundwaters becoming oversaturated with respect to secondary phases, inhibiting the 

formation of secondary minerals. In addition, it is possible that secondary phases are being 

chemically dissolved and this process is releasing 6Li into solution. 

The groundwater sample that travelled through the highest amount of tunnel overburden (i.e. longest 

flow path) is the only sample from the Tartare Tunnels that plots within range of other groundwater 

studies (Négrel et al., 2012; Meredith et al., 2013; Pogge von Strandmann et al., 2014; Liu et al., 

2015), as shown in Figure 5.11. The other groundwater samples from the Tartare Tunnels that 

infiltrated through much less bedrock plot closer to the average for world rivers ([Li] = ~0.35 μmol/L; 

δ7Li = ~22.4‰; Huh et al., 1998).  

FIGURE 5.11: Lithium concentration against δ7Li value of the dissolved load in 

the groundwater samples collected from the Tartare Tunnels, with comparison to 

global published data. Data sourced from: (a)(Négrel et al., 2012), (b)(Meredith et 

al., 2013), (c)(Pogge von Strandmann et al., 2014), (d)(Liu et al., 2015), (e)(Huh et 

al., 1998). The grey band represents the range of bedrock δ7Li values across the 

Southern Alps. The external reproducibility of the δ7Li analyses is smaller than 

the size of the symbols. 
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5.4.3      River Water δ7Li  

The river waters draining the Southern Alps are within range of lithium concentration and δ7Li value 

observed for global rivers in previously published work (Figure 5.12). However, the Southern Alps 

river waters are at the higher end of lithium concentration ([Li] = 0.10-0.46 μmol/L) and the lower 

end of the δ7Li range (δ7Li = +11.8 to +26.1‰). 

  

5.4.3.1      Effect of Secondary Mineral Formation 

During weathering, bedrock disintegrates and dissolution of primary minerals occurs, followed by 

the formation of secondary alteration products. Lithium is a fluid-mobile element and is incorporated 

into these secondary products, which results in fractionation of lithium isotopes. This process 

preferentially retains the light 6Li isotope in secondary minerals and leaves the heavy 7Li isotope in 

solution (Huh et al., 2001). To determine the degree of retention of Li in secondary minerals, the 

relationship between ratios of Li/Na of the dissolved load and Li/Na of weathered rock particulates 

against δ7Li value of the river waters can be used as an index of Li mobility in relation to Na, which 

FIGURE 5.12:  Lithium concentration against δ7Li value of the dissolved load in the river 

waters draining the Southern Alps, with comparison to global published river data. Data 

sourced from: (a)(Wimpenny et al., 2010b), (b)(Vigier et al., 2009), (c)(Pogge von 

Strandmann et al., 2006), (d)(Kısakűrek et al., 2005), (e)(Millot et al., 2010), (f)(Huh et al., 

2001), (g)(Liu et al., 2015), (h)(Pogge von Strandmann et al., 2010), (i)(Huh et al., 1998). 

The grey band represents the range of bedrock δ7Li values across the Southern Alps. The 

external reproducibility of the δ7Li analyses is smaller than the size of the symbols. 



Chapter 5 

116 

is rarely retained in secondary minerals (Figure 5.13; Millot et al., 2010). The fraction of Li remaining 

in solution relative to Na (ƒLi) is defined by: 

ƒ
Li

 =  
(Li/Na)dissolved

(Li/Na)rock

                                                (Eq. 5.1) 

Both bedload and suspended load samples were used to determine the Li/Na ratio of the rock. If ƒLi 

= 1, then chemical weathering is congruent (Millot et al., 2010). However, the river waters that have 

δ7Li values of >17‰ all have ƒLi values of less than 1, which indicates that Li is retained in secondary 

minerals (Figure 5.13). XRD analysis (discussed in Chapter 4) shows that illite, chlorite and minor 

kaolinite clay minerals are present in river sand clays sampled from the rivers draining the Southern 

Alps, which all readily incorporate lithium. Experimental data indicates that Li isotopic fractionation 

during clay mineral formation is caused by surface complexation reactions associated with a change 

in Li coordination chemistry or by Li substitution into crystal lattices (Zhang et al., 1998; Pistiner 

and Henderson, 2003; Vigier et al., 2008). 

Some river waters (glacial and non-glacial) draining the Southern Alps have ƒLi values greater than 

1. There does not appear to be any viable reason as to why these rivers have ƒLi values greater than 

1, other than that they have the highest Li/Na ratios in the dissolved load. This is unexpected, and 

FIGURE 5.13: Ratios of Li/Na in the dissolved load and Li/Na in weathered 

rock particulates was calculated and plotted against δ7Li value of the 

dissolved load in the Southern Alps. The grey band represents the range of 

δ7Li values for bedrock across the Southern Alps. The external 

reproducibility of the δ7Li analyses is smaller than the size of the symbols. 
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may indicate that these river waters are not in equilibrium with the suspended particles or bedload, 

meaning that they are not representative of the river water sample collected. There is little variation 

in the chemical composition or δ7Li signature of the bedrock and its weathering products, and so 

variations in Li/Narock are unlikely to cause the ƒLi > 1 values (Figure 5.13). In addition, a single-spot 

measurement of bedload/suspended sediment is unlikely to always be representative of a river water 

sample that may have travelling a long distance downstream to reach the sampling location. When 

ƒLi = 1 (i.e. when chemical weathering should be congruent), riverine δ7Li should be 0‰, however 

this is not evident in Figure 5.13. This is because chemical weathering is rarely truly congruent, and 

congruent weathering is not observed in the Southern Alps in this study. It is possible that ƒLi = 1 in 

tropical watersheds with thick and heavily chemically weathered soils, where chemical weathering 

is more congruent.  

 

5.4.3.2      Effect of Rainfall and Erosion 

Lithium concentration and δ7Li composition of river waters is dependent upon chemical weathering 

intensity and formation of secondary alteration products during weathering and transport (Stallard 

and Edmond, 1981; James and Palmer, 2000; Kısakűrek et al., 2005). The overall chemical 

weathering intensity is strongly affected by climatic effects, such as temperature and meteoric 

precipitation (e.g. White and Blum, 1995). These factors can also affect the erosion rate; mechanical 

breakdown of the bedrock increases surface area, leading to increased potential for chemical 

weathering. Rapid mountain uplift, which can lead to the development of high relief and glacier 

formation, can also lead to rapid erosion rates, creating new weathered surfaces and increasing the 

potential for chemical weathering.  

Studies focusing on the relationship between physical erosion and chemical weathering rates, and 

the subsequent effect upon riverine δ7Li values, have drawn different conclusions. An increase in 

seawater δ7Li over the last 40 Myr has been attributed to increased denudation from the Himalayan 

uplift and increased incongruent weathering (formation of secondary minerals) in the rapidly eroding 

mountain belt (Misra and Froelich, 2012). Several problems have been noted with this interpretation. 

First of all, the use of ‘weathering-limited’ and ‘transport-limited’ regimes are used in connection 

with chemical weathering, when these terms are strictly only applied to physical erosion rates. 

Chemical erosion fluxes should be described in terms of ‘supply-limited’ and ‘kinetic-limited’ 

regimes (see Section 1.6 for further definition of these terms). Secondly, Misra and Froelich (2012) 

suggest that incongruent weathering (incomplete weathering and the formation of secondary 

minerals; high riverine δ7Li values) is occurring in ‘kinetically-limited’ regimes, and that congruent 

weathering (complete weathering with no secondary mineral formation; low riverine δ7Li values) is 

occurring in ‘supply-limited’ regimes. However, rivers draining the Himalayas have δ7Li values 

lower than the riverine global average (Kısakűrek et al., 2005), implying that Himalayan weathering 
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is more congruent, which should have resulted in Himalayan uplift driving seawater δ7Li to lower 

values rather than higher (Pogge von Strandmann and Henderson, 2015).  

The Southern Alps form an asymmetric mountain belt, which provides a barrier to the prevailing 

westerly winds, producing a rain shadow to the east (Henderson, 1993; Mosley and Pearson, 1997). 

The Main Divide forms the highest point along this mountain chain, separating the eastern and 

western climatic regimes. Rainfall is extremely heavy west of the Main Divide (~12 m/yr) and low 

to the east (<1 m/yr; Griffiths and McSaveney, 1983; Henderson and Thompson, 1999). Pogge von 

FIGURE 5.14: Riverine δ7Li values against uplift rates for rivers draining the 

Southern Alps on South Island, New Zealand (Pogge von Strandmann and 

Henderson, 2015). Uplift rates for each sample were taken from a digital 

elevation model of the Southern Alps (Robinson et al., 2004). 

FIGURE 5.15: Lithium concentration against δ7Li value of river waters 

draining the east and west of the Main Divide. The grey band represents the 

range of bedrock δ7Li values across the Southern Alps. The external 

reproducibility of the δ7Li analyses is smaller than the size of the symbols. 
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Strandmann and Henderson (2015) assessed the relationship between riverine δ7Li values and uplift 

rate (Figure 5.14), using data from the Southern Alps on South Island, New Zealand, which indicated 

that there is a negative correlation between riverine δ7Li values and increasing uplift rates. This 

suggests that weathering is more incongruent (more secondary mineral formation driving δ7Li to 

higher values) in the lowlands than in the rapidly uplifting and eroding mountainous regions, where 

secondary mineral formation is relatively inhibited. This is consistent with the relatively low δ7Li 

values of the Himalayan rivers (Kısakűrek et al., 2005). As it is known that seawater δ7Li has risen 

over the last 40 Myr (Misra and Froelich, 2012), which coincides with the uplift of the Himalayas, it 

was suggested that the dominant effect upon seawater δ7Li is instead Li isotopic fractionation 

occurring in the floodplains (significant retention of Li by clays), and it is possible that this process 

is linked to the increased supply of material transported in rivers due to rapid uplift and erosion 

(Pogge von Strandmann and Henderson, 2015). Thus, it was suggested that Li isotopes are a record 

of the efficiency of continental weathering in driving CO2 removal, instead of a measure of the total 

amount of CO2 removal (Pogge von Strandmann and Henderson, 2015).  

However, the data from this study does not support the findings of Pogge von Strandmann and 

Henderson (2015), as no clear difference in riverine δ7Li signature is observed east and west of the 

Main Divide (Figure 5.15). Rivers on South Island, New Zealand, are short and have little in the way 

of floodplains, and therefore chemical weathering is unlikely to have been high enough to drive δ7Li 

FIGURE 5.16: Physical denudation rate against total chemical weathering rate of 

climate-adjusted global river water data. The black symbols represent data compiled by 

West et al. (2005) and the green symbols represent data from this study using physical 

denudation rates for the Southern Alps from Jacobsen and Blum (2003). The solid black 

line represents the modelled trends for ‘supply-limited’ and ‘kinetic-limited’ regimes, 

and an order of magnitude increase or decrease in particle diameter size for this model is 

shown by the grey band (Gabet and Mudd, 2009). 
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to significantly higher values. In addition, physical erosion may be lower in the east than the west, 

but it is still high on a global scale (Figure 5.16). Rivers in the west have been subject to rapid uplift 

and erosion, which should inhibit secondary mineral formation (‘kinetic-limited’), leading to lower 

riverine δ7Li values. However, the δ7Li values of rivers to the west do not approach that of the 

bedrock, which may be due to very high rainfall rates (Griffiths and McSaveney, 1983; Henderson 

and Thompson, 1999), which would promote leaching. Calculations have also shown that silicate 

chemical weathering rates are similar east and west of the Main Divide (see Section 4.4.6). In 

addition, secondary clays have been found in both eastern and western rivers (see Section 4.4.4), 

indicating that secondary mineral formation (incongruent weathering) has occurred on both sides of 

the Main Divide. A negative correlation between riverine δ7Li and uplift rate should be observed, 

suggesting more dissolution of primary rock is occurring relative to secondary mineral formation 

(Pogge von Strandmann and Henderson, 2015), but this relationship cannot be observed from rivers 

on the South Island analysed in this study due to the nature of the weathering environment in the 

Southern Alps.  

The precision of the uplift rates used to plot against δ7Li values (Pogge von Strandmann and 

Henderson, 2015; Figure 5.14) is limited (Robinson et al., 2004). Although this model acts as a good 

guide to the relative uplift rate in the region, it is a simplified representation of the complex tectonic 

deformation of the South Island (Robinson et al., 2004). The riverine δ7Li values are really plotted 

against exhumation and denudation, and there is also a time dependence that needs to be considered 

(Lamb and Bibby, 1989; Ota et al., 2010). In addition, a significant amount of sediment delivery is 

landslide/debris flow derived, which is driven by rainfall and earthquake ground shaking (Hovius et 

al., 1997; Bull and Brandon, 1998; Korup et al., 2004). 

Thus, it would be more appropriate to instead observe the relationship between δ7Li values and 

erosion rate and rainfall (Figure 5.17). The rainfall data is based on the period 1971-2000 (Tait et al., 

2006), and was recorded by NIWA (National Institute of Water and Atmospheric Research Limited 

in Christchurch, New Zealand). The erosion rate is derived from a grid of suspended sediment yield 

(recorded by NIWA), calculated as a mean ground lowering rate, assuming an average crustal density 

of 2.65 t/m3 (Cox et al., 2012). Atmospheric inputs to the elemental concentration of the rivers 

draining the Southern Alps were applied in Section 4.3.1. Although we know the δ7Li composition 

of seawater, we do not know the δ7Li composition of the rain water over the Southern Alps. 

Therefore, it would not be appropriate in this case to apply an atmospheric input δ7Li correction to 

the river waters in this study.  

Although rivers east of the Main Divide generally have lower erosion rates and amounts of rainfall, 

which is what would be expected, the riverine δ7Li values appear to show little correlation with 

rainfall and erosion rate (Figure 5.17). High mechanical erosion rates should inhibit the formation of 

secondary minerals, resulting in lower riverine δ7Li values. However, the highest erosion rates are in 
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the west where rainfall is very high (up to 8 m/yr; Figure 5.17), which would increase the potential 

for chemical weathering by increasing leaching. The relationships shown in Figure 5.17 are not 

linear, thus suggesting that climate has an indirect influence upon Li isotopic fractionation.  

 

5.4.3.3      Effect of Glaciation 

The rivers draining temperate glaciers in the Southern Alps have distinctly lower δ7Li values than 

glacial rivers at higher latitudes (Figure 5.18). The glacial rivers in the Southern Alps have lower 

δ7Li signatures (δ7Li = +12.0 to +14.5‰) than glacial rivers in Iceland (δ7Li = +16.3 to +36.8‰; 

Pogge von Strandmann et al., 2006) and Greenland (δ7Li = +25.3 to +26.7‰; Wimpenny et al., 2010; 

Figure 5.18). The chemical dissolution rate underneath the glaciers in the Southern Alps must be 

significantly higher than in Iceland and Greenland, as the glacial river waters in the Southern Alps 

are oversaturated with respect to secondary mineral phases (Section 5.4.4). By contrast, XRD 

analyses show little evidence for the formation of clay minerals in glacial rivers in Greenland 

(Wimpenny et al., 2010b). Instead, the lithium isotopic fractionation observed in these glacial rivers 

was attributed to the formation of Fe-oxyhydroxides, as result of sulphide oxidation under the ice 

(Wimpenny et al., 2010b).  This process is not occurring under the glaciers of the Southern Alps, as 

these glacial rivers do not have high SO4
2- concentrations, with respect to Cl-. This suggests that 

oxidation of sulphides, and subsequent Fe-oxyhydroxide formation, is not an important mechanism 

of Li isotopic fractionation in the glacial river waters draining the Southern Alps. 

FIGURE 5.17: Erosion rate and rainfall against δ7Li values in the dissolved load of the 

Southern Alps. The crosses represent the non-glacial rivers and the diamonds represent 

the glacial rivers. The black symbols represent rivers west of the Main Divide and the 

red symbols represent rivers east of the Main Divide. The rainfall data was recorded by 

NIWA (Tait et al., 2006) and the erosion rates were calculated using sediment yield 

values recorded by NIWA (Cox et al., 2012). The external reproducibility of the δ7Li 

analyses is smaller than the size of the symbols.  
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The light δ7Li signatures of the glacial rivers in the Southern Alps may be attributed to the rapid 

advance/retreat of these glaciers (Franz Josef and Fox Glaciers), which greatly increases physical 

weathering rates from glacial grinding. The glaciers in the Southern Alps are warm-based maritime 

glaciers and they have experienced recurrent periods of dynamic advance and retreat (Fitzharris et 

al., 1999). In addition, the maritime climate and high mass turnover of these glaciers means that the 

velocities are very high for the Franz Josef and Fox Glaciers, at up to ~5 m per day (Herman et al., 

2011). Precipitation is evenly distributed throughout the year in this region so that at high altitudes, 

substantial amounts of snow can be deposited, even in summer (Fitzharris et al., 1999). Due to the 

mid-latitude, maritime locations of these glaciers, high summer solar radiation levels also mean that 

there are high volumes of melt (Fitzharris et al., 1999). With high velocity glaciers and high degrees 

of melting, it is likely that these glacial river waters are affected by high levels of mechanical erosion, 

increasing reactive surface area, resulting in more congruent weathering and lower δ7Li values in 

these glacial rivers (Figure 5.18).  

 

FIGURE 5.18: Lithium concentration against δ7Li value of the dissolved load in the 

glacial river waters draining the Southern Alps, with comparison to published data. 

Data sourced from: (a)(Pogge von Strandmann et al., 2006), (b)(Vigier et al., 2009) and 
(c)(Wimpenny et al., 2010b). The grey band represents the range of bedrock δ7Li 

values across the Southern Alps. The external reproducibility of the δ7Li analyses 

from this study is smaller than the size of the symbols. 
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5.4.4      Mineral Saturation States 

River water chemistry is strongly influenced by primary mineral dissolution and secondary mineral 

formation during weathering (Gislason and Arnorsson, 1993; Gislason et al., 1996; Sophocleous, 

2002; Gislason et al., 2006; Maher et al., 2009; Zhu and Lu, 2009). Therefore, secondary mineral 

precipitation can potentially deplete surface waters in the elements derived from the dissolution of 

primary minerals, which consequently continue to dissolve (Pogge von Strandmann et al., 2010). 

Mineral saturation states are important with respect to lithium because during mineral synthesis, 

lithium replaces Mg in micas, pyroxenes and amphiboles (Huh et al., 2004). Lithium is retained in 

secondary clays as its ionic radius is well-matched to the octahedral cavity in these minerals (Huh et 

al., 2004). Primary mineral dissolution in the Southern Alps is significantly affected by rapid uplift 

and subsequent rapid erosion (Jacobson and Blum, 2003), resulting in greatly enhanced physical 

weathering. High elevation through uplift and erosion has also led to the development of steep slopes 

(increasing the potential for landslides) and the formation of glaciers (leading to glacial grinding), 

which further enhance physical weathering. 

The Li/Mg ratio is high in the clay fraction of the river sand, compared to bulk river sand, fine river 

sand and riverine suspended load from the Southern Alps (Figure 5.19). This would suggest that the 

clay fraction is preferentially retaining Li, which is what would be expected, as the clay fraction of 

the bedload would be largely composed of secondary alteration products. 

 

FIGURE 5.19: Correlation between Mg and Li concentration for the river sand size 

fractions and suspended riverine sediments sampled from rivers draining the 

Southern Alps. 
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Primary and secondary mineral saturation rates were calculated using the geochemical modelling 

software Geochemist’s Workbench, which estimates mineral stability (degree of oversaturation or 

undersaturation) in terms of Gibbs free energy (kJ). The results are given as a Saturation Index (SI): 

SI values > 0    Mineral is oversaturated in solution 

SI values < 0    Mineral is undersaturated in solution 

If a mineral has an SI value of <0 it will dissolve, and if it has a value of >0 it has the potential to 

precipitate. A value of 0 would indicate that the mineral is in equilibrium with the solution. To 

calculate these values, in situ pH and temperature measurements, along with total alkalinity and 

measured anion and cation concentrations were used. The overall uncertainty on the calculated SI 

values is estimated to be 1-2 SI units (Stefansson and Gislason, 2001). See Section A.5 for tables of 

mineral saturation indices and further details on mineral saturation state modelling. It is important to 

note that while saturation state modelling may suggest the presence of certain minerals, XRD 

analyses may not confirm the presence of all of them. It is also important to note that geochemical 

modelling of mineral saturation states focuses on ‘brand new’ formation of minerals, and not 

absorption on neo-formed minerals. 

Biotite (primary mineral) is a major constituent of the Southern Alps bedrock and is a major source 

of Li; ~65% of Li in the bedrock is sourced from biotite (Table 5.1). Biotite has a broad range of SI 

values, from undersaturated (SI = -7) to oversaturated (SI = +3) in the river waters draining the 

Southern Alps (Figure 5.20 A). SI values show a weak positive correlation with pH for biotite.   

Illite, kaolinite and smectite (secondary minerals) are all oversaturated (SI = 0 to +4; Figure 5.20 A), 

indicating potential formation and precipitation of these secondary minerals. XRD analyses (see 

Section 4.4.4) support the presence of clays (illite and kaolinite) indicated by these geochemical 

modelling results. With increasing pH in the non-glacial rivers, illite, kaolinite and smectite become 

less oversaturated by 2-3 SI units and approach equilibrium. This would suggest that these minerals 

would become undersaturated and may dissolve at higher pH, which has been demonstrated in 

Icelandic basaltic rivers (Gislason et al., 1996; Pogge von Strandmann et al., 2006). There is also a 

negative correlation between pH and SI value of secondary minerals in the glacial rivers, and the SI 

values become less oversaturated by ~3 SI units as pH increases. 

With the relatively narrow temperature range (0-20 °C) of the rivers draining the Southern Alps, no 

correlation can be seen between temperature and the saturation index of primary minerals or 

secondary minerals (Figure 5.20 B). It is possible that the rate of dissolution of primary minerals and 

the rate of secondary mineral formation does not vary significantly between the small temperature 

range (0-20 °C) observed in these rivers.  
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The δ7Li signature of the dissolved load shows no relationship with the SI values for biotite (Figure 

5.20 C). This is what would be expected, as Li is not isotopically fractionated by the dissolution of 

primary minerals during weathering (Pistiner and Henderson, 2003; Wimpenny et al., 2010a). A 

weak correlation between the δ7Li value of the dissolved load and SI value of illite, kaolinite and 

smectite (secondary minerals) can be observed in the rivers draining the Southern Alps (Figure 5.20 

C). Some authors (Pogge von Strandmann et al., 2006) have suggested that δ7Li should increase with 

decreasing SI values, as high SI promotes more rapid precipitation of secondary minerals, which 

results in less isotope fractionation. However, higher saturation of secondary phases in river waters 

should lead to more 6Li preferentially taken up in the formation of secondary minerals, leaving the 

residual lithium in solution increasingly enriched in 7Li (Huh et al., 2001).  

Large variations in riverine δ7Li have been attributed to the formation of different secondary phases 

that have different fractionation factors with water (Millot et al., 2010; Wimpenny et al., 2010b). 

However, this cannot explain the variations in δ7Li in rivers draining the Southern Alps, as 

geochemical modelling of mineral saturation indices (Figure 5.20) suggests that all of the rivers 

draining the Southern Alps are saturated with the same secondary mineral assemblage.  
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5.4.5      Assessing the Link between Riverine δ7Li and Silicate Weathering 

The difference between the δ7Li signature of river waters and the δ7Li signature of suspended 

sediments (Δ7Li) is given by: 

Δ7Lisuspended-dissolved  =  δ7Lisuspended  -  δ7Lidissolved                   (Eq. 5.2) 

Δ7Lisuspended-dissolved is always <0, which indicates that 6Li is preferentially retained in secondary 

minerals while 7Li goes into solution (Huh et al., 1998; Huh et al., 2001). Carbonate weathering is 

essentially complete (so Δ = 0). Δ7Lisuspended-dissolved values <0 must result from the formation of 

secondary minerals during weathering of silicate minerals. The average Δ7Lisuspended-dissolved for river 

waters draining the Southern Alps is -20.5‰, which is within range of global rivers (Δ7Lisuspended-

dissolved = ~18.5 ± 10‰) (Kısakűrek et al., 2005; Pogge von Strandmann et al., 2006; Pogge von 

Strandmann et al., 2010; Wimpenny et al., 2010b).  

The isotopic fractionation factor () can be calculated from Δ7Lisuspended-dissolved values as follows: 

∝ =  e∆/1000                                                   (Eq. 5.3) 

River water Li isotopic fractionation factors in the Southern Alps range from 0.973 to 0.987. This is 

similar to values calculated between fluids and vermiculite, kaolinite and suspended sediments from 

the Mississippi River (α = 0.972-0.979; Zhang et al., 1998) and values calculated between the 

dissolved load and suspended sediments from the Himalayas (average α = ~0.976; Kisakűrek et al., 

2005).   

On a plot of δ7Li signature of the dissolved load and δ7Li signature of the suspended load, the data 

from the Southern Alps from this study plots within range of global data (Figure 5.21). This shows 

that rivers have consistently heavier δ7Li signatures than (and are highly fractionated from) the 

suspended load. This confirms that heavy riverine δ7Li values are mainly due to Li isotope 

fractionation occurring during silicate weathering (e.g. Huh et al., 2001; Pogge von Strandmann et 

al., 2006; Pogge von Strandmann et al., 2010). 

A decrease in silicate weathering intensity does not necessarily mean that a decrease in silicate 

weathering rate is observed (Wan et al., 2012). Chemical weathering intensity is defined as the degree 

of chemical depletion of silicate rocks (Wan et al., 2012). Chemical weathering rate is the lost amount 

of soluble mass per unit area per unit time of the bedrock due to chemical weathering (White and 

Blum, 1995). The chemical weathering rate is influenced by physical erosion, as high physical 

erosion rates result in the rapid production of fresh mineral surfaces, which potentially leads to rapid 

chemical weathering rates (West et al., 2005). 
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Observations have suggested that there may be a link between the rate of silicate weathering and δ7Li 

signature of river waters. Vigier et al. (2009) observed a negative correlation between δ7Li value and 

silicate weathering rates for Icelandic Rivers, and an empirical law linking δ7Li value and silicate 

weathering rate for the Icelandic river waters was deduced (Figure 5.22 A; Vigier et al. 2009). Vigier 

et al. (2009) further suggest that this law can be applied to other rivers that have a silicate weathering 

rate of less than 100 t∙km-2∙yr-1. However, when these data are considered together with the data from 

this study for the Southern Alps, and other global river water data (from the Amazon, Ganges, 

Brahmaputra, Lena, Orinoco and Kolyma rivers), no correlation is observed (Figure 5.22 B). This is 

consistent with other compiled data (Wanner et al., 2014). The collection of global rivers and the 

river waters draining the Southern Alps all display high δ7Li values and low chemical erosion rates 

(<18 t∙km-2∙yr-1). Figure 5.22 B would imply that these rivers do not follow the trend defined by 

Icelandic rivers (Vigier et al., 2009). These findings would suggest that there is not a direct link 

between silicate weathering rate and riverine δ7Li composition. Thus, the relationship between 

silicate weathering rate and riverine δ7Li shown by Vigier et al. (2009) is unlikely to be representative 

of silicate weathering at a larger scale, and is not particularly useful in deciphering the effect of other 

rock types and other climatic regimes. In addition, silicate weathering rate is only referring to 

FIGURE 5.21: δ7Li value of the suspended load against the δ7Li value of the dissolved 

load of rivers draining the Southern Alps, with comparison to global published river 

data. Data sourced from: (a)(Kısakűrek et al., 2005), (b)(Pogge von Strandmann et al., 

2006), (c)(Pogge von Strandmann et al., 2010), (d)(Millot et al., 2010), (e)(Wimpenny et 

al., 2010b), (f)(Liu et al., 2015). The external reproducibility of the δ7Li analyses from 

this study is smaller than the size of the symbols. 
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chemical dissolution of silicates, and is not representative of secondary mineral formation, which 

would explain why no correlation is observed with riverine δ7Li values. 

The rivers draining the Southern Alps show a negative correlation between δ7Li value and Li/Na 

(Figure 5.23), which agrees well with global river draining silicate catchments (Kısakűrek et al., 

2005; Pogge von Strandmann et al., 2006; Vigier et al., 2009; Pogge von Strandmann et al., 2010; 

Liu et al., 2015). This reflects the incorporation of Li into secondary minerals, whereas Na remains 

in solution, which means that Li/Na is an excellent indicator of the residence time in the hydrological 

cycle, as Na concentration in the dissolved load is generally at least  3 orders of magnitude higher 

than Li, and is therefore not as strongly affected by small amounts of secondary mineral formation 

(Liu et al., 2015). The negative correlation observed between δ7Li and Li/Na in the dissolved load 

implies that residence time has a major effect upon the δ7Li signature of rivers.  

 

 

FIGURE 5.22: Silicate weathering rates, estimated from runoff and flux of dissolved 

elements transported by rivers, against δ7Li value of river waters. The black symbols 

represent the river water samples from this study. Data sourced from the literature: 

global rivers (Huh et al., 1998; Gaillardet et al., 1999) and Icelandic rivers (Vigier et 

al., 2006; Vigier et al., 2009). The silicate weathering rates for the rivers draining the 

Southern Alps were calculated in Chapter 4. An empirical law for the Icelandic river 

data set was inferred (Vigier et al., 2009). See text for more details. The grey band 

represents the range of bedrock δ7Li values across the Southern Alps. The external 

reproducibility of the δ7Li analyses from this study is smaller than the size of the 

symbols. 

A B 
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5.4.6      Li Isotopes as a Proxy for Silicate Weathering Processes 

There is no clear variation in riverine δ7Li value between rivers east and west of the Main Divide, 

and there is no correlation between riverine δ7Li value and erosion rate and amount of rainfall (Figure 

5.15 and 5.17). Although, in a similar study in an area of heavy precipitation, significant variations 

in rainfall in the winter and summer months resulted in large variations in riverine δ7Li values, which 

suggests an indirect control of climate upon riverine δ7Li values (Liu et al., 2015). Thus, climatic 

conditions appear to have little effect upon riverine δ7Li values. 

In this chapter, it has been demonstrated that in rivers draining monolithological silicate catchments, 

δ7Li values are negatively correlated with Li/Na (Figure 5.23), which suggests that this relationship 

could be used to indicate the extent of chemical weathering occurring in rivers. Therefore, we can 

surmise that riverine δ7Li can be a robust tracer of silicate chemical weathering, as Li isotopic 

fractionation is linked to the degree of water-rock interaction and the precipitation of secondary 

minerals. Generally, the heavier the riverine δ7Li value, the more water-rock interaction has occurred, 

which is in agreement with previous studies (Wanner et al., 2014; Liu et al., 2015).  

FIGURE 5.23: δ7Li value plotted against Li/Na in the dissolved load of the 

rivers draining the Southern Alps, with comparison to global published river 

data draining monolithological silicate catchments. Data sourced from: 
(a)(Vigier et al., 2009), (b)(Pogge von Strandmann et al., 2006), (c)(Pogge von 

Strandmann et al., 2010), (d)(Kısakűrek et al., 2005), (e)(Liu et al., 2015). The 

external reproducibility of the δ7Li values from this study is smaller than the 

size of the symbols. 



Chapter 5 

131 

Assuming the rise in seawater δ7Li signature over the past 60 Myr (Misra and Froelich, 2012) is 

primarily controlled by changing riverine input, this study suggests that the seawater δ7Li 

composition reflects increased continental physical weathering processes, which is likely to be due 

to increased tectonic uplift resulting in increased water-rock interaction. In addition, climate only 

appears to have an indirect influence upon riverine δ7Li values.  

 

5.5 Summary 

 There is little variation in δ7Li values of bedrock samples from the Southern Alps (δ7Li = -1.6 to 

-1.4‰). Protolith lithology and metamorphic grade has little influence upon the Li concentration 

or the δ7Li value of the bedrock. Li concentrations in the bedrock are regulated by Greenschist 

Facies metamorphism along with mass addition. Consistent with previous studies, low grade 

metamorphism has only a negligible effect on the lithium isotopic composition of the bedrock.  

 

 Little variation is observed in lithium concentration or δ7Li signature of weathered particulate 

material. Bulk river sand and fine river sand are within range of the bedrock. The clay fraction 

of the river sand has δ7Li signatures that range from bedrock values to slightly lighter values 

(δ7Li = -2.6 to +0.1‰). This may suggest that the clay fraction also contains very fine rock 

material and/or some of the clays may be detrital.  

 

 Mass balance calculations have shown micas to be the main source of Li in the bedrock (~80%), 

as they have very high Li concentrations (68.8-258 µg/g). However, there is little difference in 

the δ7Li signature of the bedrock and the δ7Li signature of the mica mineral separates. This 

suggests that the δ7Li signature of the bedrock is strongly influenced by the δ7Li composition of 

micas present in the bedrock. 

 

 The hydrothermal spring waters across the Southern Alps generally have higher δ7Li values than 

that of the bedrock (+0.2 to +10.8‰), but lighter δ7Li values than the river waters (+11.8 to 

+26.1‰). However, the maximum possible Li contribution from spring waters into rivers is <1%, 

and so the δ7Li signature of the spring waters is unlikely to affect that of the river waters.  

 

 The groundwaters emanating from the roof of the Tartare Tunnels fall within the range of Li 

concentration and δ7Li signature of the rivers draining the Southern Alps. Compared to global 

groundwater studies, the shallowest groundwater samples from the Southern Alps have a lower 

Li concentration and a heavier δ7Li signature, but the sample that has the highest tunnel 

overburden plots within range of other groundwater studies. 
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 The rivers draining the Southern Alps are within the range of Li concentration and δ7Li values 

observed for global rivers in previously published work. However, the Southern Alps river waters 

are at the higher end of Li concentration and the lower end of the δ7Li range. Rivers draining the 

Southern Alps have relatively low δ7Li values (average δ7Li = +17.2‰), relative to rivers 

globally (average δ7Li = +23‰; Huh et al., 1998). Although, the river waters are still enriched 

in 7Li relative to the bedrock (δ7Libedrock = -1.6 to +1.4‰).  

 

 Secondary mineral formation during weathering is the dominant control on lithium isotopic 

fractionation in river waters draining the Southern Alps, which is consistent with global studies. 

Geochemical modelling of saturation states of minerals shows that secondary alteration products 

(illite, kaolinite and smectite) are oversaturated (0 to +4) in river waters and have the potential 

to precipitate.  

 

 Differing patterns in rainfall and erosion appear to have little effect upon the δ7Li value in rivers 

draining the Southern Alps. This suggests that climate does not have a direct control upon 

riverine δ7Li values. 

 

 The glacial rivers draining the Southern Alps have low δ7Li values (δ7Li = +12.0 to +14.5‰) 

compared to glacial rivers in Greenland and Iceland (δ7Li = +16.3 to +36.8‰). The glaciers in 

the Southern Alps are high velocity and are subject to a high degree of melting, which leads to 

high levels of mechanical erosion, resulting in more congruent weathering, explaining the lower 

glacial river δ7Li values. 

 

 A direct relationship between silicate weathering rate and δ7Li signature cannot be seen in the 

rivers draining the Southern Alps, which is consistent with global river studies. Rather, the δ7Li 

signature of river waters appears to be controlled by residence time of water-rock interaction (as 

shown by a plot of Li/Na vs. δ7Li), which makes Li isotopes useful tracers of silicate chemical 

weathering.  

 

 Assuming the rise in seawater δ7Li signature during the Cenozoic is primarily due to riverine 

input, the results from this study suggest that this increase may be related to tectonic uplift, which 

resulted in increased chemical weathering due to the increase in physical weathering and the 

decrease in weathering intensity. Climate appears to have at most only an indirect effect upon 

riverine δ7Li values.  
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Chapter 6  

Magnesium Isotopes as a Tracer of Weathering 

Processes in the Southern Alps 

6.1 Introduction  

The variation in the Mg isotopic composition of natural reservoirs is believed to be a result of 

physiochemical processes due to the large relative mass differences between 25Mg and 24Mg (4%) 

and 26Mg and 24Mg (8%) (Young and Galy, 2004). Silicate rock reservoirs have relatively uniform 

δ26Mg values (Figures 1.13), although carbonate rocks generally have lighter δ26Mg values (Galy et 

al., 2002; Lee et al., 2014). Therefore, a major control on the δ26Mg signature of rivers is the 

proportion of carbonate to silicate rocks in the host catchment (Tipper et al., 2006a; Tipper et al., 

2006b; Pogge von Strandmann et al., 2008; Tipper et al., 2008a). The δ26Mg signature of rivers is 

also dependent upon Mg isotopic fractionation caused by secondary mineral formation during 

chemical weathering (Galy et al., 2002; Tipper et al., 2006a; Pogge von Strandmann et al., 2008; 

Tipper et al., 2010; Wimpenny et al., 2010a), and by biotic activity (Black et al., 2006; Ra and 

Kitagawa, 2007; Bolou-Bi et al., 2010).  

The processes controlling Mg isotopic fractionation make Mg isotopes potential tracers of 

weathering processes, thus the δ26Mg compositions of different geological reservoirs need to be 

characterised, and the dominant processes controlling Mg isotopic fractionation and the extent of 

fractionation need to be determined. In this chapter, the δ26Mg composition of rivers and other 

weathering products collected from the Southern Alps on South Island, New Zealand, will be used 

to interpret this weathering system. These samples include river waters, spring waters, bedrock, river 

sands and suspended load.  
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6.2 Methods 

Full details of the methods used to determine the Mg isotopic composition of river waters, springs, 

and solid phases, are given in Section 3.6. Briefly, magnesium was separated from the sample matrix 

using cation exchange chromatography. Acid-cleaned PTFE columns were loaded with AG50W-

X12 cation exchange resin to a height of 8.5 cm (in 0.8 M TD HNO3), unwanted elements were 

discarded with a wash of 0.8 M TD HNO3, and the complete Mg fraction was eluted with 2 M TD 

HNO3. Several column calibrations were carried out to ascertain the volume and strength of acid 

required for effective separation of Mg from K and Ti, and the volume and strength of acid required 

to ensure complete collection of Mg (see Section 3.6.2). This column procedure was carried out twice 

on all samples and standards to ensure complete separation of Mg from all other elements. 

Magnesium isotopic analyses were carried out on a Thermo Scientific Neptune MC-ICP-MS, using 

a ThermoFinnigan sample introduction system (SIS), at the National Oceanography Centre, 

Southampton. The Mg isotopic values are expressed as δ26Mg, the per mil (‰) deviation from the 

pure Mg standard DSM-3 (Dead Sea Magnesium). To ensure that no isotopic fractionation occurred 

during column chemistry, DSM-3, IAPSO and rock standards (JB-2, BCR-2 and JDo-1) were passed 

through the cation exchange columns and analysed within each analytical run (see Table 3.7). The 

external reproducibility for the δ26Mg and δ25Mg analyses was determined by repeated analyses of 

standards that have well constrained magnesium isotopic values in the literature, and is given as 2σ 

(where σ is the standard deviation). The external reproducibility for the rock samples was determined 

by repeated analyses of JB-2 (n = 3), and is ±0.08‰ for δ26Mg and ±0.07‰ for δ25Mg. The external 

reproducibility for the fluid samples was determined by repeated analyses of IAPSO (n = 7), and is 

±0.09‰ for δ26Mg and ±0.06‰ for δ25Mg. 

 

6.3 Results 

The δ26Mg and δ25Mg values of all samples and standards measured in this study define a line with 

a slope of 0.525 ± 0.011 (R2 = 0.995) on a δ26Mg versus δ25Mg plot (Figure 6.1). This is close to the 

slope of the terrestrial equilibrium mass fractionation line defined by Young and Galy (2004), which 

gave a slope of 0.521. 
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The δ26Mg values of river waters and spring waters sampled from the Southern Alps are lower than 

the δ26Mg values of the bedrock (Figure 6.2 and Figure 6.3). The magnesium concentration of the 

bedrock ranges from 5910 µg/g to 52500 µg/g, and the δ26Mg values range from -0.26‰ to +0.14‰. 

Generally, the range of bedrock δ26Mg values is very narrow (-0.26 to -0.06‰), although one bedrock 

sample from Haast (C56) has a heavier δ26Mg value of +0.14‰. However, there is no analytical 

FIGURE 6.1: δ26Mg and δ25Mg values of all samples and standards analysed in 

this study. The fluid samples and standards are shown by the open black symbols 

and the rock samples and standards are shown by the solid black symbols. The 

external reproducibility on the δ26Mg and δ25Mg analyses is 2σ. 

FIGURE 6.2: δ26Mg signatures of fluid samples (river water and spring 

water) from the Southern Alps, with comparison to bedrock. The 

external reproducibility of the δ26Mg analyses is shown in the top right 

hand corner of the plot (2σ).  
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problem (i.e. no problems associated with the column chemistry or during isotopic analysis) with 

this data point and the chemistry of this bedrock sample is very similar to all other Southern Alps 

bedrock samples analysed in this study. The concentration of Mg in the glacial rivers ranges from 

11.9 µmol/L to 23.0 µmol/L, and the δ26Mg values range from -0.54‰ to -0.30‰. The concentration 

of Mg in the non-glacial rivers ranges from 7.21 µmol/L to 69.3 µmol/L, and the δ26Mg values display 

a wide range from -1.02‰ to -0.26‰.  The spring waters have a Mg concentration range of 50 

µmol/L to 190 µmol/L, and δ26Mg values fall within range of river waters of the Southern Alps 

(δ26Mg = -0.74  to -0.39‰). Due to low flow rates, the maximum possible spring water input into the 

rivers is generally significantly less than 1% for most elements, including magnesium, and therefore 

the spring waters have a negligible effect upon the δ26Mg composition of the rivers draining the 

Southern Alps (see Section 4.4.1).  

The rock reservoirs of the Southern Alps show near identical δ26Mg signatures (Figure 6.4). The mica 

mineral separates, a significant source of Mg in the bedrock ([Mg] = 11300-59000 µg/g), have a 

δ26Mg range of -0.27‰ to -0.09‰. All river sand size fractions have similar δ26Mg values to the 

bedrock (δ26Mgriver sand = -0.23‰ to -0.06‰; δ26Mgbedrock = -0.26‰ to +0.14‰). The riverine 

suspended load also falls within range of bedrock δ26Mg values (-0.22‰ to -0.09‰).  

 

FIGURE 6.3: Magnesium concentration against δ26Mg value of samples 

across the Southern Alps. The external reproducibility of the δ26Mg values is 

2σ. 
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6.4 Discussion 

6.4.1      Bedrock δ26Mg 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

FIGURE 6.4: δ26Mg value of the bedrock and weathering products of the 

Southern Alps. The external reproducibility of the δ26Mg values is shown in 

the bottom right hand corner pf the plot (2σ). 

FIGURE 6.5: Magnesium concentration against δ26Mg value of bedrock 

from the Southern Alps, with comparison to published data. Published data 

sourced from: a(Lee et al., 2014). The external reproducibility of the δ26Mg 

values from this study is 2σ. 
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The range of δ26Mg values (-0.26‰ to +0.14‰) and Mg concentration (5910-52500 µg/g) of bedrock 

samples collected from the Southern Alps on South Island, New Zealand, are  within range of δ26Mg 

signature (-0.70‰ to +0.13‰) and Mg concentration (3000-120000 µg/g) of metasilicates collected 

from South Korea (Figure 6.5) (Lee et al., 2014). Metasilicates have a heavier δ26Mg signature than 

carbonates (Galy et al., 2002; Tipper et al., 2006a; Lee et al., 2014) and volcanic rocks (Young and 

Galy, 2004; Teng et al., 2007; Tipper et al., 2008b), but generally have similar δ26Mg values to 

meteorites (Teng et al., 2010a) (Figure 1.13). The metasilicates of the Southern Alps are rich in micas 

(biotite, chlorite and muscovite), which generally have δ26Mg values within range of the bedrock 

(Figure 6.4; Table B.4 in Appendix B). 

 

6.4.1.1      Effect of Protolith Lithology 

The δ26Mg signature of the bedrock does not show any variation with differing protolith lithology 

across the Southern Alps (Figure 6.6), although metabasalts have much higher Mg concentrations 

than the metasediments ([Mg]metabasalts = 52500 µg/g; [Mg]average metasedimentary bedrock = 5910-14700 µg/g). 

The δ26Mg value of most metasilicate samples from the Southern Alps are within analytical 

uncertainty of each other, except for a high metamorphic grade sample from Haast (δ26Mg = 

+0.14‰). There is no significant protolith heterogeneity in the elemental chemistry of the bedrock 

of the Southern Alps (see Section 4.3.4), which would explain why little variation is observed in Mg 

concentration and δ26Mg value across this suite of samples. 

FIGURE 6.6: Magnesium concentration against δ26Mg value for 

various protolith lithologies of the Southern Alps. The external 

reproducibility of the δ26Mg values is 2σ. 
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6.4.1.2      Effect of Prograde Metamorphism  

Many prograde reactions in metapelites release H2O, into which Mg should readily partition, as it is 

a fluid-mobile element (Brenan et al., 1998; Pearson et al., 2006). This would suggest that Mg 

concentration should decrease in the bedrock with increasing metamorphic grade. However, Mg 

depletion due to increasing metamorphism and metasomatism is not observed in the Southern Alps, 

thus no correlation is observed between the Mg concentration of the bedrock and metamorphic grade 

(which increases from unmetamorphosed greywacke to garnet-oligoclase Amphibolite Facies schist) 

(Figure 6.7). 

In a study examining metasomatised peridotites, kinetic isotope fractionation has been suggested to 

be occurring during transport of mantle xenoliths (Pogge von Strandmann et al., 2011). It was 

proposed that diffusion of Mg into the xenoliths is coupled to hydrogen loss from anhydrous minerals 

following degassing (Pogge von Strandmann et al., 2011). However, the δ26Mg value of the Southern 

Alps bedrock appears to show no correlation with increasing metamorphic grade. If Mg was depleted 

in the bedrock with increasing metamorphism via diffusion, light Mg should be lost to solution and 

the δ26Mg value of the bedrock would become higher.  

To explore the effect of catchment lithology upon the δ26Mg signature of the rivers draining the 

Southern Alps, the metamorphic grade of the bedrock can be plotted against δ26Mg values of the 

bedrock and river water samples (Figure 6.8). No relationship can be observed between the δ26Mg 

composition of the rivers waters with increasing metamorphic grade of the bedrock. Thus, in the 

Southern Alps, catchment lithology and metamorphic grade do not appear to have any effect upon 

the δ26Mg value of the river waters.  

FIGURE 6.7: Magnesium concentration and δ26Mg value versus metamorphic 

temperature of the Southern Alps bedrock. Metamorphic temperature is estimated from 

the metamorphic grade, following (Mortimer, 1993; Mortimer, 2000; Pitcairn, 2004) and 

the estimated uncertainty of these values is ±50 ºC. The external reproducibility of the 

δ26Mg values is 2σ. 
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6.4.1.3      Breakdown of Bedrock in the Weathering System 

The rock particulates analysed in this study (river sand size fractions, riverine suspended loads and 

mica mineral separates from the bedrock) have been plotted with Mg concentration and δ26Mg value, 

with the bedrock of the Southern Alps included for reference (Figure 6.9). The bulk river sand, fine 

river sand, clay fraction of the river sand and mica mineral separates all plot within range of the 

bedrock. The riverine suspended load typically has a similar range of Mg concentration values to the 

bedrock ([Mg]suspended load = 2800-14000 µg/g; [Mg]metasilicate bedrock = 5900-14700 µg/g; [Mg]metabasalt 

bedrock = 53000 µg/g), and falls within range of the δ26Mg signature of the bedrock.  

 

FIGURE 6.8: Theoretical metamorphic temperature against δ26Mg value of the bedrock 

and the dissolved load in the river waters of the Southern Alps. Metamorphic 

temperature is estimated from the metamorphic grade, following (Mortimer, 1993; 

Mortimer, 2000; Pitcairn, 2004) and the estimated uncertainty of these values is ±50 

ºC. The metamorphic grade of the river catchments was estimated using ArcGIS. The 

external reproducibility of the δ26Mg values is 2σ.  
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FIGURE 6.9: Mg concentration against δ26Mg value of the bedrock and 

weathering products of the Southern Alps weathering system. The external 

reproducibility of the δ26Mg values is 2σ.  

 

TABLE 6.1: A mass balance defining the proportion of magnesium in the bedrock that 

is derived from mica minerals. The Mg concentration values for biotite, muscovite and 

chlorite are from this study. The Mg concentration values for quartz (Dennen, 1967) and 

plagioclase (Bindeman et al., 1998) were sourced from the literature. The major mineral 

proportions in the bedrock were estimated for a quartzofeldspathic rock of the 

Otago/Alpine schist of Greenschist Facies (Craw, 1984; Mortimer and Roser, 1992; 

Pitcairn, 2004; Menzies et al., 2014).  

 
Mg Mg in Rock

Concentration from Mineral

(µg/g) (% ) (µg/g) (% )

Bulk Bedrock 9550 100

Biotite 45900 10 4590 48.1

Muscovite 11300 10 1130 11.8

Chlorite 59000 3 1770 18.5

Quartz 1090 60 654 6.85

Plagioclase 882 17 150 1.57

SUM 100 8290 86.8

Mineral in 

Rock

Mg from 

Mineral
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The mica minerals separated from the bedrock samples of the Southern Alps have a high 

concentration of Mg (11300-59000 µg/g), but generally fall within the same range of δ26Mg values 

as the bedrock (Figure 6.9). A mass balance calculation was used to define the proportion of Mg in 

the bedrock that is derived from each of the major mineral constituents (Table 6.1). Around 78% of 

magnesium in the bedrock is sourced from micaceous minerals, and as there is little difference 

between the δ26Mg value of the bedrock and micas, this would suggest that micas have a significant 

influence upon the δ26Mg composition of the bedrock. The calculated total of Mg in the rock 

amounted to ~87% of the total Mg, which suggests that other minor minerals are also sources of Mg 

in the bedrock. 

The δ26Mg signature of the clay fraction of the river sand (δ26Mgaverage = -0.10‰) and the riverine 

suspended load (δ26Mgaverage = -0.13‰) is slightly heavier than that of the bedrock (δ26Mgaverage = -

0.16‰) (Figure 6.10), although this generally falls within analytical uncertainty. In addition, the CIA 

(degree of chemical weathering) values of the clay fraction of the river sand (average CIA = 72) and 

the riverine suspended load (average CIA = 68) are higher than the bedrock (average CIA = 65), 

which suggests that river sand clay and the suspended load are more weathered than the bedrock. 

However, there is no observable pattern between CIA and δ26Mg signature of the bedrock or the 

weathering products of the Southern Alps.  

FIGURE 6.10: CIA (chemical index of alteration) against δ26Mg value of 

the bedrock and weathering products of the Southern Alps. The external 

reproducibility of the δ26Mg values is 2σ.  
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6.4.2      δ26Mg Composition of River Waters 

The δ26Mg composition of natural waters is controlled by the mixing of waters with distinct δ26Mg 

signatures reflecting the diversity of bedrock, as well as fractionation during weathering (e.g. Tipper 

et al., 2008a). The river waters draining the Southern Alps are within the range of Mg concentrations 

and δ26Mg values observed for global rivers in previously published work (Figure 6.11). Although, 

the Southern Alps river waters are at the lower end of the magnesium concentration range ([Mg] = 

7.21-69.3 µmol/L), compared to rivers globally ([Mg] = 8.28-850 µmol/L).  

6.4.2.1      Effect of Primary Mineral Dissolution 

Primary mineral dissolution has been suggested to cause some Mg isotope fractionation, due to the 

preferential loss of light Mg to the fluid phase, resulting in lower δ26Mg values in solution (Tipper et 

al., 2006a; Wimpenny et al., 2010a). The rivers draining the Southern Alps have lower δ26Mg values 

than the bedrock (δ26Mgdissolved = -1.02 to -0.26‰; δ26Mgbedrock = -0.26 to +0.14‰; Figure 6.2). The 

large range of riverine δ26Mg values could suggest preferential dissolution of certain primary phases, 

but it was shown in Figure 6.6 that there is little evidence for significant Mg isotopic heterogeneity 

FIGURE 6.11: Mg concentration against δ26Mg value of the dissolved load in the 

rivers draining the Southern Alps, with comparison to global published river data. 

Isotopic data sourced from: a(Wimpenny et al., 2011), b(Pogge von Strandmann 

et al., 2008), c(Lee et al., 2014), d(Tipper et al., 2008a), e(Tipper et al., 2012), 
f(Brenot et al., 2008). Concentration data sourced from: d(Gaillardet et al., 1999; 

Galy and France-Lanord, 1999). The grey band represents the range of bedrock 

δ26Mg values across the Southern Alps. The external reproducibility of the δ26Mg 

analyses from this study is 2σ. 
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among the lithological protoliths of the Southern Alps. Thus, this suggests that the range observed in 

riverine δ26Mg values does not simply relate to the δ26Mg signature from primary dissolution in the 

Southern Alps, but is also affected by a secondary process (e.g. formation of secondary minerals or 

biotic activity; Pogge von Strandmann et al., 2008). 

 

6.4.2.2      Effect of Secondary Mineral Formation 

During weathering, bedrock disintegrates and dissolution of primary minerals occurs, which is 

associated with the formation of secondary alteration products. Magnesium is a fluid-mobile element 

and is incorporated into these secondary minerals, which is one of the mechanisms by which Mg 

isotopes fractionate during weathering. This process has been shown to preferentially retain the 

heavy 26Mg isotope in minerals such as chlorite and smectite (Tipper et al., 2006a; Pogge von 

Strandmann et al., 2008; Teng et al., 2010) and the light 24Mg isotope in minerals such as allophane 

and forsterite (Pogge von Strandmann et al., 2008; Wimpenny et al., 2010a), Thus, the nature, and 

extent of δ26Mg isotopic fractionation is dependent upon what minerals are formed, implying that 

fractionation of Mg isotopes during silicate secondary mineral precipitaion may be mineral specific.   

To determine the degree of Mg retention in secondary minerals, the relationship between ratios of 

Mg/Na of the dissolved load and Mg/Na of weathered rock particulates against the δ26Mg value of 

the river waters can be used as an index of Mg mobility in relation to Na, which is rarely retained in 

secondary minerals (Figure 6.12). The fraction of Mg remaining in solution relative to Na (ƒMg) is 

defined by:  

ƒ
Mg

 =  
(Mg/Na)dissolved

(Mg/Na)rock

                                              (Eq. 6.1) 

Both bedload and suspended load samples were used to determine the Mg/Na ratio of the rock. If ƒMg 

= 1, then chemical weathering is congruent (Millot et al., 2010). However, most of the river waters 

have ƒMg values of less than 1, and δ26Mg values of ≤ -0.6‰, which indicates that heavy Mg is 

retained in secondary minerals (Figure 6.12) (Tipper et al., 2006b; Brenot et al., 2008; Pogge von 

Strandmann et al., 2008; Teng et al., 2010). XRD analyses (see Section 4.4.4) have shown the 

presence of clays in the river sands from the rivers draining the Southern Alps. A similar relationship 

was also shown between ratios of Li/Na of the dissoved load and Li/Na of weathered rock against 

riverine δ7Li values (see Section 5.4.3.1).   

River waters with the highest δ26Mg values (-0.36 to -0.26‰) have ƒMg values greater than 1. There 

does not appear to be any obvious reason as to why these rivers have ƒMg values greater than 1, but 

it may indicate that these river waters are not in equilibrium with the suspended particles or bedload, 
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meaning that they are not representative of the river water sample collected. There is little variation 

in the chemical composition or δ26Mg signature of the bedrock and its weathering products, and so 

variations in Mg/Narock are unlikely to cause the ƒMg > 1 values (Figure 6.12). In addition, a single-

spot measurement of bedload/suspended sediment is unlikely to always be representative of a river 

water sample that may have travelling a long distance downstream to reach the sampling location. 

When ƒMg = 1 (i.e. when chemical weathering should be congruent), riverine δ26Mg should be the 

same as bedrock δ26Mg values, however this is not evident in Figure 6.12. This is because chemical 

weathering is rarely truly congruent, and congruent weathering is not observed in the Southern Alps 

in this study. It is possible that ƒMg = 1 in tropical watersheds with thick and heavily chemically 

weathered soils, where chemical weathering is more congruent. 

The δ26Mg signature of the clay fraction of the river sand (average δ26Mg = -0.10‰) and the riverine 

suspended load (average δ26Mg = -0.13‰) is slightly heavier than that of the bedrock (average δ26Mg 

= -0.16‰), and thus river waters are more highly fractionated from the weathering products than the 

bedrock (Figure 6.10). River sand clay and the riverine suspended load are also compositionally 

distinct from the bedrock (higher CIA values), suggesting that they have been subject to a higher 

degree of weathering and contain secondary phases (Figure 6.10). This would indicate that the 

formation of secondary minerals is a significant control upon Mg isotopic fractionation and riverine 

δ26Mg values. 

FIGURE 6.12: Ratios of Mg/Na in the dissolved load and Mg/Na in 

rock particulates was calculated and plotted against δ26Mg value of the 

dissolved load in the Southern Alps. The grey band represents the range 

of bedrock δ26Mg values across the Southern Alps. The external 

reproducibility on the δ26Mg values is 2σ. 
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6.4.2.3      Effect of Rainfall and Erosion 

Mg isotopic fractionation is directly affected by the intensity of chemical weathering, which can 

preferentially retain the heavy 26Mg isotope (Tipper et al., 2006a; Pogge von Strandmann et al., 2008; 

Teng et al., 2010) or the light 24Mg isotope (Pogge von Strandmann et al., 2008; Wimpenny et al., 

2010a) in secondary products, depending on what minerals are being formed, implying that 

fractionation of Mg isotopes during silicate secondary mineral precipitaion may be mineral specific. 

The overall intensity of chemical weathering is significantly affected by climatic effects, such as 

temperature and meteoric precipitation. These factors can affect the physical erosion rate; mechanical 

breakdown of the bedrock increases the available surface area, leading to increased potential for 

chemical weathering. Rapid orogenic uplift and erosion, which can lead to high relief and glacier 

formation, can also lead to rapid physical weathering, creating new weathered surfaces and 

increasing the potential for chemical weathering.  

The Southern Alps form an asymmetric mountain belt, which forms a barrier to the prevailing 

westerly winds, producing a rain shadow to the east (Henderson, 1993; Mosley and Pearson, 1997). 

The Main Divide forms the highest point along this mountain chain, separating the eastern and 

western climatic regimes. Rainfall is extremely heavy west of the Main Divide (~12 m/yr) and low 

to the east (<1 m/yr; Griffiths and McSaveney, 1983; Henderson and Thompson, 1999). This should 

lead to more incongruent weathering and higher chemical weathering intensity in the east, and less 

incongruent weathering (potential for secondary mineral formation is relatively inhibited due to rapid 

FIGURE 6.13: Mg concentration against δ26Mg value of river waters 

draining the east and west of the Main Divide. The grey band represents 

the range of bedrock δ26Mg values across the Southern Alps. The 

external reproducibility on the δ26Mg values is 2σ. 
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uplift and erosion) and lower chemical weathering intensity in the west (see Section 5.4.3.2). Thus, 

lower δ26Mg values should be observed in the east and higher δ26Mg values should be observed in 

the west (approaching bedrock δ26Mg values). However, little variation in δ26Mg value can be 

observed between rivers east and west of the Main Divide (Figure 6.13). In addition, little variation 

can be observed in Mg concentration of the rivers draining the Southern Alps, although one river 

sample from a tributary of the Rakai River (NZ27) has a high Mg concentration ([Mg]Rakai = 72 

μmol/L; [Mg]river average = 20 μmol/L). The higher Mg concentration measured in this river is likely 

due to the farming that occurs in this region.  

Atmospheric inputs to the elemental concentration of the rivers draining the Southern Alps were 

applied in Section 4.3.1 (eastern river Mg input = 9.6% from rain water; western river Mg input = 

11% from seawater). Although we know the δ26Mg composition of seawater, we do not know the 

δ26Mg composition of the rain water over the Southern Alps. Therefore, it would not be appropriate 

in this case to apply an atmospheric input δ26Mg correction to the river waters in this study.  

As discussed in Chapter 5, both regions east and west of the Main Divide are subject to ‘kinetic-

limited’ weathering regimes (Figure 5.16). Rivers on South Island, New Zealand, are short and have 

little in the way of floodplains, and although physical erosion may be lower in the east than the west, 

it is still high on a global scale. This can explain why δ26Mg values in the rivers to the east were not 

driven to lower values through high chemical weathering intensity. The δ26Mg values of the rivers to 

the west are fractionated from the bedrock, even though secondary mineral formation should be 

FIGURE 6.14: Erosion rate and rainfall against δ26Mg values in the dissolved load of the 

Southern Alps. The crosses represent the non-glacial rivers and the diamonds represent the 

glacial rivers. The black symbols represent rivers west of the Main Divide and the red 

symbols represent rivers east of the Main Divide. Rainfall data are from NIWA (Tait et 

al., 2006) and the erosion rates were calculated from sediment yields measured by NIWA 

(Cox et al., 2012). The grey band represents the range of bedrock δ26Mg values across the 

Southern Alps. The external reproducibility on the δ26Mg values is 2σ. 
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relatively inhibited due to high rates of uplift and erosion in this region. This is likely to be due to 

the very high rainfall rates in the west (Griffiths and McSaveney, 1983; Henderson and Thompson, 

1999), which would promote leaching and increase the potential for chemical weathering. 

Calculations have also shown that silicate chemical weathering rates are similar east and west of the 

Main Divide (see Section 4.4.6). In addition, secondary clays have been found in both eastern and 

western rivers (see Section 4.4.4), indicating that secondary mineral formation (incongruent 

weathering) has occurred on both sides of the Main Divide. This is in agreement with findings from 

Chapter 5 (see Section 5.4.3.2), which found little variation between the δ7Li value of rivers east and 

west of the Main Divide. 

Although catchments to the east of the Main Divide generally have lower erosion rates and rainfall, 

the riverine δ26Mg values appear to show little correlation with rainfall and erosion rate (Figure 6.14). 

High physical erosion rates should inhibit the formation of secondary alteration products, resulting 

in higher riverine δ26Mg values. However, the highest erosion rates are in the west where rainfall is 

very high (up to 8 m/yr; Figure 6.14), which would increase the potential for chemical weathering. 

The relationships between riverine δ26Mg value against erosion rate and rainfall are not linear, which 

suggests that climate has an indirect effect upon Mg isotopic fractionation. A similar conclusion was 

drawn for the effect of climate on Li isotopic fractionation (see Section 5.4.3.2).  

 

6.4.2.4      Effect of Biotic Activity 

The Mg content of vegetation is variable (Anderson et al., 1983; Black et al., 2006; Bi et al., 2007), 

and can deplete surface waters in light Mg and drive their values towards heavier values. Although, 

the decay and recycling of plant material may enrich surface waters in light Mg (Gosz et al., 1973), 

and drive isotopic compositions towards lighter values.  

Generally, vegetation on the steep slopes of the Southern Alps is sparse (Wardle, 1964). Although, 

the amount of vegetation is higher to the east in the lowlands than it is in the west where slopes are 

steep and landslides are common (Wardle, 1964; Allen et al., 2011). Little variation was observed in 

δ26Mg values in rivers east and west of the Main Divide (Figure 6.13). This indicates that either 

vegetation in the Southern Alps was too sparse to observe the effect of biota on Mg isotopic 

fractionation in the rivers, or that the effect observed between a low-vegetation area and a high-

vegetation area in the Southern Alps was too small to be observed (i.e. the effect of biotic activity on 

Mg isotopic fractionation is small). 

As no plant material from the Southern Alps was analysed in this study, the impact of biotic activity 

upon riverine δ26Mg values cannot be ruled out. However, this effect is likely to be only minor due 
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to other, more dominant, controls upon riverine Mg isotopic fractionation. This is consistent with 

previous studies (e.g. Brenot et al., 2008).  

 

6.4.2.5      Effect of Glaciation 

The glacial river catchments of the Southern Alps experience very high physical weathering rates 

from glacial grinding, which is attributed to rapid advance/retreat of these warm-based maritime 

glaciers (Fitzharris et al., 1999). Precipiation is evenly distributed throughout the year in this region 

so that at high altitudes, substantial amounts of snow can be deposited all year round, which in 

conjunction with high summer solar radiation levels, results in a  high amount of melt (Fitzharris et 

al., 1999).  

As discussed previously, in the rivers draining the Southern Alps, secondary mineral formation is 

causing Mg isotopic fractionation, with heavy Mg retained in secondary minerals, resulting in lighter 

δ26Mg values of rivers. However, the glacial rivers of the Southern Alps generally have heavier δ26Mg 

values (average δ26Mg = -0.40 ± 0.14‰) than non-glacial rivers (average δ26Mg = -0.67 ± 0.41‰), 

and are thus less fractionated from the bedrock (average δ26Mg = -0.13 ± 0.27‰; Figure 6.3). 

FIGURE 6.15: Mg concentration against δ26Mg value of glacial river waters 

draining the Southern Alps, with comparison to published data. Data sourced 

from: a(Wimpenny et al., 2011) and b(Pogge von Strandmann et al., 2008). The 

grey band represents the range of bedrock δ26Mg values across the Southern 

Alps. The external reproducibility on the δ26Mg values from this study is 2σ.  
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Mechanical erosion is very high in these glacial rivers, which can inhibit secondary mineral 

formation, resulting in more congruent weathering (although XRD analysis has suggested that at 

least some secondary mineral formation is occurring). The reduced secondary mineral formation in 

glacial rivers can account for why the δ26Mg value of glacial rivers is higher than that of non-glacial 

rivers.  

Glacial rivers draining the Southern Alps have heavier δ26Mg values (δ26Mg = -0.54 to -0.30‰), than 

glacial rivers in Greenland (δ26Mg = -1.19 to -1.04‰; Wimpenny et al., 2011), but glacial rivers from 

Iceland display a much larger range (δ26Mg = -0.66 to +0.64‰; Pogge von Strandmann et al., 2008; 

Figure 6.15). Glacial rivers from Iceland display δ26Mg values that range above and below the δ26Mg 

average for Icelandic basalt (δ26MgIcelandic Basalt = -0.84 to +0.53‰; Pogge von Strandmann et al., 

2008). It was suggested that this was due to secondary mineral formation preferentially incorporating 

either the heavy Mg isotope or the light Mg isotope, depending on what mineral was being formed 

(Pogge von Strandmann et al., 2008). Glacial rivers from Greenland display δ26Mg values are that 

lower than the δ26Mg range shown for Greenland bedrock (δ26MgGreenland Bedrock = -0.53 to -0.10; 

Wimpenny et al., 2011). Mineral saturation state modelling suggested that little secondary mineral 

formation was occurring in the glacial rivers of Greenland (Wimpenny et al., 2011). The light δ26Mg 

value of the glacial dissolved load was instead attributed to preferential dissolution of carbonate 

minerals under the ice, which imparts a more negative δ26Mg signal to the glacial river waters 

(Wimpenny et al., 2011).  

The rivers draining the Southern Alps have an abundance of Ca2+ due to the dissolution of 

disseminated hydrothermal calcite present in the bedrock (see Section 4.4.5), which weathers very 

rapidly at ~104-105 times faster than plagioclase at neutral pH (Chou et al., 1989; Blum and Stillings, 

1995). Glacial rivers in the Southern Alps have higher mechanical erosion rates than non-glacial 

rivers, resulting in a higher amount of calcite dissolution and producing high Ca/Na values (Figure 

6.16). Carbonates usually have relatively low δ26Mg values (Galy et al., 2002; Chang et al., 2004), 

and as they dissolve light Mg should be released into solution, lowering the δ26Mg value of the rivers 

(Wimpenny et al., 2011). However, in the rivers draining the Southern Alps, as the Ca/Na ratio 

increases, the δ26Mg value of the rivers becomes higher (Figure 6.16). This suggests that although 

Ca2+ from dissolved hydrothermal calcite is dominating the river chemistry of the Southern Alps, it 

is not influencing the δ26Mg value of the rivers, which is likely due to the low Mg content of the 

calcite veins (Menzies, 2012). Therefore, it can be suggested that the dominant control upon Mg 

isotopic fractionation in the glacial rivers is also secondary mineral formation.  
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6.4.3      Mineral Saturation States 

River water chemistry is strongly influenced by primary mineral dissolution and secondary mineral 

formation during weathering (Gislason and Arnorsson, 1993; Gislason et al., 1996; Sophocleous, 

2002; Gislason et al., 2006; Maher et al., 2009; Zhu and Lu, 2009). Therefore, secondary mineral 

precipitation can potentially deplete surface waters in the elements derived from the dissolution of 

primary minerals, which consequently continue to dissolve (Pogge von Strandmann et al., 2010). 

Mineral saturation states are important with respect to magneisum, because during mineral synthesis, 

Mg is readily taken up into clays (Harder, 1972). Primary mineral dissolution in the Southern Alps 

is significantly affected by rapid uplift and subsequent rapid erosion (Jacobson and Blum, 2003), 

resulting in greatly enhanced physical weathering. High elevation through uplift has also led to the 

development of steep slopes (increasing the potential for landslides) and the formation of glaciers 

(leading to glacial grinding), which further enhance physical weathering. 

Primary and secondary mineral saturation states were calculated using the geochemical modelling 

software Geochemist’s Workbench, which estimates mineral stability (degree of oversaturation or 

undersaturation) in terms of Gibbs free energy (kJ), and the results are given in SI units. A more 

detailed description on how the mineral saturation states were calculated is given in Chapter 5.  

FIGURE 6.16: Molar Ca/Na ratio against δ26Mg value of the rivers draining the 

Southern Alps. The grey band represents the range of bedrock δ26Mg values 

across the Southern Alps. The external reproducibility on the δ26Mg values is 

2σ.  
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The δ26Mg signature of the dissolved load shows no relationship with SI values for the primary 

mineral biotite (Figure 6.17). Although primary mineral dissolution has been suggested to cause 

some Mg isotopic fractionation resulting in lower δ26Mg values in solution (Tipper et al., 2006a; 

Wimpenny et al., 2010a), this effect is either not occurring or is too minor to observe in the Southern 

Alps. In addition, no correlation can be observed between the δ26Mg value of the dissolved load and 

SI value of illite, kaolinite and smectite (secondary minerals) in the rivers draining the Southern Alps 

(Figure 6.17).  

Previous work has been carried out to assess the behaviour of Mg isotopes during the formation and 

dissolution of clay minerals (Wimpenny et al., 2014) due to the uncertainty regarding the sense and 

magnitude of isotopic fractionation during secondary silicate mineral formation (Huang et al., 2012; 

Pogge von Strandmann et al., 2012), although it is generally suggested that secondary silicate 

minerals uptake heavy Mg (Tipper et al., 2006a; Pogge von Strandmann et al., 2008; Teng et al., 

2010). Magnesium uptake into clays consists of two mechanisms: 1) structural substitution of Mg, 

such as Al3+ for Si4+ or Mg2+ for Al3+, by which Mg chemically bonds into the octahedral sheet 

(Odom, 1984; Drever, 1988; Merkel and Planer-Friedrich, 2008); 2) adsorbed Mg by electrostatic 

interactions into the interlayer and surface sites, which is weakly bonded and thus termed 

‘exchangable’ (Odom, 1984; Drever, 1988; Strawn et al., 2004; Merkel and Planer-Friedrich, 2008). 

Acid-leaching experiments of clays (illite, montmorillonite and kaolinite) show that the clay residue 

is isotopically fractionated to heavier values than the unleached bulk clay, and the corresponding 

leachate is enriched in isotopically light Mg (Wimpenny et al., 2014). This was attributed to 

preferential dissolution along edge sites of the clay structure, suggesting that the isotopic signature 

of exchangable Mg is different to structurally-bound Mg, resulting in isotopic fractionation 

(Wimpenny et al., 2014). These results indicate that the structurally-bound Mg in the octahedral sheet 

of the clay minerals is isotopically higher than the exchangable Mg on the surface (Wimpenny et al., 

2014).  

Exchangable Mg would therefore drive bulk clay δ26Mg signatures to isotopically lower values, 

resulting in the clay fraction from the Southern Alps river sands (δ26Mgaverage = -0.10‰) showing 

little variation compared to the Southern Alps bedrock (δ26Mgaverage = -0.16‰; Figure 6.4), as 

opposed to the clay fractionating to heavier δ26Mg values. As exchangeable Mg is particularly labile, 

the isotopic composition of the exchangeable Mg likely reflects the fluid phase in which the clay last 

re-equilibrated (Wimpenny et al., 2014). In the case of the Southern Alps, this fluid phase would be 

the river waters.  

To quantify the behaviour of Mg isotopes during clay formation, brucite was synthesised by 

Wimpenny et al. (2014), which showed that the solid became increasingly enriched in the heavy Mg 

isotope as the experiment continued, leaving the fluid phase enriched in light Mg. This is consistent 

with findings from this study, which indicate that preferential uptake of heavy Mg into the solid 
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phase occurred during secondary silicate mineral formation, leaving the fluid phase (i.e. river waters) 

isotopically light.  

No relationship can be observed between δ26Mg value and the saturation index of calcite in the river 

waters draining the Southern Alps (Figure 6.18). This furthers the suggestion that the δ26Mg 

composition of the Southern Alps rivers is controlled by secondary clay formation processes rather 

than carbonate precipitation in the form of calcite.  

 

 

 

 

 

FIGURE 6.17: Saturation indices (SI) of biotite (primary mineral) and illite, 

kaolinite and smectite (secondary minerals) against δ26Mg value of the dissolved 

load of the rivers draining the Southern Alps. The closed symbols represent the 

non-glacial rivers and the open symbols represent the glacial rivers. The external 

reproducibility of the δ26Mg analyses is 2σ. The overall uncertainty on the 

saturation indices is 1-2 SI units (Stefansson and Gislason, 2001). 
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6.4.4      Assessing the Link between Riverine δ26Mg and Silicate Weathering 

The difference between the δ26Mg signature of river waters and the δ26Mg signature of suspended 

sediments (Δ26/24Mg) is given by: 

Δ26/24Mgsuspended-dissolved  =  δ26Mgsuspended  -  δ26Mgdissolved                           (Eq. 6.2) 

Δ26/24Mgsuspended-dissolved is always >0 for rivers draining the Southern Alps, which indicates that 26Mg 

is preferentially retained in secondary minerals while 24Mg goes into solution. The average 

Δ26/24Mgsuspended-dissolved for river waters draining the Southern Alps is +0.49 ± 0.4‰, which is within 

range of published global river data (-0.12 to +1.05‰; Pogge von Strandmann et al., 2008; 

Wimpenny et al., 2011; Tipper et al, 2012).  

The isotopic fractionation factor (α) can be calculated from Δ26/24Mgsuspended-dissolved values as follows: 

α =  eΔ/1000                                                            (Eq. 6.3) 

River water Mg isotopic fractionation factors (α) in the Southern Alps range from 1.0001-1.0009 

(αaverage = 1.0005), which shows a good comparison to other studies examining incongruent 

weathering of silicate rocks (α = 1.00005 to 1.00040; Teng et al., 2010b) and examining uptake of 

Mg during the formation of brucite (α = 1.0005; Wimpenny et al., 2014). 

FIGURE 6.18: Saturation index (SI) of calcite against δ26Mg value in the 

dissolved load of the river waters drainignt he Southern Alps. The overall 

uncertainty on these saturation indices is 0.5 SI units.  
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On a plot of δ26Mgdissolved against δ26Mgsuspended, the data from the Southern Alps plots within range of 

global data (Figure 6.19). Generally, rivers have consistently lighter δ26Mg signatures than (and are 

therefore fractionated from) the suspended load (Wimpenny et al., 2011; Tipper et al., 2012; this 

study), but some rivers have heavier δ26Mg signatures than the suspended load (Pogge von 

Strandmann et al., 2008).  

A decrease in silicate weathering intensity does not necessarily mean that a decrease in silicate 

weathering rate is observed (Wan et al., 2012). Chemical weathering intensity is defined as the degree 

of chemical depletion of silicate rocks (Wan et al., 2012). Chemical weathering rate is the lost amount 

of soluble mass per unit area per unit time of the bedrock due to chemical weathering (White and 

Blum, 1995). The chemical weathering rate is influenced by physical erosion, as high physical 

erosion rates result in the rapid production of fresh mineral surfaces, which potentially leads to rapid 

chemical weathering rates (West et al., 2005).  

FIGURE 6.19: δ26Mg value of the suspended load against the δ26Mg value 

of the dissolved load of rivers draining the Southern Alps, with comparison 

to published global river data. Data sourced from: a(Wimpenny et al., 

2011), b(Pogge von Strandmann et al., 2008), c(Tipper et al., 2012). The 

external reproducibility of the δ26Mg analyses from this study is 2σ.  
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There is some evidence for a relationship between silicate weathering rate and δ26Mg value in the 

riverine dissolved load, although it should be noted that the δ26Mg values represent silicate and 

carbonate weathering. Southern Alps calcite δ26Mg values would be required to separate total δ26Mg 

into silicate δ26Mg and carbonate δ26Mg. As silicate weathering rate increases, the riverine δ26Mg 

value in the Southern Alps appears to become lighter (R2 = 0.35; Figure 6.20). However, this possible 

weak correlation is almost within analytical uncertainty. Generally, global rivers follow the same 

trend, which include the Amazon, Ganges, Brahmaputra, Orinoco, Chang Jiang, Huanghe, Columbia 

and Congo. The rivers Lena (Siberia) and Mackenzie (North America) do not follow this trend and 

have light δ26Mg values under low rates of silicate weathering (Figure 6.20). Lena and Mackenzie 

drain mixed lithologies and some of these rock formations are made up of carbonates (Spektor and 

Spektor, 2009; Millot et al., 2010). Carbonate rocks have light δ26Mg signatures (Hippler et al., 2009l 

Wimpenny et al., 2011), which can likely explain why the Lena and Mackenzie rivers have lighter 

than expected δ26Mg values. At very low silicate weathering rates (‘supply-limited’) there would be 

limited potential for chemical weathering and secondary mineral formation, but at very high silicate 

weathering rates (‘kinetic-limited’), secondary mineral formation may become inhibited. As seen 

previously in Chapter 5 (Figure 5.16), the Southern Alps rivers are under a ‘kinetic-limited’ regime, 

FIGURE 6.20: Silicate weathering rates estimated from runoff and flux of dissolved 

elements transported by rivers, against total δ26Mg value of river waters. Data sourced 

from: a(Gaillardet et al., 1999; Tipper et al., 2006b), b(Millot et al., 2003; Tipper et 

al., 2012). The grey band represents the range of bedrock δ26Mg values across the 

Southern Alps. The external reproducibility of the δ26Mg analyses from this study is 

2σ.  
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and if mechanical erosion were to increase, secondary mineral formation may become inhibited and 

observed riverine δ26Mg values would be higher and less fractionated from the bedrock.  

The rivers draining the Southern Alps show a weak relationship between Mg/Na and δ26Mg value in 

the dissolved load (R2 = 0.46; Figure 6.21). As Mg/Na in the dissolved load increases, the riverine 

δ26Mg value increases, which is consistent with the formation of secondary minerals. A positive 

correlation between Mg/Na and δ26Mg value in the dissolved load would reflect the incorporation of 

heavy Mg into secondary minerals, whereas Na remains in solution. Little comparison can be made 

in this plot with global silicate river data (Tipper et al., 2006; Brenot et al., 2008; Pogge von 

Strandmann et al., 2008; Tipper et al., 2012; Lee et al., 2014). A relationship can also be observed 

between Li/Na and δ7Li (Chapter 5; Figure 5.23). The Na concentration in the dissolved load is 

generally at least 3 orders of magnitude higher than Li, and is therefore not as strongly affected by 

small amounts of secondary mineral formation (Liu et al., 2015). Mg and Na however have a ratio 

closer to 1:1, which could explain the poor correlation show in Figure 6.21.  

 

FIGURE 6.21: δ26Mg value against Mg/Na in the dissolved load of the rivers 

draining the Southern Alps, with comparison to global published river data. 

Data sourced from: a(Brenot et al., 2008), b(Pogge von Strandmann et al., 

2008), c(Lee et al., 2014), d(Tipper et al., 2012), e(Tipper et al., 2006). The 

external reproducibility of the δ26Mg analyses from this study is 2σ. 
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There is no clear variation in riverine δ26Mg value between rivers east and west of the Main Divide, 

and no correlation can be observed against erosion rate or amount of rainfall (Figure 6.13 and 6.14). 

This suggests that climate does not have a direct control upon riverine δ26Mg values.  

With this current dataset, it is apparent that it is difficult to assess to what extent the riverine δ26Mg 

values are the result of Mg isotopic fractionation from primary mineral dissolution, secondary 

mineral formation, and biotic activity. In the Southern Alps it appears that secondary mineral 

formation is only fractionating river water δ26Mg to lighter values, however in Iceland, surface waters 

are fractionated to heavier and lighter values depending upon the secondary minerals being formed 

(Pogge von Strandmann et al., 2008). Although this does highlight the importance of Mg isotopes as 

a tracer of chemical weathering processes, the complexities of the processes affecting Mg isotopic 

fractionation will make deciphering patterns of Mg isotopes in a weathering environment difficult.  

More data and experiments are needed to determine what processes dominate Mg isotope 

fractionation, but we highlight the potential of using Mg isotopes as a tracer of weathering processes. 

 

6.4.5      Behaviour of Mg vs. Li Isotopes during Weathering 

With increasing degree of chemical weathering and formation of secondary minerals, the dissolved 

load δ26Mg value should become lighter and the δ7Li value should become heavier, with regards to 

the bedrock isotopic values, if Li and Mg are coupled in their chemical behaviour during weathering 

(Horstman, 1957; Huh et al., 1998). This should result in a negative correlation between riverine δ7Li 

and δ26Mg values. In rivers from Greenland, no correlation between δ7Li and δ26Mg values in the 

dissolved load can be observed (Wimpenny et al., 2010b; Wimpenny et al., 2011). However, 

fractionation of riverine Li and Mg isotopes in Greenland rivers was not simply attributed to the 

formation of secondary clays. It was deduced that Li isotopic fractionation was due to the formation 

of Fe-oxyhydroxides (Wimpenny et al., 2010b), and light riverine δ26Mg values were the result of 

carbonate dissolution (Wimpenny et al., 2011).  

The Mackenzie rivers from Northwest Canada appear to show a positive correlation (Millot et al., 

2010; Tipper et al., 2012), as do a small selection of global rives (Huh et al., 1998; Tipper et al., 

2006b). This unexpected correlation was attributed to either mixing or process-related fractionation. 

Mixing between three different water bodies, with differing Li/Mg ratios, was suggested to reconcile 

this dataset (Tipper et al., 2012). Alternatively, various processes linked to clays, such as 

neoformation of clay, cation exchange or adsorption, were suggested as being important mechanisms 

of isotopic fractionation, and to reconcile the data in this study, either more than one process was 

occurring or one single process is kinetically-limited (Tipper et al., 2012). As for the positive 

correlation observed between the global rivers (Figure 6.22), this might not be representative of each 
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isotopic system. If multiple data points were observed for each of these large rivers, the correlation 

between δ7Li and δ26Mg values may be positive or negative, depending on the relationship between 

these two isotopes in each individual weathering system.  

In contrast, there is some evidence for a negative correlation for Icelandic rivers (Pogge von 

Strandmann et al., 2006; Pogge von Strandmann et al., 2008), and rivers draining the Southern Alps 

(Figure 6.21), although two outliers from this trend have been identified (R2 = 0.35, minus two 

outliers). The outlier from Thunder Creek (NZ04) has undergone a large amount of Li isotopic 

fractionation, but only minor Mg isotopic fractionation. The Li concentration in this river is 0.08 

μmol/L, much lower than the riverine average of 0.25 μmol/L, which suggests that a large portion of 

the dissolved Li in this river has been lost to secondary mineral formation, resulting in a heavy δ7Li 

signature. In addition, the Mg concentration in this river (20.72 μmol/L) is slightly higher than the 

riverine average of 18.22 μmol/L suggesting that little dissolved Mg is being lost to secondary 

mineral formation in this river. The outlier from Sheil’s Creek (NZ09) has undergone a large amount 

of Mg isotopic fractionation, while little Li isotopic fractionation has occurred. The Mg concentration 

FIGURE 6.22: δ7Li value against δ26Mg value in the dissolved load of the 

rivers draining the Southern Alps, with comparison to global river data. Data 

sourced from: a(Wimpenny et al., 2010b), b(Wimpenny et al., 2011), c(Pogge 

von Strandmann et al., 2006), d(Pogge von Strandmann et al., 2008), e(Millot 

et al., 2010), f(Tipper et al., 2012), g(Huh et al., 1998), h(Tipper et al., 2006b). 

The grey box represents the range of δ7Li and δ26Mg values for the Southern 

Alps bedrock. The external reproducibility of the δ26Mg and δ7Li (smaller than 

the data points) analyses is 2σ. 
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in this river is low (9.37 μmol/L) compared to the riverine average of 18.22 μmol/L, suggesting that 

a large portion of the dissolved Mg in this river has been lost to secondary mineral formation, 

resulting in a light δ26Mg value. The Southern Alps rivers and Icelandic Rivers are affected by the 

primary dissolution of only one lithology, and therefore the effect of mixing upon the isotopic values 

can be ruled out. The Southern Alps rivers are also only affected by isotopic fractionation via 

secondary mineral formation in one direction, and so fractionation would be kinetically-limited. 

The variations observed highlight the complexities associated with distinguishing mixing from 

processes inducing isotopic fractionation in stable isotopic data. Figure 6.22 also highlights the 

inherent variations that can be observed between different weathering environments, adding to the 

complexity of extrapolating local studies to global interpretations.  

The rivers draining the Southern Alps show a relatively large range of δ26Mg values (-1.02 to -

0.26‰), whereas little isotopic heterogeneity can be observed in the bedrock of the Southern Alps (-

0.26 to +0.14‰; Figure 6.3), therefore it is unlikely that mixing between source rocks is responsible 

for the Mg isotopic fractionation observed in the rivers. The riverine suspended particles, which 

contain a higher proportion of secondary alteration products, also show little Mg isotopic 

heterogeneity (-0.22 to -0.09 ‰; Figure 6.23), and are within range of bedrock δ26Mg values. This 

indicates that multiple processes may be controlling Mg isotopic fractionation, e.g. mixing between 

FIGURE 6.23: δ7Li value against δ26Mg value in the dissolved load (filled 

symbols) and riverine suspended load (open symbols) of the rivers draining the 

Southern Alps. The arrows link corresponding suspended sediment and water 

samples of rivers as follows: red – Rakai, green – Thunder Creek, purple – 

Deception, orange – Wanganui Tributary. The external reproducibility of the 

δ26Mg and δ7Li (smaller than the data points) analyses is 2σ. 
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source rocks, secondary mineral formation, and biotic activity. However, quantifying the exact 

impact of each of these processes would be very difficult with current data sets. We have determined 

that it is likely that secondary mineral formation is the dominant control upon Mg and Li isotopic 

fractionation, and there is evidence for a weak negative correlation between δ7Li and δ26Mg values 

in the dissolved load of the rivers draining the Southern Alps. 

 

6.5 Summary 

 There is little variation in Mg concentration observed in the metasedimentary bedrock samples 

from the Southern Alps (5910-14700 µg/g), although a higher Mg concentration was observed 

in a metabasalts (52500 µg/g). Little variation is observed in δ26Mg values of the bedrock samples 

(δ26Mg = -0.26 to +0.14‰). Protolith lithology appears to have no effect upon the δ26Mg value 

of the bedrock. Increasing metamorphic grade also appears to have little effect upon the δ26Mg 

value of the bedrock.  

 

 The suspended particulate material shows little/no variation in magnesium concentration or 

δ26Mg signature. The mica mineral separates, river sands and riverine suspended loads are all 

within range of bedrock δ26Mg values, although the riverine suspended load has a wider range 

of Mg concentration ([Mg]suspended load = 2800-14000 µg/g; [Mg]bedrock = 5900-53000 µg/g).  

 

 Mica minerals are a major source of Mg in the bedrock (>80%), as they have high Mg 

concentrations (11300-59000 µg/g). There is little difference in the range of δ26Mg values of the 

bedrock (-0.26 to +0.14‰) and the mica mineral separates (-0.27 to -0.09‰), which suggests 

that the δ26Mg signature of the bedrock is strongly influenced by the δ26Mg signature of micas 

present in the bedrock. 

 

 The rivers draining the Southern Alps are within range of Mg concentration and δ26Mg values 

observed for global rivers in previously published work. However, the Southern Alps river 

waters are at the lower end of the Mg concentration range (7.21-69.3 µmol/L), compared to rivers 

globally (8.28-580 µmol/L). The river waters are also enriched in 24Mg relative to the bedrock 

and weathering products (δ26Mgdissolved = -1.02 to -0.26‰; δ26Mgbedrock = -0.26 to +0.14‰). 

 

 There is little isotopic heterogeneity between the lithological protoliths of the Southern Alps, yet 

riverine δ26Mg values show a large range. Therefore, primary mineral dissolution may be causing 

some Mg isotopic fractionation, but the effect of this process is likely to be relatively minor.  
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 Secondary mineral formation during weathering is the dominant control on Mg isotopic 

fractionation in river waters draining the Southern Alps. XRD analyses have shown the presence 

of secondary clays (illite, kaolinite and smectite) in the Southern Alps rivers, and geochemical 

modelling of saturation states of these minerals shows that they are oversaturated (0 to +4) and 

have the potential to precipitate.  

 

 Rainfall and erosion appear to have little impact upon the δ26Mg value in rivers draining the 

Southern Alps. This suggests that climate does not have a direct control upon riverine δ26Mg 

values.  

 

 The glacial rivers of the Southern Alps generally have heavier δ26Mg values (average δ26Mg = -

0.40 ± 0.14‰) than non-glacial rivers (average δ26Mg = -0.67 ± 0.41‰), and are thus less 

fractionated from the bedrock (δ26Mgbedrock = -0.26 to +0.14‰). The glaciers in the Southern Alps 

are high velocity and are subject to high degrees of melting, leading to high levels of mechanical 

erosion and more congruent weathering by lowering the water-rock interaction time (inhibiting 

the formation of secondary minerals), resulting in heavier glacial river δ26Mg values.  

 

 Although calcite dissolution in the Southern Alps has resulted in an abundance of Ca2+ in the 

river waters, rivers with high Ca/Na do not have low δ26Mg values. This suggests that the Mg 

concentration in hydrothermal calcite is low and that it has little influence upon the riverine 

δ26Mg composition. 

 

 A weak correlation can be observed between silicate weathering rate and riverine δ26Mg value; 

as silicate weathering rate increases, the riverine δ26Mg values become lighter. This in generally 

in agreement in major global rivers. The rivers of the Southern Alps are subject to a ‘kinetic-

limited’ regime, and it is likely that if mechanical erosion were much higher, an increase in 

riverine δ26Mg values would be observed as rivers become less fractionated from the bedrock. 

 

 A weak relationship can be observed between Mg/Na and riverine δ26Mg values, which is 

consistent with the formation of secondary minerals. A positive correlation between Mg/Na and 

δ26Mg value in the dissolved load would reflect the incorporation of heavy Mg into secondary 

minerals, whereas Na remains in solution. 

 

 The formation of secondary minerals during chemical weathering appears to be the dominant 

control upon Mg isotopic fractionation. However, the extent of the role of other processes 

fractionating Mg isotopes (primary mineral dissolution and biotic activity) is unknown, although 

it seems likely that the effects of these processes are minor.  
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 There is evidence for a weak negative correlation between δ26Mg values and δ7Li values in the 

dissolved load of the rivers draining the Southern Alps, which highlights the coupling between 

Li and Mg isotopes in their chemical behaviour during weathering. However, not all studies 

display evidence for a negative correlation between these two isotopic systems, suggesting that 

the behaviour of these isotopes may vary between different weathering environments, which 

adds to the complexity of extrapolating local studies to global interpretations.  
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Chapter 7  

Li and Mg Isotope Fractionation in Warm Springs 

7.1 Introduction 

Due to the large relative mass difference between 6Li and 7Li, there are large differences in the lithium 

isotopic signature (δ7Li) of natural reservoirs. This means that lithium isotopes are effective tracers 

of weathering processes, as the isotopic compositions in solution are dependent on the isotopic 

composition of the material being weathered, and the secondary mineral reactions occurring. 

Generally, hydrothermal spring waters display a wide range of δ7Li values (Tomascak et al., 2003; 

Kısakűrek et al., 2005; Pogge von Strandmann et al., 2006; Pogge von Strandmann et al., 2010), 

which range from bedrock δ7Li values to heavier δ7Li values (Figure 1.9).  

Surface water (i.e. river water) δ7Li compositions are controlled by the rate of Li release into solution 

by the dissolution of primary minerals and by the rate of Li removal from solution by secondary 

mineral precipitation. However, the warm springs of the Southern Alps are subject to higher 

temperatures, which may affect the minerals that are precipitated from solution and how Li isotopic 

fractionation occurs and to what extent. In order to better understand the processes occurring at depth, 

the δ7Li signatures of terrestrial hydrothermal spring waters need to be characterised, and the 

dominant processes controlling Li isotopic fractionation and the extent of fractionation need to be 

determined. In addition, the utility of Li isotopes for tracking fluid-rock interaction in a hydrothermal 

system will be assessed. In this chapter, the δ7Li composition of spring waters and spring suspended 

sediment collected from the Southern Alps, New Zealand, will be used to investigate processes 

occurring at depth.  
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7.2 Hydrothermal Fluid Flow in the Southern Alps 

The Southern Alps mountain range has been subject to collisional tectonics and is presently 

undergoing rapid uplift, where advection of rock occurs faster than heat can be conducted laterally, 

which has produced a thermal anomaly (Koons, 1987). Rapid erosion effectively removes rock in 

the Southern Alps, which along with rapid uplift, has raised the brittle-ductile transition zone, which 

may lie only 6-8 km below the surface in the areas of highest uplift (Koons, 1987; Craw, 1997; 

Leitner et al., 2001; Sutherland et al., 2012). This has resulted in high geothermal gradients estimated 

between 40-200 ºC/km in the upper crust (Allis et al., 1979; Koons, 1987; Allis and Shi, 1995; Shi 

et al., 1996; Craw, 1997; Batt and Braun, 1999; Toy et al., 2010). The Deep Fault Drilling Project 

(DFDP-1) drilled a ~150 m borehole at Gaunt Creek, and measured a geothermal gradient of 62.6 ± 

2.1 °C/km (Sutherland et al., 2012). Although, recent findings from the DFDP-2 drilling project on 

the Alpine Fault have suggested that the geothermal gradient is >100 ºC/km, and may even be as 

high as 140-150 ºC/km in the upper 1 km of the crust (DFDP-2, unpublished data).  

In the Southern Alps, evidence for fluid flow within the mountain range is shown by warm springs 

emanating up to 20 km south east of the Alpine Fault (Reyes et al., 2010; Menzies et al., 2014), the 

presence of hydrothermal veins (Craw, 1988; Holm et al., 1989; Jenkin et al., 1994; Campbell et al., 

2004), and hydrothermally altered rocks (Warr and Cox, 2001; Boulton et al., 2012). The stable 

isotopic signatures (δD and δ18O) of the Southern Alps springs (Barnes et al., 1978; Jenkin et al., 

1994; Upton et al., 1995; Reyes et al., 2010) indicate that meteoric waters are the dominant fluid 

source in the upper ~2 km of the crust (Menzies et al., 2014). At depths of more than 2 km, variability 

in δ18O values in veins is thought to reflect fluid-rock interactions along different fluid flow paths 

(Menzies et al., 2014), instead of mixing between meteoric and metamorphic fluids (Jenkin et al., 

1994). This is because deeper, ductilely deformed veins would be expected to have a higher 

proportion of metamorphic fluids (and higher δD values), whereas the opposite is measured (Menzies 

et al., 2014). Some vein samples appear to be deposited under lithostatic pressure, suggesting that 

surface-derived fluids may infiltrate down to the brittle-ductile transition zone (Jenkin et al., 1994). 

In addition, fluid flux calculations have shown that the input of meteoric water is at least two orders 

of magnitude higher than the estimated metamorphic water production (Menzies et al., 2014). This 

is likely due to the exceptionally high precipitation on the western side of the Main Divide, up to ~12 

m of rainfall per year (Griffiths and McSaveney, 1983; Henderson and Thompson, 1999; Woods et 

al., 2006).  

 

7.3 Methods 

A detailed description of the methods used for the determination of lithium isotopic values is given 

in Chapter 3 (Section 3.5). In brief, Li was separated from the sample matrix using cation exchange 
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chromatography. Acid-cleaned PTFE columns were loaded with AG50W-X12 cation exchange resin 

to a height of 8.5 cm in 0.2 M TD HCl, and the Li fraction was eluted with 0.2 M TD HCl. Li isotopic 

analyses were carried out on a Thermo Scientific Neptune MC-ICP-MS at the National 

Oceanography Centre, Southampton. Both a CETAC Aridus IITM and a ThermoFinnigan stable 

introduction system (SIS) were used depending on the Li concentration in the samples. The Li 

isotopic values are expressed as δ7Li, the per mil (‰) deviation of the 7Li/6Li ratio from the 

international NIST standard LSVEC. To ensure that no isotopic fractionation occurred during column 

chemistry, LSVEC, IAPSO seawater and a series of rock reference materials (JB-2, BCR-2, JSl-1 

and JSl-2) were passed through the cation exchange columns and analysed within each instrument 

analysis. The external reproducibility (2σ) of the of the δ7Li values of the fluid samples from this 

study is ±0.61‰, and ±0.64‰ for rock samples (Table 3.4).  

Full details of the methods used to determine the Mg isotopic composition of the spring waters is 

given in Chapter 3 (Section 3.6). Briefly, Mg was separated from the sample matrix using cation 

exchange chromatography. Acid-cleaned PTFE columns were loaded with AG50W-X12 cation 

exchange resin to a height of 8.5 cm (in 0.8 M TD HNO3), unwanted elements were discarded with 

a wash of 0.8 M TD HNO3, and the complete Mg fraction was eluted with 2 M TD HNO3. This 

column procedure was carried out twice on all samples and standards to ensure complete separation 

of Mg from all other elements. Mg isotopic analyses were carried out on a Thermo Scientific Neptune 

MC-ICP-MS, using a ThermoFinnigan sample introduction system (SIS), at the National 

Oceanography Centre, Southampton. The Mg isotopic values are expressed as δ26Mg, the per mil 

(‰) deviation from the pure Mg standard DSM-3 (Dead Sea Magnesium). To ensure that no isotopic 

fractionation occurred during column chemistry, DSM-3, IAPSO and rock standards (JB-2, BCR-2 

and JDo-1) were passed through the cation exchange columns and analysed within each analytical 

run (Table 3.7). The external reproducibility for the δ26Mg and δ25Mg analyses was determined by 

repeated analyses of standards that have well constrained Mg isotopic values in the literature, and is 

given as 2σ. The external reproducibility for the rock samples was determined by repeated analyses 

of JB-2 (n = 3), and is ±0.08‰ for δ26Mg and ±0.07‰ δ25Mg. The external reproducibility for the 

fluid samples was determined by repeated analyses of IAPSO (n = 7), and is ±0.09‰ for δ26Mg and 

±0.06‰ for δ25Mg. 

 

7.4 Results 

As discussed in Chapter 5, the spring water samples (δ7Lispring = +0.2 to +10.8‰) collected from the 

Southern Alps generally have δ7Li values that range from bedrock composition (δ7Libedrock = -1.6 to 

+1.4‰) to higher values, approaching river water compostion (δ7Liriver = +11.8 to +26.1‰; Figure 

5.2). 
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As discussed in Chapter 6, the spring waters (δ26Mg = -0.74 to -0.39‰) have δ26Mg values that fall 

within range of river water values (δ26Mg = -1.02 to -0.26‰), and are thus fractionated from the 

bedrock (δ26Mg = -0.26 to +0.14‰; Figure 7.2). 

 

7.4.1      Metasedimentary-hosted Springs 

Spring waters from the metasedimentary-hosted hydrothermal system of the Southern Alps display 

a large range of δ7Li values (+0.2 to +10.8‰) and Li concentration (30.6-303 µmol/L). These values 

are similar to hydrothermal spring data (Figure 7.1) from the Mono Basin in California (δ7Li = +3.0 

to +17‰; Tomascak et al., 2003), the Azores (δ7Li = +1.0‰; Pogge von Strandmann et al., 2010) 

and the Himalayas (δ7Li = +2.5‰; Kisakűrek et al., 2005). 

 

FIGURE 7.1:  Lithium concentration against δ7Li value of the spring waters in the 

Southern Alps, with comparison to published data. Data sourced from: a(Kısakűrek 

et al., 2005), b(Pogge von Strandmann et al., 2010), c(Pogge von Strandmann et al., 

2006), d(Tomascak et al., 2003), e(Millot et al., 2010b), f(Foustoukos et al., 2004). 

The grey band represents the range of bedrock δ7Li values across the Southern Alps. 

The external reproducibility of the δ7Li analyses from this study is 2σ. 
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Metasedimentary-hosted spring waters of the Southern Alps display a relatively small range of δ26Mg 

values (-0.74 to -0.39‰) and Mg concentration (49-194 µmol/L) compared to hydrothermal spring 

water data from the literature (Figure 7.2). Himalayan springs have a wide range of δ26Mg values (-

0.87 to -0.05‰), and have higher Mg concentrations than the Southern Alps springs (798-4304 

µmol/L; Tipper et al., 2008).  

 

7.4.2      Ultramafic-hosted Springs 

Ultramafic-hosted springs emanate from the Permian Dun Mountain Ophiolite Belt, which has been 

separated by ~460 km of strike-slip movement on the Alpine Fault (Norris et al., 1990; Sutherland, 

1996). The springs have interacted with peridotites (Red Hills in the north and Cascade in the south), 

and are hyperalkaline, absorbing atmospheric CO2 and precipitating calcite on emerging at the 

surface (Menzies, 2012). 

The δ7Li values of the hyperalkaline spring waters range from +7.4‰ to +8.9‰ (Figure 7.1). These 

values are within range of the metasedimentary-hosted springs of the Southern Alps, but they are at 

the heavier end of this range. The Li concentration in the hyperalkaline springs is much lower (1.06-

1.90 µmol/L) than the Li concentration range in the metasedimentary-hosted springs (30.6-303 

µmol/L; Figure 7.1). 

FIGURE 7.2:  Magnesium concentration and δ26Mg value of the spring waters 

in the Southern Alps, with comparison to published data. Data sourced from: 
a(Tipper et al., 2008), b(Pogge von Strandmann et al., 2008). The grey band 

represents the range of bedrock δ26Mg values across the Southern Alps. The 

external reproducibility of the δ26Mg analyses from this study is 2σ. 



Chapter 7 

170 

The ultramafic-hosted hyperalkaline hydrothermal springs from the Southern Alps plot relatively 

close to a hydrothermal fluid sample from the Azores (δ7Li = +6.9‰; Pogge von Strandmann et al., 

2010) and a fluid sample from Iceland (δ7Li = +10.9‰; Pogge von Strandmann et al., 2006).  

The δ26Mg value of the hyperalkaline spring water from the Southern Alps (-0.74‰) is lower than 

the range of δ26Mg values of the metasedimentary-hosted springs (-0.57 to -0.39‰; Figure 7.2). The 

Mg concentration in the hyperalkaline spring fluid is lower (49 µmol/L) than the Mg concentration 

in the metasedimentary-hosted springs (128-194 µmol/L). Although, the hyperalkaline fluids from 

the Southern Alps and Iceland (Pogge von Strandmann et al., 2008) have the lowest Mg 

concentrations, these fluids have very different δ26Mg values (δ26MgSouthern Alps = -0.74‰; δ26MgIceland 

= +0.85‰; Pogge von Strandmann et al., 2008; Figure 7.2). 

 

7.5 Discussion 

7.5.1      Effect of Temperature 

The temperature of the metasedimentary-hosted spring waters was measured as they were expelled 

at the surface (Menzies, 2012), but this is not representative of the fluid temperature at depth. 

Geothermometers can be constructed using major and trace element geochemistry to estimate the 

temperatures of the last equilibrium water-rock reactions (Truesdell, 1984). A silica geothermometer 

was used to estimate the temperatures at which the spring waters of the Southern Alps equilibrated 

with the bedrock (Menzies, 2012). Silica geothermometers are reliant upon the temperature 

dependence of quartz solubility (i.e. the concentration of SiO2 in solution is higher at higher 

temperatures), which is unaffected by differences in local mineral suites, gas partial pressures and 

concentrations of the dissolved load (Fournier and Rowe, 1966; Fournier and Truesdell, 1970). 

Several geothermometers were calculated for the Southern Alps springs by Menzies (2012), and the 

silica geothermometer displayed the best relationship with measured sampling temperature (R2 = 

0.74). The silica geothermometer relies only on SiO2, which behaves more linearly than the alkali 

geothermometers (Menzies, 2012). The silica geothermometer assumes: 

1. There is no steam loss; however, there is no evidence for steam loss from hydrothermal fluids in 

the Southern Alps. 

2. There has been no precipitation of silica. 

3. There has been no shallow level mixing of spring fluids with lower temperature infiltrating 

fluids, which would alter the sampling temperature and cause a decrease in estimated 

equilibration temperature (Menzies, 2012). 
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Therefore, the temperatures estimated from the silica geothermometer should be taken as a minimum 

equilibration temperature for spring waters in the Southern Alps (Menzies, 2012).  

An increase in the concentration of dissolved Li in spring waters should be observed with increasing 

temperature due to increased rock dissolution at higher temperatures and increased uptake of lithium 

in weathering products at low temperatures (Fouillac and Michard, 1981). The measured temperature 

(T) of the hydrothermal spring waters shows no correlation with Li concentration or δ7Li value 

(Figure 7.3 A and B), but there is a weak relationship between silica equilibration temperature (TSi) 

and Li concentration (Figure 7.3 C). However, this apparent positive correlation is skewed by 

samples from Welcome Flat, which display very high silica equilibration temperatures. A weak 

negative relationship can be observed between TSi and δ7Li, however, again this relationship may be 

skewed by samples from Welcome Flat. Generally, the values with the highest TSi values have δ7Li 

values closest to the bedrock, and the samples with the lowest TSi values plot closest to river δ7Li 

values, which is broadly what would be expected. These findings are consistent with hydrothermal 

FIGURE 7.3: Measured fluid temperatures (T) of the spring waters against (A) 

Li concentration and (B) δ7Li value. Plots C and D show calculated silica 

equilibration temperature (TSi) of the spring waters against Li concentration and 

δ7Li value. The grey band represents the range of bedrock δ7Li values across the 

Southern Alps. Calculations of TSi are from Menzies (2012). The error on the TSi 

values is estimated to be ±10 ºC. The external reproducibility of the δ7Li analyses 

is 2σ.  

A B 

C D 
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inputs, which show a transition from net uptake of Li to net removal of Li, which occurs at ~150 °C 

(Seyfried et al., 1984; James et al., 2003). 

 

7.5.2      Secondary Mineral Formation 

As discussed in Chapter 5, a major control upon the δ7Li composition of river waters is Li isotopic 

fractionation during chemical weathering via secondary mineral formation. The spring waters 

emanating from the Southern Alps are generally fractionated from the bedrock to heavier values 

(δ7Lisprings = +0.2 to +10.8‰; δ7Libedrock = -1.6 to +1.4‰), but the spring waters are less fractionated 

from the bedrock than the river waters draining the Southern Alps. Previous studies have shown that, 

along the Alpine Fault, secondary mineral assemblages that form under high temperature (chlorite 

and muscovite) conditions are different from those that form at low temperature (smectite, kaolinite 

and chlorite) conditions (Warr and Cox, 2001; Boulton et al., 2012). 

Mineral saturation states can be calculated using the elemental chemistry of the metasedimentary-

hosted spring waters to establish the secondary minerals that may form. These were calculated using 

the geochemical modelling software Geochemist’s Workbench, which estimates mineral stability 

(degree of oversaturation or undersaturation) in terms of Gibbs free energy (kJ), and the results are 

given in SI (saturation indices) units. Further details on how the mineral saturation states were 

calculated is given in Chapter 5. Mineral saturation states were calculated using both the temperature 

measured upon sampling (T) and the silica equilibration temperature (TSi). These two sets of 

conditions were used to assess the reactions occurring near the surface at lower temperature, and also 

reactions occurring at depth at higher temperature.  

Illite, smectite and kaolinite are all secondary minerals that form in the Southern Alps rivers, 

according to geochemical modelling results (see Section 5.4.4). In the modelling results for the spring 

waters emanating from the Southern Alps, the SI values of the secondary minerals show a negative 

correlation with pH (Figure 7.4 A and B), indicating that these minerals become increasingly 

undersaturated with increasing pH, which is consistent with what is observed in the river waters.  A 

weak negative relationship between measured temperature and SI values of illite, kaolinite and 

smectite can be observed (Figure 7.4 C), which indicates that secondary minerals are increasingly 

oversaturated at lower temperatures. However, no correlation can be observed between silica 

equilibration temperature and SI values (Figure 7.4 D). Modelling results using measured 

temperature values generally yield SI values of secondary minerals between ~0-4, which is similar 

to the results for the river waters. However, modelling results using silica equilibration temperatures 

(TSi) are between -5 to 1. These results used a much higher fluid temperature, which resulted in 

undersaturated SI values of these secondary  



Chapter 7 

173 

 

FIGURE 7.4: Saturation indices (SI) of secondary minerals against pH (A and B), 

temperature (C and D) and δ7Li value (E and F) for measured temperature (T) and silica 

equilibration temperature (TSi) of the dissolved load in the metasedimentary-hosted spring 

waters emanating from the Southern Alps. The error on the TSi values is estimated to be 

±10 °C. The external reproducibility of the δ7Li analyses is 2σ. The overall uncertainty on 

the saturation indices is 1-2 SI units (Stefansson and Gislason, 2001). 

a b 

c d 

e f 
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minerals. This would suggest that secondary clay minerals, such as illite, smectite and kaolinite, are 

unlikely to form at depth where the temperature is raised, but may be more likely to form as the 

spring waters approach the suface where temperature is lower. Previous studies have shown that 

smectite is not stable >150 °C and will only form under low temperature alteration (<120 °C) of 

muscovite or chlorite (Warr and Cox, 2001). A negative correlation can be observed between δ7Li 

value and SI value for both the geochemical model using measured temperature and the geochemical 

model using silica equilibration temperature (Figure 7.4 E and F). Although, the latter shows a 

stronger correlation. This is the opposite trend to what is observed for river waters, and the opposite 

of what would be expected. A positive correlation would suggest that as secondary minerals become 

increasingly oversaturated (i.e. SI values increased), the dissolved δ7Li value would also increase 

due to preferential uptake of 6Li in secondary minerals (Huh et al., 2001). It is possible that at depth 

and under higher temperature conditions, different secondary minerals are forming which are 

controlling Li isotopic fractionation in these fluids. 

Geochemical modelling results at silica equilibration temperatures (TSi) are oversaturated in different 

minerals compared to results under measured temperature (T) conditions, which produce results 

similar to the river waters (see Section 5.4.4). Under silica equilibration temperatures (Figure 7.5), 

the most frequently observed oversaturated minerals are daphnite (chlorite group), saponite (smectite 

group) and tremolite (amphibole group), which are known to form through metasomatic processes 

and can be found along the Alpine Fault (Koons, 1981; Warr and Cox, 2001; Boulton et al., 2012). 

The SI values of the secondary minerals daphnite and saponite under silica equilibration temperature 

conditions show a positive correlation with pH (R2 = ~0.8; Figure 7.5), indicating that these minerals 

become increasingly oversaturated with increasing pH. No relationship can be observed between SI 

values for tremolite and pH. No relationship can be observed between temperature and SI value of 

secondary minerals formed under silica equilibration temperatures (Figure 7.5). This suggests that, 

over a certain temperature, the temperature of the Southern Alps springs at depth has little effect 

upon the oversaturation/undersaturation of this mineral assemblage.  

The SI values of the secondary minerals formed under silica equilibration conditions show a weak 

positive relationship with δ7Li values in the dissolved load of the spring waters (R2 = 0.5-0.6; Figure 

7.5). This is what would be expected, as 6Li should be preferentially retained in the secondary 

alteration products (Huh et al., 2001). Therefore, the same process (secondary mineral formation) 

controlling Li isotopic fractionation in the river waters is occurring in the spring waters, but a 

different secondary mineral assemblage is formed under higher temperature conditions at depth.  
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7.5.3      Link between Spring Water δ7Li and Silicate Chemical Weathering 

The difference between the δ7Li value of spring waters and the δ7Li value of the spring suspended 

sediments (Δ7Li) is given by: 

Δ7Lisuspended-dissolved  =  δ7Lisuspended  -  δ7Lidissolved                             (Eq. 7.1) 

In river waters, Δ7Lisuspended-dissolved is always <0, which indicates that 6Li is preferentially retained in 

secondary minerals while 7Li goes into solution (Huh et al., 1998; Huh et al., 2001). The average 

Δ7Lisuspended-dissolved for the spring waters emanating from the Southern Alps is -5.0‰, which is much 

closer to 0 than the average Δ7Lisuspended-dissolved for the river waters draining the Southern Alps (-

20.5‰). Yet, this does indicate that 6Li is generally preferentially retained in secondary minerals, 

while 7Li goes into the spring water dissolved phase.   

The isotopic fractionation factor (α) can be calculated from Δ7Lisuspended-dissolved values as follows: 

α =  e∆/1000                                                (Eq. 7.2) 

Spring water Li isotopic fractionation factors in the Southern Alps range from 0.989-1.000, 

suggesting that some springs are in equilibrium with the suspended load. The fractionation factors of 

the spring waters suggest that they are closer to equilibrium than the river waters draining the 

FIGURE 7.6: Silica equilibration temperature of the springs against the 

lithium isotopic fractionation factor (α). The α values at various 

temperatures are sourced from the literature: 2 °C (Chan et al., 1992), 

160 °C (Magenheim et al., 1994), 350 °C (Chan and Edmond, 1988). 
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Southern Alps (α = 0.973-0.987; see Section 5.4.5). This is what would be expected, as the higher 

temperature of the spring waters would result in more fluid-rock interaction, and at higher 

temperature fractionation is lower (Chan et al., 1994). The lithium isotopic fractionation factors of 

the spring waters weakly follow the trend displayed by fractionation factors from the literature for 

various temperatures (Figure 7.6). Although, the springs from the Southern Alps tend to have a higher 

fractionation factor for any given temperature.  

On a plot of δ7Li value of the metasedimentary-hosted spring dissolved load and δ7Li value of the 

metasedimentary-hosted spring suspended load, the data generally shows that the springs have 

consistently higher δ7Li values than the suspended load (Figure 7.7). However, a spring water sample 

from Welcome Flat plots just below the 1:1 line between δ7Li signatures of the spring water dissolved 

and suspended load. This spring has a positive Δ7Lisuspended-dissolved value of +0.2‰ and α = 1.000, 

which would suggest that no significant secondary mineral formation (other than carbonate) is 

occurring in this spring and that the fluid and suspended load are near equilibrium. The Welcome 

Flat spring flow rate is very vigorous and it carries a lot of rock debris, including travertine and 

calcite, and is also ~11 km from the Alpine Fault yet has the highest silica equilibration temperature 

measured of all springs (153 °C; Menzies, 2012). This may be due to either a higher geothermal 

gradient in this area or the fluids penetrate to greater crustal depths than other springs which may be 

aided by increased permeability. This may explain why this spring water is closer to equilibrium.  

FIGURE 7.7: δ7Li value of the spring suspended load against the δ7Li 

value of the dissolved load of the metasedimentary-hosted spring waters 

emanating from the Southern Alps. The external reproducibility of the 

δ7Li analyses is 2σ.  
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It was established in Chapter 5 that the rivers draining the Southern Alps show a negative relationship 

between Li/Na and δ7Li value (Figure 5.23), which is consistent with global river data (Kısakűrek et 

al., 2005; Pogge von Strandmann et al., 2006; Vigier et al., 2009; Pogge von Strandmann et al., 2010; 

Liu et al., 2015). This reflects the incorporation of Li into secondary minerals, and implies that 

residence time in surface waters has a major effect upon the δ7Li signatures of rivers. However, in 

the metasedimentary-hosted spring waters emanating from the Southern Alps, no relationship can be 

observed between Li/Na and δ7Li value (Figure 7.8). This may suggest that Li isotopic fractionation 

via secondary mineral formation may not be the only factor controlling spring water δ7Li signatures, 

or that this mechanism of isotopic fractionation is more complex and variable at higher temperatures.  

7.5.4      Coupled Mg and Li Isotopes in Spring Waters 

As chemical weathering intensity increases and more secondary minerals are formed, the dissolved 

load δ26Mg value should become lighter and the δ7Li value should become heavier, in comparison to 

the bedrock isotopic values, if Li and Mg are coupled in their chemical behaviour during weathering 

(Horstman, 1957; Huh et al., 1998). This behaviour is appears to be observed for the spring waters 

emanating from the Southern Alps (Figure 7.9).  

FIGURE 7.8: Li/Na against δ7Li value of the dissolved load of the 

metasedimentary-hosted spring waters emanating from the Southern 

Alps. The external reproducibility of the δ7Li analyses is 2σ. 
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7.6 Summary 

 The metasedimentary-hosted springs emanating from the Southern Alps have δ7Li = +0.2 to 

+10.8‰, higher than bedrock (δ7Li = -1.6 to +1.4‰), but not as highly fractionated from the 

bedrock as the river waters draining the Southern Alps. 

 

 δ7Li values of ultramafic-hosted hyperalkaline springs are within range of the metasedimentary-

hosted springs, but they have much lower Li concentrations ([Li]ultramafic-hosted = 1.06-1.90 μmol/L; 

[Li]metasedimentary-hosted = 30.6-303 μmol/L).  

 

 A weak negative relationship can be observed between TSi and δ7Li, where the values with the 

highest TSi values have δ7Li values closest to the bedrock, and the samples with the lowest TSi 

values plot closest to river δ7Li values.  

 

 Mineral saturation states modelled using measured spring water temperature produce similar 

results to mineral saturation states modelled for the river waters draining the Southern Alps, and 

produce the same secondary mineral assemblage (illite, kaolinite and smectite) at similar SI 

values (0 to +4). However, modelling results using silica equilibration temperature yield SI 

FIGURE 7.9: δ7Li value against δ26Mg value in the dissolved load of 

the spring waters emanating from the Southern Alps, with comparison 

to the Southern Alps bedrock δ7Li and δ26Mg values. The external 

reproducibility of the δ7Li and δ26Mg analyses is 2σ. 
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values that are much more undersaturated for the same secondary mineral assemblage (SI values 

= -5 to +1). This suggests that these secondary minerals are likely to form nearer the surface, but 

less likely to form at depth under higher temperature conditions.  

 

 Geochemical modelling results produced using silica equilibration temperatures (TSi) show that 

a different mineral assemblage is oversaturated in the springs at depth (daphnite, saponite and 

tremolite). These minerals show a weak positive correlation with δ7Li value, indicating that 6Li 

is preferentially retained in these mineral phases. 

 

 No correlation can be observed between Li/Na and δ7Li value for the spring waters, which 

suggests that secondary mineral formation may not be the only factor controlling Li isotopic 

fractionation and spring water δ7Li signatures, or that this mechanism of isotopic fractionation is 

more complex and variable at higher temperatures. However, a negative correlation can be 

observed between δ7Li and δ26Mg values in the dissolved load of the springs, which would 

suggest that Li and Mg are coupled in their behaviour during secondary mineral formation at 

higher temperature in spring waters. 
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Chapter 8  

Conclusions and Further Work 

8.1 Conclusions 

8.1.1      Chemical Weathering and Atmospheric CO2 Drawdown in the Southern Alps 

Overall chemical dissolution rates, carbonate dissolution rates, and to a lesser extent silicate 

dissolution rates in the Southern Alps are relatively high compared to rates calculated for global 

rivers. Atmospheric CO2 consumption rates attributed to carbonate dissolution are high compared to 

rivers globally, but atmospheric CO2 consumption rates attributed to silicate dissolution are relatively 

low. This suggests that rapid uplift and erosion increases dissolution of carbonates disproportionately 

to the dissolution of silicates. 

High total chemical dissolution rates and atmospheric CO2 consumption rates attributed to carbonate 

weathering are likely to be the result of rapid uplift and erosion along with heavy rainfall west of the 

Main Divide. Yet, little difference can be observed in silicate dissolution rate east and west of the 

Main Divide, even though physical erosion is much higher in the west due to increased rates of uplift 

and rainfall. Atmospheric CO2 consumption rates attributed to silicate dissolution are in fact higher 

east of the Main Divide, which indicates that although rapid uplift in the Southern Alps may 

accelerate chemical dissolution, it does not necessarily enhance the rate of long term atmospheric 

CO2 consumption. The important implication of this finding is that periods of rapid uplift in the past 

(e.g. uplift of the Himalayas ~40 Ma) may not have directly resulted in increased drawdown of 

atmospheric CO2 due in increased dissolution of silicates. This potentially calls into question the 

significance of continental silicate weathering as a major sink of atmospheric CO2 in the global 

carbon cycle and the efficiency of this process in drawing CO2 down from the atmosphere, which 

may be important to consider for carbon cycle modelling. 
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However, it should be noted that these calculations say little about the chemical weathering intensity, 

in terms of precipitation of secondary minerals during chemical weathering.  

 

8.1.2      Li and Mg Isotopic Fractionation 

The chemical weathering rates calculated for the Southern Alps are a measure of chemical 

dissolution. As shown in this study, the process that controls riverine δ7Li composition is the 

incorporation and adsorption of Li on or into newly formed or neo-formed secondary minerals. The 

chemical weathering rates calculated in Chapter 4 unfortunately do not provide a measure of 

secondary mineral formation.  

The same can be said for riverine δ26Mg composition, which is also dominantly controlled by 

fractionation via secondary mineral formation, which is demonstrated in this study. This would 

therefore explain why we observe little correlation when plotting these riverine isotopic values 

against silicate weathering rate. Silicate weathering rate is a measure of silicate chemical dissolution, 

whereas the extent of Li and Mg isotopic fractionation is a measure of secondary mineral 

precipitation processes.  

A limitation at this stage in this field of research is that we are not yet able to discern between 

incorporation or adsorption of an element onto/into clays. It is likely that these processes would 

fractionate Li and Mg to different extents and at variable rates. Until we have a better understanding 

of the processes that occur during formation/neo-formation of clays during chemical weathering 

processes, we are limited in our interpretation of riverine δ7Li and δ26Mg isotopic compositions. 

 

8.1.3      Global Implications of δ7Li Values 

A direct relationship between silicate dissolution rate and δ7Li value is not observed in the rivers 

draining the Southern Alps, which is consistent with values obtained for global rivers. Rather, the 

δ7Li signature of river waters appears to be controlled by the residence time of water-rock interaction, 

identified by sodium-normalised lithium ratio evolution in river waters. This relationship reflects the 

incorporation of Li into secondary minerals, whereas Na remains in solution, which makes Li 

isotopic fractionation a useful tracer of silicate precipitation of secondary minerals during chemical 

weathering. 

The seawater δ7Li signature has risen during the Cenozoic. If it is assumed that this rise is primarily 

due to riverine input, the results from this study suggest that this increase may be related to tectonic 

uplift, which resulted in increased chemical dissolution due to the increase in physical erosion and 
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the decrease in weathering intensity. An increase in physical weathering increases the potential for 

secondary mineral formation during chemical weathering, raising the overall seawater δ7Li 

composition. Observations from this study also suggest that local climate (e.g. temperature and 

meteoric precipitation) appears to have at most only an indirect effect upon riverine δ7Li values, as 

secondary mineral precipitation is not affected by simply one factor. 

The δ7Li composition of the warm springs is not as high as the river water δ7Li composition, but it is 

still fractionated to higher δ7Li values relative to the bedrock. This suggests that a process is cocurring 

that is fractionating these fluids, whereby 6Li is lost and 7Li remains in solution. We found that Li 

isotope fractionation in warm springs is also dominantly controlled by secondary mineral formation. 

Geochemical modelling of mineral saturation states suggests that a similar mineral assemblage to the 

river waters is formed in the spring waters near the surface. However, at depth and under higher 

temperature conditions a different mineral assemblage is produced, but the same relationship as 

rivers can be observed with the saturation indices of these minerals and spring water δ7Li values. 

This suggests that even at higher temperature and pressure conditions, the 6Li isotope is still 

preferentially retained in newly formed minerals and 7Li remains in solution. This can further our 

understanding of the extent of subsurface flud δ7Li fractionation, and geochemical modelling can 

give us an idea of the types of mineral assemblages that are likely to fractionate Li isotopes under 

high temperature and pressure conditions. 

 

8.1.4      Global Implications of δ26Mg Values 

A weak correlation can be observed between silicate dissolution rate and riverine δ26Mg value in the 

Southern Alps. As silicate dissolution rate increases, the riverine δ26Mg values become lower, which 

is generally in agreement with major global rivers. We know that the rivers draining the Southern 

Alps are subject to a ‘kinetic-limited’ regime, and it is likely that if mechanical erosion were to 

increase, riverine δ26Mg values would become higher as the rivers become less fractionated from the 

bedrock. This would occur as secondary mineral formation would be inhibited due to very high 

mechanical erosion rates. 

The formation of secondary minerals during chemical weathering appears to be the dominant control 

upon Mg isotopic fractionation, as a weak relationship between riverine Mg/Na and δ26Mg values 

can be observed, which is consistent with the formation of secondary minerals and Mg retention in 

the newly formed minerals. This would make Mg isotopic fractionation a useful tracer of silicate 

precipitation of secondary minerals during chemical weathering. However, the extent of the role of 

other processes fractionating riverine Mg isotopes, such as primary mineral dissolution and biotic 

activity, is unknown, although the results from this study indicate that the effects of these processes 

are minor. Observations from this study also suggest that local climate (e.g. temperature and meteoric 
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precipitation) appears to have at most only an indirect effect upon riverine δ26Mg values, as secondary 

mineral precipitation is not affected by simply one factor. 

The scope of using Mg isotopes as a tracer of past weathering is potentially limited by the fact that 

Mg is a major element. In the global Mg cycle, the Mg lost to clays via precipitation is likely to be 

minor compared to the Mg input into the oceans via continental chemical dissolution. In addition, 

riverine Mg isotopic fractionation appears to only be affected by secondary mineral precipitation, 

and is not strongly affected by silicate chemical dissolution. As riverine δ26Mg values seem to be 

dominantly controlled by secondary mineral formation, how much is this fractionation telling us 

about past ocean δ26Mg changes? Instead, these isotopic values tell us more about the efficiency of 

cation retention, i.e. the relative amounts of clays that form on the continents (the more clays formed, 

the less Mg in the oceans).  

A limitation in using the Mg isotopic system in weathering studies is the similarity in the δ26Mg 

composition of natural reservoirs, and hence the small amount of isotopic fractionation that occurs 

during chemical weathering. Differences between natural reservoirs sometimes falls within analytical 

uncertainty of the data points. Higher precision and accuracy on the MC-ICP-MS could greatly 

enhance the potential of the Mg isotopic system in studies such as this.  

The lack of Mg isotopic variation between natural reservoirs in weathering systems likely explains 

why no variation is observed in a plot of seawater with depth. Due to the size and mixing in the 

oceans, it is likely that any change in the riverine δ26Mg signal to the oceans is dominated by the 

oceainic δ26Mg signal and not measurable at this stage. 

 

8.1.5      Coupled Li and Mg Isotopic Systems 

If riverine δ7Li and δ26Mg values are coupled in their behaviour during chemical weathering, a 

negative correlation should be observed, which represents an increasing degree of chemical 

weathering and secondary mineral formation. River data from the Southern Alps displays a weak 

negative correlation between these two isotopic systems, which is what should be expected. 

However, not all river studies display evidence for a negative correlation, suggesting that the 

behaviour of these isotopes may vary between different weathering environments, adding to the 

complexity of extrapolating local studies to global interpretations.  
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8.2 Further Work 

8.2.1      Further Sample Collection  

There is evidence for a relationship between groundwater (Tartare Tunnels) fluid chemistry and 

increasing tunnel overburden. As tunnel overburden increases, major anion and cation fluid 

concentrations generally increase. There is also evidence for a decrease in groundwater δ7Li value 

with increasing tunnel overburden, which suggests that weathering becomes more congruent with 

increasing water-rock interaction. Or it is possible that dissolution of secondary minerals is occurring 

and releasing 6Li into solution, resulting in lower δ7Li of the tunnel fluids. However, only a limited 

number of groundwater samples were available for use in this study. Further groundwater sample 

collection should include more samples from the Tartare Tunnels, with varying distance into the 

tunnel. More samples would be needed to test the robustness of the above conclusions. 

More river water samples, including suspended sediment and bedload samples, need to be collected 

on the eastern side of the Southern Alps. This would achieve a better overview of the effect of a 

lower rainfall and erosion rate regime on the fractionation of Li and Mg isotopes. The majority of 

the samples used in this study were collected along or near to the Alpine Fault. The rivers Haast and 

Rakai were used as representative river waters for the west and east of the Southern Alps. It could be 

beneficial to the understanding of Li isotope fractionation by carrying out river transect studies on 

these river localities, and observing the variation, if any, in isotopic fractionation from source to sink 

for these rivers. A small collection of rivers should also be collected in both winter and summer to 

observe the extent of seasonable variations in the rivers of the Southern Alps.  

To get a complete overview of the weathering processes that are occurring in the Southern Alps, soil 

depth profiles should also be undertaken. Soils and their respective pore waters could be useful in 

determining the soil processes and interpreting the processes that control Li and Mg isotopic 

fractionation. This would be helpful in determining the secondary clays that form and constraining 

their behaviour during chemical weathering.  

It was not possible in this project to calculate an isotopic correction for rain water input to the riverine 

δ7Li and δ26Mg values. Therefore, it would be useful to collect large rain water samples east of the 

Southern Alps that can be concentrated to perform δ7Li and δ26Mg analyses. By correcting for the 

isotoic rain water input, we would achieve more accurate riverine δ7Li and δ26Mg values.     

 

8.2.2      Investigation of the Adsorption of Li and Mg onto Clays 

It is widely accepted that secondary mineral formation is the dominant control upon Li isotopic 

fractionation and a major control upon Mg isotopic fractionation in river waters, but it is still 
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relatively unclear as to how Li and Mg structurally substitute into certain clays. More experimental 

laboratory studies need to be carried out to assess the behaviour of Li and Mg during secondary 

mineral formation, as it is likely that different minerals will fractionate these isotopes at different 

rates and to variable extents. The findings from this study have shown that riverine Mg isotopes to 

fractionate in only one direction, however, a study of Icelandic rivers demonstrated the fractionation 

of riverine Mg isotopes to both heavier and lighter values. The determination of how Li and Mg 

isotopes behave with specific secondary minerals is fundamental in constraining the observed 

isotopic fractionation.  

 

8.2.3      Identification and Potential Quantification of the Processes Fractionating Mg 

Interpretation of riverine Mg isotopic fractionation is more complex than Li isotopic fractionation. 

Li isotopic fractionation during weathering is only significantly affected by secondary mineral 

formation. Whereas, with regards to Mg isotopic fractionation, evidence has shown that secondary 

mineral formation is the dominant control, although, other processes such as primary mineral 

dissolution and biotic activity, may also exert minor controls. In addition, both secondary mineral 

formation and biotic activity have been shown to isotopically fractionate Mg isotopes in both 

directions, releasing both the heavy and light isotope into solution. Quantifying the extent of these 

factors upon Mg isotopic fractionation is crucial for using Mg isotopes to accurately interpret a 

weathering system. 

To further understand the processes controlling riverine δ26Mg compositions, calcite (the major form 

of carbonate in the Southern Alps) δ26Mg values would need to be determined. This would enable us 

to separate total δ26Mg into silicate δ26Mg and carbonate δ26Mg values.
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Appendix A 

Methods 

A.1 Preparation of Bedrock and Particulate Material 

A.1.1      Rock Crushing 

1. Rock samples were cut using a water-lubricated diamond saw and the surfaces were ground on 

a high speed diamond grinding lap to remove any weathered surfaces.  

2. Approximately 50 g of each sample was weighed, which was then washed with Milli-Q and 

placed into an ultrasonic bath for 10 minutes. This process was repeated until no more material 

was coming off of the samples. 

3. The samples were then crushed using a hardened pure-iron fly-press, until the sample was in 

millimetre-sized chips. Care was taken not to touch the sample directly with the iron fly press, 

and to minimise contact between samples, clean sheets of paper were used for each sample. 

4. Each sample was crushed to a fine powder (<75 μm) in a hardened pure-iron Tema pot to ensure 

homogeneity. The samples had to be powdered to this degree of fineness for maximum grain-

acid contact during acid digestion (Potts, 1987). 

5. Each sample was then transferred to a clean and labelled sample pot. 

6. The Tema pot was cleaned prior to use and between samples by grinding clean sand for 1 minute. 

The Tema pot was then cleaned with water and acetone with white roll. 

 

A.1.2      Splitting of River Sand Samples 

1. Before sieving, the samples had to be split to a reasonable size to fit in the sieves (~150-200 g). 

2. The river sand samples were completely dried before splitting. 
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3. The workbench was cleaned with acetone and paper was mosaicked to ensure no sample was 

lost. 

4. Some sample was poured over the split of 2 clean sheets in the middle of the table, trying to 

keep the sample as even on either side as possible, and then these splits were poured into separate 

labelled bags. 

5. Splitting was repeated until the sample was a suitable size for sieving. 

6. Before splitting another sample, the workbench was cleaned with acetone and clean paper was 

used to mosaic the table. 

 

A.1.3      Sieving River Sand Samples 

1. A set of 6 sieves and a pan was cleaned: 2 mm (granules), 1 mm (very coarse sand), 0.5 mm 

(coarse sand), 0.25 mm (medium sand), 0.125 mm (fine sand), 0.0625 mm (very fine sand) and 

a pan (<0.0625; coarse silt). 

2. The sample was accurately weighed before starting the sieving procedure. 

3. The sieves were stacked so that the finest mesh is placed at the bottom of the stack, and the 

sample was placed into the uppermost sieve in ~50 g fractions. 

4. The stack of sieves was shaken for 5 minutes in a circular motion, with occasional rapping of the 

stack of sieves on the workbench. 

5. Each size fraction was decanted onto a piece of clean paper and then poured into labelled and 

weighed bottles. 

6. The weight of the different size fractions was totalled and the loss of sample throughout this 

procedure was calculated. 

 

The bulk sub-samples (<2 mm) and the fine sand samples (0.125 mm) were powdered using the 

Tema Procedure (Appendix A.1.1) and then digested using the HF-HNO3-HCl method (Appendix 

A.1.7). 

 

A.1.4      Separation of Clay from Coarse Silt Fraction (for ICP-MS Analysis) 

1. Approximately 5 g of the coarse silt fraction was placed into a clean 100 ml glass beaker. 

2. The beaker was filled to ~100 ml with Milli-Q water and stirred thoroughly with a glass rod. 

3. This was left to settle for 3 hours, and then the water was poured off and the suspended material 

was placed into a plastic centrifuge tube. 

4. The sample was centrifuged for 30 minutes. 

5. The water was poured off and the clay fraction was dried down overnight on a hotplate set at 80 

°C. 
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6. The clay residue was scraped out of the plastic centrifuge vials and placed into weighed and 

labelled vials. 

7. The clay fractions were digested using the HF-HNO3-HCl method (Appendix A.1.7). 

 

A.1.5      Suspended Load Removal from Filters 

The river water and spring water samples were filtered whilst they were sampled (Menzies, 2012). 

The particulate material that remained on the filters is the suspended load and this was removed using 

the following method. 

1. The filters were placed in 30 ml Teflon vials and submerged in Milli-Q. 

2. The vials were ultrasonicated for 2 hours until the material had re-suspended.  

3. The filters were removed and rinsed with Milli-Q into the same Teflon pot to remove as much 

of the suspended load as possible. If a significant amount of material remained on the filter, then 

steps 1-3 were repeated. 

4. The suspended load was dried down and digested using the HF-HNO3-HCl method (Appendix 

A.1.7). 

 

A.1.6      Mica Mineral Separate Picking 

A range of different micas were selected (biotite, chlorite and muscovite) for picking from different 

bedrock samples. These rock samples were collected by Pitcairn (2004). 

1. The sample vials were cleaned by ultrasonicating them in Milli-Q for 15 minutes and then drying 

in an oven overnight at <50 °C. 

2. The picking tools and equipment (picking tool, razor blade, glass slide and petri dishes) were 

cleaned with ethanol and white roll.  

3. A sample vial was labelled for ‘pure’ mica collection and another for discarded rock material. 

4. A small amount of the crushed rock sample was poured onto the glass slide and the mica intended 

for collection was picked out. 

5. Approximately 30 mg of mica was collected from each sample and then crushed using a mortar 

and pestle. 

6. The mica mineral separates were digested using the HF-HNO3-HCl method (Appendix A.1.7). 

 

A.1.7      Dissolution of Bedrock and Particulate Material 

1. Approximately 75 mg of each powdered rock sample (bedrock, bulk river sand fractions and fine 

river sand fractions) was accurately weighed and placed into a weighed acid-cleaned Teflon pot. 
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Little material was collected for the mica mineral separates and the clay river sand fraction, and 

so the whole sample was digested (after being accurately weighed again). The suspended load 

samples were kept in the same Teflon pots for digestion as the sample sizes were very small, and 

complete removal of all of the particulate material from inside of the Teflon vials would have 

been difficult. The weights of the suspended sediments were back-calculated after the digestion 

was complete. 

2. 1 drop of 15M TD HNO3 per 10 mg of powdered rock was added to make a slurry.  

3. In a scrubbed fume cupboard, 0.75 ml of Aristar HF was added to each Teflon pot.  

4. The lids were firmly screwed on and placed on a hotplate set at 130 °C for at least 12 hours.  

5. The samples were removed from the hotplate and left to cool.  

6. Once the Teflon pots were cool, the lids were removed (in a scrubbed fume cupboard) and 

checked to see that all of the sample has dissolved and then placed back on the hotplate with the 

lids removed, to wait for the samples to dry to incipient dryness (care was taken to not overdry).  

7. If some undissolved sample was still present, then Steps 2-6 were repeated.  

8. Once dry, the samples were carefully removed from the hotplate and sufficient 6M TD HCl was 

added to dissolve the sample (>2 ml).  

9. The lids were firmly screwed on and placed on a hotplate set at 130 °C overnight to reflux until 

the sample had dissolved.  

10. If undissolved sample remained, the sample was dried down and 6M TD HCl was added again 

and left to reflux. If undissolved material still remained, the samples were dried down and 

repeated attacks of 15M TD HNO3 and 12M TD HCl were carried out.  

11. Once fully dissolved in 6M TD HCl, the lids were removed and the samples were placed on a 

hotplate to dry, being careful not to overdry.  

12. Once dry, sufficient 6M TD HCl was added and left to dissolve for at least 2 hours.  

13. The samples were transferred to labelled and weighed acid-cleaned HDPE bottles and the Teflon 

pots were thoroughly rinsed with 6M TD HCl and Milli-Q to make the solution up to an 

approximate volume (~30 ml) and then re-weighed. The solution should be roughly 50:50 of 6M 

TD HCl and Milli-Q. 

 

Dilution factors of the mother solutions were calculated (usually on the order of ~400). At least 1 

laboratory blank accompanied each batch of samples, which underwent the same digestion procedure 

as the rock samples, but without the addition of any rock powder. A rock standard was also digested 

along with every batch of samples (usually JB-2 and/or BCR-2). 
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A.2 Elemental Analysis of Fluids 

A.2.1      ICP-MS (Inductively-Coupled Plasma-Source Mass Spectrometry) 

The ICP-MS data for the fluid samples reported in this study was conducted by Menzies (2012). 

These analyses were carried out on a Thermo X-Series II ICP-MS at NOC, Southampton. The river 

water and spring water samples were sub-sampled and diluted with Milli-Q to the desired 

concentration and spikes of In, Re and Be were added as well as 15M TD HNO3 to give a final 

solution of 0.45M TD HNO3. The rivers and springs were run undiluted for all elements other than 

Li and B. Li and B were run separately for the spring fluids due to very high concentrations, and 

these samples had dilution factors of 10-100 depending on the estimated Li or B concentration of the 

sample. Rainwater and a blank (Milli-Q) were concentrated ~40 times prior to analyses by ICP-MS, 

after which they were analysed in the same way as river waters and spring waters. 

During analysis of Li and B in spring fluids, the external drift was monitored using a middle 

concentration standard every 10 samples. Synthetic standards were used in the analysis to calibrate 

the instrument. Blank wash solutions of 0.45M TD HNO3 were run between samples for a minimum 

of 3 minutes. During the analysis of B in springs, the wash was monitored, and washing was 

continued until the counts per second were back to base levels. The international standard reference 

river water (SLRS-4) and an external river water standard (Sco2/15; Open University) (Wimpenny, 

2008) were used to test for precision and accuracy during analyses of springs and rivers.  

 

A.2.2      ICP-OES (Inductively-Coupled Plasma-Source Optical Emission Spectrometry) 

The ICP-OES data for the fluid samples used in this study was conducted by Menzies (2012). Sub-

sampled river waters were run undiluted and sub-sampled spring waters were diluted ~10 times with 

Milli-Q. The solutions were spiked with the appropriate volume of 15M TD HNO3 to make a final 

solution of 0.45M TD HNO3. Rainwater and a blank (Milli-Q) were concentrated by ~40 times prior 

to analyses by ICP-OES, after which they were analysed in the same way as river and spring waters. 

Major elements in the spring fluids were analysed on a PerkinElmer Optima 4300 DV ICP-OES at 

NOC, Southampton. A blank and drift monitor (intermediate concentration standard) were run to 

assess drift. A wash of 0.45M TD HNO3 was used between samples, which was taken up by an 

AS93plus random-access autosampler. The samples are fed into an argon plasma via a glass 

concentric nebuliser and open cyclonic spray chamber using an integral peristaltic pump. Light and 

atomic emissions from the plasma are measured axially and radially. The data are processed using 

the PerkinElmer software where peak sizes are measured and integrated, then calibrated to peak sizes 
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of known standard concentrations. The machine was calibrated using multi-element synthetic 

standards that bracket the expected maximum and minimum concentration in samples. 

The international standard reference river water (SLRS-4) and an external river water standard 

(Sco2/15; Open University) (Wimpenny, 2008) were used to assess precision and accuracy. Internal 

precision was monitored by measuring each sample four times and calculating the percentage relative 

standard deviation (%RSD) which is expressed as the standard deviation of the mean as a percentage 

of the mean. Data with RSD of >10% were rejected. The precision and accuracy of these 

measurements are available in Menzies (2012).  

 

A.2.3      IC (Ion Chromatography) 

IC analyses of the fluid samples were conducted by Menzies (2012). Cl-, F-, SO4
2- and Br- in spring 

and river waters were measured on a Dionex ICS2500 ion chromatograph at NOC, Southampton. 

  

The spring samples were diluted ~10 times with Milli-Q and the river waters were run undiluted. The 

results were calibrated using single element synthetic standards, and four standards of different 

concentrations (which bracketed the sample concentrations) were run per element. Between every 

10 samples, washes of blank Milli-Q were used to rinse the system. During the run, samples were 

bracketed by 2 multi-element standards, which were used as external drift monitors. Accuracy was 

monitored using international groundwater standards BRC617 and BRC612 for Cl-, SO4
2- and Br-. 

These standards are not certified for F-, and so a synthetic standard was run to assess accuracy. The 

accuracy measured using BRC617 for Cl- is lower than normal samples as the concentration was 

higher than the top standard during this run (Menzies, 2012). The precision was monitored by 

measuring the same multi-element synthetic standard multiple times as an unknown (Menzies, 2012). 

 

A.3 Spring Contribution Calculations 

Flow rate values for some of the springs sampled in this study (Table B.2 in Appendix B) were taken 

from Reyes et al. (2010), and discharge values for the Haast River were sourced from the National 

Institute of Water and Atmospheric Research Limited in Christchurch, New Zealand (NIWA). Most 

of the springs that had flow data and concentration data were found along or near the Alpine Fault, 

which is west of the Main Divide. Therefore, we used the Haast River as being representative of 

rivers on the west coast. Discharge data was not available for any other rivers west of the Main 

Divide, and so a minimum and maximum was taken from varying discharge rates between the years 

2009-2011 (period when the spring water samples from this study were collected). A minimum 
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spring water input into river waters was calculated by using the highest measured discharge value 

for the Haast River and the spring with the lowest flow rate. A maximum spring water input into 

river waters was calculated by using the lowest measured discharge value for the Haast River and 

the spring with the highest flow rate. 

Average river water and spring water values were used for the concentrations of each element due to 

the lack of spring flow rate and river discharge data. The total load in the rivers and springs for each 

element was calculated using the following equation: 

Total Load (mg/s)  =  Discharge (L/s)  x  Element Concentration (mg/L)             (Eq. A.1) 

The spring water input (calculated as a per cent of the total river water load) to the river waters was 

calculated using the following equation: 

Spring Water Input (%) =  
Spring Load (mg/s)

River Load (mg/s)
 x  100                       (Eq. A.2) 
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Average River Average Spring Average River Average Spring

Flow Rate L/s 300000 0.02 10000 0.12

HCO3 mg/L 414 5880 414 5880

mg/s 124000000 118 4140000 706

%

F mg/L 0.05 2.72 0.05 2.72

mg/s 15700 0.05 524 0.33

%

Cl mg/L 1.15 81.2 1.15 81.2

mg/s 346000 1.62 11500 9.75

%

Br mg/L 0.00 0.26 0.00 0.26

mg/s 976 0.01 33 0.03

%

SO4 mg/L 5.31 21.1 5.31 21.1

mg/s 1590000 0.42 53100 2.53

%

Li μg/L 1.73 834 1.73 834

μg/s 520000 16.7 17300 100

%

B μg/L 3.95 2940 3.95 2940.00

μg/s 1190000 58.8 39500 353

%

Na mg/L 1.32 186 1.32 186

mg/s 397000 3.72 13200 22.3

%

Mg mg/L 0.49 1.49 0.49 1.49

mg/s 146000 0.03 4860 0.18

%

Al μg/L 28.5 29.0 28.5 29.0

μg/s 8550000 0.58 285000 3.47

%

Si mg/L 1.84 31.2 1.84 31.2

mg/s 551000 0.62 18400 3.74

%

K mg/L 0.87 10.3 0.87 10.3

mg/s 261000 0.21 8690 1.23

%

Ca mg/L 8.39 23.4 8.39 23.4

mg/s 2520000 0.47 84000 2.81

%

0.094

0.000 0.005

MAXIMUMMINIMUM

0.000 0.017

0.000 0.062

0.000 0.014

0.000 0.003

0.000 0.004

0.000 0.001

0.000 0.020

0.003 0.578

0.005 0.893

0.001 0.169

0.000 0.085

0.001

TABLE A.1: Calculations of the minimum and maximum spring water contribution to river 

waters, given as a per cent of the total river water concentration.  
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TABLE A.1 Continued – Spring water input to rivers  

Average River Average Spring Average River Average Spring

Flow Rate L/s 300000 0.02 10000 0.12

Mn μg/L 0.87 67.2 0.87 67.2

μg/s 261000 1.34 8690 8.06

%

Fe μg/L 4.93 62.4 4.93 62.4

μg/s 1480000 1.25 49300 7.49

%

Rb μg/L 1.55 71.9 1.55 71.9

μg/s 465000 1.44 15500 8.62

%

Sr μg/L 48.3 482 48.3 482

μg/s 14500000 9.64 483000 57.8

%

Cs μg/L 0.04 68.2 0.04 68.2

μg/s 12500 1.36 415 8.19

%

Ba μg/L 3.05 36.4 3.05 36.4

μg/s 915000 0.73 30500 4.36

%

Y ng/L 7.12 129 7.12 129

ng/s 2140000 2.59 71200 15.5

%

La ng/L 5.94 11.7 5.94 11.7

ng/s 1780000 0.23 59400 1.41

%

Ce ng/L 7.09 21.7 7.09 21.7

ng/s 2130000 0.43 70900 2.61

%

Pr ng/L 1.29 3.18 1.29 3.18

ng/s 386000 0.06 12900 0.38

%

Nd ng/L 5.27 14.0 5.27 14.0

ng/s 1580000 0.28 52700 1.68

%

Sm ng/L 1.05 3.62 1.05 3.62

ng/s 314000 0.07 10500 0.43

%

Eu ng/L 0.26 1.19 0.26 1.19

ng/s 77200 0.02 2570 0.14

%

MINIMUM

0.000

0.000

0.000

0.000

0.000 0.002

0.056

0.000 0.012

0.011 1.973

MAXIMUM

0.001 0.093

0.000 0.015

0.004

0.000 0.006

0.004

0.000 0.003

0.000 0.003

0.014

0.000 0.022
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Average River Average Spring Average River Average Spring

Flow Rate L/s 300000 0.02 10000 0.12

Gd ng/L 1.31 5.35 1.31 5.35

ng/s 392000 0.11 13100 0.64

%

Tb ng/L 0.16 1.09 0.16 1.09

ng/s 49400 0.02 1650 0.13

%

Dy ng/L 1.03 9.53 1.03 9.53

ng/s 309000 0.19 10300 1.14

%

Ho ng/L 0.24 2.67 0.24 2.67

ng/s 71000 0.05 2370 0.32

%

Er ng/L 0.79 10.5 0.79 10.5

ng/s 236000 0.21 7870 1.25

%

Tm ng/L 0.12 1.81 0.12 1.81

ng/s 35600 0.04 1190 0.22

%

Yb ng/L 0.84 13.9 0.84 13.9

ng/s 252000 0.28 8400 1.67

%

Lu ng/L 0.14 2.28 0.14 2.28

ng/s 42600 0.05 1420 0.27

%

Pb ng/L 23.4 60.4 23.4 60.4

ng/s 7010000 1.21 234000 7.24

%

U ng/L 22.7 6.65 22.7 6.65

ng/s 6810000 0.13 227000 0.80

%

MINIMUM MAXIMUM

0.000 0.005

0.000 0.008

0.000 0.011

0.000 0.014

0.000 0.016

0.000

0.000 0.003

0.000 0.000

0.018

0.000 0.020

0.000 0.019

TABLE A.1 Continued – Spring water input to rivers  
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A.4 Global Chemical Weathering and Atmospheric CO2 Consumption 

Rates  

Silicate and carbonate weathering rates along with atmospheric CO2 consumption rates were 

calculated following Jacobsen et al. (2003) for major global rivers, using river chemistry data from 

Gaillardet et al. (1999b). Calculated values for some of the rivers were illogical, for example, some 

of the values were negative. These rivers either had high salinity (a high concentration of Na 

compared to Ca) or were affected by anthropogenic effects, or both. Therefore, only the major rivers 

that were least likely to be affected by anthropogenic effects and have low salinity were included for 

comparison to the data from this study.  
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A.5 Erosion and Rainfall Rates 

 

 

 

 

 

 

 

 

 

 

 

 

 

TABLE A.3: Sediment yield, erosion rates and rainfall values for the river localities 

analysed in this study.  

Sample Locality Type Sediment Yield Erosion Rate Rainfall

t·km
-2

·yr
-1

mm·yr
-1

mm·yr
-1

Eastern Rivers

NZ01 Franz Terminus Glacial 6420 2.42 6350

NZ03 Fox Terminus Glacial 917 0.35 5810

NZ04 Thunder Creek Non-glacial 2340 0.88 4540

NZ19 Deception Non-glacial 791 0.30 4920

NZ20 Wanganui Non-glacial 4550 1.72 4590

NZ22 Gaunt Creek Non-glacial 6050 2.28 5770

NZ26 Rpugh Creek Non-glacial 844 0.32 5100

NZ09 Sheil's Creek Non-glacial 9270 3.50 7840

NZ13 Smythe Non-glacial 10500 3.96 7040

NZ14 Scone-Perth Non-glacial 8930 3.37 7430

NZ16 Mungo Non-glacial 3350 1.26 5060

Western Rivers

NZ27 Rakai Non-glacial 436 0.16 856

NZ05 Chinaman's Bluff Non-glacial 141 0.05 2190

NZ25 Potts Non-glacial 308 0.12 1130

NZ07 Mingha Non-glacial 2530 0.95 3440

NZ06 Hooker Terminus Glacial 1390 0.52 6350
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A.6 Mineral Saturation States 

The thermodynamic modelling presented in this study was performed with the program SpecE8, 

which is part of the software package, The Geochemist’s Workbench (Bethke, 2002). SpecE8 

includes a thermodynamic database from the PHRQPITZ program (Plummer et al., 1988). The SI 

units are given in log Q/K, where Q is the ratio of component activities in the fluid, and K is the ratio 

of component activities if the fluid is in equilibrium with respect to the mineral of interest (Tosca, 

2007).  

 

 If Q=K: 

Then SI=0, indicating mineral saturation, or equilibrium between a fluid and the mineral of 

interest. 

 

 If Q<K: 

Then SI is negative, and the fluid is undersaturated with respect to the mineral of interest.  

 

 If Q>K:  

Then SI is positive, and the fluid is supersaturated with respect to the mineral of interest.  

 

The mineral saturation indices calculated for river waters and spring waters under different 

conditions are given in Tables A.3-A.6 
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TABLE A.4: River water primary and secondary mineral saturation indices calculated using the 

geochemical modelling software Geochemist’s Workbench. To calculate these values, in situ pH and 

temperature measurements, and measured anion and cation concentrations were used.  

PRIMARY SECONDARY SECONDARY SECONDARY

pH Temperature Biotite Illite Kaolinite Smectite

ºC SI units SI units SI units SI units

NZ01 Franz 9.0 3.0 3.02 1.42 1.17 0.29

NZ03 Fox 8.7 0.3 -1.79 4.28 4.22 4.02

NZ06 Hooker 8.7 5.0 -1.15 2.41 2.93 2.44

NZ19 Deception 7.9 14 -5.32 1.31 2.25 2.02

NZ20 Trib. Wanganui 7.8 10 -5.76 2.49 3.07 2.92

NZ22 Gaunt Creek 7.5 11 -7.21 2.57 3.44 3.23

NZ26 Rough Creek 7.5 11 -6.89 2.92 3.74 3.59

NZ04 Thunder Creek 7.9 11 -5.73 1.77 2.95 2.61

NZ07 Mingha 8.2 12 -5.23 0.70 1.61 1.27

NZ27 Trib. Rakai 8.3 15 -1.43 1.84 1.96 2.12

NZ05 Chinaman's Bluff 8.0 8.6 -6.49 1.00 2.26 1.65

NZ25 Potts 8.0 20 -1.64 1.84 2.59 2.44

TABLE A.5: Spring water primary and secondary mineral saturation indices calculated using the 

geochemical modelling software Geochemist’s Workbench. To calculate these values, in situ pH and 

temperature (T) measurements, and measured anion and cation concentrations were used. 

SECONDARY SECONDARY SECONDARY

pH Temperature Illite Kaolinite Smectite

°C SI units SI units SI units

HS41 Fox 6.8 30 3.58 3.05 4.04

HS40 Amythest 6.1 31 1.43 2.15 2.58

HS39 Hot Spring Flat 7.1 40 1.43 1.47 2.00

HS16 Morgon's Gorge 6.8 44 2.04 2.00 2.73

WF2 Welcome Flat 6.5 56 2.64 2.06 3.25

HS13 Scone 8.8 20 1.67 0.94 1.47

HS36 Smythe 8.6 38 1.21 0.23 0.93

HS15 Butler 6.8 40 1.85 2.21 2.73

BIV 1 Bivouac 6.6 21 5.51 5.39 6.50

HS17 Julia 8.9 60 -0.56 -1.44 -0.99

HS33 Mungo 8.9 50 0.76 -0.15 0.42

HS19 Horseshoe Flat 8.8 51 1.33 0.09 0.95

HS23 Wren Creek 8.5 55 1.31 -0.01 0.90

HS24 Haupiri 9.5 38 1.12 -0.49 0.33

HS26 Sylvia 8.1 38 2.62 1.72 2.58
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TABLE A.6: Spring water primary and secondary mineral saturation indices calculated using the 

geochemical modelling software Geochemist’s Workbench. To calculate these values, in situ pH, 

silica equilibration temperatures (TSi), and measured anion and cation concentrations were used. 

SECONDARY SECONDARY SECONDARY

pH TSi Illite Kaolinite Smectite

°C SI units SI units SI units

HS41 Fox 6.8 111 0.32 -0.05 0.36

HS40 Amythest 6.1 102 0.46 1.06 1.25

HS39 Hot Spring Flat 7.1 96 -1.68 -1.42 -1.42

HS16 Morgon's Gorge 6.8 112 -0.97 -0.87 -0.62

WF2 Welcome Flat 6.5 153 -0.06 -0.66 0.17

HS13 Scone 8.8 65 -3.22 -3.35 -3.76

HS36 Smythe 8.6 97 -2.37 -3.01 -2.98

HS15 Butler 6.8 97 -1.26 -0.70 -0.69

BIV 1 Bivouac 6.6 94 0.29 0.63 0.85

HS17 Julia 8.9 115 -2.50 -3.19 -3.15

HS33 Mungo 8.9 97 -1.73 -2.37 -2.31

HS19 Horseshoe Flat 8.8 118 -1.57 -2.55 -2.25

HS23 Wren Creek 8.5 128 -1.25 -2.43 -1.95

HS24 Haupiri 9.5 127 -4.00 -4.80 -5.00

HS26 Sylvia 8.1 102 -0.98 -1.61 -1.36

TABLE A.7: Spring water primary and secondary mineral saturation indices calculated using the 

geochemical modelling software Geochemist’s Workbench. To calculate these values, in situ pH, 

silica equilibration temperatures (TSi), and measured anion and cation concentrations were used.  

SECONDARY SECONDARY SECONDARY

pH TSi Daphnite Saponite-Mg Tremolite

°C SI units SI units SI units

HS41 Fox 6.8 111 2.46 3.69 2.88

HS40 Amythest 6.1 102 -5.13 -2.15 -10.5

HS39 Hot Spring Flat 7.1 96 0.81 1.72 -0.36

HS16 Morgon's Gorge 6.8 112 -0.05 2.06 0.47

WF2 Welcome Flat 6.5 153 4.24 5.80 8.56

HS13 Scone 8.8 65 8.20 6.91 11.6

HS36 Smythe 8.6 97 12.0 8.30 15.2

HS15 Butler 6.8 97 1.05 -0.70 -5.76

BIV 1 Bivouac 6.6 94 4.31 0.29 -4.46

HS17 Julia 8.9 115 14.7 7.55 14.7

HS33 Mungo 8.9 97 11.3 8.66 15.9

HS19 Horseshoe Flat 8.8 118 13.7 10.2 19.6

HS23 Wren Creek 8.5 128 13.3 10.3 19.7

HS24 Haupiri 9.5 127 11.6 10.9 22.1

HS26 Sylvia 8.1 102 9.24 6.96 11.4
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A.7 Lithium Isotope Method Ticksheet 

 

 

A.8 Magnesium Isotope Method Ticksheet 

 

 

 

Column Position 1 2 3 4 5 6 7 8 9 10

Column ID

Sample ID

Sample Type

Clean 15ml 6M HCl 1hr45

Rinse 8ml MQ 1hr

Eqilibrate 8ml 0.2M HCl 1hr

Check resin height 8.5cm (in 0.2M HCl)

Dissolve dried sample 200μl 0.2M HCl 5 mins

Load 200μl of sample

Wash in 500μl 0.2M HCl 5mins

Wash in 500μl 0.2M HCl 5mins

Discard 22ml 0.2M HCl 2hr45

COLLECT Li 18ml 0.2M HCl 2hr45

Clean 30ml 6M HCl 3hr30

Rinse 30ml MQ 3hr30

Lithium Column Procedure - Date:

P
re

c
o
n
d
.

L
o
a
d
in

g
C

o
lle

c
ti
o
n

Dry Li fraction on hot plate

Total time = 9.5hr

Vial ID

Column Position 1 2 3 4 5 6 7 8 9 10

Column ID

Sample ID

Sample Type

Clean 4ml 6M HCl

Rinse 4ml MQ

Eqilibrate 4ml 0.8M HNO3

Check resin height 8.5cm (in 0.8M HNO3)

Dissolve dried sample 200μl 0.8M HNO3

Load 200μl of sample

Wash in 500μl 0.8M HNO3

Wash in 500μl 0.8M HNO3

Discard 50ml 0.8M HNO3

COLLECT Mg 20ml 2M HNO3

Clean 25ml 6M HCl

Rinse 8ml MQ

Clean 8ml 6M HCl

Rinse 8ml MQ

Magnesium Column Procedure - Date:

P
re

c
o

n
d

.
L

o
a

d
in

g
C

o
lle

c
ti
o

n

Vial ID

Dry Mg fraction on hot plate

C
le

an
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Appendix B 

Data Tables for Fluid and Solid Phases 
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Sample ID SP1 SP3 SP4 SP5

Sample Name TT 279 m TT 46m TT 94.3m TT 290m

Sampling Date 2009 2010 2010 2010

Easting 2283935 2283760 2283798 2283946

Northing 5753780 5753930 5753899 5753770

Type Groundwater Groundwater Groundwater Groundwater

Catchment Lithology Metasediment Metasediment Metasediment Metasediment

Catchment Met. Grade G-O Amph G-O Amph G-O Amph G-O Amph

δ
7
Li ‰ nd 25.9 23.4 17.1

δ
26

Mg ‰ nd nd nd nd

δ
25

Mg ‰ nd nd nd nd

Temperature °C 10.4 10.0 10.7 10.2

pH 7.14 6.79 7.92 7.16

Conductivity S/m 0.09 0.07 0.12 0.03

Total Alkalinity μeq/L nd 666 123 666

TDS mg/L nd 67.1 19.4 85.6

F μmol/L 2.47 1.58 1.21 2.86

Cl μmol/L 68.0 64.0 53.0 67.8

Br μmol/L 0.15 0.10 0.10 0.11

SO4 μmol/L 88.5 45.9 32.3 83.1

B nmol/L 196 265 200 186

Na μmol/L 123 104 72.6 123

Mg μmol/L 78.7 45.3 11.9 74.1

Al μmol/L 0.05 0.48 0.07 0.04

Si μmol/L 172 115 72.6 157

K μmol/L 73.7 49.4 20.5 79.2

Ca μmol/L 574 277 53.4 561

Li nmol/L nd 154 81.8 553

Mn nmol/L 1.07 3.11 6.02 1.38

Fe nmol/L 18.7 61.9 14.7 9.22

Rb nmol/L 3.92 4.28 15.2 3.97

Sr nmol/L 599 326 102 585

Cs nmol/L bd bd bd bd

Ba nmol/L 91.9 60.7 27.6 86.7

Y pmol/L 174 597 127 190

La pmol/L 9.00 266 20.4 9.63

Ce pmol/L 3.79 29.0 14.7 4.10

Pr pmol/L 1.96 58.1 8.46 2.34

Nd pmol/L 8.33 235 40.4 9.60

Sm pmol/L 2.31 44.0 12.1 2.75

Eu pmol/L 1.62 14.9 3.24 2.23

Gd pmol/L 4.21 59.9 14.1 5.37

Tb pmol/L 0.79 6.24 1.93 0.96

Dy pmol/L 6.30 38.4 13.6 7.75

Ho pmol/L 1.53 8.24 3.00 2.15

Er pmol/L 5.18 25.2 11.2 7.66

Tm pmol/L 0.72 3.29 1.82 1.10

Yb pmol/L 5.43 21.3 15.5 8.29

Lu pmol/L 0.95 3.54 2.70 1.52

Pb pmol/L 46.8 94.6 1750 53.1

U pmol/L 49.0 11.3 1.05 46.0

Groundwater (Tartare Tunnels Fluids)

TABLE B.1: Chemical composition of river waters, groundwaters and rain waters from the Southern 

Alps. Li isotopic data from this study, and general information and elemental data are from Menzies 

(2012), except for rain waters east of the Main Divide, which are from Jacobsen et al. (2003). Bd = below 

detection, nd = not determined, TDS = total dissolved solids, P-P = Prehnite-Pumpellyite, P-Act = 

Prehnite-Actinolite, GS = Greenschist Facies, G-O Amph = garnet oligoclase Amphibolite Facies. 
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Sample ID NZ01 NZ03 NZ09 NZ13 NZ14

Sample Name Franz Term Fox Term Sheil's Creek Smythe Scone-Perth 

River
Sampling Date 2009 2009 2009 2011 2011

Easting 2281166 2271885 2263063 2335060 2313303

Northing 5747883 5740946 5726991 5775399 5756287

Type Glacial river Glacial river Non-glacial river Non-glacial river Non-glacial river

Catchment Lithology Metasediment Metasediment Metasediment Metasediment Metasediment

Catchment Met. Grade G-O Amph G-O Amph Biotite GS Biotite GS Chlorite GS

δ
7
Li ‰ 12.0 13.8 15.4 13.8 15.4

δ
26

Mg ‰ -0.35 -0.54 -1.02 -0.59 -0.54

δ
25

Mg ‰ -0.17 -0.28 -0.52 -0.30 -0.28

Temperature °C 1.90 0.30 nd nd nd

pH 9.76 8.70 nd nd nd

Conductivity S/m 0.03 0.06 nd nd nd

Total Alkalinity μeq/L 217 506 nd 390 366

TDS mg/L 27.8 55.0 nd 43.3 39.2

F μmol/L 0.65 0.60 0.66 3.46 3.74

Cl μmol/L 25.1 26.2 28.9 27.2 28.4

Br μmol/L bd bd bd bd 0.03

SO4 μmol/L 30.7 81.3 39.8 59.1 39.2

B nmol/L 71.0 143 212 121 877

Na μmol/L 10.3 25.1 23.3 25.0 39.3

Mg μmol/L 11.9 23.0 9.37 9.46 10.2

Al μmol/L 3.94 3.41 0.25 0.89 0.70

Si μmol/L 11.2 22.2 40.9 29.7 36.9

K μmol/L 43.5 46.2 41.0 11.1 7.34

Ca μmol/L 174 264 117 236 206

Li nmol/L 246 349 191 134 312

Mn nmol/L 26.4 35.4 4.39 33.4 12.8

Fe nmol/L 26.4 29.6 51.2 238 192

Rb nmol/L 33.6 28.8 40.3 8.35 4.10

Sr nmol/L 475 867 156 675 757

Cs nmol/L 0.29 0.28 1.46 0.12 0.09

Ba nmol/L 9.92 17.5 64.1 10.4 10.3

Y pmol/L 7.91 10.3 104 42.7 44.1

La pmol/L 24.9 16.1 38.3 16.5 12.9

Ce pmol/L 35.3 21.6 31.5 32.9 23.6

Pr pmol/L 5.02 2.66 10.0 4.50 3.29

Nd pmol/L 18.0 10.3 40.6 18.4 13.7

Sm pmol/L 2.31 1.00 8.92 4.09 2.49

Eu pmol/L 0.41 0.17 2.32 0.86 0.90

Gd pmol/L 1.73 1.39 10.1 4.73 3.13

Tb pmol/L 0.30 0.15 1.20 0.58 0.49

Dy pmol/L 0.56 0.73 7.05 3.87 3.09

Ho pmol/L 0.16 0.14 1.87 0.85 0.70

Er pmol/L 0.43 0.57 6.00 2.93 2.70

Tm pmol/L 0.13 0.08 1.06 0.42 0.32

Yb pmol/L 0.43 0.35 7.93 3.26 2.37

Lu pmol/L 0.02 0.13 1.44 0.49 0.44

Pb pmol/L 33.8 29.0 183 261 290

U pmol/L 55.4 201 3.60 146 93.1

Rivers West of Main Divide

TABLE B.1 Continued – River water, rain water and groundwater 
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Sample ID NZ16 NZ19 NZ20 NZ22 NZ26

Sample Name Mungo Deception River Trib Wanganui Gaunt Creek Rough Creek

Sampling Date 2011 2011 2011 2011 2011

Easting 2362267 2395906 2317321 2293366 2253890

Northing 5795650 5823070 5779321 5758836 5732496

Type Non-glacial river Non-glacial river Non-glacial river Non-glacial river Non-glacial river

Catchment Lithology Metasediment Metasediment Metasediment Metasediment Metasediment

Catchment Met. Grade P-Act P-P G-O Amph G-O Amph G-O Amph

δ
7
Li ‰ 18.8 13.3 21.7 19.6 20.0

δ
26

Mg ‰ -0.55 -0.60 -1.00 -0.89 -0.71

δ
25

Mg ‰ -0.29 -0.32 -0.53 -0.45 -0.38

Temperature °C nd 13.7 10.4 10.5 11.4

pH nd 7.94 7.80 7.49 7.49

Conductivity S/m nd 0.04 0.01 0.01 nd

Total Alkalinity μeq/L 293 504 376 306 233

TDS mg/L 30.0 52.8 41.5 38.7 29.1

F μmol/L 3.50 4.57 3.95 4.22 4.03

Cl μmol/L 31.5 39.1 46.4 43.7 47.3

Br μmol/L 0.03 0.06 bd 0.05 0.05

SO4 μmol/L 9.23 44.2 25.6 50.8 18.2

B nmol/L 577 612 92.9 107 103

Na μmol/L 43.0 62.0 45.9 45.5 49.5

Mg μmol/L 7.21 16.7 13.9 14.5 16.0

Al μmol/L 0.40 0.40 0.39 0.32 0.50

Si μmol/L 50.8 74.4 72.5 71.6 77.3

K μmol/L 3.87 9.37 45.0 45.4 37.7

Ca μmol/L 147 256 176 158 101

Li nmol/L 158 572 203 259 134

Mn nmol/L 1.09 4.17 8.54 3.86 4.57

Fe nmol/L 29.7 50.0 43.3 64.7 66.9

Rb nmol/L 3.51 7.46 38.1 51.1 43.9

Sr nmol/L 442 744 204 257 139

Cs nmol/L 0.08 0.31 0.56 0.45 0.46

Ba nmol/L 3.42 16.2 55.6 35.5 69.1

Y pmol/L 18.1 106 147 196 166

La pmol/L 4.83 47.1 40.7 34.4 41.0

Ce pmol/L 4.36 38.9 24.7 31.1 51.5

Pr pmol/L 1.06 9.91 10.1 9.20 10.0

Nd pmol/L 5.05 42.9 43.1 40.5 39.2

Sm pmol/L 1.02 8.75 8.29 11.2 8.99

Eu pmol/L 0.23 1.92 2.65 4.35 2.65

Gd pmol/L 1.60 11.3 10.5 12.7 12.3

Tb pmol/L 0.17 1.37 1.49 2.26 1.47

Dy pmol/L 1.03 8.23 10.1 14.4 11.4

Ho pmol/L 0.28 1.82 2.34 3.30 3.04

Er pmol/L 1.04 5.03 8.65 10.9 10.9

Tm pmol/L 0.14 0.58 1.46 1.69 1.56

Yb pmol/L 0.94 3.63 11.4 11.7 12.3

Lu pmol/L 0.15 0.60 2.01 1.92 2.15

Pb pmol/L 38.6 67.6 19.3 29.0 19.3

U pmol/L 124 88.6 14.4 9.75 2.63

Rivers West of Main Divide

TABLE B.1 Continued – River water, rain water and groundwater 
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Sample ID NZ04 NZ06 NZ07 NZ27 NZ05

Sample Name Thunder Creek Hooker Term Mingha Trib of Rakai 

River

Chinaman's 

Bluff/Dart River
Sampling Date 2009 2009 2009 2011 2011

Easting 2218613 2276200 2396030 2381992 2142277

Northing 5678977 5720205 5802900 5761869 5600803

Type Non-glacial river Glacial river Non-glacial river Non-glacial river Non-glacial river

Catchment Lithology Metasediment Metasediment Metasediment Metasediment Metasediment

Catchment Met. Grade Chlorite GS P-P Biotite GS P-P P-P

δ
7
Li ‰ 26.1 14.5 13.5 18.1 16.0

δ
26

Mg ‰ -0.36 -0.30 -0.68 -0.77 -0.26

δ
25

Mg ‰ -0.19 -0.16 -0.35 -0.41 -0.14

Temperature °C 10.6 5.00 12.3 14.8 8.60

pH 7.86 8.68 8.21 8.27 8.01

Conductivity S/m 0.04 0.04 0.05 0.08 0.07

Total Alkalinity μeq/L 368 359 442 899 571

TDS mg/L 37.3 37.9 48.8 39.1 86.3

F μmol/L 1.01 0.64 1.24 6.56 0.92

Cl μmol/L 30.7 25.2 30.1 35.4 28.2

Br μmol/L bd bd bd bd bd

SO4 μmol/L 22.6 43.2 64.5 61.0 126

B nmol/L 167 377 659 689 170

Na μmol/L 33.7 15.7 47.7 151 16.4

Mg μmol/L 20.7 20.1 16.2 69.3 16.9

Al μmol/L 0.55 2.34 0.31 0.43 0.37

Si μmol/L 53.5 27.1 71.4 146 37.9

K μmol/L 6.17 12.6 6.84 11.6 10.1

Ca μmol/L 177 196 241 331 357

Li nmol/L 77.1 230 430 463 134

Mn nmol/L 7.94 3.75 1.07 11.6 57.4

Fe nmol/L 79.0 81.8 22.8 118 38.7

Rb nmol/L 4.50 4.21 6.40 7.07 4.02

Sr nmol/L 325 1060 723 966 711

Cs nmol/L 0.14 0.09 0.25 0.29 0.07

Ba nmol/L 12.1 8.11 17.2 8.37 11.0

Y pmol/L 141.33 12.4 88.1 91.3 11.7

La pmol/L 161.56 13.6 68.0 55.2 17.7

Ce pmol/L 189.15 22.2 52.6 76.9 21.5

Pr pmol/L 28.00 3.04 13.3 12.7 2.96

Nd pmol/L 100.53 10.7 52.7 56.3 9.58

Sm pmol/L 14.63 1.86 10.4 11.4 1.04

Eu pmol/L 3.13 0.40 1.73 2.18 0.18

Gd pmol/L 17.95 2.24 12.0 12.2 1.69

Tb pmol/L 1.89 0.25 1.42 1.54 0.14

Dy pmol/L 11.08 1.58 7.23 9.14 0.86

Ho pmol/L 2.42 0.32 1.64 1.85 0.17

Er pmol/L 8.67 0.83 4.64 5.53 0.61

Tm pmol/L 1.41 0.11 0.64 0.76 0.16

Yb pmol/L 8.18 0.74 3.59 5.00 0.94

Lu pmol/L 1.37 0.07 0.56 0.73 0.21

Pb pmol/L 337.84 96.5 33.8 135 48.3

U pmol/L 23.72 249 192 1880 95.3

Rivers East of Main Divide

TABLE B.1 Continued – River water, rain water and groundwater 
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West Coast Rain

Sample ID NZ25 WCR Rain 1 Rain 2

Sample Name Potts River Karangarua Rain

Sampling Date 2011 2010 2003 2003

Easting 2344581

Northing 5734788

Type Non-glacial river Rain Rain Rain

Catchment Lithology Metasediment

Catchment Met. Grade P-P

δ
7
Li ‰ 22.9 nd nd nd

δ
26

Mg ‰ -0.74 nd nd nd

δ
25

Mg ‰ -0.40 nd nd nd

Temperature °C 19.6 nd nd nd

pH 8.00 6.32 nd nd

Conductivity S/m 0.02 0.00 nd nd

Total Alkalinity μeq/L 384 278 nd nd

TDS mg/L 65.6 nd nd nd

F μmol/L 4.35 bd bd bd

Cl μmol/L 26.5 bd 9.10 11.2

Br μmol/L bd bd bd bd

SO4 μmol/L 27.5 bd 11.5 14.7

B nmol/L 875 bd bd bd

Na μmol/L 50.6 0.35 6.96 7.26

Mg μmol/L 16.0 0.33 0.55 1.03

Al μmol/L 1.69 0.00 bd bd

Si μmol/L 96.0 0.14 1.61 4.49

K μmol/L 9.22 0.12 7.08 7.61

Ca μmol/L 160 4.22 2.34 4.01

Li nmol/L 101 bd nd nd

Mn nmol/L 36.6 0.00 nd nd

Fe nmol/L 279 17.4 nd nd

Rb nmol/L 4.52 0.00 bd bd

Sr nmol/L 323 3.08 nd 960

Cs nmol/L 0.07 bd bd bd

Ba nmol/L 6.55 0.00 bd bd

Y pmol/L 94.4 bd bd bd

La pmol/L 91.3 bd bd bd

Ce pmol/L 151 bd bd bd

Pr pmol/L 20.3 bd bd bd

Nd pmol/L 83.3 bd bd bd

Sm pmol/L 15.1 bd bd bd

Eu pmol/L 3.03 bd bd bd

Gd pmol/L 17.3 bd bd bd

Tb pmol/L 1.87 bd bd bd

Dy pmol/L 11.1 bd bd bd

Ho pmol/L 2.05 bd bd bd

Er pmol/L 5.81 bd bd bd

Tm pmol/L 0.72 bd bd bd

Yb pmol/L 4.89 bd bd bd

Lu pmol/L 0.71 bd bd bd

Pb pmol/L 183 bd bd bd

U pmol/L 133 bd bd bd

East Coast Rain

TABLE B.1 Continued – River water, rain water and groundwater 
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Sample ID HS5 HS22 HS41 HS9 HS40

Sampling Date 2009 2010 2011 2009 2011

Easting 2268935 2268935 2268935 2317214 2317210

Northing 5742959 5742975 5742959 5779300 5779292

Distance from Alpine Fault (m) 377 377 377 1200 1200

Host Lithology Metasediment Metasediment Metasediment Metasediment Metasediment

Host Met. Grade G-O Amph G-O Amph G-O Amph G-O Amph G-O Amph

Flow Rate (L/min) nd nd nd 2.0 2.0

δ
7
Li ‰ 3.04 3.67 2.98 2.00 2.14

δ
26

Mg ‰ -0.57 nd nd nd nd

δ
25

Mg ‰ -0.30 nd nd nd nd

T °C 28.3 32.7 29.8 44.5 30.9

Tsi °C 103 117 111 121 102

pH 6.72 6.77 6.80 5.77 6.11

Conductivity S/m 1.46 1.92 1.80 0.57 0.80

Total Alkalinity μeq/L 9500 18400 16200 nd 3110

TDS mg/L nd nd 44100 nd 16400

F μmol/L nd 323 304 142 72.0

Cl μmol/L nd 6340 5932 4730 4540

Br μmol/L nd 5.62 5.06 5.05 4.91

SO4 μmol/L nd bd 17.0 60.8 52.6

B μmol/L 250 340 311 165 156

Na μmol/L 15500 21200 19300 7870 7130

Mg μmol/L 128 158 144 48.1 63.8

Al μmol/L 1.76 0.26 0.37 0.55 0.34

Si μmol/L 858 1100 1020 1160 844

K μmol/L 429 626 574 380 290

Ca μmol/L 776 966 913 477 392

Li μmol/L 136 182 166 176 126

Mn nmol/L 1450 1730 1950 1270 503

Fe nmol/L 6400 1900 953 485 543

Rb nmol/L 1260 1700 2010 1370 1450

Sr nmol/L 5320 7040 6300 2270 2420

Cs nmol/L 629 857 945 852 1040

Ba nmol/L 149 161 169 95.4 140

Y pmol/L 3180 nd nd 150 780

La pmol/L 297 nd nd 42.7 78.7

Ce pmol/L 499 nd nd 73.8 88.8

Pr pmol/L 71.4 nd nd 9.28 22.1

Nd pmol/L 298 nd nd 34.8 108

Sm pmol/L 69.0 nd nd 7.32 26.7

Eu pmol/L 19.6 nd nd 2.02 8.50

Gd pmol/L 84.2 nd nd 7.58 38.7

Tb pmol/L 17.3 nd nd 1.43 5.11

Dy pmol/L 148 nd nd 7.97 38.5

Ho pmol/L 41.9 nd nd 1.83 11.0

Er pmol/L 164 nd nd 6.55 46.1

Tm pmol/L 29.7 nd nd 1.11 8.29

Yb pmol/L 240 nd nd 8.51 71.5

Lu pmol/L 42.5 nd nd 1.87 16.9

Pb pmol/L 310 80.6 bd 396 980

U pmol/L 11.2 6.52 7.68 54.4 67.8

Fox Amythest

TABLE B.2: Chemical composition of spring water samples from the Southern Alps. Li isotopic data 

from this study, and general information and elemental data are from Menzies (2012). Flow rate was 

measured in 2010 by Reyes et al. (2010). Bd = below detection, nd = not determined, TDS = total 

dissolved solids, P-P = Prehnite-Pumpellyite, P-Act = Prehnite-Actinolite, GS = Greenschist Facies, G-

O Amph = garnet oligoclase Amphibolite Facies. TSi = silica equilibration temperature calculated 

by Menzies (2012).  
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Hot Springs 

Flat

Morgon's 

Gorge

Sample ID HS39 HS16 HS6 HS28 WF2

Sampling Date 2011 2010 2009 2010 2011

Easting 2319283 2325180 2263608 2263608 2263645

Northing 5776317 5784018 5726340 5726340 5726380

Distance from Alpine Fault (m) 5000 1800 11000 11000 11000

Host Lithology Metasediment Metasediment Metasediment Metasediment Metasediment

Host Met. Grade G-O Amph G-O Amph Biotite GS Biotite GS Biotite GS

Flow Rate (L/min) nd nd nd nd nd

δ
7
Li ‰ 1.07 3.73 0.78 0.36 0.18

δ
26

Mg ‰ nd nd -0.39 nd nd

δ
25

Mg ‰ nd nd -0.21 nd nd

T °C 39.9 43.7 56.9 56.0 56.1

Tsi °C 96.2 112 164 160 153

pH 7.10 6.84 6.29 6.46 6.47

Conductivity S/m 0.56 0.91 nd 2.10 2.04

Total Alkalinity μeq/L 3550 6270 nd nd 16900

TDS mg/L 11400 22400 nd nd 41200

F μmol/L 98.9 56.8 67.5 64.6 67.8

Cl μmol/L 1480 4810 4340 4160 3880

Br μmol/L 1.46 4.98 4.57 4.32 4.18

SO4 μmol/L 85.3 50.2 9.51 bd 11.1

B μmol/L 51.6 90.2 578 553 517

Na μmol/L 5000 9400 17200 16100 15200

Mg μmol/L 25.1 32.9 194 191 177

Al μmol/L 0.14 0.16 0.02 0.26 0.10

Si μmol/L 737 1010 2120 2430 2350

K μmol/L 152 221 711 663 630

Ca μmol/L 339 579 1650 2230 2060

Li μmol/L 78.1 106 303 292 280

Mn nmol/L 776 2400 4460 3990 4380

Fe nmol/L 369 303 29.0 451 1700

Rb nmol/L 434 460 2670 1990 2500

Sr nmol/L 2760 7320 21000 20700 19100

Cs nmol/L 327 199 1320 1180 1380

Ba nmol/L 139 139 1280 1280 1170

Y pmol/L 289 8310 nd 3330 4700

La pmol/L 6.51 192 nd 11.5 14.3

Ce pmol/L 12.2 344 nd 22.3 16.8

Pr pmol/L 1.89 53.1 nd 3.26 3.22

Nd pmol/L 9.00 241 nd 14.4 17.9

Sm pmol/L 2.48 83.2 nd 5.27 5.62

Eu pmol/L 1.31 44.2 nd 2.14 4.04

Gd pmol/L 5.75 150 nd 18.4 24.1

Tb pmol/L 1.12 39.2 nd 4.78 7.47

Dy pmol/L 10.5 350 nd 63.7 96.0

Ho pmol/L 3.31 93.4 nd 25.0 35.4

Er pmol/L 15.1 354 nd 118 155

Tm pmol/L 2.73 63.2 nd 20.8 26.5

Yb pmol/L 23.4 453 nd 168 200

Lu pmol/L 4.71 67.0 nd 27.7 32.2

Pb pmol/L 29.0 35.7 25.1 74.8 bd

U pmol/L 0.48 25.4 22.8 28.3 24.4

Welcome Flat

TABLE B.2 Continued – Spring waters 
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Scone Smythe Butler Bivouac Deception

Sample ID HS13 HS36 HS15 BIV 1 HS7

Sampling Date 2010 2011 2010 2011 2009

Easting 2313250 2335054 2300990 2263683 2398075

Northing 5756250 5775404 5753397 5726351 5818850

Distance from Alpine Fault (m) 16500 14500 12000 11000 3500

Host Lithology Metasediment Metasediment Metasediment Metasediment Metasediment

Host Met. Grade Chlorite GS Biotite GS Chlorite GS Biotite GS P-P

Flow Rate (L/min) nd 2.0 nd nd 3.4

δ
7
Li ‰ 10.77 7.14 3.13 1.67 8.51

δ
26

Mg ‰ nd nd nd nd nd

δ
25

Mg ‰ nd nd nd nd nd

T °C 20.3 38.1 39.5 21 37.5

Tsi °C 64.7 97.3 96.7 94 96.7

pH 8.83 8.60 6.83 6.64 9.01

Conductivity S/m 0.14 0.33 0.33 0.55 0.20

Total Alkalinity μeq/L 996 2180 2980 1510 nd

TDS mg/L 3280 7100 7830 8290 nd

F μmol/L 46.0 107 110 17.7 92.6

Cl μmol/L 301 739 411 1120 100

Br μmol/L 0.24 0.84 0.50 1.14 17.5

SO4 μmol/L 198 277 185 8.44 361

B μmol/L 87.8 317 228 121 77.6

Na μmol/L 1270 2960 3160 3990 2080

Mg μmol/L 9.87 4.94 12.8 65.8 9.46

Al μmol/L 0.60 0.87 0.18 0.54 2.30

Si μmol/L 336 755 733 694 705

K μmol/L 26.2 65.4 125 181 26.8

Ca μmol/L 146 121 223 724 142

Li μmol/L 30.7 47.6 64.8 68.0 58.9

Mn nmol/L 75.9 67.8 305 1850 55.0

Fe nmol/L 117 258 911 6640 333

Rb nmol/L 12.4 120 299 639 32.8

Sr nmol/L 940 2210 4680 5240 746

Cs nmol/L bd 35.2 197 353 8.68

Ba nmol/L 6.99 12.6 67.6 390 13.0

Y pmol/L 142 129 123 3400 247

La pmol/L 41.5 20.0 22.6 167 119

Ce pmol/L 40.7 46.4 41.2 297 231

Pr pmol/L 11.3 5.75 5.96 44.1 28.0

Nd pmol/L 45.4 25.2 24.9 202 111

Sm pmol/L 11.2 5.68 5.49 51.7 21.3

Eu pmol/L 1.74 1.53 1.50 18.9 4.34

Gd pmol/L 11.0 7.08 6.98 87.1 26.1

Tb pmol/L 1.68 1.15 1.01 18.3 3.02

Dy pmol/L 9.59 8.12 5.65 165 20.3

Ho pmol/L 2.30 2.02 1.55 43.4 4.13

Er pmol/L 6.51 7.70 5.47 161 12.7

Tm pmol/L 0.88 1.10 0.93 26.1 1.74

Yb pmol/L 5.64 9.00 6.60 191 11.5

Lu pmol/L 0.81 1.62 1.31 27.8 1.65

Pb pmol/L 265 386 219 19.3 314

U pmol/L 25.2 33.8 26.8 3.21 23.2

TABLE B.2 Continued – Spring waters 
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Julia Mungo Horseshoe 

Flat

Wren Creek Haupiri

Sample ID HS17 HS33 HS19 HS23 HS24

Sampling Date 2010 2011 2010 2010 2011

Easting 2381488 2362267 2467948 2359051 2409417

Northing 5811227 5795650 5846280 5803087 5837839

Distance from Alpine Fault (m) 7000 14000 950 7000 7500

Host Lithology Metasediment Metasediment Metasediment Metasediment Metasediment

Host Met. Grade P-P P-Act P-P Biotite GS Chlorite GS

Flow Rate (L/min) 7.3 1.7 nd 5.1 1.3

δ
7
Li ‰ 8.96 8.83 7.45 6.83 8.69

δ
26

Mg ‰ nd nd nd nd nd

δ
25

Mg ‰ nd nd nd nd nd

T °C 60.0 50.1 50.5 55.1 38.1

Tsi °C 115 96.9 118 128 127

pH 8.92 8.89 8.78 8.49 9.46

Conductivity S/m 0.54 0.02 0.36 0.47 0.16

Total Alkalinity μeq/L 2680 1700 3960 2610 2450

TDS mg/L 8200 5040 11700 10800 7090

F μmol/L 252 77.4 255 353 171

Cl μmol/L 113 147 632 1660 104

Br μmol/L 0.13 0.16 0.71 2.14 0.11

SO4 μmol/L 939 323 648 366 332

B μmol/L 289 198 811 176 109

Na μmol/L 3320 2030 5130 4570 2820

Mg μmol/L 0.41 2.06 3.29 4.94 1.23

Al μmol/L 2.06 4.18 2.82 1.42 2.47

Si μmol/L 1070 748 1140 1385 1310

K μmol/L 51.8 29.1 54.1 116 44.7

Ca μmol/L 30.2 62.4 110 109 31.7

Li μmol/L 63.1 35.0 46.0 78.7 30.6

Mn nmol/L 11.1 8.81 13.4 224 17.7

Fe nmol/L 641 75.0 338 383 446

Rb nmol/L 62.4 42.5 64.7 371 92.7

Sr nmol/L 522 563 932 793 329

Cs nmol/L 38.8 12.2 1.20 333 49.9

Ba nmol/L 6.77 2.84 116 15.0 4.73

Y pmol/L 279 70.8 386 88.9 216

La pmol/L 106 25.9 163 22.9 92.9

Ce pmol/L 251 63.4 304 49.3 193

Pr pmol/L 30.3 6.96 44.7 6.32 27.0

Nd pmol/L 124 29.9 191 24.8 108

Sm pmol/L 25.6 6.06 44.2 5.35 25.8

Eu pmol/L 6.07 2.27 9.05 1.09 5.81

Gd pmol/L 27.4 8.86 41.8 6.53 24.1

Tb pmol/L 4.10 0.97 6.80 0.99 3.82

Dy pmol/L 25.8 6.45 36.6 7.16 24.0

Ho pmol/L 5.31 1.45 7.24 1.76 4.46

Er pmol/L 15.0 4.89 19.2 5.37 11.7

Tm pmol/L 2.03 0.74 2.37 0.75 1.75

Yb pmol/L 13.5 5.17 12.4 5.69 10.0

Lu pmol/L 2.14 0.90 1.69 0.86 1.16

Pb pmol/L 628 391 450 102 234

U pmol/L 45.8 53.4 15.0 1.65 23.4

TABLE B.2 Continued – Spring waters 



Appendix B 

215 

 

 

 

 

 

 

Sylvia Red Hills

Sample ID HS26 RHS HS2 HS20 CS1

Sampling Date 2011 2011 2009 2010 2011

Easting 2459588 2508726 2147665 2147665 2147430

Northing 5857249 5943895 5657965 5657965 5657698

Distance from Alpine Fault (m) 4500

Host Lithology Metasediment Ultramafic Ultramafic Ultramafic Ultramafic

Host Met. Grade P-P P-P P-P P-P P-P

Flow Rate (L/min) 1.2 nd 13 13 13

δ
7
Li ‰ 4.84 7.35 nd 8.89 nd

δ
26

Mg ‰ nd nd nd -0.74 nd

δ
25

Mg ‰ nd nd nd -0.39 nd

T °C 37.5 10.6 17.1 16.7 16.4

Tsi °C 102 nd nd nd nd

pH 8.05 11.8 11.6 11.5 11.5

Conductivity S/m 0.63 0.61 nd 0.48 0.45

Total Alkalinity μeq/L 5040 1.93 nd 1.05 1.54

TDS mg/L 11300 nd nd nd 3440

F μmol/L 186 0.00 nd 0.28 1.54

Cl μmol/L 312 706 nd 1350 1390

Br μmol/L 0.30 1.02 nd 1.36 1.47

SO4 μmol/L 27.9 bd nd bd 0.25

B μmol/L 281 0.18 0.36 0.37 0.31

Na μmol/L 4830 432 1560 1460 1470

Mg μmol/L 11.5 4.94 15.3 49.0 37.0

Al μmol/L 1.13 bd 0.09 0.03 0.07

Si μmol/L 798 1.07 2.30 13.2 13.1

K μmol/L 116 14.5 31.5 34.3 31.7

Ca μmol/L 178 1130 528 362 498

Li μmol/L 155 1.49 2.09 1.90 1.92

Mn nmol/L 140 1.06 6.90 5.86 8.32

Fe nmol/L 204 bd 64.5 333 430

Rb nmol/L 95.2 2.35 6.76 6.20 7.02

Sr nmol/L 4380 184 246 459 250

Cs nmol/L bd 0.07 bd bd 0.21

Ba nmol/L 206 5.53 23.5 8.58 16.6

Y pmol/L 384 0.16 8.41 4.87 14.9

La pmol/L 97.1 0.42 8.50 2.01 3.07

Ce pmol/L 217 0.51 14.3 4.47 5.42

Pr pmol/L 31.3 0.06 1.73 0.62 0.84

Nd pmol/L 137 0.15 5.81 2.81 3.34

Sm pmol/L 31.9 bd 0.75 1.16 1.26

Eu pmol/L 7.07 0.01 0.13 0.12 0.33

Gd pmol/L 36.8 0.07 1.55 0.55 1.30

Tb pmol/L 4.98 bd 0.17 0.09 0.25

Dy pmol/L 31.3 bd 0.84 0.70 1.42

Ho pmol/L 6.25 bd 0.06 0.11 0.34

Er pmol/L 15.7 0.06 0.30 0.38 0.90

Tm pmol/L 1.96 0.01 0.01 0.03 0.15

Yb pmol/L 11.9 bd 0.30 0.42 0.94

Lu pmol/L 1.75 0.01 0.00 0.07 0.14

Pb pmol/L 595 145 174 531 917

U pmol/L 86.3 0.50 1.04 0.13 0.88

Cascade

TABLE B.2 Continued – Spring waters 
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Sample ID CS2 CS3 CS4 CS5 CS6 CS7

Sampling Date 2011 2011 2011 2011 2011 2011

Easting 2147430 2147430 2147430 2147430 2147430 2147430

Northing 5657698 5657698 5657698 5657698 5657698 5657698

Distance from Alpine Fault (m)

Host Lithology Ultramafic Ultramafic Ultramafic Ultramafic Ultramafic Ultramafic

Host Met. Grade P-P P-P P-P P-P P-P P-P

Flow Rate (L/min) 13 13 13 13 13 13

δ
7
Li ‰ 8.58 nd nd nd nd nd

δ
26

Mg ‰ nd nd nd nd nd nd

δ
25

Mg ‰ nd nd nd nd nd nd

T °C 13.8 13.7 13.2 13.9 13.9 15.6

Tsi °C nd nd nd nd nd nd

pH 10.8 10.7 10.2 10.4 9.67 11.3

Conductivity S/m 0.19 0.18 0.16 0.16 0.15 0.30

Total Alkalinity μeq/L 0.91 0.91 0.78 0.84 0.72 0.83

TDS mg/L 2080 2020 1960 1940 1860 nd

F μmol/L 0.91 0.91 0.78 0.84 0.72 0.83

Cl μmol/L 757 730 713 705 681 937

Br μmol/L 0.89 0.73 0.88 0.84 bd 0.93

SO4 μmol/L 1.94 2.12 2.17 2.67 2.83 bd

B μmol/L 0.23 0.23 0.25 0.23 0.24 0.24

Na μmol/L 837 811 787 777 740 983

Mg μmol/L 160 161 158 160 160 47.0

Al μmol/L 0.10 0.09 0.11 0.11 0.12 0.16

Si μmol/L 72.7 73.0 71.5 71.6 70.6 12.6

K μmol/L 19.3 18.6 19.0 18.2 17.7 29.8

Ca μmol/L 272 260 244 244 227 396

Li μmol/L 1.06 1.02 1.00 0.97 0.91 1.35

Mn nmol/L 6.23 6.46 6.43 7.28 5.55 11.0

Fe nmol/L 264 253 234 258 172 541

Rb nmol/L 4.19 4.08 4.07 3.85 3.67 5.98

Sr nmol/L 142 136 132 129 120 194

Cs nmol/L 0.14 0.13 0.17 0.16 0.31 0.14

Ba nmol/L 9.48 9.23 10.0 8.69 8.10 13.8

Y pmol/L 25.5 48.0 16.3 41.8 44.8 21.0

La pmol/L 4.40 6.03 3.15 7.03 14.2 3.91

Ce pmol/L 7.37 11.9 6.87 12.7 23.9 8.18

Pr pmol/L 1.14 1.64 1.02 1.84 3.52 1.03

Nd pmol/L 4.72 6.89 3.72 7.56 14.55 4.45

Sm pmol/L 0.87 1.40 0.87 1.93 2.92 1.02

Eu pmol/L 0.29 0.46 0.23 0.36 0.64 0.32

Gd pmol/L 1.48 2.42 1.23 3.13 3.97 1.85

Tb pmol/L 0.20 0.33 0.15 0.42 0.48 0.22

Dy pmol/L 1.33 2.97 1.34 3.20 3.39 1.57

Ho pmol/L 0.37 0.58 0.23 0.59 0.64 0.37

Er pmol/L 1.45 2.11 1.09 1.95 2.03 1.37

Tm pmol/L 0.19 0.28 0.14 0.35 0.26 0.22

Yb pmol/L 1.42 1.88 0.91 1.96 1.85 1.26

Lu pmol/L 0.28 0.25 0.14 0.26 0.25 0.26

Pb pmol/L 468 483 2027 483 241 48.3

U pmol/L 0.57 0.72 2.05 1.23 1.29 0.58

Cascade

TABLE B.2 Continued – Spring waters 
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Sample ID C47 A63 A89 B30 A18 A22

Locality PortersPass Hawea Hawea Hawea Nevis Bluff Nevis Bluff

Sampling Date 2004 2004 2004 2004 2004 2004

Easting 2409656 2213000 2210700 2207200 2195000 2195000

Northing 5766383 5626000 5631500 5633200 5567000 5567000

Lithology GW psam pel QFS MB MB

Met. Grade None P-P Lower GS GS GS GS

Temperature °C 100 200 300 400 400 400

δ
7
Li ‰ -0.45 0.58 0.31 0.21 0.72 -0.69

δ
26

Mg ‰ -0.19 -0.22 nd nd nd -0.13

δ
25

Mg ‰ -0.08 -0.11 nd nd nd -0.03

Na µg/g 27700 27200 23600 26300 14900 3030

Mg µg/g 9920 7030 15800 8110 42800 52500

Al µg/g 80100 72800 75100 80300 54600 69500

P µg/g 604 345 659 456 2680 2360

K µg/g 24000 17100 17900 25700 13200 11000

Ca µg/g 14800 14600 26000 16000 51100 56200

Ti µg/g 3290 4040 4310 3460 17600 21700

Fe µg/g 30000 30700 41300 28200 76400 107000

Li µg/g 40.7 37.2 46.6 51.4 74.5 92.2

V µg/g 84.2 94.1 125 76.0 177 251

Cr µg/g 49.4 35.0 160 38.1 196 613

Co µg/g 9.60 10.5 15.2 8.00 33.3 53.2

Ni µg/g 18.1 13.6 38.1 18.5 123 218

Cu µg/g 14.3 14.0 28.7 16.1 21.6 73.6

Zn µg/g 63.5 66.0 78.9 67.3 131 178

Rb µg/g 88.4 74.3 80.6 111 45.0 41.9

Sr µg/g 408 350 270 291 131 305

Y µg/g 24.2 22.1 27.6 21.6 27.8 35.3

Zr µg/g 172 292 161 169 263 304

Nb µg/g 9.68 9.51 8.86 8.77 57.4 60.8

Mo µg/g 0.84 0.51 0.71 0.65 2.09 0.51

Sn µg/g 2.37 3.27 2.80 3.17 2.51 2.38

Sb µg/g 0.22 0.62 0.32 0.76 0.31 0.53

Te µg/g 1.00 1.00 1.00 1.42 3.08 1.66

Cs µg/g 3.24 2.80 4.40 4.77 2.92 1.81

Ba µg/g 687 514 501 737 167 106

La µg/g 27.6 27.3 24.4 25.5 38.8 44.0

Ce µg/g 52.9 56.7 52.7 50.7 86.4 96.4

Pr µg/g 6.79 6.75 6.36 5.99 10.6 12.0

Nd µg/g 25.3 24.8 24.1 22.7 41.2 47.3

Sm µg/g 5.02 4.62 4.99 4.39 8.02 9.56

Eu µg/g 1.10 1.09 1.16 1.03 2.37 3.08

Gd µg/g 4.13 3.96 4.72 3.74 7.45 8.79

Tb µg/g 0.58 0.58 0.67 0.53 0.92 1.13

Dy µg/g 3.47 3.43 4.21 3.29 5.00 6.31

Ho µg/g 0.66 0.70 0.85 0.65 0.89 1.13

Er µg/g 1.97 2.05 2.47 1.89 2.29 3.01

Tm µg/g 0.28 0.32 0.37 0.29 0.34 0.40

Yb µg/g 1.82 2.20 2.30 1.94 1.97 2.52

Lu µg/g 0.27 0.33 0.34 0.28 0.27 0.37

Hf µg/g 6.30 6.53 4.48 2.00 7.32 2.00

Ta µg/g 0.56 0.59 0.57 0.56 4.16 4.50

W µg/g 1.09 1.16 1.05 0.97 0.18 0.38

Hg µg/g 0.08 0.04 0.02 0.02 0.00 0.01

Tl µg/g 0.62 0.35 0.40 0.62 0.22 0.23

Pb µg/g 19.9 14.8 13.5 13.3 3.48 12.4

Th µg/g 11.2 15.5 8.79 12.8 8.90 6.22

U µg/g 2.50 3.23 1.05 2.23 1.76 2.01

Torlesse Terrane

TABLE B.3: Major and trace element concentrations of bedrock of the Southern Alps. Li isotopic data 

and major element data from this study, and trace element data are from Pitcairn (2004). P-P = Prehnite-

Pumpellyite, P-Act = Prehnite-Actinolite, GS = Greenschist Facies, G-O Amph = garnet-oligoclase 

Amphibolite Facies, GW = greywacke, psam = Psammite, pel = pelite, QFS = quartzofeld-spathic, MB 

= metabasalts.  
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Sample ID A4 B92 B64 C72 C70 C66

Locality Rongahere Glenorchy Remarks Pleasant Flat Haast Haast

Sampling Date 2004 2004 2004 2004 2004 2004

Easting 2237000 2155000 2180400 2219700 2223100 2222500

Northing 5463000 5560500 5564400 5681300 5686300 5686700

Lithology pel pel psam QFS QFS QFS

Met. Grade P-P Lower GS Lower GS GS GS Biotite GS

Temperature °C 200 300 300 400 400 500

δ
7
Li ‰ -0.41 -0.69 -1.48 -0.92 -0.45 -1.57

δ
26

Mg ‰ nd -0.23 nd -0.06 -0.13 -0.07

δ
25

Mg ‰ nd -0.10 nd -0.02 -0.05 -0.02

Na µg/g 30300 21100 25500 41700 35400 23100

Mg µg/g 8060 14000 13000 7470 5910 14700

Al µg/g 742300 99800 71700 78400 84000 121000

P µg/g 331 604 720 327 141 732

K µg/g 21500 27000 15500 9530 23800 48700

Ca µg/g 16800 26400 23000 13300 4280 8170

Ti µg/g 3500 5210 3900 3190 3330 6390

Fe µg/g 28000 49300 37400 27800 22500 47100

Li µg/g 33.3 48.1 37.9 35.9 28.2 75.6

V µg/g 78.9 161 96.0 67.8 63.7 166

Cr µg/g 47.7 112 44.8 26.3 31.9 155

Co µg/g 8.60 10.9 12.8 8.80 7.50 16.1

Ni µg/g 9.26 11.4 20.4 9.50 12.3 26.5

Cu µg/g 9.68 32.2 5.46 9.71 10.3 25.1

Zn µg/g 57.4 90.9 77.4 56.6 49.2 111

Rb µg/g 78.9 112 60.7 39.2 95.5 221

Sr µg/g 186 403 227 224 100 212

Y µg/g 25.9 26.7 27.0 17.2 22.1 41.2

Zr µg/g 182 177 135 192 324 333

Nb µg/g 6.56 9.39 6.00 6.62 9.65 16.6

Mo µg/g 0.70 0.73 0.35 0.25 0.39 0.87

Sn µg/g 3.55 1.65 3.32 1.68 3.02 3.30

Sb µg/g 0.23 1.37 0.19 0.19 0.09 0.23

Te µg/g 1.00 1.34 1.00 1.00 2.78 1.33

Cs µg/g 3.33 5.86 3.37 1.93 3.59 8.36

Ba µg/g 426 658 393 280 579 1130

La µg/g 18.2 22.0 17.7 26.1 32.6 42.0

Ce µg/g 40.1 51.8 40.1 53.2 65.8 91.0

Pr µg/g 4.92 6.01 5.04 6.42 7.72 10.4

Nd µg/g 18.6 23.4 19.8 23.4 27.2 38.9

Sm µg/g 3.92 4.93 4.36 4.36 5.01 7.79

Eu µg/g 0.92 1.21 1.08 1.05 1.10 1.68

Gd µg/g 3.68 4.50 4.39 3.87 4.22 6.85

Tb µg/g 0.57 0.64 0.65 0.52 0.60 1.00

Dy µg/g 3.57 4.12 4.13 3.10 3.53 6.04

Ho µg/g 0.73 0.80 0.84 0.63 0.70 1.21

Er µg/g 2.22 2.37 2.46 1.88 2.00 3.59

Tm µg/g 0.36 0.36 0.41 0.30 0.31 0.53

Yb µg/g 2.27 2.31 2.35 1.78 2.05 3.42

Lu µg/g 0.33 0.33 0.36 0.28 0.30 0.49

Hf µg/g 12.5 7.73 2.00 13.0 11.2 7.07

Ta µg/g 0.58 0.74 0.52 0.46 0.64 1.19

W µg/g 1.66 0.96 0.76 0.72 0.97 1.59

Hg µg/g 0.05 0.01 0.01 0.01 0.00 0.00

Tl µg/g 0.43 0.47 0.27 0.18 0.51 1.15

Pb µg/g 11.3 17.3 7.82 17.2 14.5 7.80

Th µg/g 13.3 11.4 7.81 12.2 12.2 22.2

U µg/g 3.31 2.63 1.33 3.22 2.63 4.01

Caples Terrane Alpine Schist

TABLE B.3 Continued – Bedrock 
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Sample ID C68 C54 C61 C56 C59

Locality Haast Haast Haast Haast Haast

Sampling Date 2004 2004 2004 2004 2004

Easting 2222900 2200900 2215300 2200900 2208700

Northing 5686500 5688800 5688100 5688800 5687900

Lithology QFS QFS QFS QFS QFS

Met. Grade Biotite GS Garnet  GS Garnet  GS G-O Amph G-O Amph

Temperature °C 500 550 550 600 600

δ
7
Li ‰ -0.42 0.15 0.69 0.25 1.39

δ
26

Mg ‰ nd nd nd 0.14 -0.26

δ
25

Mg ‰ nd nd nd 0.09 -0.12

Na µg/g 36900 37800 29300 30300 26500

Mg µg/g 6050 11300 18800 9140 8220

Al µg/g 64200 99300 95200 86000 82200

P µg/g 356 454 1080 470 493

K µg/g 13600 25500 21000 22200 27600

Ca µg/g 18400 27100 25600 17300 17200

Ti µg/g 2240 4860 7670 3410 2990

Fe µg/g 26400 39900 59600 30800 24100

Li µg/g 21.6 47.5 61.6 38.9 34.0

V µg/g 51.4 116 146 81.1 80.4

Cr µg/g 36.5 48.4 106 185 28.3

Co µg/g 8.50 11.3 20.8 8.70 8.00

Ni µg/g 12.9 15.4 49.0 11.1 9.93

Cu µg/g 8.07 16.6 8.51 14.2 8.83

Zn µg/g 43.9 69.2 125 71.7 63.2

Rb µg/g 50.2 107 105 106 128

Sr µg/g 375 494 282 267 349

Y µg/g 46.1 24.1 31.6 22.2 20.0

Zr µg/g 189 296 223 186 212

Nb µg/g 21.3 9.77 17.0 11.3 9.68

Mo µg/g 1.54 0.30 0.62 0.74 0.51

Sn µg/g 1.20 2.11 2.49 1.72 1.87

Sb µg/g 0.22 0.12 0.09 0.00 0.00

Te µg/g 1.00 1.00 0.99 1.31 1.00

Cs µg/g 1.64 4.89 5.51 5.29 5.66

Ba µg/g 521 455 362 486 704

La µg/g 104 26.2 28.7 31.2 31.3

Ce µg/g 236 55.5 65.4 66.8 64.2

Pr µg/g 25.9 6.55 7.80 7.57 7.20

Nd µg/g 86.9 24.0 30.1 28.0 25.8

Sm µg/g 16.8 4.68 6.33 5.17 4.55

Eu µg/g 4.79 1.23 1.45 1.10 1.06

Gd µg/g 14.2 4.29 6.23 4.48 4.00

Tb µg/g 1.64 0.60 0.88 0.61 0.54

Dy µg/g 8.64 3.80 5.40 3.72 3.21

Ho µg/g 1.44 0.77 1.06 0.74 0.65

Er µg/g 3.61 2.27 3.09 2.09 1.77

Tm µg/g 0.47 0.32 0.45 0.30 0.28

Yb µg/g 2.77 2.21 2.97 1.97 1.70

Lu µg/g 0.35 0.31 0.44 0.27 0.24

Hf µg/g 9.07 11.4 5.82 4.33 3.04

Ta µg/g 0.38 0.92 1.15 1.10 0.86

W µg/g 1.57 0.41 0.24 0.69 1.20

Hg µg/g 0.00 0.00 0.00 0.00 0.00

Tl µg/g 0.24 0.55 0.68 0.61 0.71

Pb µg/g 11.4 18.6 24.9 24.6 19.5

Th µg/g 57.0 14.9 14.8 15.3 13.0

U µg/g 1.29 3.35 3.10 3.08 2.71

Alpine Schist

TABLE B.3 Continued – Bedrock 
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Sample ID C50 C56 C58 C66 C77 C77

Mica Mineral Biotite Biotite Biotite Chlorite Muscovite Biotite

Locality Haast Haast Haast Haast Haast Haast

Sampling Date 2004 2004 2004 2004 2004 2004

Easting 2281204 2200900 2200900 2222500 2200900 2200900

Northing 5746989 5688800 5688800 5686700 5688800 5688800

Lithology QFS QFS Metabasalt QFS QFS QFS

Met. Grade Garnet  GS G-O Amph G-O Amph Biotite GS Garnet  GS Garnet  GS

δ
7
Li ‰ 0.74 -0.89 0.13 -2.46 -0.97 -0.48

δ
26

Mg ‰ nd nd nd -0.27 -0.23 -0.09

δ
25

Mg ‰ nd nd nd -0.28 -0.27 -0.18

Na µg/g 1650 878 1640 1990 6600 3220

Mg µg/g 56800 54600 69400 59000 11300 45900

Al µg/g 107000 98400 106000 119000 142000 98700

P µg/g 117 0.69 99.7 71.0 92.5 82.9

K µg/g 86400 88700 89400 12000 82800 84400

Ca µg/g 1240 67.5 5260 1390 3660 2630

Ti µg/g 8780 11700 10900 1020 4980 15200

Fe µg/g 165000 165000 160000 219000 33900 151000

Li µg/g 259 242 192 186 68.8 176

Sc µg/g 20.8 23.5 22.9 7.08 50.0 28.7

V µg/g 260 288 460 128 310 325

Cr µg/g 68.6 78.0 221 57.0 110 92.1

Co µg/g 42.8 44.9 74.8 40.7 6.66 40.8

Ni µg/g 61.8 44.7 131 63.7 5.21 47.7

Cu µg/g 21.4 10.1 13.0 502 11.0 37.9

Zn µg/g 465 482 351 838 54.9 306

Rb µg/g 586 521 426 56.8 214 417

Sr µg/g 16.2 7.13 68.8 31.1 106 47.5

Y µg/g 5.53 5.05 13.4 3.88 21.5 11.6

Zr µg/g 1.02 0.47 6.17 0.73 1.27 1.03

Nb µg/g 31.2 41.0 7.55 1.95 12.4 20.8

Mo µg/g 11.7 31.7 136 101 224 72.4

Sn µg/g 6.33 4.62 2.21 2.51 8.00 3.51

Cs µg/g 46.5 32.5 32.3 3.10 6.86 31.8

Ba µg/g 798 921 1510 256 2200 1000

La µg/g 4.65 8.43 4.74 4.31 27.7 13.3

Ce µg/g 10.1 17.5 11.8 9.23 60.2 28.5

Pr µg/g 1.19 2.06 1.81 1.09 7.24 3.45

Nd µg/g 4.45 7.47 8.75 4.13 27.7 13.2

Sm µg/g 0.90 1.41 2.60 0.83 5.57 2.67

Eu µg/g 0.18 0.25 0.64 0.18 1.23 0.62

Gd µg/g 0.79 1.16 3.08 0.76 4.73 2.32

Tb µg/g 0.12 0.17 0.47 0.11 0.71 0.35

Dy µg/g 0.77 0.95 2.70 0.68 4.07 2.05

Ho µg/g 0.19 0.18 0.51 0.14 0.78 0.40

Er µg/g 0.63 0.46 1.27 0.38 2.09 1.12

Tm µg/g 0.10 0.06 0.16 0.06 0.30 0.16

Yb µg/g 0.68 0.34 0.90 0.34 1.92 1.04

Lu µg/g 0.09 0.04 0.11 0.04 0.28 0.15

Hf µg/g 0.03 0.02 0.19 0.03 0.06 0.04

Ta µg/g 1.82 2.48 0.07 0.16 0.63 1.58

Pb µg/g 8.13 5.06 6.88 29.5 10.4 8.22

Th µg/g 1.84 3.70 0.87 1.76 11.9 5.87
U µg/g 0.38 0.77 0.25 0.31 2.79 1.33

TABLE B.4: Major and trace element concentrations of mica mineral separates picked from bedrock of 

the Southern Alps. GS = Greenschist Facies, G-O Amph = garnet oligoclase Amphibolite Facies, QFS = 

quartzofeldspathic, MB = metabasalts.  
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Sample ID RS04 RS05 RS06 RS08 RS09

Locality Thunder Creek 

Falls

Chinaman's Bluff Hooker Terminus Sheil's Creek Copland

Sampling Date 2009 2011 2009 2009 2263608

Easting 2218613 2142277 2276200 2263063 5726340

Northing 5678977 5600803 5720205 5726991 11000

Lithology Metasediment Metasediment Metasediment Metasediment Metasediment

Met. Grade Chlorite GS P-Act P-P Biotite GS Biotite GS

δ
7
Li ‰ -0.29 -0.92 -0.05 -1.50 -0.72

δ
26

Mg ‰ -0.06 -0.11 -0.22 -0.21 nd

δ
25

Mg ‰ -0.02 -0.05 -0.10 -0.09 nd

Na µg/g 23000 34900 23200 24000 18200

Mg µg/g 8660 9580 9880 10500 10600

Al µg/g 70400 87400 78600 80300 75300

P µg/g 567 1650 738 717 762

K µg/g 19300 13900 25800 22100 26000

Ca µg/g 11100 23900 16300 15200 14300

Ti µg/g 3360 4480 3950 5010 5550

Fe µg/g 36800 43900 36600 43600 42000

Li µg/g 43.3 38.8 39.2 42.2 41.9

Sc µg/g 10.1 21.8 11.1 12.1 13.5

V µg/g 77.1 120 87.2 98.9 105

Cr µg/g 105 95.1 79.5 131 142

Co µg/g 7.28 10.9 9.56 11.2 9.95

Ni µg/g 9.18 14.2 13.9 15.6 15.4

Cu µg/g 16.5 33.2 17.8 24.0 16.9

Zn µg/g 64.2 69.8 68.0 84.7 74.7

Rb µg/g 85.3 61.1 117 105 121

Sr µg/g 245 422 374 313 322

Y µg/g 18.3 33.4 24.2 21.3 25.8

Zr µg/g 17.2 10.4 21.0 2.26 8.50

Nb µg/g 7.21 8.84 10.5 13.3 13.2

Mo µg/g 384 434 316 479 635

Sn µg/g 1.90 2.45 2.32 3.07 2.58

Cs µg/g 4.33 3.20 4.65 5.43 5.36

Ba µg/g 432 292 625 535 617

La µg/g 23.4 34.7 37.1 28.6 38.3

Ce µg/g 50.1 78.0 76.7 61.9 80.9

Pr µg/g 5.91 9.23 8.83 7.18 9.31

Nd µg/g 22.1 36.0 32.8 27.3 34.6

Sm µg/g 4.38 7.54 6.22 5.43 6.62

Eu µg/g 0.95 1.73 1.33 1.21 1.38

Gd µg/g 3.78 6.76 5.12 4.67 5.46

Tb µg/g 0.57 1.02 0.76 0.70 0.82

Dy µg/g 3.34 5.94 4.35 3.96 4.63

Ho µg/g 0.65 1.16 0.83 0.75 0.90

Er µg/g 1.78 3.08 2.22 1.94 2.40

Tm µg/g 0.25 0.41 0.32 0.27 0.34

Yb µg/g 1.45 2.42 2.00 1.59 2.11

Lu µg/g 0.18 0.29 0.28 0.21 0.28

Hf µg/g 0.60 0.37 0.73 0.07 0.29

Ta µg/g 0.62 0.78 0.90 1.01 1.12

Pb µg/g 15.3 17.0 19.3 21.7 16.2

Th µg/g 9.11 11.7 10.9 10.4 12.7

U µg/g 1.71 2.28 2.04 2.02 2.28

Bulk River Sand

TABLE B.5: Major and trace element concentrations of river sand size fractions from rivers draining 

the Southern Alps. P-P = Prehnite Pumpellyite, P-Act = Prehnite-Actinolite, GS = Greenschist Facies, 

G-O Amph = garnet oligoclase Amphibolite Facies.  
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Sample ID RS04 RS05 RS06 RS08 RS09

Locality Thunder Creek 

Falls

Chinaman's Bluff Hooker Terminus Sheil's Creek Copland

Sampling Date 2009 2011 2009 2009 2263608

Easting 2218613 2142277 2276200 2263063 5726340

Northing 5678977 5600803 5720205 5726991 11000

Lithology Metasediment Metasediment Metasediment Metasediment Metasediment

Met. Grade Chlorite GS P-Act P-P Biotite GS Biotite GS

δ
7
Li ‰ 0.08 -0.59 1.52 -1.22 -0.11

δ
26

Mg ‰ -0.13 -0.22 -0.23 -0.12 nd

δ
25

Mg ‰ -0.06 -0.10 -0.11 -0.04 nd

Na µg/g 24900 37900 20900 19300 18500

Mg µg/g 9610 10700 7570 12400 8300

Al µg/g 80600 91900 62800 69200 64400

P µg/g 602 997 538 430 642

K µg/g 23000 16600 19700 18800 18000

Ca µg/g 15900 16500 12400 12400 15700

Ti µg/g 4370 3960 3370 4670 7870

Fe µg/g 42400 45500 27300 52000 40400

Li µg/g 45.3 43.3 29.4 46.3 29.7

Sc µg/g 13.7 15.1 8.21 9.56 11.7

V µg/g 97.4 104 64.0 95.3 81.7

Cr µg/g 271 109 47.8 390 139

Co µg/g 8.82 11.0 6.92 14.1 8.92

Ni µg/g 13.0 16.7 9.26 22.2 13.1

Cu µg/g 21.0 26.7 13.1 32.0 20.0

Zn µg/g 75.0 77.6 49.4 101 59.5

Rb µg/g 103 72.9 91.6 107 80.6

Sr µg/g 361 280 285 248 338

Y µg/g 25.6 22.8 17.7 14.7 26.3

Zr µg/g 17.2 10.6 15.0 2.43 5.99

Nb µg/g 10.5 7.38 8.07 12.3 16.0

Mo µg/g 1010 549 249 1310 509

Sn µg/g 2.49 1.97 1.75 2.15 2.08

Cs µg/g 5.10 3.76 3.67 6.17 3.60

Ba µg/g 512 349 465 396 429

La µg/g 38.0 25.3 27.0 18.8 44.4

Ce µg/g 79.9 55.8 55.7 40.2 90.8

Pr µg/g 9.01 6.58 6.47 4.72 10.1

Nd µg/g 33.0 25.2 24.1 17.9 36.5

Sm µg/g 6.26 5.15 4.55 3.57 6.55

Eu µg/g 1.34 1.16 0.98 0.81 1.36

Gd µg/g 5.13 4.51 3.72 3.07 5.28

Tb µg/g 0.78 0.69 0.56 0.47 0.78

Dy µg/g 4.56 4.07 3.19 2.70 4.56

Ho µg/g 0.89 0.80 0.61 0.52 0.91

Er µg/g 2.38 2.16 1.65 1.37 2.53

Tm µg/g 0.33 0.30 0.24 0.18 0.36

Yb µg/g 1.96 1.79 1.48 1.09 2.26

Lu µg/g 0.25 0.22 0.21 0.14 0.29

Hf µg/g 0.62 0.35 0.50 0.08 0.25

Ta µg/g 0.93 0.38 0.71 0.83 1.44

Pb µg/g 18.8 13.0 15.5 18.8 16.2

Th µg/g 12.8 9.04 7.38 6.76 14.7

U µg/g 2.35 1.63 1.39 1.28 2.01

Fine River Sand

TABLE B.5 Continued – River sand size fractions 
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Sample ID RS04 RS06 RS08 RS09

Locality Thunder Creek 

Falls

Hooker Terminus Sheil's Creek Copland

Sampling Date 2009 2009 2009 2263608

Easting 2218613 2276200 2263063 5726340

Northing 5678977 5720205 5726991 11000

Lithology Metasediment Metasediment Metasediment Metasediment

Met. Grade Chlorite GS P-P Biotite GS Biotite GS

δ
7
Li ‰ 0.10 -0.46 -2.57 -1.88

δ
26

Mg ‰ -0.07 -0.08 -0.15 nd

δ
25

Mg ‰ -0.01 -0.02 -0.07 nd

Na µg/g 8380 11600 4930 42700

Mg µg/g 15800 21000 8210 6300

Al µg/g 95600 124000 41400 33900

P µg/g 949 588 2130 98100

K µg/g 44300 62400 14300 15100

Ca µg/g 7900 11500 5200 3530

Ti µg/g 5020 5140 6080 2770

Fe µg/g 69100 72900 48200 26300

Li µg/g 90.3 87.9 81.9 50.8

Sc µg/g 11.6 15.9 17.6 9.27

V µg/g 168 168 194 101

Cr µg/g 148 103 155 75.5

Co µg/g 47.8 41.2 83.9 27.5

Ni µg/g 87.4 52.7 133 51.1

Cu µg/g 528 155 412 249

Zn µg/g 257 256 230 145

Rb µg/g 246 261 192 163

Sr µg/g 125 276 194 108

Y µg/g 16.5 24.7 21.0 11.6

Zr µg/g 54.2 43.6 5.14 43.4

Nb µg/g 11.1 13.3 18.3 7.79

Mo µg/g 3240 737 3340 2350

Sn µg/g 27.3 5.61 11.4 9.13

Cs µg/g 16.4 17.5 16.2 14.1

Ba µg/g 1220 1420 1990 837

La µg/g 15.0 21.7 20.0 14.9

Ce µg/g 32.3 48.6 46.2 31.5

Pr µg/g 3.83 5.63 5.17 3.69

Nd µg/g 14.8 22.0 19.8 13.9

Sm µg/g 3.04 4.64 4.01 2.71

Eu µg/g 0.66 1.14 0.93 0.56

Gd µg/g 2.79 4.33 3.58 2.31

Tb µg/g 0.45 0.69 0.58 0.35

Dy µg/g 2.77 4.28 3.49 2.05

Ho µg/g 0.58 0.86 0.72 0.41

Er µg/g 1.66 2.40 2.14 1.16

Tm µg/g 0.25 0.34 0.34 0.18

Yb µg/g 1.62 2.19 2.44 1.19

Lu µg/g 0.22 0.30 0.36 0.18

Hf µg/g 0.96 1.35 0.15 1.08

Ta µg/g 0.54 1.13 1.39 0.61

Pb µg/g 368 157 183 131

Th µg/g 8.03 10.8 7.64 6.66

U µg/g 1.60 2.25 1.65 2.80

Clay Fraction of River Sand

TABLE B.5 Continued – River sand size fractions 
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Sample ID NZ04 NZ07 NZ19 NZ20 NZ22

Locality Thunder Creek Mingha Deception River Trib Wanganui Gaunt Creek

Sampling Date 2009 2009 2011 2011 2011

Easting 2218613 2396030 2395905.7 2317320.9 2293366

Northing 5678977 5802900 5823070 5779321.1 5758836

Lithology Metasediment Metasediment Metasediment Metasediment Metasediment

Met. Grade Chlorite GS Biotite GS P-P G-O Amph G-O Amph

δ
7
Li ‰ -0.50 0.67 -1.34 -2.48 -1.94

δ
26

Mg ‰ -0.13 nd -0.22 -0.11 nd

δ
25

Mg ‰ -0.05 nd -0.09 -0.06 nd

Na µg/g 22100 5450 5640 7800 10100

Mg µg/g 14400 4040 2740 4810 6900

Al µg/g 97100 22100 22400 30700 52400

P µg/g 617 301 161 374 511

K µg/g 38800 9920 9820 11200 21000

Ca µg/g 12700 5560 3610 5030 5380

Ti µg/g 3390 981 764 1350 1760

Fe µg/g 41100 9780 8380 14100 21000

Li µg/g 51.1 12.6 12.8 18.1 29.4

Sc µg/g 10.3 3.08 3.19 5.20 7.94

V µg/g 108 28.7 26.9 44.0 71.6

Cr µg/g 62.6 41.9 14.7 23.0 39.2

Co µg/g 12.9 4.51 3.29 5.24 7.3

Ni µg/g 22.9 9.65 6.05 9.85 15.3

Cu µg/g 25.5 19.4 10.2 11.4 22.5

Zn µg/g 117 64.1 111 43.6 76.1

Rb µg/g 178 35.1 37.6 45.4 80.1

Sr µg/g 270 76.9 62.5 89.7 114

Y µg/g 15.0 4.86 5.39 7.91 10.9

Zr µg/g 7.13 4.74 6.82 0.86 0.67

Nb µg/g 6.37 2.36 2.44 3.53 5.80

Mo µg/g 0.24 0.32 0.20 0.14 0.23

Sn µg/g 2.93 1.47 1.12 1.38 2.63

Cs µg/g 7.37 2.14 3.48 4.19 4.20

Ba µg/g 940 184 157 210 454

La µg/g 18.0 5.78 6.44 10.4 21.8

Ce µg/g 39.6 12.2 13.6 21.4 46.7

Pr µg/g 4.61 1.46 1.62 2.53 5.43

Nd µg/g 17.2 5.54 6.25 9.45 20.2

Sm µg/g 3.47 1.10 1.25 1.95 3.97

Eu µg/g 0.75 0.23 0.26 0.41 0.78

Gd µg/g 2.86 1.02 1.00 1.67 3.28

Tb µg/g 0.44 0.15 0.16 0.26 0.48

Dy µg/g 2.57 0.88 0.93 1.49 2.40

Ho µg/g 0.50 0.17 0.19 0.29 0.40

Er µg/g 1.34 0.46 0.46 0.73 0.98

Tm µg/g 0.19 0.06 0.07 0.10 0.13

Yb µg/g 1.16 0.39 0.45 0.62 0.74

Lu µg/g 0.15 0.05 0.06 0.08 0.09

Hf µg/g 0.29 0.16 0.22 0.04 0.03

Ta µg/g 0.23 0.14 0.10 0.00 0.41

Pb µg/g 24.4 11.9 8.19 10.1 13.7

Th µg/g 7.08 1.99 2.38 3.32 7.85

U µg/g 1.22 0.36 0.51 0.73 1.44

Riverine

TABLE B.6: Major and trace element concentrations of the riverine and spring water suspended load 

from rivers draining the Southern Alps. P-P = Prehnite Pumpellyite, P-Act = Prehnite-Actinolite, GS = 

Greenschist Facies, G-O Amph = garnet oligoclase Amphibolite Facies.  
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Riverine

Sample ID NZ27 HS7 HS9 HS30 BIV-1

Locality Trib of Rakai 

River Deception Amythest Deception Bivouac

Sampling Date 2011 2009 2009 2011 2011

Easting 2381992.3 2398075 2317214 2398075 2263683

Northing 5761868.5 5818850 5779300 5818850 5726351

Lithology Metasediment Metasediment Metasediment Metasediment Metasediment

Met. Grade P-P P-P G-O Amph P-P Biotite GS

δ
7
Li ‰ -1.88 4.42 -3.99 nd -1.17

δ
26

Mg ‰ -0.09 nd nd nd nd

δ
25

Mg ‰ -0.02 nd nd nd nd

Na µg/g 8350 23400 21100 9200 5370

Mg µg/g 7550 3680 11500 3750 446

Al µg/g 46100 30700 80200 33700 2450

P µg/g 611 424 460 532 106

K µg/g 16600 17200 30500 14500 1550

Ca µg/g 12600 6590 7800 3650 2430

Ti µg/g 2130 1330 2480 1300 68.2

Fe µg/g 22000 11000 33000 12700 14000

Li µg/g 28.7 119 56.7 56.9 25.5

Sc µg/g 7.11 4.08 9.55 4.39 0.65

V µg/g 60.1 33.2 87.4 36.6 5.96

Cr µg/g 35.4 19.3 52.6 22.0 1.63

Co µg/g 10.1 3.84 8.69 5.69 1.56

Ni µg/g 13.5 11.6 18.4 8.56 1.24

Cu µg/g 24.7 36.5 26.4 15.2 12.8

Zn µg/g 101 129 82.0 65.7 17.1

Rb µg/g 74.6 58.0 140 61.9 4.45

Sr µg/g 145 108 221 91.0 53.6

Y µg/g 14.0 9.25 14.4 9.70 11.2

Zr µg/g 32.4 21.8 2.58 20.5 0.41

Nb µg/g 5.89 3.86 6.81 4.28 0.15

Mo µg/g 0.52 0.29 0.25 0.41 0.22

Sn µg/g 1.99 2.25 2.40 1.93 1.55

Cs µg/g 8.65 10.5 29.9 11.1 3.18

Ba µg/g 325 239 684 246 40.9

La µg/g 17.5 12.6 17.7 13.0 2.10

Ce µg/g 36.5 26.4 37.7 27.6 4.43

Pr µg/g 4.29 3.11 4.45 3.16 0.57

Nd µg/g 16.1 11.4 16.7 11.6 2.35

Sm µg/g 3.21 2.16 3.38 2.27 0.59

Eu µg/g 0.66 0.43 0.74 0.44 0.19

Gd µg/g 2.69 1.79 2.89 1.88 0.82

Tb µg/g 0.41 0.28 0.43 0.28 0.17

Dy µg/g 2.40 1.64 2.55 1.63 1.24

Ho µg/g 0.47 0.31 0.50 0.33 0.30

Er µg/g 1.31 0.84 1.33 0.92 1.02

Tm µg/g 0.19 0.12 0.19 0.14 0.17

Yb µg/g 1.26 0.80 1.16 0.90 1.16

Lu µg/g 0.19 0.11 0.15 0.13 0.17

Hf µg/g 1.00 0.65 0.12 0.65 0.01

Ta µg/g 0.48 0.01 0.48 0.00 0.00

Pb µg/g 24.3 11.6 22.4 16.3 2.70

Th µg/g 6.28 3.86 6.66 4.55 0.15

U µg/g 2.30 0.85 1.30 1.01 0.06

Springs

TABLE B.6 Continued – Riverine and spring water suspended load 
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Sample ID HS33 HS34 HS36 HS40 HS41

Locality

Mungo Wren Creek Smythe Amythest Fox

Sampling Date 2011 2011 2011 2011 2011

Easting 2362267 2359051 2335054 2317210 2268935

Northing 5795650 5803087 5775404 5779292 5742959

Lithology Metasediment Metasediment Metasediment Metasediment Metasediment

Met. Grade P-Act Biotite GS Chlorite GS G-O Amph G-O Amph

δ
7
Li ‰ 4.18 nd 4.11 -0.07 -3.72

δ
26

Mg ‰ nd nd nd nd nd

δ
25

Mg ‰ nd nd nd nd nd

Na µg/g 4490 5450 7200 28400 55400

Mg µg/g 817 356 1530 8450 29600

Al µg/g 4660 807 10300 63000 138000

P µg/g 648 1240 345 762 1850

K µg/g 3420 1560 4940 21500 69400

Ca µg/g 0.00 0.00 1610 8990 27200

Ti µg/g 178 33.2 405 2100 8150

Fe µg/g 1900 408 4750 26200 124000

Li µg/g 22.9 25.5 26.3 70.5 189

Sc µg/g 0.57 0.18 1.36 7.76 24.8

V µg/g 6.74 1.37 9.57 63.7 241

Cr µg/g 4.39 1.09 7.54 37.2 143

Co µg/g 2.10 0.49 2.95 8.65 26.9

Ni µg/g 8.40 0.50 4.02 19.3 54.3

Cu µg/g 6.87 12.2 18.9 59.1 72.4

Zn µg/g 15.8 25.0 37.4 80.5 252

Rb µg/g 9.13 4.11 17.5 88.4 314

Sr µg/g 27.2 10.1 76.3 234 442

Y µg/g 0.90 0.23 2.83 16.4 71.8

Zr µg/g 0.46 0.20 0.68 2.95 3.48

Nb µg/g 0.49 0.12 1.10 6.30 22.4

Mo µg/g 0.46 0.33 0.40 0.25 0.72

Sn µg/g 0.42 0.71 0.72 2.08 105

Cs µg/g 2.12 4.02 2.20 16.3 81.1

Ba µg/g 32.4 5.63 76.8 394 1304

La µg/g 0.90 0.26 3.59 19.8 38.0

Ce µg/g 1.86 0.50 7.06 40.9 81.3

Pr µg/g 0.23 0.05 0.81 4.93 9.83

Nd µg/g 0.84 0.18 2.94 18.6 37.4

Sm µg/g 0.16 0.01 0.53 3.68 7.81

Eu µg/g 0.03 0.00 0.12 0.77 1.87

Gd µg/g 0.14 0.01 0.46 3.11 7.58

Tb µg/g 0.03 0.00 0.07 0.48 1.29

Dy µg/g 0.17 0.04 0.45 2.77 8.59

Ho µg/g 0.03 0.01 0.09 0.54 2.02

Er µg/g 0.09 0.03 0.25 1.47 6.78

Tm µg/g 0.01 0.00 0.03 0.22 1.16

Yb µg/g 0.07 0.01 0.23 1.40 8.38

Lu µg/g 0.01 0.00 0.03 0.19 1.42

Hf µg/g 0.01 0.01 0.03 0.15 0.14

Ta µg/g 0.03 0.00 0.04 0.29 1.70

Pb µg/g 6.25 1.77 7.71 43.9 35.8

Th µg/g 0.32 0.07 0.82 6.26 14.1

U µg/g 0.09 0.03 0.17 1.30 2.74

Springs

TABLE B.6 Continued – Riverine and spring water suspended load 
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Springs

Sample ID WF2 CS2 CS6 RHS-1

Locality

Welcome Flat Cascade Cascade Red Hills

Sampling Date 2011 2011 2011 2011

Easting 2263645 2147430 2147430 2508726

Northing 5726380 5657698 5657698 5943895

Lithology Metasediment Peridotite Peridotite Peridotite

Met. Grade Biotite GS P-Act P-Act P-P

δ
7
Li ‰ 0.35 nd nd nd

δ
26

Mg ‰ nd nd nd nd

δ
25

Mg ‰ nd nd nd nd

Na µg/g 37800 1800 1580 154

Mg µg/g 1370 4510 1710 149000

Al µg/g 4260 657 542 1220

P µg/g 1020 51.1 64.4 40.7

K µg/g 54200 1030 477 119

Ca µg/g 37100 3620 1180 129000

Ti µg/g 144 46.7 60.1 51.7

Fe µg/g 153000 2830 1080 33000

Li µg/g 161 1.54 1.24 1.87

Sc µg/g 1.83 0.47 0.32 2.16

V µg/g 7.76 1.55 1.96 4.98

Cr µg/g 3.74 20.2 6.43 128

Co µg/g 2.52 3.30 1.11 9.58

Ni µg/g 1.68 844 91.1 97.2

Cu µg/g 20.8 10.4 5.63 3.24

Zn µg/g 23.1 22.6 23.9 13.9

Rb µg/g 29.2 1.03 1.08 0.59

Sr µg/g 783 3.81 3.14 15.3

Y µg/g 64.6 0.33 0.33 0.28

Zr µg/g 0.40 3.25 1.21 0.89

Nb µg/g 0.53 0.10 0.13 0.08

Mo µg/g 0.23 0.04 0.35 0.03

Sn µg/g 0.89 0.60 0.44 0.15

Cs µg/g 31.1 0.09 0.11 0.07

Ba µg/g 673 4.53 4.62 3.45

La µg/g 7.50 0.31 0.28 0.28

Ce µg/g 15.4 0.56 0.57 0.56

Pr µg/g 2.11 0.06 0.07 0.07

Nd µg/g 9.57 0.27 0.24 0.26

Sm µg/g 2.90 0.03 0.03 0.05

Eu µg/g 1.05 0.00 0.00 0.01

Gd µg/g 4.76 0.03 0.03 0.05

Tb µg/g 0.93 0.00 0.00 0.01

Dy µg/g 7.24 0.05 0.06 0.04

Ho µg/g 1.78 0.01 0.01 0.01

Er µg/g 5.79 0.03 0.03 0.03

Tm µg/g 0.92 0.00 0.00 0.00

Yb µg/g 6.24 0.03 0.03 0.03

Lu µg/g 0.89 0.00 0.00 0.00

Hf µg/g 0.03 0.06 0.03 0.03

Ta µg/g 0.01 0.01 0.04 0.00

Pb µg/g 3.36 17.4 2.13 1.14

Th µg/g 0.49 0.09 0.06 0.08

U µg/g 0.09 0.01 0.01 0.02

Hyperalkaline Springs

TABLE B.6 Continued – Riverine and spring water suspended load 
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Appendix C 

Electronic Data Tables 

This is an electronic appendix containing EXCEL spreadsheets of geochemical data 

presented in this thesis. 
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