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Ocean and Earth Sciences 

Thesis for the degree of Doctor of Philosophy 

INVESTIGATING THE DRIVERS OF PERTURBATIONS TO 

THE CENOZOIC CARBON-CLIMATE SYSTEM 

David Ian Armstrong McKay 

Over the course of the Cenozoic the Earth system has shifted from a CO2-rich 

‘Greenhouse’ climate state to a CO2-poor ‘Icehouse’ climate state. This trend is 

punctuated by numerous perturbations to the carbon-climate system, but the extent 

of the coupling between the carbon cycle and climate system, the drivers of these 

perturbations, and their relationship to the longer-term Cenozoic trend is still 

debated. In this thesis, I use biogeochemical modelling and numerical analysis to 

explore the key research question: ‘What were the drivers of carbon-climate system 

perturbations during the Cenozoic?’, with a focus on perturbations during the Eocene-

Oligocene Transition and the mid-Miocene, the role of tipping points during these 

periods, and the long-term evolution of the ocean carbonate system. 

  The potential impact of the Columbia River Basalt large igneous province on the 

mid-Miocene Earth system is investigated using two biogeochemical box models. This 

modelling indicates that ‘cryptic degassing’ from intrusive and/or crust-contaminated 

magma of a magnitude within the estimated possible range can drive the observed 

carbon cycle perturbation and warming around 16.0 Ma, but cannot by itself explain 

other features of the mid-Miocene palaeorecords. 

  The hypothesised drivers of the Eocene-Oligocene Transition (EOT) carbon cycle 

perturbation are explored using a biogeochemical box model. The results suggest that 

the glacioeustatic fractionation of carbonate burial from shelf to basin can explain 

most of the deepening of the carbonate compensation depth (CCD) at the EOT, but 

that the benthic carbon isotope excursion most likely requires additional drivers. 

  The shelf-basin carbonate burial fractionation hypothesis is examined further in 

order to quantify the relationship between shelf carbonate burial extent, the CCD, 

and changing sea-level during the Cenozoic. This analysis confirms that carbonate 

burial fractionation can drive most of the CCD deepening at the EOT but is less 

important either before or since then, and also indicates that the sensitivity of the 

CCD to sea level change has significantly declined during the Cenozoic. 

  Palaeorecords of a number of perturbations to the carbon-climate system during the 

Cenozoic are analysed in search for ‘early warning signals’ (EWS) indicative of 

systemic instability and impending critical transitions, and the reliability of this 

method when applied to palaeorecords is critically explored. EWS are found prior to 

some (e.g. the EOT and Palaeocene-Eocene Thermal Maximum) but not all of the 

events, and the results and technique are judged to be moderately reliable. 
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Chapter 1:  

Introduction and Background 

In this chapter the scientific context and rationale of this thesis is outlined, 

beginning with the broad question of the continuous habitability of the Earth followed 

by a discussion of both long and short-term climate change during the Cenozoic and 

the role of palaeoclimatology in the study of the Anthropocene. Conceptual and 

numerical models of the carbon cycle are then explored before a more detailed 

description is given of the biogeochemical models used in this thesis. Finally, the aims 

and structure of this thesis are outlined. 

1.1 The Goldilocks question 

Earth has remained consistently hospitable since life first emerged as early as 

~3.8 billion years (By) ago [Ohtomo et al., 2014], but this continued habitability is 

difficult to explain. Solar luminosity was ~30 % lower when the Earth formed but our 

planet did not permanently freeze in its early history. Similarly, the gradual increase 

in energy reaching the Earth since then has not triggered a runaway greenhouse 

effect. This apparent paradox is known as the ‘faint young sun problem’ [Sagan and 

Mullen, 1972; Rampino and Caldeira, 1994]. This behaviour would require either 

elevated planetary albedo or elevated concentrations of greenhouse gases, with the 

latter suspected to be the primary factor in preventing a runaway icehouse on the 

early Earth and during subsequent ‘Snowball Earth’ episodes [Walker, 1985; 

Kirschvink, 1992; Berner, 1994; Hoffman, 1998; Pavlov et al., 2000]. Declining 

concentrations of greenhouse gases are then hypothesised to have countered the 

gradual increase in solar luminosity. However, despite the stabilising influence of 

declining greenhouse gas concentrations the Earth’s climate has still fluctuated 

considerably during the last ~3.8 By, primarily between ‘Icehouse’ states 

characterised by globally cool temperatures and polar ice sheets and ‘Greenhouse’ 

states characterised by warm and ice-free conditions [Fischer, 1982; Veizer et al., 

1999, 2000]. Variable atmospheric CO2 concentrations, rather than fluctuating solar 

or cosmic radiation, are hypothesised to be the primary driver of climate fluctuations 

during at least the Phanerozoic [Berner, 1991; Shaviv and Veizer, 2003; Royer et al., 

2004a, 2004b; Came et al., 2007] (Figure 1-1), suggesting that atmospheric CO2 has 
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acted as the primary control on long-term climate dynamics. These fluctuations in 

CO2 and the climate state have never become extreme enough to exterminate life 

during the past ~3.8 By, with Greenhouse conditions never intensifying so much as to 

lead to runaway global warming as on Venus [Ingersoll, 1969; Rasool and De Bergh, 

1970; Goldblatt et al., 2013]. This continuous Goldilockean ‘just right’ climate has 

been interpreted as implying that there are feedbacks in the Earth system, such as 

the climate-weathering feedback or modulation by life itself, that are strong enough to 

act as an ultimate climate ‘thermostat’ that limits the range climate can change 

within and so prevents both permanent Snowball or Venusian climates [Lovelock, 

1972, 1979; Lovelock and Margulis, 1974; Walker et al., 1981; Berner et al., 1983; 

Watson and Lovelock, 1983; Berner, 1992; Dyke and Weaver, 2013]. Alternatively our 

observation of this history might be subject to the weak anthropic principle, with the 

relative stability of Earth’s climate at least partially down to chance [Watson, 2004; 

Tyrrell, 2013]. Despite considerable research on this topic over the last few decades, 

the debate over the dominant drivers of long-term CO2 and climate change has not yet 

been settled. In particular, the decline of atmospheric CO2 and global temperatures 

during the last 66 million years (My) is of particular dispute. 

 

 

Figure 1-1:  Long-term correlation of a) atmospheric CO2 (reconstructed from proxies 

(black line) and the GEOCARB III model (red line, red band for uncertainty based on 

sensitivity analysis)), and b) Icehouse/Greenhouse cycles (with glaciations marked by the blue 

bars) during the Phanerozoic (reproduced and modified from Royer et al. [2004a] with fair-use 

permission from copyright-holder Geological Society of America) 
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1.2 Cenozoic climate change 

1.2.1 Long-term Cenozoic cooling 

During the course of the Cenozoic era, which spans the last 66 My, Earth’s 

climate has shifted from the Greenhouse state that began in the Triassic to the 

Icehouse state we remain in today, as revealed by the positive trend in the global 

stack of benthic oxygen isotope data recorded in benthic foraminifera [Zachos et al., 

2001b, 2008] (Figure 1-2). During this time atmospheric CO2 (atmCO2) has gradually 

declined, with atmCO2 falling from ~1000 ppm in the Eocene to below ~300 ppm during 

the late Miocene [Pearson and Palmer, 2000; Royer et al., 2001; Beerling and Royer, 

2011]. This decline has been hypothesised to be the result of either declining volcanic 

outgassing as mid ocean ridge spreading rates decreased and the subduction of 

carbonate-rich sediment in the Tethys Ocean ceased; increased silicate weathering 

rates due to the uplift of the Himalayas and the Tibetan Plateau drawing down atmCO2 

through the Urey reaction (see Section 1.3.1.4); or increased organic carbon and 

carbonate burial in seafloor sediment due to increasing productivity and preservation 

rates [Berner, 1991; Larson, 1991; Raymo and Ruddiman, 1992; Raymo, 1994; Derry 

and France-Lanord, 1996; France-Lanord and Derry, 1997; Kump and Arthur, 1997; 

Royer et al., 2004a; Kent and Muttoni, 2008, 2013; Lefebvre et al., 2013]. The decline 

in atmCO2 is in turn hypothesised to have driven global cooling via the greenhouse 

effect, resulting in the shift from a high-atmCO2 Greenhouse world to a low-atmCO2 

Icehouse world [Arrhenius, 1897; Hansen et al., 2008]. 

Several other potential drivers of Cenozoic cooling not involving the carbon 

cycle have also been proposed. It has been suggested that the opening of the Drake 

Passage and Tasman Gateway in the Southern Ocean allowed the formation and 

strengthening of the Antarctic Circumpolar Current, which in turn thermally isolated 

Antarctica enough to initiate regional cooling and ice sheet growth [Frakes and Kemp, 

1972; Kennett and Shackleton, 1976; Kennett, 1977; Flower, 1999; Exon et al., 2000; 

Smith and Pickering, 2003; Sijp et al., 2014]. The changing albedo of the Earth’s 

surface would have also had a significant impact on global climate. Changing global 

palaeogeography due to continental drift favoured warmer global temperatures 

during periods such as the mid-Miocene, by reducing albedo and topography and 

increasing ocean heat transport [Henrot et al., 2010; Herold et al., 2011; Knorr et al., 

2011], and the Cretaceous-Palaeogene [Barron et al., 1980, 1984; Barron, 1981, 1985; 

Barron and Washington, 1984; Bice et al., 2000], while the drift of Antarctica 
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Figure 1-2:  Palaeorecords of Cenozoic a) benthic δ18O, b) benthic δ13C, c) carbonate 

compensation depth (CCD) reconstructed from the equatorial Pacific, and d) atmospheric CO2 

reconstructions [Zachos et al., 2001b, 2008; Beerling and Royer, 2011; Pälike et al., 2012]. 

Significant climate and carbon cycle events are labelled, the grey dotted lines in the bottom 

panel mark the hypothesised ~750 ppm and ~280 ppm Antarctic and Greenland glaciation 

thresholds respectively, Epochs are labelled on the top axis (Ple. is the Pleistocene, Plio. is the 

Pliocene), and the yellow bars mark the periods focused on in this thesis. Notable events in the 

palaeorecords are labelled and include the Pliocene Climatic Optimum (PCO), mid-Miocene 

Climate Transition (MMCT), Monterey Carbon Isotope Excursion (MCIE), Miocene Climatic 

Optimum (MCO), Oligocene-Miocene Transition (OMT), Eocene-Oligocene Transition (EOT), 

Mid-Eocene Climatic Optimum (MECO), Early Eocene Climatic Optimum (EECO), and the 

Palaeocene-Eocene Thermal Maximum (PETM).  
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to the South Pole during the Phanerozoic may have been a necessary precursor to 

allow large-scale glaciation [Crowell and Frakes, 1970]. The establishment of polar ice 

sheets also increased both regional and global albedo, creating a positive feedback on 

glaciation by encouraging further cooling [Robin, 1988; DeConto and Pollard, 2003; 

DeConto et al., 2008], while changing vegetation biome patterns also had an impact on 

global climate [Loptson et al., 2014]. As a result it may be speculated that cooling due 

to tectonically driven changes in ocean circulation and palaeogeography could have 

preceded and then encouraged atmCO2 drawdown through responses such as increased 

ocean productivity and ventilation, with falling atmCO2 in turn acting as a positive 

feedback on global cooling rather than acting as its primary driver. However, 

modelling of the initiation of ice sheets indicates that glaciation is most sensitive to 

atmCO2 declining past critical thresholds (750-950 ppm for Antarctica, ~280 ppm for 

Northern Hemisphere) and that the Antarctic Circumpolar Current intensified as a 

result of the establishment of the Antarctic ice sheet, suggesting that Antarctic 

thermal isolation was primarily a feedback to rather than a driver of ice growth 

[DeConto and Pollard, 2003; DeConto et al., 2008; Sijp et al., 2011; Goldner et al., 

2014; Ladant et al., 2014a, 2014b]. 

Two major hypotheses for the primary driver of the Cenozoic cooling trend can 

therefore be established: 1) declining atmospheric CO2 due to changes in the 

geological carbon cycle (such as declining outgassing or increased silicate weathering) 

drove global cooling and was in turn reinforced by gradual palaeogeographic changes 

and positive feedbacks at critical ice-growth thresholds, and 2) changes in 

palaeogeography and ocean/atmosphere circulation triggered the initial cooling trend 

and Antarctic ice growth, a trend which was subsequently amplified and globalised by 

the albedo effect and increased organic carbon burial drawing down atmCO2.  

1.2.2 Abrupt climate shifts 

The long-term Cenozoic cooling trend is interrupted by several abrupt climate 

shifts and transient excursions, including episodes of extreme warming, rapid glacial 

advances, and significant carbon cycle perturbations [Zachos et al., 2001b] (Figure 

1-2). Cenozoic ice sheet growth and global cooling occurred mainly during rapid 

climate shifts at the Eocene-Oligocene Transition, the mid-Miocene Climate 

Transition, and during the early Pleistocene [Lear, 2000]. Cenozoic cooling was also 

interrupted by transient episodes of relative global warmth such as the Palaeocene-

Eocene Thermal Maximum and other early Eocene hyperthermals, the early Eocene 
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Climatic Optimum, the mid-Eocene Climatic Optimum, the Miocene Climatic 

Optimum, and the Pliocene Climatic Optimum. Many of these warm episodes are 

associated with significant perturbations to the carbon cycle, hypothesised to be due 

to phenomena such as methane hydrate dissociation or Large Igneous Province 

eruptions, and as such are potential examples of past greenhouse gas-triggered global 

warming. The impact of these events and their relation to the longer term climate 

trend are summarised in the next section. 

1.2.3 Cenozoic climate chronology 

1.2.3.1 Eocene warmth and hyperthermals 

Following the K/Pg mass extinction event at ~66 Ma the climate of the early 

and mid-Palaeocene was subject to relatively mild greenhouse conditions, but from 59 

to 52 Ma global temperatures rose by >5 oC with the Earth reaching its warmest state 

during the Cenozoic in the Early Eocene Climatic Optimum (EECO) between 52 and 

50 Ma [Zachos et al., 2001b; Billups and Schrag, 2003; Bijl et al., 2009; Westerhold et 

al., 2011]. This warming trend is punctuated by repeated hyperthermal events, the 

best-known of which is the Palaeocene-Eocene Thermal Maximum (PETM) which 

featured rapid global warming, a carbon isotope excursion, and ocean acidification 

[Zachos et al., 2005, 2008; McInerney and Wing, 2011; Foster et al., 2013; Littler et al., 

2014]. The PETM is hypothesised to have been triggered by the rapid release of 2000-

13000 Pg of isotopically light carbon to the ocean-atmosphere system from a source 

such as the dissociation of oceanic methane hydrate deposits, oxidisation of organic 

carbon reservoirs such as peat or permafrost, or metamorphic degassing associated 

with the North Atlantic Volcanic Province [Svensen et al., 2004; Panchuk et al., 2008; 

Zeebe et al., 2009; Cui et al., 2011; Dickens, 2011; DeConto et al., 2012]. As such, the 

PETM and other Eocene hyperthermals are potential examples of tipping points in 

the carbon-climate system, where gradual forcing of the climate system eventually 

results in a rapid change reinforced by positive feedback loops until a new equilibrium 

is reached [McNeall et al., 2011]. 

1.2.3.2 Descent into the Icehouse 

Following the warmth of the EECO, global temperature declined during the 

remainder of the Eocene [Zachos et al., 2001b]. This cooling trend was only 

interrupted by the Mid-Eocene Climatic Optimum (MECO), a transient warming and 

carbon cycle perturbation of disputed origins [Bohaty et al., 2009; Bijl et al., 2010; 
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Edgar et al., 2010; Sluijs et al., 2013]. This cooling eventually culminated in the 

Eocene-Oligocene Transition (EOT) around 34 Ma, during which large ice sheets first 

became established on Antarctica, sea levels dropped by 50 to 75 m, the carbonate 

compensation depth (CCD) permanently deepened by ~500 m while shallow-water 

carbonate platforms rapidly declined in extent, benthic δ13C temporarily increased, 

and global temperatures dropped by ~5 oC [Miller et al., 1991; Coxall et al., 2005; Lear 

et al., 2008; Merico et al., 2008; Coxall and Wilson, 2011; Houben et al., 2012]. The 

EOT is hypothesised to be another example of a critical transition, with rapid 

glaciation commencing once atmCO2 fell below a tipping point of 750-950 ppm [Dakos et 

al., 2008; DeConto et al., 2008; Ladant et al., 2014b]. Icehouse conditions became more 

fully established during the Oligocene, and atmCO2 dropped from ~1000 ppm in the 

Eocene to ~500 ppm and below in the Oligocene. However, Antarctic ice sheet extent 

and global sea levels remained relatively variable during the Oligocene, while the 

Oligocene-Miocene Transition featured significant glacial advance and retreat coupled 

with a carbon cycle perturbation [Miller et al., 1991; Zachos et al., 2001a; Wade and 

Pälike, 2004; Palike et al., 2006; Liebrand et al., 2011; Mawbey and Lear, 2013]. 

1.2.3.3 Miocene Doubthouse 

Icehouse conditions temporarily abated during the Miocene Climatic Optimum 

(MCO) from ~17.0 to ~14.6 Ma [Vincent and Berger, 1985; Wright et al., 1992; Kennett 

and Flower, 1993; Holbourn et al., 2005, 2007]. Global temperatures were 2 to 4 oC 

warmer than today and the Antarctic ice sheet retreated significantly, while the 

Monterey Carbon Isotope Excursion (MCIE), CCD shoaling, and extensive organic 

carbon burial indicate a contemporaneous carbon cycle perturbation potentially linked 

to the Columbia River Basalt eruptions [Flower, 1999; You et al., 2009; You, 2010; 

Passchier et al., 2011; Foster et al., 2012]. This partial reversion to greenhouse 

conditions was short-lived though, and icehouse conditions were restored during the 

mid-Miocene Climate Transition (MMCT) from ~14.6 to ~12.5 Ma with an abrupt 

benthic δ18O and δ13C shift at ~13.9 Ma [Miller et al., 1991; Flower and Kennett, 1993, 

1994; Holbourn et al., 2005, 2007]. 

1.2.3.4 Pliocene warmth and Pleistocene glacials 

Following the MMCT, Antarctic ice sheets and cool global temperatures 

persisted throughout the late Miocene and into the Pliocene [Zachos et al., 2001b]. 

Transient warming occurred around 3.3 to 3.0 Ma during the Pliocene Climatic 

Optimum (PCO), during which the Earth was ~3 oC warmer than pre-industrial and 
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sea level was 12 to 32 m higher than today [Haywood and Valdes, 2004; Lunt et al., 

2010; Miller et al., 2012]. The warmth of the Pliocene ended at ~2.72 Ma with a 

significant cooling step and the onset of Northern Hemisphere glaciation, which was 

subsequently followed by large-scale Northern Hemisphere glaciation and the 

Pliocene-Pleistocene glacial-interglacial cycles [Maslin et al., 1998; Lisiecki and 

Raymo, 2005; Bailey et al., 2013]. 

1.2.4 Palaeoclimatology and the Anthropocene 

The burning of fossil fuels by humans during the industrial age has resulted in 

the rapid increase in atmCO2 concentrations and the onset of anthropogenic global 

warming over the last ~150 years [IPCC, 2001, 2013]. Today atmospheric CO2 

concentrations exceed 400 ppm, a level not seen in the palaeorecord since 3.3 to 3.0 

Ma during the PCO [Haywood and Valdes, 2004], and global surface temperature is 

now ~0.8 oC higher than pre-industrial conditions. Projections of future emissions 

indicate that atmCO2 concentrations of ~500 to ~1000 ppm might be expected by the 

end of this century, levels likely not attained on Earth since the mid-Miocene or even 

the Eocene, which will result in a further 0.3 to 4.8 oC of global warming relative to 

1986-2005 depending on the value of climate sensitivity [IPCC, 2001, 2013; Beerling 

and Royer, 2011]. However, uncertainty exists around the long-term sensitivity of the 

Earth system to rapid perturbations to the carbon cycle, the presence of tipping points 

in the Earth system, and the degree to which Earth system models correctly capture 

these elements [Shellito et al., 2003; Hansen et al., 2008; Lunt et al., 2010; McNeall et 

al., 2011; Rohling et al., 2012; Foster and Rohling, 2013; Martínez-Botí et al., 2015]. 

Studying palaeoclimate records allows this sensitivity to be investigated and Earth 

system models to be tested against real-world scenarios, and therefore can help 

reduce the uncertainties on future projections of the unfolding Anthropocene 

hyperthermal.  
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1.3 The geological carbon cycle: conceptual and 

numerical models 

1.3.1 A conceptual model of the carbon cycle 

1.3.1.1 Carbon cycle structure 

In order to investigate the dynamics of past carbon cycle perturbations it is 

necessary to understand the basic principles of the carbon cycle and how these are in 

turn represented in numerical models. The carbon cycle describes the biogeochemical 

cycling of carbon throughout the Earth system between the geosphere (the solid 

Earth), pedosphere (the thin soil layer on the terrestrial surface of the solid Earth), 

biosphere (living organisms), hydrosphere (the Earth’s water, including the ocean and 

terrestrial water) and the atmosphere, as illustrated in Figure 1-3 [Kump et al., 1999]. 

The carbon cycle can be further subdivided into sub-cycles focused on organic and 

inorganic carbon and on short and long timescales. The short-timescale ‘exogenic’ 

carbon cycle consists of the fairly rapid (100 to 103 y) exchange of carbon between the 

atmosphere, ocean, biosphere and soil (or sediment in the ocean), whereas the long-

timescale ‘geological’ carbon cycle also incorporates the slow (>104 y) entry of carbon 

into sedimentary reservoirs and the return of this carbon via weathering, 

metamorphism, and volcanism. As can be seen in Figure 1-3, the biggest reservoir of 

carbon in the carbon cycle is sedimentary rock, but it is within the ‘slowest’ part of the 

carbon cycle with a flux of ~0.2 Pg C y-1 and so despite its size it only plays a major 

role in the carbon cycle on geological timescales. The ocean today holds ~39000 Pg C, 

with most of this carbon held in the intermediate and deep ocean in the form of 

bicarbonate, and is thus the largest reservoir within the exogenic carbon cycle. In 

contrast, the biosphere today contains only ~600 Pg C in the form of biomass (but was 

probably larger in the warm Palaeogene), and prior to anthropogenic emissions the 

atmosphere contained ~590 Pg C in the form of atmospheric CO2 (but today has 

reached ~830 Pg C and was significantly larger in the Palaeogene). However, both of 

these reservoirs have a rapid turnover and, along with carbon cycle ‘capacitors’ 

[Dickens, 2011] such as permafrost and methane hydrates (~1700 Pg C and 500 to 

3000 Pg C respectively [Buffett and Archer, 2004a; Tarnocai et al., 2009; Koven et al., 

2011; Wallmann et al., 2012]), are capable of causing short-term disruptions to the 

carbon cycle on sub-millennial timescales. 
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Figure 1-3: Simplified schematic of the global carbon cycle at the present day. Black labels 

and arrows represent pre-industrial (<1750 Common Era (CE)) fluxes and stocks, red labels 

and arrows represent the current (2000-2009 CE) anthropogenic perturbation to the carbon 

cycle. Reservoir stocks are in petagrams (1015 g) of carbon (Pg C) and fluxes are in Pg C y-1. 

The less substantial methane components of the carbon cycle are not illustrated here. 

Reproduced from IPCC AR5 [Figure 6-1; IPCC, 2013], copyright IPCC. The geosphere carbon 

reservoir is not illustrated in this figure but consists of ~40000 Pg C in carbonate and ~10000 

Pg C in organic carbon stored in sedimentary rocks, with a flux of ~0.2 Pg C y-1 from seafloor 

sediments and <0.05 Pg C y-1 from soils into this reservoir (with the volcanism and rock 

weathering fluxes out of this reservoir already shown) [Kump et al., 1999].  



Chapter 1:  Introduction and Background 

11 

1.3.1.2 The organic carbon cycle and the biological bump 

The organic carbon (Corg) cycle mostly consists of the exchange of carbon 

between the atmosphere and the biosphere, with a small amount of slow ‘leakage’ to 

the geosphere and back. The primary process driving this part of the carbon cycle is 

photosynthesis, performed by primary producers either in the ocean or on land, which 

removes CO2 from the atmosphere and (reliant on nutrient supply) converts it into 

Corg (represented as      in Equation 1-1) and oxygen: 

                        Equation 1-1 

Upon the death of the primary producer this Corg is then either consumed and respired 

by consumers or buried in soil or ocean sediment, where most of the Corg subsequently 

decomposes and is oxidised before returning to the ocean or atmosphere (reversing 

Equation 1-1). The production and export of particulate organic matter in the ocean 

results in the transfer of carbon and nutrients from the surface to deep ocean, where 

the majority is remineralised and eventually cycled back to the surface along with 

nutrients in what is known as the ‘biological pump’. Of the small proportion of Corg 

buried in the soil or ocean sediment a small fraction is sequestered within 

sedimentary rocks where it is often ‘cooked’ to form kerogen. Corg can remain 

incorporated in the sedimentary reservoir for millions of years before eventually being 

uplifted, weathered, oxidised, and returned to the atmosphere as CO2. 

1.3.1.3 The inorganic carbon cycle and carbonate chemistry 

The inorganic carbon cycle is centred on air-sea gas exchange, the formation 

and weathering of carbonate rocks, and the speciation of Dissolved Inorganic Carbon 

(DIC) in the ocean. The inorganic carbon cycle begins with atmCO2 dissolving into the 

ocean through air-sea gas exchange until the atmosphere and the surface ocean are in 

equilibrium: 

                        Equation 1-2 

Dissolved CO2 combines with a water molecule to form carbonic acid (     ) 

(Equation 1-2), but carbonic acid readily dissociates to form bicarbonate ions (    
 ) 

and perhaps carbonate ions (   
  ) if possible, releasing hydrogen ions (  ) in the 

process and therefore increasing the acidity of the ocean: 

             
           Equation 1-3 

    
        

            Equation 1-4 
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The proportion of these species of DIC depends on the pH of the ocean, with high pH 

favouring an increased concentration of    
   and a lower pH favouring increased 

concentrations of     
  and/or dissolved CO2 (either         or      ) (Figure 1-4). 

Together, Equations 1-2 to 1-4 describe the process of ocean acidification. 

 

Figure 1-4:  Bjerrum plot of the speciation of Dissolved Inorganic Carbon (DIC) in the 

ocean for DIC = 2100 μmol L−1, S = 35, and T = 25 °C (reproduced from Hofmann and 

Schellnhuber [2010] with permission from the Royal Society of Chemistry). The purple arrow 

illustrates the expected ocean acidification in the 21st century under the IPCC’s business-as-

usual emission scenario, illustrating how rapid carbon addition to the atmosphere results in a 

decrease in [   
  ] and an increase in dissolved CO2. 

Many marine organisms, such as foraminifera, coccolithophores and corals, use 

    
  to build their shells, but do so more readily where the ocean is saturated with 

respect to calcite (or aragonite, depending on the organism’s choice of carbonate 

polymorph). The saturation state (Ω) is defined as: 

  
           

   

   
           Equation 1-5 

where Ksp is the solubility product for calcite (or aragonite), and Ω=1 when the water 

is saturated with respect to calcite (or aragonite). When Ω>>1 carbonate-precipitating 

organisms can more easily synthesise calcium carbonate (CaCO3) from seawater and 

when they die export CaCO3 to the shallow and, since the evolution of pelagic 

calcifiers in the mid-Mesozoic [Ridgwell, 2005], deep ocean. However, Ω decreases 

with depth due to increasing pressure, and at about the depth where Ω=1, CaCO3 

deposited on the seafloor will begin to dissolve. This horizon is known as the 

carbonate (or calcite) saturation horizon (CSH), and the depth at which carbonate 

dissolution exceeds carbonate rain is known as the carbonate compensation depth 
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(CCD) (Figure 1-5). The lysocline is defined as the depth where carbonate dissolution 

is first noticeable on the ocean floor or in sediment cores.  

 

Figure 1-5:  Diagram illustrating the relative positions of the carbonate (here calcite) 

saturation horizon (CSH), the lysocline and the carbonate compensation depth (CCD), and 

their relationship to ocean bathymetry, CaCO3 accumulation rate and sediment CaCO3 wt% 

(reproduced from Pälike et al. [2012] with permission from Nature). 

1.3.1.4 The carbonate-silicate geochemical cycle and the climate-weathering 

feedback 

Atmospheric CO2 is not the only source of DIC in the ocean, with the terrestrial 

weathering of both silicate and carbonate rocks delivering bicarbonate ions to the 

ocean according to the following equations: 

Carbonate:                         
      Equation 1-6 

Silicate:                            
            Equation 1-7 

where CaSiO3 (i.e. Wollastonite) represents an approximation of silicate mineralogy. 

The precipitation of carbonate in the ocean is described by the following: 

          
                      Equation 1-8 

which is the reverse of the carbonate weathering equation (Equation 1-6), indicating 
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that the carbonate weathering to carbonate precipitation pathway has no long-term 

net impact. However, as silicate weathering requires twice as much CO2 as carbonate 

weathering (Equation 1-7), the silicate weathering to carbonate precipitation pathway 

has the following net result: 

                             Equation 1-9 

Coupled with its inverse (representing metamorphism) this reaction is known as the 

‘Urey Reaction’ [Urey, 1952], and it indicates that the weathering of silicate lithologies 

results in the net drawdown of atmCO2 when the resultant precipitated carbonate is 

sequestered in ocean sediment (as first suggested by Chamberlin [1898]). This 

relationship would result in the total drawdown of atmCO2 within ~1 million years if 

unopposed [Kump et al., 1999], but volcanism and carbonate metamorphism release 

CO2 into the atmosphere at a similar rate and so there is an approximate balance of 

inputs and outputs of CO2 to the atmosphere. However, the rate of silicate weathering 

is dependent on climatic factors such as temperature and rainfall, and so tends to 

increase if the climate becomes warmer and wetter. This would gradually result in 

declining concentrations of atmCO2, but this in turn counteracts the original climate 

change to form the negative feedback loop illustrated in Figure 1-6 [Walker et al., 

1981]. 

 

Figure 1-6:  Systems diagram illustrating the climate-weathering negative feedback loop 

(based on [Kump et al., 1999]). Pointed arrows indicate positive impact, circled arrows indicate 

negative impact, and (-) indicates this is a negative feedback loop. 
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1.3.1.5 Modelling the long-term regulation of atmospheric CO2 

The climate-weathering feedback described in Section 1.3.1.4 is hypothesised to 

maintain atmCO2 in long-term equilibrium by counteracting deviations in CO2 

concentration over timescales of >10 ky. This hypothesis was the basis of the original 

‘BLAG’ model (Figure 1-7) [Berner et al., 1983], in which atmCO2 is assumed to 

primarily be a function of volcanic outgassing and silicate weathering rate, while the 

ocean, atmosphere, and biosphere carbon reservoirs remain at steady state. The 

difference between the weathering and precipitation of magnesium and calcium 

carbonates is also explicitly modelled. The BLAG model was further developed into 

the GEOCARB model, of which several iterations added features such as the organic 

carbon cycle, included improved climate feedbacks, changing palaeogeography, the 

emergence of gymnosperms and angiosperms, and the sulphur and oxygen cycles 

[Kasting, 1984; Berner, 1991, 1994, 2006; Berner and Kothavala, 2001]. The 

BLAG/GEOCARB models to a first order succeeded in recreating the long-term trends 

observed in the atmCO2 proxies throughout the Phanerozoic (Figure 1-1), which 

suggests that the primary control on atmCO2 concentration during the Phanerozoic was 

elevated outgassing from increased seafloor spreading rates during the Mesozoic and 

early Palaeozoic (combined with the lack of vascular plants prior to the Devonian) 

[Berner and Kothavala, 2001]. 

 

Figure 1-7:  A schematic of the modern carbonate-silicate geochemical cycle as 

represented in the ‘BLAG’ model (reproduced from Berner et al. [1983] with permission from 

the American Journal of Science). Fluxes are corrected for pyrite weathering and formation 

and are in 1018 moles per My (reservoir sizes are in 1018 moles). 
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A different approach to modelling long-term atmCO2 trends is to upgrade the 0-

dimensional approach to weathering rates in the BLAG/GEOCARB models to fully 

capture the heterogenic response of weathering to climatic and tectonic changes. 

Rather than assume that global silicate weathering rate reacts homogenously to 

atmCO2 concentration, models such as GEOCLIM include a 2-dimensional 

representation of weathering rates that allows silicate weathering to be 

heterogeneous [Donnadieu et al., 2004a, 2004b, 2006; Goddéris et al., 2007]. Whereas 

in GEOCARB-type models volcanic emissions (or ‘source-side’ CO2 processes) are the 

dominant control on long-term atmCO2 concentrations and silicate weathering merely 

reacts to volcanically-driven atmCO2 changes, in GEOCLIM-type models ‘sink-side’ CO2 

processes also become an important control if silicate weathering rates or silicate 

weatherability increase in a particular region even if the change is not global. As an 

example, it has been hypothesised that either the emplacement of or continental drift-

driven movement of highly weatherable and extensive Large Igneous Province basalts 

into tropical regions could drive the rapid drawdown of atmCO2 without a globalised 

increase in weathering rates [Kent and Muttoni, 2008, 2013; Schaller et al., 2012, 

2014; Lefebvre et al., 2013]. 

1.3.2 Numerical models of the carbon cycle 

1.3.2.1 History of carbon cycle modelling 

There have been many attempts at incorporating the conceptual models of the 

carbon cycle outlined in Section 1.3.1 into numerical models that are capable of 

successfully capturing both past and future carbon cycle behaviour. The first carbon 

cycle models were developed as simple box models in order to understand conceptually 

the destination of CO2 released by fossil fuel combustion in the ocean-atmosphere 

system [e.g. Bolin and Eriksson, 1959; Craig, 1957; Revelle and Suess, 1957]. These 

models focused on the dissolution of CO2 into the ocean and its speciation once 

dissolved (Section 1.3.1.3) and the role of the marine biosphere (Section 1.3.1.2), and 

thus resolved most of the shorter-term exogenic carbon cycle. Subsequently these 

models were improved and developed to include other elements such as the terrestrial 

biosphere, soils, higher spatial resolution, a dynamic CCD, and climate feedbacks 

[Keeling, 1973; Revelle and Munk, 1977; Siegenthaler and Oeschger, 1978; 

Bjöorkström, 1979; Bolin et al., 1981; Sundquist, 1986; Walker and Kasting, 1992; 

Ridgwell et al., 2007], while more recent models such as LOSCAR and GENIE also 

incorporate sediment processes [Ridgwell and Hargreaves, 2007; Zeebe et al., 2009; 
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Zeebe, 2012]. The incorporation of the climate-weathering feedback [Berner et al., 

1983; Berner, 1991, 1994, 2006; Walker and Kasting, 1992; Berner and Kothavala, 

2001; Donnadieu et al., 2004a, 2004b, 2006; Goddéris et al., 2007] completes the 

carbonate-silicate geochemical cycle and has thus allowed long-term simulations of 

the geological carbon cycle (Sections 1.3.1.4 and 1.3.1.5). Various versions of these 

simple carbon cycle models have been further developed and incorporated into more 

complex Earth system models, which include Earth system models of intermediate 

complexity (EMICs) with moderate resolution and complexity such as GENIE, and the 

comprehensive and high-resolution global climate models (GCMs) that incorporate a 

detailed representation of the carbon cycle. This thesis uses two recently developed 

box models of the carbon cycle that are described in detail below. 

1.3.2.2 JModels 

The JModels (www.noc.soton.ac.uk/jmodels/) were developed as a suite of 

conceptual-type biogeochemical box models to resolve each of the carbon, phosphorus, 

silicon, and nitrogen cycles, with the intention of being as simple as possible to reduce 

model run-time and be easy to use but still capable of resolving all of the major fluxes 

and processes of the respective cycles. The original carbon JModel is based on a 

simple 3-box global ocean (based on Walker and Kasting [1992]) and encompasses the 

carbon and phosphorous cycles. It has been used to investigate the impact of 

anthropogenic emissions on the ocean [Chuck et al., 2005; Tyrrell et al., 2007; Bernie 

et al., 2010] and the origin of δ13C anomalies in the Pleistocene [Hoogakker et al., 

2006]. The carbon JModel includes the carbonate system, air-sea gas exchange, the 

biological pump, calcium carbonate formation and cycling, and carbon isotopes in an 

open system. Although the carbon JModel is useful to check hypotheses on carbon 

cycle perturbations quickly, the lack of a silicate weathering feedback limits its use 

for long-term carbon cycle modelling. In response to this, Merico et al. [2008] 

redeveloped the carbon JModel, hereafter in this thesis referred to as ‘MTW08’, to also 

include the silicon cycle and the climate-weathering feedback in order to study the 

Eocene-Oligocene Transition. MTW08 is described in further detail below. 

1.3.2.3 MTW08 

The ocean in MTW08 is split vertically into surface (the euphotic zone, 0 to 100 

m), middle (the mixed layer above the thermocline, 100 to 500 m), and deep (below the 

thermocline, 500 to 3730 m) boxes (Figure 1-8). As the ocean is global it does not 

resolve latitudinal or regional processes and has a spatially and temporally averaged 

http://www.noc.soton.ac.uk/jmodels/
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input of nutrients, DIC and alkalinity. As illustrated in Figure 1-8, the processes 

controlling the distribution of DIC include ocean-atmosphere CO2 exchange, riverine 

DIC input, CO2 uptake by organisms and its eventual remineralisation and burial, 

precipitation and dissolution of CaCO3, and ocean mixing. Alkalinity is controlled by 

the riverine input of bicarbonate and nitrate, the biological uptake and 

remineralisation of nitrate, the precipitation, dissolution and burial of CaCO3, and 

ocean mixing (Figure 1-8). Carbonate chemistry is controlled by the routines of Zeebe 

and Wolf-Gladrow [2001] (www.soest.hawaii.edu/oceanography/faculty/zeebe_files/ 

CO2_System_in_ Seawater/csys.html), with pH, [CO3
2-], and dissolved CO2 calculated 

at each time-step from DIC and alkalinity. CaCO3 production is linked to Corg 

production via the ‘rain ratio’, which is defined as the molar ratio of particulate 

inorganic carbon (PIC) to particulate organic carbon (POC) export. 

  

Figure 1-8:  Schematic representation of the MTW08 model, illustrating its physical 

scheme (left) and biogeochemical cycling (right) (reproduced and modified from Merico et al. 

[2008] with permission from Nature). The black arrows in the physical scheme represent 

remineralisation and sedimentation fluxes, while in the biogeochemistry scheme the dashed 

black arrows represent export out of the surface ocean and the silicate and carbonate 

feedbacks (dependent on atmCO2 concentration) are indicated by the dashed red arrows. 

Abbreviations: PIC, particulate inorganic carbon; POC, particulate organic carbon; Wcar, 

carbonate weathering (delivering DIC and Alkalinity to the ocean via rivers); Wsil, silicate 

weathering (delivering Alkalinity and silica to the ocean via rivers); KSM and KMD, mixing 

between surface and middle boxes and between middle and deep boxes, respectively.  

http://www.soest.hawaii.edu/oceanography/faculty/zeebe_files/
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The silicate and carbonate weathering processes are parameterised by the 

following equations [Walker and Kasting, 1992]: 

Carbonate Weathering:            
    

         
 
   

          Equation 1- 10 

Silicate Weathering:             
    

         
 

   

          Equation 1- 11 

where   is the initial weathering flux of each parameter,      is the current partial 

pressure of atmCO2,           is the model’s initial partial pressure of atmCO2, and the 

weathering exponent (default set at 1.0 for carbonate weathering and 0.3 for silicate 

weathering) dictates the strength of the feedback. The weathering of Corg-rich rocks 

and the oxidation and release of CO2 from this process is also represented as a 

constant input of CO2 to the atmosphere, as is the emission of CO2 by volcanism. 

MTW08 features fully dynamic calcite and aragonite compensation depths 

(CCD & ACD). The critical carbonate ion concentration ([CO3
2-]crit), below which sea 

water is undersaturated with respect to carbonate, is calculated as a function of depth 

[Jansen et al., 2002]: 

Calcite:     
                                               Equation 1-12 

Aragonite:     
                                               Equation 1-13 

MTW08 calculates the value of deep ocean [CO3
2-] and then uses Equations 1-12 and 

1-13 to calculate the depth at which [CO3
2-]crit = [CO3

2-]. Ocean bathymetry is based on 

the ETOPO5 dataset (ngdc.noaa.gov/mgg/global/etopo5.html), from which the 

proportion of ocean area at different depths was calculated, and each grid cell 

weighted by the cosine of its latitude to prevent bias towards high latitudes. These 

data are then used to calculate the fraction of ocean area above or below the CCD (and 

the ACD), which determines the proportion of the CaCO3 export flux that is either 

buried or dissolved. CaCO3 dissolution in MTW08 is only dependent on the CaCO3 

export flux and the fraction of sea floor receptive to CaCO3 burial, and therefore does 

not take into account any within-sediment processes. As a result, it does not include 

chemical erosion, sediment chemistry, or respiration-driven dissolution (as in Zeebe 

and Westbroek [2003]). This assumption holds well when the ocean is not acidifying 

(as is the case during much of the Cenozoic), but it does not hold as well in an 

acidifying ocean when the chemical erosion of previously deposited CaCO3 in the 

bioturbated portion of sediment becomes more important. Respiratory dissolution can 

also potentially decouple the lysocline from the saturation horizon [Sigman et al., 

1998] but is not included in MTW08. 

http://www.ngdc.noaa.gov/mgg/global/etopo5.HTML
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For Chapter 3 the impact of changes in the ocean [Mg2+]/[Ca2+] ratio on ocean Ω 

has also been added as the EOT is hypothesised to feature significant changes in 

[Ca2+]. To do this the estimated impact of the [Mg2+]/[Ca2+] ratio on the stoichiometric 

solubility product of calcite and aragonite and the dissociation constants of carbonic 

acid are incorporated into the model [Ben-Yaakov and Goldhaber, 1973; Mucci and 

Morse, 1984; Tyrrell and Zeebe, 2004]. More advanced formulations of the impact of 

[Mg2+]/[Ca2+] on carbonate chemistry have recently been developed [Hain et al., 2015], 

but this formulation has not yet been included into MTW08. 

Phytoplankton in MTW08 are split between silicifying (diatoms) and non-

silicifying (others) plankton (Figure 1-8). Phosphorus is used as the primary nutrient 

of both plankton groups in MTW08 (as it is assumed to be the ultimate limiting 

nutrient [Tyrrell, 1999]), while the diatom group is also dependent on silica. MTW08 

takes account of the impact of plankton ‘vital effects’ on the difference between their 

δ13C and DIC using the following equation [Spero et al., 1997]: 

                            
                     Equation 1-14 

The CO2 effect on the δ13C of POC, known as the photosynthetic isotope effect, is also 

accounted for [Hofmann et al., 1999]: 

                
    

  
                                        Equation 1-15 

Compared to other, more complex models of the carbon cycle MTW08 has 

several drawbacks. As MTW08 has a 1-dimensional physical structure it is incapable 

of resolving latitudinal or regional processes such as ocean circulation re-organisation, 

the solubility pump, or variable CCDs between different ocean basins. MTW08 also 

lacks any dynamic ocean-atmosphere circulation, a terrestrial biosphere, or an ocean 

sediment component that can capture post-deposition chemical processes and 

carbonate burn-down during ocean acidification. Other issues include the simplistic 

representation of carbonate preservation (either 100 % or 0 % above and below the 

CCD respectively) and of PIC export (fixed to POC export via the rain ratio). 

Nonetheless MTW08 does have several advantages which make it suitable for use in 

this thesis. Despite its simplicity and physical naivety, MTW08 is relatively 

biogeochemically advanced and successfully captures the dynamics of both the short-

term and long-term carbon cycle, and yet also has a relatively fast run-time. This 

makes it particularly well-suited to simulations of carbon cycle perturbations in the 

palaeoclimate record, many of which lasted ~1 million years or more and therefore 

require models with rapid run-times but that still capture the main carbon cycle 
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feedbacks. The inclusion of the phosphorus and silicon cycles and the separation of 

silicifying and calcifying plankton also allows some degree of plankton dynamics. 

Analyses of the sensitivity of MTW08 to parameter selection have demonstrated that 

MTW08 simulation results have been relatively robust to parameter choices [Merico et 

al., 2008; Chapter 2 – Armstrong McKay et al., 2014].  

1.3.2.4 LOSCAR 

The LOSCAR (Long-term Ocean-atmosphere-Sediment CArbon-cycle Reservoir; 

[Zeebe et al., 2009; Zeebe, 2012]) model is also used in this thesis in Chapter 2 in 

conjunction with MTW08 so that the results of MTW08 can be compared and 

contrasted with a carbon cycle model with a differing configuration and set of 

assumptions. As with MTW08, LOSCAR is a carbon cycle box model (also based on 

Walker and Kasting [1992]), but LOSCAR is also coupled to a computationally-

efficient sediment module to simulate the fate of buried carbonate better (from Zeebe 

and Zachos [2007]). The sediment module calculates %CaCO3 in the bioturbated 

section of sediment (typically the upper 8 cm) as a function of CaCO3 rain, dissolution, 

burial, and chemical erosion. LOSCAR also splits the ocean into several basins, 

including the Atlantic, Pacific, Indian, high-latitude, and (if set up in the 

Palaeocene/Eocene configuration) Tethys oceans, each of which (except high-latitude) 

are in turn split into surface, intermediate and deep boxes (Figure 1-9). 

 

Figure 1-9:  Schematic of the LOSCAR model in its Palaeocene/Eocene configuration 

(reproduced from Zeebe [2012] under Creative Commons Attribution 3.0 licence). The global 

ocean is split into the Atlantic (A), Indian (I), Pacific (P), Tethys (T) and High-latitude (H) 

oceans, of which all except the latter are split into surface (L), intermediate (M) and deep (D) 

boxes. Weathering fluxes (w), gas exchange (g) with the atmosphere (Atm), and burial/erosion 

in sediment (Sed.) are indicated. 
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LOSCAR includes complete biogeochemical cycles of carbon (including both 12C 

and 13C), alkalinity, phosphate, and oxygen, but not of silicon and therefore does not 

resolve silicifying plankton separately from other plankton as in MTW08. Carbonate 

chemistry parameters are calculated from the DIC and Alkalinity parameters using 

the algorithms of Zeebe and Wolf-Gladrow [2001]. Long-term atmCO2 regulation is 

achieved via parameterising weathering rates as a function of atmCO2 concentration, 

as in MTW08 (but with differing weathering exponent parameters). LOSCAR has 

been used to model the carbon cycle perturbations during the Palaeocene-Eocene 

Thermal Maximum, the Mid-Eocene Climatic Optimum and the K/Pg boundary [Zeebe 

et al., 2008, 2009; Sluijs et al., 2013; Tyrrell et al., 2015].  
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1.4 Thesis aims and structure 

1.4.1 Key research questions 

It is clear that the Earth’s transition from greenhouse to icehouse climate 

conditions during the Cenozoic was closely related to changes in the carbon cycle. 

Significant perturbations to the carbon cycle accompany most of the major Cenozoic 

climate events, indicating a tightly coupled carbon-climate system. However, the 

relationship between many of these carbon cycle perturbations and both the climate 

event with which they coincide and the longer-term Cenozoic cooling trend is still 

uncertain. In particular, the drivers of the carbon cycle perturbations during the 

Eocene-Oligocene Transition and the mid-Miocene, their impact on the climate 

system, the role of tipping points during these periods, and the impact of declining 

shelf carbonate burial on the carbon cycle all remain debated. By investigating the 

Earth system response to Cenozoic carbon cycle and climate perturbations using 

numerical modelling and analysis, this thesis aims to explore the following key 

research question:  

What were the drivers of carbon-climate system perturbations during the Cenozoic? 

This overarching question can be further split into several pending research questions 

that will be focused on and addressed in this thesis: 

1. Were Large Igneous Provinces capable of significantly impacting the carbon-

climate system during the Cenozoic? 

2. Was the Miocene Climatic Optimum driven by emissions from the Columbia 

River Basalt large igneous province eruptions? 

3. To what extent did shelf-basin carbonate burial fractionation drive the 

deepening of the carbonate compensation depth at the Eocene-Oligocene 

Transition and during the rest of the Cenozoic? 

4. Did processes other than carbonate burial fractionation contribute to the 

Eocene-Oligocene Transition carbon cycle perturbation? 

5. Why has the carbonate compensation depth remained relatively deep and stable 

since the Eocene Oligocene Transition? 

6. Were the main Cenozoic carbon-climate perturbations the result of tipping 

points being reached in the carbon-climate system, and are they preceded by 

‘early warning signals’ in the palaeorecord? 

7. How reliable is early warning signal analysis when used on palaeorecords? 
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1.4.2 Thesis structure 

This thesis tackles the questions outlined in Section 1.4.1 over the course of the 

next four chapters. Chapter 2 investigates the potential biogeochemical and climate 

impact of the Columbia River Basalt eruptions during the Miocene Climatic Optimum 

using both MTW08 and LOSCAR. In Chapter 3 the relationship between the 

glaciation at the Eocene-Oligocene Transition and the associated carbon cycle 

perturbation is explored using MTW08. Chapter 4 examines the relationship between 

shelf carbonate burial extent, the carbonate compensation depth, and changing sea-

level in order to investigate and quantify the shelf-basin carbonate burial 

fractionation hypothesis. In Chapter 5 palaeorecords across various Cenozoic carbon-

climate perturbations are analysed in order to find evidence of early warning signals 

that might yield information on the nature of these events, and the utility of this 

method when applied to palaeorecords evaluated. Finally, in Chapter 6 the findings of 

this thesis and the further questions it gives rise to are discussed and summarised. 
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Chapter 2:   

Estimating the impact of the cryptic 

degassing of Large Igneous Provinces: A 

mid-Miocene case-study 

In this chapter the potential impact of the ‘cryptic degassing’ of the Columbia 

River Basalt eruptions during the mid-Miocene is investigated using two 

biogeochemical models. This chapter is a reproduction of an article published in Earth 

and Planetary Science Letters: “Armstrong McKay, D. I., T. Tyrrell, P. A. Wilson, and 

G. L. Foster (2014), Estimating the impact of the cryptic degassing of Large Igneous 

Provinces: A mid-Miocene case-study, Earth and Planetary Science Letters, 403, 254–

262, doi:10.1016/j.epsl.2014.06.040”1. Supporting online-only information is included 

at the end of this chapter (Section 2.8). 

2.1 Abstract 

Large Igneous Provinces (LIPs) have been emplaced throughout Earth's 

history, erupting great quantities (>104 km3) of lava in long-lived (>105 y) events that 

have been linked to major environmental disruptions. The largest LIP eruptions (e.g. 

Siberian Traps) are widely considered to have had an impact on global climate 

through basalt CO2 degassing but the impact of the more numerous smaller LIPs is 

debated. Here we test the hypothesis that LIPs had a greater impact on Earth’s 

climate history than previously estimated because of the ‘cryptic degassing’ of 

intruded and crust-contaminated magma, injecting extra CO2 over and above that 

coming from sub-aerial basalts. We use biogeochemical box models to investigate the 

potential impact of the Columbia River Basalts (CRB) during the mid-Miocene where 

                                            

 

 

1 Some minor edits have been made to this chapter from the published article, 

including a corrected error in a label on Figure 2-1, clarifications to small parts of Sections 

2.5.1 and 2.5.2 in order to provide additional detail in the explanation of model results, and the 

harmonisation of terminology with the rest of this thesis. 
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multiple palaeorecords for this geologically relatively recent event enable more 

rigorous data-model comparison. We find that the effect on the long-term carbon cycle 

of basalt degassing from the CRB alone is negligible, but that a total CRB emission of 

4090-5670 Pg of carbon with 3000-4000 Pg of this carbon emitted during the Grande 

Ronde Basalt eruptions, a flux within the acceptable estimated range when cryptic 

degassing is included, does well in reproducing the record of benthic δ13C and 

atmospheric CO2 change during the core of the Miocene Climatic Optimum. 

Nevertheless, mechanisms other than degassing are required to drive observed 

warmth before 16.3 Ma and to match observed carbonate compensation depth 

behaviour after ~15.4 Ma. Hence, our findings rule out the possibility that CRB 

emplacement alone can fully explain the mid-Miocene record but they demonstrate 

the enhanced climate impact that occurs when substantial cryptic degassing 

accompanies LIP emplacement. 

2.2 Introduction 

Large Igneous Provinces (LIPs) erupt great quantities of lava during long-lived 

events that can release significant volumes of carbon into the ocean-atmosphere 

system [Coffin and Eldholm, 1994; Courtillot and Renne, 2003; Ernst et al., 2005; 

Bryan and Ernst, 2008]. While the LIPs with the largest volumes (e.g. the Siberian 

Traps or the Central Atlantic Magmatic Province) are widely accepted to have 

triggered episodes of carbon cycle perturbation, global warmth and ecological crisis 

[Wignall, 2001, 2005; Grard et al., 2005; Sobolev et al., 2011], the case for LIPs with 

smaller (≤2x106 km3) volumes (e.g. the Deccan Traps or the Columbia River Basalt), 

emitting sufficient CO2 to cause a significant global impact is a subject of debate 

[Caldeira and Rampino, 1990; Taylor and Lasaga, 1999; Self et al., 2006; Diester-

Haass et al., 2009; Kender et al., 2009]. However, estimates of LIP CO2 emissions 

often do not take into account all of the potential sources of excess or ‘cryptic’ 

degassing, which include the often extensive volume of intrusive magma emplaced 

beneath LIPs [Grard et al., 2005; Menand and Phillips, 2007; Shinohara, 2008; 

Karlstrom and Richards, 2011], the metamorphic degassing of carbon-rich country 

rocks [Svensen et al., 2004, 2009; Erwin, 2006; Retallack and Jahren, 2008; Ganino 

and Arndt, 2009, 2010; Aarnes et al., 2011b; Iacono-Marziano et al., 2012], and the 

potential impact of the recycling of mafic crust into the LIP magma source [Sobolev et 

al., 2011]. These considerations imply that, under favourable circumstances, many 

LIPs may have a greater climatic impact than is widely accepted. Here we present the 
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results of a feasibility study to quantify the potential additional impact on the long-

term carbon cycle and climate of cryptic degassing using the mid-Miocene Columbia 

River Basalt (CRB) event for which multiple high-resolution palaeorecords are 

available. 

 

Figure 2-1: Comparison of palaeorecords between 10 and 22 Ma of: benthic foraminifera a) 

δ13C (green dots) and b) δ18O (blue dots) compilations and their secular trends (solid blue/green 

lines illustrate the 100-point moving average) [Zachos et al., 2008], c) equatorial Pacific CCD 

palaeodepth (solid red line [Pälike et al., 2012]), and d) atmospheric CO2 reconstructed using 

boron (orange crosses [Foster et al., 2012]), alkenone (orange triangles [Zhang et al., 2013]), 

stomata and palaeosol (orange circles and diamonds, respectively [Beerling and Royer, 2011]) 

based techniques with the 400 ppm level marked by the dashed black line. The durations of 

the Miocene Climatic Optimum (MCO), mid-Miocene Climate Transition (MMCT), Monterey 

Carbon Isotope Excursion (MCIE), and Columbia River Basalt (CRB) main eruption phase 

(with the minor Saddle Mountain eruptions shown by dotted arrow) and the Grande Ronde 

Basalt (GRB) eruptions are illustrated. Perturbations to the palaeorecords at ∼18.0, ∼16.0 and 

∼14.0 Ma are highlighted by the orange and red bars, with the red bar marking the 

perturbation which is the focus of this study and shown in greater detail in Figure 2-3. 
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2.3 The mid-Miocene and the Columbia River Basalt 

eruptions 

Published composite records of benthic stable isotope and CaCO3 accumulation 

presented in Figure 2-1 indicate broadly contemporaneous anomalies (carbonate 

compensation depth (CCD) shoaling, benthic δ13C maximum, benthic δ18O minimum, 

ice sheet extent minimum) in the long-term carbon cycle and climate system during 

the early to middle Miocene, including the Monterey Carbon Isotope Excursion 

(MCIE) and Miocene Climatic Optimum (MCO) [Vincent and Berger, 1985; Billups 

and Schrag, 2003; Zachos et al., 2008; Passchier et al., 2011; Pälike et al., 2012]. These 

marked perturbations occurred at about the same time as the onset of the 

emplacement of the bulk of the CRB in the Cascadia region of North America over 

multiple eruption phases between ~16.8 and 15.0 Ma [Hooper, 1988, 1997; Barry et 

al., 2010, 2013; Baksi, 2013; Reidel et al., 2013b; Wolff and Ramos, 2013] (Figure 2-2), 

with the initiation of the CRB eruptions coinciding with the core of both the MCO and 

the MCIE (Figure 2-1). In detail, the peak of the carbon cycle perturbation occurs ca. 

16.0 Ma (Figure 2-3), coinciding with the eruption, between 16.3 and 15.9 Ma, of the 

~152,000 km3 Grande Ronde Basalt (GRB) formation over ~400 ky (responsible for 

~70% of the CRB; Figure 2-2 [Barry et al., 2013; Reidel and Tolan, 2013; Reidel et al., 

2013b; Wolff and Ramos, 2013]). Using a Gaussian filter to remove signals below 420 

ky in the benthic foraminifera δ13C palaeorecord from ODP Site 1146 reveals a + 0.3 

‰ excursion in the secular trend of benthic δ13C between 16.3 and 15.8 Ma (Figure 

2-3, panel a) [Holbourn et al., 2007]. Atmospheric CO2 reconstructions feature 

elevated CO2 during the MCO, perhaps peaking between 16.3 Ma and 15.8 Ma at 400-

500 ppmv despite evidence of increased organic carbon burial during the Monterey 

Excursion, and then declining by ~13.9 Ma (Figure 2-3, panel c) [Vincent and Berger, 

1985; Kürschner et al., 2008; Foster et al., 2012; Zhang et al., 2013]. The CCD also 

deepens by ~300 m in the equatorial Pacific at ~16.0 Ma, which has been suggested to 

represent a recovery from an equatorial “carbonate famine” hypothesised to have 

caused the CCD to initially shoal at ~18.0 Ma (Figure 2-1; Figure 2-3, panel b) [Lyle, 

2003; Lyle et al., 2010; Pälike et al., 2012]. These correlations have led some authors 

to invoke CRB activity as the main driver of mid-Miocene climate change [e.g. Hodell 

and Woodruff, 1994; Kender et al., 2009; Foster et al., 2012]. Others have concluded 

that CRB emissions had a negligible impact on atmospheric CO2 [Taylor and Lasaga, 

1999; Diester-Haass et al., 2009]. 
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Figure 2-2: a) Map illustrating the location and the extent of the Columbia River Basalts 

(CRB), the Grande Ronde Basalt (GRB) formation within the CRB (with the GRB’s thickness 

in metres illustrated by the isopachs), and the GRB’s associated dyke swarms. Figure adapted 

from Reidel et al. [2013b] with permission from the Geological Society of America. b) 

Illustration of the main Columbia River Basalt formations with each formation’s extrusive 

volume (to the nearest 1000 km3 [Reidel et al., 2013b]) and the CRB eruption chronology used 

in this study. 

To investigate the potential importance for Miocene climate of CRB cryptic 

degassing we use model simulations to determine the magnitude and duration of 

carbon emissions necessary to reproduce the observed patterns in benthic δ13C, the 

CCD, and atmospheric CO2 and evaluate the feasibility of these emission scenarios 

against the range of potential emissions calculated for the CRB. 
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Figure 2-3: Palaeorecords of the mid-Miocene climate and carbon cycle. a) Occurrence of 

Antarctic glacial minima and maxima marked by the red and blue bars respectively with ‘Mi-2’ 

and ‘Mi-3’ glaciations labelled [Miller et al., 1991; Passchier et al., 2011; Feakins et al., 2012]. 

Palaeorecords of: b) benthic foraminifera δ13C from IODP site 1146 (green dots) and its secular 

trend (calculated by using a Gaussian filter to remove signals below 420 ky; green line; ∆=0 

pinned at 16.3 Ma) [Holbourn et al., 2007], c) reconstruction of CCD palaeodepth in the 

equatorial Pacific (red line; ∆=0 pinned at 16.3 Ma; [Pälike et al., 2012]), and d) reconstructions 

of atmospheric CO2 based on boron isotopes (orange crosses with orange band for error; [Foster 

et al., 2012]), leaf stomata (orange circles with error bars; [Kürschner et al., 2008]), and 

alkenone δ13C (orange triangles with error bars; [Zhang et al., 2013]). 

2.4 Materials and Methods 

2.4.1 Modelling 

We use two biogeochemical box models to simulate the carbon emissions 

necessary to drive the changes seen in the palaeorecord: i) the model of Merico et al. 

[2008] (hereafter referred to as MTW08), and ii) the LOSCAR model [Zeebe et al., 

2009]. MTW08 is an open system model containing all the major fluxes and processes 

in the carbon, phosphorus, and silicon cycles, including the carbonate system, air-sea 
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gas exchange, the organic matter pump, CO2 drawdown by silicate weathering, 

calcium carbonate formation and cycling, and carbon isotopes [Merico et al., 2008]. In 

contrast, LOSCAR (the Long-term Ocean-atmosphere-Sediment CArbon cycle 

Reservoir model) includes a simplified phosphorous cycle and no silicon cycle but 

includes a sediment component coupled to the ocean-atmosphere routines, allowing 

the carbonate system to be better represented by including dissolution processes 

within the sediment column [Zeebe et al., 2009; Zeebe, 2012]. LOSCAR also includes 

regional boxes for each ocean basin in contrast to the global ocean of MTW08, 

providing a better comparison to the Pacific-focused palaeorecords used in this study. 

Both models are limited by low spatial resolution, uncertainties in mid-Miocene 

estimates for model parameters, and the lack of dynamic ocean, atmosphere and 

terrestrial biosphere components. Both models are tuned with estimates for mid-

Miocene parameters (Supporting Tables 2-3 to 2-5) and then perturbed by CRB 

emission scenarios with varying increases in volcanic baseline emissions above the 

model baseline. MTW08 is also used to simulate the impacts of fresh basalt 

weathering through additional inputs of phosphorus and silicon, which we estimate 

are increased by 1.5 and 2.2 % respectively above baseline inputs during the GRB 

eruptions before declining to 0.1% above baseline over the next 500 ky as the most 

reactive basalt is weathered away [Taylor and Lasaga, 1999] (Table 2-1). 

 

 

Table 2-1 

Estimated liberation rates of silicon and phosphorus due to the chemical weathering of the 

freshly emplaced basalts of the CRB and the estimated resultant increase in baseline silicon 

and phosphorus input to the ocean over 400 ky during the GRB eruptions 

 

Estimate 
Chemical 

weathering rate 
(t km

-2 
y

-1
)
a
 

Si liberation  
rate 

(mol km
-2 

y
-1

)
b
 

P liberation 
rate 

(mol km
-2 

y
-1

)
d
 

GRB Si release 
(% MTW08 
baseline)

c
 

GRB P release 
(% MTW08 
baseline)

c
 

Modern CRB 24.2 3.0x10
10

 2.4x10
3
 0.9 1.3 

Mid-Miocene 
CRB (‘fresh’ 
basalt effect) 

64.0 8.0x10
10

 8.9x10
3
 2.3 3.5 

Resultant 
surplus

e
 

39.8 5.0x10
10

 5.6x10
3
 1.5 2.2 

   
a
   Chemical weathering rates are based on Dessert et al. [2003] and Taylor and Lasaga [1999] 

   
b
   Silicon liberation rates based on Dessert et al. [2003] 

   
c
   MTW08 baseline riverine Si and P input listed in Supporting Information

 

   
d
   Phosphorus liberation rates based on scaling Japanese basalt weathering rates [Hartmann and 

Moosdorf, 2011] to the chemical weathering rate 
   

e
   Surplus P and Si release simulated during the basalt eruptions before decreasing at a constant 

rate to ~0.1% by 15.1 Ma to represent declining ‘freshness’ [Taylor and Lasaga, 1999] 
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2.4.2 MTW08 sensitivity analyses 

 After finding an emission scenario that produces the closest match to the 

palaeorecords we performed various sensitivity analyses in order to judge the 

sensitivity of our results to our chosen model parameter settings. To establish the 

impact of the strength of climate-weathering feedbacks on our results the strength of 

the climate-weathering feedback in MTW08 is varied. CO2-dependent weathering in 

MTW08 is formulated as in Walker and Kasting [1992]: 

                          
  

        Equation 2-1 

                          
          Equation 2-2 

where Wcar and Wsil are the current carbonate and silicate weathering rates, fcar and 

fsil are the initial carbonate and silicate weathering flux, CO2(ini) is the initial 

atmospheric CO2,    is the carbonate weathering exponent and is 1.0 in MTW08 and 

0.4 in LOSCAR, and    is the silicate weathering exponent and is 0.3 in MTW08 and 

0.2 in LOSCAR. By repeating our best-fit simulations with different carbonate and 

silicate weathering exponent values we can analyse the sensitivity of our results to 

the strength of the climate-weathering feedback used in MTW08. The sensitivity of 

our results to other key parameters in MTW08, including carbonate and silicate 

weathering, deep ocean mixing, the rain ratio, and sediment carbon burial, is also 

analysed by calculating a sensitivity index using the formula: 

   
       

       
            Equation 2-3 

where S is the sensitivity index, p the parameter value, Y the model results for p, and 

' denotes the parameter value and model results after the ± 10 % change in p 

[Haefner, 1996]. A sensitivity index value of S ≤ ±0.5 indicates that the variable Y is 

robust with respect to changes in the parameter p, whereas Y is sensitive to changes 

in p if S >> ±1. We also vary the isotopic value of volcanic emissions from the typical 

value of -4 ‰ (Supporting Table 2-5) in order to analyse the sensitivity of our results 

to the volcanic carbon δ13C parameter. 

2.4.3 Eruption chronology 

There are several different eruption chronologies proposed for the CRB 

eruptions based on different dating methods. Data from 40Ar/39Ar and K/Ar dating 
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suggests that the GRB erupted between 15.99 ±0.20 Ma and 15.57 ±0.15 Ma [Barry et 

al., 2010, 2013], but these dates are subject to relatively large errors and the 

methodology behind these dates has been criticised for potentially underestimating 

ages [Baksi, 2013; Wolff and Ramos, 2013]. Recent re-dating of the geomagnetic 

polarity time scale and in particular the “Steens reversal” instead indicates the GRB 

eruption must have started at 16.29 ±0.07 Ma and lasted 400-500 ky [Jarboe et al., 

2010; Baksi, 2013; Wolff and Ramos, 2013]. The pre-GRB Steens and Imnaha 

eruptions are estimated to have begun between 16.9 and 16.4 Ma, while the 

Wanapum eruptions are estimated to have either erupted slowly over 600-800 ky up 

to as late as 14.5 Ma or to have been rapidly erupted by as early as 15.78 ± 0.06 Ma 

[Jarboe et al., 2010; Baksi, 2013; Barry et al., 2013; Wolff and Ramos, 2013]. In this 

study we base our simulated eruptions primarily on the eruption chronology 

summarised by Wolff and Ramos [2013], with the Steens and Imnaha basalts 

erupting between 16.8 and 16.3 Ma and the GRB between 16.3 and 15.9 Ma, although 

we simulate the Wanapum basalts erupting between 15.6 and 15.0 Ma instead of 15.3 

to 14.5 Ma [Barry et al., 2013] (Figure 2-2, panel b). We also note that cryptic 

degassing could have begun while magma migrated through the intrusive sill-dike 

complex prior to surface eruptions, a scenario which has been hypothesised to have 

occurred up to several hundred thousand years prior to the Siberian Traps eruption 

[Wolff et al., 2008; Sobolev et al., 2011; Wolff and Ramos, 2013]. This could result in 

the timing of cryptic degassing differing from that of the basalt eruptions, which 

means that it is therefore possible that the GRB eruptions could have started as late 

as 16.0 Ma but its cryptic degassing may still have begun at ~16.3 Ma. In this study 

we can constrain the timing of significant cryptic degassing from the observed 

palaeorecord perturbations, but constraining the extrusive eruption chronology is 

challenging as the impact of these emissions on the palaeorecords is likely to be 

negligible relative to the impact of cryptic degassing. 

2.4.4 Cryptic degassing estimates 

We define cryptic degassing as the emissions from a LIP beyond the degassing 

of just its sub-aerial basalts and which are therefore more difficult to constrain and 

often only partially considered when estimating LIP emissions. Our primary method 

for estimating cryptic degassing is by estimating the release of CO2 from intrusive, 

non-erupted magma as well as from sub-aerial basalts. This degassing is calculated by 

assuming an average basaltic CO2 content of 0.2-0.5 wt% and 70-80 % degassing 
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efficiency, yielding a minimum of 1.1 Tg C km-3 in our low degassing scenario and a 

maximum of 3.1 Tg C km-3 in our high degassing scenario (Table 2-2) [Self et al., 2006; 

Shinohara, 2008]. We assume that all of this CO2 can reach the atmosphere via either 

surface fissure eruptions, fracture-fault systems present in the Columbia Basin before 

the eruption of the CRB, or fracturing around intrusive bodies triggered by 

devolatilisation-induced overpressure [Aarnes et al., 2012; Reidel et al., 2013a]. Sub-

aerial emissions are calculated as the degassing from erupted basalts only, intrusive 

emissions are calculated as the degassing from the intrusive volume associated with 

the CRB, and total emissions include both sources. In the case of the GRB the 

extrusive volume is well constrained at ~152,000 km3 out of a total CRB volume of 

~207,000 km3 [Bryan and Ernst, 2008; Reidel et al., 2013b], while estimates of the 

intrusive volume associated with the CRB range from an equivalent intrusive to 

extrusive volume implied by petrologic modelling [Wolff and Ramos, 2013] up to 

~1,125,000 km3 estimated from seismic refraction profiles [Coffin and Eldholm, 1994], 

giving a total CRB magma volume of between 420,000 and 1,335,000 km3. Intrusive 

magma degassing is more difficult to estimate than extrusive degassing though, and 

as a result this introduces additional uncertainty to our estimates of total magma 

degassing [Yoshimura and Nakamura, 2012]. We define the ratio of the total 

emissions to just the extrusive emissions as the Emissions Amplification Factor 

(EAF), which based on our estimates is 2.0 to 6.4 for both our low and high degassing 

emission scenarios (Table 2-2). The emissions used in our simulations for each CRB 

formation are calculated by scaling the emission estimates for the whole CRB by the 

relative extrusive volume of these formations. 

CRB magma may have also been further enriched in CO2, H2O, and other 

volatiles beyond the levels we assume in our calculations above due to crustal 

contamination of the magma feeding the eruptions, a process which Sobolev et al. 

[2011] suggests caused significant additional degassing from the Siberian Traps. Both 

petrological studies and simulations of the origins of the CRB indicate that the 

magma feeding the CRB is likely to have experienced similar crustal contamination 

and potential volatile enrichment prior to the GRB eruptions [Camp and Hanan, 

2008; Wolff et al., 2008; Liu and Stegman, 2012; Ramos et al., 2013; Rodriguez and 

Sen, 2013; Wolff and Ramos, 2013], indicating that a similar amplification of 

emissions as hypothesised for the Siberian Traps may have occurred during the CRB 

eruptions. We crudely approximate the impact of these potential additional emissions 

simply by scaling the crust-contaminated emissions of the Siberian Traps 

hypothesised by Sobolev et al. [2011] (~46,360 Pg C) by the volume of each CRB 
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degassing source relative to the volume of the Siberian Traps (the total CRB being 

~12 % the volume of the Siberian Traps) (Table 2-2). An EAF of 2.0 to 6.4 also applies 

to this crustal-contamination emission scenario. 

An additional source of cryptic degassing beyond magma degassing is the 

metamorphism of the country rock, which is hypothesised to have caused large-scale 

emissions during other LIPs [e.g. Svensen et al., 2004]. The scale of country rock 

metamorphosis associated with the CRB is partly obscured by the complex geology of 

the Columbia Basin, but the presence of carbonates, natural gas, and coal in parts of 

the basin all point to a potentially significant source of additional carbon [Lasmanis, 

1991; LaMaskin et al., 2011]. Significant country rock degassing has been simulated 

to result from the intrusion of sills through various different lithologies, with a ~15 m 

thick sill intruding through organic-rich shale predicted to release ~1700 kg CH4 per 

m2 of sill extent [Aarnes et al., 2011a, 2011b]. These simulations also suggest that 

metamorphic degassing of limestone and shale primarily releases CH4 rather than 

CO2 and so could further amplify the CRB’s short-term warming potential, while the 

presence of evaporites could also lead to the release of ozone layer-damaging methyl 

chloride. If we assume that the Chief Joseph and Monument fissure-dykes that the 

GRB erupted from were fed by an underlying sill as part of a shallow dyke-sill 

complex (covering an area of ~100,000 km2 for the Chief Joseph swarm; Figure 2-2 

panel a [Wolff et al., 2008; Reidel et al., 2013a; Rodriguez and Sen, 2013; Wolff and 

Ramos, 2013]), then this sill would yield metamorphic degassing emissions of up to 

~1100 Pg C if the sill was intruded through coal, ~280 Pg C through limestones and 

~2400 Pg C through organic-rich shale, while further metamorphic degassing would 

be expected from country rock dissected by the fissure dykes linked to this sill [Aarnes 

et al., 2011b]. However, the extent of sills underlying the CRB and the total number, 

length and depth of the dykes of the Chief Joseph, Monument, and other smaller dyke 

swarms remain poorly constrained, making it difficult to accurately estimate 

metamorphic degassing for the CRB. As a result we cautiously estimate that 

metamorphic degassing could yield on the order of an additional ~102 to 103 Pg of 

carbon, which would further amplify the maximum CRB cryptic degassing beyond our 

estimates in Table 2-2. 
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Table 2-2 

Carbon emission estimates for the entire Columbia River Basalt for different degassing 

scenarios and sources, and the resultant range of the Emission Amplification Factor (EAF) for 

the CRB. 

 

Emission 
scenario 

Emissions for each degassing source (Pg C) 

Minimum 
EAF 

Maximum 
EAF

c
 

Sub-aerial 
basalts 
(SAB) 

Minimum 
intrusive 
magma 

Maximum 
intrusive 
magma 

Minimum 
total 

magma 

Maximum 
total 

magma 

Low degassing
a
 230 230 1240 460 1470 

2.0 6.4 High degassing
a
 650 650 3500 1300 4150 

Crust-
contaminated

b
 

970 970 5220 1940 6190 

   
a
   Low (0.2 % wt. CO2, 70 % efficient) and high (0.5 % wt. CO2, 80 % efficient) degassing 

estimates based on Self et al. [2006] and Shinohara [2008].  
   

b
   Crust-contamination emissions scaled from hypothesised Siberian Traps emissions of Sobolev 

et al. [2011] by relative volume.  
   

c
   Metamorphic degassing (e.g. Svensen et al. [2004]) is also likely to have been significant 

enough to add to further amplify emissions beyond this value but this impact is currently poorly 
constrained. 
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2.5 Results and Discussion 

 
Figure 2-4: The main results of our MTW08 and LOSCAR simulations compared against 

mid-Miocene palaeorecords. a) Occurrence of Antarctic glacial minima and maxima marked by 

the red and blue bars respectively with the Mi-2 and Mi-3 glaciations labelled [Miller et al., 

1991; Passchier et al., 2011; Feakins et al., 2012]. Model results relative to steady-state values 

of: b) benthic δ13C (benthic foraminifera in MTW08, deep ocean DIC in LOSCAR), c) CCD 

palaeodepth (global in MTW08, Pacific in LOSCAR), and d) atmospheric CO2 for our sub-aerial 

basalt degassing only simulation in MTW08 (green line), our best-fit MTW08 simulation (dark 

blue line, with additional run with post-CRB glaciation effects shown by the light blue line), 

and our best-fit LOSCAR simulation (red line); plotted against palaeorecords (with ∆=0 pinned 

to either models’ steady-state value at 16.3 Ma for the relevant model output; presented here 

in black for clarity instead of the colours shown in Figure 2-3) of: b) benthic foraminifera δ13C 

from IODP site 1146 (black dots) and its secular trend (black line [Holbourn et al., 2007]), c) 

reconstruction of CCD palaeodepth in the equatorial Pacific (black line [Pälike et al., 2012]), 

and d) reconstructions of atmospheric CO2 based on boron isotopes (black crosses, grey band 

for error [Foster et al., 2012]), leaf stomata (black circles with error bars [Kürschner et al., 

2008]), and alkenone δ13C (black triangles with error bars [Zhang et al., 2013]). e) Volcanic 

emissions scenario for the best-fit MTW08 scenario divided according to CRB formation and 

emission source (cryptic degassing, red; sub-aerial basalt degassing, dark red). 
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2.5.1 Modelled emission scenario 

In Figure 2-4 we compare palaeorecords with model simulations for δ13C, CCD 

and atmospheric CO2. We find that sub-aerial basalt degassing alone has a negligible 

effect in our simulations, but that adding cryptic degassing results in excursions 

similar to those seen in the palaeorecords. In some respects these results are counter-

intuitive because they simulate: 1) a deepening of the CCD despite increasing 

atmospheric CO2, and 2) a positive benthic δ13C excursion despite the release of 

isotopically light (-4 ‰) volcanic carbon. The CCD result is attributable to the 

emission of carbon over a long (>10 ky) time-scale acting to stimulate increased 

terrestrial carbonate weathering such that the increased flux of alkalinity to the 

ocean overcompensates for the initial reduction in [CO3
2-] driven by ocean acidification 

(Figure 2-5). The increase in benthic δ13C is driven by a combination of the climate-

driven long-term increase in carbonate weathering increasing the overall δ13C of 

weathered carbon entering the ocean [Payne and Kump, 2007], and partially by the 

increased burial of organic carbon (Corg) (due to increased productivity with increased 

riverine phosphorus delivery) with a decreased δ13C value in response to increasing 

CO2 as a result of the photosynthetic isotope effect [Kump and Arthur, 1999] (Figure 

2-5 and Figure 2-6). The burial of this light Corg helps to counteract the further impact 

of the isotopically light volcanic carbon, and combined with increased carbonate 

weathering input leaves dissolved inorganic carbon and thus benthic foraminifera 

enriched in 13C. Crust-contaminated magma, however, is predicted to emit CO2 with 

an isotopic value of -12 ‰ [Sobolev et al., 2011] while country rock emissions can vary 

from 0 to 1.5 ‰ (from carbonates) to -20 to -50 ‰ (from shales, Supporting Table 2-5 

[Svensen et al., 2004; Ganino and Arndt, 2009]). Our sensitivity analysis of volcanic 

δ13C illustrates that giving volcanic carbon an isotopic value of -12 ‰ results in a δ13C 

excursion similar to but slightly larger than in our best-fit simulation in MTW08 

(Supporting Figure 2-7), indicating that our main conclusions are not particularly 

sensitive to uncertainty in this parameter. 
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Figure 2-5: Simulation results in MTW08 of: a) carbonate weathering flux, b) deep ocean 

carbonate ion concentration, and c) change in CCD (relative to 16.3 Ma) for our best-fit 

MTW08 emissions scenario illustrated in panel d) (dark blue line, with additional run with 

post-CRB glaciation effects shown by the light blue line). 

 

Figure 2-6: Simulation results in MTW08 of: a) Particulate Organic Carbon (POC) burial 

rates, b) POC δ13C, and c) change in benthic δ13C (relative to 16.3 Ma) for our best-fit MTW08 

emissions scenario illustrated in panel d) (dark blue line, with additional run with post-CRB 

glaciation effects shown by the light blue line). Note the difference between the rate of 

decrease in POC δ13C and the rate of increase in POC burial. 
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We find that in MTW08 an emission scenario of 1000 Pg C from the Steens and 

Imnaha eruptions, 3500 Pg C from the GRB eruptions, and 280 Pg C from the 

Wanapum eruptions fit the palaeorecords prior to 15.4 Ma best, while in LOSCAR the 

best fit is found with slightly reduced emissions of 850 Pg C from the Steens and 

Imnaha eruptions, 3000 Pg C from the GRB eruptions, and 240 Pg C from the 

Wanapum eruptions. The difference between the LOSCAR and MTW08 emission 

scenarios is primarily the result of the additional basalt weathering applied in 

MTW08, which implies that ~790 Pg C is drawn down by the weathering of fresh 

basalt during the CRB eruptions. Taking weathering uncertainties into account we 

estimate that a total CRB emission of 4090-5670 Pg C (an EAF of 6.3 to 8.7 based on 

the high degassing scenario or 4.2 to 5.8 based on the crust-contaminated scenario), 

with 3000 to 4000 Pg C of this emitted during just the GRB eruptions, best fits the 

palaeorecords. This emission range falls within the upper end of the range 460 to 

6190 Pg C that we calculate to be feasible for the CRB (Table 2-2), demonstrating that 

a major perturbation to the long-term carbon cycle and climate can only be achieved 

by invoking high degassing rates and a major contribution from cryptic degassing. 

Sensitivity analysis of the impact of the strength of the climate-weathering feedback 

indicates that although our results are moderately sensitive to the strength of this 

feedback (Supporting Figure 2-8) it has to be significantly different from the values 

used in MTW08, LOSCAR and other models to significantly affect our results [Walker 

et al., 1981; Walker and Kasting, 1992; Merico et al., 2008; Zeebe, 2012]. Sensitivity 

analysis of the impact of our choice of model parameters also indicates that our 

results are also moderately sensitive to the silicate weathering rate and sediment 

burial fraction of carbon export parameters in MTW08 (Supporting Figure 2-9), but 

this sensitivity has a negligible impact on the overall result of requiring CRB carbon 

emissions greater than that possible from just sub-aerial basalt degassing in order to 

match the palaeorecords. 

2.5.2 The CCD and the mid-Miocene Climate Transition 

Both models fail to create the sustained CCD deepening seen in the 

palaeorecords, suggesting that some other mechanism drove part or all of the CCD 

deepening after ~15.4 Ma. A sustained CCD deepening can successfully be simulated 

through a combination of a shift in carbonate burial to the deep ocean and increased 

carbonate weathering as a result of either ice sheet growth causing sea level to fall 

and shelf carbonate deposits to be exposed after 15.4 Ma or elevated continental 
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weathering (simulated as a 30 % shelf burial reduction and a 20 % increase in 

carbonate weathering) [Merico et al., 2008; Shevenell et al., 2008; Passchier et al., 

2011; Sandroni and Talarico, 2011; Barry et al., 2013; Kender et al., 2014] (Figure 

2-4). This result implies that the early Miocene CCD shoaling observed in the 

equatorial Pacific could be the result of reduced carbonate weathering rates and 

elevated sea levels associated with the mid-Miocene glacial minima which began at 

~17.6 Ma [Passchier et al., 2011]. Alternatively, the 16.0 Ma deepening could be the 

result of an increase in carbonate productivity after a “carbonate famine” starting at 

18.0 Ma [Lyle, 2003; Pälike et al., 2012], but no process able to drive this 2 My 

reduction of carbonate export has yet been proposed. A decrease in the CaCO3:Corg 

rain ratio would also result in a CCD deepening via a decrease in CaCO3 burial and 

therefore an increase in deep ocean [CO3
2-], but this would also lead to an increase in 

benthic δ13C in contradiction to the observed recovery in benthic δ13C [Kender et al., 

2014]. As a result it is clear that, in our simulations, the permanent CCD deepening 

can be driven by the cooling trend resulting in shelf-basin carbonate burial 

fractionation and elevated carbonate weathering after ~15.4 Ma, but as the initial 

CCD deepening at ~16.0 Ma occurs during a time of relative warmth this suggests 

that the CRB had a role in deepening the CCD earlier than otherwise would have 

occurred [Passchier et al., 2011; Feakins et al., 2012]. On the other hand it is 

important to note that the high-quality CCD records available from the eastern 

equatorial Pacific may not be globally representative, and that as the CCD shoalings 

at ~18.0 Ma and ~10.0 Ma (see Figure 2-1) are unconnected to the CRB it is also 

possible that the ~16.0 Ma deepening may primarily be driven by a different process 

not discussed above. For other LIPs it is therefore likely that they could have also 

triggered a deepening of the CCD, but these deepenings may have been relatively 

transient and so may be difficult to observe in the low-resolution CCD palaeorecords 

currently available. 

2.5.3 Mid-Miocene climate change 

Proxy records and climate model simulations suggest that the warmth of the 

MCO (2 to 4 oC warmer than today) can be largely explained by atmospheric CO2 

concentrations increasing to >400 ppmv [Flower, 1999; Kürschner et al., 2008; You et 

al., 2009; Henrot et al., 2010; You, 2010; Herold et al., 2011; Knorr et al., 2011; Foster 

et al., 2012]. Our simulations show a ~90 ppmv increase from 280 ppmv by 15.9 Ma, 

suggesting that at least some of this increase could have been derived from the CRB. 
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This CO2 increase would have increased radiative forcing by 1.5 Wm-2 by 15.9 Ma 

(based on a CO2 baseline of 280 ppmv), causing a global warming of 0.9 to 1.9 oC 

(assuming a climate sensitivity of 2.2 to 4.8 oC per CO2 doubling [Rohling et al., 2012]) 

compared to the observed mid-Miocene warmth of 2 to 4 oC relative to the Holocene. 

More warming could be achieved either with a higher climate sensitivity including 

slow feedbacks, with a long-term icehouse climate sensitivity of 6 oC per CO2 doubling 

yielding 2.4 oC of warming [Hansen et al., 2008; Park and Royer, 2011], or from 

changes in other boundary conditions such as palaeogeography [You et al., 2009; 

Henrot et al., 2010; Herold et al., 2011]. Although our estimate of CRB-driven 

temperature increase only reaches the lower limit of total mid-Miocene warming it 

does coincide with the second MCO warmth maximum and ice sheet extent minimum 

around 15.7 Ma, implying that the CRB could have helped intensify the MCO and 

delayed the subsequent reglaciation of the Antarctic during the mid-Miocene Climate 

Transition [Billups and Schrag, 2003; Holbourn et al., 2007, 2013; Shevenell et al., 

2008; Passchier et al., 2011; Feakins et al., 2012; Foster et al., 2012]. However, the 

first MCO warmth maximum at ~16.5 Ma pre-dates the simulated onset of the GRB 

cryptic degassing by ~200 ky and is preceded by the relatively small emissions of the 

Steens and Imnaha basalt eruptions, implying that the CRB was not the sole cause of 

the MCO. The timing of the equatorial Pacific CCD deepening also suggests there was 

no major pulse in emissions before ~16.3 Ma as no major changes in the CCD are 

observed between 18.0 and 16.0 Ma. These observations imply that some other 

process may have driven warming independently of the CRB in the early stages of the 

MCO, and that this process may also be linked to the ~18.0 Ma CCD shoaling and the 

MCIE. Other LIPs may have also occurred during similar times of background climate 

variability, thus complicating the interpretation of LIP-driven climate change and 

emphasising the importance of establishing an accurate chronology of eruption phases 

and climate events when establishing the magnitude of LIP-driven climate change. 

The timing of our best-fit emissions scenario also implies that the GRB cryptic 

degassing began around the same time as the ‘Mi-2’ glacial maximum at ~16.2 Ma 

[Miller et al., 1991]. It is possible that enough sulphate aerosols and other volatiles 

may have been released to have triggered an initial, short-term episode of cooling 

prior to the longer-term warming effect of CO2 becoming dominant [Thordarson and 

Self, 1996; Sobolev et al., 2011]. The Deccan Traps and other LIPs are estimated to 

have released ~7 Tg SO2 km-3, which implies an emission of ~1.1x103 Pg SO2 (an 

emission rate of ~2.6 Tg SO2 y-1 over 400 ky) from the GRB sub-aerial basalts, and up 

to ~9.3x103 Pg SO2 (~23.4 Tg SO2 y-1) for the maximum total GRB volume [Self et al., 
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2006]. This is significantly more than the background atmosphere SO2 content of <1 

Tg, implying that GRB cryptic degassing could have initially triggered global cooling 

before the gradual increase in atmospheric CO2 led to warming dominating as cryptic 

degassing reached its end. It is well established that larger LIPs are associated with 

significant releases of SO2 [Wignall, 2001; Self et al., 2006; Sobolev et al., 2011], but 

our results imply that other small LIPs may also coincide with an initial episode of 

cooling prior to longer-term warming peaking after eruptions decline. 

2.6 Conclusions 

We find that we can successfully simulate perturbations to the benthic δ13C, 

CCD, and atmospheric CO2 palaeorecords at ~16.0 Ma with the emission of 4090-5670 

Pg C from the CRB, of which 3000-4000 Pg C is emitted during the GRB eruptions 

between 16.3 and 15.9 Ma, and that the CRB is capable of these emissions if a major 

role is invoked for cryptic degassing from intrusive volcanic activity. Even this 

emission scenario cannot account for the warmth of the entire MCO though, implying 

that some other driver of global warmth existed prior to 16.3 Ma, and we also find 

that some other process after 15.4 Ma such as reglaciation must have occurred to keep 

the CCD deepened after this time. If the same cryptic degassing sources were involved 

in other LIPs then our results imply that those LIPs would have also had a more 

significant impact on global climate and ocean biogeochemistry than previously 

estimated and their impacts therefore require reappraisal. 
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2.8 Supporting Information 

2.8.1 Model parameters 

Table 2-3: MTW08 biogeochemical parameters (where different from Merico et al. [2008]). 

 

 

 

 

Parameter Description Units MTW08 value 

KSM
a
 Mixing coefficients of surface-middle layers my

−1
 16.4 

KMD
a
 Mixing coefficients of middle-deep layers my

−1
 2.7 

RP
b
 Riverine phosphorus mmol m

−2
 y

−1
 0.1 

RS
b
 Riverine silicate mmol m

−2
 y

−1
 11.3 

RN
b
 Riverine nitrogen mmol m

−2
 y

−1
 3.4 

HS Hydrothermal input of silicate mmol m
−2

 y
−1

 0.8 

Tsurf
c
 Temperature of surface ocean 

o
C 23.0 

Tdeep
c
 Temperature of deep ocean 

o
C 10.0 

pCO2(ini) Partial pressure of CO2 in atmosphere (initial) p.p.m.v. 280.3 

FCAR
b
 Baseline carbonate weathering rate mmol y

−1
 1.31x10

16
 

FSIL
b
 Baseline silicate weathering rate mmol y

−1
 3.52x10

15
 

VOLC
b
 Volcanic CO2 emissions into the atmosphere mmol y

−1
 2.58x10

15
 

KERO
b
 Kerogenic CO2 emissions into the atmosphere mmol y

−1
 2.11x10

15
 

[Ca]
d
 Calcium ion concentration mmol m

−3
 14800.0 

Mg/Ca
d
 Magnesium/calcium ion ratio N/A 3.7 

S Salinity ppt 38 

SHARA/CAL
e
 

Fraction of calcite/aragonite buried in shallow 
settings 

N/A 0.07 

   
a
   Lower KSM and KMD based on likelihood of slower ocean overturning due to smaller ice 

sheets and a lower meridional temperature gradient [Flower and Kennett, 1994] 
   

b
   RP, RS, RN, FCAR, FSIL, VOLC and KERO based on Merico et al. [2008] and Li et al. [2009] 

   
c
   Ocean temperature estimated to be higher than modern during the Miocene [Flower, 1999] 

   
d
   [Ca] and Mg/Ca based on Tyrrell and Zeebe [2004] 

   
e
   Shallow ocean carbonate burial estimated to be higher than modern during the Miocene 

[Opdyke and Wilkinson, 1988] 
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Table 2-4: LOSCAR biogeochemical parameters (where different from the pre-industrial 

setup of Zeebe [2012]). 

 

Table 2-5: Isotopic parameters and initial values for both MTW08 and LOSCAR. Default 

LOSCAR values are the pre-industrial setup values from Zeebe [2012]. 

 

 

Parameter Description Units LOSCAR value 

PCO2SI Steady-state pCO2 p.p.m.v. 280.0 

THC Conveyor transport Sv 20 

RRAIN Rain ratio of Corg to CaCO3 N/A 6.7 

FSHLF Ratio of shallow/deep CaCO3 rain N/A 2.0 

FINC Initial CaCO3 riverine flux mol C y
-1

 13.1x10
12

 

CALC
a
 Seawater [Ca

2+
] mol kg

-1
 14.8e-3 

MAGN
a
 Seawater [Mg

2+
] mol kg

-1
 46.0e-3 

   
a
   [Ca] and Mg/Ca based on Tyrrell and Zeebe [2004] 

Parameter Description 
MTW08 initial value 

(‰) 

LOSCAR initial 
value 
(‰) 

δ
13

Csurf Surface ocean box (initial state) 1.25 Default 

δ
13

Cmid Middle ocean box (initial state) -0.16 Default 

δ
13

Cdeep Deep ocean box (initial state) -1.15 Default 

δ
13

Catm Atmosphere (initial state) -7.74 Default 

δ
13

Criv Baseline riverine input (linked to FCAR) 0.28 Default 

δ
13

Cphy Phytoplankton fractionation -21.0 Default 

δ
13

Cvol Volcanic input -4.0 Default 

δ
13

Cker Kerogenic input -20.0 Default 
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2.8.2 Sensitivity analyses 

 

Figure 2-7: Sensitivity analysis of adjusting volcanic δ13C from-4 ‰ (blue, the same 

scenario represented by the light blue line in Figure 2-4) to -12 ‰ (purple) in our best-fit 

MTW08 scenario, plotted against the palaeorecords shown in Figure 2-3 and Figure 2-4. 

Although the form of the benthic δ13C perturbation in the -12 ‰ scenario is not identical the 

perturbation is of a similar magnitude and duration as in the -4 ‰ scenario, implying that a 

lighter δ13C value for the additional volcanic emissions does not have a significant impact on 

the conclusions of this study. 
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Figure 2-8: a) Sensitivity analysis of changing the silicate weathering exponent in our best-

fit MTW08 scenario, plotted against the palaeorecords shown in Figure 2-3 and Figure 2-4. 

The results (thin blue lines, fixed  c = 1.0 and a variable  s = 0.3 (as used in study, thick line), 

0.6, 0.9, 1.2, 1.5, and 1.8) illustrate the moderate sensitivity of δ13C and atmospheric CO2 and 

the lower sensitivity of CCD to the value chosen for the silicate weathering exponent. 

However, the higher silicate weathering exponent values fall substantially outside of best 

estimates while the pattern of the excursions remain similar to the palaeorecord, suggesting 

that this sensitivity does not have a significant impact on the conclusions of this study. b) 

Sensitivity analysis of changing the carbonate weathering exponent in our best-fit MTW08 
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scenario, plotted against the palaeorecords shown in Figure 2-3 and Figure 2-4. The results 

(thin blue lines, fixed  s = 0.3 and a variable  c = 0.3, 0.6, 1.0 (as used in study, thick line), 1.2, 

1.5, and 1.8) illustrate the relatively low sensitivity of δ13C and atmospheric CO2 and the 

moderate sensitivity of the CCD to the carbonate weathering exponent. However, for most of 

the scenarios the CCD remains within palaeodepth error (± 250 m), suggesting that this 

sensitivity does not have a significant impact on the conclusions of this study. 

 

 

 

Figure 2-9: Sensitivity analysis of the key MTW08 parameters on our best-fit MTW08 

scenario. The sensitivity index (SI) is calculated for each of the major parameters (FCAR 

(carbonate weathering rate), FSIL (silicate weathering rate), KMD (mid to deep ocean mixing), 

RR (rain ratio of inorganic to organic carbon export), and SFC (sediment burial fraction of 

carbon export)) and each major model output ((a) benthic δ13C, b) CCD, and c) atmospheric 

CO2) for both positive (blue bars) and negative (red bars) perturbations. This analysis 

illustrates that our results are relatively robust to the values of FCAR, KMD and RR (S≤±1) 

and the moderate sensitivity of our results to the values of FSIL and SFC (±1<S<±3). However, 

although the results are moderately sensitive to FSIL and SFC the general temporal dynamics 

of the perturbations do not diverge much from the best-fit results obtained with nominal 

parameters and the sensitivity index value for these parameters are not significantly greater 

than 1, and so this sensitivity does not have a significant impact on the overall conclusions of 

this study. 
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Chapter 3:   

Global carbon cycle perturbation across 

the Eocene-Oligocene climate transition 

In this chapter the hypothesised drivers of the carbon cycle perturbation across 

the Eocene-Oligocene Transition are investigated using a biogeochemical model. This 

chapter forms the basis of a manuscript in revision for publication in 

Paleoceanography with the following authors: Armstrong McKay, D. I., Tyrrell, T., 

and Wilson, P. A. Supporting online-only information is included at the end of this 

chapter (Section 3.7). 

3.1 Abstract 

The Eocene-Oligocene Transition (EOT), ~34 million years ago, marks a 

tipping point in the long-term Cenozoic greenhouse to icehouse climate transition. 

Palaeorecords reveal stepwise rapid cooling and ice growth across the EOT tightly 

coupled to a transient benthic δ13C excursion and permanent deepening of the 

carbonate compensation depth (CCD). Based on biogeochemical box model 

experiments, Merico et al. [2008] suggest that glacioeustatic sea-level fall and 

resulting shelf to basin fractionation of carbonate burial can account for the carbon 

cycle perturbation, but this finding is controversial. Alternative proposed mechanisms 

include increased ocean ventilation, decreased carbonate to organic carbon rain ratio, 

increased silicate weathering, and increased ocean calcium concentration. Here we 

report experiments to test these competing hypotheses using an improved version of 

the biogeochemical box model of Merico et al. [2008]. We find that no single hypothesis 

acting alone can account for the observed carbon cycle perturbation. Changes in 

oceanic calcium concentration, silicate weathering rate, and rain ratio each yield a 

response that is fundamentally at odds with the form and/or sign of geological records. 

Shelf-basin carbonate burial fractionation (CCD change) and a combination of shelf 

carbonate weathering, sequestration of isotopically light carbon into expanding 

permafrost or peatlands (δ13C excursion), and a possible additional contribution from 

increased ocean ventilation offer the most convincing explanations for the 

palaeoceanographic observations. The extensive reservoir of Antarctic permafrost 
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carbon that must have developed during the descent into the Cenozoic icehouse was 

eroded prior to the EOT and/or sequestered below advancing ice sheets. 

3.2 Background 

3.2.1 The Eocene-Oligocene Transition 

The first permanent, large-scale ice sheets on Antarctica were established 

during the Eocene-Oligocene Transition (EOT) ~34 million years ago, the point at 

which Earth’s climate transitioned from a late Cretaceous-early Palaeogene 

greenhouse state to a late Palaeogene-Neogene icehouse state [Zachos et al., 2001b]. 

Palaeorecords of high latitude climate change (benthic δ18O) reveal stepwise cooling 

and ice sheet growth at ~34.0 Ma (EOT-1) and ~33.7 Ma (Oi-1) (Figure 3-1a) [Coxall et 

al., 2005; Coxall and Wilson, 2011], with a cooling of between 2 and 6 oC mostly 

during the first step and ice sheet growth equivalent to 60 to 130% of modern 

Antarctic ice volume mostly during the second step [Coxall et al., 2005; Lear et al., 

2008; Miller et al., 2008; Liu et al., 2009; Scher et al., 2011; Tigchelaar et al., 2011; 

Wade et al., 2011; Bohaty et al., 2012]. These steps are accompanied by a ≤1.0 ‰ δ13C 

excursion in benthic foraminifera between 34.0 and 33.7 Ma (Figure 3-1b), along with 

a deepening of the carbonate compensation depth (CCD), initially by around 1200 m 

but by around 500 m in the long-term (Figure 3-1c), suggesting a strong coupling 

between this climatic shift and the carbon cycle [Coxall et al., 2005; Rea and Lyle, 

2005; Coxall and Wilson, 2011; Pälike et al., 2012]. The δ18O records take a form 

similar to that indicated by the results of coupled global climate-ice sheet model 

experiments [DeConto and Pollard, 2003; DeConto et al., 2008; Ladant et al., 2014b] 

in which a slow decline of atmospheric CO2 (atmCO2) (Figure 3-1d [Pearson et al., 2009; 

Pagani et al., 2011]) and superimposed orbital forcing bring about the crossing of a 

critical threshold for the initiation of rapid Antarctic glaciation. 
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Figure 3-1: Palaeorecords across the Eocene Oligocene Transition (EOT). a) Benthic δ18O 

from ODP Site 1218 (8°53´N, 135°22´W in the equatorial Pacific) (blue) [Coxall and Wilson, 

2011], b) benthic δ13C from ODP Site 1218 (green) [Coxall and Wilson, 2011], c) the long-term 

behaviour of the CCD in the equatorial Pacific (red line) [Pälike et al., 2012] and CaCO3 wt% 

from IODP Site 1218 as a qualitative proxy for CCD deepening at Site 1218 (purple) [Coxall et 

al., 2005; Coxall and Wilson, 2011; using the age model of Westerhold et al., 2014], and d) 

atmospheric CO2 reconstructed from the boron isotope pH proxy (orange crosses, shaded band 

for error) [Pearson et al., 2009] between the late Eocene and the early Oligocene. The EOT-1 

and Oi-1 cooling and glaciation steps are indicated by the yellow bars, and the Geomagnetic 

Polarity Timescale [Ogg and Smith, 2004] is shown along the bottom axis. 

3.2.2 Potential drivers of the EOT carbon cycle perturbation 

3.2.2.1 Carbonate burial and weathering 

Merico et al. [2008] used a biogeochemical box model to test several 

mechanisms proposed in the contemporary literature for the EOT carbon cycle 

perturbation, including increases in organic carbon (Corg) burial rates, global silicate 

weathering rates, and siliceous plankton productivity. However, these hypotheses 

were ultimately rejected on the basis of failing to simultaneously match both the 
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permanent CCD deepening and the temporary positive benthic δ13C excursion 

observed in the palaeorecord. The only hypothesis found to replicate successfully 

these two simulation targets was a shift in CaCO3 burial from shallow shelf seas to 

the deep ocean, coupled with a temporary increase in carbonate weathering from 

freshly exposed carbonate shelves. These changes were hypothesised to be driven by 

the 50 to 75 m fall in sea level associated with the growth of the Antarctic ice sheet 

[Pekar et al., 2002; Lear et al., 2004; Miller et al., 2008; de Boer et al., 2010; Houben et 

al., 2012]. In this explanation of events the fall in sea level reduces the area of shallow 

shelf sea available for carbonate burial, which results in an increase in the calcite 

(and aragonite) saturation state (Ω) of the ocean and consequently a deepening of the 

CCD until the increase in deep ocean carbonate burial compensates for the reduction 

in shelf burial [Berger and Winterer, 1975; Opdyke and Wilkinson, 1988; Kump and 

Arthur, 1997; Coxall et al., 2005; Lear and Rosenthal, 2006; Merico et al., 2008]. 

Proxies suggest that the establishment of the Antarctic ice sheet temporarily induced 

high mechanical and chemical weatherability on Antarctica which, along with the 

exposure of large areas of previously un-weathered shelf carbonates, led to heightened 

global carbonate weathering rates [Zachos et al., 1999; Griffith et al., 2011; Scher et 

al., 2011; Basak and Martin, 2013; Moore, 2013]. However, this hypothesis requires a 

big shift in carbonate burial from shallow to deep water (~99 % in Merico et al. [2008]) 

and a substantial temporary increase in carbonate weathering rates (300 % in Merico 

et al. [2008]) to match fully the amplitude of change seen in the palaeorecords. It has 

been suggested that the sea level fall across the EOT is insufficiently large and 

unique enough to have caused such a large and permanent change in both shelf 

carbonate burial rates and weathering [Rea and Lyle, 2005; Miller et al., 2009]. 

3.2.2.2 Ventilation and productivity 

As an alternative to shelf-basin carbonate burial fractionation it has been 

suggested that cooling and ice sheet growth resulted in increased ocean mixing rates, 

which is postulated to in turn ventilate the deep ocean and reduce deep-ocean acidity 

enough to deepen the CCD [Miller et al., 2009; Goldner et al., 2014]. Increased ocean 

mixing has also been invoked as means of stimulating plankton productivity, and in 

particular diatom productivity in the Southern Ocean, by upwelling nutrients from 

deep water, which results in a positive benthic δ13C perturbation due to elevated Corg 

export and burial relative to carbonate [Salamy and Zachos, 1999; Zachos and Kump, 

2005; Scher and Martin, 2006; Berger, 2007; Dunkley Jones et al., 2008; Scher et al., 

2011]. An increase in Corg burial can also be achieved through an increase in Corg 
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preservation, for example through a shift in production to upwelling zones with high 

sedimentation rates or due to cooler deep water from greater polar deep-water 

formation [Zachos et al., 1996; Olivarez Lyle and Lyle, 2006; John et al., 2014]. All of 

these hypotheses were tested by Merico et al. [2008] but their efficacy was called into 

question. The results of those experiments indicated that ocean mixing and 

productivity can be ruled out as sole drivers of the observed carbon cycle perturbation 

because both mechanisms produce a permanent rather than a temporary δ13C 

excursion and a temporary rather than a permanent CCD deepening. Furthermore, 

the observations of Griffith et al. [2010] cast doubt on the likelihood of there having 

been a significant increase in plankton productivity across the EOT. Such an increase 

would, all else remaining equal, be expected to lead to a decrease in the global 

CaCO3:Corg surface export ratio (known as the rain ratio), but barite accumulation 

rate data instead suggest an increase in the rain ratio. 

3.2.2.3 Silicate weathering and calcium 

Another hypothesised driver of the EOT CCD deepening is an increase in the 

input of calcium ion (Ca2+) to the ocean through increased silicate weathering 

resulting in an increase in ocean Ω [Rea and Lyle, 2005]. Increased silicate 

weathering, potentially due to increased glacial erosion in Antarctica facilitating 

greater chemical weatherability, has also been invoked as a source of additional 

alkalinity input to the ocean to help deepen the CCD as well as providing a positive 

feedback on glaciation through the drawdown of atmCO2 [Zachos and Kump, 2005; 

Griffith et al., 2011; Scher et al., 2011; van de Flierdt, 2011; Basak and Martin, 2013]. 

Ca2+ input to the ocean is primarily derived from continental weathering and oceanic 

hydrothermal systems. The dual effects of continental weathering on ocean Ω (directly 

through Ca2+ and indirectly through alkalinity delivery) both act to raise its value and 

so would result in the deepening of the CCD and increased Ca2+ removal through 

burial [Farkaš et al., 2007b; Komar and Zeebe, 2011]. To exert any significant impact 

on Ca2+ concentration in the ocean ([Ca2+]) it is therefore necessary to decouple the 

input of Ca2+ from alkalinity input. This is possible through increased dolomitisation, 

hydrothermal Ca2+ input, or sulphuric-acid driven weathering [Heuser et al., 2005; 

Farkaš et al., 2007a], but a large change in Ca2+ delivery is required to overcome the 

long (~1 My) residence time of Ca2+ in the ocean. Palaeorecords of δ44/40Ca across the 

EOT show a negative excursion in bulk carbonate of ~0.6 ‰ which has been 

attributed to increased Ca2+ flux to the ocean as a result of a long-term increase in 

silicate weathering rates [De La Rocha, 2000; Fantle, 2010]. However, δ44/40Ca records 
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generated across the EOT on marine barites, which are posited to provide a better 

record of calcium isotope changes, yield a smaller shift in reconstructed seawater 

δ44/40Ca, suggesting little change in silicate weathering rates and Ca2+ delivery to the 

ocean across the EOT [Griffith et al., 2011]. 

3.2.2.4 Carbon capacitors and cooling 

Other potential drivers of carbon cycle disruptions across the EOT involve 

various reservoirs of sedimentary Corg capable of rapid exchange with the ocean-

atmosphere system. These include carbon stored in permafrost, marine methane 

hydrates, peat, wetlands, and soil. Permafrost Soil Carbon (PFSC) deposits in the 

Northern Hemisphere (NH) currently contain up to ~1700 Pg of carbon [Tarnocai et 

al., 2009; Koven et al., 2011], but modelling of the early Eocene suggests that the late 

Eocene inventory was more than double this present day figure (~3700 Pg C: ~1700 

Pg C in Antarctica; ~2000 Pg C in NH [DeConto et al., 2012]) and bigger even than the 

inventory of the last glacial when approximately 2700 Pg C is estimated to have been 

sequestered by PFSC [Zimov et al., 2009; Zech et al., 2011]. Modern peatlands are 

estimated to contain between 180 and 455 Pg C of a total global soil inventory of 

~2400 Pg C, and this reservoir is hypothesised to have sequestered a further ~ 500 Pg 

C during the Last Glacial Maximum [Klinger, 1991; Batjes, 1996; Klinger et al., 1996; 

MacDonald et al., 2006]. Methane hydrates in marine sediments are estimated to 

contain between 450 and 3000 Pg C today and are hypothesised to have had a similar 

inventory in the Eocene [Buffett and Archer, 2004b; Dickens, 2011; Wallmann et al., 

2012], although the total inventory is uncertain even in the modern. Together, these 

three reservoirs contain a substantial inventory of carbon, and changes to their 

storage capacity are capable of rapidly perturbing the exogenic carbon cycle. 

We might expect the storage capacity of these ‘carbon capacitors’ [Dickens, 

2011] to have grown during the EOT because of global and particularly high latitude 

cooling. In fact, the growth and subsequent decline of methane hydrate reservoirs has 

been invoked as a potential driver of the EOT δ13C excursion [Berger, 2007]. Arctic 

PFSC is modelled to expand by ~1300 Pg as atmCO2 falls from 900 to 550 ppmv 

[DeConto et al., 2012] while a simulation of modern PFSC indicates that permafrost 

processes enhance carbon sequestration [Koven et al., 2011], and so PFSC expansion 

can potentially act as a positive feedback on cooling. We might also expect CO2 

drawdown through these mechanisms to have been opposed by CO2 release through 

the erosive action of advancing ice sheets on Antarctic permafrost. Yet recent 

discoveries of pre-glacial soils preserved beneath the Greenland ice sheet and 
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methanogenesis continuing in sub-Antarctic sediments indicate that a significant 

proportion of PFSC can survive the growth of ice sheets without being eroded 

[Wadham et al., 2012; Bierman et al., 2014], and PFSC sequestration below ice sheets 

has been invoked as part of the glacial burial hypothesis to explain Pleistocene atmCO2 

variability [Zeng, 2003]. If a significant proportion of Antarctic PFSC was sequestered 

below advancing ice sheets or in sediments then expansion of PFSC or other Corg 

reservoirs elsewhere in response to global cooling could have resulted in a net positive 

δ13C excursion and a drawdown of atmCO2 across the EOT. 

3.2.3 Study aims 

To test each of the competing hypothesised mechanisms responsible for the 

EOT carbon cycle perturbation we undertake biogeochemical box model simulations to 

determine the changes necessary for each hypothesis to match the geochemical 

excursions observed in the palaeorecord. We then evaluate whether these changes are 

feasible within the constraints of the late Eocene Earth system. 

3.3 Method 

3.3.1 Modelling 

We use an improved version of the biogeochemical box model of Merico et al. 

[2008] (hereafter referred to as MTW08) to explore new hypotheses not considered in 

Merico et al. [2008] and re-examine longer standing hypotheses in more detail. 

MTW08 is an open system containing all the major fluxes and processes in the carbon, 

phosphorus, and silicon cycles, including the carbonate system, air-sea gas exchange, 

the organic matter pump, CO2 drawdown by silicate weathering, calcium carbonate 

formation and cycling, and carbon isotopes. For this study we have also added the 

impact of dynamic changes in the ocean [Mg2+]/[Ca2+] ratio on ocean Ω to the model in 

order to capture better the impact of hypothesised changes in [Ca2+] during the EOT. 

To do this we incorporate the estimated impact of the [Mg2+]/[Ca2+] ratio on the 

stoichiometric solubility product of calcite and aragonite and the dissociation 

constants of carbonic acid [Ben-Yaakov and Goldhaber, 1973; Mucci and Morse, 1984; 

Tyrrell and Zeebe, 2004]. MTW08 is limited by low spatial resolution, uncertainties in 

late Eocene estimates for model parameters, and the lack of dynamic ocean-

atmosphere circulation, terrestrial biosphere, or ocean sediment components. MTW08 
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parameters were tuned with estimates for late Eocene conditions (Supporting Tables 

3-1 and 3-2) and perturbed by various different scenarios for each of the hypotheses 

outlined in Section 3.3.2. Our simulation targets are: 1) a permanent, 500 m 

deepening of the CCD with an initial over-deepening of up to ~1200 m, and 2) a >+0.7 

‰ benthic δ13C excursion over ~1 My with rapid increases at EOT-1 and Oi-1 with a 

peak of ~+1.0 ‰ at Oi-1. Previous analyses of the sensitivity of MTW08 to parameter 

selection have demonstrated that the results of MTW08 simulations are relatively 

robust to parameter choices [Merico et al., 2008; Chapter 2 – Armstrong McKay et al., 

2014]. 

3.3.2 Hypotheses 

Based on our assessment of the literature (discussion in Section 3.2), we define 

five hypotheses to test. Next we describe how each of these hypotheses is simulated in 

this study. 

3.3.2.1 Carbonate Burial Fractionation (CBF) 

In this hypothesis a glacioeustatic fall in sea level results in a decrease in shelf 

carbonate burial and, through carbonate compensation, an increase in ocean Ω and a 

deepening of the CCD until ocean Ω returns to equilibrium. It also includes the 

weathering of formerly submerged carbonate shelves, which we simulate as more 

enriched in 13C than pelagic carbonate (δ13C of 1.5 ‰ vs. 0.28 ‰ in the Eocene MTW08 

tuning based on palaeorecords and modern data from Great Bahama Bank [Swart 

and Eberli, 2005; Merico et al., 2008; Swart, 2008; Swart et al., 2009; Oehlert et al., 

2012]) and so can contribute to a positive benthic δ13C excursion. To simulate this 

hypothesis, we reduce the proportion of carbonate burial in shallow settings (from the 

model baseline of ~45 %; a very conservative estimate for the shelf-rich Eocene but 

the same as Merico et al. [2008] to allow direct comparison) and temporarily add 

additional carbonate weathering to represent increased weatherability by varying 

proportions. In some runs a simultaneous increase in Corg-rich (e.g. shale) and silicate 

lithology weathering and an increase in riverine nutrient input to the ocean are also 

simulated to represent the weathering of non-carbonate components of exposed 

shelves [Scher et al., 2011]. Some estimates of weathering rate differences between 

the Holocene and the Last Glacial Maximum indicate that carbonate weathering rates 

are enhanced relative to silicate weathering in response to glaciation in the modern 

Earth system, and so based on this and the extensive shelf carbonate platforms of the 
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Eocene we assume that carbonate weathering would increase by a greater magnitude 

even if the weathering of Corg-rich and silicate lithologies are enhanced at the EOT 

[Gibbs and Kump, 1994]. 

3.3.2.2 Increased Ocean Ventilation (IOV) 

In this hypothesis an increase in ocean ventilation results in a reduction in 

deep ocean acidity and thus deepens the CCD. It also stimulates (at least for a time) 

an increase in productivity through the upwelling of deep-water nutrients thereby 

hypothetically driving an increase in ocean δ13C. To simulate this hypothesis we take 

the same approach as Merico et al. [2008] and increase the surface-to-middle and the 

middle-to-deep ocean mixing rates (from the Eocene MTW08 baseline of 18.25 and 3.0 

my-1 respectively) in two steps at EOT-1 and Oi-1 by varying proportions. This 

increase is simulated both as temporary and permanent, although it is unlikely that 

the cooling at the EOT produced a permanent increase in mixing rates once ocean 

temperature gradients stabilised. 

3.3.2.3 Carbon Capacitor Exchange (CCE) 

In this hypothesis, not considered by Merico et al. [2008], cooling across the 

EOT results in the net expansion of carbon capacitors such as PFSC in the Northern 

Hemisphere that, in turn, produces a positive benthic δ13C excursion through oceanic 

depletion in 12C. Although methane hydrates have been proposed as a potential 12C-

rich sink during the EOT [Berger, 2007] the impact of changing sea level and 

continental shelf loss complicate the likely response of this reservoir at the EOT. We 

therefore focus on the potential reaction of two related carbon capacitors, the 12C-rich 

PFSC and peatland reservoirs. To simulate this hypothesis we directly remove carbon 

from the atmosphere (at a δ13C of -23 ‰ to represent a sink such as PFSC or peat; a 

sink with a more negative δ13C would require commensurately less carbon and vice 

versa) during both Oi-1 and EOT-1 by varying magnitudes. To simulate the counter-

hypothesis of net PFSC erosion rather than uptake we instead add carbon with the 

same isotopic composition to the atmosphere. 

3.3.2.4 Export and Burial Ratio changes (EBR) 

In this hypothesis either a decrease in CaCO3 export and burial, driven by a 

decrease in the rain ratio, or an increase in Corg burial, driven by increasing Corg 

preservation in seafloor sediments, results in the positive benthic δ13C excursion 

through decreased 13C or increased 12C removal from the ocean. A reduction in CaCO3 
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burial should also deepen the CCD to compensate for the reduction in [CO3
2-] removal, 

while increasing Corg preservation would reduce the concentration of deep-ocean 

Dissolved Inorganic Carbon (DIC). To simulate these hypotheses we perform two 

different experiments. In one we reduce the rain ratio (from the Eocene MTW08 

baseline ratio of 0.298) resulting in reduced CaCO3 export. In the second experiment 

we increase the proportion of Corg buried in sediment (from the Eocene MTW08 

baseline of ~0.1 %) which in turn also decreases the proportion of Corg remineralised in 

the deep ocean. The changes in both experiments occur during two steps at EOT-1 

and Oi-1 and various magnitudes of change are tested. 

3.3.2.5 Increased Silicate Weatherability and Calcium flux to the ocean (SWC) 

In this hypothesis increasing concentrations of Ca2+ and/or alkalinity in the 

ocean, attributable to either an increase in silicate weathering or a direct increase in 

Ca2+ input decoupled from weathering, results in an increase in ocean Ω and therefore 

a deepening of the CCD while also drawing down atmCO2 and in turn acting as a 

positive feedback on glaciation. To simulate this hypothesis we try two different 

experiments. In one we simulate an increase in silicate weathering rates above the 

Eocene model baseline level to deliver an increased supply of both Ca2+ and alkalinity 

to the ocean. In another we increase the input of Ca2+ to the ocean without also 

increasing weathering rates in order to isolate the influence of Ca2+ addition. 

3.4 Results and Discussion 

3.4.1 Scenarios 

3.4.1.1 Carbonate Burial Fractionation (CBF) 

Figure 3-2 illustrates the results of varying the magnitudes of shelf carbonate 

burial and/or weathering by differing amounts. We first replicate the favoured 

scenario of Merico et al. [2008] with a temporary 300 % stepped increase in carbonate 

weatherability by the time of Oi-1 to match the benthic δ13C excursion and a 

permanent 99 % reduction in the proportion of carbonate buried on shelves to 

permanently deepen the CCD by ~600 m. However, the magnitude of increase in 

carbonate weathering that is required to match the benthic δ13C excursion also 

produces an initial CCD over-deepening of ~2000 m compared to the target of ~1200 

m, indicating that such a large increase in carbonate weathering may be excessive if  
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Figure 3-2:  Simulation results for the carbonate burial fractionation (CBF) scenario. a) 

Benthic δ13C, b) global CCD, and c) atmospheric CO2 outputs compared against EOT 

palaeorecords (see caption of Figure 3-1 for details; benthic δ13C and CCD have been pinned to 

∆=0 at 34.0 Ma; palaeorecords in black) [Coxall et al., 2005; Pearson et al., 2009; Coxall and 

Wilson, 2011; Pälike et al., 2012; Westerhold et al., 2014]. The simulation scenarios are a two-

step 300 % increase in weathering (WCar) of shallow carbonates with δ13C value of 1.5 ‰ 

coupled with a 99 % reduction in shallow water carbonate burial (shBur) (blue dashed line), a 

two-step 100 % increase in carbonate weathering (1.5 ‰) coupled with an 80 % reduction in 

shallow water carbonate burial (blue solid line), a run identical to the latter scenario but with 

an additional 25 % increase in silicate and kerogen weathering and a 25 % increase in riverine 

phosphate and nitrate input (extraW) (dotted blue line), and the same prior scenario again but 

with shelf carbonate δ13C of 3.0 ‰ (dot-dashed blue line). The EOT-1 and Oi-1 cooling and 

glaciation steps within the EOT are highlighted by the yellow bars. 

the records from the equatorial Pacific are globally representative. The 300% increase 

in global weathering rates is also much greater than that estimated for the Last 

Glacial Maximum and also results in a decrease in atmCO2 of ~200 ppm [Gibbs and 
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Kump, 1994; Munhoven, 2002]. More seriously, this scenario demands the permanent 

loss of nearly all (99 %) shallow-water carbonate burial, a prediction fundamentally at 

odds with the geological record [Opdyke and Wilkinson, 1988]. A more modest 

permanent 80% reduction in shelf carbonate burial (as indicated by Opdyke and 

Wilkinson [1988]) and a temporary 100% stepped increase in carbonate weatherability 

are both more in line with the geological record and are still capable of permanently 

deepening the CCD by ~500 m, with an initial over-deepening of a further ~500 m, 

and causing a ~100 ppm decrease in atmCO2. On the other hand, this scenario is not 

capable of matching the whole δ13C excursion unless the 13C enrichment of shelf 

carbonates (see section 3.3.2.1) is increased from 1.5 ‰ to 3.0 ‰ – a degree of 

enrichment that is modest in comparison to that observed in the modern [Swart and 

Eberli, 2005], but few data sets are available from shelf carbonates of early 

Palaeogene age to test this hypothesis. We therefore conclude that shelf carbonate 

weathering can explain the full benthic δ13C excursion if shelf carbonates were 

significantly enriched in 13C relative to pelagic carbonate, but the enrichment of 

Palaeogene shelf carbonates is uncertain and lower enrichment yields only a partial 

match to the benthic δ13C palaeorecord. 

In these first two CBF experiments we assume that only carbonate 

weatherability increased during the EOT. However, an associated but lower 

amplitude increase in non-carbonate weathering is possible [Opdyke and Wilkinson, 

1988; Gibbs and Kump, 1994; Munhoven, 2002]. To account for the possible impact of 

increases in non-carbonate weathering we also illustrate the results of a re-run of the 

permanent 80% reduction in shelf carbonate burial and temporary 100% stepped 

increase in carbonate weatherability scenario but with additional increases in silicate 

and kerogen weatherability as well as riverine nutrient input to the ocean. Adding a 

temporary 25 % increase in silicate and kerogen weatherability and a temporary 25 % 

increase in the delivery of phosphorus and nitrogen by rivers reduces the initial over-

deepening of the CCD, almost completely attenuates the benthic δ13C excursion, and 

reduces atmCO2 by ~250 ppm (Figure 3-2). The CCD changes are the result of the 

climate-weathering feedback resulting in additional atmCO2 drawdown, which in turn 

leads to a decrease in global weathering rates and alkalinity input to the ocean. The 

atmCO2 changes are also the result of increased nutrient input resulting in a spike in 

primary production, which preferentially exports 12C from surface to deep waters and 

thus counteracts the positive δ13C excursion. Adding additional silicate and kerogen 

weatherability therefore reduces the match between this scenario and the simulation 

targets. 
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3.4.1.2 Increased Ocean Ventilation (IOV) 

 

Figure 3-3:  Simulation results for the increased ocean ventilation (IOV) scenario. a) 

Benthic δ13C, b) global CCD, and c) atmospheric CO2 outputs compared against EOT 

palaeorecords (see caption of Figure 3-2 for details) [Coxall et al., 2005; Pearson et al., 2009; 

Coxall and Wilson, 2011; Pälike et al., 2012; Westerhold et al., 2014]. The simulation scenarios 

are a temporary two-step increase in ocean mixing rates (mix) of 66 % at EOT-1 and 300 % at 

Oi-1 (dashed green line), a permanent two-step increase in ocean mixing rates of 33 % at EOT-

1 and 150 % at Oi-1 (dot-dashed green line), and a temporary two-step increase in ocean 

mixing rates of 33 % at EOT-1 and 150 % at Oi-1 (solid green line). The EOT-1 and Oi-1 

cooling and glaciation steps within the EOT are highlighted by the yellow bars. 

Figure 3-3 illustrates the results of increasing ocean mixing rates, 

hypothesised to be due to increased deep water formation and an increased 

meridional temperature gradient. Increasing ocean mixing rates leads to an increase 

in benthic δ13C as a result of the impact of permanently decreased shallow-water 

[CO3
2-] (as its concentration converges with the CO3-poor deep ocean) on carbon 

isotope fractionation [Spero et al., 1997], which leads to elevated δ13C in carbonate 

formed in the surface box and therefore an increase in 13C export from the surface to 

the middle and deep-water boxes. This fractionation has a greater impact than the 

simultaneous negative δ13C shift in POC driven by the effect of the increase in 
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dissolved CO2 in the surface box via the photosynthetic isotope effect [Kump and 

Arthur, 1999]. Although the coupled increase in deep water [CO3
2-] conversely results 

in a negative δ13C shift for benthic foraminifera calcification as a result of the same 

fractionation effect, this effect is not sufficient to overcome the large positive shift in 

deep-water DIC δ13C. To match the benthic δ13C palaeorecord we find that we need to 

temporarily increase ocean mixing rates by 66 % above baseline during and after 

EOT-1 and to 300 % above baseline during Oi-1. A more modest 150 % stepped 

increase produces a smaller temporary increase in benthic δ13C. Neither of these 

simulations produces a permanently deepened CCD, as the carbonate compensation 

mechanism buffers deep water against permanent increases in both [CO3
2-] and ocean 

Ω through increased CaCO3 burial, and the CCD temporarily shoals during the steps 

themselves. Permanently increasing mixing rates results in a permanently rather 

than temporarily elevated benthic δ13C. It is clear, therefore, that while suggestions of 

increased ocean ventilation as a mechanism for permanently de-acidifying the deep 

ocean [e.g. Miller et al., 2009] are untenable, increased ocean mixing is a potentially 

viable mechanism for driving the benthic δ13C excursion. All of these simulations 

produce a rapid ~100 ppm increase in atmCO2 during both glaciation steps as a result 

of surface-water acidification followed by a gradual recovery with a small overshoot, 

which partially resembles the atmCO2 rebound during and after the EOT in the δ11B-

derived atmCO2 reconstruction but does not resemble the drop observed in the 

alkenone-derived atmCO2 reconstruction. 

3.4.1.3 Carbon Capacitor Exchange (CCE) 

Figure 3-4 illustrates the results of simulated changes in carbon capacitors 

across the EOT. We find that to recreate the sharp step increases in the benthic δ13C 

palaeorecord we need to draw down 700 Pg C (at a δ13C of -23 ‰) during EOT-1 and 

1000 Pg C during Oi-1, but the effect of these perturbations are short-lived and cannot 

explain the ~1 My duration of the benthic δ13C excursion. A more modest uptake of 

500 Pg C during both EOT-1 and Oi-1 results in rapid benthic δ13C increases of ~0.5 

‰ during both of these events. In contrast, a net release of 500 Pg C during both 

EOT-1 and Oi-1, which would occur if, for example, more carbon is released by PFSC 

erosion on Antarctica than is taken up into carbon capacitor expansion elsewhere, 

results in decreases in benthic δ13C in contrast to the sharp positive excursions seen 

in the palaeorecord. It can be speculated that that the short-lived decrease observed 

in the bulk δ13C palaeorecord prior to EOT-1 [Coxall and Wilson, 2011] could 

potentially be attributable to PFSC erosion as ice sheets began to spread from the  
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Figure 3-4:  Simulation results for the carbon capacitor exchange (CCE) scenario. a) 

Benthic δ13C, b) global CCD, and c) atmospheric CO2 outputs compared against EOT 

palaeorecords (see caption of Figure 3-2 for details) [Coxall et al., 2005; Pearson et al., 2009; 

Coxall and Wilson, 2011; Pälike et al., 2012; Westerhold et al., 2014]. The simulation scenarios 

are a net contraction (out) of 500 Pg C during both EOT-1 and Oi-1 (dotted red line), net 

expansions (in) of 700 Pg C at EOT-1 and 1000 Pg C at Oi-1 (dashed red line), and net 

expansions of 500 Pg C during both EOT-1 and Oi-1 (solid red line). The EOT-1 and Oi-1 

cooling and glaciation steps within the EOT are highlighted by the yellow bars. 

Antarctic highlands, while Northern Hemisphere PFSC subsequently grew during 

EOT-1 and Oi-1. Capacitor exchange leading to a match with δ13C data has a 

relatively minor impact on the CCD and atmCO2 (with the former shoaling by ~100 m 

and the latter decreasing by ~50 ppm by the end of Oi-1) due to the relatively small 

proportion of exogenic carbon needed to simulate the carbon isotope perturbation 

(which is more modest than that hypothesised for the Palaeocene-Eocene Thermal 

Maximum [Zachos et al., 2008; Zeebe at al. 2009]). 

3.4.1.4 Export and Burial Ratio changes (EBR) 

Figure 3-5 illustrates the results of either decreasing the rain ratio (i.e. 

reducing CaCO3 export) or increasing the proportion of Corg preserved in ocean 

sediment in order to increase Corg burial. We find that a permanent 25 %  
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Figure 3-5:  Simulation results for the decreased CaCO3 export or increased Corg burial 

(EBR) scenario. a) Benthic δ13C, b) global CCD, and c) atmospheric CO2 outputs compared 

against EOT palaeorecords (see caption of Figure 3-2 for details) [Coxall et al., 2005; Pearson et 

al., 2009; Coxall and Wilson, 2011; Pälike et al., 2012; Westerhold et al., 2014]. The simulation 

scenarios are a permanent two-step 25 % decrease in rain ratio (RR) (dotted cyan line), a 

temporary two-step 25 % decrease in rain ratio (solid cyan line), a temporary two-step 75 % 

decrease in rain ratio (dot-dashed cyan line), and a permanent two-step 75 % increase in Corg 

burial in sediment (dashed cyan line). The EOT-1 and Oi-1 cooling and glaciation steps within 

the EOT are highlighted by the yellow bars. 

decrease in rain ratio results in a permanent 500 m deepening of the CCD and a 

permanent ~0.3 ‰ increase in benthic δ13C (contrasting with the temporary δ13C 

excursion of the palaeorecord) along with atmCO2 temporarily falling by ~100 ppm. A 

temporary benthic δ13C excursion can be achieved with a temporary rain ratio 

decrease, but this instead fails to produce a permanently deepened CCD. To achieve a 

~0.7 ‰ increase in benthic δ13C the rain ratio must significantly decrease by ~75 %, 

which also results in a >1.5 km temporary deepening of the CCD and a temporary 

~300 ppm drop in atmospheric CO2. This result shows that a positive benthic δ13C 

excursion can only be achieved through a substantial decrease in the rain ratio, which 

conflicts with palaeorecords suggesting a stable or even an increasing rain ratio 

across the EOT [Griffith et al., 2010]. In the second experiment we increase the 
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proportion of Corg buried in sediments up to 75 % in order to replicate the >0.7 ‰ 

benthic δ13C excursion, but this in turn results in a significant decrease in both DIC 

and alkalinity concentration, as total carbon output exceeds input, and the complete 

consumption of atmCO2 by ~33.1 Ma. Benthic δ13C increases initially as a result of 12C 

removal via increased Corg burial but is followed by a large negative excursion as a 

result of the effect of intense ocean de-acidification on δ13C fractionation. The CCD 

experiences a negligible but temporary deepening due to increasing [CO3
2-] (due to 

DIC drawdown induced de-acidification) initially outpacing decreasing [Ca2+] and Ksp 

to temporarily increase deep-water saturation state, but this is followed by a more 

significant disruption to the ocean carbonate system as DIC drawdown progresses. 

3.4.1.5 Increased Silicate Weatherability and Calcium flux to the ocean (SWC) 

Figure 3-6 illustrates the results of increasing silicate weatherability or 

directly adding Ca2+ to the ocean across the EOT. In the first of these experiments we 

simulate increased silicate weatherability, leading to a transient increase in global 

silicate weathering rates across the EOT, in order to both draw down atmCO2 and 

increase the input of Ca2+ and alkalinity to the ocean to deepen the CCD. However, in 

our simulations the decrease in atmCO2 is sufficient to suppress as a consequence the 

global silicate weathering rate (effectively compensating for elevated Antarctic 

weatherability by reducing silicate weathering elsewhere). This also reduces the 

global carbonate weathering rate too as a result of the climate-weathering feedback, 

which in turn results in a net decrease in alkalinity input and therefore a CCD 

shoaling instead of deepening. Increasing carbonate weatherability by the same 

proportion as the increase in silicate weatherability fails to compensate for the impact 

of lowered atmCO2 and results in similar excursions. Removing the climate-weathering 

feedback by preventing the decline in global weathering rates in response to declining 

atmCO2 instead results in a temporary CCD deepening (see Supporting Figure 3-8). As 

a result it is clear that, in keeping with the results of Merico et al. [2008], any 

additional input of Ca2+ and alkalinity to the ocean attributable to an increase in 

silicate weatherability is strongly counteracted by the climate-weathering negative 

feedback. 

In a further experiment we isolate the impact of increasing [Ca2+] by adding 

Ca2+ to the ocean without increasing either silicate or carbonate weathering. We find 

that in order to initially deepen the CCD by ~1000 m [Ca2+] must increase 

substantially from ~20 to ~170 mol m-3 (a value at odds with reconstructions of past 

[Ca2+]), which requires Ca2+ input to temporarily increase to 25 % above the  
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Figure 3-6:  Simulation results for the silicate weathering and calcium (SWC) scenario. a) 

Benthic δ13C, b) global CCD, and c) atmospheric CO2 outputs compared against EOT 

palaeorecords (see caption of Figure 3-2 for details) [Coxall et al., 2005; Pearson et al., 2009; 

Coxall and Wilson, 2011; Pälike et al., 2012; Westerhold et al., 2014]. The simulation scenarios 

are a permanent two-step 25 % increase in calcium input (Ca input) (dot-dashed orange line), a 

temporary two-step 25 % increase in calcium input (solid orange line), a temporary two-step 25 

% increase in silicate weathering rates (WSil) (dotted orange line), and a temporary two-step 

25 % increase in both silicate and carbonate weathering rates (WCar) (dashed orange line). 

The EOT-1 and Oi-1 cooling and glaciation steps within the EOT are highlighted by the yellow 

bars. 

baseline input to the ocean. However, the CCD deepening is only temporary and does 

not match the CCD palaeorecord beyond the initial over-deepening. This scenario also 

results in a ~4.0 ‰ decrease in benthic δ13C and a >700 ppm increase in atmCO2, 

signals that are untenable in light of the palaeorecord. Applying a permanent 

increase in Ca2+ input to the ocean also fails to result in a permanent CCD deepening 

and results in even more unrealistic changes in ocean [Ca2+], benthic δ13C, and atmCO2. 

The extreme benthic δ13C and atmCO2 excursions are driven by a complex set of 

feedbacks on the initial Ca2+ addition (see Section 3.7.2 and Supporting Figure 3-9 for 

systems diagram and explanation of these feedbacks). 
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3.4.1.6 Combined scenarios 

 

Figure 3-7:  Simulation results of a) benthic δ13C, b) global CCD, and c) atmospheric CO2 for 

different combinations of the best-fit scenarios shown in the previous figures (CBF (WCar 1.5 

‰) + IOV, green; CBF (WCar 1.5 ‰) + IOV + CCE, red; CBF (WCar 3.0 ‰) + CCE, blue) 

compared against EOT palaeorecords (see caption of Figure 3-2 for details) [Coxall et al., 2005; 

Pearson et al., 2009; Coxall and Wilson, 2011; Pälike et al., 2012; Westerhold et al., 2014]. The 

EOT-1 and Oi-1 cooling and glaciation steps within the EOT are highlighted by the yellow 

bars. 

In Figure 3-7 we plot the results of combining the scenarios we judge to best fit 

the palaeorecords within reasonable parameter changes. The combined CBF-IOV 

experiment (80% reduction in shelf carbonate burial, temporary 100% stepped 

increase in carbonate weathering, shelf carbonate δ13C of 1.5 ‰, temporary 150 % 

stepped increase in ocean mixing rates) results in both a permanent ~500 m 

deepening of the CCD (with an initial over-deepening of ~1000 m) and a temporary 

~0.6 ‰ benthic δ13C excursion featuring two steps, as seen in the palaeorecords. 

Adding CCE (500 Pg C drawdown during both EOT-1 and Oi-1) to this experiment 

accentuates the two steps in the benthic δ13C excursion (making them more rapid) and 

briefly increases the benthic δ13C excursion to ~1.0 ‰ during Oi-1, fitting the 
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maximum shift observed in the benthic δ13C palaeorecord. This experiment also 

produces a small ~50 ppm decline in atmCO2 after EOT-1. Alternatively, by increasing 

shelf carbonate 13C enrichment to 3.0 ‰ we are able to match both the benthic δ13C 

and CCD palaeorecords using a combination of CBF and CCE without also including 

IOV. This is the only experiment of these combination runs that results in a major 

(~190 ppm) and permanent decline in atmCO2. 

3.4.2 Implications 

3.4.2.1 Multiple drivers lead to best model-data fit 

We find that no one hypothesis can completely achieve our two simple 

simulation targets (a permanent, 500 m CCD deepening with an initial over-

deepening of <1200 m and a temporary > +0.7 ‰ benthic δ13C excursion with rapid 40 

ky steps at EOT-1 and Oi-1). Of our experimental scenarios, only a permanent 80 % 

reduction in shallow ocean carbonate burial (Figure 3-2) or a permanent 25 % 

decrease in rain ratio (Figure 3-4) matches the CCD target. On the other hand, only a 

150 to 300 % increase in ocean mixing rates (Figure 3-3), a 300 % increase in the 

weathering of shelf carbonates with a δ13C of 1.5 ‰ (Figure 3-2), a 100 % increase in 

the weathering of shelf carbonates with a δ13C of 3.0 ‰ (Figure 3-2), or a temporary 

75 % decrease in rain ratio (Figure 3-4) matches the magnitude, but not quite the 

rapidity, of the benthic δ13C target. Carbon capacitor expansion of ~1000 Pg C (Figure 

3-4) yields the rapidity of the 40 ky steps but not the overall duration and magnitude 

of the benthic δ13C excursion. Because a decrease in the rain ratio cannot achieve both 

simulation targets simultaneously and Ca2+ isotope evidence suggests that the rain 

ratio is more likely to have increased rather than decreased across the EOT [Griffith 

et al., 2010], we conclude that changes in the rain ratio did not play a major role in 

driving the EOT carbon cycle perturbation. It is highly implausible that a significant 

increase in silicate weathering or ocean [Ca2+] drove the perturbation because of the 

extreme mismatches between simulation results and the palaeorecords as well as the 

infeasible scale and rate of the changes required (several-fold changes within a few 

100ky when the residence time is ~1 My) (Figure 3-6). A 300 % increase in carbonate 

weathering over-deepens the CCD by far more than observed in the palaeorecords, 

indicating that only a more modest increase in carbonate weathering can be 

accommodated [Rea and Lyle, 2005; Pälike et al., 2012]. The limited data available on 

shelf carbonate δ13C indicates Eocene-Oligocene values of around 1.5 to 2.5 ‰ 

compared with benthic values of ~0.5 ‰, but modern shelf carbonates on the Great 
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Bahama Bank are enriched by ~4.8 ‰ relative to pelagic carbonate [Zachos et al., 

2001b; Swart and Eberli, 2005; Swart, 2008; Swart et al., 2009; Oehlert et al., 2012]. 

The paucity of data on Eocene shelf carbonate δ13C makes it difficult to assess the 

degree to which the CBF scenario can explain the entire benthic δ13C excursion. We 

therefore define two possible end-member scenarios that can achieve both of our 

simulation targets. End member scenario-1 describes a situation in which shelf 

carbonate δ13C is relatively enriched (~3.0 ‰) meaning that a simple combination of 

only carbonate burial fractionation (CBF; Figure 3-2) and carbon capacitor expansion 

(CCE; Figure 3-4) is sufficient to match the palaeoclimate record. End member 

scenario-2 describes a situation in which shelf carbonate δ13C is less enriched (~1.5 ‰) 

and a combination of carbonate burial fractionation (CBF; Figure 3-2), increased 

ocean ventilation (IOV; Figure 3-3), and carbon capacitor expansion (CCE; Figure 3-4) 

is required. New datasets of δ13C in shelf carbonates of Palaeogene age provide a way 

to test the validity of these two end members and the quite different predictions that 

they make for change in atmCO2 across the EOT (see Section 3.4.2.3). 

3.4.2.2 Organic carbon sequestration 

Sequestering carbon from the atmosphere box into Corg reservoirs during EOT-

1 and Oi-1 helps to create rapid steps in the benthic δ13C excursion in our best-fit 

simulation (Figure 3-7). No other scenario tested was able to reproduce the rapidity of 

these steps. Our results therefore suggest that isotopically light carbon might have 

been rapidly sequestered from the ocean-atmosphere system to carbon capacitors 

during the EOT. One mechanism to explain such large-scale sequestration over such a 

short timescale is through expansion of the permafrost and global peatlands inventory 

in the Northern Hemisphere in response to EOT cooling [Klinger et al., 1996; Tarnocai 

et al., 2009; DeConto et al., 2012]. Up to ~1700 Pg C is thought to have existed in 

Antarctic permafrost in the Eocene [DeConto et al., 2012]. The absence of an overall 

negative δ13C excursion during the EOT implies that this Antarctic PFSC was either 

sequestered below advancing ice sheets, rapidly re-deposited offshore, or partially 

eroded prior to the EOT in keeping with some evidence [Coxall and Wilson, 2011] for 

a precursor negative δ13C excursion just prior to EOT-1. 

3.4.2.3 Atmospheric CO2 and glaciation feedbacks 

End member scenario-2, involving lower shelf carbonate δ13C enrichment 

(Figure 3-7), results in only small changes in atmCO2 across the EOT. This finding is 

important because, if shelf carbonate enrichment was low, it suggests against the 
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operation of a strong positive feedback via the carbon cycle on EOT glaciation. 

Maintenance of high baseline atmCO2 levels across the EOT may help to explain the ice 

sheet volatility implied by high amplitude variability in the early Oligocene benthic 

oxygen isotope record [Coxall et al., 2005]. However, these findings conflict with a 

boron isotope-based proxy atmCO2 reconstruction which suggests that atmCO2 initially 

decreased by ~200 ppm across EOT-1 before rapidly increasing by 300-400 ppm 

during Oi-1, with levels remaining high for ~200 ky before falling below pre-EOT 

levels around 33.4 Ma [Pearson et al., 2009]. Having simulated changes in many of 

the major biogeochemical parameters hypothesised to have been affected during the 

EOT, we find that the pattern of atmCO2 changes shown in the boron palaeorecord are 

challenging to explain alongside the benthic δ13C and CCD palaeorecords. One 

possible explanation for this finding is that some regional process not accounted for in 

our model, for example sea-ice expansion in the Southern Ocean in response to the 

development of a large East Antarctic Ice Sheet [DeConto et al., 2007; Goldner et al., 

2014], plays an important role in determining the evolution of CO2 across the EOT. 

Even so, a ~200 ky-long atmCO2 peak after Oi-1 would be challenging to maintain 

through ocean processes given an ocean mixing timescale of ~1 ky. Another atmCO2 

reconstruction based on alkenones instead suggests that atmCO2 fell by ~200 ppm 

across the EOT and is interpreted to indicate a major increase in silicate weathering 

across the EOT [Pagani et al., 2011]. We find, however, that a major increase in 

silicate weathering is incompatible with the sign of the CCD response and the 

amplitude of the carbon isotope excursion (see Section 3.4.1.1). Alternatively, and in 

contrast to end member scenario-2, end member scenario-1 results in a major (~190 

ppm) and permanent decrease in atmCO2 (Figure 3-7). This is in line with the alkenone 

atmCO2 reconstruction and would also result in a positive feedback on glaciation in the 

early Oligocene. This exercise underscores the need for new multi-proxy high-

resolution reconstructions of atmCO2 across the EOT. 

3.4.2.4 Why was the EOT a unique event? 

The carbon cycle perturbation at the EOT is a unique event in Cenozoic 

palaeorecords. No other event involves a permanent shift in ocean carbonate burial of 

a similar magnitude. However, the mechanisms proposed to explain the EOT carbon 

cycle perturbation are likely to have been at work throughout much of the Cenozoic. 

Some palaeorecords suggest there were many rapid changes in sea level across the 

Cenozoic that did not result in a major shift in the locus of ocean carbonate burial 

[Miller et al., 2009]. In comparison to the variability demonstrated during the Eocene, 
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the CCD remains relatively stable in the equatorial Pacific after the EOT despite 

fluctuations in Oligocene ice sheets and temperatures [Palike et al., 2006; Pälike et al., 

2012]. CCD stability was only interrupted in the mid-Miocene by the shoaling and 

subsequent re-deepening of the CCD potentially associated with the deglaciation and 

reglaciation bracketing the Miocene Climatic Optimum [Lyle, 2003; Chapter 2 – 

Armstrong McKay et al., 2014]. This implies that post-EOT fluctuations in sea level 

and climate mostly failed to restore Eocene levels of shelf carbonate burial, suggesting 

that a threshold in the ocean carbonate system was crossed at the EOT beyond which 

a substantial fraction of carbonate burial permanently shifted to ocean basin settings. 

We conclude that the sensitivity of the ocean carbonate system to a shift from high to 

low shallow water carbonate burial rates was most likely enhanced during the Late 

Eocene by: 1) the relative abundance of carbonate platforms in shallow tropical 

epicontinental seas in the Eocene within 50-75 m of sea level [Opdyke and Wilkinson, 

1988], and 2) the position of the CCD during the late Eocene poised some way above 

the abyssal plain (where the greatest surface area is available for carbonate burial 

and where the CCD is therefore less sensitive) [Pälike et al., 2012]. Future research is 

needed to quantify the sensitivity of the CCD to sea level and climate change during 

the Cenozoic (see Chapter 4 of this thesis). 

3.5 Conclusions 

We revisit the EOT carbon cycle perturbation modelling of Merico et al. [2008] 

in light of subsequent critiques and our new hypotheses. We use the same 

biogeochemical box model developed by Merico et al. [2008] with some additions in 

order to further investigate the hypothesised drivers of the perturbation. We find 

that, in keeping with Merico et al. [2008], a shift in carbonate burial from shallow to 

deep-water settings is the most likely process for permanently deepening the CCD. On 

the other hand, in contrast to Merico et al. [2008] we conclude that the form of the 

overall EOT benthic δ13C excursion can only have been brought about by a shelf-to-

basin carbonate shift if contemporaneous shelf carbonates were substantially enriched 

in 13C (with a δ13C of ~3.0 ‰). If this was not the case then a contribution from 

increased ocean ventilation is also required. Substantial increases in silicate 

weathering, direct addition of Ca2+ to the ocean, decreasing the CaCO3:Corg rain ratio, 

and increasing Corg burial all fail to reproduce the observations and are therefore 

unlikely to have played a major role at the EOT. We find that the rapidity of the two 

steps in the benthic δ13C palaeorecord could be attributed to the net sequestration of 
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~1000 Pg of organic carbon during the EOT through processes such as permafrost and 

peatland expansion. Antarctic permafrost soil carbon must have either been 

sequestered by advancing ice sheets or was eroded and oxidised prior to the EOT. We 

struggle to simulate the excursions in the boron isotope-based EOT atmCO2 

reconstruction [Pearson et al., 2009]. In our model runs that fit existing data sets most 

closely, atmospheric CO2 either remains relatively stable or shows a major decrease 

across the EOT, a result that better matches the alkenone-based EOT atmCO2 

reconstruction [Pagani et al., 2011]. 
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3.7 Supporting Information 

3.7.1 The SWC scenario and the climate-weathering feedback 

 

Figure 3-8: Sensitivity test results for the silicate weathering and calcium (SWC) scenario. 

a) Benthic δ13C, b) global CCD, and c) atmospheric CO2 outputs compared against EOT 

palaeorecords (see caption of Figure 3-2 for details) [Coxall et al., 2005; Pearson et al., 2009; 

Coxall and Wilson, 2011; Pälike et al., 2012; Westerhold et al., 2014]. The simulation scenarios 

are a temporary two-step 25 % increase in silicate and carbonate weathering rates both with 

the climate-weathering feedback (dashed orange line) and without the climate-weathering 

feedback (solid orange line). This comparison illustrates the impact of the climate-weathering 

feedback on the deepening of the CCD across the EOT. The EOT-1 and Oi-1 cooling and 

glaciation steps within the EOT are highlighted by the yellow bars. 
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3.7.2 Extra calcium input feedbacks 

 

Figure 3-9: Systems diagram illustrating the feedbacks associated with increasing calcium 

input to the ocean in the SWC scenario. Arrows indicate positive impact, circles indicate 

negative impact, and (-) indicates a negative feedback loop. See Text S1 for further 

explanation. 

As illustrated in Figure 3-9, increasing [Ca2+] results in increasing ocean Ω, the 

CCD deepening and therefore an increase in ocean CaCO3 burial. This increase in 

CaCO3 burial increases alkalinity removal from the ocean and also results in a 

reduction in [CO3
2-] and pH. Because increasing [Ca2+] enhances CaCO3 burial it 

produces a strong negative feedback on increasing ocean Ω. However, this negative 

feedback is overwhelmed by the continuing massive input of Ca2+ which continues to 

drive up ocean Ω, allowing the CCD to carry on deepening despite the opposing 

feedback. The antagonistic feedback is the reason why [Ca2+] must increase so 

dramatically in order to achieve just a ~1000 m CCD deepening. The decrease in 

[CO3
2-] and pH also pushes the ocean carbonate system to higher [CO2(aq)], which in 

turn results in increased outgassing of CO2 to the atmosphere. This leads to an 

increase in carbonate weathering via the climate-weathering feedback and therefore 

also acts to buffer against the reduction in [CO3
2-] and alkalinity. The substantial 

increase in CaCO3 burial relative to Corg burial reduces the δ13C of seawater DIC and 
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hence benthic foraminifera shells as the buried CaCO3 has a δ13C value of ~0.28 ‰ 

and therefore preferentially removes 13C from the ocean. 

3.7.3 Model parameters 

Table 3-1: MTW08 biogeochemical parameters (where different from Merico et al. [2008]). 

 

Table 3-2: Isotopic parameters and initial values for MTW08 used in this study. 

 

Parameter Description Units MTW08 value 

[Ca]ini 
a
 Calcium ion concentration (initial) mmol m

−3
 20000 

[Mg]
 a
 Magnesium ion concentration (constant) mmol m

−3
 30000 

   
a
 based on Tyrrell and Zeebe [2004] 

Parameter Description MTW08 initial value (‰) 

δ
13

Csurf Surface ocean box (initial state) 0.86 

δ
13

Cmid Middle ocean box (initial state) -0.49 

δ
13

Cdeep Deep ocean box (initial state) -1.50 

δ
13

Catm Atmosphere (initial state) -8.15 

δ
13

Criv Regular carbonate deposits (riverine input) 0.28 

δ
13

Cphy Phytoplankton fractionation -24.0 

δ
13

Cvol Volcanic carbon -4.00 

δ
13

Cker Kerogenic carbon -20.0 

δ
13

Ccar Shelf carbonate deposits 1.5 to 3.0 

δ
13

Ccap ‘Carbon capacitor’ e.g. permafrost, peat -23.0 
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Chapter 4:   

Declining sensitivity of the carbonate 

compensation depth to sea level during 

the Cenozoic 

In this chapter the shelf-basin carbonate burial fractionation hypothesis is 

investigated in order to quantify the relationship between shelf carbonate burial 

extent, the carbonate compensation depth, and changing sea-level during the 

Cenozoic. This chapter forms the basis of a manuscript in preparation for publication 

with the following authors: Armstrong McKay, D. I., Tyrrell, T., and Wilson, P. A. 

4.1 Abstract 

Over the course of the Cenozoic the global carbonate compensation depth 

(CCD), the depth in the ocean below which carbonate deposited on the seafloor is not 

preserved, has shifted from a relatively shallow average position (~3000 to 3500 m) in 

the Palaeocene to a relatively deep position (~4600 m) today. Various hypotheses have 

been proposed to explain this shift, including increased input of weathering products 

to the ocean, decreased bottom-water corrosivity, and the decline of shelf carbonates 

shifting carbonate burial to the deep ocean (known as ‘carbonate burial fractionation’). 

Here we build on earlier attempts to quantify the impacts of carbonate burial 

fractionation on the CCD by analysing global hypsometric and carbonate burial data 

and determining the relationship between sea level, shelf carbonate burial extent, and 

the CCD. We show that if carbonate burial rates remain constant across the Cenozoic 

then carbonate burial fractionation can explain 550 to 800 m out of the long-term 

~1600 m CCD deepening in the equatorial Pacific, ~430 m of which occurring across 

the Eocene-Oligocene Transition (EOT) ~34 million years ago. This finding indicates 

that other processes dominated CCD change before and after the EOT. We find that 

the sensitivity of the CCD to sea level change was at its greatest prior to the EOT and 

declined subsequently due to the loss of extensive carbonate platforms at the end of 

the Eocene and the intersection of the CCD with large tracts of the abyssal plain. 
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4.2 Background 

4.2.1 Evolution of the Cenozoic carbonate system 

The configuration of the Earth’s carbon cycle has significantly changed during 

the course of the Cenozoic era (the last 66 My). One of the biggest changes has 

occurred in the ocean carbonate system, with a significant increase in ocean basin 

carbonate accumulation instigating the depth in the ocean below which carbonate is 

no longer preserved in seafloor sediment, known as the carbonate compensation depth 

(CCD), to deepen from about ~3000 m in the early Eocene to ~4600 m today in the 

equatorial Pacific (Figure 4-1) [van Andel, 1975; Hay, 1985; Opdyke and Wilkinson, 

1988; Lyle, 2003; Pälike et al., 2012]. Much of this CCD deepening occurred during the 

Eocene-Oligocene Transition (EOT) ~34 million years ago (Ma), during which the 

CCD permanently deepened by at least 500 m in conjunction with a ~1 ‰ benthic δ13C 

excursion [Coxall et al., 2005; Coxall and Wilson, 2011]. Biogeochemical modelling 

suggests that the EOT carbon cycle perturbation was mostly driven by carbonate 

burial shifting from shelf settings to the ocean basins because of glacioeustatic sea 

level fall, coupled with the weathering of freshly exposed 13C-rich shelf carbonates and 

potentially a degree of increased ocean ventilation and permafrost expansion [Chapter 

3 – Armstrong McKay et al., in revision; Merico et al., 2008]. 

Significant questions remain though as to why the CCD change at the EOT 

was so unique, and whether carbonate burial shifted enough to drive the observed 

CCD deepening. The CCD also deepened over the course of the Eocene when the 

cryosphere is likely to have had a negligible global impact, implying that other factors 

drove a significant proportion of the long-term CCD deepening. The burial of 

carbonate in ocean sediments represents one of the largest reservoirs of carbon in the 

geological carbon cycle and therefore acts as a long-term sink for carbon [Walker et al., 

1981; Kump et al., 1999, 2000]. The increase in ocean basin carbonate accumulation 

occurred in parallel to the Earth shifting from a high-CO2 (>500 ppm) to a low-CO2 

(<500 ppm) atmosphere, leading to the suggestion that some of this decline in 

atmospheric CO2 (atmCO2) may be due to increased carbon sequestration in deep ocean 

sediment [Hay, 1985; Beerling and Royer, 2011]. As a result, establishing the drivers 

of the long-term CCD deepening and the impact this had on the magnitude of ocean 

carbonate accumulation is therefore crucial in understanding the evolution of the 

carbon cycle, and therefore climate change, during the Cenozoic.  
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Figure 4-1: Cenozoic palaeorecords of: a) the global benthic δ13C compilation, b) carbonate 

compensation depth (CCD) reconstructed in the equatorial Pacific, and c) atmospheric CO2 

reconstructions [Zachos et al., 2001b, 2008; Beerling and Royer, 2011; Pälike et al., 2012]. The 

black dotted line in panel b illustrates the depth (~4.5 km) at which the most abundant section 

of the seafloor begins and where the CCD is therefore most buffered against change. 

4.2.2 Potential drivers of Cenozoic CCD change 

4.2.2.1 Weathering and the CCD 

One potential driver of the long-term deepening of the CCD during the 

Cenozoic is the increase in terrestrial weathering during the last 66 My, as suggested 

by the history of the secular change in the strontium, osmium, and lithium isotope 

composition of seawater [Palmer and Elderfield, 1985; Peucker-Ehrenbrink et al., 

1995; Peucker-Ehrenbrink and Ravizza, 2000; Misra and Froelich, 2012]. Gradually 

increasing terrestrial weathering would result in increased delivery of alkalinity and 

Ca2+ to the ocean, which should in turn increase the carbonate saturation state of the 

ocean and thus deepen the CCD until river inputs and burial outputs are once more in 

balance [Walker et al., 1981; Rea and Lyle, 2005; Sluijs et al., 2013]. This mechanism 

has been invoked as a potential driver of the EOT CCD deepening as well as providing 

a positive feedback on glaciation through the drawdown of atmCO2 [Kump and Arthur, 
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1997; Rea and Lyle, 2005; Zachos and Kump, 2005; Griffith et al., 2011; Scher et al., 

2011; Basak and Martin, 2013].  

In contrast, various reconstructions of Cenozoic weathering rates do not reflect 

the gradually increasing weathering rates implied by the strontium, osmium, and 

lithium isotope curves. While strontium and carbon mass balance calculations have 

suggested gradually increasing weathering rates during the Cenozoic [e.g. Raymo et 

al., 1988; Raymo and Ruddiman, 1992; Raymo, 1994], recent calculations also 

including osmium instead suggest that silicate weathering rates declined during most 

of the Cenozoic while carbonate and organic carbon weathering rates increased only 

in the last 20 My [Li et al., 2009]. Sediment accumulation and erosion rates imply 

relatively constant Cenozoic weathering rates overall once corrected for observational 

bias [Willenbring and von Blanckenburg, 2010]. Modelling of the impact of continental 

drift and weathering of different lithologies suggests weathering intensity has been 

relatively similar to modern during most of the Cenozoic [Lefebvre et al., 2013]. The 

lack of significant shifts in calcium isotope data during the Cenozoic also argues 

against any rapid change in weathering rates [De La Rocha, 2000; Griffith et al., 

2011], while the episode of Himalayan uplift that potentially drove major weathering 

increases during the Miocene does not coincide with any long-term CCD deepening 

[Raymo et al., 1988; Raymo and Ruddiman, 1992; Raymo, 1994; Goddéris and 

François, 1996]. Recent Earth system modelling has also questioned the hypothesised 

tight coupling between increased weathering and CCD deepening, with an increase in 

carbonate preservation above a relatively stable CCD modelled despite increasing 

weathering rates during the late Palaeocene [Greene et al., in review]. 

4.2.2.2 Ocean mixing, productivity and the CCD 

It has also been suggested that the EOT CCD deepening was primarily driven 

by increased ocean ventilation as a result of either the opening of ocean gateways, a 

strengthening meridional temperature gradient due to global cooling, or the effects of 

ice sheet growth on polar deep-water formation [Kennett, 1977; Miller et al., 2009; 

Ladant et al., 2014a; Sijp et al., 2014]. An increase in ocean mixing rates reduces deep 

water acidity (at least initially), and so might be expected to enhance CaCO3 

preservation and thus deepen the CCD. The development of the intense upwelling 

zone in the Southern Ocean could have also shifted the balance of productivity from 

calcifying to silicifying phytoplankton, which would reduce CaCO3 export and should 

therefore reduce CaCO3 burial, increase the carbonate saturation state of the ocean 

(Ω), and deepen the CCD [Zachos et al., 1996; Salamy and Zachos, 1999; Coxall et al., 
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2005; Zachos and Kump, 2005; Scher and Martin, 2006; Berger, 2007; Scher et al., 

2011]. Ocean cooling is also predicted to lead to increased Corg preservation and burial 

[Zachos et al., 1996; Olivarez Lyle and Lyle, 2006; John et al., 2014], which in turn 

would reduce deep ocean Dissolved Inorganic Carbon (DIC) concentration relative to 

alkalinity and therefore lead to de-acidification and increased Ω in deep-water. 

However, biogeochemical modelling of increased ocean mixing rates and changing 

export and burial ratios has shown that these mechanisms are either only capable of 

driving temporary deepenings during times of glacial intensification or also result in 

major changes in benthic δ13C in contrast to the palaeorecord [Chapter 3 – Armstrong 

McKay et al., in revision; Merico et al., 2008]. 

4.2.2.3 Carbonate shelves and the CCD 

During the last ~140 My the extent of shelf carbonate burial has declined 

relative to burial in deep ocean basins [Hay, 1985; Parrish, 1985; Hay et al., 1988; 

Opdyke and Wilkinson, 1988; Boss and Wilkinson, 1991; Nakamori, 2001]. This shelf-

basin fractionation is hypothesised to be primarily the result of falling sea level as ice 

sheets grew in volume and mid ocean ridge volumes declined with decreased 

spreading rates [Berger and Winterer, 1975; Sclater et al., 1979; Kump and Arthur, 

1997]. As a result of the reduction in shelf carbonate burial it is posited that the CCD 

deepened in order to increase pelagic CaCO3 burial so as to restore balance between 

alkalinity inputs and outputs. Biogeochemical modelling of this hypothesis found it to 

be sufficient to drive the EOT CCD deepening and at least part of the benthic δ13C 

excursion [Chapter 3 – Armstrong McKay et al., in revision; Merico et al., 2008], while 

the inverse of this scenario (increased shelf carbonate burial driving a CCD shoaling) 

has been proposed as a major driver of the Middle Eocene Climatic Optimum (MECO) 

carbon cycle perturbation [Sluijs et al., 2013]. However, in order to deepen the CCD 

permanently by ~500 m at the EOT it is necessary to reduce permanently shelf 

carbonate burial by ~80 %, which raises the question of why other episodes of sea 

level fall of similar magnitude in the Eocene or sea level rises during the Oligocene 

did not also permanently affect shelf carbonate burial [Lyle et al., 2008; Miller et al., 

2009]. Given the relative stability of the CCD in the equatorial Pacific during the 

Oligocene (Figure 4-1) it is necessary to explain why the CCD was apparently 

sensitive to sea level change across the EOT but not subsequently. The lack of 

significant ice sheets prior to the EOT also suggests that CCD fluctuations prior to 

the EOT are unlikely to be primarily driven by this mechanism [Edgar et al., 2007]. 
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4.2.3 Study aims 

The impact of changing shelf carbonate burial on the CCD has previously been 

explored by simply scaling decreased shelf carbonate burial coverage to increased 

basin carbonate extent and estimating the CCD deepening this requires [Berger and 

Winterer, 1975; Sclater et al., 1979; Kump and Arthur, 1997]. However, since then 

better estimates of changing carbonate burial rates and extent [Parrish, 1985; Opdyke 

and Wilkinson, 1988], more reliable sea level reconstructions [Müller et al., 2008; de 

Boer et al., 2010], higher-resolution global hypsometric data [Amante and Eakins, 

2009; Eakins and Sharman, 2012], and a higher-resolution CCD palaeorecord from 

the equatorial Pacific [Pälike et al., 2012] have become available, and we can therefore 

perform a more rigorous and detailed analysis of the impact of changing shelf 

carbonate burial on the CCD. In this study we aim to provide a more accurate and 

quantitative understanding of the carbonate burial shelf-basin fractionation 

hypothesis by estimating the impact of the decline of shelf carbonate burial on the 

carbonate compensation depth using the available data on oceanic carbonate burial 

rates, global hypsometry, and carbonate burial extent. The resulting understanding 

sheds new light on the extent to which this hypothesis can be implicated in the 

evolution of the Cenozoic ocean carbonate system and what other mechanisms might 

be required. 

4.3 Methodology 

4.3.1 Carbonate burial rates and extent 

The burial of carbonate on ocean shelves limits the deposition of carbonate in 

ocean basins by reducing the carbonate saturation state of the ocean and thus causing 

the CCD to shoal. In order to quantify this relationship we compare carbonate burial 

rates for both ocean shelves and basins and estimate the increase in basin carbonate 

burial necessary to compensate for a loss of shelf carbonate burial. Around 0.25 Pg of 

CaCO3 is buried in shelf settings per year today and probably during the Oligocene as 

well, whereas the Eocene burial rate is thought to have been much higher (1.25 to 1.5 

Pg CaCO3 y-1) [Opdyke and Wilkinson, 1988]. If correct, this represents a 1.0 to 1.25 

Pg CaCO3 y-1 reduction in shelf carbonate burial between the Eocene and Oligocene, 

which, assuming a constant total ocean carbonate burial rate, implies that basin 

carbonate burial rates must have commensurately increased. Ocean basin carbonate 
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burial occurs over a much wider area than on ocean shelves, with a basin carbonate 

burial flux (i.e. burial rate per unit area) of ~2.8*107 g CaCO3 km-2 y-1 compared to 

~9.0*107 g CaCO3 km-2 y-1 on shelves. Assuming that the shelf and basin carbonate 

burial fluxes have remained constant over time, all of the lost shelf carbonate burial is 

transferred to basins, and that sediment processes such as respiration-driven 

dissolution and sedimentation rates do not change sufficiently to decouple carbonate 

burial and the CCD, any transfer of carbonate burial from shelf to basin would 

therefore require an approximately three-fold larger increase in basin carbonate 

burial area than the area of shelf carbonate burial lost (Figure 4-2). 

 

Figure 4-2: Schematic illustrating shelf-basin carbonate burial fractionation due to 

eustatic sea level fall. Panel a) shows the relative extent of shelf and basin carbonate burial, 

with the former occupying a smaller area but with a roughly threefold higher carbonate burial 

flux than the latter, prior to the fall in sea level shown in panel b), where, assuming constant 

carbonate burial fluxes, the reduction in shelf carbonate burial extent due to the falling sea 

level results in an increase in basin carbonate burial extent roughly threefold the area of lost 

shelf carbonate burial. 
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4.3.2 Linking hypsometry and carbonate burial 

In order to transform the required increase in basin carbonate burial area into 

the CCD deepening that would bring it about, it is necessary to calculate the 

relationship between depth and ocean-floor area from global hypsographic curves. We 

assume that modern global hypsometry is approximately equal to global hypsometry 

in the Eocene as tectonic spreading rates were similar to today [Müller et al., 2008]. 

Prior to the Eocene, elevated seafloor spreading rates would have increased the height 

of mid-ocean ridges and thus significantly altered the hypsographic curve [Berger and 

Winterer, 1975]. We use the ‘NOAA Hypsographic Curve of Earth's Surface’ from 

ETOPO1, which is based on a 1 arc-minute representation of Earth's solid surface 

integrating both terrestrial topography and ocean bathymetry from multiple datasets 

including SRTM30, GEBCO, IBCAO and regional bathymetric data [Amante and 

Eakins, 2009; Eakins and Sharman, 2012]. As can be seen in Figure 4-3, this dataset 

records the global area of each 1 m elevation of the Earth’s solid surface, and, as a 

result, can be used to estimate how much extra seafloor area corresponds to each 1 m 

deepening of the CCD. Figure 4-4 illustrates the hypsometry curve between 3000 and 

5500 m below modern sea level (mbmsl), showing how the area of the ocean floor at a 

given depth increases from ~50000 km2 m-1 at 3000 mbmsl to ~120000 km2 m-1 at  

 

Figure 4-3: Global hypsographic curve of the Earth’s surface. Plotted from the ‘NOAA 

Hypsographic Curve of Earth's Surface’ based on ETOPO1, a 1 arc-minute representation of 

Earth's solid surface integrating both terrestrial topography and ocean bathymetry from 

multiple different datasets [Amante and Eakins, 2009; Eakins and Sharman, 2012]. 



Chapter 4:  Declining CCD sensitivity to sea level change 

85 

 

Figure 4-4: Histograms of the area of the seafloor between 3000 and 5500 mbmsl for each 1 

m depth interval (bottom x-axis, blue line) and in 500 m depth bins (top x-axis, red bars). 

Plotted from the ‘NOAA Hypsographic Curve of Earth's Surface’ based on ETOPO1, a 1 arc-

minute representation of Earth's solid surface integrating both terrestrial topography and 

ocean bathymetry from multiple different datasets [Amante and Eakins, 2009; Eakins and 

Sharman, 2012]. 

~4500 mbmsl, before declining slightly to ~110’000 km2 m-1 at 5200 mbmsl and then 

declining even more rapidly below that. As a result of this pattern there is not a 

simple relationship between increasing depth and ocean floor area. 

Between 3000 and 4500 mbmsl the seafloor increase per 1 m depth increment 

can be approximated by the following equation: 

                                                  Equation 4-1 
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where      is the area of seafloor at each depth increment (km2) and   is the ocean 

depth (mbmsl). To calculate the cumulative area covered across a depth range, this 

equation becomes: 

                     
    

    
                         

    
                 

            Equation 4-2 

where         is the cumulative area of seafloor (km2) over the depth range between 

     and      (mbmsl). For the 4500<D≤5200 depth range, in which the seafloor area 

per depth increment is relatively constant heaving reached an inflection point 

between 4300 and 4500 m, the cumulative area is instead given by: 

                     

    
                                 Equation 4-3 

where        is the cumulative area of seafloor (km2) over the depth range between 

     and      (mbmsl). Equations 4-2 and 4-3 predict an ocean floor area of 33.7*106 

km2 between 3000 and 3500 mbmsl, 46.4*106 km2 between 3500 and 4000 mbmsl, 

59.5*106 km2 between 4000 and 4500 mbmsl, and 56.7*106 km2 between 4500 and 

5000 mbmsl, all of which closely match the values given by the hypsometric curve for 

these depth ranges of 33.1*106 km2, 47.8*106 km2, 58.3*106 km2, and 56.7*106 km2 

respectively (Figure 4-4). Based on Equations 4-2 and 4-3 we can construct the 

following equation relating the decline in shelf carbonate burial extent to the increase 

in basin carbonate burial extent: 

        
                     

    
   

     
                       

             

    
   

     
                                             

   Equation 4-4 

where        is the area of shelf carbonate burial lost (km2) and   is the depth in the 

range between      and      (mbmsl),        is the shelf carbonate burial flux (9.0*107 

g CaCO3 km-2 y-1), and        is the basin carbonate burial flux (2.8*107 g CaCO3 km-2 

y-1). The areas are converted into carbonate burial rates (       or       ; in g CaCO3 y-

1) by multiplying the carbonate burial extent by the carbonate burial flux for shelf and 

basin respectively. 
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Figure 4-5: Reconstruction of Cenozoic sea level relative to modern sea level. Data 

compiled from inverse modelling of benthic δ18O (interpolated and smoothed from original 

dataset at lower resolution) and the sea level impact of changing ocean ridge volume [Müller et 

al., 2008; de Boer et al., 2010]. Since ~55 Ma changing ocean ridge volume had a relatively 

minor impact on the sea level curve, with most variation coming from the modelled 

glacioeustatic changes. The occurrence of the Eocene-Oligocene Transition (EOT), Miocene 

Climatic Optimum (MCO), and the Pleistocene are labelled. During the Pleistocene smoothing 

results in the sea level curve dropping below modern sea level (black dashed line) as a result of 

glacial/interglacial cycling. 

4.3.3 Shelf carbonate burial extent, sea level, and the CCD 

One of the primary hypothesised drivers of shelf carbonate burial area loss is 

sea level fall as polar ice sheets grew (Figure 4-5). Figure 4-6 illustrates the relative 

abundance of the Earth’s terrain between 150 m above modern sea level (mamsl) and 

50 mbmsl, indicating that relatively small changes in sea level within this range can 

greatly alter the extent of shelf environments. Some 35.7*106 km2 (~7.1 %) of the 

Earth’s surface lies between 100 mamsl and 50 mbmsl, the hypsometric range within 

which sea level has mostly fluctuated during the Cenozoic, yielding an average shelf 

area loss of ~2.4*105 km2 per 1 m of sea level fall. This does not include the impact of 

isostatic rebound which would tend to increase the exposure of land with sea level fall 

and thus increase the area of shelf lost with sea level fall [Berger and Winterer, 1975].  
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Figure 4-6: The hypsometry of the Earth’s surface within 500 m of modern sea level. 

Plotted from the ‘NOAA Hypsographic Curve of Earth's Surface’ based on ETOPO1, a 1 arc-

minute representation of Earth's solid surface integrating both terrestrial topography and 

ocean bathymetry from multiple different datasets [Amante and Eakins, 2009; Eakins and 

Sharman, 2012]. 

Combined with an estimate of the global proportion of shelf settings in which 

carbonate burial occurs and the shelf carbonate burial flux       , it is possible to 

estimate the change in global shelf carbonate burial rate due to changing sea level: 

                                       Equation 4-5 

where        is the change in global shelf carbonate burial rate (g CaCO3 y-1),   is the 

change in sea level (m),   is the average area of shelf lost per metre of sea level fall 

(~2.4*105 km2 m-1 between 100 mamsl and 50 mbmsl; more than estimated in Berger 

and Winterer [1975]),   is the global proportion of shelf environments occupied by 

carbonate burial (~0.32 in the Eocene, ~0.06 today [Opdyke and Wilkinson, 1988]), 
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and        is the shelf carbonate burial flux (9.0*107 g CaCO3 km-2 y-1). Since      , 

we can then use Equations 4-4 and 4-5 to formulate a relationship between sea level 

change and carbonate burial shelf-basin fractionation: 

       
                     

    
                                  

             

    
                                                        

    

            Equation 4-6 

As a result it is possible to calculate the CCD deepening caused by the loss of 

shelf carbonate burial extent due to a given drop in sea level by solving the equations 

above for  . On top of this, as the CCD is relative to sea level the direct impact of 

falling sea level on the CCD is included in Equation 4-6 by adding   to the calculated 

deepening. For example, a drop in sea level from 75 to 0 mamsl, the estimated 

maximum glacioeustatic sea level fall across the EOT, would expose nearly half 

(~17*106 km2 of 41*106 km2) of the continental shelf, which in turn results in a ~0.51 

Pg y-1 decrease in shelf carbonate burial and therefore deepens the CCD by ~270 m 

(~195 m from shifting carbonate burial, 75 m from falling sea level baseline) (Figure 

4-7). A more modest sea level fall from 50 to 0 mamsl exposes ~12*106 km2 out of 

33.0*106 km2 of continental shelf and would deepen the CCD by ~190 m (~140 m from 

shifting carbonate burial, 50 m from falling sea level baseline). The difference 

between the Cenozoic sea level extremes of up to ~100 mamsl in the Palaeocene-

Eocene, providing a maximum shelf carbonate burial extent of  ~15.0*106 km2 

[Opdyke and Wilkinson, 1988], to ~120 mbmsl in the Last Glacial Maximum, which 

effectively eliminates all shelf carbonate burial as the vast majority of continental 

shelves would be exposed, yields a maximum CCD variation of ~800 m (~560 m from 

shifting carbonate burial, ~220 m from falling sea level baseline) (Figure 4-7). 
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Figure 4-7: Bar chart illustrating the estimated deepening of the CCD in response to 

different processes driving shelf carbonate extent decline during the Cenozoic and the Eocene-

Oligocene Transition (EOT) in particular. The ~5o burial latitude contraction represents a 

reduction in potential carbonate burial extent from 56 to 46 % of global shelf area, carbonate 

(Carb.) platform decline represents a decline in actual carbonate burial extent within the 

potential carbonate burial extent from 43 to 14 % [Opdyke and Wilkinson, 1988], and eustatic 

fractionation represents the loss of global shelf area due to sea level fall combined with the 

shift in sea level baseline. 

Based on the above calculations, we can estimate both the CCD deepening 

caused by declining shelf carbonate burial and the changing sensitivity of the CCD to 

sea level change during the Cenozoic. The sensitivity of the CCD is estimated by 

calculating the CCD deepening achieved per metre of sea level fall based on estimated 

changes in carbonate burial extent during the Cenozoic (Figure 4-8b) [Parrish, 1985; 

Opdyke and Wilkinson, 1988]. We estimate that declining shelf carbonate burial 

extent drove ~550 m of CCD deepening during the Cenozoic (Figure 4-8c), while the 
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sensitivity of the CCD to sea level change roughly halves from ~3.1 m per metre of sea 

level change in the early Cenozoic to ~1.6 m per metre of sea level change after the 

EOT (Figure 4-8d and Figure 4-9) (in contrast to the estimate of Berger and Winterer 

[1975] and Sclater et al. [1979] of 3 to 4 m per metre of sea level change in the 

present). 

 

Figure 4-8: Cenozoic plots of: a) reconstructed sea level relative to modern (0 mamsl), b) 

estimated shelf carbonate burial extent [Parrish, 1985; Opdyke and Wilkinson, 1988], c) CCD 

deepening relative to 50 Ma (estimated using Equation 4-6 and shelf carbonate burial extent), 

and d) the sensitivity of the CCD to falling sea level illustrated by the estimated CCD 

deepening per 1 m of sea level fall. The Eocene-Oligocene Transition (EOT) and Miocene 

Climatic Optimum (MCO) are labelled (and the EOT marked by the vertical black dashed line) 

and the yellow bar between 40 and 30 Ma marks the period during which we conclude that the 

ocean carbonate system shifted state. 
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Figure 4-9: Cross-plot illustrating the changing sensitivity of the CCD to hypothetical falls 

in sea level during the last 70 My. The estimated relationship of CCD deepening to sea level 

fall in four time-slices prior to the EOT form a cluster of lines with gradients roughly double 

those of the time-slices after the EOT. The gradient inflection in each line represents the drop 

in sensitivity once sea level drops below 50 mbmsl (based on the height of average sea level 

around each time-slice in Figure 4-5 relative to 50 mbmsl). 

4.3.4 Climate change, tectonics, and the CCD 

Although sea level has been commonly invoked as the driver of shelf carbonate 

burial decline, Cenozoic cooling could have also affected shelf carbonate burial 

patterns in other ways. Palaeorecords indicate global cooling, the intensification of the 

global meridional gradient, and the latitudinal contraction of tropical and sub-tropical 

biomes across the EOT [Prothero, 1994; Lear et al., 2008; Liu et al., 2009; Coxall and 

Wilson, 2011; Wade et al., 2011; Bohaty et al., 2012; Houben et al., 2012]. Although not 

climate-driven, the shrinkage of the Tethys Ocean and epicontinental seas in sub-

tropical regions between the Eocene and Miocene would have combined with global 

cooling to further reduce the warm shelf area suitable for carbonate burial [Higgins 

and Schrag, 2006; Allen and Armstrong, 2008; Okay et al., 2010; Bosboom et al., 

2011]. Reconstructions of carbonate burial extent also indicate that the proportion of 

tropical shelf area in which carbonate platforms formed also declined from ~43 to ~14 
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% between the late Eocene and the early Oligocene [Opdyke and Wilkinson, 1988]. As 

most carbonate production occurs in warm waters and is concentrated in carbonate 

platform areas, all of these trends would have reduced the extent of shelf carbonate 

burial during the Cenozoic.  

During the late Eocene (~40 Ma) there was ~41.0*106 km2 of continental shelf, 

of which ~23.0*106 km2 is estimated to have been within the latitudinal limits of 

carbonate deposition and ~11.5*106 km2 estimated to be the site of carbonate 

accumulation [Parrish, 1985; Opdyke and Wilkinson, 1988; Eakins and Sharman, 

2012]. Reducing the proportion of the potential regions of carbonate deposition within 

continental shelves from 56 % to 46 %, the estimated decrease into the early 

Oligocene, reduces the extent of potential regions of carbonate deposition to ~18.9*106 

km2 and actual carbonate platform extent (assuming a constant ratio of carbonate 

platform extent to potential carbonate deposition area) to ~8.1*106 km2, which in turn 

we estimate, based on calculating the reduction in shelf carbonate burial rate, would 

result in a ~110 m CCD deepening (Figure 4-7). Reducing the proportion of the extent 

of carbonate platforms within the potential regions of carbonate deposition from 43 % 

to 14 % reduces carbonate burial extent to ~3.2*106 km2, which we estimate would 

result in a ~290 m CCD deepening. Combining the reductions in both potential 

carbonate deposition area and the proportion of carbonate platform extent within that 

area results in an estimated CCD deepening of ~310 m. This deepening is less than 

the summation of these drivers when considered separately because the decline in 

potential carbonate burial extent consequently limits the absolute impact of the 

declining proportion of carbonate platform extent. 

4.4 Results and Discussion 

4.4.1 Cenozoic case studies 

In this section we explain how our new data analyses shed new light on known 

periods of major CCD change during the Cenozoic. 

4.4.1.1 The Eocene-Oligocene Transition 

A combination of glacioeustatic sea level fall and global cooling across the EOT 

would have driven the CCD-deepening processes of carbonate burial fractionation and 

carbonate platform decline simultaneously. Based on the calculations in the sections 

above, we estimate that combining (1) a fall in sea level from 75 to 0 mamsl, (2) a 
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decrease in potential carbonate burial extent from 56 % to 46 % of global shelf area, 

and (3) a decline in carbonate burial extent within the potential carbonate burial area 

from 43 % to 14% results in ~10.0*106 km2 of shelf carbonate burial area being lost 

across the EOT, a four-fold reduction in carbonate burial extent compared to the 

Eocene. This would in turn require basin carbonate burial area to increase by 

~31.9*106 km2 through a ~430 m deepening of the CCD (Figure 4-7). Assuming no 

change in the proportion of potential carbonate burial extent reduces the CCD 

deepening to ~410 m, while assuming instead no change in the proportion of 

carbonate platform extent reduces the CCD deepening to ~310 m. These calculations 

compare favourably with the modelling of Chapter 3 [Armstrong McKay et al., in 

revision], in which a long-term CCD deepening of ~500 m at the EOT is achieved by 

an 80 % reduction in shelf carbonate burial compared to our estimate in this work of 

an ~87 % reduction in shelf carbonate burial resulting in a ~430 m deepening. 

4.4.1.2 Miocene Climatic Optimum 

In the mid-Miocene the CCD shoaled by ~450 m in the equatorial Pacific at 

~18.0 Ma before re-deepening to its early Miocene depth after 16.0 Ma, after which it 

did not shoal substantially again in the rest of the Cenozoic [Pälike et al., 2012]. It has 

previously been suggested that this shoaling was due to a “carbonate famine” in which 

carbonate production significantly declined in the equatorial surface waters [Lyle, 

2003; Pälike et al., 2012]. In contrast, biogeochemical modelling suggests that, 

assuming this is a global CCD change, the re-deepening of the CCD after 16.0 Ma 

could be driven by a combination of carbonate burial fractionation and weathering 

pulses of newly exposed carbonate shelves, implying in turn that the shoaling at ~18.0 

Ma might instead represent a partial recovery in shelf carbonate burial compared to 

the Eocene [Chapter 2 – Armstrong McKay et al., 2014]. This shelf recovery could be 

linked with the global warming and Antarctic ice sheet retreat that took place during 

the Miocene Climatic Optimum and the subsequent return to icehouse conditions 

during the mid-Miocene Climate Transition [Zachos et al., 2001b; Billups and Schrag, 

2003; Holbourn et al., 2007; Passchier et al., 2011]. However, our calculations suggest 

that the mid-Miocene CCD shoaling would require ~1.5 Pg of CaCO3 burial to be 

shifted from deep to shelf settings, which, even if potential carbonate burial area was 

restored to late Eocene levels, would require an unrealistic ~420 m of sea level rise if 

the shoaling was entirely driven by sea level change. Even restoring shelf area and 

the extent of potential carbonate deposition regions and carbonate platforms from 

estimated to Eocene values, that is to say a complete reversal from icehouse to 
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greenhouse conditions, results in only ~320 m of CCD shoaling. This indicates that 

carbonate burial fractionation can explain some of the mid-Miocene CCD shoaling but 

another process is also required in order to drive at least another 130 m of CCD 

shoaling (assuming that the equatorial Pacific CCD record represents the global CCD 

change). 

4.4.1.3 Mid-Eocene Climatic Optimum and the late Eocene 

The temporary ~800 m global shoaling of the CCD associated with the Middle-

Eocene Climatic Optimum (MECO) event at ~40 Ma has previously been partially 

attributed to a rise in sea level driving increased shelf carbonate burial [Bohaty et al., 

2009; Spofforth et al., 2010; Sluijs et al., 2013]. We estimate that this process would 

call for a ~2.3 Pg y-1 increase in the shelf carbonate burial rate during MECO, which 

would require at least a ~340 m increase in sea level. This is around three times 

larger than the sea level change seen during the Last Glacial Maximum, and as any 

ice sheets prior to the EOT are likely to have been relatively limited an increase in 

sea level of this magnitude is clearly impossible [Lear et al., 2004; Edgar et al., 2007; 

Eldrett et al., 2007; de Boer et al., 2010]. Increasing carbonate burial extent to cover 

all of the global shelf area instead could drive up to ~800 m of CCD shoaling in the 

Eocene, which would in turn reduce the sea level change required to a more 

reasonable ~50 m. However, rapidly increasing carbonate burial area to its maximum 

possible global extent is not supported by the geological record, and as a result we 

conclude it is unlikely that carbonate burial fractionation played a major role in the 

MECO CCD perturbation. Because the Eocene Carbonate Accumulation Events 

(CAEs) are of a similar magnitude to MECO and occurred within a similar context 

they are also unlikely to be related to carbonate burial fractionation, and whether the 

CAEs represent global or just a regional equatorial Pacific phenomenon is debated 

[Lyle et al., 2005, 2008, 2010; Pälike et al., 2012]. 

4.4.1.4 Early Eocene Climatic Optimum 

During the Early Eocene Climatic Optimum (EECO) around 50 Ma global 

temperatures reached their highest point of the Cenozoic [Zachos et al., 2001b, 2008] 

and the CCD was as shallow as ~3000 mbmsl in the equatorial Pacific [Pälike et al., 

2012]. Based on estimated areas of total global shelf, potential carbonate deposition, 

and carbonate platforms for 50 Ma, our calculations suggest a CCD only ~360 m 

shallower than just prior to the EOT (i.e. a CCD of 3600 to 3700 mbmsl), and the 
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calculations in the previous sections indicate that even if carbonate burial covered the 

total global shelf area the CCD would only reach ~3200 mbmsl. 

4.4.1.5 Pleistocene glacial/interglacial cycle 

During the Pleistocene sea level varied by up to ~145 m in step with the 

glacial/interglacial cycle. However, much of this sea level range was below 50 mbmsl, 

where the area of shelf exposed per 1 m of sea level fall is far less than it is between 

150 mamsl and 50 mbmsl, and thus sea level fall had a far smaller impact on shelf 

carbonate burial (Figure 4-9). The CCD was also already below ~4500 mbmsl by the 

late Pliocene and so the CCD was already situated in the abundant abyssal plain 

where even a small deepening can cover a large area. This reduced CCD sensitivity to 

sea level (decreasing to ~1.3 m of CCD deepening per 1 m sea level fall by 0 Ma) may 

explain why the global CCD does not deepen significantly with the intensification of 

Northern Hemisphere glaciation and does not vary by more than 100 to 200 m during 

the subsequent glacial/interglacial cycles [Farrell and Prell, 1989; Lee et al., 2000; 

Lyle, 2003; Lyle et al., 2008; Pälike et al., 2012]. 

4.4.2 Cenozoic implications 

From our calculations in Section 4.4.1.1 it is clear that up to ~430 m of the 

~500 m long-term CCD deepening observed at the EOT can be achieved through a 

decline in shelf carbonate burial driven by a combination of glacioeustatic sea level 

fall and the decline of carbonate platforms. However, in Section 4.3.3 we estimate that 

the maximum possible CCD deepening achievable during the Cenozoic is ~800 m, 

based on ~220 m of sea level fall between the early Cenozoic and the Last Glacial 

Maximum and the complete loss of a maximum Cenozoic carbonate burial area extent 

of ~15.0*106 km2. Estimates of the actual decline in shelf carbonate burial extent 

during the Cenozoic indicate a more modest ~550 m of CCD deepening since the 

Eocene (Figure 4-8). Shelf-basin carbonate burial fractionation can therefore only 

explain 120 to 370 m of the ~1100 m equatorial Pacific CCD deepening that did not 

take place during the EOT. The significant variability of the CCD prior to the EOT is 

probably mostly driven by processes other than carbonate burial fractionation as the 

majority of the potential carbonate burial fractionation-induced CCD deepening 

occurred during the EOT. After the EOT the sensitivity of the CCD to sea level change 

declined and CCD variability declined, but ice sheet retreat and global warming 

during the Miocene Climatic Optimum may have allowed a temporary and partial 
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recovery in shelf carbonate burial in the mid-Miocene. This suggests that shelf-basin 

carbonate burial fractionation can partially explain how the mid-Miocene CCD 

shoaling interrupted an otherwise stable CCD during the Oligocene and Miocene. 

4.4.3 Why is the EOT unique? 

Palaeorecords of sea level and benthic δ18O suggest that ice sheet volume and 

sea level varied considerably during the Oligocene and Miocene [Wade and Pälike, 

2004; Palike et al., 2006; Liebrand et al., 2011], but despite these fluctuations the 

CCD appears to have remained relatively stable. This observation implies that 

carbonate burial fractionation was not a significant driver of CCD change in these 

times despite being implicated in the EOT and mid-Miocene CCD perturbations. Our 

results indicate that this is because the sensitivity of the CCD to sea level change 

decreased from ~3.1 to ~1.6 m per 1 m of sea level fall before and after the EOT, 

indicating that sea level fluctuations after the EOT would have had much less impact 

(around half as much) on the CCD as beforehand. This drop in CCD sensitivity arises 

from a combination of factors. Firstly, shelf carbonate burial extent sharply declined 

across the EOT from an average of ~12.7*106 km2 beforehand to ~3.7*106 km2 since 

the EOT (Figure 4-8). This rapid decline was driven by the large area of terrain 

within ~75 mamsl that was lost as a carbonate deposition setting (Figure 4-6), the 

preponderance of shelf environments in sub-tropical latitudes such as the Tethys 

Ocean and epicontinental seas, and the decline in carbonate platform extent within 

potential carbonate deposition regions [Berger and Winterer, 1975; Opdyke and 

Wilkinson, 1988; Kump and Arthur, 1997; Higgins and Schrag, 2006; Allen and 

Armstrong, 2008; Amante and Eakins, 2009; Okay et al., 2010; Bosboom et al., 2011; 

Eakins and Sharman, 2012]. Secondly, after the EOT the CCD intersects the abyssal 

plain (between 4500 and 5200 mbmsl), which is the depth range of the ocean with the 

largest seafloor area (Figure 4-5). The CCD does not need to deepen significantly in 

this depth range to add a large area of new seafloor for CaCO3 accumulation (Figure 

4-10). This therefore reduces the CCD deepening necessary to compensate for 

reductions in shelf carbonate burial. Conversely, when the CCD is above 4000 mbmsl 

the CCD has to deepen significantly more in order to cover the same sea floor area, 

and so the CCD is more sensitive to changes in shelf carbonate burial above this 

depth. As a result of these two factors there appears to be a significant threshold 

within the ocean carbonate system between two states: (1) extensive carbonate 
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platforms and a shallow, sensitive CCD, and (2) small carbonate platforms and a 

deeper, better buffered CCD. We conclude that this threshold was crossed at the EOT. 

 

Figure 4-10: CCD deepening required to extend basin carbonate burial extent by 100000 

km2. Whereas at ~1000 mbmsl the CCD would have to deepen by ~8 m to cover 100000 km2, at 

~4500 mbmsl the CCD would only have to deepen by ~1 m to cover the same area. 

4.4.4 Other potential drivers of Cenozoic CCD change 

CCD variability and long-term deepening prior to the EOT cannot easily be 

explained by shelf-basin carbonate burial fractionation. In our calculations we assume 

that ocean carbonate production and burial fluxes in both shelf and basin settings 

remain constant throughout the Cenozoic. Alternatively, if carbonate production 

increased and the basin carbonate burial rate and/or flux increased during the 

Cenozoic the CCD could have deepened without the aid of carbonate burial 

fractionation. We calculate that the ~900 m of equatorial Pacific CCD deepening 

during the Cenozoic that cannot be explained by carbonate burial fractionation would 

require, assuming this correctly represents the global CCD change, an additional 

~2.57 Pg of CaCO3 burial in the deep ocean (beyond the maximum of ~1.35 Pg CaCO3 
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available to be shifted from shelves). This would require the global basin carbonate 

burial rate to increase by an additional ~170 % above the Eocene estimate used in this 

study, not including the estimated increase in basin carbonate burial due to shelf-

basin fractionation. This increase would have to be the result of an increase in 

carbonate export coupled to increased ocean alkalinity input, as a burial increase 

driven by increased carbonate productivity or preservation within sediment without 

additional alkalinity input would result in the CCD shoaling in order to balance the 

increase in burial. Modelling indicating more vigorous ocean mixing increasing 

surface nutrient supply and palaeorecords of increasing pelagic vertical sedimentation 

rates support increasing carbonate productivity over the course of the Cenozoic, while 

reconstructions of elevated carbonate weathering rates also support an increasing 

input of weathering products to the ocean [Opdyke and Wilkinson, 1988; Zachos and 

Kump, 2005; Scher and Martin, 2006; Dunkley Jones et al., 2008; Li et al., 2009; 

Goldner et al., 2014]. However, a post-EOT basin carbonate burial rate increase to 

nearly three times the Eocene rate (~3.6 times if the maximum shelf-basin 

fractionation-driven burial rate increase is also included) is not supported by current 

estimates. The basin carbonate burial rate is estimated to have increased by a 

maximum of ~1.9 Pg CaCO3 y-1 between the Eocene and today (based on pelagic 

carbonate accumulation rates increasing from as little as ~0.05*106 km3 y-1 at 50 Ma 

up to ~0.8*106 km3 y-1  today [Opdyke and Wilkinson, 1988]), of which up to ~1.35 Pg 

CaCO3 y-1 is likely to have been the result of shelf-basin fractionation. This leaves a 

shortfall in the deep carbonate burial rate of ~2 Pg CaCO3 y-1 between what is 

required to drive all of the observed CCD deepening and what is actually observed in 

the carbonate burial palaeorecord. 

Pälike et al. [2012] propose that the Carbonate Accumulation Events of the late 

Eocene [Lyle et al., 2005, 2008] could be driven by a reduction in the proportion of 

labile to refractory Corg and thus a decrease in organic matter available in seafloor 

sediment for respiration by microbes that drive carbonate dissolution as a side-effect. 

If global Corg burial rates decreased during the Cenozoic [e.g. Li et al., 2009] this could 

in turn result in greater carbonate preservation and therefore a greater ocean 

carbonate burial flux (i.e. burial per unit area). However, as described in the previous 

paragraph an increase in basin carbonate burial without an increase in alkalinity 

input and carbonate production as well would result in the CCD shoaling to the 

compensate for increased alkalinity removal. As a result, a decrease in global Corg 

burial rates and a deepening CCD implies an increase in both global carbonate 

production and terrestrial carbonate weathering. As the CCD palaeorecord is biased 
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to the equatorial Pacific it is also possible that both the CAEs and the mechanism 

proposed by Pälike et al. [2012] to explain them occurred regionally rather than 

globally, and that a fully global CCD reconstruction would feature less CCD change to 

explain than the equatorial Pacific reconstruction.  

Alternatively, if the shelf carbonate burial flux was substantially higher during 

the early Cenozoic then this would have amplified the efficacy of shelf-basin carbonate 

burial fractionation. In order to amplify carbonate burial fractionation sufficiently to 

explain all of the CCD deepening observed during the Cenozoic the shelf carbonate 

burial flux would have to be around threefold larger (from ~9*107 g km-2 y-1 to 

~2.6*108 g km-2 y-1) in the early Cenozoic than the present flux, resulting in an 

equivalent increase in the shallow carbonate burial rate. As with the scenarios 

described above though this would also necessitate a higher alkalinity input and 

carbonate production in order to prevent a compensatory CCD shoaling, and also 

requires significantly higher shelf carbonate burial rates in the Eocene (and similarly 

higher basin carbonate burial rates since the EOT after this excessive carbonate 

burial is shifted from shelf to basin settings) than currently estimated [Opdyke and 

Wilkinson, 1988]. 

We conclude that a combination of limited shelf-basin carbonate burial 

fractionation and modest increases in both shelf and basin carbonate burial rates 

driven by a long-term increase in carbonate weathering and carbonate production is 

potentially capable of explaining some but not all of the behaviour of the CCD 

palaeorecord before and after the EOT. This would also imply an increase in ocean 

sediment carbon sequestration over this time. Alternatively, it is possible that the 

Eocene CCD fluctuations and trend seen in the equatorial Pacific focused CCD 

palaeorecord may be at least partially the result of regional processes and events 

[Pälike et al., 2012], which a better constrained, global CCD palaeorecord would help 

confirm. Another difficult to constrain factor that could have also played a role in 

Cenozoic CCD dynamics is whether sediment processes such as respiration-driven 

dissolution significantly changed during this time, as this could weaken the coupling 

between carbonate weathering, carbonate burial fluxes and the CCD [Greene et al., in 

review]. 

4.5 Conclusions 

We revisit the shelf-basin carbonate burial fractionation hypothesis and 

quantify the relationship between falling sea level, loss of shelf carbonate burial area 
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and deepening of the CCD. We find that carbonate burial fractionation could have 

driven the majority (~430 m) of the long-term CCD deepening at the Eocene-Oligocene 

Transition and may have also played a role during the mid-Miocene CCD shoaling, 

but that it is unlikely to have been a major driver of the CCD fluctuations and long-

term CCD deepening during the Eocene. Analysis of the sensitivity of the CCD to 

changes in sea level demonstrates that this sensitivity declined across the EOT as a 

result of the rapid decline in carbonate platforms, extra-tropical shelf area available 

for carbonate accumulation, and the intersection of the deepening CCD with the 

abundant abyssal plain. This decline in sensitivity suggests that a threshold in the 

ocean carbonate system was crossed at the EOT which subsequently limited the 

impact of post-EOT sea level variability on the CCD and thus contributed to the 

stability of the CCD since the EOT (with the potential exception of the mid-Miocene 

shoaling). A further ~900 m of CCD deepening across the Cenozoic is unlikely to have 

been primarily driven by carbonate burial fractionation. This additional deepening 

may be the result of either an increase in carbonate weathering and export during the 

Cenozoic, elevated shelf carbonate burial fluxes amplifying shelf-basin fractionation 

in the Eocene, or a regional artefact of the equatorial Pacific-based CCD 

reconstruction. 
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Chapter 5:   

Can early warning signals be reliably 

detected in the Cenozoic palaeoclimate 

record? 

In this chapter palaeorecords of a number of perturbations to the carbon-

climate system during the Cenozoic are analysed in search for ‘early warning signals’ 

indicative of systemic instability and impending critical transitions, and the 

reliability of this method when applied to palaeorecords critically explored. This 

chapter forms the basis of a manuscript in preparation for publication with the 

following authors: Armstrong McKay, D. I., Tyrrell, T., and Wilson, P. A. Supporting 

online-only information is included at the end of this chapter (Section 5.8). 

5.1 Abstract 

Several episodes of rapid climate change and perturbations to the carbon cycle 

in Earth’s history are hypothesised to be the result of the Earth system reaching a 

tipping point beyond which an abrupt transition to a new state occurs. These critical 

transitions are common in other complex dynamical systems and are often preceded 

in datasets by indicators known as ‘early warning signals’ (EWS), such as critical 

slowing down and increasing variability, which suggest a tipping point may be about 

to be reached. Dakos et al. [2008] and subsequent studies analysed palaeorecords from 

across several past climate shifts and found that EWS can be detected prior to many 

of these events, suggesting that EWS can successfully be detected in the 

palaeoclimate record and that these events are examples of critical transitions in the 

Earth system. However, doubts have been raised about the reliability of EWS analysis 

on the palaeoclimate record, the degree to which parameter selection can affect the 

results, and the risk of committing the ‘prosecutor’s fallacy’ when analysing suspected 

critical transitions. Here we analyse the highest-resolution palaeorecords currently 

available across a number of perturbations to the carbon-climate system in the 

Cenozoic, including the Eocene-Oligocene Transition, mid-Miocene Climate 

Transition, and the Palaeocene-Eocene Thermal Maximum. We find that some but not 

all of the EWS indicators can be detected in the run-up to these events, but that some 
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of the results are highly dependent on the parameter selection. Despite these 

problems our results appear to be relatively robust in most cases, and they reveal 

useful information about the behaviour of the Earth system prior to Cenozoic carbon-

climate system perturbations. As a result, this study illustrates how EWS analysis 

can be a useful tool in palaeoclimatology when used with sufficient caution. 

5.2 Introduction 

Many complex systems have been found to include critical thresholds, widely 

known as tipping points, beyond which they undergo a regime shift by rapidly 

transitioning into a new equilibrium state [Scheffer et al., 2009, 2012; Lenton, 2013; 

Dakos et al., 2014]. It has been proposed that, prior to reaching these tipping points, 

the behaviour of these systems begins to change subtly in a way that can be detected 

using time-series analysis. These ‘early warning signals’ (EWS) could therefore 

indicate the approach of a critical transition in a system such as the modern Earth’s 

climate. If this is so then EWS should also be detectable prior to previous climate 

transitions in the palaeorecord [Dakos et al., 2008; Lenton, 2011]. However, 

palaeorecords suffer from greater dating uncertainties and a less frequent and/or 

consistent sampling rate than is possible with modern climate data, making robust 

time-series analysis more challenging. Concerns have also been raised over the 

likelihood of producing either ‘false alarms’ (where EWS appear to indicate an 

impending transition which never occurs) or ‘missed alarms’ (when no EWS occur 

prior to a transition), the extent to which these methods are dependent on subjective 

parameter choices, and the risk of confirmation bias when seeking EWS in lower 

quality environmental data prior to hypothesised climate transitions [Lenton, 2011; 

Boettiger and Hastings, 2012; Boettiger et al., 2013].  

In this study we follow published methodologies for finding EWS indicators 

[e.g. Dakos, 2008; Dakos et al., 2012; Lenton et al., 2012a, 2012b] and apply them to 

the highest-resolution palaeorecords currently available for key Cenozoic carbon-

climate system shifts hypothesised to involve tipping points. These include the 

strongly suspected cases of the Eocene-Oligocene Transition and the Palaeocene-

Eocene Thermal Maximum, as well as the possible cases of the mid-Miocene Climate 

Transition and the Oligocene-Miocene Transition. We also analyse episodes which are 

not hypothesised to involve tipping points, including the K/Pg boundary and the early 

Miocene. By doing so, we critically assess the use of this methodology in the context of 

the limitations of the palaeoclimate record and attempt to increase our understanding 
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both about the nature of the events in question and whether the EWS approach is a 

useful and valid technique in palaeoclimate research. 

5.3 Background 

5.3.1 Critical transitions and early warning signals 

One of the most important changes theorised to affect dynamical systems prior 

to a critical transition is the process known as ‘critical slowing down’ (CSD). As a 

critical transition (whether catastrophic, for example featuring a fold bifurcation in 

phase space, or non-catastrophic) approaches, the recovery rate of the system in 

response to small exogenic or noise-driven perturbations decreases and the system’s 

short-term ‘memory’ increases [Dakos et al., 2008; Scheffer et al., 2009; Lenton, 2011; 

Kéfi et al., 2013]. This generally results in an increase in autocorrelation at lag 1 (i.e. 

in the short-term) in the time-series of a representative system parameter, as data-

points increasingly correlate with recently preceding values as the rate of change of 

the system slows. Increasing autocorrelation has been observed in palaeoclimate data 

prior to several hypothesised climate tipping point transgressions, including the 

Eocene-Oligocene Transition and during several Pleistocene climate shifts [Dakos et 

al., 2008; Lenton, 2011; Lenton et al., 2012a, 2012b].  

The approach of a tipping point can also result in increasing variability in the 

system in question, as the slower system feedback response to perturbations allows 

more extreme values to become more common as the system moves further away from 

the mean state, which is observed in datasets as an increase in standard deviation 

and/or the coefficient of variation [Carpenter and Brock, 2006; Scheffer et al., 2009; 

Lenton, 2011; Dakos et al., 2012; Lenton et al., 2012a]. The skewness of the data may 

also increase (either positively or negatively depending on the direction of the new 

attractor state), as the extreme of one side of the normal distribution in the dataset is 

drawn asymmetrically towards the new attractor state. The presence of more extreme 

values in the dataset than normal can result in the dataset’s kurtosis increasing as 

the data distribution becomes ‘fatter’ than expected at the extreme ends of its tails. 

Alternatively, instead of exhibiting CSD a system may ‘flicker’, a behaviour in which 

the system sporadically jumps to a new attractor state and back without experiencing 

CSD beforehand [Scheffer et al., 2009; Dakos et al., 2012, 2013; Wang et al., 2012; 

Carstensen et al., 2013]. Flickering also tends to result in increasing variance, 

kurtosis, skewness, and/or bimodality and so can potentially be difficult to distinguish 
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from CSD, but these indices often peak prior to the critical transition itself and occur 

over a longer time-period. 

One limitation with searching for EWS indicators in palaeoclimate data, 

however, is that none of the indicators reveal much information about the nature of 

the transition itself, with increasing CSD and variability detected prior to both 

catastrophic and non-catastrophic transitions featuring a bifurcation in phase space 

and even before non-catastrophic transitions without a bifurcation [Kéfi et al., 2013]. 

It has also been argued that CSD heralding the approach of a bifurcation in a 

dynamical system can only be reliably detected if both increasing autocorrelation and 

variance are seen prior to the transition rather than one of these indicators alone 

[Ditlevsen and Johnsen, 2010]. There is also a risk that seeking EWS indicators in the 

palaeoclimate record is subject to the ‘prosecutor’s fallacy’, as the case studies chosen 

could potentially be ‘false positives’ representing transitions that occurred purely by 

chance rather than due to systemic instability [Lenton, 2011; Boettiger and Hastings, 

2012; Boettiger et al., 2013]. Conversely, EWS may be entirely absent prior to some 

known critical transitions and would therefore constitute ‘missed alarms’. However, 

detecting multiple, consistent, and robust EWS indicators in a palaeorecord can still 

be indicative of decreasing system stability, resilience, and the approach towards a 

transition even if a catastrophic transition is not actually reached. 

5.3.2 Potential tipping points in the palaeoclimate record 

Several Cenozoic climate shifts and carbon cycle perturbations are 

hypothesised to have occurred when tipping points were reached as the Earth system 

gradually shifted from a high-CO2, Greenhouse climate state to a low-CO2, Icehouse 

climate state (Figure 5-1). 

5.3.2.1 Eocene-Oligocene Transition 

Arguably the most significant climate shift during the Cenozoic was the Eocene-

Oligocene Transition (EOT) ~34 million years ago, during which major ice sheets 

developed on Antarctica, global temperatures fell significantly, and the carbonate 

compensation depth (CCD) permanently deepened by ~500 m [Coxall et al., 2005; Lear 

et al., 2008; Miller et al., 2008; Liu et al., 2009; Coxall and Wilson, 2011; Scher et al., 

2011; Tigchelaar et al., 2011; Wade et al., 2011; Bohaty et al., 2012]. The EOT has 

been hypothesised to result from slowly declining atmospheric CO2 (atmCO2) during  
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Figure 5-1:  Cenozoic palaeorecords of: a) benthic δ18O, b) benthic δ13C, c) carbonate 

compensation depth (CCD) reconstructed in the equatorial Pacific, and d) atmospheric CO2 

reconstructions from different proxies [Zachos et al., 2001b, 2008; Beerling and Royer, 2011; 

Pälike et al., 2012]. Events analysed in this paper are labelled and include the mid-Miocene 

Climate Transition (MMCT), Oligocene-Miocene Transition (OMT), Eocene-Oligocene 

Transition (EOT), Palaeocene-Eocene Thermal Maximum (PETM), and the K/Pg boundary. 

The grey dotted lines in the bottom panel mark the hypothesised ~750 ppm and ~280 ppm 

Antarctic and Greenland glaciation thresholds respectively, and Epochs are labelled on the top 

axis (Ple. is the Pleistocene, Plio. is the Pliocene). 

the middle to late Eocene triggering rapid Antarctic glaciation once a critical 

threshold in atmCO2 was crossed (between ~750 and ~950 ppm) [DeConto and Pollard, 

2003; DeConto et al., 2008; Pearson et al., 2009; Pagani et al., 2011; Ladant et al., 

2014b]. In this interpretation the EOT is an excellent example of a critical transition 

in the carbon-climate system, and therefore may have been preceded by EWS 



Chapter 5:  Early warning signals in the Cenozoic palaeorecord

108 

indicators. In support of this hypothesis, Dakos et al. [2008] discovered a clear 

increase in autocorrelation in CaCO3 wt% data in the run-up to EOT. However, 

CaCO3 wt% is not an ideal proxy to use for investigating this tipping point as it 

primarily reflects the state of the CCD and the ocean carbonate system, which is not 

necessarily coupled with the carbon-climate tipping point in question (with the CCD 

likely to be responding to the consequences rather than the trigger of the EOT climate 

change [Chapter 3 – Armstrong McKay et al., in revision; Coxall et al., 2005; Merico et 

al., 2008]). 

5.3.2.2 Palaeocene-Eocene Thermal Maximum 

The Palaeocene-Eocene Thermal Maximum (PETM) is another potential 

example of a tipping point in the carbon-climate system being transgressed. During 

the PETM there was an abrupt release of isotopically-light carbon (between 2000 and 

13000 Pg C, best estimate ~3000 Pg C) into the ocean and atmosphere system in 

under 10 ky, accompanied by global warming of ~5 oC, a 2.5 to 3.0 ‰ benthic δ13C 

excursion, and a significant shoaling of the CCD [Zachos et al., 2005, 2008; Zeebe et 

al., 2009; Dickens, 2011; Foster et al., 2013; Kirtland Turner et al., 2014; Littler et al., 

2014]. It is hypothesised that a more gradual precursor warming eventually (after 

exceeding an Earth system tipping point) triggered the extensive dissociation of a 

carbon cycle ‘capacitor’, such as methane hydrates in ocean sediments [Dickens, 2011], 

permafrost soil carbon [DeConto et al., 2012], or organic carbon from a source such as 

peat [Cui et al., 2011]. This carbon release led to a rapid increase in atmCO2 and the 

subsequent amplification of the carbon cycle perturbation and global warming in a 

positive feedback loop. In this case the tipping point in the carbon-climate system is 

the threshold beyond which carbon was abruptly released from a carbon capacitor, 

which resulted in the Earth system shifting to a warmer state for ~100 ky.  

5.3.2.3 Mid-Miocene Climate Transition 

Another significant shift in the carbon-climate system occurred during the 

mid-Miocene Climate Transition (MMCT) at ~13.9 Ma. Following the global warmth 

and glacial minimum of the Miocene Climate Optimum (MCO, ~17 to 15 Ma), gradual 

global cooling and ice sheet recovery began after ~15 Ma [Billups and Schrag, 2003; 

Holbourn et al., 2007, 2013; Shevenell et al., 2008; Passchier et al., 2011; Feakins et 

al., 2012; Foster et al., 2012; Chapter 2 – Armstrong McKay et al., 2014]. At ~13.9 Ma 

both oxygen and carbon benthic isotopes abruptly shift to more positive and negative 

values respectively and the Antarctic ice sheet became fully re-established. The 
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rapidity of this shift and the gradual trends beforehand suggest that the MMCT could 

also be a potential example of a carbon-climate system tipping point. 

5.3.2.4 Oligocene-Miocene Transition 

The Oligocene-Miocene Transition (OMT) at ~23 Ma also marks a significant 

but temporary glacial expansion following a gradual decline in Antarctic glacial 

extent in the late Oligocene [Miller et al., 1991; de Boer et al., 2010; Liebrand et al., 

2011; Mawbey and Lear, 2013]. During this glaciation Antarctic ice sheets reached 

near-modern extent for <400 ky, and is marked by an abrupt but temporary ~1 ‰ 

increase in the benthic δ18O palaeorecord and a ~50 m fall in sea level. Benthic δ13C 

also experienced a perturbation across the OMT, which, along with evidence of a 

carbon release event during the deglacial phase, indicates that the carbon cycle was 

also perturbed during the OMT. Together these features suggest that the OMT might 

have occurred after a threshold in the carbon-climate system was exceeded, although 

the evidence for this event is weaker than for the events described earlier. 

5.3.2.5 ‘Null’ cases 

In contrast to the previous examples, some other major climate events in the 

Cenozoic should not be preceded by EWS, and their presence would raise doubts about 

the utility of EWS in detecting critical transitions in the palaeorecord. For example, 

one would not expect any consistent increase in EWS indicators during relatively 

‘quiet’ periods of the Cenozoic, such as during the mid-Oligocene, early Miocene, or 

much of the Palaeocene [Zachos et al., 2001b; 2008]. Finding EWS indicators in one of 

these periods would weaken the case for the robustness of EWS as a reliable record of 

critical transitions in the palaeorecord, and therefore by analysing some of these ‘null 

cases’ we can assess whether this is the case. 

5.3.2.6 K/Pg boundary and the Deccan Traps 

Similar to above ‘null’ cases, we should also not expect EWS prior to the K/Pg 

asteroid impact, because this was a sudden and completely exogenic perturbation to 

the carbon-climate system that triggered a spontaneous regime shift [Hsu and 

McKenzie, 1985]. However, the carbon-climate system was already being somewhat 

perturbed by Deccan Traps volcanism prior to the impact [Westerhold et al., 2011; 

Schoene et al., 2015], and so instability may be detectable prior to the K/Pg boundary 

even if that instability did not directly cause the subsequent transition. 
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5.4 Methodology 

5.4.1 Early warning signal analysis 

In order to find EWS indicators in the palaeorecord we follow the methodology 

first outlined by Dakos et al. [2008] and subsequently used by other studies [Dakos et 

al., 2012; Lenton et al., 2012a, 2012b] and the ‘Early Warning Signals Toolbox’ 

developed based on this work (documented at www.early-warning-signals.org and 

available as ‘earlywarnings’ in R). After selecting the dataset on which to perform 

EWS analysis (see Section 5.4.2 for details) and terminating the dataset just prior to 

the hypothesised transition to avoid biasing the analysis, the data are first 

interpolated (using linear interpolation by default with the interp1 function in 

Matlab) to provide the equidistant data-points required for rigorous statistical 

analysis. However, interpolation itself can introduce statistical artefacts into the 

analysis as, by definition, the addition of interpolated data-points increases self-

similarity and thus autocorrelation in the dataset. In palaeorecords this tends to 

result in an artificial increase in autocorrelation in parts of the dataset with either 

sparser data-points or complete gaps in the data. As a result we also repeat EWS 

analysis on non-interpolated data in order to assess the sensitivity of our results to 

interpolation. Following interpolation, the data are then detrended by subtracting the 

smoothed dataset, estimated with a Gaussian kernel smoothing function (using the 

ksmooth function in R), in order to remove any long-term trends because these are not 

the focus of the analysis. This makes the dataset stationary. Bandwidth is an 

important consideration in this process and is adjusted heuristically for each dataset 

in order to best remove long-term trends while leaving the short-term fluctuations. 

In order to calculate the autocorrelation (at lag 1) of the dataset, an 

autoregressive model of order 1 (AR1) is fitted to the data within a rolling window 

(using the generic_ews function of the earlywarnings toolbox in R). The AR1 model is 

of the form:             , fitted by an ordinary least-squares method and with a 

Gaussian random error. Following previous studies the default window size is set at 

half the length of the dataset, but as part of our sensitivity testing we also repeat our 

analyses for window sizes of 25 % and 75 %. The choice of window length is a trade-off 

between dataset resolution and the reliability of the estimate of the EWS indicator, 

with a short window allowing shorter-term changes in indicators to be tracked at the 

cost of lower estimate reliability (and vice versa). On the same rolling window the 

skewness, kurtosis, and standard deviation of the dataset are also calculated (using 

http://www.early-warning-signals.org/
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the generic_ews function of the earlywarnings toolbox in R). Finally, the likelihood of 

there being a real trend in the results is calculated by estimating the nonparametric 

Kendall rank-correlation statistic (τ), which measures the strength of an indicator’s 

tendency to increase (τ >>0) or decrease (τ <<0) against the null hypothesis of 

randomness (τ =~0) (using the generic_ews function of the earlywarnings toolbox in 

R). It is worth noting though that this statistic is most robust when the trend is 

consistent over a long period, while increasing but oscillating trends or trends only at 

the very end of the record can produce weak or even negative values despite a clearly 

visible trend [Dakos et al., 2012]. 

5.4.2 Palaeorecords 

In order to achieve reliable EWS analysis results the datasets in question 

should ideally be as high-resolution as possible in order to capture the dynamics of 

that system. However, palaeorecords are notoriously low-resolution in many cases and 

so special care must be taken to use appropriate datasets. In this study we use 

recently generated, moderate to high-resolution benthic oxygen and carbon isotope 

datasets that cover the EOT [Coxall and Wilson, 2011], PETM [Littler et al., 2014], 

MCO/MMCT [Holbourn et al., 2007], and the OMT [Liebrand et al., 2011]. These 

isotope records track the global state of high latitude climate and the carbon cycle 

respectively and are therefore an appropriate choice of dataset for an analysis of 

global carbon-climate shifts. In most cases these datasets are also of a sufficiently 

high-resolution to capture the main details of each event and also represent the 

records by which these events are currently typically defined. However, the records 

prior to the EOT and the OMT are relatively short in duration and are therefore likely 

to produce less robust results, while the EOT record also features a small core gap 

just prior to the event itself which has to be excluded to prevent interpolation 

artefacts. The EOT record is still sufficient to record EWS if the processes driving the 

hypothesised critical transition occur over the length of the record available. We also 

analyse benthic oxygen and carbon isotope datasets prior to the K/Pg boundary [Hull 

et al., in prep.] and during the ‘quiet’ early Miocene past the OMT [Liebrand et al., 

2011], in order to analyse periods which in theory should not feature consistent EWS 

indicators and therefore act as ‘null cases’. A major limitation of the palaeorecords 

available is that their resolution is of the order of 1 ky to ~10 ky, which allows only 

EWS generated by processes that take substantially longer than this to be detected. 

In practice this means that only EWS generated by the slower parts of the climate 
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system and carbon cycle (such as geological carbon cycle-driven atmCO2 change, long-

term ice sheet dynamics, and the longer orbital forcing frequencies such as 

eccentricity) will be detectable in this study, and that any EWS driven by short-term 

drivers of instability and critical transitions will be missed and thus constitute 

‘missed alarms’. 

5.5 Results and Discussion 

The results of the EWS analysis on the palaeorecords presented in Section 

5.4.2 are presented in Figures 5-2 to 5-13 (with additional sensitivity tests presented 

in Supporting Figures 5-14 to 5-25), and our interpretation of these results 

summarised in Table 5-1 and discussed in the sections below. Overall we find that 

EWS indicators can be detected in the run-up to some, but not all, of the hypothesised 

carbon-climate system tipping points in the Cenozoic, and that our results are 

moderately sensitive to interpolation and sliding window length but in most cases 

remain relatively reliable.  
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Table 5-1:  Table summarising the results of conducting early warning signal analysis on 

the palaeorecords in the run-up to a number of Cenozoic carbon-climate perturbations. The 

EWS indices tested for include autocorrelation, standard deviation, skewness, and kurtosis, 

and the palaeorecords tested include benthic δ18O and δ13C datasets (representing the climate 

system and carbon cycle respectively) for the Eocene-Oligocene Transition (EOT), Palaeocene-

Eocene Thermal Maximum (PETM), mid-Miocene Climate Transition (MMCT), and the 

Oligocene-Miocene Transition (OMT), plus the ‘null cases’ of the early Miocene and the K/Pg 

boundary.  indicates evidence is detected of either an impending critical transition, 

increasing instability, or a disruption to that system; () indicates possible evidence of a 

critical transition or a system disruption; and  indicates either no consistent EWS, a decline 

in the index, or a severe mismatch with sensitivity tests [each with further notes in brackets]. 

Event 
Palaeo-
record 

Autocorrelation 
Standard 
Deviation 

Skewness Kurtosis 

EOT 

δ
18

O  

(climate) 

 

[↑ <34.3 Ma] 

 

[↑ <34.3 Ma] 

 

[↑ <34.3 Ma] 

 

[↑ <34.3 Ma] 

δ
13

C  

(carbon) 

() 

[disruption    
~34.2 Ma,            

↑ in no-interp] 

() 

[disruption    
~34.2 Ma] 

() 

[disruption           
~34.2 Ma] 

() 

[disruption          
~34.2 Ma] 

PETM 

δ
18

O  

(climate) 

 

[↑ <57.7 Ma] 

() 

[peak ~56.5 
Ma then ↓] 

() 

[↑ <57.7 Ma, 

later in no-interp] 

 

[↓ <57.5 Ma, 

↑ in no-interp] 

δ
13

C  

(carbon) 

 

[↑] 

 

[↑] 

 

[↑] 

 

[↓ <57.5 Ma] 

MMCT 

δ
18

O  

(climate) 

() 

[peak >14.4 
Ma, then ↓] 

() 

[peak >14.4 
Ma, then ↓] 

() 

[peak >14.0           
Ma, then ↓] 

() 

[peak >14.0 
Ma, then ↓] 

δ
13

C  

(carbon) 

() 

[peak >14.4 Ma 
then ↓] 

() 

[peak >14.4 
Ma then ↓] 

 

[↓ in default, 

↑ in no-interp] 

 

[↓ in default, 

↑ in no-interp] 

OMT 

δ
18

O  

(climate) 

 

[↓] 

 

[↓] 

 

[↑] 

 

[↑] 

δ
13

C  

(carbon) 

 

[↑ ~23.5 Ma] 

 

[↓] 

 

[↑ <23.5 Ma] 

 

[↑ <23.5 Ma] 

Early 
Miocene 
‘null’ case 

δ
18

O  

(climate) 

 

[↓] 

 

[↓] 

 

[↑] 

 

[↑, weak] 

δ
13

C  

(carbon) 

 

[weak ↑ at end, 

 in no-interp] 

 

[weak peak 
~19.6 Ma] 

() 

[↑, weak] 

() 

[↑, weak] 

K/Pg and 
Deccan 
Traps 

δ
18

O  

(climate) 

 

[↑ <66.5 Ma,         
↑ <66.2 Ma in          

no-interp] 

() 

[disruption 
~66.3 Ma,        

↑ <66.2 Ma] 

() 

[disruption ~66.3 
Ma, ↑ <66.2 Ma] 

() 

[disruption 
~66.3 Ma,                

↑ <66.2 Ma] 

δ
13

C  

(carbon) 

 

[↑ <66.3 Ma,         
↑ <66.2 Ma in          

no-interp] 

() 

[disruption 
~66.3 Ma,             

↑ <66.2 Ma] 

() 

[disruption           
~66.3 Ma,             

↑ in no-interp] 

() 

[disruption       
~66.3 Ma,          

↑ in no-interp] 
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5.5.1 Eocene-Oligocene Transition 

Prior to the EOT, increases in autocorrelation, standard deviation, skewness, 

and kurtosis are detected in all of the different analyses of benthic δ18O after ~34.3 

Ma (Figure 5-2 and Supporting Figure 5-14), suggesting that the long-term climate 

system was both slowing down and becoming more variable in the run up to the EOT. 

This supports the hypothesis that the EOT may represent a critical transition of the 

Earth’s climate system driven by long-term atmCO2 decline. In contrast, the benthic 

δ13C data records a rapid drop at ~34.2 Ma followed by a recovery in all of the EWS 

indices in the default and non-interpolated analyses (with permanent decreases in 

skewness and kurtosis in the 75 % sliding window analysis) (Figure 5-3 and 

Supporting Figure 5-15). This indicates that, assuming that the indices are indeed 

capturing all EWS and that the missing short-term processes did not drive any EWS, 

the geological carbon cycle may have been disrupted ~200 ky before the EOT (~100 ky 

after the slowing down of the climate system) but was not close to a critical threshold 

itself. The drop at ~34.2 Ma is preceded by increases in skewness and kurtosis in the 

default and non-interpolated analyses and in autocorrelation in just the non-

interpolated analysis, suggesting that there may have been some increase in 

geological carbon cycle instability prior to this disruption. Datasets of higher 

resolution and including the last ~50 ky before the start of the EOT are required in 

order to build a stronger case for a critical transition in the Earth’s climate at the 

EOT and to resolve the state of the carbon cycle. Nevertheless, the EOT analysis 

presented here marks a step forward from the EOT analysis presented in Dakos et al. 

[2008], as we use palaeorecords that are more directly representative of the climate 

system and carbon cycle and analyse multiple EWS indices beyond just 

autocorrelation.  
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Figure 5-2:  EWS analyses of benthic δ18O in the run-up to the Eocene-Oligocene Transition 

(EOT). The top panel illustrates the benthic δ18O palaeorecord (black crosses) and the 

detrending applied to the data (red line), with the panels below illustrating the results of the 

analyses for autocorrelation, standard deviation, skewness, and kurtosis calculated across the 

time-series. Black lines represent the default analysis (linear interpolation, Gaussian 

detrending with filtering bandwidth 0.5, sliding window 50 %), while the blue lines represent 

the non-interpolated analysis. The Kendall τ rank-correlation value is given for both analyses 

in their respective colour.  
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Figure 5-3:  EWS analyses of benthic δ13C in the run-up to the Eocene-Oligocene Transition 

(EOT). The top panel illustrates the benthic δ13C palaeorecord (black crosses) and the 

detrending applied to the data (red line), with the panels below illustrating the results of the 

analyses for autocorrelation, standard deviation, skewness, and kurtosis calculated across the 

time-series. Black lines represent the default analysis (linear interpolation, Gaussian 

detrending with filtering bandwidth 0.5, sliding window 50 %), while the blue lines represent 

the non-interpolated analysis. The Kendall τ rank-correlation value is given for both analyses 

in their respective colour.  
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5.5.2 Palaeocene-Eocene Thermal Maximum 

A sudden increase in the EWS indices after ~57.7 Ma in the benthic δ18O 

record suggests some degree of increasing instability in the long-term climate system 

prior to the PETM (Figure 5-4 and Supporting Figure 5-16). However, the subsequent 

decline of both standard deviation and kurtosis (and in skewness in the variable 

sliding window sensitivity analyses) suggests either that the PETM may not 

represent a critical threshold in the climate system or that this represents a ‘missed 

alarm’ due to short-term process-driven EWS not being sufficiently resolved by the 

available data. Evidence of EWS is clearer in the benthic δ13C record, where increases 

in autocorrelation, standard deviation, and skewness with sudden step increases at 

~57.7 Ma and ~56.8 Ma are observed in the run-up to the PETM (kurtosis, in 

contrast, rapidly increases at ~57.7 Ma but then declines up to the PETM) (Figure 5-5 

and Supporting Figure 5-17), suggesting both slowing down and increasing variability 

in the geological carbon cycle. Together these results suggest that the slow part of the 

climate system became increasingly unstable between ~57.7 Ma and ~56.5 Ma, but 

that the geological carbon cycle carried on being destabilised after ~56.5 Ma until the 

PETM itself and so may have been approaching a critical transition. These results 

may reflect a gradual atmCO2-forced global warming prior to the PETM that eventually 

triggered the abrupt release of carbon from a carbon capacitor such as methane 

hydrates.  
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Figure 5-4:  EWS analyses of benthic δ18O in the run-up to the Palaeocene-Eocene Thermal 

Maximum (PETM). The top panel illustrates the benthic δ18O palaeorecord (black crosses) and 

the detrending applied to the data (red line), with the panels below illustrating the results of 

the analyses for autocorrelation, standard deviation, skewness, and kurtosis calculated across 

the time-series. Black lines represent the default analysis (linear interpolation, Gaussian 

detrending with filtering bandwidth 0.5, sliding window 50 %), while the blue lines represent 

the non-interpolated analysis. The Kendall τ rank-correlation value is given for both analyses 

in their respective colour.  
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Figure 5-5:  EWS analyses of benthic δ13C in the run-up to the Palaeocene-Eocene Thermal 

Maximum (PETM). The top panel illustrates the benthic δ13C palaeorecord (black crosses) and 

the detrending applied to the data (red line), with the panels below illustrating the results of 

the analyses for autocorrelation, standard deviation, skewness, and kurtosis calculated across 

the time-series. Black lines represent the default analysis (linear interpolation, Gaussian 

detrending with filtering bandwidth 0.5, sliding window 50 %), while the blue lines represent 

the non-interpolated analysis. The Kendall τ rank-correlation value is given for both analyses 

in their respective colour.  
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5.5.3 Mid-Miocene Climate Transition 

In contrast to the EOT and the PETM, the EWS indices tend to peak early and 

then decrease prior to the MMCT. Both autocorrelation and standard deviation 

decline in the benthic δ18O record after peaking or plateauing prior to ~14.4 Ma, while 

skewness and kurtosis values rapidly drop at ~14.0 Ma after peaking just beforehand 

(Figure 5-6 and Supporting Figure 5-18). A similar picture emerges from the benthic 

δ13C record, with both autocorrelation and standard deviation peaking and then 

declining after ~14.4 Ma (although skewness and kurtosis increase in the non-

interpolated analyses, and skewness and standard deviation increase in the 75 % 

sliding window analysis) (Figure 5-7 and Supporting Figure 5-19). Together these 

results suggest that long-term climate system and geological carbon cycle instability 

peaked ~500 ky earlier (at around 14.4 Ma) than the main isotope shift at ~13.9 Ma 

(ignoring any missed EWS driven by unresolved short-term processes), which reflects 

geological data suggesting that global cooling and ice growth had begun after ~14.7 

Ma rather than in a sudden onset at ~13.9 Ma [Passchier et al., 2011]. This suggests 

that the MMCT was not the result of a catastrophic transition but instead might 

represent an example of a non-catastrophic threshold being crossed in the run-up to 

~14.4 Ma in both the slow parts of the climate system and carbon cycle, with the 

~13.9 Ma isotope shift representing the final culmination of longer, more gradual 

changes in the long-term carbon-climate system.  
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Figure 5-6:  EWS analyses of benthic δ18O in the run-up to the mid-Miocene Climate 

Transition (MMCT). The top panel illustrates the benthic δ18O palaeorecord (black crosses) 

and the detrending applied to the data (red line), with the panels below illustrating the results 

of the analyses for autocorrelation, standard deviation, skewness, and kurtosis calculated 

across the time-series. Black lines represent the default analysis (linear interpolation, 

Gaussian detrending with filtering bandwidth 0.1, sliding window 50 %), while the blue lines 

represent the non-interpolated analysis. The Kendall τ rank-correlation value is given for both 

analyses in their respective colour.  
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Figure 5-7:  EWS analyses of benthic δ13C in the run-up to the mid-Miocene Climate 

Transition (MMCT). The top panel illustrates the benthic δ13C palaeorecord (black crosses) and 

the detrending applied to the data (red line), with the panels below illustrating the results of 

the analyses for autocorrelation, standard deviation, skewness, and kurtosis calculated across 

the time-series. Black lines represent the default analysis (linear interpolation, Gaussian 

detrending with filtering bandwidth 0.1, sliding window 50 %), while the blue lines represent 

the non-interpolated analysis. The Kendall τ rank-correlation value is given for both analyses 

in their respective colour.  
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5.5.4 Oligocene-Miocene Transition 

Palaeorecords prior to the OMT also demonstrate mixed EWS indicator 

responses. The benthic δ18O record in the latest Oligocene features declines in 

autocorrelation and standard deviation in contrast to increases in skewness and 

kurtosis in the default, non-interpolated, and 75 % sliding window analyses (Figure 

5-8 and Supporting Figure 5-20). The benthic δ13C record features increasing 

autocorrelation, skewness, and kurtosis after ~23.5 Ma, but in contrast to benthic 

δ18O there is also a decline in standard deviation (Figure 5-9 and Supporting Figure 

5-21). As a result, no consistent evidence of CSD can be observed in the long-term 

climate system in the late Oligocene, but there is some evidence of increasing 

instability in the geological carbon cycle prior to the OMT. However, it is debatable 

whether this evidence is sufficient for this to be considered a critical transition in the 

geological carbon cycle. Datasets with greater resolution and length in the late 

Oligocene would help to further clarify the nature of this event.  
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Figure 5-8:  EWS analyses of benthic δ18O in the run-up to the Oligocene-Miocene 

Transition (OMT). The top panel illustrates the benthic δ18O palaeorecord (black crosses) and 

the detrending applied to the data (red line), with the panels below illustrating the results of 

the analyses for autocorrelation, standard deviation, skewness, and kurtosis calculated across 

the time-series. Black lines represent the default analysis (linear interpolation, Gaussian 

detrending with filtering bandwidth 0.1, sliding window 50 %), while the blue lines represent 

the non-interpolated analysis. The Kendall τ rank-correlation value is given for both analyses 

in their respective colour.  
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Figure 5-9:  EWS analyses of benthic δ13C in the run-up to the Oligocene-Miocene 

Transition (OMT). The top panel illustrates the benthic δ13C palaeorecord (black crosses) and 

the detrending applied to the data (red line), with the panels below illustrating the results of 

the analyses for autocorrelation, standard deviation, skewness, and kurtosis calculated across 

the time-series. Black lines represent the default analysis (linear interpolation, Gaussian 

detrending with filtering bandwidth 0.1, sliding window 50 %), while the blue lines represent 

the non-interpolated analysis. The Kendall τ rank-correlation value is given for both analyses 

in their respective colour.  
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5.5.5 Early Miocene ‘null’ case 

Extending the analysis on the previous dataset past the OMT and into the 

early Miocene provides an opportunity to investigate a ‘null case’ where no strong or 

consistent pattern should be seen in the EWS indices. In both the benthic δ18O and 

δ13C records there are considerable mismatches between the results of the different 

analyses, illustrating the lack of consistent trends in the data. In the benthic δ18O 

record decreases in autocorrelation and standard deviation around 20.0 Ma contrast 

with the increase in skewness and the weak increase in kurtosis (although these 

increases are not reflected by the variable sliding window analyses) (Figure 5-10 and 

Supporting Figure 5-22). In the benthic δ13C record most of the indices contain 

relatively weak trends, except for a peak in standard deviation at ~19.6 Ma and a 

small increase in autocorrelation at the end of the record in the default and variable 

sliding window analyses (Figure 5-11 and Supporting Figure 5-23). These results 

demonstrate that there are indeed no clear long-term trends in the EWS indices 

during the early Miocene, as would be expected in a time period with no suspected 

critical transitions or instability.  
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Figure 5-10:  EWS analyses of benthic δ18O from the late Oligocene to the early Miocene. The 

top panel illustrates the benthic δ18O palaeorecord (black crosses) and the detrending applied 

to the data (red line), with the panels below illustrating the results of the analyses for 

autocorrelation, standard deviation, skewness, and kurtosis calculated across the time-series. 

Black lines represent the default analysis (linear interpolation, Gaussian detrending with 

filtering bandwidth 0.1, sliding window 50 %), while the blue lines represent the non-

interpolated analysis. The Kendall τ rank-correlation value is given for both analyses in their 

respective colour.  
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Figure 5-11:  EWS analyses of benthic δ13C from the late Oligocene to the early Miocene. The 

top panel illustrates the benthic δ13C palaeorecord (black crosses) and the detrending applied 

to the data (red line), with the panels below illustrating the results of the analyses for 

autocorrelation, standard deviation, skewness, and kurtosis calculated across the time-series. 

Black lines represent the default analysis (linear interpolation, Gaussian detrending with 

filtering bandwidth 0.1, sliding window 50 %), while the blue lines represent the non-

interpolated analysis. The Kendall τ rank-correlation value is given for both analyses in their 

respective colour.  
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5.5.6 K/Pg boundary and the Deccan Traps 

In the run-up to the K/Pg boundary, which, as with the early Miocene, should 

in theory not be an example of a critical transition, some interesting trends are 

nonetheless evident. Although there are some discrepancies before ~66.2 Ma between 

the different analyses of the benthic δ18O data, the results consistently suggest a 

rapid slowing down and increase in variability in the long-term climate system in the 

last ~200 ky before the K/Pg boundary (Figure 5-12 and Supporting Figure 5-24). This 

is also partially the case in the benthic δ13C record, excepting rapid drops in skewness 

and kurtosis in the default and 75 % sliding window analyses which we interpret as 

potential evidence of geological carbon cycle disruption (Figure 5-13 and Supporting 

Figure 5-25). Although this would at first appear to suggest that the indices have 

produced a misleading ‘false alarm’, the apparent EWS occur rapidly after the 

commencement of the eruption of the Deccan Traps [Westerhold et al., 2011; Schoene 

et al., 2015]. As a result, as was postulated in Section 5.3.2.6, we hypothesise that the 

EWS indices are recording the increasing instability of the slow parts of the climate 

system and the carbon cycle in response to the Deccan Traps regardless of the 

impending asteroid impact. If these EWS are confirmed this would in turn be further 

evidence of the K/Pg impact occurring during a time of an already destabilised Earth 

system.  
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Figure 5-12:  EWS analyses of benthic δ18O in the run-up to the K/Pg boundary. The top 

panel illustrates the benthic δ18O palaeorecord (black crosses) and the detrending applied to 

the data (red line), with the panels below illustrating the results of the analyses for 

autocorrelation, standard deviation, skewness, and kurtosis calculated across the time-series. 

Black lines represent the default analysis (linear interpolation, Gaussian detrending with 

filtering bandwidth 0.1, sliding window 50 %), while the blue lines represent the non-

interpolated analysis. The Kendall τ rank-correlation value is given for both analyses in their 

respective colour.  
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Figure 5-13:  EWS analyses of benthic δ13C in the run-up to the K/Pg boundary. The top 

panel illustrates the benthic δ13C palaeorecord (black crosses) and the detrending applied to 

the data (red line), with the panels below illustrating the results of the analyses for 

autocorrelation, standard deviation, skewness, and kurtosis calculated across the time-series. 

Black lines represent the default analysis (linear interpolation, Gaussian detrending with 

filtering bandwidth 0.1, sliding window 50 %), while the blue lines represent the non-

interpolated analysis. The Kendall τ rank-correlation value is given for both analyses in their 

respective colour.  
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5.5.7 Sensitivity to parameter selection 

By varying the sliding window length and removing interpolation we can 

investigate the impact of these parameter choices on our results. Although in many 

cases both the interpolated and non-interpolated analyses give broadly similar results 

(e.g. EOT δ18O, PETM δ13C, MCT δ18O, OMT), in other cases moderately to very 

different results arise (e.g. EOT δ13C, PETM δ18O, MCT δ13C, K/Pg, early Miocene) 

when interpolation is removed from the pre-processing procedure. Although all of the 

original datasets have non-equidistant data (as is inevitable for palaeorecords), none 

of the datasets have a distribution of data-point time intervals consistently biased to 

increase or decrease significantly in the latter part of the record (Supporting Figures 

5-26 to 5-31). Several of the datasets produce similar outputs for both interpolated 

and non-interpolated analyses on one variable (e.g. EOT δ18O), but at the same time 

produce very different results with and without interpolation for the other variable 

(e.g. EOT δ13C). This difference cannot be due to a change in data-point spacing, as we 

would expect similar artefacts to appear in both δ18O and δ13C analyses with both 

datasets sharing the same time-points, indicating that some other feature in the data 

must cause these artefacts. The sometimes considerable differences caused by 

interpolation in our results supports the methodology of repeating EWS analysis both 

with and without interpolation in order to allow consistent features in the results to 

be identified and focused on. 

As expected, varying the sliding window length of the analysis also makes a 

large difference to the results, with larger sliding windows emphasising smaller 

changes in the indices over a longer period and shorter sliding windows emphasising 

stronger trends close to the end of the record. For shorter records a larger window size 

is more reliable as more data-points are captured in the analysis, while longer records 

allow a shorter window to be used without losing as much reliability. This would 

suggest that for the shorter palaeorecords used in this study (i.e. the EOT and OMT) 

the 75 % sliding window analysis is the more reliable sensitivity test for comparison 

to the default analysis, while the 25 % sliding window can provide relatively reliable 

insights for the longer palaeorecords (i.e. the PETM, MMCT, early Miocene, and 

K/Pg). In many cases the general trends in the 25 % and 75 % sliding window 

analyses correlate with trends observed in the default 50 % sliding window analysis 

(e.g. EOT, K/Pg), but sometimes changing the sliding window length can produce 

trends very different to that observed in the default analysis (e.g. PETM δ18O, early 

Miocene). This illustrates the sensitivity of EWS analysis to subjective parameter 

choices such as sliding window size, and although in many cases the default 50 % 
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sliding window appears to be a relatively robust choice, in other cases it is difficult to 

be as confident in the results. This finding strongly supports the approach of varying 

sliding window size when conducting EWS analysis on palaeorecords. 

5.5.8 Is early warning signal analysis reliable for the palaeorecord? 

Environmental records based on geological data are of significantly lower 

quality than those based on present-day instrumental data, and as such present a 

greater challenge for EWS analysis. The inconsistent data-point spacing and core 

gaps endemic to palaeorecords are problematic when using statistical techniques that 

assume equidistant data-points, but, as described in Section 5.4.1, interpolating the 

data to account for this problem may result in statistical artefacts being introduced to 

the results. As described in Section 5.5.7, our results are also somewhat sensitive to 

the choice of sliding window length in the analysis. Age model uncertainty and 

sedimentary diagenesis also limits the extent to which we can trust the reliability of 

the palaeorecords themselves and thus the results of EWS analyses performed on 

them. In the absence of robust and extensively tried-and-tested procedures, the risk of 

committing the ‘prosecutor’s fallacy’ [Boettiger and Hastings, 2012] remains high 

when analysing palaeorecords. 

Despite these problems, analysing palaeorecords for EWS still has merits. 

Although an increase in just one EWS index is not a sufficient or reliable indicator of 

increasing instability or an impending critical transition in the palaeorecord, finding 

indicators in multiple different indices helps to ensure our conclusions are more 

robust. Many of our analyses detected consistent increases in multiple EWS indices 

prior to a climate shift, while our analysis of the ‘quiet’ early Miocene, where no 

critical transition is known, showed no consistent pattern in the EWS indicators. 

Although EWS were unexpectedly detected prior to the K/Pg boundary, the implied 

increase in instability occurs simultaneously with the commencement of the Deccan 

Traps eruptions and as a result has a viable explanation. Repeating our analyses 

without interpolation and with different sliding window lengths also helped to reveal 

the extent to which the observed trends are sensitive to parameter and methodology 

choices, and makes it clear that for some events there are consistent EWS indicators 

across all of the different analyses. However, to further increase confidence in these 

conclusions, more advanced EWS analysis techniques would be required in order to 

rule out the possibility of ‘false positives’ and to differentiate between increasing 

instability with and without a subsequent critical transition. Higher resolution 
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palaeorecords would also enable EWS generated by faster processes within the 

carbon-climate system, which are currently ‘missed alarms’, to be detected. 

5.6 Conclusions 

In this study we analyse Cenozoic palaeorecords prior to several perturbations 

to the carbon-climate system in order to search for evidence of pre-critical transition 

early warning signals, and find that indications of growing instability in the long-

term carbon-climate system can be detected prior to some but not all of these events. 

Our analyses suggest increasing long-term climate instability and a disruption to the 

geological carbon cycle in the run-up to the Eocene-Oligocene Transition, and signs of 

instability in both the slow parts of the climate system and the carbon cycle prior to 

the Palaeocene-Eocene Thermal Maximum. However, instability appears to peak at 

least ~500 ky before the ~13.9 Ma shift of the mid-Miocene Climate Transition, and 

there is limited evidence of instability prior to the Oligocene-Miocene Transition. No 

consistent evidence of early warning signals are found during the ‘null’ case of the 

early Miocene, but increasing instability is detected prior to the exogenic K/Pg event, 

a discrepancy we ascribe to the preceding eruption of the Deccan Traps. However, 

some results are more sensitive to analysis choices such as interpolation and sliding 

window length than others, and the technique used remains susceptible to false 

positives. Analysis of the EOT and OMT is also limited by short palaeorecords, while 

the resolution of the palaeorecords currently available for all of the events prevents 

early warning signals driven by shorter-term processes from being detected. As a 

result, further analysis using more advanced techniques and improved datasets as 

they become available is required in order to confirm these results. 
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5.8 Supporting Information 

5.8.1 Sliding window sensitivity analyses 

 

Figure 5-14:  EWS analyses of benthic δ18O in the run-up to the Eocene-Oligocene Transition 

(EOT). The top panel illustrates the benthic δ18O palaeorecord (black crosses) and the 

detrending applied to the data (red line), with the panels below illustrating the results of the 

analyses for autocorrelation, standard deviation, skewness, and kurtosis calculated across the 

time-series. Red lines represent the analysis with a sliding window of 25 %, while the green 

lines represent the analysis with a sliding window of 75 %. The Kendall τ rank-correlation 

value is given for both analyses in their respective colour.  
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Figure 5-15:  EWS analyses of benthic δ13C in the run-up to the Eocene-Oligocene Transition 

(EOT). The top panel illustrates the benthic δ13C palaeorecord (black crosses) and the 

detrending applied to the data (red line), with the panels below illustrating the results of the 

analyses for autocorrelation, standard deviation, skewness, and kurtosis calculated across the 

time-series. Red lines represent the analysis with a sliding window of 25 %, while the green 

lines represent the analysis with a sliding window of 75 %. The Kendall τ rank-correlation 

value is given for both analyses in their respective colour.  
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Figure 5-16:  EWS analyses of benthic δ18O in the run-up to the Palaeocene-Eocene Thermal 

Maximum (PETM). The top panel illustrates the benthic δ18O palaeorecord (black crosses) and 

the detrending applied to the data (red line), with the panels below illustrating the results of 

the analyses for autocorrelation, standard deviation, skewness, and kurtosis calculated across 

the time-series. Red lines represent the analysis with a sliding window of 25 %, while the 

green lines represent the analysis with a sliding window of 75 %. The Kendall τ rank-

correlation value is given for both analyses in their respective colour.  
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Figure 5-17:  EWS analyses of benthic δ13C in the run-up to the Palaeocene-Eocene Thermal 

Maximum (PETM). The top panel illustrates the benthic δ13C palaeorecord (black crosses) and 

the detrending applied to the data (red line), with the panels below illustrating the results of 

the analyses for autocorrelation, standard deviation, skewness, and kurtosis calculated across 

the time-series. Red lines represent the analysis with a sliding window of 25 %, while the 

green lines represent the analysis with a sliding window of 75 %. The Kendall τ rank-

correlation value is given for both analyses in their respective colour.  
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Figure 5-18:  EWS analyses of benthic δ18O in the run-up to the mid-Miocene Climate 

Transition (MMCT). The top panel illustrates the benthic δ18O palaeorecord (black crosses) 

and the detrending applied to the data (red line), with the panels below illustrating the results 

of the analyses for autocorrelation, standard deviation, skewness, and kurtosis calculated 

across the time-series. Red lines represent the analysis with a sliding window of 25 %, while 

the green lines represent the analysis with a sliding window of 75 %. The Kendall τ rank-

correlation value is given for both analyses in their respective colour.  
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Figure 5-19:  EWS analyses of benthic δ13C in the run-up to the mid-Miocene Climate 

Transition (MMCT). The top panel illustrates the benthic δ13C palaeorecord (black crosses) and 

the detrending applied to the data (red line), with the panels below illustrating the results of 

the analyses for autocorrelation, standard deviation, skewness, and kurtosis calculated across 

the time-series. Red lines represent the analysis with a sliding window of 25 %, while the 

green lines represent the analysis with a sliding window of 75 %. The Kendall τ rank-

correlation value is given for both analyses in their respective colour.  
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Figure 5-20:  EWS analyses of benthic δ18O in the run-up to the Oligocene-Miocene 

Transition (OMT). The top panel illustrates the benthic δ18O palaeorecord (black crosses) and 

the detrending applied to the data (red line), with the panels below illustrating the results of 

the analyses for autocorrelation, standard deviation, skewness, and kurtosis calculated across 

the time-series. Red lines represent the analysis with a sliding window of 25 %, while the 

green lines represent the analysis with a sliding window of 75 %. The Kendall τ rank-

correlation value is given for both analyses in their respective colour.  
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Figure 5-21:  EWS analyses of benthic δ13C in the run-up to the Oligocene-Miocene 

Transition (OMT). The top panel illustrates the benthic δ13C palaeorecord (black crosses) and 

the detrending applied to the data (red line), with the panels below illustrating the results of 

the analyses for autocorrelation, standard deviation, skewness, and kurtosis calculated across 

the time-series. Red lines represent the analysis with a sliding window of 25 %, while the 

green lines represent the analysis with a sliding window of 75 %. The Kendall τ rank-

correlation value is given for both analyses in their respective colour.  
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Figure 5-22:  EWS analyses of benthic δ18O from the late Oligocene to the early Miocene. The 

top panel illustrates the benthic δ18O palaeorecord (black crosses) and the detrending applied 

to the data (red line), with the panels below illustrating the results of the analyses for 

autocorrelation, standard deviation, skewness, and kurtosis calculated across the time-series. 

Red lines represent the analysis with a sliding window of 25 %, while the green lines represent 

the analysis with a sliding window of 75 %. The Kendall τ rank-correlation value is given for 

both analyses in their respective colour.  
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Figure 5-23:  EWS analyses of benthic δ13C from the late Oligocene to the early Miocene. The 

top panel illustrates the benthic δ13C palaeorecord (black crosses) and the detrending applied 

to the data (red line), with the panels below illustrating the results of the analyses for 

autocorrelation, standard deviation, skewness, and kurtosis calculated across the time-series. 

Red lines represent the analysis with a sliding window of 25 %, while the green lines represent 

the analysis with a sliding window of 75 %. The Kendall τ rank-correlation value is given for 

both analyses in their respective colour.  
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Figure 5-24:  EWS analyses of benthic δ18O in the run-up to the K/Pg boundary. The top 

panel illustrates the benthic δ18O palaeorecord (black crosses) and the detrending applied to 

the data (red line), with the panels below illustrating the results of the analyses for 

autocorrelation, standard deviation, skewness, and kurtosis calculated across the time-series. 

Red lines represent the analysis with a sliding window of 25 %, while the green lines represent 

the analysis with a sliding window of 75 %. The Kendall τ rank-correlation value is given for 

both analyses in their respective colour.  
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Figure 5-25:  EWS analyses of benthic δ13C in the run-up to the K/Pg boundary. The top 

panel illustrates the benthic δ13C palaeorecord (black crosses) and the detrending applied to 

the data (red line), with the panels below illustrating the results of the analyses for 

autocorrelation, standard deviation, skewness, and kurtosis calculated across the time-series. 

Red lines represent the analysis with a sliding window of 25 %, while the green lines represent 

the analysis with a sliding window of 75 %. The Kendall τ rank-correlation value is given for 

both analyses in their respective colour.  
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5.8.2 Data-point spacing 

 

 

Figure 5-26:  Time since the previous data-point plotted for each data-point, illustrating the 

variable spacing of the data-points for the isotope records prior to the Eocene-Oligocene 

Transition (EOT). 

 

 

 

 

Figure 5-27:  Time since the previous data-point plotted for each data-point, illustrating the 

variable spacing of the data-points for the isotope records prior to the Palaeocene-Eocene 

Thermal Maximum (PETM).  
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Figure 5-28:  Time since the previous data-point plotted for each data-point, illustrating the 

variable spacing of the data-points for the isotope records prior to the mid-Miocene Climate 

Transition (MMCT). 

 

 

 

 

Figure 5-29:  Time since the previous data-point plotted for each data-point, illustrating the 

variable spacing of the data-points for the isotope records prior to the Oligocene-Miocene 

Transition (OMT) 
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Figure 5-30:  Time since the previous data-point plotted for each data-point, illustrating the 

variable spacing of the data-points for the isotope records during the late Oligocene and early 

Miocene. 

 

 

 

 

Figure 5-31:  Time since the previous data-point plotted for each data-point, illustrating the 

variable spacing of the data-points for the isotope records prior to the K/Pg boundary. 
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Chapter 6:   

Summary and Further Work 

In this chapter the main findings of this thesis are summarised, their 

implications with regards to the key research question of the thesis discussed, and 

recommendations made for further work on the basis of the limitations of this 

research. 

6.1 Summary of findings 

In Section 1.4.1 the following key research question motivating this thesis was 

identified as: 

What were the drivers of carbon-climate system perturbations during the Cenozoic? 

which was further subdivided into the following pending research questions to be 

addressed in this thesis: 

1. Were Large Igneous Provinces capable of significantly impacting the carbon-

climate system during the Cenozoic? 

2. Was the Miocene Climatic Optimum driven by emissions from the Columbia 

River Basalt large igneous province eruptions? 

3. To what extent did shelf-basin carbonate burial fractionation drive the 

deepening of the carbonate compensation depth at the Eocene-Oligocene 

Transition and during the rest of the Cenozoic? 

4. Did processes other than carbonate burial fractionation contribute to the 

Eocene-Oligocene Transition carbon cycle perturbation? 

5. Why has the carbonate compensation depth remained relatively deep and stable 

since the Eocene Oligocene Transition? 

6. Were the main Cenozoic carbon-climate perturbations the result of tipping 

points being reached in the carbon-climate system, and are they preceded by 

‘early warning signals’ in the palaeorecord? 

7. How reliable is early warning signal analysis when used on palaeorecords? 
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This thesis has addressed these questions through the work presented in 

Chapters 2 to 5 as summarised below. 

In Chapter 2 the potential impact of the cryptic degassing of the Columbia 

River Basalt (CRB) Large Igneous Province (LIP) during the Miocene Climate 

Optimum (MCO) is investigated using two biogeochemical models of the carbon cycle. 

While emissions from sub-aerial basalts are found to have a minimal global impact on 

the Earth system, emissions of a greater but still physically possible magnitude from 

‘cryptic degassing’ (intrusive degassing, magmatic contamination by mafic crust, and 

country rock metamorphism) can recreate the palaeorecord perturbations around 16.0 

Ma (Question 2). This illustrates the potential importance of occasional pulses of 

volcanism in the evolution of the Cenozoic carbon-climate system (Question 1), with 

other, larger LIPs that erupted during the Palaeocene, Eocene, and Oligocene being 

worthy of further study to ascertain the potential magnitude and impact of their 

cryptic degassing. This study also indicates that the mid-Miocene carbonate 

compensation depth (CCD) deepening may have been driven by shelf-basin carbonate 

burial fractionation from ~15.4 Ma; that the warmth of the MCO prior to ~16.3 Ma is 

unlikely to have been caused by the CRB; and that the brief glacial maxima at ~16.2 

Ma might have been linked to SO2 emissions during the start of the cryptic degassing. 

This study underlines the importance of considering the whole LIP when 

investigating its impact on the Earth system, and of using models capable of 

capturing complex feedbacks such as the CCD deepening in response to slow volcanic 

emissions and a positive δ13C perturbation in response to the emission of a large 

magnitude of light carbon. 

In Chapter 3 the drivers of the carbon cycle perturbation during the Eocene-

Oligocene Transition (EOT) glaciation event are investigated by extending and 

improving upon the work of Merico et al. [2008]. The original hypothesis – that the fall 

in sea level during the EOT drove the CCD deepening by reducing the area of shallow 

sea available for carbonate burial relative to the deep sea, coupled with the 

weathering of newly exposed carbonate rocks from shelves – was modified to account 

for subsequent critiques. This work demonstrates that although carbonate burial 

fractionation can drive the majority of the CCD deepening at the EOT, either 

isotopically heavier shelf carbonates or a simultaneous increase in ocean mixing rates 

are required for the whole perturbation to be explained (Question 3). This study also 

introduces the possibility of carbon cycle capacitors playing a significant role during 

the EOT, with the expansion of the permafrost soil carbon reservoir in the Northern 
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Hemisphere during the EOT-1 and Oi-1 cooling steps modelled as being capable of 

driving the rapid step increases in the positive benthic δ13C excursion (Question 4). 

In Chapter 4 the role of shelf-basin carbonate burial fractionation in the 

evolution of the ocean carbonate system during the Cenozoic is further examined. By 

analysing high-resolution hypsometric data and estimates of changing shelf carbonate 

burial extent this study presents a formula linking changes in the sea level to changes 

in the CCD. This reveals that most (~430 m) of the CCD deepening at the EOT can 

indeed be ascribed to carbonate burial fractionation (Question 3), but that other 

processes are also required to explain the behaviour of the CCD during the rest of the 

Cenozoic. This study also demonstrates that the sensitivity of the CCD to sea level 

change halved between the Eocene and Oligocene, which could help to explain the 

relative stability of the CCD since the EOT (Question 5). The mid-Miocene CCD 

shoaling is hypothesised to potentially represent a temporary and partial reversal of 

the shelf-basin carbonate burial fractionation achieved at the EOT, but further data 

on Miocene shelf carbonate burial extent and rate is required to test this hypothesis. 

In Chapter 5 palaeorecords across multiple carbon-climate system 

perturbations are analysed to search for ‘early warning signals’ (EWS) indicative of 

impending critical transitions and system instability. Despite the potential pitfalls of 

this approach, evidence of increasing instability in the carbon-climate system is 

detected prior to the Eocene-Oligocene Transition, the Palaeocene-Eocene Thermal 

Maximum, and ~500 ky before the Miocene Climate Transition (Question 6). EWS 

indicators are also unexpectedly detected within the ~200 ky prior to the K/Pg 

boundary despite this being an exogenic event, a disparity that we ascribe to the 

Deccan Trap eruptions starting at this time. This study illustrates that, although the 

results are sensitive to parameter selection and the ‘prosecutor’s fallacy’, using 

multiple EWS indices and sensitivity analyses can allow relatively robust conclusions 

to be drawn when conducting EWS analysis on the palaeoclimate record (Question 7). 

6.2 Recommendations for further work 

There are several possible follow-ups to the work conducted in Chapter 2 that 

would help to understand further the impact of LIPs during the Cenozoic. Better 

estimates of the total volume of the CRB’s intrusive component and its likely 

degassing rate would help to constrain further the cryptic degassing estimates 

presented in this thesis, as would more data on the likely scale and impact of mafic 

crust contamination of the CRB’s magma and the type and extent of country rock that 
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underwent metamorphosis around the CRB’s intrusions. A similar methodology to 

that presented in Chapter 2 could also be applied to other LIPs during the Cenozoic in 

order to investigate why, for example, the Ethiopian-Yemen Flood Basalts appear to 

have had a minimal impact on the palaeorecords whereas the Deccan Traps had a 

more significant impact, and whether the North Atlantic Volcanic Province eruptions 

played any role in early Eocene warming. Employing a wider set of carbon isotope 

datasets (e.g. from different terrestrial and marine settings) would also provide 

additional carbon cycle variables with which to compare the model against. Lastly, 

incorporating the sulphur cycle into the simple carbon-silica-phosphorus 

biogeochemical model used in this thesis would potentially help to constrain better 

the total environmental impact of LIP eruptions and allow an additional set of data to 

constrain the biogeochemical modelling. 

Differentiating between the two scenarios proposed in Chapter 3 to explain the 

EOT carbon cycle perturbation would require better constraints on the global average 

value of shelf carbonate δ13C in the late Eocene, so new data on this would help to 

identify which of our hypothesised end member scenarios is most likely. Further data 

on the likely extent of permafrost soil carbon before, during and after the glaciation of 

Antarctica is necessary to provide constraints for the permafrost expansion 

hypothesis proposed in this thesis. This could potentially be achieved through high-

resolution modelling of the interaction between the growing ice sheets, regional 

climate change in both the Northern and Southern Hemispheres, and the likely 

biomes into which the ice sheets expanded. Geochemical proxies that could detect the 

erosion of Antarctic permafrost in circum-Antarctic sediment would also help to 

constrain whether permafrost was eroded by the expanding ice sheet, and if so when. 

To improve the relationship established in Chapter 4 and the results generated 

using this analysis it would be necessary to have a record of shelf carbonate extent 

with a better temporal resolution than every ~10 My, with additional resolution 

around the EOT being especially valuable in order to constrain the rapidity and 

magnitude of the reduction in shelf burial extent. Additionally, more estimates of how 

carbonate burial fluxes and global rates may have changed during the Cenozoic would 

help to quantify better the contribution that this may have had to deepening the CCD 

during the Cenozoic. A CCD reconstruction based on a global dataset rather than data 

just from the equatorial Pacific would also help to clarify which CCD changes are 

global rather than regional phenomena, and therefore constrain the magnitudes of the 

total global Cenozoic CCD deepening and the drivers needed to explain it. To extend 

the analysis further back in time (limited within the of the last ~200 My due to 
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seafloor subduction destroying older carbonate records) it would be necessary to 

incorporate the impact of higher mid-ocean ridge spreading rates on global 

hypsometry prior to ~50 Ma by enabling the hypsometric curve to change over time 

during the analysis, which would also moderately improve the estimates of 

hypsometry since ~50 Ma and further improve the relationship presented.  

In order to increase the robustness of the results of Chapter 5 it would be 

valuable to repeat the analyses with longer and higher-resolution palaeorecords as 

they become available. Longer records without any core gaps prior to the EOT and the 

OMT would be especially useful in order to improve upon the short records used in 

this thesis. Other palaeorecords representing different aspects of the climate and 

carbon cycle would also help to confirm that any EWS indicators detected are common 

to multiple variables of the same system and can be found in multiple independent 

records. Re-analysing the same events with other and more advanced EWS analysis 

techniques, such as detrended fingerprint analysis and model-based approaches, 

would also help to increase confidence in the conclusions we draw and help minimise 

the likelihood that our results are ‘false positives’. It would also be worthwhile 

extending the same methodology to the initiation of Northern Hemisphere Glaciation 

in the late Pliocene, as this represents another example of a hypothesised tipping 

point-driven shift in the Cenozoic carbon-climate system. 

This thesis has shed new light on several of the perturbations to the carbon-

climate system during the Cenozoic, but the potential drivers of the long-term decline 

in atmospheric CO2 (atmCO2) and global temperatures have not been directly 

investigated. The main carbon cycle model used in this thesis (MTW08 [Merico et al., 

2008]) is well-suited to simulating large perturbations to a carbon cycle assumed to be 

in equilibrium, which made it suitable for the various perturbations investigated in 

this thesis. However, it does not allow parameters such as weathering rates, volcanic 

emission rate, and the concentrations of key ions like magnesium to freely vary with 

time and therefore it is not well-suited to studying the long-term drift of the carbon 

cycle’s equilibrium through the Cenozoic. In order to investigate the longer-term 

processes affecting the evolution of the Cenozoic carbon-climate system it would be 

valuable to develop and use a geological carbon cycle model that allows the carbon 

cycle to evolve freely in response to different forcings, rather than being forced to 

follow a prescribed Cenozoic trend. This would allow the extent to which the observed 

long-term Cenozoic trend was inevitable or down to chance to be investigated and 

assessed. 
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6.3 What were the drivers of carbon-climate system 

perturbations during the Cenozoic? 

Returning to the key research question posed in Sections 1.4.1 and 6.1, this 

thesis has added to our understanding of several key processes that perturbed and 

shaped the evolution of the carbon-climate system during the Cenozoic.  

The episodic eruption of Large Igneous Provinces such as the Columbia River 

Basalt (Chapter 2) and the Deccan Traps (Chapter 5) significantly destabilised the 

carbon-climate system several times in the Cenozoic, triggering large carbon cycle 

perturbations and global warming for up to ~1 My. The Palaeocene-Eocene Thermal 

Maximum (PETM) is also likely to have been the result of background warming 

destabilising the carbon-climate system and pushing it towards a carbon cycle tipping 

point (Chapter 5). These excursions to higher atmCO2 and global warmth were only 

temporary interruptions though to the longer-term decline in atmCO2 and global 

temperatures, which in itself may have been the result of the long-term decline in 

volcanism rates during the Palaeogene and high terrestrial weathering driven by LIP 

weathering in tropical latitudes [Lefebvre et al., 2013].  

Once atmCO2 declined below a critical threshold (between ~750 and ~950 ppm; 

[DeConto and Pollard, 2003; DeConto et al., 2008; Ladant et al., 2014b]) a tipping 

point in the climate system (Chapter 5) triggered the rapid continental-scale 

glaciation of Antarctica at the Eocene-Oligocene Transition. This in turn drove a 

perturbation to the carbon cycle via some combination of shelf-basin carbonate burial 

fractionation, shelf carbonate weathering, increased ocean ventilation, and potentially 

the net expansion of the global permafrost soil carbon reservoir (Chapter 3). Shelf-

basin carbonate burial fractionation is likely to have been the most important driver 

of the CCD deepening during the EOT (Chapters 3 and 4), but during the rest of the 

Cenozoic shelf-basin fractionation probably played a more minor role in driving 

changes in the CCD. Increased carbonate weathering and oceanic carbonate burial 

rates may have driven some but not all of the rest of the long-term CCD deepening 

instead, and thus may have also led to a gradual increase in the sequestration of 

carbon into the sedimentary carbonate reservoir during the Cenozoic (Chapter 4). 

The declining sensitivity of the CCD to sea level fluctuations after the EOT as 

a result of the collapse in shelf carbonate extent probably led to the relative stability 

of the CCD during most of the later Cenozoic (Chapter 4). However, it is possible that 

the CCD state shift at the EOT was partially and temporarily reversed during the 

MCO, until a combination of the CRB eruptions and glacial re-expansion during the 
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mid-Miocene Climate Transition (MMCT) re-deepened the CCD (Chapters 2 and 4). 

Despite the main isotopic excursion of the MMCT occurring at ~13.9 Ma, carbonate 

burial fractionation and peak instability in the carbon-climate system appear to have 

occurred earlier between 15.4 and 14.4 Ma (Chapters 2 and 5). This suggests that the 

isotopic shift at ~13.9 Ma marks the culmination rather than the start of the MMCT. 

In conclusion, this thesis finds that Large Igneous Province emissions and 

shelf carbonate burial decline (driven by glacioeustatic sea level fall and global 

cooling) are likely to have played significant roles in driving the observed instability 

and perturbations in the Cenozoic carbon-climate system; while permafrost expansion 

and increases in ocean ventilation, carbonate weathering, and possibly ocean 

carbonate burial may have also been important processes during some of the 

perturbations. This thesis also finds some evidence of early warning signals – which 

are indicative of increasing systemic instability and/or impending critical transitions 

– occurring prior to several Cenozoic carbon-climate system perturbations. 
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