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Key Points: 12 

1) West of the Peridotite Ridge, exhumed mantle is present over a short distance 13 

(< 25 km), landward of the onset of an anomalously thin oceanic crust (0.5 – 1.5 km 14 

thick), which thickens seaward. 15 

2) We assign an upper bound to the age of the thin oceanic crust of 122 Ma, based on the 16 

dating of materials recovered from the Peridotite Ridge. This age is consistent with 17 

continental breakup progressing from south to north along the Iberian margin. 18 

3) The S-reflector detachment surface possesses undulations that correlate with the pattern 19 

of high and low-velocity regions below this surface. This velocity structure is 20 

interpreted to be the result of preferential mantle hydration along normal faults. 21 

 22 
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Abstract 23 

Hyperextension of continental crust at the Deep Galicia rifted margin in the North Atlantic has 24 

been accommodated by the rotation of continental fault blocks, which are underlain by the 25 

S-reflector, an interpreted detachment fault, along which exhumed and serpentinized mantle 26 

peridotite is observed. West of these features, the enigmatic Peridotite Ridge has been inferred 27 

to delimit the western extent of the continent-ocean transition. An outstanding question at this 28 

margin is where oceanic crust begins, with little existing data to constrain this boundary and a 29 

lack of clear seafloor spreading magnetic anomalies. Here we present results from a 160-km-30 

long wide-angle seismic profile (WE-1). Travel-time tomography models of the crustal 31 

compressional velocity structure reveal highly thinned and rotated crustal blocks separated 32 

from the underlying mantle by the S-reflector. The S-reflector correlates with the 33 

6.0 – 7.0 kms-1 velocity contours, corresponding to peridotite serpentinization of 60 – 30 %, 34 

respectively. West of the Peridotite Ridge, shallow and sparse Moho reflections indicate the 35 

earliest formation of an anomalously thin oceanic crustal layer, which increases in thickness 36 

from ~0.5 km at ~20 km west of the Peridotite Ridge to ~1.5 km, 35 km further west. P wave 37 

velocities increase smoothly and rapidly below top basement, to a depth of 2.8 – 3.5 km, with 38 

an average velocity gradient of 1.0 s-1. Below this, velocities slowly increase toward typical 39 

mantle velocities. Such a downward increase into mantle velocities is interpreted as decreasing 40 

serpentinization of mantle rock with depth. 41 

1. Introduction 42 

Rifted continental margins are delimited by the continent-ocean transition (COT), a zone 43 

separating unextended continental crust and unambiguous oceanic crust. The present day 44 

morphology of the crust and mantle in these areas gives insight into the extensional processes 45 

which lead to the failure of continental crust and the onset of seafloor spreading [Buck, 1991]. 46 

To understand these processes, it is critical to image structural deformation within COT and 47 
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define both its inner and outer extents. Many studies of late-stage rift processes and 48 

deformation structures have been conducted at ultra-slow extending margins, where 49 

geophysical imaging is not impeded by voluminous magmatic processes [Whitmarsh et al., 50 

1996; e.g. Dean et al., 2000; Zelt et al., 2003; Van Avendonk et al., 2006]. However, ultra-slow 51 

extension margins pose a challenge, with low magma supply resulting in wide transitional 52 

zones suggested to comprise of either exhumed and serpentinized upper mantle materials, or 53 

anomalously thin oceanic crust underlain by serpentinized mantle, which can be difficult to 54 

discriminate without physical sampling [Van Avendonk et al., 2006]. Wide-angle seismic 55 

studies of zones of exhumed continental mantle have shown that seismic velocities rapidly 56 

increase to ~7.6 kms-1 within a few kilometers of top basement [Minshull, 2009]. These 57 

velocities are too high to be explained by magmatic underplating at such shallow depths, and 58 

is better explained by seawater penetrating and serpentinizing the unroofed mantle peridotite 59 

[Christensen, 2004]. However, velocities also increase rapidly to > 7.6 kms-1, within a few 60 

kilometers of top basement, in areas of anomalously thin oceanic crust [Mutter and Mutter, 61 

1993; Funck et al., 2003]. These two basement types are sometimes distinguished from one 62 

another by the presence of, frequently weak, Moho reflections and seafloor spreading magnetic 63 

anomalies, which are attributed to the presence of oceanic crust [Sibuet et al., 1995; Pickup et 64 

al., 1996]. 65 

Where mantle exhumation is observed before the onset of normal seafloor spreading, the 66 

process responsible for the switch from mantle exhumation to seafloor spreading is currently 67 

poorly understood. However, observations and numerical modeling of magma-poor rift 68 

margins have shown that the extension rate may have an influence on the generation of 69 

magmatic melt and/or the exhumation of mantle materials [e.g. Bown and White, 1995; 70 

Minshull et al., 2001; Pérez-Gussinyé, 2013]. Exhumation of mantle occurs at ultra-slow 71 

extension rates of < 10 mm/yr (< ~6.4 mm/yr in most observed data), while extension/spreading 72 
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half-rates of > 10 mm/yr promote the generation of magmatic melt, which may be sufficient to 73 

accrete oceanic crust [Pérez-Gussinyé et al., 2006; Sibuet et al., 2007; Pérez-Gussinyé, 2013].  74 

The Iberia-Newfoundland conjugate rifted margin is considered the archetype of magma-poor 75 

rift margins; the COT at the Iberia margin is characterized by extreme thinning of the crust 76 

(continental hyperextension), detachment faulting and the exhumation of continental mantle 77 

materials over wide areas [Whitmarsh et al., 2001a; Pérez-Gussinyé, 2013; Peron-Pinvidic et 78 

al., 2013; Minshull et al., 2014]. At the conjugate Newfoundland margin the COT is much 79 

narrower [e.g. Hopper et al., 2004; Shillington et al., 2006; Van Avendonk et al., 2006; Van 80 

Avendonk et al., 2009]. Zones of mantle exhumation are observed within COT on both 81 

conjugate margins, landward of unequivocal oceanic crust [e.g. Dean et al., 2000; Van 82 

Avendonk et al., 2006]. 83 

Geophysical studies at the Deep Galicia margin have documented comprehensively the 84 

progressive extension, deformation and thinning of the continental crust, but no survey has 85 

extended far enough oceanward to positively identify unequivocal oceanic crust, leaving the 86 

oceanward extent of the COT undetermined. Sibuet et al. [1995] inferred the presence of thin 87 

oceanic crust west of the Peridotite Ridge from magnetic modeling that implied the presence 88 

of high magnetizations (5 A/m). Whitmarsh et al. [1996] used sparsely sampled reflection and 89 

refraction data to infer the presence of an anomalously thin oceanic crust (2.5 – 3.5 km thick), 90 

underlain by a serpentinized peridotite body, directly west of the Peridotite Ridge, and oceanic 91 

crust of normal thickness (7 km) around 20 km oceanward. Recently Dean et al. [2015] 92 

interpreted new multichannel seismic data west of the Peridotite Ridge. Based on basement 93 

morphology, these authors identified five ridge-like structures and propose that these structures 94 

formed through a combination of processes, starting with the continued exhumation of mantle 95 

material, transitioning to episodic volcanism which produced thin oceanic crust and the 96 

exhumation of oceanic core complexes [Dean et al., 2015]. Much remains to be understood 97 
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about the nature of transitional crust in these distal zones of ultra-slow extending/spreading 98 

margins, the deformation processes which bring mantle to the seafloor, and the processes which 99 

control the eventual onset of seafloor spreading. 100 

This paper presents new wide-angle seismic data, coincident with the multichannel seismic 101 

images of Dean et al. [2015]. These data extend c. 90 km west of the Peridotite Ridge and 102 

reveal new insights into the nature of the basement within the COT at the Deep Galicia margin. 103 

2. Tectonic setting 104 

The Iberia – Newfoundland ultra-slow spreading rift system is responsible for the opening of 105 

the North Atlantic Ocean. Rifting at this margin occurred in two primary phases, the earliest 106 

occurred in the Late Triassic - Early Jurassic [Pérez‐Gussinyé et al., 2003; Tucholke et al., 107 

2007; Mohn et al., 2015]. Magnetic anomaly modeling and stratigraphic records show that 108 

rifting progressed from south to north [Masson and Miles, 1984; Whitmarsh and Miles, 1995; 109 

Mohn et al., 2015]. During the first rifting phase, several fault-bound rift basin were formed in 110 

pure-shear environments on the proximal margins of the rift system (e.g. Lusitanian, Porto and 111 

Galicia Interior basins) [Murillas et al., 1990; Péron‐Pinvidic et al., 2007; Tucholke et al., 112 

2007]. A second major episode of rifting initiated in the Late Jurassic - Early Cretaceous. 113 

During this period of extension, thinning and deformation of the continental lithosphere shifted 114 

from a broad region to focused areas at the distal margins, where the continental crust would 115 

eventually rupture [Tucholke et al., 2007; Mohn et al., 2015]. Extension focused on the future 116 

Iberian distal margin and resulted in the continental crust thinning to less than 10 km. In its 117 

entirety, this thinning occurred over distances of 100 – 200 km [Reston, 2009]. Conversely, at 118 

the conjugate Newfoundland margin, thinning was abrupt, focused over a distance of ~50 km, 119 

and is suggested to give rise to the asymmetric rift geometry [Hopper et al., 2004; Van 120 

Avendonk et al., 2006; Van Avendonk et al., 2009]. Some authors have suggested that this 121 
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structural asymmetry may be exaggerated by the final line of continental breakup, leaving the 122 

bulk of thinned crust on the Iberian margin [Reston, 2009; Reston, 2010]. 123 

Focused extension and embrittlement of the continental crust on the Iberian margin led to the 124 

formation of concave downward detachment faults which exhumed mantle rock to the seafloor 125 

[Whitmarsh et al., 2001b; Lavier and Manatschal, 2006; Péron‐Pinvidic et al., 2007; Reston, 126 

2007a]. Initial seafloor half-spreading rates are calculated to be 7 mm/yr, and it is proposed 127 

that this ultra-slow rate has resulted in either the exhumation of large areas of mantle materials, 128 

or anomalously thin oceanic crust [Whitmarsh et al., 1996; Dean et al., 2000; Srivastava et al., 129 

2000; Hopper et al., 2004; Shillington et al., 2006; Van Avendonk et al., 2006; Pérez-Gussinyé, 130 

2013]. Timing of the eventual continental breakup and the onset of seafloor spreading between 131 

Iberia and Newfoundland is still widely debated, and varies along the margin [Peron-Pinvidic 132 

et al., 2013]. In the southern Iberia Abyssal Plain, Dean et al. [2000] used seismic refraction 133 

and reflection data to identify the earliest oceanic crust, corresponding to the M3 magnetic 134 

anomaly (~130 Ma). Consistent with this interpretation, Russell and Whitmarsh [2003] 135 

interpreted the M3 anomaly to be the first widespread sea-floor magnetic anomaly. However, 136 

IODP drilling in the southern Iberia Abyssal Plain, and the conjugate Newfoundland margin, 137 

revealed the presence of serpentinized mantle peridotite at, or seaward of the M3 magnetic 138 

anomaly [Whitmarsh et al., 2001b; Tucholke and Sibuet, 2007]. Sibuet et al. [2007] attributes 139 

these linear anomalies to the ability of serpentinites to record magnetic reversals. Minshull et 140 

al. [2014] revisited seismic constraints in the southern Iberia Abyssal Plain and assigned an 141 

age of 125-127 Ma to the earliest oceanic crust. 142 

Typically the onset of oceanic spreading can be identified by the first magnetic field reversal 143 

(isochron) recorded by the earliest oceanic crust. However, the late stages of continental 144 

extension and the eventual breakup of the continent, at the Iberia-Newfoundland margin, 145 

occurred during the Cretaceous constant polarity interval (121-83 Ma), resulting in a lack of 146 



7 
 

strong magnetic reversals which would enable the clear identification of oceanic crust [Bronner 147 

et al., 2011; Granot et al., 2012]. The J anomaly is the most prominent magnetic anomaly 148 

observed within the COT at both the Iberia and Newfoundland margin (Figure 1B). This 149 

anomaly is interpreted as the beginning of the M sequence of seafloor spreading anomalies 150 

(M0-M3), or alternatively as the result of a pulse of magmatism that led to continental breakup 151 

before seafloor spreading [Sibuet et al., 2007; Bronner et al., 2011]. The J anomaly is well 152 

defined in the southern Iberia Abyssal Plain, but rapidly decreases in amplitude north of IAM-153 

9, and is not observed at the Deep Galicia margin. 154 

In the Southern Iberia Abyssal Plain (Figure 1B), south of the Deep Galicia margin, wide-angle 155 

seismic data (Figure 1B) reveals a very broad continent-ocean transition, which possesses a 156 

~190 km wide zone of exhumed mantle between extended continental crust and the onset of 157 

anomalously thin oceanic crust [Dean et al., 2000; Minshull et al., 2014]. The SCREECH 158 

seismic experiment (Figure 1A) has also revealed the presence of exhumed mantle at the 159 

eastern margin of the Grand Banks, the direct conjugate margin to the Southern Iberia Abyssal 160 

Plain [Van Avendonk et al., 2006]. The zones of exhumed continental mantle observed at the 161 

Grand Banks margin are found to be varied in width; 80 km on SCREECH line 3 and ~25 km 162 

on SCREECH line 2, to the north [Shillington et al., 2006; Van Avendonk et al., 2006]. Both 163 

of these margins have been sampled by drilling; at the Newfoundland margin by ODP leg 210 164 

(inset Figure 1A) [Tucholke et al., 2004]; and at the Iberia margin by ODP legs 149 and 173 165 

(Figure 1B and 1C) [Sawyer et al., 1994; Whitmarsh et al., 1998]. Sites from these drilling 166 

expeditions are situated within the COT at each margin and many sites recovered serpentinized 167 

mantle peridotite. Sites 1277 and 1070 were drilled on outer highs, at the oceanward limit of 168 

the COT at the Newfoundland and Iberia margins, respectively, and recover exhumed mantle 169 

interspersed with intrusive mafic material. 170 
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At the Deep Galicia margin, continued extension of the continental lithosphere was 171 

accommodated by a complex pattern of faulting, resulting in extreme crustal thinning from 172 

~30 km to just a few km over distances of 100 - 200 km [Reston, 2009]. Initial extension is 173 

inferred to have been accommodated on high angle normal faults, forming large rotated fault 174 

blocks (10-20 km wide) where the crust was between 20-30 km thickness [Ranero and Pérez-175 

Gussinyé, 2010]. How continued extension was accommodated by fault structures is still 176 

debated, with sequential and polyphase faulting being the two primary mechanisms proposed 177 

[Ranero and Pérez-Gussinyé, 2010; Reston and McDermott, 2014]. The latter authors propose 178 

that with continued extension, blocks of continental crust, bound by normal faults, were rotated 179 

to low angles to a point where the faults locked up, and new preferentially oriented faults were 180 

cut through the existing faults and fault blocks [Reston, 2007b; Reston and McDermott, 2014]. 181 

In the sequential faulting mechanism, continued extension either reactivated existing faults, 182 

rotating them to lower angles, or cut new preferentially oriented faults through the thinned 183 

crust, but not cutting previous faults. Deformation at any one time is focused on a single fault, 184 

with successive faults cutting through crust thinned by the preceding fault, resulting in a 185 

migrating rift center and the formation of hyperextended crust, giving rise to an asymmetric 186 

rift system [Ranero and Pérez-Gussinyé, 2010; Pérez-Gussinyé, 2013].  187 

As the crust continued to extend, thin and cool, the ductile mid- and lower-crust became 188 

progressively brittle, becoming completely brittle once the continental crust was < 10 km thick, 189 

commonly referred to as hyperextension, coupling the entire crust and enabling concave down 190 

listric faults to penetrate through to the underlying mantle [Pérez‐Gussinyé and Reston, 2001; 191 

Pérez‐Gussinyé et al., 2003; Pérez-Gussinyé, 2013]. Such faults acted as conduits, allowing 192 

the hydration of the upper mantle and formation of a layer of structurally weak serpentinized 193 

mantle [Pérez‐Gussinyé and Reston, 2001]. As a result, listric faults (responsible for hydrating 194 

the mantle) soled out into this structurally weak layer, forming a large detachment fault, known 195 
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as the S-reflector, oriented at a low angle (< 20⁰) [Reston et al., 2007]. In the final stages of 196 

rifting, serpentinized subcontinental mantle was exhumed to the seafloor along the S-reflector. 197 

Immediately seaward of the S-reflector is the Peridotite Ridge, which is suggested to mark the 198 

landward limit of oceanic crust [Sibuet et al., 1995; Whitmarsh et al., 1996]. The Peridotite 199 

Ridge was sampled by ODP site 637 during ODP leg 103, and returned serpentinized mantle 200 

peridotite [Boillot et al., 1987]. At the Flemish Cap, the conjugate to the Deep Galicia margin, 201 

data from the SCREECH 1 seismic profile was used to interpret a ~50 km wide transition zone 202 

comprised of anomalously thin oceanic crust underlain by partially serpentinized upper mantle 203 

[Hopper et al., 2004]. These previous studies of the Iberia – Newfoundland margin suggest 204 

that the continent-ocean transition decreases in width northwards, but the oceanward limit of 205 

the transition zone has not yet been delimited at the Deep Galicia margin. 206 

3. Data acquisition and processing 207 

3.1 GALICIA-3D and ISE-1 – Wide angle and reflection datasets 208 

The Galicia 3D project was a joint multichannel seismic (MCS) reflection and wide angle 209 

seismic experiment performed between 1 June 2013 and 2 August 2013. 3D multichannel 210 

reflection seismic data were recorded over an area of 65 x 25 km by the RV Marcus G. 211 

Langseth, while an array of 72 ocean bottom seismometers and hydrophones (OBS/H), from 212 

the UK Ocean Bottom Instrumentation Facility (OBIF) [Minshull et al., 2005] and GEOMAR, 213 

recorded wide angle seismic arrivals. This survey area, referred to here as the 3D Box, 214 

encompasses geologic features of interest such as the S-reflector detachment fault, hyper-215 

extended continental crust and the Peridotite Ridge.  216 

The focus of this paper is on a 2D seismic line, a subset of the Galicia 3D dataset, which runs 217 

through the 3D Box and extends an additional ~90 km westward (Figure 1C); the entire length 218 

of which is 157 km and is referred to as Western Extension 1 (WE-1). Thirty-two OBS/H were 219 
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deployed on the WE-1 multichannel seismic profile, which is coincident with the western limit 220 

of the ISE-1 seismic line (Figure 1C) [Sawyer et al., 1997; Zelt et al., 2003] . The easternmost 221 

section of WE-1 consisted of 17 instruments within the 3D Box, spaced densely at ~1.7 km 222 

intervals, with the intention to produce a high detail 2D velocity model of the seismic structure 223 

above and below the S-reflector. The central section of WE-1 comprised 9 OBS, spaced at 224 

distances of ~3.4 km, covering the Peridotite Ridge and the sedimentary basins on its western 225 

and eastern flanks. The western section of WE-1 comprised 6 OBS, spaced ~9.7 km apart. The 226 

intention of this western section was to produce seismic images and a velocity model westward 227 

of the Peridotite Ridge, in order to resolve the nature of basement and potentially identify the 228 

landward limit of oceanic crust. OBIF and GEOMAR instruments record at a frequency of 250 229 

Hz and 200 Hz, respectively. Two of the 32 OBS were not retrieved, while another three 230 

instruments returned no usable data. The seismic source comprised two 3,300 cu. in. air gun 231 

arrays, towed at a depth of 9 m. A total of 2,727 shots were recorded along WE-1. Within the 232 

3D box the two gun arrays were fired alternately every 37.5 m (a shot interval of ~16 s), for 233 

high resolution 3D reflection imaging. Outside the 3D Box, the source for the 2D line was a 234 

single 3,300 cu. in. gun array fired every 150.0 m (an interval of ~64 s), with the aim of yielding 235 

data with a higher signal-to-noise ratio, for the purpose of tomography modeling. 236 

Several other datasets have been collected at the Galicia margin, most notably the Iberia 237 

Seismic Experiment (ISE) dataset, collected in 1997, which consists of wide-angle and MCS 238 

data [Sawyer et al., 1997; Zelt et al., 2003]. ISE-1 is a 2D profile, coincident with the eastern 239 

section of WE-1; the western limit of the shooting line terminates 10 km west of the Peridotite 240 

Ridge, and extends 335 km eastward (Figure 1B). Eight OBH from this study lie along the 241 

eastern section of WE-1, spaced 4–10 km apart (8 km on average). During the ISE-1 profile, 242 

shots from an 8,385 cu. in. gun array were fired every 60 s, approximately four times the 243 

interval of the shots within the 3D Box of Galicia-3D experiment. A larger source array and 244 
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greater shot interval in the ISE experiment produced seismic records with higher signal-to-245 

noise ratio (Figure 2), enabling travel time picks to greater offset, and thus improving the depth 246 

of tomographic imaging within the 3D box. For these reasons, the ISE-1 data were used to 247 

complement the WE-1 dataset. The final tomography modeling utilized a total of 34 OBS/H. 248 

3.2 Data processing 249 

For each instrument, clock drifts were determined and corrected for using GPS synchronized 250 

clocks. OBS/H were relocated to adjust for any variation in the deployment position during the 251 

~5 km descent through the water column. The relocation procedure minimized the least squares 252 

misfit between the observed direct water wave arrival to each instrument and those calculated 253 

for depths determined from bathymetry collected during the Galicia-3D survey. On average 254 

each instrument was relocated by 315 m. Within the 3D Box there is a low signal-to-noise ratio 255 

(Figure 2), which is a result of poorly attenuated noise in the water column from the previous 256 

shot. In order to improve the signal-to-noise ratio, a minimum phase Ormsby band-pass filter 257 

(2-4-8-16Hz) was applied to all receiver gathers. 258 

4 Data analysis 259 

4.1 Phase identification and picking 260 

In order to build a compressional velocity model of WE-1, the P wave arrivals through the 261 

subsurface must be correctly identified. These arrivals were best observed on the hydrophone 262 

channel of the OBS/H and therefore this channel was used for travel time picking. Confident 263 

identification of refracted and reflected arrivals through post-rift sediments is made difficult by 264 

the depth of the sea-floor (4.2 – 5.3 km), a thin sedimentary cover along the seismic profile 265 

(< 1.0 – 2.0 km) and interference from high-amplitude earlier seismic arrivals. Where sediment 266 

refractions were identified, they have apparent velocities up to 3.0 kms-1. We identified and 267 

picked 758 sediment refraction picks and 655 reflection picks from a prominent inter-268 
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sedimentary reflector. Crustal refractions east of the Peridotite Ridge have apparent velocities 269 

> 4.5 kms-1, and highly varied travel time arrivals owing to extreme basement topography 270 

(rotated fault blocks). A reduction velocity of 8 kms-1 was applied to help correlate the 271 

boundary between crustal and mantle arrivals, with mantle arrivals appearing horizontal in 272 

reduced data sections (Figure 3). However, beneath the S-reflector the mantle is serpentinized, 273 

which results in mantle arrivals with apparent velocities varying from ~6.0 kms-1 to ~8.0 kms-1. 274 

West of the Peridotite Ridge all instruments, excepting 73, exhibit seismic arrivals with 275 

apparent velocities > 7.0 kms-1 arriving at short offsets of 13.0 km or less. Between these high-276 

velocity arrivals and the direct arrival, limited linear refractions with apparent velocities of 277 

4.5 kms-1 – 5.0 kms-1 are observed. We assume that the apparent velocity of 4.5 kms-1 is 278 

associated with the top of the reflective basement. The travel times of these high-velocity 279 

seismic arrivals show high lateral variability, which correlates strongly with the basement 280 

topography observed in the seismic reflection data. First arrival travel times observed west of 281 

the Peridotite Ridge quickly reach apparent velocities of > 7.0 kms-1, with little evidence of 282 

velocities indicative of continental crust; we refer to these as basement arrivals (Pb). We 283 

identified and picked 9,517 first arrival travel times from prominent seismic refractions through 284 

the crust, basement and mantle (e.g. Pg, Pb and Pn). The velocity contrast between thin 285 

continental crust and underlying mantle at the S-reflector generates reflections that are 286 

considered to be PmP arrivals. A total of 1,187 near-vertical reflections from the S-reflector 287 

(PmP) were identified and picked after the direct arrival, without the application of a band-pass 288 

filter; band pass filtering causes the coda from the direct arrival and other arrivals to coalesce 289 

with the S-reflection coda, prohibiting accurate identification.  290 

Picking uncertainties are assigned for each dataset, based on the inspection of individual traces 291 

and their offset from the recording OBS/H. Table 1 details the pick uncertainty, relative to 292 

offset, assigned to each dataset and the average pick uncertainty. 293 
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4.2 Sedimentary arrivals 294 

A lack of clear refraction and reflection arrivals from the sedimentary layering resulted in a 295 

tomographic inversion with little constraint in the post-rift sedimentary layers, a lack of 296 

definition at the top of the basement and a sparse resolution of sedimentary velocities. 297 

Therefore for the sediment cover along WE-1, we developed a forward model using the code 298 

of Zelt and Smith [1992]. This model utilizes top basement depths from the MCS images of 299 

Dean et al. [2015], reflected arrivals from the top of basement, a consistent inter-sedimentary 300 

layer boundary, and limited refracted arrivals from the lower sedimentary layer. We assumed 301 

that seismic velocities are laterally homogeneous along the profile. Model layers and their 302 

associated velocities were adjusted to minimize the misfit between calculated and observed 303 

travel times. The final sediment velocity model (Figure 4) has a RMS travel time misfit of 304 

67 ms and a chi-squared (χ2) value of 1.38. Sediment velocities in the upper layer increase 305 

from 2.0 to 2.1 kms -1, while in the bottom layer these velocities increase from 2.3 to 2.6 kms-1. 306 

4.3 Basement arrivals 307 

Tomographic modeling of crustal structure was performed using “TOMO2D”, the joint 308 

reflection and refraction inversion algorithm of Korenaga et al. [2000]. This method allows 309 

the determination of a 2D velocity field by simultaneous inversion of both first arrival travel 310 

times and later reflected arrivals from a geological interface. The iterative tomographic 311 

inversion process requires an input velocity and interface model, and observed refraction and 312 

reflection travel times. 313 

The input velocity model is defined by a sheared mesh which hangs from the seafloor 314 

bathymetry. Model cell size is 250 m in the horizontal direction, while the vertical size 315 

increases from 25 m directly below the seafloor, to 250 m at the base of the model at 15 km 316 

depth. We used the sediment velocity model from forward modeling to define the shallow 317 
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structure in the input model, below which velocity smoothly increases from 4.5 kms-1 (below 318 

the top of reflective basement) to 8.3 kms-1 at 12.5 km model depth, and 8.4 kms-1 at 15.0 km 319 

depth. The velocity of 4.5 kms-1 at the top of basement was chosen based on observations of 320 

refracted arrivals observed on instruments west of the Peridotite Ridge. In this model the 321 

S-reflector is treated as the Moho, and a floating reflector, representing the surface of the 322 

S-reflector, is arbitrarily defined as a horizontal line at a depth of 7 km, with node spacing of 323 

250 m. Extensive parameter testing was undertaken in order to find the simplest, geologically 324 

reasonable model with low travel time misfit to the observed data. From these results we 325 

selected horizontal correlation lengths that increase from 2.0 km at the seafloor to 4.0 km at 326 

the base of the model, and vertical correlation lengths increasing from 0.5 km at the seafloor 327 

to 1.0 km at the base of the model. A depth weighting kernel of 0.2 was selected to favor 328 

velocity perturbations over interface depth perturbations. Sedimentary velocities were allowed 329 

to vary through the inversion process. Travel-time pick and misfit statistics for the final 2D 330 

velocity model (Figure 5) are detailed in Table 2. No individual instrument has a RMS travel 331 

time misfits exceeding 98 ms. Individual travel time misfits rarely exceed 200 ms, and exhibit 332 

a significant reduction in travel time misfit between the input and final velocity models 333 

(Figure 6). 334 

4.4 Resolution and accuracy 335 

Tomography modeling produces a non-unique velocity model, with uncertainty introduced 336 

from travel times picking, the input velocity model and the model parameterization. Therefore 337 

it is critical to assess the resolution and accuracy of the final velocity model. 338 

4.4.1 Derivative weight sum 339 

Ray coverage through the final velocity model is represented by the derivative weight sum 340 

(DWS). There is an excellent ray coverage east of the Peridotite Ridge (95 – 150 km) at depths 341 
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between 6 and 10 km (Figure 7), encompassing the S-reflector. Moderate ray coverage is 342 

observed west of the Peridotite Ridge (20 – 95 km) at depths of 6 – 10 km. Below 10 km depth 343 

the ray coverage is often moderate to poor, with many of the model cells being sampled solely 344 

by unidirectional ray paths. High derivative weight sums west of the Peridotite Ridge are 345 

observed at a depths between 12.0 - 12.5 km, and show rays travelling through a limited range 346 

of depths. These rays come solely from instrument 38 and 40, east of the Peridotite Ridge, 347 

which have RMS travel time misfits of 37 ms and 81 ms, respectively. 348 

4.4.2 Monte Carlo uncertainty analysis 349 

Monte Carlo uncertainty testing [Korenaga et al., 2000] enables us to assess quantitatively the 350 

uncertainty associated with the final compressional velocity model. Uncertainty in the velocity 351 

model arises from a combination of error in data picking, the starting model used, and the 352 

geometry and execution of the seismic experiment [Zhang and Toksöz, 1998; Sallarès et al., 353 

2011]. For our compressional velocity model we performed one hundred inversion realizations, 354 

which required the generation, and tomographic inversion, of 100 randomized input velocity 355 

models, randomized reflector depths, and “noisy” travel-time datasets. Input velocity models 356 

were generated by randomizing the original input model by ± 5% the original velocities, 357 

resulting in velocities of ± 0.10 kms-1 at the top of the sedimentary layers, ± 0.23 kms-1 at the 358 

top of reflective basement, and ± 0.42 kms-1 at the base of the model. The depth of the input 359 

reflector, representing the S-reflector, was randomized by ± 2.0 km. “Noisy” travel-time 360 

datasets were generated by adding randomized timing errors, including a common receiver 361 

error (± half the maximum receiver error, with a maximum of ± 58 ms), and picking errors 362 

(± half the individual pick error) [Zhang and Toksöz, 1998; Korenaga et al., 2000]. Then, the 363 

tomographic inversion was repeated for randomized velocity model, reflector depth, and noisy 364 

travel-time dataset triples, using the same inversion parameters which generated the final 365 

velocity model (Figure 5). The mean deviation of all 100 realizations can be interpreted as a 366 
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statistical measure of the uncertainty in the averaged velocity model (Figure 8) [Tarantola, 367 

1987]. Through a large area of the model the velocity uncertainty is observed to be 368 

< ± 100 ms-1. East of the Peridotite Ridge there are lobes of higher velocity uncertainty, with 369 

the most prominent reaching ± ~150 ms-1 and corresponding to the high-velocity lobe directly 370 

below the S-reflector, between profile distances of 120 – 125 km. West of the Peridotite Ridge, 371 

a zone of low uncertainties (< ± 50 ms-1) between 30 – 75 km profile distance, underlies higher 372 

uncertainties (± 50 – 100 ms-1) at the top of the basement, and extending to depth between 373 

75 – 85 km profile distance. 374 

4.4.3 Checkerboard testing 375 

Checkerboard tests (Figure 9) enable us to determine quantitatively the scale of resolvable 376 

structure in the final velocity model [Zelt and Barton, 1998]. Sinusoidal velocity perturbations 377 

of ± 5% were introduced in a checkerboard pattern to create reference models. Rays were traced 378 

through these reference models using a forward ray tracing method and the same shot-receiver 379 

geometry as the original inversion, producing synthetic travel times through each reference 380 

model. Random timing errors were added to these synthetic travel times, as described in the 381 

previous section, and were then inverted with the original model inputs and parameters [Zhang 382 

and Toksöz, 1998; Korenaga et al., 2000]. The difference between these inversion results and 383 

the final velocity model were used to determine the length scale of structure resolved in the 384 

final velocity model. 385 

Large-scale anomalies (25 km x 5 km) appear to be well resolved throughout the model at 386 

depths of 5 – 10 km, with the exception of the western and eastern limits, where the model is 387 

resolved by unidirectional ray paths. West of Peridotite Ridge (95 km profile distance), 388 

resolution below 10 km depth is poor for anomalies smaller than 25 km x 5 km, likely as a 389 

result of the limited ray coverage at this depth and the unidirectional rays from instrument 38 390 



17 
 

and 40. Anomalies below 10 km, east of the Peridotite Ridge, are recovered to a greater degree 391 

than those westward, but are not as well resolved as those at shallower depths. Small-scale 392 

anomalies (10 km x 2.5 km and 5 km x 2km) are well resolved throughout the model to depths 393 

of 10 km, with the exception of anomalies at 80 – 90 km profile distance, where a gap in the 394 

seismic profile has resulted in limited ray coverage in this region. Resolution of small-scale 395 

anomalies is excellent above the S-reflector, where ray coverage is densest, with the boundaries 396 

between tiles of opposite anomaly polarity exhibiting a reasonable match between the input 397 

and recovered velocity anomalies (Figure 7). The results of these checkerboard tests give 398 

confidence to the interpretation of large, basement scale velocity features west of the Peridotite 399 

Ridge, as well as the interpretation of smaller structures on the 5.0 x 2.5 km scale, associated 400 

with the S-reflector and continental hyperextension east of the Peridotite Ridge. 401 

4.4 Moho reflections west of the Peridotite Ridge 402 

Limited but clear reflected arrivals were observed at short offsets (mostly after the direct water 403 

arrival) in the receiver gathers of the four westernmost instruments (Figure 10), west of the 404 

Peridotite Ridge. One hundred clear PmP picks were identified from the receiver gathers of 405 

these four instruments (using an Ormsby band-pass filter of 1-2-20-40 Hz). In order to model 406 

the approximate depth of this interface, the PmP travel time picks were added to the travel time 407 

picks from modeling in section 4.3 and inverted with TOMO2D, using the same parameter set 408 

and input models. Locally, the same horizon which defined the initial S-reflector (7 km depth 409 

throughout the initial model) was adjusted in depth through the tomographic inversion, in order 410 

to match the modeled and observed PmP reflection travel times (Figure 10). An RMS misfit of 411 

65 ms was achieved for these arrivals (Table 2).  412 

These PmP arrivals are observed after basement reflections in the seismic receiver gathers 413 

(Figure 10), and must represent a velocity discontinuity. Such a discontinuity is not expected 414 



18 
 

within serpentinized mantle, and if it were a mid-crustal discontinuity, we would expect to see 415 

a Moho reflection beneath. Therefore we interpret these arrivals as reflections from the base of 416 

a thin crustal layer. 417 

4.5 Gravity model 418 

Conversion of the final velocity model to density, using empirical velocity-density (Vp-ρ) 419 

relationships, enables the calculation of the free-air gravity anomaly along the WE-1 profile 420 

[Brocher, 2005]. Comparison of this calculated anomaly with shipborne gravity observations 421 

permits validation of our velocity model, and can highlight areas where the model may be 422 

unreliable, or where there is significant out-of-plane structure. To avoid edge-effects, the 423 

velocity model was extended eastward, westward and to a depth of 25 km. The tomographic 424 

velocity model for the coincident ISE-1 seismic profile [Zelt et al., 2003], was incorporated 425 

into our model and extends an additional ~250 km eastward (domain B, Figure 11). West of 426 

the WE-1 seismic profile there are no available geophysical or geological constraints, so the 427 

1D velocity structure at 30 km model distance was extrapolated to -200 km (domain C, 428 

Figure 11). Mantle velocities (8.0 kms-1) below the WE-1 model and domain C, were extended 429 

to 25 km depth in order to match the depth of the ISE-1 velocity model (domain D, Figure 11).  430 

We used an assumed density of 1.03 g/cm3 for the water column (< 1.55 kms-1), and 3.30 g/cm3 431 

for the mantle (>= 8.0 kms-1). Velocities within these bounds were converted to densities using 432 

the empirical Nafe-Drake relationship of Ludwig et al. [1970]. This relationship is most 433 

accurate when converting the compressional velocities of water saturated sediment to density, 434 

but also provides a good first order approximation of non-mantle rock densities [Brocher, 435 

2005]. 436 

Free air gravity anomalies (FA) were calculated by summing the gravity anomaly of each 437 

model cell, approximated as an infinite cuboid out of plane, with a density contrast to a 438 
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background density of 3.3 g/cm3 (Figure 11). A clear regional trend is observed in the 439 

difference between the calculated and observed free air gravity anomaly, likely rising from 440 

deeper mantle structures or assumptions made in creating the extended density model. To 441 

correct for this regional trend, a linear trend was fit to this difference and subtracted from the 442 

calculated free air gravity anomaly. This linear trend shows a decrease of 0.2 mGal/km 443 

oceanward. Without this correction the model had a RMS misfit to the observed anomaly of 444 

8.0 mGal, decreasing to 2.7 mGal after the trend removal, which is comparable to typical 445 

shipborne gravity uncertainties [Bell and Watts, 1986]. Therefore gravity data provide further 446 

support for our crustal velocity model. 447 

5 Discussion 448 

The final TOMO2D velocity model (Figure 5) enables the interpretation of many distinct 449 

features including: the S-reflector east of the Peridotite Ridge; rotated and thinned continental 450 

blocks topped with syn- and pre-rift sediment; thickening continental crust at the eastern end 451 

of the WE-1 profile; the Peridotite Ridge, which reaches the seafloor in the center of the profile; 452 

a relatively homogeneous basement west of the Peridotite Ridge; and a sparsely sampled Moho 453 

interface at shallow depths. To investigate these features in greater detail, we divide the profile 454 

into two parts bounded by the Peridotite Ridge. 455 

5.1 West of the Peridotite Ridge 456 

5.1.1 Velocity model and data features 457 

Receiver gathers from the instruments west of the Peridotite Ridge bear a strong resemblance 458 

to those from the IAM-9 seismic line, situated over the zone of exhumed continental mantle in 459 

the southern Iberia Abyssal Plain [Dean et al., 2000]. Apparent velocities > 7.0 kms-1 at short 460 

offsets are indicative of mantle or serpentinized mantle at shallow depths, while a lack of deep 461 

and clear PmP phase arrivals indicates the absence of full thickness oceanic crust (7 km thick) 462 
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along the profile. However, sparse Moho reflections identified after the direct arrival, on the 463 

four western most instruments, indicate the presence of an anomalously thin crust (Figure 10). 464 

We interpret this crust as oceanic because it appears highly magnetized [Sibuet et al., 1995] 465 

and its seismic reflection characteristics differ markedly from those of thinned continental crust 466 

further east of the Peridotite Ridge [Dean et al., 2015]. 467 

The final TOMO2D velocity model (Figure 5) shows that west of the Peridotite Ridge the 468 

basement velocity structure is relatively homogenous between 40 and 90 km model distance. 469 

There is slight variation in the velocities in what is interpreted as the top of basement, with 470 

lower velocities of 4.0 kms-1 at 30 – 52 km model distances, and higher velocities of 5.0 kms-1 471 

at 55 – 75 km model distance. The 7.5 kms-1 velocity contour typically lies at round 12 km 472 

depth, but rises to shallower depths of 9 km and 10 km at profile distances of 40 km and 65 473 

km, respectively. At the western limit of the model (< 30 km), velocity contours have a more 474 

uniform spread, and vary little from the input velocity model. Modeled PmP reflections reveal 475 

a thin oceanic layer that thickens seaward, from 0.5 km thick at 67 km profile distance, to 1.5 476 

km thick at 36 km profile distance (Figure 10). No clear PmP arrival can be identified on 477 

instrument 78, which suggests that the oldest oceanic crust lies between instrument 76 and 78 478 

(64 km and 83 km profile distance, respectively). Many of the seismic arrivals from this thin 479 

oceanic layer are masked by the direct water arrival and first arrivals from the shallow 480 

underlying mantle, and therefore cannot be resolved using first arrival travel times alone.  481 

At its thinnest, the interpreted oceanic crustal layer has velocities between 4.5 and 5.5 kms-1, 482 

and at its thickest has velocities between 4.0 and 6.5 kms-1. Because the Moho velocity 483 

discontinuity has been smoothed out, these maximum velocities may be over-estimated. 484 

Velocities of 4.0 – 6.5 kms-1 are consistent with those commonly observed in oceanic layer 2 485 

[White et al., 1992]. Variations in the thickness of oceanic crust are commonly attributed to 486 

variations in the thickness of oceanic layer 3, while layer 2 typically remains constant [Mutter 487 



21 
 

and Mutter, 1993]. These observations lead us to conclude that oceanic layer 3 is absent in the 488 

oceanic crust modeled along WE-1. 489 

5.1.2 Velocity profiles 490 

One-dimensional velocity profiles through the velocity model west of the Peridotite Ridge give 491 

further insight into the nature of the unidentified basement (Figure 12). All of the 1-D velocity 492 

profiles exhibit two distinct velocity trends, below the top of basement, which are identified 493 

based on their common velocity gradients. The upper trend extends to depths of 2.8 - 3.5 km 494 

below top basement. Velocities smoothly and rapidly increase from ~4.5 kms-1 to 7.3 – 7.6 495 

kms-1 in this layer, and present velocity gradients ranging between 0.8 s-1 and 1.2 s-1, with an 496 

average velocity gradient of 1.0 s-1. Despite Moho reflections being identified and modelled 497 

within this depth range, no corresponding velocity discontinuity is present in our model, 498 

because the TOMO2D inversion produces a smooth velocity model. Below this top trend, 499 

compressional velocities smoothly increase toward mantle velocities of 8.0 kms-1, and with a 500 

much lower velocity gradient of 0.14 s-1 on average. These thicknesses and velocity gradients 501 

are nearly identical to those observed by Dean et al. [2000] in the zone of exhumed continental 502 

mantle in the southern Iberia Abyssal Plain, and are consistent with a decreasing 503 

serpentinization of mantle material with depth [Carlson and Miller, 2003]. In our model, where 504 

Moho reflections are not observed and exhumed mantle is interpreted (e.g., east of instrument 505 

76, Figure 13), velocities of 4.6 kms-1 at the top of basement correspond to 100 % 506 

serpentinization of mantle material, decreasing to < 20 % at depths of 2.8 – 3.5 km below top 507 

basement [Carlson and Miller, 2003]. Velocities at depths > 2 km below the top basement sit 508 

outside the envelope for all ages of Atlantic oceanic crust, but agree strongly with the velocities 509 

observed within zones of transitional crust at both the southern Iberia Abyssal Plain and 510 

Newfoundland margins (Figure 12). Velocities from our model also agree with the velocity 511 

profiles through the models of thin oceanic crust, overlying serpentinized mantle, observed 512 
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along GP101 at the Deep Galicia margin, and SCREECH-1 at the conjugate Flemish Cap 513 

margin (Figure 12) [Whitmarsh et al., 1996; Funck et al., 2003; Hopper et al., 2004]. These 514 

velocity models are derived by forward ray-tracing of seismic arrivals through discrete crustal 515 

layers, resulting in velocity jumps at layer boundaries, while our tomographic model produces 516 

a smooth velocity transition with depth. Seismic velocities reach 8 kms-1 corresponding to 517 

unaltered mantle material, at around 6 km below the top of basement in our model, which is 518 

consistent with other studies of exhumed and serpentinized peridotites at rifted margins 519 

(Figure 12). 520 

From the velocity and seismic characteristics west of the Peridotite Ridge, we interpret that 521 

there is < 25 km of exhumed mantle (between the Peridotite Ridge and instrument 76, 522 

Figure 13), before the onset of thin oceanic crust overlying serpentinized mantle material. This 523 

thin oceanic layer thickens oceanward, but does not reach full thickness within our resolved 524 

velocity model. This interpretation is broadly consistent with previous interpretations of thin 525 

oceanic crust abutting the Peridotite Ridge and overlying serpentinized mantle [Sibuet et al., 526 

1995; Whitmarsh et al., 1996]. However, Whitmarsh et al. [1996] used data from only three 527 

OBS along a 150-km-long margin-normal seismic profile and from three OBS along an 80-528 

km-long margin-parallel profile. The authors from this study did not identify PmP arrivals from 529 

the base of the anomalously thin oceanic crust, while PmP arrivals from the base of full 530 

thickness oceanic crust (parallel to margin) were clearly identified only on one of the 531 

instruments west of the Peridotite Ridge. Our model shows a layer, identified by its constant 532 

velocity gradient, with a thickness of 2.8 – 3.5 km. This thickness is very similar to that of the 533 

thin oceanic crust described by Whitmarsh et al. [1996], and also correlates well with the layer 534 

of scattered reflectivity identified by Dean et al. [2015] (Figure 13). However, the base of this 535 

layer does not coincide with the Moho depths determined from limited PmP arrivals in our 536 
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model, and probably represents a change in the nature of mantle serpentinization below the thin 537 

oceanic crust.  538 

Our interpretation of an anomalously thin oceanic crust is consistent with observations of thin 539 

oceanic crust at other ultra-slow spreading environments. Seismic refraction studies at the 540 

Gakkel Ridge (<10 mm/yr full spreading rate) have revealed oceanic crust 1.4 – 2.9 km thick, 541 

with little to no evidence of oceanic layer 3, overlying partially serpentinised mantle rock 542 

[Jokat et al., 2003; Jokat and Schmidt‐Aursch, 2007]. Wide-angle seismic data from the 543 

Southwest Indian Ridge (~12 mm/yr full spreading rate) suggest the presence of an oceanic 544 

crust which is 2.2 – 5.4 km thick, with serpentinised mantle rock proposed to comprise some 545 

of the oceanic layer 3 (0.5 – 3.0 km thick) [Minshull et al., 2006]. Wide angle seismic studies 546 

of the Mohns Ridge (16 mm/yr full spreading rate) also revealed the presence of a thin oceanic 547 

crust ~4 km thick, with an oceanic layer 2 thickness of 1.4 – 1.7 km thick [Klingelhöfer et al., 548 

2000]. Our new data at the Deep Galicia margin contributes to the evidence that thin oceanic 549 

crust is the norm in ultra-slow spreading environments. 550 

5.1.3 Reflection imaging 551 

Dean et al. [2015] identify and describe the morphology of five ridge like basement structures 552 

in the reflection seismic images along WE-1 west of the Peridotite Ridge (indicated by R1 – 553 

R4 in Figure 13). Unlike the reflection imaging of continental crust east of the Peridotite Ridge, 554 

west of the Peridotite Ridge the reflection data exhibits scattered reflectivity and a diminished 555 

presence of coherent structural reflections within the basement. Ridges 1 – 3a exhibit an 556 

asymmetric structure with limited elevation above the surrounding basement topography, have 557 

little internal structure, and smooth to sub-angular basement expression. Ridges 3b and 4 are 558 

symmetric in structure, with smooth surfaces that rise high above the surrounding basement 559 

topography. The rough, or hummocky, morphology of ridges 1 – 3a is consistent with the 560 
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accretion of magmatic crust at ultra-slow spreading ridges, such as that seen along sections of 561 

the Southwest Indian Ridge [Cannat et al., 2006]. Conversely, smooth basement ridge 562 

structures, like that of ridges 3b and 4, are also observed in areas of the Southwest Indian Ridge, 563 

and are interpreted to be the exhumation and exposure of altered mantle-derived rocks [Cannat 564 

et al., 2006]. Dean et al. [2015] proposed a synthesis model for the generation of these ridges, 565 

suggesting that ridges 1 - 3a were formed through mantle exhumation and interspersed 566 

magmatism, while ridge 4 resembles an oceanic core complex (OCC). Our results support the 567 

interpretation of ridges 1 – 3a as magmatic in origin, and that this magmatic layer overlies 568 

serpentinized mantle. High P-wave velocities are expected at shallow depths in oceanic core 569 

complexes, due to presence of gabbro or ultramafic material (~6.0 kms-1 and >7.5 kms-1, 570 

respectively) [Blackman et al., 2009]. Velocity modeling of OCC at the Atlantis Platform on 571 

the Southwest Indian Ridge, revealed P-wave velocities of 5.8 kms-1 at the seafloor, increasing 572 

to 6.5 kms-1 at 1.4 km depth [Muller et al., 2000]; at the Parece Vela Basin, in the Philippine 573 

Sea, P-wave velocities of 6.0 kms-1 were modeled at depths of 500 m [Ohara et al., 2007]; at 574 

26⁰N along the Mid-Atlantic Ridge P-wave velocities are modeled as 4.0 kms-1 at the seafloor, 575 

increasing to 7.0 kms-1 within 1 km below [Canales et al., 2007; Sohn et al., 2007]. These 576 

velocity structures are markedly different to that resolved at ridge 4 along WE-1, where P-wave 577 

velocities increase from 4.0 kms-1 at the seafloor, to 6.0 kms-1 (i.e.: seismic velocity of gabbro) 578 

~2.7 km below, which is significantly deeper than the previously described OCC. Therefore, 579 

our data do not support the interpretation that this ridge is an oceanic core complex. We suggest 580 

that all of these ridge features are formed through magma-limited accretion of thin oceanic 581 

crust. 582 

5.1.4 Conjugate margin 583 

Thin oceanic crust is also observed on the SCREECH-1 profile at the Flemish Cap, which in 584 

many reconstructions is conjugate to both WE-1 and ISE-1. Magmatic crust, 3-4 km thick, is 585 
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interpreted to have been accreted in direct contact with the termination of extended continental 586 

crust, defining a sharp COT [Hopper et al., 2004]. This initial oceanic crust is highly faulted, 587 

with rotated fault blocks, bound by normal faults dipping seaward every ~1.5 km. Further 588 

seaward, oceanic crust becomes extremely thin (~1.3 km thick) and is underlain by 589 

serpentinized mantle, much like the thin oceanic crust which we have interpreted at the Deep 590 

Galicia margin. In the reflection seismic images of WE-1 (Figure 13) and its interpretation west 591 

of the Peridotite Ridge, block-bounding faults, similar to those observed along SCREECH-1, 592 

are not imaged [Hopper et al., 2004]. Such faults may be present, but sub seismic in nature and 593 

unresolved in the Kirchhoff time migration images (Figure 13). Such faulting would provide 594 

the required mechanism to hydrate, and consequently enable the serpentinization, of the 595 

underlying mantle. Additionally, in the seismic reflection images, there is little evidence for a 596 

strong and coherent Moho reflection from the base of the thin oceanic crust, which is evidence 597 

in support of a weak velocity contrast across this boundary.  598 

5.1.5 Dating the earliest oceanic crust 599 

A lack of linear seafloor spreading magnetic anomalies and drill sites, west of the Peridotite 600 

Ridge, make it difficult to assign an age to the earliest oceanic crust seen at the Deep Galicia 601 

margin. Srivastava et al. [2000] interpret a magnetic anomaly, west of the Peridotite Ridge, as 602 

spreading anomaly M0 (~126 Ma, according to timescale of Gradstein et al. [2012]) (Figures 603 

10 and 13). However, caution must be applied to this interpretation, as Sibuet et al. [1995] fit 604 

a model to the same magnetic data, showing that the topography of a highly magnetized (5 605 

A/m), and thin oceanic crust (~1 km), recording no magnetic field reversals, can also explain 606 

the observed magnetic anomaly. Sibuet et al. [1995] also state that no magnetic field reversals 607 

were expected, as oceanic crust in this region formed during the Cretaceous constant polarity 608 

interval, later than the M series of seafloor spreading magnetic anomalies. Age constraints 609 

could alternatively come from the drilling of the Peridotite Ridge, which was sampled by site 610 
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637 of IODP Leg 173 (Figure 1C), and returned serpentinized mantle peridotite intruded with 611 

amphibole-diorites, gabbros and pyroxenites [Boillot et al., 1987]. Dating of samples from 612 

Site 637, and other drill and dive sites along the deep Galicia margin, show that the mafic rocks 613 

were emplaced at around 122 Ma, synchronous with the end of rifting [Schärer et al., 1995; 614 

Chazot et al., 2005]. This date is younger than that of the M0 magnetic anomaly, and suggests 615 

an upper bound to the age of oceanic crust west of the Peridotite Ridge of 122 Ma. This date 616 

also enables us to estimate a spreading rate for the accretion of this oceanic crust. Site 637 is 617 

approximately 280 km from the nearest magnetic isochron (C34), which is the first clear 618 

seafloor spreading magnetic anomaly after the Cretaceous constant polarity interval, and has 619 

an age of 84 Ma [Bronner et al., 2011; Gradstein et al., 2012]. The required half spreading rate 620 

is 7.4 mm/yr, classifying the spreading here as ultra-slow, which is consistent with the observed 621 

mantle exhumation and onset of thin oceanic crust. South of the Deep Galicia margin, at the 622 

southern Iberia Abyssal Plain, the formation of oceanic crust 6 - 7 km thick is interpreted to 623 

have begun at 127 – 125 Ma, while north of the Deep Galicia margin, at the Goban Spur, a 624 

final breakup age of 100 Ma is proposed [Gerlings et al., 2012; Minshull et al., 2014]. These 625 

breakup dates, decreasing in age from south to north, are consistent with the observation of a 626 

northward propagating rift margin [Masson and Miles, 1984]. At the Flemish Cap, conjugate 627 

to the Deep Galicia margin, oceanic crust is observed to have accreted just after M0 magnetic 628 

anomaly along SCREECH-1, at around 123.5 Ma, which is consistent with our interpretation 629 

[Hopper et al., 2004; Van Avendonk et al., 2006].  630 

5.2 East of the Peridotite Ridge 631 

5.2.1 Comparison with existing models  632 

Inversion of the WE-1 wide-angle seismic dataset has yielded a velocity model east of the 633 

Peridotite Ridge which strongly correlates with the structure observed in reflection imaging 634 
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and the classical interpretations of the hyperextended Deep Galicia margin (Figure 14C). 635 

Additional to the velocity model developed in this study, two coincident compressional 636 

velocity models have previously been produced east of the Peridotite Ridge (Figure 14). All 637 

three models have been developed using different modeling techniques. The preferred model 638 

of Zelt et al. [2003] (Figure 14A) was developed using wide-angle and zero-offset MCS picks, 639 

from the ISE-1 profiled, inverted simultaneously using the Zelt and Smith [1992] algorithm. 640 

This model utilized a priori information by defining a six-layer starting model including the 641 

water column, three sedimentary layers, a crustal layer and a mantle layer, constrained by MCS 642 

imaging along the ISE-1 seismic line. The model of Bayrakci et al. [2016] (Figure 14B) is a 643 

two-dimensional slice, coincident with WE-1 and ISE-1, of a larger three-dimensional 644 

compressional velocity model developed using data from the full array of instruments within 645 

the 3D box of the Galicia-3D seismic experiment (see Section 3). This three-dimensional 646 

velocity model was developed using first arrival seismic travel times, inverted using a non-647 

linear iterative tomographic technique (FAST) [Zelt and Barton, 1998]. In the following 648 

description of the structure east of the Peridotite Ridge, we primarily describe the results of our 649 

tomographic modeling, with comparison to those of Zelt et al. [2003] and Bayrakci et al. 650 

[2016], which we will refer to as the ISE and G3D models, respectively. 651 

Velocities in the rotated continental fault blocks, bound by normal faults (illustrated as F3-F7 652 

in Figure 13), and the pre- and syn-rift sedimentary layers above, appear to have been well 653 

resolved. The velocity structure exhibits landward dipping contours, but due to model 654 

limitations, cannot match the steep boundaries interpreted between pre-rift sediment, syn-rift 655 

sediment, and crystalline crust layers. The tops of the fault-bounded blocks are better defined 656 

at shallow depths than in the G3D velocity model, owing to finer model cells at shallow depths 657 

in our model when compared to the G3D model, and the a priori information used in the WE-1 658 

input model. Velocities increase from ~3.0 kms-1 at the top of syn-rift sediment, to ~4.5 kms-1 659 
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at the top of pre-rift sediment, and to ~6.5 kms-1 at the base of crystalline crust, directly above 660 

the S-reflector. The S-reflector follows the 6.0 – 7.0 kms-1 velocity contours between profile 661 

distances of 112 – 135 km, and has an excellent match with the interpretations of depth-662 

migrated multi-seismic along GP12 and ISE-1 [Reston et al., 1996; Borgmeyer, 2010], as well 663 

as the G3D velocity model. These velocities are interpreted to correspond to ~30 – 60 % 664 

serpentinization of mantle peridotite [Carlson and Miller, 2003]. At its eastern limit (> 132 km) 665 

the S-reflector cuts through lower seismic velocities associated with the continental crust, 666 

before terminating at the seafloor at ~147.5 km profile distance. The western limit of the S-667 

reflector shallows toward the Peridotite Ridge, before terminating at 112 km.  668 

The S-reflector exhibits undulations along profile in our tomography model, which have a 669 

moderate correlation with the rotated continental fault blocks juxtaposed above this detachment 670 

surface in both our velocity model and the G3D velocity model. It is possible that smoothing 671 

in the velocity model has resulted in seismic pull-up and/or push-down, which is observed as 672 

the undulations in the resolved S-reflector. Below the S-reflector a pattern of high and low-673 

velocity regions are observed. The most prominent high-velocity region observed below the 674 

S-reflector reaches 8.0 kms-1, 100 m below the S-reflector at 122 km profile distance, rapidly 675 

decreasing eastward to a zone with a velocity of 6.5 kms-1 at 128 km profile distance, before 676 

again increasing to 7.2 kms-1 at 132 km profile distance. These velocities are interpreted to 677 

correspond to different degrees of serpentinization of the mantle peridotite along the 678 

S-reflector, with 8.0 kms-1 being unaltered, 6.4 kms-1 indicating ~45 % serpentinization and 679 

7.2 kms-1 representing ~20 % serpentinization [Carlson and Miller, 2003]. The 6.5 kms-1 680 

velocity zone occurs between normal faults marked as F5 and F4, and we propose that this low-681 

velocity zone the result of fluid transport along fault F4, resulting in the pattern of variable 682 

hydration and serpentinization of the upper mantle along the S-reflector [Bayrakci et al., 2016]. 683 

However, the high-velocity lobe situated at the terminus of fault F5 is problematic for this 684 
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interpretation. Movement along the S-detachment could have shifted this low-velocity zone 685 

laterally eastward, but this contradicts the idea that the velocity variation below the S-reflector 686 

is a result of preferential mantle hydration by fault fluid transport, which occurs when the faults 687 

are displaced. However, the G3D velocity model shows an offset in these high and low-velocity 688 

patterns, when compared with the velocity model from this study, with the low-velocity lobes 689 

situated down-dip of the terminus of normal faults, giving strong evidence in favor of fault 690 

controlled mantle hydration [Bayrakci et al., 2016]. The difference in the models could be 691 

explained by the more complete azimuthal coverage of the G3D velocity model, enabling this 692 

structure to be resolved in the third dimension, where our 2D model is unable to do so. The 693 

Monte Carlo uncertainty results also shows that the uncertainty of this structure in our model 694 

is highest throughout the model, reaching ± 0.15 kms-1 (Figure 8). In contrast, the S-reflector 695 

is modeled as a seaward dipping interface, free of undulations, in the lower-resolution ISE 696 

velocity model. 697 

The velocity within the Peridotite Ridge reaches a maximum of ~8.0 kms-1 in both the model 698 

from this study and the G3D model, indicating the presence of unaltered mantle peridotite at 699 

the center of the Peridotite Ridge. This is a much higher velocity than modeled in the ISE 700 

model, where the maximum velocity is 6.0 – 6.5 kms-1. However, the velocities in our model 701 

and the G3D model form closed-contour high-velocity blobs, with lower velocities below the 702 

Peridotite Ridge, which is difficult to interpret.  703 

At the eastern limit of the ISE model, the Moho is modeled as an abrupt velocity jump from 704 

7 kms-1 to 8 kms-1 across a landward dipping horizon. The Moho is not included as a layer 705 

boundary in our tomographic model, or the G3D model, so such an abrupt velocity jump is not 706 

possible in the tomography model of this study and that of the G3D study. However, the 7 kms-1 707 

velocity contour of both models show a strong correlation with the Moho modeled in the ISE 708 

model. 709 
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6 Conclusions 710 

Our final compressional velocity model has resolved the structure of continental 711 

hyperextension, detachment faulting, the Peridotite Ridge, and a thin oceanic crust overlying 712 

serpentinized mantle material. There is a strong correlation between the structure resolved in 713 

our velocity model and that observed in coincident seismic reflection data. The final model is 714 

further validated by the close fit between the observed and calculated free-air gravity anomaly. 715 

The primary findings from this study are as follows: 716 

1. West of the Peridotite Ridge, exhumed mantle is present over a short distance 717 

(< 25 km), landward of the onset of an anomalously thin oceanic crust (0.5 – 1.5 km 718 

thick), which thickens seaward. Evidence for the presence of serpentinized mantle 719 

material below this thin oceanic crust comes from seismic velocities increasing 720 

smoothly from 5.5 – 6.5 km s-1 to 7.3 – 7.6 km s-1, with a velocity gradient of 1.0 s-1. 721 

Below this, velocities increase slowly into mantle velocities of ~8.0 kms-1, with an 722 

average velocity gradient of ~0.14 s-1. 723 

2. We assign an upper bound to the age of the thin oceanic crust of 122 Ma, based on 724 

the dating of materials recovered from the Peridotite Ridge. This age is consistent 725 

with continental breakup progressing from south to north along the margin. 726 

3. The S-reflector detachment surface possesses undulations that correlate with the 727 

pattern of high and low-velocity regions below this surface. This velocity structure 728 

is interpreted to be the result of preferential mantle hydration along normal faults, 729 

acting as conduits between the seafloor and the S-reflector. Typically the S-reflector 730 

lies between the 6.0 and 7.0 kms-1 velocity contours, which corresponds to 731 

serpentinization of mantle peridotite of 60 – 30%, respectively.  732 

 733 
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Tables 971 

Table 1: Travel-time picking uncertainties assigned to the WE-1 and ISE-1 datasets, and the 972 

average picking uncertainties. 973 

Dataset Pick uncertainty 

(relative to instrument offset) 

Average pick 

uncertainty 

WE-1 (16 s) 40 ms + 1.5 ms/km ± 60.0 ms 

WE-1 (64 s) 30 ms + 1.0 ms/km ± 54.9 ms 

ISE-1 30 ms + 0.5 ms/km ± 44.6 ms 

 974 

Table 2: Misfit statistics of the inverse tomography modeling. 975 

 Travel time picks RMS travel time 

misfit 

Chi-square (χ2) 

Overall 10,717 53 ms 0.97 

Refracted arrivals 

(Pg, Pb and Pn) 

9,530 55 ms 1.01 

S-reflection arrivals 

(PmP east) 

1,187 31 ms 0.65 

PmP arrivals (PmP west) 100 65 ms - 

 976 

 Figure captions 977 

Figure 1: A) Bathymetric map of the North Atlantic Ocean, showing the conjugate 978 

Newfoundland and Iberia rifted margins. Inset shows the location of SCREECH seismic lines, 979 

indicated by black lines [Funck et al., 2003; Shillington et al., 2006; Van Avendonk et al., 980 

2006]. Red circles indicate the location of ODP boreholes. B) Magnetic anomaly map [Maus 981 

et al., 2009] over the Iberia rift margin. Previous seismic experiments are illustrated by grey 982 

lines, GP [Reston et al., 1996; Whitmarsh et al., 1996], ISE [Sawyer et al., 1997], IAM [Pickup 983 

et al., 1996; Dean et al., 2000] and CAM144 [Chian et al., 1999]. Picks of isochron C34 are 984 

shown as white circles [Klitgord and Schouten, 1986]. White dashed line represents the 985 

interpreted location of magnetic anomaly M0 [Srivastava et al., 2000], yellow dashed line 986 

represents the interpreted location of magnetic anomaly M3 [Whitmarsh and Miles, 1995]. Red 987 
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dashed lines represent the location of the interpreted J anomaly [Beslier et al., 1993]. C) Map 988 

of the Galicia-3D seismic experiment. ODP Leg 103 sites are indicated by red circles [Boillot 989 

et al., 1987]. ISE-1 shooting profile is indicated by a green line; ISE-1 OBH are illustrated by 990 

blue triangles [Zelt et al., 2003]. WE-1 shooting profile is illustrated by a red line; large black 991 

circles indicate the location of WE-1 OBS/H. 992 

Figure 2: Data comparison between Galicia-3D OBS (43) and ISE-1 OBH (104), highlighting 993 

the additional noise introduced by a sub-optimal shooting in interval (~16 s) and smaller source 994 

array. These instruments are located within 1.3 km of one another and should exhibit seismic 995 

arrivals from common subsurface structure. 996 

Figure 3: Observed and modeled data for instruments 74, 76, 78, 104 and 109. Top panels: 997 

Receiver gathers limited to offsets exhibiting identifiable first arrivals. Receiver gathers are 998 

filtered using a minimum phase Ormsby band-pass filter (2-4-8-16 Hz). Middle panels: 999 

Receiver gathers with observed and calculated travel times illustrated. Green bars indicate 1000 

seismic arrival picks and their associated uncertainty, blue squares indicate the calculated travel 1001 

times through the final velocity model. Bottom: Calculated ray paths through final TOMO2D 1002 

velocity model. Thick black lines are the resolved S-reflector from TOMO2D modeling. White 1003 

inverted triangles illustrate the location of ocean bottom instruments. Plots of the velocity 1004 

model have a vertical exaggeration of 4.5. 1005 

Figure 4: Sediment velocity model. From top to bottom: ray paths of inter-sedimentary 1006 

reflections, ray paths of refractions through the lower sedimentary layer, ray paths of basement 1007 

reflections, fit of calculated travel times (colored points) with observed travel times (black 1008 

points). 1009 

Figure 5: Top: Input velocity model to the TOMO2D joint inversion process. Solid black line 1010 

represents the arbitrary surface representing the S-reflector. Bottom: Final TOMO2D velocity 1011 
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model after 10 inversion iterations. Solid black line represents the modified S-reflector after 1012 

the inversion process. White inverted triangles illustrate the location of ocean bottom 1013 

instruments used in this inversion process, a select number of instruments are labelled. Black 1014 

vertical lines of varying thickness and dashes indicate the location of 1D velocity profiles 1015 

illustrated in Figure 12. Plots have a vertical exaggeration of 4.5. 1016 

Figure 6: Travel time misfit between the observed seismic travel times and the calculated travel 1017 

times through the input (top) and final (bottom) compressional velocity models. Travel time 1018 

misfit is plotted against absolute offset from the recording instrument as black points. 1019 

Figure 7: Derivative weight sum of seismic rays traced through the TOMO2D velocity model. 1020 

Higher DWS values indicate areas where a higher density of rays have sampled model cells. 1021 

Thick black line is the S-reflector. Vertical dashed line indicates the axis of the Peridotite 1022 

Ridge. Black inverted triangles illustrate the location of ocean bottom instruments. Select 1023 

instrument numbers are indicated. Plots have a vertical exaggeration of 4.5. 1024 

Figure 8: Monte Carlo uncertainty test results. Top: Average velocity model from the 100 1025 

model realizations. Thick black line illustrates the average S-reflector surface. Bottom: 1026 

Velocity uncertainty of the average velocity model. Uncertainty is taken as one standard 1027 

deviation of the 100 model realizations from the average velocity model. Gray envelope 1028 

represents the range of all resolved S-reflection surfaces. Black inverted triangles illustrate the 1029 

location of ocean bottom instruments. Plots have a vertical exaggeration of 4.5. 1030 

Figure 9: Checkerboard resolution test results. Top: input velocity anomalies for the 25 x 5 km 1031 

checkerboard in order to demonstrate the boundaries between cells. Recovered velocity 1032 

anomalies from the checkerboard tests are below. Second from top to bottom the anomaly 1033 

dimensions are: 25 x 5 km, 10 km x 5 km, 10 km x 2.5 km and 5 km x 2.5 km, horizontally 1034 
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and vertically, respectively. Vertical dashed line indicates the axis of the Peridotite Ridge. Plots 1035 

have a vertical exaggeration of 4.5. 1036 

Figure 10: Modeled depth of the Moho from limited PmP arrivals on instruments 73, 74, 75 1037 

and 76, west of the Peridotite Ridge. Above: Receiver gathers from instrument 74; green bars 1038 

indicate PmP travel time picks and their associated uncertainties; blue squares indicate the 1039 

modeled travel times through the velocity model; red line illustrates wide-angle basement 1040 

reflection. Below: Final compressional velocity model, limited to 30 – 70 km profile distance, 1041 

illustrating the resolved Moho boundary. The location of M0 (vertical white dashed line) is as 1042 

interpreted by Srivastava et al. [2000]. 1043 

Figure 11: Results of the gravity modeling. Top: Small black dots illustrate the misfit between 1044 

observed and calculated free-air gravity anomalies, black line shows the linear trend fitted to 1045 

this misfit, which represents the regional gravity trend. Middle: Black line shows the observed 1046 

ship-borne free-air gravity anomaly, small red circles show the calculated free-air gravity 1047 

anomaly, large blue circles show the regionally corrected free-air gravity anomaly calculations. 1048 

Bottom: Extended density model. Region A is the density model converted from the final 1049 

TOMO2D velocity model. Region B is the density model converted from the compressional 1050 

velocity model of Zelt et al. [2003]. Region C is an extrapolation of the 1D density profile from 1051 

30 km profile distance. Region D is an extrapolation of mantle densities to 25 km depth in 1052 

order to match the depth of region. Plot has a vertical exaggeration of 9.  1053 

Figure 12: 1D velocity profiles through the final TOMO2D velocity model (Figure 5). Light 1054 

blue shading indicates the depths at which the Moho, below oceanic crust, is identified. Left: 1055 

1D velocity profiles compared to the velocity envelope for Atlantic oceanic crust aged 1056 

59 - 170 Ma [White et al., 1992]. Center: 1D velocity profiles compared to the velocity 1057 

envelope for velocity models within the COT from previous studies, as compiled by Minshull 1058 
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[2009]. Right: 1D velocity profiles compared with velocity profiles through thin oceanic crust 1059 

on the SCREECH-1 compressional velocity model of Funck et al. [2003] (green dashed lines) 1060 

and the GP101 model of Whitmarsh et al. [1996] (red dashed line). 1061 

Figure 13: Top: Kirchhoff time-migrated multichannel seismic image of WE-1 from Dean et 1062 

al. [2015]. Normal faults F3 – F7, identified on the coincident ISE-1 profile by Borgmeyer 1063 

[2010], are indicated east of the Peridotite Ridge with arrows. Ridge structures identified west 1064 

of the Peridotite Ridge by Dean et al. [2015], are indicated by arrows. M0 magnetic anomaly 1065 

is indicated by a dashed black line [Srivastava et al., 2000]. Bottom: The same image overlain 1066 

by the time-converted compressional velocity model. White inverted triangles illustrate the 1067 

location of ocean bottom instruments. Thick dashed black line illustrates the time converted S-1068 

reflector; thick black line illustrates areas where the Moho is sampled. 1069 

Figure 14: Comparison of existing velocity models east of the Peridotite Ridge, and their 1070 

correlation with reflection seismic interpretations. A) Velocity model from Zelt et al. [2003] 1071 

along ISE-1. B) Slice through 3D model of Bayrakci et al. [2016] using Galicia-3D data. C) 1072 

Final TOMO2D velocity model along WE-1. Horizon and fault surfaces are from 1073 

interpretations of depth migrated images along ISE-1 in Borgmeyer [2010], and GP12 in Reston 1074 

et al. [1996]. Thick solid black line is the S-reflector resolved by the reflected rays (thin black 1075 

lines) from the TOMO2D inversion process. Inverted triangles are instruments used to resolve 1076 

the S-reflector. Plots have a vertical exaggeration of 3. 1077 
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