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Abstract. In an earlier contribution to this journal, we provided a reconstruction
of seawater carbonate ion concentration over the last 100 million years (Tyrrell, T. and
Zeebe, R.E., Geochim. Cosmoch. Acta, 68, 3521-3530, 2004; TZ04 hereafter). Since then,
multiple new and more robust data sets on past ocean carbonate chemistry, atmospheric
COg, and major ion seawater composition have emerged, which prompt new COjy system
reconstructions. In addition, we have gained new insight into the effects of past major
ion seawater composition on equilibrium constants affecting COg system calculations
— most notably due to sulfate. Here we present new reconstructions of past ocean
carbonate chemistry and atmospheric COy based on new data and revised calculations,
including error analysis. We also provide simple corrections for past equilibrium
constants, supported by experimental data and well-suited for numerical models and
observational studies on multi-million year time scales. Our updated result for just the
seawater carbonate ion concentration (~2.3 to 4-fold lower 100 Myr ago) is similar to
TZo4, indicating that our core approach is robust. However, all revised reconstructions
using new alkenone and boron data now suggest that long-term ocean inventories of
total dissolved inorganic carbon (DIC) and total alkalinity (TA) were similar to modern
over the Cenozoic. This result contrasts strongly with one of TZo4’s scenarios, which
featured high Paleocene-Eocene DIC/TA inventories and was based on boron-derived
pH values that have recently been revised. Because the carbonate system has two
degrees of freedom, consistency checks can be made when three or more parameters are
determined. Overall, our estimated long-term trends in COy system parameters across
the Cenozoic appear consistent, regardless of whether we combine our carbonate ion
concentration with alkenone-derived pCOy or boron-derived pH. Our results suggest
convergence towards a consistent picture of Cenozoic atmospheric COy and seawater
chemistry. Finally, we identify changes in past seawater sulfate as a conceptual and

practical problem for seawater pH reconstructions.
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1 Introduction

Reconstructing past atmospheric COg concentrations and ocean carbonate
chemistry is critical for understanding carbon cycle-climate feedbacks, climate
sensitivity, ocean acidification and more (for recent reviews, see Kump et al., 2009;
Honisch et al., 2012; Zeebe, 2012a; Rohling et al., 2012). Tyrrell and Zeebe (2004)
(TZo4) reconstructed the ocean’s carbonate ion concentration ([CO%‘]) based on a

simple but effective idea using the CaCOj saturation state (€2) of seawater:

Q- [Cazlfﬂ , )
Sp
where [Ca®'] is the dissolved calcium concentration and Kg, is the solubility product of
calcite or aragonite; square brackets denote stoichiometric concentrations. Briefly, given
information on past [Ca?*], Kg,, and Q, Eq. (1) can be solved for [CO%‘] — an approach
that has been widely cited and applied since (e.g., Locklair and Lerman, 2005; Pearson
et al., 2009; Seki et al., 2010; Bartoli et al., 2011; Gillis and Coogan, 2011; Raven and
Crawfurd, 2012; Boudreau and Luo, 2017; Sosdian et al., 2018). Prior to TZo4, attempts
to reconstruct surface ocean carbonate chemistry considered calcite saturation as well
but usually assumed constant seawater [Ca®*] in the past (e.g. Sundquist, 1986; Caldeira
and Berner, 1999; Sundquist, 1999g). TZo4 also pointed out that corrections for past
equilibrium constants due to changes in major ion seawater composition are warranted,
which has subsequently been considered in other applications, including numerical
models (e.g., Zeebe et al., 2009; Ridgwell and Schmidt, 2010; Zeebe, 2012b).
Combining [CO%‘] with a second carbonate chemistry parameter allows full COq
system reconstructions as two parameters are required to determine the system (plus
temperature and salinity estimates) (e.g., Zeebe and Wolf-Gladrow, 2001). As the second
parameter, TZo4 used GEOCARB pCOgy (Berner and Kothavala, 2001) and a single
6" B-based pH record available at the time (Pearson and Palmer, 2000), the latter of

which has recently been revised (Anagnostou et al., 2016). Since then, multiple new and
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more robust data sets on past ocean carbonate chemistry, atmospheric COg, and major
ion seawater composition have been published. This has prompted us to perform new
COg system reconstructions over the last 100 Myr, including error analysis. We also
provide simple, updated corrections for past equilibrium constants that are supported by
experimental data and can easily be used in numerical models and observational studies

on multi-million year time scales.

2 Past Major Ion Seawater Composition

As in TZo4, we use fluid inclusion data in this study to estimate past changes in
major ion composition (Fig. 1a) (Horita et al., 2002; Lowenstein et al., 2003; Timofeeff
et al.,, 2006; Brennan et al., 2013). While such estimates come with uncertainties (see
original references for details), the general trends are consistent with other independent
evidence for the seawater Mg/Ca ratio (Fig. 1b) such as the chemical compositions of
calcifier fossils, inorganic calcite veins, etc. (see e.g., Stanley and Hardie, 1998; Dickson,
2002; Montafiez, 2002; Tyrrell and Zeebe, 2004; Coggon et al., 2010; Evans and Miiller,
2012; Rausch et al., 2013; Gothmann et al., 2015, and references therein). Our standard
error envelopes (Fig. 1) assume zero errors at present (known modern values) and
gradually increasing errors in the past. Note that given the long residence times of Ca?*
and Mg?*, rapid swings that could be inferred from some of the data in Fig. 1a and b are
implausible. For uncertainties in fluid inclusion reconstructions resulting from the value
used for the product of [Ca2*] x [SO%‘], see Section 5.3.2. Recent efforts to reconstruct
seawater [Ca2*] based on foraminiferal Na/Ca ratios also yield trends broadly consistent
with those from fluid inclusions (Hauzer et al., 2018; Zhou et al., 2018).

Past major ion changes (Fig. 1) have important implications for our reconstructions.
First, given Eq. (1), one key consequence of higher [Ca?*] in the past (Fig. 1) is that [CO%‘]

must have been lower (everything else being equal). It turns out that this overriding
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Figure 1.: (a) Past changes in [Ca2t], [Mg%], and [SOi’] based on fluid inclusion data. Diamonds: Horita et al. (2002), triangles:
Lowenstein et al. (2003), circles: Timofeeff et al. (2006), squares: Brennan et al. (2013). These studies assumed constant, modern
[Ca?*t] x [SO%{'] over time to derive [Ca?*] and [SO:{"] as shown, to which our estimated standard error envelopes apply (shaded
areas). For errors from different [Ca%*] x [SOf’] values, see Section 5.3.2. Concentrations were converted from mmol kg’l—HQO to
mmol kg_l—solution using § = 35. Solid lines are exponential fits (standard fits hereafter) to obtain differentiable (smooth) curves
over 100 Myr (see text). (b) Independent estimates of past seawater Mg/Ca ratios from echinoderms (Dickson, 2002), CaCO3 veins
(Coggon et al., 2010; Rausch et al., 2013), and fossil corals (Gothmann et al., 2015). The purple line and envelope show seawater
Mg/Ca and propagated errors from fit to fluid inclusions in (a). Standard envelopes assume zero errors at present (known modern
values) and gradually increasing errors in the past. Given the long residence times of Ca?* and Mg?*, rapid swings that might be

inferred from some of the data in (a) and (b) are implausible.

consideration dominates despite past changes in Q and K¢, (see Sections 4 and 5). The
two- to threefold decline in [Ca?*] over the past 100 Ma forced a compensating large

increase in [CO%‘]. Second, chemical equilibrium constants (K*’s) used to calculate
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ocean carbonate chemistry depend on the major constituents of seawater, which have
varied in the past. Hence K™’s require corrections over time, which we provide below
(see Section 3).

Exponential functions were fit over 100 Myr to the estimated concentrations from
fluid inclusions for [Ca®*], [Mg?*], and [SOi_]; x;’s for short, where j = 1,2,3 (see Fig. 1a,

Table 1):
x(t) — (x/ _ x//) e—(l—tl)/‘r +x” , (2)

where x’, x”, t;, and 7 are constants (see Table 1). Note that there is no mechanistic
reason for an exponential fit. In fact, between 37 and 100 Ma, the fit is unconstrained
and one could select a linear fit as the parsimonious model. We only use exponentials
here to obtain differentiable (smooth) curves over 100 Myr. Below, we will discuss flux
estimates based on derivatives, which would produce artificial flux spikes for non-smooth
curves.

Table 1.: Fit parameters for Eq. (2).

x’ x" ot T

Ca?2* ¢ 10.280 19.000 0  40.000
Ca®* 15.542 11478 37 —47.011
Mg ¢ 52.820 35000 o  12.000
SO% ¢ 28240 11000 0  32.000

et = [0 37]; bt = [37 100]; ¢t = [0 100] Ma.

S~

One critical requirement for past reconstructions of seawater chemistry is that
charge balance must be maintained. That is, the sum of all positive charges must equal
the sum of all negative charges at all times. It turns out that the estimated changes in x;’s
alone (standard fits, Fig. 1a) would produce a charge imbalance of up to +30 mmol kg‘1
in the past (the [SO?L'] decline remains essentially unbalanced), although the magnitude

of the imbalance depends on the product of [Ca%*]x [SOA%_] assumed in the fluid inclusion
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Figure 2.: (a) Past seawater [Na*] derived from fits to fluid inclusion data (Fig. 1a) and charge balance (see text). The envelope
represents standard errors propagated from Fig. 1a. Dashed lines estimate errors due to different [Ca®*] x [SOE’] values by doubling
the standard errors for [Ca?*] and [SOZ’], see Section 5.3.2. (b) Inferred Na* influx based on Eq. (3). Note that the steady-state flux
(¢eq) corresponds to time #,, where [Na*] is at maximum (d[Na*]/d¢ = 0), not to £ = 0. The ratio @/peq = 1 occurs at ¢4, which

varies for each scenario (arrows) and in turn give different flux estimates at ¢ = 0.

studies, see Section 5.3.2. If correct, the imbalance is significant and was unlikely
compensated for by minor constituents. Rather, other major ions would have to make
up for the imbalance such as C17, Na*, and K*. CI™ has a very long residence time and
[K*] probably changed very little over the Phanerozoic (Horita et al., 2002). This leaves
changes in [Na*] to maintain charge balance. In fact, this assumption has been made to
reconstruct [Na*] in the past (e.g., Timofeeff et al., 2006; Brennan et al., 2013). If the
same assumption is made here, it would lead to ~30 mmol kg™! lower [Na*] at 100 Ma
for the standard scenario (Fig. 2). Do such changes in Na™ inventory and flux appear
feasible, given sodium’s residence time in the ocean?

The change in Na* influx (¢) required to produce the estimated past change in the

ocean’s [Na*] inventory (Fig. 2) may be estimated from:

dMy,+

ds = ¢ - (1/TNa+) : /14Nafr > (3)
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where My,+ is the Na* inventory and 7y,+ is the residence time of Na*. Given My,+ over
time (Fig. 2), its derivative can be calculated. Using mn,+ = 50 Myr (Berner and Berner,
2012; Lécuyer, 2016), Eq. (3) can then be solved for ¢. As a result, the Na* influx would
have to change by less than ~20% over the past 100 Myr to explain the seawater Na*
concentrations as implied by fluid inclusions (Fig. 2). However, note that these estimates
have large uncertainties beyond those suggested by the error envelopes, including
intrinsic errors in individual fluid inclusion reconstructions (e.g., Section 5.3.2),
assumptions about constant [CI7] and [K*], Na™ residence time, neglecting changes

in minor constituents, etc. Note also that it is not clear what would have caused the
relatively rapid decrease in Na* flux over the past 10-15 Myr (Fig. 2). Finally, changes in
[Na*] of the indicated magnitude have a small effect on our overall results. For example,
calculated sensitivity parameters for past K* corrections (see Section 3.2) show modest
changes with [Na*] (Tables 2 and D1) and our carbonate chemistry reconstructions are

not overly sensitive to changes in K*’s (see Section 5.3).

2.1 Artificial paleo-seawater

Regardless of uncertainties in past major ion changes, it may be desirable to
prepare artificial seawater with major ion composition different from modern, e.g., for
geochemical or biological purposes (e.g., Mucci and Morse, 1984; Ries, 2004; Haynes
et al., 2017; Zeebe and Tyrrell, 2018). If such artificial seawater were to resemble major
ion changes as discussed here, including [Ca?*], [Mg2+], and [SOZ‘], one option is to
vary the salt concentrations of NaCl, CaClg, MgCly, and NagSO4. However, note that
this is only one option and does not necessarily reflect actual paleo-seawater changes.

If the goal is, for instance, to maintain charge balance by adjusting [Na*] at constant
[CI7], then mole-by-mole differences in salt additions/reductions (A’s) may be obtained
from ANaCl = nAMAy, where M = Ca or Mg, A = Cl, and n = —2. That is, for example,

a rise in [Ca?"] by x (in appropriate units) is compensated for by a 2x-drop in [Na*].
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Changes in [SO?"] may be achieved by simply adjusting the amount of NaySO, added.
If the goal is to maintain constant ionic strength (/) by adjusting NaCl, then n = -3 for
the above recipe; furthermore ANaCl = #ANaySOy4. The factor 3 arises from the fact
that the ions of the salt with one doubly charged ion (say MAjy or NagSOy) contribute
3 units to AI = }; z;.zx,»/Q = (22x + 1% - 2x)/2 = 3x, whereas NaCl contributes only one
unit: (12x + 12x)/2 = 1x. For this constant ionic strength scenario, of course both total
[Na®] and [C]7] change, with their net change being given by the sum of the individual
additions/reductions of the salts that contain them. For example, raising [SO%"] by

x via NagSOy addition requires NaCl reduction by 3x, hence a net [Na*] change by

2x — 3x = —x. The charge balance and constant ionic strength scenarios appear relevant
to a variety of problems and have been applied in chemical and physiological studies.
Indeed, charge and ionic strength are likely critical for a variety of geochemical and
biological processes given their nature of ionic interactions, rather than, for instance,
total salt content (mass). We will therefore provide corrections for stoichiometric
equilibrium constants for the charge balance and constant ionic strength scenarios below

(Section 3.2, Appendix D).

3  Effects of [Ca®], [Mg*'], and [SO% ] on Stoichiometric
Equilibrium Constants

As detailed in Section 2, there is compelling evidence for large changes in major
ion seawater composition over the last 100 Myr. Among the major ions, changes in
[Ca?t], [Mg2+], and [S()z_] are most critical for our carbonate chemistry reconstructions
through their effect on [CO%‘] (for [Ca?*], see Eq. (1)) and stoichiometric equilibrium
constants. The concentrations of Na*, C17, and K" appear to have varied only slightly
over the last 100 Myr (see Section 2). In Appendix B, we examine the effects of changes

in [Ca2*], [Mg2+], and [S()i_] on the dissociation constants of carbonic acid (Kl* and
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K;) and calcite solubility (Ks*pc). We restrict our discussion to these constants for three

reasons. First, K, K, and Ks*pc are by far the most important constants entering our
calculations. Second, the effect of changes in the remaining constants (e.g., Ko, Ky, - . .)
are dwarfed by uncertainties in other parameters, including the reconstruction of the
major ion seawater composition itself. Third, it turns out that our results are not overly
sensitive to changes in K*’s (see Section 5.3).

We compare all inferred major effects of [Ca®*], [Mg2+], and [SO%‘] on Kl*, K;,
and K, to actual experimental data when deriving our K™ corrections. Reviewing the
experimental data requires some work (Appendix B) but provides the only rigorous
check on chemical seawater models (see note below). Given the various uncertainties
and limited available experimental data, we focus on data at 25°C to derive corrections
for the K™’s.

In this paper, we denote thermodynamic and stoichiometric constants by K and K,
respectively. Curly and square brackets denote activities (also a;’s) and stoichiometric

concentrations, respectively. The equilibrium constants for the dissociation of carbonic

acid and calcite solubility may be written as:

(HCO; {H") . [HCO.][H*]
Kl = (:C)—3 ; 1= —3 (4,)
{ 2} an,0 [CO9]
X _(COXyHY ., [cojm*] )
* T T{HCOj) ’ 2~ T[HCO;] 5
KSPC = {C32+}sat{cog_}sat 5 K:pc = [Ca2+]sat[CO§_]sat s (6)

where ‘sat’ signifies saturation; for ay,0, see Appendix A. Introducing the total activity
coefficient y; of species i, with {i} = y, [i], we can express the stoichiometric constants

by total activity coefficients and thermodynamic K’s, which are constants at given
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temperature and pressure (i.e., do not depend on salinity, composition, etc.):

N Yco
K = Ki———— an,o (7)
YHco; YHt
. YHco;
K = Kp—— (8)
Yco VYt
. 1
Kspc = KS (9)

pc?’ce{“?’cog- ’

for yco,, see Appendix A. The above relationships are useful when illustrating the
effects of different major ion concentrations on stoichiometric equilibrium constants
(Appendix B). Furthermore, for the free activity coefficient we have {i} = yf [i]F, and
hence vy, /yf = [i]r/li], where [] is the total concentration (free + complexed). Note that
the K’s and K*’s in Egs. (7)-(9) should be expressed in the same units. For example, K’s
and K*’s are often reported in units of mol kg™*-HyO (molality, concentration symbol m;)
or mol kg~ 1-solution (molamity, see Ramette, 2004), respectively. The conversion factor
from molality to molamity at standard seawater composition is w2s =~ 1 — (0.001005 x ),

where S is salinity (e.g., Millero, 1995).

3.1 Note on chemical models for seawater

For the present study, Millero and Schreiber’s (1982) chemical model for seawater
(MS82 hereafter) turned out to be helpful (see Appendix B). The model is based on the
idea of ion pairing and builds on the work of Garrels and Thompson (1962) and others.
However, we emphasize that we do not advocate here the universal use of ion-pairing
models over, say, Pitzer models (though cf. Zeebe and Tyrrell, 2018) or other theoretical
approaches and do not argue for or against the theoretical basis of one particular model
(cf. May and Rowland, 2017). In this context, it is noteworthy that Pitzer models for
seawater actually include explicit ion pairing for some dissolved species and that more
recent work on ion pairing in the carbonic acid system (e.g. Stefansson et al., 2013, 2014,

2017) is largely consistent with earlier work that formed the basis for various parameters
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Figure 3.: Changes in K* ratios relative to modern (rK* = K*/K,,) predicted by the ion-paring model (IPM) based on Millero and
Schreiber (1982). Results are for standard seawater composition, except for changes in [Ca2t], [Mg2+], and [SOi’] as shown and
in [Na*] to maintain charge balance. Calculations also include changes in 7, which affects free y’s of ions, YCOy» ¢H,0> etc. (see

Appendix A).

used in Millero and Schreiber (1982).

Nevertheless, chemical models for seawater still have large uncertainties and the
data on which they are based are in some cases insufficient, inconsistent, or lacking
altogether (discussed in Appendix B). To improve the situation for studies such as the
present one, we advocate the experimental determination of stoichiometric equilibrium
constants for the particular major ion compositions of past oceans, i.e., at minimum
including variations of the concentrations of Ca?*, Mg?*, and SO%" over relevant
ranges (e.g., Horita et al., 2002). The currently available data for K7, K, and K, are

examined in Appendix B.

3.2 Summary: Equilibrium constants

As described in Appendix B, the trends expected from Egs. (7)-(g) for the effects
of calcium, magnesium, and sulfate on stoichiometric equilibrium constants and activity
coefficients are consistent with data from various laboratory measurements. Also, for the
present purpose, the trends predicted by the ion-pairing model (IPM, based on Millero
and Schreiber, 1982) are sufficiently close to the observed trends (Figs. B.1-B.3, B.5).

Importantly, absolute values predicted by the IPM are secondary for our approach. As
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in Tyrrell and Zeebe (2004), we use established standard stoichiometric K*’s below
(experimentally determined using modern seawater media as standard states) and only
apply relative changes to K*’s as functions of [Ca?*], [Mg2+], and [SO?[] (x;’s for short,
where j = 1,2, 3). In the following, we will use the IPM trends to correct K*’s for past
changes in seawater composition. Our calculations also include changes in [Na*] and 7,
which affects free activity coeflicients of ionic species, y¢(,, an,0, etc. (see Appendix A).
For relevant ranges of x; changes in the past (see Section 2), the relative changes in
K™’s (or K* ratios) predicted by the IPM are virtually linear when x;’s vary individually
(Fig. 3). Even when x,’s vary simultaneously, K* ratios remain very close to linear (see
Appendix C), allowing a simple linear parameterization to a very good approximation
(Ben-Yaakov and Goldhaber, 1973; Tyrrell and Zeebe, 2004), although with new

sensitivity parameters s;;:

K:‘/sz:1+ Sij (x]/x],m—l) (10)

3
j=1
where m = modern, i = 1,2, spc, and x; refers to [Ca?t], [Mg2+], and [SO%‘]. The s;;
were obtained from linear fits to the IPM results shown in Fig. 3 for maintaining charge
balance via [Na*] adjustment (see Table 2). Parameters for constant ionic strength
are given in Appendix D. The computational effort for our approach is minimal and
well-suited for easy K*-corrections in numerical models as well as observational studies,
at an accuracy appropriate for seawater carbonate chemistry and COg reconstructions
on multi-million year time scales.

Given past changes in major ion composition (Fig. 1a) and the effects of [Ca®*],
[Mg2+], and [SOi_] on K*’s as estimated above (Fig. 3), corrections for past stoichiometric

equilibrium constants can then be calculated (Eq. (10), Fig. 4). These K* ratios will be

used below to calculate carbonate chemistry parameters over time.
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Table 2.: Sensitivity parameters s;; X 103 (dimensionless) for Eq. (10) with [Na*] adjustment to maintain charge balance.

K K Ks*pc
Ca®* 5 157 185
Mg?* 17 420 518
SO* 208 176 106

4 Long-term Trends in Ocean Carbonate Chemistry over the last
100 Myr

From the history of [Ca®'] (Fig. 1a) and seawater calcite saturation state (Tyrrell and
Zeebe, 2004), we estimate the long-term evolution of surface [CO%‘] over the last 100 Myr
(Fig. 5a). It turns out that our new surface [CO%'] is very similar to that published
14 years ago (Tyrrell and Zeebe, 2004), except being slightly higher at 100 Ma. The
reason for the similarity is that changes due to updates in equilibrium constants (raising

past [CO%‘]) are partly compensated for by higher reconstructed [Ca?*] (lowering past



259

260

261

262

263

264

266

267

268

269

270

271

272

273

274

275

276

277

278

279

280

281

282

284

15

[CO%‘]). Combining [CO%‘] with one other carbonate chemistry parameter (plus 7, §
estimates) allows computation of the remaining carbonate chemistry parameters.

We emphasize that our reconstructions based on [CO%‘] are inherently long-term
trend estimates over > 10-Myr intervals. We do not resolve events and aberrations such
as the MECO, the hyperthermals (PETM, ELMO, ...), etc. Likewise, changes in trends
on time scales < 10 Myr are not resolved, including those during the early Paleogene,
which warrant a more detailed analysis (e.g., Komar et al., 2013). One exception is
the Middle Miocene Climatic Optimum (MMCO, ~17-15 Ma), which we briefly discuss

below in the context of boron isotope data.

41 Long-term trends from [CO%‘] and atmospheric COy

In this section we use independent pCOy estimates either from GEOCARB
modeling or from alkenones as the second parameter (Fig. 5). Estimates for 7 and
S used for the GEOCARB scenario were unchanged from Tyrrell and Zeebe (2004),
while 7" information for the alkenone scenario were directly taken from each of the
published alkenone data sets without smoothing; § was assumed constant (cf. also
www.p-co2.org and Rae (2018)). The modern surface [CO%‘] was set to 200 umol kg™t
for the GEOCARB scenario, corresponding to preindustrial values of pCOg = 280 patm
and pH = 8.18 on the total scale (Zeebe and Wolf-Gladrow, 2001) at a global mean sea
surface temperature of 77 ~ 15°C. For the alkenone scenario, modern surface [CO%‘]
was set to 250 umol kg_l, more representative for modern sea surface temperatures
of T > 20°C at the latitudinal site distribution of the alkenone studies included here
(Fig. 5a).

Using our [CO%‘] and the pCOgy reconstructions, surface ocean DIC (total dissolved
inorganic carbon), TA (total alkalinity), and pH can be calculated (Fig. 5). At present,
no independent reliable proxies exist for DIC and TA. However, we can use surface

ocean pH estimates from stable boron isotope records (611B) as an independent check
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Figure 5.: Estimates of carbonate chemistry parameters from (a) surface ocean [CO%‘] (this study & TZog4) and (b) pCOq.
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modern mean 77 ~ 15°C and I" 2 20°C (see (a)). The results for pH (blue line, olive diamonds in (e)) may be compared to
independent boron-based pH estimates (see legend) (e.g., Anagnostou et al., 2016; Pearson et al., 2009; Foster et al., 2012; Sosdian
et al., 2018; Martinez-Boti et al., 2015; Bartoli et al., 2011; Seki et al., 2010), cf. also www.p-co2.0org and Rae (2018). Our results are

available at www.soest.hawaii.edu/oceanography/faculty/zeebe_files/ZT19.html.

on the [CO%‘]+])COQ combination (Fig. 5e). Again, note that the GEOCARB time step
is of order 10 Myr and hence does not resolve events (MECO, PETM, ELMO, etc.) and

changes in trends < 10 Myr, say, during the early Paleogene (e.g., Komar et al., 2013).
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Overall, the trends in COg system parameters across the Cenozoic appear consistent.
For example, consistency for pH may be quantified by calculating the difference (ApH)
between pH values derived from the [CO%"]+alkenone pCOy combination vs. pH values
derived from boron (Fig. 5e). Using a series of 1-Myr bins in which the two data sets
overlap (N = 16), the average absolute ApH over the last 45 Myr is ~0.07 pH units (much
larger, i.e., ~0.12 pH units if we assumed constant, modern [CO%‘]). For comparison,
the reported errors on boron-based pH for records younger than ~20 Ma, are typically
0.02-0.07 units (Martinez-Boti et al., 2015; Bartoli et al., 2011; Seki et al., 2010) and
0.05-0.07 units for the Eocene records (Anagnostou et al., 2016; Pearson et al., 2009)
but can be larger if uncertainties in seawater 1B are fully propagated. Importantly,
however, ApH can be caused not only by errors but also by natural short-term and/or
spatial environmental variability, e.g., when combination-pH and/or boron-pH values are
not from exactly the same times or cores. To illustrate this point, we have also calculated
the average standard deviation (o) of independent boron-pH values in the same 1-Myr
bin, for bins containing more than one value (N = 12), which yields o ~ 0.04 pH units.
Pagani et al. (2011) and Zhang et al. (2013) both reported one rather high
alkenone-pCOg value >2,500 patm at ~36 Ma (Fig. 5b) from the same core interval at
ODP Site 925, only Zhang et al. used a different age model and parameters to calculate
pCOq. Hence, only one value should be displayed in compilations, not both. The reason
for the unusually high value remains unclear but is unlikely to be a measurement error.
When comparing COg system parameters, one needs to be careful in selecting truly
independent variables to avoid circularity. For example, the pCOj obtained from 1B
records is a derived variable because it is based on pH, which requires one additional
parameter and is therefore not an independent quantity in the context of carbonate
chemistry. In fact, most boron-based studies make assumptions about past DIC, TA,

or [CO%‘] to derive pCOq. Hence if one were to use 511B-derived pCOg as the second



314

315

316

317

318

319

320

321

322

323

324

325

326

327

328

329

330

331

332

333

334

335

336

337

338

339

18

parameter, one would essentially recover DIC, TA, or [CO%‘] values as assumed in the
first place, which is circular. However, we may use our [CO%‘] plus 611B-pH to derive

pCOg and compare our results to other pCOy estimates (Section 4.2).

4.2 Long-term trends from [CO%"] and pH

In this section we use our [CO%‘] together with independent pH estimates from
6B records as the second parameter (Fig. 6). Temperature estimates for the pH
scenarios were taken from the published ¢!!'B data sets. For the pH scenario, modern
surface [CO%‘] was set to 280 umol kg_l, more representative for modern sea surface
temperatures of 7 > 25°C at the latitudinal site distribution of the boron studies included
here (Fig. 6a). As explained in Section 3, compared to the effects of seawater composition

on Kl*, KZ\, Ks*p,

and various other uncertainties, effects of changes in the boric acid
dissociation constant K, are small. Moreover, for our parameter combinations, K, only
affects TA estimates. For instance, changing K, by 20%, yields ATA =~ 10 umol kg 1.
The Cenozoic long-term evolution of boron-derived pH appears consistent with pH
from our [CO%‘] and GEOCARB pCOgy (dashed line, Fig. 6b), although boron-pH is
generally lower in the past, particularly during intervals such as the Middle Miocene
Climatic Optimum (MMCO, ~17-15 Ma) and the Eocene-Oligocene Transition (EOT),
which are not resolved in GEOCARB. Correspondingly, pCO9 derived from our [CO%‘]
and 611B-pH is generally higher than the GEOCARB estimates (Fig. 6e).

However, note that our reconstructions for intervals such as the MMCO should be
taken with caution because they combine one inherent long-term (our [CO%‘]) and one
short-term parameter (boron-pH) during relatively fast Earth system changes. Short-term
variations in [CO%‘] during the MMCO are of course possible, if not likely, and because
they are not resolved, bias our reconstructions (potentially overestimating pCOy for

the low-pH data). Also note that Sosdian et al. (2018) provided various additional

pH scenarios for ODP Site 761 (cf. Foster et al., 2012). Thus we have included one
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references, see Fig. 5. Dashed line in (b) shows pH from our [CO%’] and GEOCARB-pCOj for comparison. Our results are available

at www.soest.hawaii.edu/oceanography/faculty/zeebe_files/ZT19.html.

“high-pH” MMCO scenario (Foster et al., 2012) and one of the “low-pH” scenario,
labeled “Sosdian18 Lo2” (Figs. 5e and 6b), which uses Lemarchand et al. (2002)’s

seawater §11B (Sosdian et al., 2018).
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5 Discussion
5.1 Past DIC and TA inventories

Our reconstructions suggest that long-term DIC and TA were similar to modern
values across the past 100 Myr, regardless of whether pCOgy or pH is used as the second
parameter with our [CO%‘] (Figs. 5 and 6). This may appear surprising, given that
Cenozoic pCO;y was mostly higher than modern, which, everything else being the same,
would suggest elevated DIC (see Zeebe and Wolf-Gladrow, 2001). However, the relatively
low DIC despite high pCO; is a direct consequence of higher [Ca?"] in the past, which
leads to lower [CO%‘], given moderate changes in carbonate saturation (Fig. 5a). Briefly,
the effect of elevated past COg levels on DIC was largely compensated for by lower

[cO%].

5.2 CCD records

As discussed in detail in TZo4, records of the calcite compensation depth (CCD)
indicate that the ocean’s calcite saturation state (€2) has not varied dramatically over
the past 100 Myr. Nevertheless, to account for changes in whole-ocean saturation, TZo4
used a smoothed global CCD curve (Fig. 7), which should reflect changes in Q. In turn,
changes in Q affect [CO%’] via Eq. (1) (see Appendix E), but to what extent? The effect
of CCD changes on our calculated [CO%‘] may be illustrated by replacing the global
CCD curve by reconstructions for the equatorial Pacific CCD (Pilike et al., 2012). This
test merely serves as an illustration; we emphasize that the equatorial Pacific CCD is
not a substitute for the global CCD. Nevertheless, the effect is small (Fig. 7), suggesting
that our [CO%‘] reconstruction is insensitive to details of /CCD changes across the

Cenozoic.
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Figure 7.: Effect of (a) calcite compensation depth (CCD) on (b) [CO%‘] via saturation state Q (see text). Default calculations use
changes in global CCD after TZo4 (blue lines). Red lines illustrate the effect on [CO%’] if reconstructions for the equatorial Pacific
CCD were used instead (Pilike et al., 2012). We emphasize, however, that the equatorial Pacific CCD is not a substitute for the
global CCD. Because our [CO%"] proxy is inherently long-term (see text), a smoothed curve (thick red line in (a)) was used. To allow

comparison with the global CCD record (blue curve in (a)), the red curve was set constant between 50 and 100 Ma.

5.3 Error propagation

Uncertainties in our reconstructions may be evaluated by assigning errors to
important parameters and propagating those through the calculations. Important
parameters that affect our results include changes in temperature (7), salinity (S5),
major ion concentrations, sensitivity parameters for K* corrections (s;;), and the ocean’s
calcite saturation state (€2), as inferred from CCD changes. Additional parameters enter
the calculations but not all are critical. For instance, the total boron concentration in
seawater makes no difference for pH, when calculated from [CO%‘] and [COgy], although
it does affect TA (Zeebe and Wolf-Gladrow, 2001). In the following, we focus on the
parameters listed above, which are most critical for our reconstructed pH and pCOs.
Importantly, our error propagation provides uncertainty estimates for our results based
on given, assigned parameter errors. The assigned errors themselves are somewhat

arbitrary and mostly chosen rather generously. For example, an assigned maximum
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temperature error of +5 K at 100 Ma (see below) is most likely at the upper end of
realistic values. Hence our emphasis is on providing what-if scenarios, rather than

precise parameter errors.

5.3.1 Individual error propagation

To illustrate the effect of uncertainties in individual parameters on our results, in
this section we propagate errors separately for two scenarios. First, we calculate pH from
our [CO%‘] (including errors) and GEOCARB pCOg (Fig. 8, middle column). Second,
we calculate pCOg from our [CO%‘] (including errors) and the standard pH result of the
first (GEOCARB) scenario (Fig. 8, right column). This allows for easy inspection of
pH and pCOg uncertainties for related scenarios. The emphasis here is on estimating
maximum uncertainties from individual parameters and will involve some non-standard
assumptions about errors.

Errors in T, §, and CCD were assumed to grow linearly with time in the past so
that the maximum error was assigned at 100 Ma (variables with subscript label ‘100’ in
Fig. 8). T and §' affect the various equilibrium constants, with an opposite net effect on
our calculated pCOg. Hence we combined an increase in 7" with a drop in §' and vice
versa (Fig. 8, 1st row). The major ion concentrations ([Ca?*], [Mg2+], [S()z']) were varied
within their estimated standard error envelopes (see Fig. 1a); for uncertainties resulting
from the value used for [Ca?*] x [SOi_], see Section 5.3.2. Sensitivity parameters
for K* corrections (s;;) were assigned a constant error of +100%, while Q was varied
corresponding to an assigned maximum CCD error of +1 km at 100 Ma.

The propagated uncertainty for [CO%‘] and pH is moderate; for pCOgy it is more
significant (ca. £300 patm). However, note that the assigned maximum parameter
errors at 100 Ma of 7 + 5 K and § F 3 are rather large. Varying [Ca®*], [Mg?'], and
[SO%‘] within their estimated error envelopes (Fig. 1a) has a small effect on [CO%‘] and

pH, and a slightly larger impact on pCOgy, ca. +250 patm (Fig. 8, 2nd row). Large
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Figure 8.: Individual error propagation of critical parameters for [CO%’] (column 1), pH (column 2), and pCOg (column 3)
reconstructions. Dark blue: standard scenarios, light blue: upper and lower uncertainty bounds for assigned parameter errors (see

,_ inIPM changed from o.2 (default) to 0.3 (cf. Section B.1).

text for details). Red dashed line (3rd row): yé
3

changes in sensitivity parameters s;; for K* corrections by +100% (factor 0 and 2) only
have a moderate effect throughout (Fig. 8, 3rd row). As a result, using no corrections
at all (0 x 5;; means modern K*’s) would result in pCOg values ~250 upatm too low at
100 Ma for the example shown (and ~100 patm too low at 50 Ma). Changing 75 o from
0.2 (default) to 0.3 in the IPM has virtually no effect on the results (cf. Section B.1).
Variations in Q (via CCD) have a noticeable effect on [CO%‘] and pCOg (ca. £300 patm

at 100 Ma), although the assigned maximum CCD error of +1 km at 100 Ma is probably
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quite large (Fig. 8, 4th row).

5.3.2 Errors from assumed [Ca®*] x [SO%7] value

The standard values for [Ca%*] and [S()i_] vs. time compiled in Fig. 1a were derived
by the fluid inclusion studies assuming constant, modern [Ca?*] x [SOE_] in the past.
Additional Ca?* and SOi_ concentrations were provided by these studies for different
values of [Ca®"] x [SOE']. For example, using 1.0, 0.5, and 1.5 times the modern
[Ca?*] x [SOE_] value results in [Ca%*] and [SOE_] of 16f§ and 19:’2 mmol kg_l-HQO in
the Eocene at ~37 Ma (Horita et al., 2002) and 26:% and 14f§ mmol kg1-HyO in the
Cretaceous at ~100 Ma (Timofeeff et al., 2006). These uncertainty ranges are similar
to the assigned parameter errors for [Ca2*] and [SOZ_] in our Monte Carlo simulations
(+5 mmol kg™, see Table 3 below) and are hence covered by our Monte Carlo error
propagation (Section 5.3.3). Such parameter errors affect the equilibrium constants
via x;’s (Eq. (10)) but not the sensitivity parameters s;;, which are derived taking
into account charge balance via [Na*] adjustment (Table 2) or constant ionic strength
(Appendix D) for each combination of the x;’s within their relevant ranges (Fig. C.1).
Larger errors in [Ca%*] and [SOz_] do increase the uncertainties in the reconstructed Na*
concentration and flux based on charge balance (Fig. 2). Finally, we note that the Mg/Ca
ratio of seawater, (Mg/Ca),,, as derived by fluid inclusion studies based on modern
[Ca?*] x [SOi_] is consistent with independent estimates of (Mg/Ca),, (see Fig. 1b and
discussion in Horita et al. (2002)). Alternatively, instead of constant [Ca2t] x [SOi_],
perhaps one could assume that past changes in [Ca?*] were accompanied by equivalent
changes in [SO?7] to maintain charge balance. However, this would lead to different

(Mg/Ca), ratios in the past and leave changes in [Mg?*] essentially unbalanced (Fig. 1).
g p g g y g
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Figure 9.: Results of Monte Carlo simulation. Parameter variations were applied at 5 to 10 Myr time steps, see text. Each dot

represents the result of a single run at that time step. Sea surface temperature (SST) after TZo4. Salinity from GEOCARB-III was

used here for direct comparison with TZo4 but may be replaced by more recent estimates (the effect is small).

5.3-3 Monte Carlo error propagation

In this section, we follow standard practice and assume that all errors are random

and normally distributed (Central Limit Theorem), but note that in reality systematic

errors are also possible. The effect of the allocated errors on the uncertainty of the

results was determined using a Monte Carlo approach in which the entire calculation

procedure was executed 1,000 times with randomly different errors (Fig. g, Table 3).

The uncertainties of the results are reported as +20 (twice the standard deviation of
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1,000 results).

For [Ca®*], [Mg2+], and [SOZ‘] we added normally distributed errors to the data
with standard deviation equal to half of the distance to the envelope (95% of values in a
normal distribution are within +2¢ of the mean). Errors in [Ca?*], [Mg2+], and [SO%‘]
were applied regardless of age (Table 3), after which an exponential function was fit to
data+errors. This leads to larger variations in the fit function in the past because its
value is fixed to the modern concentration at ¢ = 0 Ma (Fig. 9). To account for possible
changes in the surface-to-deep [CO%‘] gradient in the past (actually ratio), we randomly
varied the ratio f/f,, with [CO%‘]X =f [CO%‘] 4 and indices s, d, and m refer to surface,
deep, and modern. For details and a comprehensive discussion of the surface-to-deep
ratio, see Appendix of TZo4. As above, errors in CCD, temperature, salinity, and
f/fm were assumed to grow linearly with time in the past. Variations in major ion
composition, temperature, and salinity then lead to variations in the stoichiometric
equilibrium constants K*, which depend on these parameters (Fig. g9). Finally, the
propagated uncertainty in [CO%‘] from the combined errors of all parameters can be
calculated (Fig. g). For example, at 100 Ma, 20~ ~ 18 umol kg™ and hence we estimate
that [CO%"] was about 2.3 to 4fold lower at 100 Ma (~68 + 18 umol kg™! for a modern

value of 200 umol kg71).

Table 3.: Assigned parameter errors (207) for the Monte Carlo simulation.

[Ca?*] [Mg?+]“ [SO*1*  f/fu * CCD? SST’ SSS°

mmol kg™ mmol kg™! mmol kg1 - m °C -

5 8 5 0.2 500 2.5 1.5

“Independent of age; “Maximum error at 100 Ma.
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5.3-4 Summary: Error propagation

Despite relatively large assumed parameter errors, the propagated uncertainties in
our results are moderate, suggesting that our reconstruction method is robust. However,
the degree of accuracy to which our results reflect reality most critically depends on the
reconstructed major ion composition of seawater, particularly [Ca%*], for which we have

to rely on literature values (Fig. 1).

5.4 Paleo-pH scale

Proper pH scales commonly used for modern seawater are the total scale and
the seawater scale, which include [HSO;] (Eq. (B7)) and [HSOZ]+[HF] in their ionic
medium standard state, respectively (e.g., Hansson, 1973; Dickson, 1990; Millero,
1995; Zeebe and Wolf-Gladrow, 2001). We will focus here on the total scale as the
concentration of fluoride in seawater is small and essentially unknown in the past. The
fact that [SO?7] was lower in the past (Fig. 1a) represents a conceptual and practical
problem when comparing paleo-pH and modern ocean pH. For instance, envision
two hypothetical seawater samples of modern and, e.g., Paleocene age with otherwise
identical composition but different sulfate concentrations, say modern and half of
modern [SO%‘]. The two samples would give a different pH reading relative to a modern
reference standard due to differences in [SO?7]. The utility of the total pH scale in
modern seawater implicitly relies on the constancy of the major components: “Sea water
is an ionic medium [. ..] with practically constant composition of the major constituents”
(Hansson, 1973); “The total concentrations of conservative constituents, such as borate,
sulfate, and fluoride, can be estimated from salinity” (Dickson et al., 2007). None of the
above, of course, holds for paleo-seawater over time scales of millions of years. Hence
labeling reconstructed pH values “pHz” (e.g., derived from Cenozoic 611B), where the

subscript 7 refers to the modern concept of the total pH scale makes little sense in light
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of sulfate changes and should be avoided.
To illustrate the effect of [SOE_] on [H*], consider Eq. (B7) and Fig. B.3. The ratio

of free to total hydrogen ion concentration may be estimated from:
[H*]p/[H 7 ~ 1/(1 +[SO;71/0.1) . (11)

For further illustration, assume [H*]7 to be constant. Then at half of modern [SOi‘],
Eq. (11) would give a ~12% higher free hydrogen ion concentration, or a ~0.05 units lower
pHFp, relative to modern [SOE_]. While this example is oversimplified compared to actual
past seawater changes, it illustrates the effect of [SOZ‘] on pH, which, in turn affects
speciation, including the [B(OH)B]/[B(OH);] fraction, a primary control on their g0
ratio, which is critical for the pH proxy. As a result, changes in [SO%7] by themselves
would affect pH reconstructions, even if all other conditions were the same. The bottom
line is that the change in past [S()z_] (Fig. 1a) represents a conceptual and practical
problem for determining paleo-seawater pH. The issue should be worked out properly

for, e.g., 611B-derived pH but is beyond the scope of this paper.

6 Conclusions

In this study, we have presented new reconstructions of past ocean carbonate
chemistry and atmospheric COg based on recent data and revised calculations. We also
provide simple corrections for past equilibrium constants, supported by experimental
data and well-suited for numerical models and observational studies on multi-million
year time scales. Our updated result for just the seawater carbonate ion concentration
(~2.3 to 4-fold lower 100 Myr ago) is similar to our earlier work (Tyrrell and Zeebe,
2004). This holds despite higher [Ca%*] from fluid inclusions >50 Ma (compared
to TZo4), new chemistry routines, incorporation of [SOi_] effects , alternative CCD
records, and extensive parameter variations, which suggests that our core approach

is robust. However, all revised reconstructions using new alkenone and boron data
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now suggest similar to modern long-term ocean inventories of DIC and TA over the
Cenozoic. This result contrasts with one of our earlier scenarios, which featured high
Paleocene-Eocene DIC/TA inventories and was based on a now outdated boron record.
Overall, our estimated long-term trends in COy system parameters across the Cenozoic
appear consistent, regardless of whether we combine our carbonate ion concentration
with alkenone-derived pCOy or boron-derived pH. Our error analysis shows that despite
relatively large assumed parameter errors, the propagated uncertainties in our results
are moderate, lending confidence to our reconstruction method. However, the degree of
accuracy to which our results reflect reality depends primarily on the fidelity of proxies

for past major ion concentrations in seawater, particularly [Ca?*],

which is independent
of our work (Fig. 1). Finally, we have identified changes in past seawater sulfate as a
conceptual and practical problem for determining paleo-seawater pH, which should be

sorted out properly for the boron-pH proxy.
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Figure A.1.: COqy activity coefficient ratio for Y%OQ = 7C0, (I = 0.7). Black line (MS82 SW): seawater (Millero and Schreiber,

1982). Parameters for other components are from He and Morse (1993).

Appendix A: ay,0 and yco,

Changes in the activity of water (amy,0) and the activity coefficient of dissolved CO3 (yco,)
for solution compositions as reconstructed here are small. Moreover, for our approach only K*
ratios (past/modern) matter, hence the effect on the K| ratio (see Egs. (7) and (10)) is minor.

The activity of water in seawater was estimated as a function of ionic strength, or salinity .§

(Millero and Leung, 1976; Lund et al., 2003):
am,0 = 1 —5.0901x107* § - 6.9567x1077 §% . (A1)

For example, a salinity change from 35 to 33 (/ from 0.72 to 0.68) would give a ap,o ratio of
1.00L.

The COj activity coefficient (yco,) for solutions of various seawater salts may described by:

logyco, =k I, (A2)

where £ > 0 (so-called salting out) depends on the type of salt. For the major seawater
components, variations in £ are moderate and have a minor effect on the ratio yco, /7802 for
7802 = yco,({ = 0.7) (Fig. A.1). Hence we used Eq. (A2) and adopted £ = 0.0946 from the
original IPM to calculate yco, (Millero and Schreiber, 1982).

Appendix B: [Ca®"], [Mg?*], [SO%‘] Effects on K*’s: Data
B.a [Ca?']

Calcium ions in seawater directly interact with major ions such as sulfate, as well as the

dissolved carbonate species, including HCO; and CO?™. Hence changes in the seawater calcium
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Figure B.1.: Measured (symbols) changes in (a) apparent K{ and (b) K{Ké as a function of [Ca?*] in NaCl solutions and artificial
seawater (ASW) both at constant ionic strength via adjusting [NaCl] at 25°C (Pytkowicz and Hawley, 1974; Rushdi and Chen-Tung,
1995). Lines were calculated for PH74’s NaCl solutions using their £, YCOy> and 2H,0> and an ion-pairing model based on Millero

and Schreiber (1982). Note that changing y(Fj ot from 0.2 to 0.3 has virtually no effect on our final results (see Section 5.3).
concentration affect the activity of these ions and therefore the stoichiometric equilibrium
constants. For example, with rising [Ca®*], the concentration of, e.g., CaHCOj rises, reducing
YHCO; - As a result, K should increase with [Ca%*] (see Eq. (7). Importantly, this K] [Ca%*]
relationship is confirmed by actual data (Fig. B.1) and is independent of any assumptions about
activity coefficients (Eq. (7)), or the stability of CaHCOY, or any other assumptions about ionic
interactions.

Pytkowicz and Hawley (1974) and Rushdi and Chen-Tung (1995) (PH74 and RCgj for short)

determined changes in apparent dissociation constants such as K (Fig. B.1):

an[HCO;]

K| = —coy (B3)

where az is the hydrogen ion activity defined in the NBS buffer scale (Mehrbach et al., 1973).

Substituting activity coefficients as above and using ay = k{H"}, yields:

1=K k Yoo, am,o (B4)
YHCO;
where £ is a correction resulting from pH measurements in concentrated solutions (Hawley and
Pytkowicz, 1973). Eq. (B4) is equivalent to PH74’s Eq. (1) and shows that ratios of K, say at
different [Ca®*], do not depend on yy+, whereas ratios of K;" do (see Eq. (7)). If the solution is
sulfate- and fluoride-free (as in PH74), yy+ should be essentially constant (see also Section B.3)

and hence ratios of K] and K7 should be the same (cf. Egs. (B4) and (7)). However, RCg5’s

artificial seawater (ASW) contained sulfate and fluoride (Kester et al., 1967). Thus, an increase
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in their ASW [Ca%*] would slightly lower free [SOZ‘] via Ca2+—SOi_ interactions and hence
increase free [H'] and yy+ (see Section B.3). As a result, the increase in K with [Ca®*] in ASW
should be smaller than shown in Fig. B.1, which shows RCgj5’s reported changes in apparent K.
PH74 and RCg5 experimentally determined K and K[ K, = k2K1K2)/CO2 /7003" which
both increase with [Ca?*] (Fig. B.1). The experimental trends are roughly captured by MS82’s
ion paring model (IPM, see note Section 3.1 though). However, with standard parameters, the
IPM underestimates K| and overestimates absolute KK, values. This is not critical because our
K* corrections (see below) are based on trends, not absolute values. Nevertheless, one could
attempt to reduce the data-model mismatch by changing model parameters such as the model’s

free activity coefficient of HCOJ ( ) in NaCl solutions from ~0.67 to ~0.65 and CO%‘

F
YHco;

(yg 02_) from 0.2 to 0.3 (Fig. B.1). However, such changes in, e.g., yg have virtually no effect
3

9
on our final results (see Section 5.3). >
While we do not recommend such parameter changes (for one, the IPM was designed for
full seawater, not simplified solutions such as in PH74), one can ask if the yg ot value of 0.3, for
instance, would be within a range of values obtained from PH74’s analysis. From PH74’s data one
may estimate ., , from yl , =k* Ki Ky/K{'K;', where k = 1.134 and K['K}' = 0.4866x10"°
were both determined experimentally (Hawley and Pytkowicz, 1973; Hawley, 1973). Using values
for K1 and Ky at 25°C (Harned and Davis, 1943; Harned and Scholes, 1941), gives ygog_ ~ 0.55
in NaCl solutions at / = 0.72. This is significantly higher than estimates for yg ot in seawater
at similar jonic strength and points to some inconsistency in PH74’s data and/or analysis. One
possibility (speculation) is that PH74’s analysis underestimated K;"K," and overestimated the
stoichiometric association constant of NaCOg (Butler and Huston, 19770; Millero and Schreiber,
1982; Millero and Thurmond, 1983). The above merely illustrates some of the uncertainties
involved in both models and data of even seemingly simple NaCl—Ca2+—HCO§ solutions. Note
that seawater solutions are substantially more complex and that changing parameters to fit one

particular data set may cause inconsistencies with another (e.g., for y-2-, see Section B.4).
3

B.2 [Mg?']

Similar to Ca%*, Mg?* interacts with various ions in seawater, including HCOj3 and CO%‘
and reduces their activity, which should increase stoichiometric (or apparent) constants with
rising [Mg?*] (see Egs. (7)-9)). This behavior is confirmed by experimental studies in both
NaCl solutions and ASW (Fig. B.2). The steeper slope indicated by Millero and Thurmond
(1983)’s data (K*’s) is likely due to the varying ionic strength of their Na-Mg-ClI solutions, which
increased along with [Mg2+](l = [0.56 1.11]). Again, the IPM (Millero and Schreiber, 1982)
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Figure B.2.: Measured (symbols) changes in (a) apparent K] and (b) K{K; as a function of [Mg?*] in NaCl solutions and artificial
seawater (ASW) both at constant ionic strength via adjusting [NaCl] at 25°C (Pytkowicz and Hawley, 1974; Rushdi and Chen-Tung,
1995). The ionic strength of Millero and Thurmond (1983)’s Na-Mg-Cl solutions (triangles) increased along with [Mg2+], 1 =10.561.11]
(higher I’s not shown). Lines were calculated for PH74’s NaCl solutions using an jon-pairing model based on Millero and Schreiber
(1982). Note that Pytkowicz and Hawley (1974)’s and Rushdi and Chen-Tung (1995)’s data shown are for NaCl solutions without Ca?*

and ASW with Ca?* (~g.7 mmol kg™1), respectively. Note that changing yéOQ‘ from 0.2 to 0.3 has virtually no effect on our final

3
results (see Section 5.3).

reproduces the values and trend for K reasonably well but overestimates KK, (see discussion
above). Importantly, the details of Mg-effects on dissociation constants for concentrations higher
than modern ([Mg2+] > 53 mmol kg_l) are not critical for the present study because seawater
[Mg2+] was likely lower than modern during much of the last 100 Myr (see Section 2).

Relevant data on K| and K, were also provided by He and Morse (1993). Unfortunately,
measurements including changes in [Ca?*], [Mg2+], and [SOi_] were conducted at different
I’s and at o, 50, 75, and 9o°C but not at 25°C. In addition, possible interpolation to 25°C is
hindered by the fact that some of the data appear inconsistent. For example, the value for pK;

at mgoe- = 1 mmol kg™! and 50°C seems significantly too low compared to other temperatures

(see their Table 2).

B.3 [SO%]

In seawater, SOZ‘ interacts with Mg2+, Ca?*, Na*, etc. In addition, a significant fraction of

hydrogen ion is bound to sulfate in the form of bisulfate ion:

HSO,; = H* +SO%*", (B5)
with dissociation constant
[H*]£[SO%]
K . __=— B6
HSO;, [HSO,] (B6)
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Figure B.3.: Effect of total sulfate on the ratio of hydrogen ion activity coefficients yIT-I+ /yﬂ+ = [H*]z/[H*]z at 25°C. Diamonds:
based on Khoo et al. (1977)’s Eq. (3), data in their Tables I and IV ([HCI] = 0.01 mol kg_l), and Eq. (B8). Dashed black line:

[H*1p/[H*]7 from Eq. (B7) using Sz and a constant Ki—ISO_ = 0.1 taken from Dickson (1990) (I; = 25°C, § = 35). Solid black
4

s 2— ’ : 92— 5 ’ . . . e . . . .

line: 1/(1 + [SO4 ]/KHSO;) using [SO4 ] and Khoo et al. (1977)’s KHSO;’ including its variation with ionic strength /. Blue line:

ion-pairing model (Millero and Schreiber, 1982) using Khoo et al. (1977)’s solution compositions, KI,-ISO_’ and their effective (real)
4

ionic strength.

Note that K is given in terms of the free (not total) hydrogen ion concentration; hence the

HSO;
prime instead of an asterisk. Thus, changes in total seawater sulfate, Sy = [SOE_] + [HSO],

cause changes in the free concentration of hydrogen ions. In fact, the bisulfate dissociation in
seawater (Eq. (B5)) represents the very basis for the total pH scale in seawater, where the total

hydrogen ion concentration is given by (e.g., Hansson, 1973; Dickson, 1990):
[H*]r = [H']F + [HSO ] = [H]r (1 + St/Kys0.) - (B7)

The effect of sulfate on, e.g., K; and K, may be illustrated by means of Egs. (7) and (8). Assume
for the moment that the activities of COy, HCOy, and CO%‘ remain constant. Then an increase
in Sy would reduce [H*]z (Eq. (B5)) and hence yy+. As a result, K and K, would increase with
the total sulfate concentration in seawater (Egs. (7) and (8)). It turns out that changes in sulfate
have a minor effect on the overall activities of COg, HCOj3, and CO%‘, which do not directly
interact with SO?~ (though the direct effect on Ca** and hence calcite solubility is significant,

see Fig. 3). Thus, given a value for K the effect of changing total seawater sulfate on K

so;’
and K, may be estimated.

Data for KI:ISO; have been obtained from galvanic cell measurements from which also the
ratio 71? /)/fr, as a function of Sz can be calculated (e.g., Khoo et al., 1977; Dickson, 1990)
(Fig. B.3). For example, Khoo et al. (1977) determined HCI activity coefficients in ASW with and

without sulfate. Rearranging their Eq. (3) yields an expression for the mean activity coefficient
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different studies (Dickson, 1990; Waters and Millero, 2013; Waters et al., 2014; Khoo et al., 1977).

Figure B.4.: Values for KI’{

of HCI, y, (HCl), which can be evaluated using the data given in their Tables I and IV. The ratio
y; /pr at different S7 may then be estimated using the rule y, = (y, y_)? (Robinson and
Stokes, 1959):

yhoivhe = y2HCD /2 HC (B8)

where primed and unprimed y’s refer to a given Sy and Sy = 0 (ASW with and without SO?7),
respectively. Note that SOE‘ effects on y(;- should be small and hence y¢;- and y(,_ cancel.

For Khoo et al. (1977)’s experimental conditions, Eq. (B8) indicates a ~25% drop in
y; /yll_:p = [H*]z/[H*]7 as Sy rises from 0 mmol kg_1 to seawater values of ~28 mmol kg_1 (St
scaled linearly with salinity §) (Fig. B.3). A similar trend is obtained for [H*]z/[H*]; ratios
estimated from Eq. (B7) with a constant K},ISO; = 0.1 taken from Dickson (19g0) (Fig. B.3). The
latter graph is shown merely to visualize Eq. (B7), which uses Sz and is plotted for constant
KI’{SO;. Eq. (B7) is not supposed to fit Khoo et al. (1977)’s data which were obtained at low pH
(requiring consideration of [SO%7] instead of S7) and varying salinity/ionic strength (/). Rather,
the data should fit the expression [H*]r = [H*]7/(1 + [SOZ‘]/KI’{SOZ), where K/ varies with

HSO;
I. Using K/, from Khoo et al. (1977), this is indeed the case (Fig. B.3) and is unsurprising

sO;
because KII{SOZ was actually derived by a data fit of a similar kind (Khoo et al., 1977). In

summary, the free hydrogen ion concentration decreases, and hence K| and K increase, with
the total sulfate concentration in seawater (Egs. (7) and (8)).

The magnitude of the predicted change in K" and K, with sulfate depends on KI/{SO; in
seawater, which is challenging to determine analytically. At 7, = 25°C and § = 35, Dickson
(1990)’s value is ~20% higher than that given by Khoo et al. (1977) (Fig. B.4). In his approach,
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Figure B.5.: Changes in K. as a function of [Mg?*] from experiments in ASW at constant ionic strength via adjusting [NaCl] at

25°C (symbols); M83 = Mucci (1983). Data points labeled 0.5x[Ca] and 0x[SO4] refer to ASW at half seawater-[Ca?*] and sulfate-free
ASW (Mucci et al., 1989). The open diamonds were calculated for Mucci and Morse’s (1984) ASW solutions using an ion-pairing
model based on Millero and Schreiber (1982).

Dickson included estimates of changes in yg+ with [HCI]; Khoo et al. (1977) did not. Furthermore,
Dickson’s values >25°C are in close agreement with values based on a recent re-evaluation of

existing data for KI,{SO* (Waters and Millero, 2013; Waters et al., 2014). Hence, in this study we
4

use K/ o =0.1at I; = 25°C and § = 35 (Dickson, 1990). Importantly, this implies a weaker
4
association constant ﬂHSO; = 1/KI’{SO_ for HSO] (see Eq. (B6)) than suggested by Khoo et al.
4

(1977)-

B.4 Calcite solubility

It appears that few experimental studies have systematically examined the effect of [Mg?*]

and [Ca?*] on the solubility product of calcite, Ks*pC (Eq. (6)). Mucci and Morse (1984) varied
[Mg2+] in ASW up to about double the modern value at constant / (Fig. B.5). Calcium was
kept close to modern values at ~10-12 mmol kg™ except for one run with half of modern [Ca?']
(labeled 0.5x[Ca]). As expected from Mg2+—CO§_ interactions and Eq. (9), K¢, increases with
[Mg?*]. A comparable trend was found by Rushdi et al. (1998) in similar manipulations of
ASW (Fig. B.5). The IPM (Millero and Schreiber, 1982) overestimates K, at higher [Mg?*] by
~10-20%. Note that if this mismatch was entirely attributed to model Yoo then the inferred
error would be much smaller than the inferred error in Ycor based on KK, (discussed above).
Regarding uncertainties in the experimental results, it is important that both [Ca%*] and

[CO%‘] are required to determine Kg,.. While Mucci and Morse (1984) measured [Ca®*] directly

by titration, [CO%‘] was derived from carbonate alkalinity, pH, and K, where K was actually
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estimated based on ion pairing equations of Millero and Schreiber (1982). Rushdi et al. (1998)
also involved KQ’ to calculate [CO%‘] but it is not obvious from their description what values they
used for Kj. The Ky, values of those studies are thus not ‘true’ experimental values because
they partly rely on theoretical estimates of K, in ASW of varying compositions to derive [CO%‘].
Hence, in addition to measurement uncertainties, the K¢,  values from experiments in ASW
shown in Fig. B.5 are also subject to errors in KQ’ and [CO%‘] estimates.

Additional calcite solubility studies are available in the literature, including He and Morse
(1993) who stated that calcite solubility in three synthetic brines was measured and referred
to Mmooz~ as analytical data but no details were given and no values for Kg,. and Mmooz~ were
listed. Gledhill and Morse (2006) reported calcite solubility in Na-Ca-Mg-Cl brines up to I = 4.5.
However, I varied substantially, the carbonate ion concentration was calculated using a Pitzer
model, and most low-/ data had very similar Mg?* and Ca®* concentrations, which is unhelpful
for the current problem. Wolf et al. (1989) studied calcite solubility in different electrolytes,
yet only Pitzer-calculated Kg,. values were provided for NaCl solutions. We are not aware of a
study that systematically varied [Ca?'] at constant ionic strength and provided measured values
for Kg,.. Note that Ca?* directly affects K, through its activity coefficient (see Eq. (9)) and
indirectly via interactions with CO%‘.

Mucci et al. (1989) provided a Ks*pc value for sulfate-free ASW (labeled 0x[SO4], Fig. B.5).
However, experiments were only conducted at 25°C and K, was again estimated based on an
ion pairing model. Several industrial/engineering studies are also available on calcite solubility
in mixed electrolytes including SOi_ (e.g., Chong and Sheikholeslami, 2001; Shi et al., 2013; Dai
et al., 2017). However, these studies calculated [CO%‘] using thermodynamic constants or Pitzer

equations, were restricted to 60-80°C (Chong and Sheikholeslami, 2001), or to a single high

NaCl background concentration >4 M (Shi et al., 2013; Dai et al., 2017).

Appendix C: K* Ratios

The K™ ratios calculated with the IPM are very nearly linear as a function of [Ca?*], [Mg2+],
and [SO%‘] (x;’s), even when the x;’s are varied in combination (illustrated for K] in Fig. C.1).
Hence over the relevant x; range for reconstructions over the past 100 Myr (Section 2), the full
IPM results and the linear approximation (Eq. (10)) are essentially indistinguishable (planes are
nearly flat, Fig. C.1). Differences are only discernible at low [SO?"], where two separate planes
are visible. The root mean square errors of the linear approach for K7, K, and K, relative to

the IPM results are about 0.5%, 2%, and 1%, much smaller than the accuracy required here. The
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Figure C.1.: K ratio (relative to modern) calculated with the IPM (Millero and Schreiber, 1982) and the linear approximation

(Eq. (10)). The results are virtually indistinguishable, except at low [SOZ’], where two separate planes are barely visible.

largest error occurs for K; at low [SOE_] and both high [Ca2*] and [Mg2+] (not shown). However,
this is of minor importance for the present study because [Ca’*] and [Mg?'] are inversely

correlated over much of the past 100 Myr (Section 2).

Appendix D: Sensitivity Parameters for / = const.

Table D1.: Sensitivity parameters s;; X 10® (dimensionless) for Eq. (10) at constant ionic strength via NaCl adjustment.

K K, Kg
Ca22++ 6 156 171
Mg 22 415 471
SOi‘ 203 162 22

Appendix E: CCD variations and Q

Our surface [CO%’] is calculated from Eq. (1):
[CO1=Q - K;,/[Ca*'], (Eg)

which includes the direct effect of past changes in [Ca%*], and T, S, [Ca'], [Mg2+], and [SOZ‘]

via K:P on [CO%‘]. In addition, whole/deep-ocean saturation has varied somewhat in the past for
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which we apply a correction () based on CCD records (Tyrrell and Zeebe, 2004), i.e., Q@ = 5 Q,,
(m = modern). Note that Q in the ocean at any z and at a given time ¢ and [Ca?*] is a function

of [CO%‘] but not of [Ca®*] (homogeneous), because:

Q = (ICOZ [Ca2*])/([COX T, [Ca?*]y) = [COZT/[COLT_ . (E10)
The depth profile of the critical (saturation) [CO%‘]Sat, say modern, is given by:
¢ =aexplb(z — 2)], (En)

where a, b, zp are constants (Jansen et al., 2002). The crossover of in situ and saturation [CO%‘]
determines the depth of the saturation horizon z,;,. Specifically, consider Eq. (E11) being applied

twice, once for ¢ = ¢, at z;, (at an initial [CO%‘]), and once for ¢ = ¢/, at a new z/, and a

h
new [CO%‘] (with [Ca?*] the same in both). Then ¢,/ ¢sn provides a ratio relating changes in

saturation to saturation depth (from Eq. (E11)):

¢, /esn = explb(z], — z)] - (E12)
For a given CCD (z.) at time ¢, the saturation horizon is z;;, = z,, — Az, hence:

¢yl esn = explb(z], — ze)] (E13)

assuming that Az does not vary with [CO%‘] (all else being equal). Importantly, it is immaterial
here whether Az has varied in the past because it cancels out. For past conditions (subscript p),

we can write:

(¢l /esn)p = explby (2, — 2e0)pl (E14)

i.e., the same relationship, except for 4,, which, however, only varies slightly. Between modern
and, say, Eocene conditions (including a 10 K temperature rise), 4 changes by only ~13%. Also,
variations in 4 have a small effect on our results. Thus, we correct (scale) our surface Q with the

corresponding deep ratio based on the CCD record over time (z.(¢)) by:

B = eXP{b[ch(t) — 2. (0)]} (E15)

and quantify the sensitivity to changes in the surface-to-deep ratio by varying f/f, (see
Section 5.3.3 and Tyrrell and Zeebe (2004)).
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