RESEARCH ARTICLE
10.1029/2018PA003425
Key Points:
• Global sea surface warming (2
degree Celsius) is shown to lead the
PETM carbon isotope excursion
based on new and published
high‐resolution records
• Compiled Ba data show oceanic Ba
burial rates rose by a factor of 3 on
average, supporting a large
additional source of Ba during the
PETM
• The above observations may be
explained by dissociation of
submarine methane hydrates,
triggered by an early warming
Supporting Information:
• Supporting Information S1

Correspondence to:
J. Frieling,
j.frieling1@uu.nl

Citation:
Frieling, J., Peterse, F., Lunt, D. J.,
Bohaty, S. M., Sinninghe Damsté, J. S.,
Reichart, G. ‐J., & Sluijs, A. (2019).
Widespread warming before and
elevated barium burial during the
Paleocene‐Eocene Thermal Maximum:
Evidence for methane hydrate release?.
Paleoceanography and
Paleoclimatology, 34. https://doi.org/
10.1029/2018PA003425
Received 8 JUL 2018
Accepted 8 MAR 2019
Accepted article online 18 MAR 2019

©2019. The Authors.
This is an open access article under the
terms of the Creative Commons
Attribution‐NonCommercial‐NoDerivs
License, which permits use and distribution in any medium, provided the
original work is properly cited, the use
is non‐commercial and no modiﬁcations or adaptations are made.

FRIELING ET AL.

Widespread Warming Before and Elevated Barium Burial
During the Paleocene‐Eocene Thermal Maximum:
Evidence for Methane Hydrate Release?
J. Frieling1 , F. Peterse2 , D. J. Lunt3
G. ‐J. Reichart2,6 , and A. Sluijs1

, S. M. Bohaty4

, J. S. Sinninghe Damsté2,5

,

1

Marine Palynology and Paleoceanography, Laboratory of Palaeobotany and Palynology, Department of Earth Sciences,
Faculty of Geosciences, Utrecht University, Utrecht, The Netherlands, 2Department of Earth Sciences, Faculty of
Geosciences, Utrecht University, Utrecht, The Netherlands, 3School of Geographical Sciences, University of Bristol,
Bristol, UK, 4Ocean and Earth Science, National Oceanography Centre Southampton, University of Southampton,
Waterfront Campus, Southampton, UK, 5NIOZ Royal Netherlands Institute for Sea Research, Department of Marine
Microbiology and Biogeochemistry, and Utrecht University, Texel, The Netherlands, 6NIOZ Royal Netherlands Institute
for Sea Research, Department of Ocean Sciences, and Utrecht University, Texel, The Netherlands

Abstract

Current climate change may induce positive carbon cycle feedbacks that amplify
anthropogenic warming on time scales of centuries to millennia. Similar feedbacks might have been
active during a phase of carbon cycle perturbation and global warming, termed the Paleocene‐Eocene
Thermal Maximum (PETM, 56 million years ago). The PETM may help constrain these feedbacks and their
sensitivity to warming. We present new high‐resolution carbon isotope and sea surface temperature data
from Ocean Drilling Program Site 959 in the Equatorial Atlantic. With these and existing data from the New
Jersey Shelf and Maud Rise, Southern Ocean, we quantify the lead‐lag relation between PETM warming
and the carbon input that caused the carbon isotope excursion (CIE). We show ~2 °C of global warming
preceded the CIE by millennia, strongly implicating CO2‐driven warming triggered a positive carbon cycle
feedback. We further compile new and published barium (Ba) records encompassing continental shelf, slope,
and deep ocean settings. Based on this compilation, we calculate that average Ba burial rates
approximately tripled during the PETM, which may require an additional source of Ba to the ocean.
Although the precipitation pathway is not well constrained, dissolved Ba stored in sulfate‐depleted pore
waters below methane hydrates could represent an additional source. We speculate the most complete
explanation for early warming and rise in Ba supply is that hydrate dissociation acted as a positive feedback
and caused the CIE. These results imply hydrates are more temperature sensitive than previously considered,
and may warrant reconsideration of the political assignment of 2 °C warming as a safe future scenario.

1. Introduction
The Paleocene‐Eocene Thermal Maximum (PETM) is an extensively studied period of rapid global warming
(4–5 °C; Dunkley Jones et al., 2013; Frieling et al., 2017), associated with a substantial (>1,500 Gt) carbon
input from a 13C‐depleted carbon source into the ocean‐atmosphere system (Dickens et al., 1995) with a
sufﬁcient quantity and rate to acidify the oceans (Babila et al., 2016; Penman et al., 2014; Zachos et al.,
2005). The input of 13C‐depleted carbon at the onset of the PETM is globally recognized in both sedimentary
carbonate and organic matter as a negative carbon isotope excursion (CIE; e.g., McInerney & Wing, 2011).
The CIE is characterized by a rapid (millennial scale; Zeebe et al., 2016) onset of ~3–5‰, a phase of low
stable carbon isotope ratio (δ13C) values (often referred to as “body”), and a more gradual recovery (e.g.,
McInerney & Wing, 2011). A similar pattern is recorded by temperature proxies (Dunkley Jones et al.,
2013), suggesting a close connection between temperature and the CIE. Release of thermogenic methane
may explain at least part of the CIE body based on direct dating of outgassing from a vent system in the
North Atlantic (Frieling et al., 2016). Still, the onset of the CIE might have been caused by other vents
and/or carbon cycle feedbacks such as methane hydrate release (Dickens et al., 1995) or organic matter
oxidation (DeConto et al., 2012; Kurtz et al., 2003). Despite earlier exclusion of a volcanic source
(Dickens, 2001a), Gutjahr et al. (2017) suggested based on an inverse modeling exercise that volcanic outgassing may explain the entire CIE. While speciﬁc carbon sources have been shown to actively contribute to the
CIE (Frieling et al., 2016; Lyons et al., 2019), none of the sources have been conﬁdently tied to the onset of
1
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the CIE using stratigraphic, proxy tracers or ﬁeld data. Indeed, some sources, such as terrestrial organic matter oxidation, may be exceptionally difﬁcult to trace in the geological record.
Along with the PETM, carbon isotope and deep sea carbonate deposition patterns show clear evidence of
orbitally paced variability throughout Paleocene and early Eocene records, some of which is accompanied
by temperature anomalies that have been termed “hyperthermals” (Lauretano et al., 2015, 2016; Littler
et al., 2014; Zachos et al., 2010). These include Eocene Thermal Maximum 2 (also termed H1; Lourens
et al., 2005), Eocene Thermal Maximum 3 (also termed X or K, Agnini et al., 2009), the Latest Danian
Event (Bornemann et al., 2009; Deprez et al., 2017), and Lower Chron 26r (L. C26r) event (Coccioni et al.,
2012). The clear orbital pacing of these events suggest a climatic trigger for 13C‐depleted carbon input
(Lauretano et al., 2015; Littler et al., 2014; Lourens et al., 2005). The PETM is the largest of these events
and of a much longer duration, and the latest age models suggest that it was out of phase with maxima in
the 400‐kyr cycle (Littler et al., 2014; Westerhold et al., 2017) unlike many of the other hyperthermals.
This suggests the PETM was an anomalous event even in the context of the orbitally paced hyperthermals
of the early Paleogene, although it is still difﬁcult to exclude orbital factors in its cause.
Previous work has suggested that surface warming preceded the PETM CIE at several locations in the mid
and high latitudes, perhaps suggesting a global signal (Chen et al., 2014; Secord et al., 2010; Sluijs et al.,
2007; Thomas et al., 2002). If this warming was global in nature, the most likely cause was a rise in CO2 prior
to the onset of the CIE although information on CO2 is currently lacking. Alternatively, if warming was
restricted to mid‐ and high‐latitude regions it may indicate a change in ocean circulation patterns associated
with astronomical forcing superimposed on the long‐term late Paleocene warming trend (Lunt et al., 2011).
In either case, a synchronous widespread pre‐CIE warming would imply the CIE likely resulted from a positive carbon cycle feedback like permafrost thawing (DeConto et al., 2012) or methane hydrate dissociation
(Dickens et al., 1995; Lunt et al., 2011). In contrast, if no distinct pattern in lead‐lag relations between warming and the onset of the CIE is evident, the ﬁrst injected carbon likely caused both.
Another parameter that is potentially of interest for deducing carbon sourcing during the PETM is barium
(Ba) burial ﬂuxes. Previous work (Ma et al., 2014; Paytan et al., 2007) observed a substantial increase in
Ba burial in the deep sea, which necessitates an increase in Ba supply to the open ocean. Despite the absence
of Ba data from shelf or slope settings, Paytan et al. (2007) hypothesized that the additional Ba supply to the
deep sea originated from shelf regions. This hypothesis relies on Ba remobilization under low‐oxygen conditions, which become more prevalent during the PETM (e.g., Dickson et al., 2012). Alternatively,
Dickens et al. (2003) showed that pore waters below methane hydrates store large amounts of dissolved
Ba and therefore methane hydrate dissociation should produce a transient increase in the total input of dissolved Ba into the global ocean. Collectively, the methane hydrate hypothesis therefore requires pre‐CIE
warming as well as an average increase in Ba burial, across continental shelves, slopes, and deep oceans.
To resolve these issues, we generated new high‐resolution Total Organic Carbon (TOC) δ13C data (δ13CTOC),
the TetraEther indeX of tetraethers consisting of 86 carbon atoms (TEX86) sea surface temperature (SST) and
inorganic geochemical data from Ocean Drilling Program (ODP) Site 959, located in the equatorial Eastern
Atlantic near the top of a submarine high, the Cote d'Ivoire Ghana Transform Margin (CIGTM; 3°37.656′N,
2°44.149′W; Figure 1). The new results are placed in a global context using high‐resolution temperature‐δ13C
data from Wilson Lake and Bass River on the New Jersey Shelf (Sluijs et al., 2007) and ODP Sites 689 and 690
on Maud Rise, Weddell Sea (Kennett & Stott, 1991; Thomas et al., 2002; Zachos et al., 2007). Time lags
between warming and the CIE are evaluated using cross‐correlation functions (ccfs). Furthermore, we
extend the global barium burial data set with published and newly generated data to increase coverage of
different oceanographic settings in shelf, slope, and deep ocean settings.

2. Methods
2.1. Materials
Site 959 was drilled on the CIGTM in 1995 (3°37.656′N, 2°44.149′W; Figure 1). Nannoplankton biostratigraphy indicates the presence of the late Paleocene and early Eocene CP8a‐CP8b Zone boundary in the interval
from Section 959D‐41R‐6 to Section ‐42R‐2 (Shaﬁk et al., 1998). We continuously sampled Sections 959D‐
41R‐6, ‐41R‐CC, ‐42R‐1, and ‐42R‐2., representing the interval from 800.5 to 805.58 meters below sea ﬂoor
FRIELING ET AL.
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Figure 1. Locations for all sites used in this study, plate reconstruction for 56 million years ago (Ma). Site coloring; blue indicates sites used in lead‐lag analyses,
yellow indicates sites used in barium burial compilation. We present new data for ODP Site 959, Dahomey Basin and Well 10—Siberia. Insert: modern
location of Site 959 and primary bathymetric features. IODP = International Ocean Discovery Program; ODP = Ocean Drilling Program; DQ = Dababiya Quarry;
GQ = Gabal al Qreiya.

(mbsf) at a resolution of 1–3 cm. Between Cores 959D‐41R and ‐42R there is a core gap of ~1 m. Notable
lithological changes occur in the interval from 804.1 to 803.9 mbsf, where porcellanite is present and
likely represents recrystallization of biosiliceous sediments. (Shipboard Science Party, 1996). The
sediments above Core 959D‐41R‐6 are recognized by more frequent occurrences of porcellanite
(Shipboard Science Party, 1996; Wagner, 2002). Sediments below Section 959D‐42R‐1 show apparently
cyclic dark‐light alterations, representing variable amounts of clay, carbonate, organic matter, and
biogenic silica (Wagner, 2002).
The tectonic evolution of the CIGTM implies that Site 959 has been located at >1,000 m water depth since
the Maastrichtian (Oboh‐Ikuenobe et al., 1997). Site 959 is considered to be above the calcite compensation
depth (CCD) during the entire interval.
2.2. Methods and Data Quality Assessment
2.2.1. δ13CTOC and Age Model
Approximately 0.3 g of freeze‐dried material was powdered and subsequently decarbonated using two steps
of 1 M HCl. The residue was neutralized with demineralized water and dried in a oven at 50 °C. TOC content
was then measured on ~10 mg of homogenized residue using a CNS‐analyzer (Fisons). Stable carbon isotope
ratios were determined using an isotope ratio mass spectrometer (Finnigan Delta Plus) coupled online to the
CNS analyzer. Absolute reproducibility, based on international and in‐house standards, for TOC (Figure 2a)
and δ13CTOC (Figure 2b) was better than 0.1% and 0.05‰, respectively. This data set is available from the
Pangaea data repository (https://doi.org/10.1594/PANGAEA.884760) and was previously used for stratigraphic purposes (Frieling et al., 2018).
The δ13CTOC and TOC data allow for the generation of a basic age model based on published information on
the duration of the CIE (e.g., Murphy et al., 2010; Röhl et al., 2007). Moreover, the recognition of orbital precession in lithological cycles in the Paleocene and Eocene sedimentary record at Site 959 (Cramwinckel
et al., 2018), which are also expressed in, for example, trace elements and magnetic susceptibility (Frieling
et al., 2018) provides additional constraints on sedimentation rates.
2.2.2. TEX86
For TEX86 analysis, ~10 g of freeze‐dried powdered sediment was extracted by a Dionex Accelerated Solvent
Extractor 200 using dichloromethane (DCM):methanol (9:1 vol:vol) at 100 °C, 7 × 106 Pa. Extracts were separated into polar and apolar fractions over an Al2O3 column using methanol:DCM 1:1 and hexane:DCM 9:1
as respective eluents. To analyze glycerol dialkyl glycerol tetraethers (GDGTs), hexane:isopropanol 99:1 was
added to the polar fraction, which were then ﬁltered over a 0.45 μm PTFE ﬁlter and measured on an Agilent
1260 ultrahigh performance liquid chromatography mass spectrometer (UHPLCMS) at Utrecht University
FRIELING ET AL.

3

Paleoceanography and Paleoclimatology

10.1029/2018PA003425

Figure 2. PETM at Ocean Drilling Program Site 959, Equatorial Atlantic. (a) TOC in weight percentage (TOC wt%) and
H
13
0.33 m ﬁlter from spectral analysis (red line). (b) Stable carbon isotope ratios of TOC (δ CTOC). (c) TEX86 ‐derived
sea surface temperatures, error bars represent 1 sd derived from replicate analyses. Gray shaded band represents the
turbiditic organic‐lean layer. (d) Enlarged view of onset of the warming (pink dashed line) and carbon isotope excursion
(black dashed line). Gray shaded band represents the turbiditic organic‐lean layer. PETM = Paleocene‐Eocene Thermal
Maximum; TOC = total organic carbon; TEX = TetraEther indeX.

following standard methods (Hopmans et al., 2016). In addition to measuring in‐house TEX86 and branched
and isoprenoid tetraether index (BIT; Hopmans et al., 2004) standards, 9.9 ng of a C46 GDGT standard (m/z
744) was added to all samples to facilitate quantiﬁcation of GDGTs. Fifteen samples were measured in
duplicate to assess reproducibility. Reproducibility was always better than 0.01 TEX86 units and 0.005 BIT
units, respectively, and reproducibility of in‐house standards was always better than 0.01 and 0.03 for
TEX86 and BIT. We use the BIT index and methane indices to assess inﬂuences of terrestrial (Hopmans
et al., 2004; Weijers et al., 2006), methanotrophic (Zhang et al., 2011), and methanogenic (Weijers et al.,
FRIELING ET AL.
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2011) GDGT producers on TEX86 and did not ﬁnd evidence for potential biases in any sample. The ring index
(Zhang et al., 2016) indicates GDGT distributions are indistinguishable from the modern core‐top
calibration (Figure S1) and low GDGT2/3 ratios (<5) indicates deep water GDGTs likely do not contribute
signiﬁcantly to the GDGT pool (Sinninghe Damsté et al., 2012). The percentage of Red Sea type GDGTs
(%Red Sea) is high, which is expected since %Red Sea GDGTs is also strongly inﬂuenced by temperature
(Inglis et al., 2015). There are no indications that the setting at Site 959 was in any way analogous to the
Red Sea. All raw data and indices values are included in Data Set S1.
Concentrations of GDGTs can be a limiting factor (Schouten et al., 2007) in organic lean sediments, such as
encountered here at Site 959, and extremely low concentrations become more prevalent further down‐core.
We selected samples with >5 ng of UHPLCMS injected GDGTs, which amounts to approximately 1 ng/g
sediment. GDGT concentrations per gram during the body of the CIE are ~50 times higher than outside
the CIE, signaling enhanced preservation and/or (export) production of these lipids.
Several calibrations based on modern seaﬂoor data exist to convert TEX86 values to SST. In this work, the
absolute SSTs are of secondary importance to the timing of trends in the data set. We apply two of these calibrations, TEX86H (Kim et al., 2010) and BAYSPAR (Tierney & Tingley, 2014; Figure S1), but for clarity only
show TEX86H in the main text and ﬁgures.
2.2.3. Inductively Coupled Plasma‐Optimal Emission Spectroscopy and Barium Burial
Rate Compilation
Bulk sediment geochemistry was determined for 50 samples across the CIE interval. Approximately 125 mg
of freeze‐dried sediment was powdered and then dissolved in 2.5 ml HF (40%) and 2.5 ml of HClO4/HNO3
mixture in a closed Teﬂon bomb at 90 °C overnight. The acids were then evaporated at 160 °C and the resulting gel was subsequently redissolved in 1 M HNO3 at 90 °C during another night. Total elemental concentrations were determined by Inductively Coupled Plasma‐Optimal Emission Spectroscopy (Perkin Elmer
Optima 3000) at Utrecht University. Precision and accuracy was better than 5%, based on calibration to standard solutions and checked against internal laboratory standard sediments.
For the barium (Ba) burial compilation, we compile data from the deep ocean using the data set of Ma et al.
(2014) as a starting point, and add new data and published values from literature. Non‐detrital Ba or excess
Ba (Baexcess) concentrations are calculated from measured Ba concentration data (Reitz et al., 2004) using
regional detrital Ba/Al ratios (e.g., 0.0045 determined for the Congo Fan; Rutsch et al., 1995) or global average detrital Ba/Al ratios (0.0037) if regional estimates are not available. The Ba data from each site are separated into latest Paleocene and PETM bins based on carbon isotope stratigraphy. Data points from strata
directly below the CIE are designated as “latest Paleocene” and data from the body of the CIE is designated
as “PETM.”
2.2.4. Data Selection and Statistical Methodology
If the 13C‐depleted carbon that caused the CIE was the primary forcing of PETM warming, no time lag is
expected between the two parameters since short feedbacks in the climate system operate on time scales
(up to 102 years) much shorter than the time represented by our sampling intervals. To investigate if warming might have triggered 13C‐depleted carbon injection on millennial time scales, we apply ccfs on the
temperature‐δ13C data to determine the optimal lead or lag across a 100 kyr period around the onset of
the CIE. Each data set is resampled at 1 kyr resolution and shifted with 1 kyr increments. We assume the
position of the maximum correlation coefﬁcient (r2) between temperature and δ13C to be the most likely
lead‐lag relation. The data sets were also resampled at the resolution of δ13C or temperature and subjected
to the same analysis. This yielded similar results, implying that the interpolation did not affect the outcome
of the analysis. In general, these analyses are similar to those performed in Zeebe et al. (2016), with the notable difference that a much longer interval is analyzed here, including periods in which δ13C does not
markedly change.
All r2 values are highly signiﬁcant because temperature and δ13C records are very similar at all sites.
However, since the data represent a variable mixture of rescaled and interpolated points, we cannot
perform a meaningful Fisher r‐to‐z transformation on the correlation coefﬁcients for each individual site
to address signiﬁcant differences between correlations. To further assess the robustness of our analyses
and the inﬂuence of random scatter in the data, we conduct several sensitivity experiments. We subjected
synthetic time series (n = 100) of δ13C and SST without temporal offset to the same ccfs as the data sets.
FRIELING ET AL.
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The synthetic time series are designed to replicate the null‐hypothesis that changes are synchronous and
include a 4‰ and 4 °C shift from stable background to a stable plateau. We subsequently add random scatter
of ±0.5‰/°C, ±1‰/1 °C, and ±2‰/2 °C. Perhaps with the exception of the Site 689 and 690 data (see also
paragraph 3.3), which are based on replicate single‐specimen planktic foraminifer analyses, the data are
most similar to the lowest scatter scenario. The sensitivity analyses (Figure S2) show that false positive leads
or lags (i.e., maximum correlation not at 0) may be found if the scatter is equal to or exceeds 1‰ and 1 °C.
However, although 15 out of 100 analyses showed a lead or lag at a random ±1‰/1 °C perturbation, the false
positives did not exceed 1 kyr in these synthetic data sets. We therefore argue the chance of one or multiple
false positives in our data is very small.
We summarize the lead‐lag data from individual sites by plotting kernel densities of the optimal correlations
of each site and bootstrapped (n = 1,000) means of that data, with the note of caution that the amount of
available sites and data still limits the ability to address true conﬁdence intervals of the lead lag relations.
We correct the seawater δ18O values for ice‐free conditions (−1‰) and paleolatitude (−0.24‰; Zachos et al.,
1994) and calculate temperatures following Kim and O'Neil (1997). For our calculations of temperature, we
assume no changes in seawater δ18O across the PETM. We also do not correct for any δ13C or δ18O changes
as a result of pH decrease across the CIE (Penman et al., 2014), and therefore we potentially underestimate
peak PETM temperatures by ~1 °C (Uchikawa & Zeebe, 2010). This has no inﬂuence on our lead‐
lag relations.

3. Results and Discussion
3.1. CIE and Site 959 Age Model
The δ13CTOC record at Site 959 shows a ~4 ‰ drop starting at 804.1 mbsf, stable low values from 803.8 to
803.0 mbsf, followed by a recovery to values slightly lower than those prior to the event (Figure 2c). We interpret this as a relatively complete PETM CIE section that includes the onset, body, and recovery of the CIE
(Frieling et al., 2018).
3.1.1. The Onset of the CIE at Site 959
The shape of the onset of the CIE at Site 959 is somewhat anomalous, certainly for an open ocean site
(Figure 2b), with a gradual decrease to PETM values and apparent scatter. The onset of the CIE marks the
deposition of biosilceous muds/oozes which have been altered to porcellanite. The light appearance of this
horizon, associated with very low TOC concentrations (Figure 2), stands out relative to surrounding strata.
Since all biogenic silica has been altered to quartz or been replaced by pyrite, detailed micropaleontological
analysis is not possible. A step in δ13CTOC, TOC, and TEX86 may suggest a small discontinuity at the base of
the porcellanite (804.09 mbsf) although this might also be a primary feature of the onset of the CIE.
Records of late Paleocene and early Eocene biogenic silica‐rich deposits are relatively scarce and the ocean is
generally assumed to be strongly undersaturated with respect to dissolved silica during this period (Siever,
1991). Furthermore, the position of the deposit, at the start of the period of warming poses another problem,
since warming enhances the solubility of silica. This implies that biogenic silica deposition and burial must
have been rapid to prevent dissolution. We note that enhanced silica preservation due to a potential additional supply of dissolved silica from increased weathering (Penman, 2016) was unlikely established immediately at the onset of the PETM. This suggests that (a) the biogenic silica was produced elsewhere and
redeposited at the drill site by a mass‐movement or (b) produced locally and deposited at a rate sufﬁcient
to inhibit immediate dissolution. If the biosilica layer represents a redeposition of material, similar concentrations of siliciclastic material compared to the late Paleocene imply that the silica likely did not derive from
the African shelf. Rather, it is more likely derived from higher elevations on the marginal ridge and deposited through a mass‐movement such as a turbidity current.
Turbiditic sequences in slope sediments are normally readily identiﬁed as ﬁning upward Bouma‐sequences.
Although we ﬁnd no obvious changes in grainsize, presumably because the supply of coarse siliciclastic
material to this open ocean site is minor and foraminifera are absent in this layer. However, higher Ti/Al
ratios (Figure S3; Frieling et al., 2018) at the base of the biogenic silica layer suggest heavy minerals are more
concentrated there, a signal similar to Pleistocene Mediterranean turbidites (Wehausen & Brumsack, 1998).
Turbidite deposits and slope failures are common in PETM shelf and slope deposits, where they are typically
FRIELING ET AL.
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interpreted to result from increasing sediment supply due to intensiﬁcation of the hydrological cycle (Sluijs et al., 2014), but they may also be
associated with submarine hydrate destabilization (Katz et al., 1999).
The amount of siliclastic material in the biogenic silica layer is not very
different from that in underlying sediments, which implies the siliclastic
material is not diluted by enhanced biogenic silica production.
Therefore, if the biogenic silica is produced locally and preserved due to
enhanced accumulation, a proportionally similar increase in supply of
siliciclastic material must be invoked. Finally, to account for the apparent
lack of organic matter, these effects have to be combined with more
aggressive oxidation, which is unlikely in a warming environment with
expanding oxygen minimum zones (Carmichael et al., 2017; Frieling
et al., 2018; Sluijs et al., 2014; Zhou et al., 2016). Although local production
and rapid accumulation cannot be completely excluded, a turbiditic origin
for the biogenic silica at the onset of the PETM is the easiest explanation
with the available evidence.
Regardless of the mechanism of deposition, rapid deposition of biogenic
silica at the onset of the PETM provides an explanation for the anomalous
shape of the CIE onset. The porcellanite yields very low TOC concentrations (Figure 2a), likely the result of extensive oxidation, leaving only a
highly resistant fraction. Such resistant organic matter (OM) is typically
13
Figure 3. Organic carbon δ C record across the onset of the carbon isotope
clay‐bound terrestrial OM (TOM), which in the Paleogene has a much
excursion and corresponding results of the mixing model. Core picture on
13
bottom indicates an increasing contribution of dark‐colored burrows toward higher δ C than marine OM (Sluijs & Dickens, 2012). Because the porcellanite is located at the onset of the CIE, it is likely that the resistant OM is
the top of the white silica layer, consistent with increasing contributions of
13
C‐depleted PETM organic matter. TOC = total organic carbon;
of latest Paleocene age. If so, the low δ13CTOC values in this layer reﬂect a
PETM = Paleocene‐Eocene Thermal Maximum.
mixture of Paleocene OM with high δ13C and PETM organic matter that is
bioturbated down into the sediment. This is consistent with visual observations of the core material, which shows bioturbation of dark‐colored PETM material down into the light
porcellanite downcore (Figure 3).
3.1.2. Organic Matter Isotope Mixing Model
We test this hypothesis with a simple sediment mixing model, in which we assume that a small (0.03% TOC)
but constant fraction of resistant Paleocene TOM with a δ13C of −23‰, consistent with late Paleocene TOM
(Sluijs & Dickens, 2012), is present in all samples. The BIT values and kerogen composition from the body of
the PETM and late Paleocene indicate that the organic matter in these intervals is nearly exclusively marine.
The PETM marine organic matter has δ13C values of around −30‰ and latest Paleocene marine OM is
assumed to be −26.3‰, which is consistent with published marine organic matter records (Sluijs &
Dickens, 2012). We subsequently calculate δ13CTOC from measured TOC values (Figure 3) with the following
isotope‐mass balance equation:

 

δ13 CTOC ¼ ðTOM=TOCÞ* δ13 CTOM þ ððTOC−TOMÞ=TOCÞ* δ13 CMOM :
With the exception of one data point in the Paleocene and one during the gradual δ13C decrease, this simple
mixing model is capable of accurately matching both the drop from Paleocene to PETM values, as well as the
smaller‐scale variability in the measured δ13CTOC proﬁle. We hence argue the gradual decrease in δ13CTOC is
the result of bioturbation of overlying organic‐rich sediments into the porcellanite. From these inferences it
also follows that mixing from above inﬂuences reconstructed temperatures. GDGT concentrations during
the body of the PETM are much higher than in the uppermost Paleocene and oxidation likely led to even
lower initial GDGT concentrations in the porcellanite. Therefore, it requires only a fraction of PETM organic
matter to completely overprint the original GDGT signal. Because of the extensive bioturbation and mixing,
we exclude data from the porcellanite layer (804.1–803.8 mbsf) from further analyses.
3.1.3. Integrated Age Model
We use the published biostratigraphy and cyclicity in TOC wt% to construct a detailed age model for Site 959.
The presence of Rhomboaster bitriﬁda in the core‐catcher of Core 959D‐41R (801.49–801.65 mbsf) is used as a
FRIELING ET AL.
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biostratigraphic proxy for Campylosphaera eodela and indicates nannoplankton Subzone CP8b. This sample
is further marked by the highest occurrence of Fasciculithus, also indicating a latest Paleocene age (Shaﬁk
et al., 1998).
We identify a dominant periodicity of ~0.3 m in the interval from 805.6 to 804.1 mbsf using spectral analyses,
where we ﬁnd ~5 cycles observed in TOC wt% (Figure 1a). Following the biostratigraphic constraints these
cycles occur on time scales of climatic precession (21 kyr), similar to cycles found throughout the Eocene
(Cramwinckel et al., 2018) and in the Cretaceous (Beckmann et al., 2005) at this site. We hence attribute
these TOC cycles to precession, implying compacted sedimentation rates of ~1.3 cm/kyr in the upper
Paleocene, consistent with long‐term sedimentation rates derived from biostratigraphic constraints (1–
2 cm/kyr). If the anomalous biogenic silica layer indeed represents turbiditic deposition, the base of the current may have caused some scouring and thus there might be some sediment missing, although we have not
noted a marked erosional surface or any other indication that sediment may be missing in this critical interval during sampling.
Calculated sedimentation rates during the body of the CIE (803.8–803 mbsf) are possibly somewhat lower if
the body of ~70 (Röhl et al., 2007) or ~100 kyr (Farley & Eltgroth, 2003) is complete (0.8–1.15 cm/kyr).
However, comparison to apparently more gradual recovery at other sites might imply that the small step
(+1.1‰) at the start of the recovery represents a small discontinuity or condensed interval. We here assume
sedimentation rates of 1 cm/kyr above 803.8 mbsf.
3.2. TEX86 SST Estimates
Upper Paleocene (805.6–804.2 mbsf) TEX86H‐derived SSTs (Kim et al., 2010) show a warming trend and
average 33.5 (95% conﬁdence interval: 32.9–34.3) °C, which reﬂects long‐term Paleocene‐Eocene warming
(Cramwinckel et al., 2018) as also recorded at high latitudes (Bijl et al., 2009) and in the deep ocean (e.g.,
Zachos et al., 2008). Visual comparison of both records does not show a clear relation between TEX86 with
the phase of precession‐scale cyclic variations recorded in TOC wt%, although we have insufﬁcient data to
perform proper statistical tests. SST rises stepwise by 1.2 °C at 804.19 mbsf relative to the latest Paleocene
average (95% conﬁdence interval: 0.9–1.6 °C). Importantly, this warming is outside 2σ from the Paleocene
mean as well as the Paleocene trend and occurs 10 cm below the ﬁrst observable change in δ13CTOC.
A second step of 2.7 (2.4–2.9) °C occurs at 804.09 mbsf, corresponding to the onset of the CIE, to values of
37.4 (37.2–37.6) °C during the body of the PETM (Figure 2c). Consequently, we estimate a ΔSST of 3.9 °C
(3.6–4.1 °C) across the onset of the PETM. This may represent a minimum estimate because TEX86 values
within the PETM (0.96) approach the maximum value of 1, which calibrates to 38.6 °C with the applied logarithmic TEX86H calibration (Kim et al., 2010).
Nevertheless, TEX86H absolute temperatures are in good agreement with late Paleocene and PETM temperatures derived from Mg/Ca, δ18O, and TEX86H palaeothermometry in a nearby shelf section from Nigeria
(Frieling et al., 2017). BAYSPAR‐derived (Tierney & Tingley, 2014) absolute SST estimates (41.0 °C) and
SST change (6.7 °C; Figure S1b), however, are excessively high compared to this nearby shelf record.
3.3. Quantifying Global Lead‐Lag Relations
Similar pre‐CIE warming has been observed at two sites along the New Jersey Shelf, Bass River and Wilson
Lake (Sluijs et al., 2007), and in the Bighorn Basin, Wyoming (Secord et al., 2010). At ODP Site 690 in the
Southern Ocean, surface warming also preceded the CIE (Thomas et al., 2002) and the same is recorded
at nearby Site 689 (Zachos et al., 2007). Apart from the terrestrial section in the Bighorn Basin, all of these
sites have well‐resolved high‐resolution chemostratigraphy and/or biostratigraphy, temperature, and δ13C
data across the onset of the PETM. We reﬁned age models for Bass River, Wilson Lake, and Site 689, which
are sites with sediment accumulation rates across the onset of the PETM sufﬁcient to extract millennial scale
leads and lags (Text S1) and resampled each data set at 1 kyr resolution. The resulting pairs of δ13C and temperature data were subjected to ccfs to identify lead‐lag relations, assuming a linear relation between temperature and δ13C (Figure 4c). To estimate robustness of this analysis, we conducted sensitivity
experiments where we apply ccfs to nonoffset synthetic time series perturbed with variable random scatter
(section 2.2.4 and Figure S2). For Site 959 we conducted sensitivity experiments where we varied the amount
of time covered by the biogenic silica layer between 2, 6, and 10 kyr. This assumption has virtually no
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Figure 4. Cross‐correlation functions of δ C and reconstructed temperature at all sites. (a) Sea surface temperature records from TEX86 (Bass River, Wilson
18
Lake; both Sluijs et al., 2007, and ODP 959, this study; and δ O; ODP 689, Zachos et al., 2007, and ODP 690, Thomas et al., 2002). (b) Stable carbon isotope
records from bulk organic carbon (ODP 959), bulk carbonate (Bass River and Wilson Lake), and single specimen Acarinina (ODP 689 and ODP 690). (c) Correlation
coefﬁcients for each record relative to potential lead‐lag relation in kyr. Arrows indicate position of highest value. (d) Observed sea surface temperature change as
inferred from the data, separated into pre‐CIE and full warming. (e) Modeled surface temperature change, differences between 1,120 and 560 ppm and
difference between 1,680 and 560 ppm. Note that the pairs of ODP689/690 and Wilson Lake/Bass River are in the same grid cells and therefore have identical surface
temperatures in the model. (f) Modeled bottom water temperature change and approximate water depth of each site at 56 Ma. ODP = Ocean Drilling Program;
TEX = TetraEther indeX; CIE = carbon isotope excursion.

inﬂuence on further analyses, since values in both TEX86H and δ13CTOC remain almost unchanged during
the entire body phase. The scenario with a 2‐kyr hiatus is used for further analyses and Figure 4.
Regardless of the assumptions used, the position of the maximum correlation is robust with respect to
data quality and correlation window length.
All surface records, except the single‐specimen Acarinina record at Site 690, show the highest degree of correlation when temperature leads the onset of the CIE (Figure 4c). These records are stratigraphically complex because of sediment mixing due to bioturbation effects (e.g., Kirtland Turner et al., 2017; Stoll, 2005)
or perhaps slumping (Pearson, 2017). This makes lead‐lag relations at Sites 689 and 690 less straightforward
since the averaged carbon and oxygen isotope records used in the ccfs derive from a relatively limited number of replicate measurements of single specimen planktic foraminifera (Thomas et al., 2002). In such data
sets mixing is potentially detrimental to the reliability of ccf results. Speciﬁcally, mixing has introduced an
additional alternation between latest Paleocene (high δ18O and high δ13C) and peak PETM (low δ18O and
low δ13C) values at Site 690. This alternation inevitably shifts ccf results to a lead‐lag relation of zero, which
is reﬂected in the Site 690 Acarinina ccfs distribution, which spikes at 0 (Figure 4c), while other sites follow a
normal distribution. If this alternation is omitted, the optimal correlation shifts to a temperature lead of
~1 kyr at Site 690 (Figure S4), consistent with the Acarinina record from Site 689, which does not include
a similar alternation.
Moreover, specimens with high δ13C (pre‐CIE) and low δ18O (indicating warm conditions) values are present in both Acarinina and Subottina records from Site 689 and 690, providing strong evidence for pre‐
CIE warming (Figures S5 and S6). This is important for two reasons. First, unlike TEX86H records, the same
substrates are measured for both δ13C and temperature (δ18O), which excludes possible differential bioturbation between carbonates and organic matter. Second, although bioturbation effects and sedimentation
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Figure 5. Average (Sites 689, 690, 959, Wilson Lake, and Bass River) SST and δ C anomalies from background Paleocene.
13
(a) Lines represent averaged SST and δ C anomalies across the CIE (−50 to +50 kyr). Colored bars represent rate of
−1
13
change (°C and ‰ kyr ) in corresponding 1 kyr bins. (b) Cross plot of SST and δ C change close to the onset (−20 to
13
+20 kyr), showing the transition from (1) warming under low rate of δ C change prior to the CIE and (2) warming under
13
high rate of δ C change from the onset to peak CIE. SST = sea surface temperature; CIE = carbon isotope excursion.

rates are variable, the observed lead‐lag relation between the onset of warming and the onset of the CIE is
similar in sign and duration for all pairs of TEX86H and δ13Ccarb and δ13CTOC records (Figure 4c),
implying a stratigraphic displacement bias between different signal carriers in our data sets is unlikely.
Using the optimal correlations for each site, we estimate the spread of the mean using a bootstrap approach.
On average, temperature leads the CIE by 2 kyr (95% quantiles 3.6–0.8 kyr lead). Importantly, temperature
rose by ~2 °C directly prior to the CIE, and ~3 °C simultaneously with the onset of the CIE (Figures 5a
and 5b).
3.4. Temperature Proxy‐Data Climate Model Comparison
Collectively, we ﬁnd that records from northern midlatitudes, the tropics, and the Southern Ocean show that
sea surface warming led the CIE. Even though no records from the Indo‐Paciﬁc sectors with sufﬁcient resolution are available, this indicates that this warming was most likely global in nature. To further substantiate
this and explore how these changes translate to deeper water, we compare to a fully coupled Atmosphere
Ocean General Circulation Model (HadCM3L; Hadley Center Coupled Model version 3), running at low
ocean resolution, conﬁgured with early Eocene paleogeography, and with 560, 1,120, and 1,680 ppm (2, 4,
and 6 times preindustrial) CO2 in the atmosphere (see Lunt et al., 2010, for detailed model run description).
The early Eocene climate sensitivity (global mean temperature change under a doubling of atmospheric CO2
concentrations) in this model is 3.6 °C. Regional changes in the degree of warming from the 2 to 4 and 6×
preindustrial scenarios occur due to oceanographic changes (Lunt et al., 2010), similar to results in the
CESM1 model (Frieling et al., 2017). Although our coverage is limited to the Atlantic, the temperature
response in the sampled regions of the Atlantic is similar to the zonally averaged response in (paleo)climate
models (e.g., Frieling et al., 2017; Lunt et al., 2012). We also ﬁnd good agreement between the magnitude of
pre‐CIE and total warming from the study sites and a doubling and tripling of CO2, respectively (Figures 4d
and 4e), implying that the spatial variability of pre‐CIE warming is consistent with global warming.
The magnitude of pre‐CIE surface warming (~2 °C) is similar to variability in Paleocene deep ocean temperature (Littler et al., 2014). However, deep ocean temperatures reﬂect high latitude (winter) temperatures and
the persistence of polar ampliﬁcation in these extremely warm climates (Frieling et al., 2017) implies that
pre‐CIE warming in deep waters was larger than the global average surface temperature change. More
importantly, the rate of pre‐CIE warming (~2 °C in less than 10 kyr) was higher than background
Paleocene temperature variability on orbital time scales (maximum 0.2‰ or ~0.8 °C at climatic precession
scale, see, e.g., Littler et al., 2014).
3.5. PETM Related Ba Cycle Perturbations
Many localities in the open ocean show elevated excess Ba accumulation during the PETM (e.g., Bains et al.,
2000; Ma et al., 2014). This observation has previously been linked to two different mechanisms with fundamentally different consequences for the interpretation in terms of the carbon cycle (Dickens et al., 2003; Ma
et al., 2014). First, elevated Ba burial was postulated to signify elevated export productivity (Bains et al., 2000;
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Figure 6. Global compilation of barium burial rate change. (a) Numbers in circles represent relative change at each site: A
factor of 1 indicates no change. Symbol type indicates setting: circles = deep ocean; hexagons = slope; squares = shelf and
epicontinental seaway. Color coding indicates oxygenation during the CIE: blue = oxic‐dysoxic; red = anoxic;
black = evidence for euxinic conditions. Site abbreviations—DQ = Dababiya Quarry; GQ = Gabal al Qreiya. Data sources
for Ba and oxygenation regime can be found in Table S1. (b) Density of bootstrapped means of excess (xs) Ba. (c) Density of
bootstrapped means of excess Ba at shallow sites. (d) Density of bootstrapped means of excess Ba at deep sites. Dashed
line in panels (b)–(d) indicates no change (factor = 1). Note that a detrital correction was not possible for Site 738C and DQ
and therefore these sites have not been used for the analyses in panels (b)–(d). ODP = Ocean Drilling Program.

Ma et al., 2014), based on only open ocean records. Because Ba has an oceanic residence time less than
10 kyr, which is much shorter than the time scales of the PETM, this was interpreted as a shift in Ba
burial from the shelf seas to the open ocean (Paytan et al., 2007). Such a shift would have been facilitated
by regeneration of Ba on the shelf, because of widespread anoxia (e.g., Dickson et al., 2012). Second,
potentially in conjunction with the ﬁrst mechanism, Dickens et al. (2003) used a simple box‐model to
show that destabilization of 2000 Gt of methane hydrate could result in a large transient (twofold)
increase in global Ba accumulation rates. These two hypotheses yield very different implications: While
elevated export productivity could represent a negative carbon cycle feedback (Ma et al., 2014), because of
the associated enhanced carbon storage, the release of methane hydrates represents a strong positive
carbon cycle‐climate feedback (Dickens et al., 1997).
Here we compile Ba burial rates from the latest Paleocene and the CIE from the available large suite of sites
from shelf to deep settings (Figure 6). We build on the previously published deep ocean compilation of Ma
et al. (2014) and add new data from Site 959 (Data Set S1), two sites in Egypt, Southern Tethys (Soliman,
2003; Soliman et al., 2011), the Well 10 Section in the West Siberian Sea (Data Set S1), Wilson Lake, New
Jersey Shelf (Quattlebaum, 2004), Lomonosov Ridge, Arctic Ocean (März et al., 2010), Dahomey Basin,
Nigeria (Data Set S1), Tawanui, New Zealand (Crouch, 2001), and ODP Site 738 (Yasukawa et al., 2017).
These data are correlated using the CIE and distinctive phases within the CIE such as onset, body, and recovery. Subsequently, data prior to the CIE are labeled as latest Paleocene and data from the body of the CIE are
considered PETM. Although this approach does not guarantee consistent sampling between sites through
time, the number of data points is sufﬁcient to compare the late Paleocene to the PETM.
First, we have separated the data sets for which excess Ba ﬂuxes have been determined (Figure 6b).
Subsequently, we separated continental margin locations (Figure 6c) from deep‐sea sites (Figure 6d). As
expected, there is substantial heterogeneity in the excess Ba ﬂux change at marginal sites. Importantly, however, our compiled data show that the majority of these sites show an increase in excess Ba burial and that
the increases are generally much more extreme than the Ba burial reductions at other sites. This is expressed
by the median growth factor, which is 3.7 (factor 0.5 to 10.1 within the 95% conﬁdence interval; Figure 6c).
The probability that the value is equal to or smaller than 1 is approximately 17%, so this possibility cannot be
excluded. An increase in Ba burial is however much more likely. In fact, the probability is 68% for a value of 2
FRIELING ET AL.

11

Paleoceanography and Paleoclimatology

10.1029/2018PA003425

or larger. The only marginal marine site that shows signiﬁcant loss of biogenic Ba during the PETM is
Wilson Lake (New Jersey), which has low Ba concentrations throughout. Site 959 and Tawanui (New
Zealand) show a minor decrease in excess Ba burial (factor 0.9). It is therefore likely that biogenic burial rates
rose along continental margins.
We note that even though our compilation covers a large range of settings and environmental conditions, it
suffers from uncertainties in accumulation rate estimates and therefore might not fully capture the global
heterogeneity in Ba accumulation. It should also be noted that barite may have been remobilized in some
of these sediments and precipitated secondarily. Although we cannot fully exclude that our results are inﬂuenced by such a sampling bias, the relatively large number of sites should at least partly address the issue of
spatial heterogeneity and age model uncertainties. Indeed, although we cannot completely exclude an inﬂuence of widespread seaﬂoor deoxygenation and subsequent regeneration and reprecipitation of Ba, it has no
obvious inﬂuence on intersite variability in Ba burial or %excess Ba in the present data compilation across
the PETM. Because excess Ba burial also rose in the deep sea (Figure 6c), the currently available data support
a global average increase, certainly in the deep sea and most likely along continental margins. We ﬁnd this is
an important observation as in the modern system Ba burial in the deep ocean clearly dominates over burial
on the shelf (Dymond et al., 1992).
This implies that our compilation of shelf and mid‐depth sites shows no evidence for a switch from high to
low accumulation rates of biogenic Ba from the Paleocene to the PETM due to development of anoxic bottom
waters. No systematic differences in excess Ba burial rate changes are observed related to location, oxygenation, or productivity regime, even though our compilation covers a large range of environmental conditions,
including sites where anoxic bottom waters developed during the PETM (Figure 6 and Table S1). Overall,
excess Ba burial increases by a factor ~3.5, and while signiﬁcant uncertainty remains about the magnitude
of increase (95% conﬁdence interval 1.4 to 6.6), the probability of a decrease is <1% (Figure 6b).
Collectively, based on the present set of Ba burial data, we conclude that global average Ba burial rates during the PETM increased with respect to the late Paleocene.
Although previous authors have suggested that a Ba peak may coincide with the onset of the CIE (Ma et al.,
2014), none of the existing Ba and δ13C records allow for detailed lead‐lag analyses we performed for δ13C‐
SST pairs. Therefore, the exact temporal relation of the Ba increase to the CIE remains elusive. Indeed, compared to the δ13C‐SST relation, the relation between δ13C and Ba may be even more complicated, because
multiple carbon sources are in play (Frieling et al., 2016; Panchuk et al., 2008; Zeebe et al., 2009) and these
sources may or may not affect the Ba cycle. We can, however, conﬁdently compare background Ba burial to
Ba burial during the CIE. From this, we surmise that long‐term (>10 kyr) average Ba burial rates increased
during the PETM. This implies that, unless a currently unresolved complex combination of reprecipitation
and regeneration of Ba from anoxic sediments or a sampling bias plays a role, additional Ba input is required
to balance excess burial at this spatial and temporal scale.
3.6. Potential Causes for Increased Global Marine Ba Fluxes
While a rise in global Ba burial rates both during the PETM along continental margins and in deep sea settings emerges from the data compilation (Figure 6), identifying the source(s) is(are) more complex. Here we
consider two potential sources for additional input of dissolved Ba: enhanced weathering and methane
hydrate‐related inputs.
First, an increase in continental weathering (Ravizza et al., 2001) and enhanced sediment discharge from
land to ocean (e.g., Hollis et al., 2005; Kopp et al., 2009; Sluijs et al., 2014) might have contributed to the
increased supply of Ba during the PETM. However, an increase by a factor of ~3 seems unrealistic and not
in line with the observed increase being more or less simultaneous with the onset of the CIE. Weathering
inevitably would need time to effectively alter the input, resulting in a considerable time lag. Most importantly, this would also increase overall terrigenous Ba, which is not observed to the same degree as biogenic
barium increases.
Second, destabilization of marine methane hydrates and an associated release of pore water rich in dissolved
Ba and depleted in SO42− may explain a large and sudden increase in Ba supply on shorter time scales
(Dickens et al., 2003). Dickens et al. (2003) calculated that a release of 2,000 Gt of methane hydrates could
account for a doubling in Ba burial. However, Paytan et al. (2007) noted that releasing such large
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amounts of dissolved Ba would rapidly supersaturate waters and hence result in mostly local barite precipitation. This would prevent the Ba released to advect to more open ocean settings, away from the shelf/slope
settings, which is not in line with our observations (Figure 6).
It is possible that widespread shelf/slope anoxia (Dickson et al., 2012; Sluijs et al., 2014) prevented local burial of this excess barite, but we do not observe a large dependency of Ba burial to seawater oxygen content in
our compilation (Figure 6). However, how localized Ba would precipitate also depends on sulfate concentration. Although direct evidence is lacking, Algeo et al. (2015) and Lowenstein et al. (2001) indicated that early
Cenozoic seawater was likely comparatively low in sulfate. Much lower (10–15 mM compared to modern,
28 mM) sulfate concentrations in the early Paleogene (see also Kurtz et al., 2003) might allow more Ba to
build up in seawater and travel further from its source. Still, it remains unclear how these factors affected
Ba distribution, saturation, and burial on these time scales pending suitable modeling.
Paytan et al. (2007) also argued that increased Ba concentrations should be reﬂected in lower Sr/Ba ratios in
barite. Accordingly, Sr/Ba of barite (Paytan et al., 2007) and Ba/Ca of foraminifera do not show a marked
change across the PETM. This implies that the saturation state of BaSO4 in seawater likely did not appreciably vary across the PETM. Hence, although the ﬂux of BaSO4 to the sediment increased (Figure 6), a
steady state must have been maintained. This is in line with foraminifera Ba/Ca ratios showing stable dissolved Ba2+ across the PETM (Hall et al., 2004). In the open ocean, precipitation and sedimentation
mechanisms were likely similar to today and barite precipitation would be expected to be governed by
organic matter remineralization processes (Dehairs et al., 1992). The distribution of Ba burial during the
PETM was hence still modulated by local differences in export productivity (Ma et al., 2014) and perhaps
temperature (John et al., 2013). Hence, a Ba release from dissociating methane hydrates does not preclude
an export productivity related (re)distribution as previously suggested (Ma et al., 2014). However, the global
increase in Ba burial ﬂuxes by a factor of ~3 does require a large additional source of Ba and, despite the
above outstanding issues, we argue massive methane hydrate destabilization is currently the only
plausible candidate.
3.7. Methane Hydrate Presence and Dissociation
At intermediate depths (1–1.5 km) in the Atlantic (Figure 4f), the HadCM3L model results show enhanced
warming (~6 °C per doubling of CO2). Although this result may be model‐dependent, it is a crucial observation, since methane hydrates were most likely to exist below ~900 m water depth in the Paleocene
(Dickens, 2001b).
If methane hydrates destabilize, two main pathways can lead to rapid release of gaseous methane from
marine sediments. First, if the bubble volume of methane in sediment exceeds a certain threshold value,
these bubbles may reach the sediment‐water interface, dissolve and oxidize to CO2 (Archer & Buffett,
2005; Valentine et al., 2001). Although this can happen on small scales (cm‐m), this scenario has also been
connected to large (km) scale pockmarks, which have been found associated with Paleocene‐Eocene
sediments (Imbert & Ho, 2012). However, the exact age of these structures remains uncertain and the
gas volume accounted for is equivalent to only ~1% of the total volume required to explain the CIE. The
second way of releasing methane is more violent. The continental slopes, where hydrate‐rich sediments
typically occur (Kvenvolden, 2002), are also susceptible to sediment destabilization. Large masses of
methane may have been released during the PETM more or less instantaneously from failure of the
North American Atlantic slope based on seismic data (Katz et al., 1999, 2001). Interestingly, the turbiditic
deposit at the onset of the CIE at Site 959 may suggest similar slope instability, perhaps caused by gas
hydrate destabilization.
Crucially, carbon addition from methane hydrates is also a plausible mechanism to explain the observed
regional patterns in CCD rise (Zeebe et al., 2009) and possibly deep water deoxygenation (Pälike et al.,
2014), which cannot be easily achieved by oxidation of terrestrial organic matter in the atmosphere.
Furthermore, pre‐CIE warming at many locations (Figure 4d) was similar in magnitude as the hypothesized
warming needed for large‐scale methane hydrate dissociation (3–4 °C; Archer et al., 2009), which translates
well to intermediate and bottom waters (Figures 4d–4f; Lunt et al., 2010). With the presently available data,
the combination of early warming, globally elevated Ba burial rates, and the pattern of CCD changes and
deoxygenation is only fully consistent with massive methane hydrate dissociation.
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Figure 7. Mass balance equations across a δ C signature range of 5–65‰ and exogenic carbon pool size range of 35–
55,000 Gt C, with variable input size. (a) 500 Gt C, (b) 1,000 Gt C input, (c) 1,500 Gt C input, (d) 2,000 Gt C input, (e)
3,000 Gt C input. The shaded area is considered detectable as a carbon isotope excursion (>0.5‰).

4. Scenarios for Early Warming
Discussion on potential carbon sources to explain the CIE, ocean acidiﬁcation and warming started with the
work of Dickens et al., who explored the methane hydrate theory (Dickens et al., 1995, 1997) as well as other
potential sources (Dickens, 2001a). Subsequent work has delivered many interesting hypotheses, including
marine and terrestrial organic matter sources, thermogenic methane, volcanism, lithospheric gas explosions,
and bolide impacts (DeConto et al., 2012; Gutjahr et al., 2017; Kent et al., 2003; Kurtz et al., 2003; Morgan
et al., 2004; Nisbet et al., 2009; Sexton et al., 2011; Svensen et al., 2004), as well as multiple sources
(Frieling et al., 2016; Panchuk et al., 2008; Sluijs et al., 2007). We evaluate plausible sources of carbon
explaining global warming prior to the onset of the CIE (Figure 4) using the same basic isotopic mass balance
principles as Dickens (2001a) and basic considerations as laid out by several authors (e.g., Kump &
Arthur, 1999).
Pre‐CIE warming requires a source that has a δ13C value similar to that of the ocean (i.e., close enough to
0‰ to limit the effect on sedimentary δ13C records) and produces sufﬁcient amounts of CO2 on millennial
time scales to cause 2 °C of surface warming. Below, we assess if biogenic and thermogenic methane, mantle
CO2, and terrestrial organic matter, notably thawing permafrost represent plausible sources by calculating
their impact on global δ13C. While temperature cannot be estimated using simple equations, we emphasize
that background CO2 was likely high (Gehler et al., 2016), implying a very large C input is needed for a signiﬁcant SST rise. Several modeling exercises independently arrive at 7,000 Gt C for the entire event
(Meissner et al., 2014; Panchuk et al., 2008), mostly because climate models need excessively high CO2 concentrations to reproduce the extremely high SSTs (e.g., Frieling et al., 2017). We therefore assume at least
~2,000 Gt C is needed for the observed 2 °C SST rise, given the commonly accepted range of equilibrium climate sensitivity (1.5–4.5 °C per doubling; IPCC, 2014; PALAEOSENS, 2012). For simple mass‐balance calculations, we use a late Paleocene background exogenic carbon reservoir of 35,000 to 55,000 Gt C (Dickens,
2001a; Zeebe et al., 2009) and illustrate how variable δ13C and input sizes affect the global exogenic carbon
cycle (Figure 7):
Size of reservoir / (Size of input + initial reservoir * δ13C of input).
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Table 1
CO2 Emission Rate Estimates From Enhanced Volcanism in the North Atlantic
Estimated magma
production rate
3
−1
−1
(km ·km ·kyr )
2
2
2
3
3
3
6
6
6

Duration of activity
“burst” (kyr)

Total length
of rift (km)

Total magma
3
volume (km )

Gt C
(0.5 wt%CO2)

Gt C
(0.2 wt% CO2)

Maximum
Gt/year (0.5%)

Maximum
Gt/year (0.2%)

20
10
5
20
10
5
20
10
5

2,560
2,560
2,560
2,560
2,560
2,560
2,560
2,560
2,560

102,400
51,200
25,600
153,600
76,800
38,400
307,200
153,600
76,800

384
192
96
576
288
144
1,152
576
288

154
77
38
230
115
58
461
230
115

0.019
0.019
0.019
0.029
0.029
0.029
0.058
0.058
0.058

0.008
0.008
0.008
0.012
0.012
0.012
0.023
0.023
0.023

4.1. Biogenic and Thermogenic Methane
It was recently shown that one thermogenic vent system was active during the body of the CIE (Frieling
et al., 2016) and a seismic reﬂector corresponding to the top of this vent suggests this level correlates with
activity of hundreds of such systems (Svensen et al., 2004). However, any thermogenic methane contribution
prior to the main CIE must be relatively minor (maximum ~500–750 Gt C, depending on δ13C range ‐30 to
‐45). On this basis, a signiﬁcant release of biogenic methane as cause of pre‐CIE warming is also excluded.
Biogenic methane is even more 13C‐depleted (‐50 to ‐70‰) and any biogenic methane input larger than
500 Gt C would already produce a larger negative CIE than observed (>0.5‰; Figure 7).
4.2. Volcanic Carbon From the North Atlantic Igneous Province
The evidence of enhanced volcanism in the North Atlantic is ample for the Paleocene, early Eocene, and
close to the PETM (e.g., Eldholm & Thomas, 1993; Storey et al., 2007) and during the PETM (Frieling
et al., 2016). A limiting factor in invoking a volcanic source, however, for early warming is the rate at which
mantle‐derived CO2 can be injected to explain 2 °C of global warming within a few to tens of millennia (e.g.,
Dickens, 2001a). We calculate how much carbon could be produced from excess magma production within a
short (5, 10, or 20 kyr) period (Table 1). The calculations assume the following constants; magma density is
2,750 kg/m3 of which 0.2% to 0.5% (by weight) is CO2, which is degassed completely (Self et al., 2006). The
length of the active zone is 2,560 km (Eldholm & Grue, 1994). The magma production rates are taken from
Storey et al. (2007) and recalculated to rates per kyr. The total volume of the ﬂood basalts in the North
Atlantic is ~1.8 × 106 km3 (Eldholm & Grue, 1994), maximum and minimum volumes in our calculations
are 3.1 × 105 km3 (20 kyr, 6 km3·km−1·kyr−1, 2,560 km rift) and 2.6 × 104 km3 (5 kyr, 2 km3·km−1·kyr−1,
2,560 km rift), respectively. It should be noted that the North Atlantic Igneous Province (NAIP) is emplaced
in two main phases each spanning several Myr (e.g., Wilkinson et al., 2016) and that our rates are thus much
higher than average, consistent with Storey et al. (2007). The modern volcanic C ﬂux to the atmosphere is
~0.1 Gt/year (IPCC, 2014). These scenarios thus require an increase of volcanic CO2 production, with respect
to the global modern ﬂux, of at least 10–60%. The volumes of C produced in our highest emission scenario
therefore remain relatively small (~1,150 Gt C over 20 kyr) compared to the volumes typically used in carbon
cycle modeling exercises (e.g., Gutjahr et al., 2017; Meissner et al., 2014; Panchuk et al., 2008; Zeebe
et al., 2009).
One of the uncertainties in our calculations concerns the degassing parameter. Regardless of the CO2 content of the magma, it is highly unlikely that all of that CO2 was degassed, perhaps even more unlikely when
the emplacement time of the ﬂood basalts is rapid. However, all CO2‐content estimates are based on historical eruptions, which may or may not be representative for emplacement of a large igneous province. Given
these uncertainties, we argue that the emission scenarios here presented are likely upper estimates and only
used to illustrate plausibility. These scenarios clearly illustrate that longer (>10 kyr) periods of sustained
enhanced activity are required and although it is impossible to connect the earliest warming to the volcanism with the presently available data, we note that ﬁrst signs of warming are typically observed ~10 kyr
before the CIE (Figures 4a and 4b). Intriguingly, a small decrease in Os isotopes, signaling increased
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mantle‐input, is observed directly prior to the CIE in and around the North Atlantic (Dickson et al., 2015;
Schmitz et al., 2004; Wieczorek et al., 2013). However, this Os‐isotope decrease is not comparable in magnitude to the decrease observed during activity from other large igneous provinces (e.g., Turgeon & Creaser,
2008). This is further supported by recent high‐resolution mercury concentration data (Jones et al., 2019),
which indicates an increase in volcanic activity prior to the CIE, but this increase is not of comparable magnitude as other periods of large igneous province emplacement. Although better dating and volumetric
assessment of volcanic activity on <100 kyr time scales in the NAIP are needed to draw further conclusions,
we ﬁnd a modest volcanic CO2 contribution to early warming is likely.
4.3. Orbital Trigger: A Role for Permafrost Thawing?
One problem with the volcanic‐trigger scenario might be a component of orbital pacing of early Eocene
negative CIEs, which correspond to maxima in 400 and 100 kyr eccentricity (Cramer et al., 2003;
Lauretano et al., 2015; Littler et al., 2014; Lourens et al., 2005; Westerhold & Röhl, 2009). This would exclude
a volcanic or any other catastrophic trigger. However, contrary to earlier ﬁndings the more recent studies
indicate that the onset of the PETM did not occur during a maximum in 400 kyr eccentricity (Littler et al.,
2014; Westerhold et al., 2017). Correspondence with the 100 kyr cycle is still possible. DeConto et al.
(2012) suggested up to 3,700 Gt of C could potentially have been released from thawing Antarctic permafrost
under favorable orbital conﬁgurations, particularly obliquity, to explain the entire event, including the CIE.
However, no evidence exists for permafrost on Antarctica during the late Paleocene nor for its thawing or
oxidation during the PETM. Moreover, apart from the Contessa section in Italy (DeConto et al., 2012), no
power is apparent in the obliquity band in time series reﬂecting late Paleocene‐early Eocene climate or carbon cycling. Based on mass balance calculations, a relatively modest release from this source (maximum
~1,100 Gt C, δ13C approximately −23‰; Sluijs & Dickens, 2012) may be consistent with a δ13C drop of
~0.5‰ (as observed here, see also Figure 5b) before the main CIE. Therefore, if true, this scenario should
be accompanied by a global δ13C decrease prior to the main CIE, which at this point may be beyond the limits of uncertainty.
Collectively, the lead‐lag relation we identify and volumetric calculations based on currently available literature make a single dominant forcing for the entire PETM CIE, such as mantle‐derived CO2, as recently suggested (Gutjahr et al., 2017) or the impact of an extraterrestrial body (Kent et al., 2003) unlikely. It strongly
suggests a scenario of positive feedbacks. We show that pre‐CIE warming was global in nature and that, in
principle, is inconsistent with orbital forcing. We therefore surmise that elevated volcanic activity pushed
the hydrate system beyond the threshold for dissociation, leading to an extremely effective positive feedback.
This is also consistent with the increase in Ba burial on a global scale we record.

5. Conclusions
We identify the Paleocene‐Eocene boundary in ODP Site 959 in the eastern equatorial Atlantic. The PETM at
this site is marked by a ~3.7‰ negative CIE in bulk organic carbon and ~3.9 °C of surface warming based on
TEX86H. Crucially, the start of warming precedes the onset of the CIE. Based on statistical analyses of ﬁve
high‐resolution temperature‐δ13C data sets, we calculate that ~2 °C of global warming preceded the
PETM CIE by ~2 kyr. This implies that a little more than half of the warming (~3 °C) and almost the entire
(>80%) 3–5‰ global negative CIE may result from a positive carbon cycle feedback.
An assessment of global Ba burial rate, based on a data compilation, suggests that the average oceanic Ba
burial rate rose by a factor of ~3 during the PETM and that excess burial took place in marginal marine to
deep sea regions This would require increased Ba sourcing to the ocean. Although the source of Ba may
be subject of discussion, the magnitude of change is larger, and the time scale of response shorter than
can be achieved within the commonly accepted time scale and magnitude of increased weathering.
Although outstanding issues regarding the transport of Ba to open ocean sediments remain, we therefore
consider massive dissolved Ba release from pore water below dissociating methane hydrates the most likely
explanation. Combined with other circumstantial evidence, we argue methane hydrate dissociation likely
acted as a strong positive carbon cycle feedback to warming.
The global warming prior to the injection of 13C‐depleted C is likely driven by a rise in greenhouse gas concentrations. Particularly because volcanic C input would only minimally affect global exogenic δ13C, we ﬁnd
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CO2 input from the NAIP remains a plausible explanation. However, until better dating for the volcanic
deposits, tracers for volcanic activity and/or volumetric assessments for the NAIP emerge, a sizeable volcanic
pulse within this particular interval remains speculative. Similar issues hamper the assessment of an orbital
trigger. While permafrost thawing may be invoked as C source to drive pre‐CIE warming under favorable
astronomical conﬁgurations, the available carbon volume is difﬁcult to estimate and the release should be
accompanied by a small, currently undetected, global δ13C decrease.
Despite differences in background climate state and regardless of the underlying mechanism or CO2 source,
the observed surface warming in the last millennia of the Paleocene (~2 °C) is strikingly similar in magnitude to that projected for the coming centuries and our ﬁndings highlight the potential of strong positive carbon cycle feedbacks even under relatively low amplitude surface warming.
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