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ABSTRACT

The surface warming response to carbon emissions is affected by how the ocean sequesters excess heat
and carbon supplied to the climate system. This ocean uptake involves the ventilation mechanism, where
heat and carbon are taken up by the mixed layer and transferred to the thermocline and deep ocean. The
effect of ocean ventilation on the surface warming response to carbon emissions is explored using simplified
conceptual models of the atmosphere-ocean with and without explicit representation of the meridional over-
turning. Sensitivity experiments are conducted to investigate the effects of (i) mixed-layer thickness, (ii) rate
of ventilation of the ocean interior, (iii) strength of the meridional overturning and (iv) extent of subduction
in the Southern Ocean. Our diagnostics focus on a climate metric, the Transient Climate Response to carbon
Emissions (TCRE), defined by the ratio of surface warming to the cumulative carbon emissions, which may
be expressed in terms of separate thermal and carbon contributions. The variability in the thermal contribution
due to changes in ocean ventilation dominates the variability in the TCRE on timescales of years to centuries,
while that of the carbon contribution dominates on timescales of several centuries to millennia. These venti-
lated controls are primarily from changes in the mixed-layer thickness on decadal timescales, and in the rate
of ventilated transfer from the mixed layer to the thermocline and deep ocean on centennial and millennial
timescales, which is itself affected by the strength of the meridional overturning and extent of subduction in
the Southern Ocean.

1. Introduction

Climate model projections reveal that the global-mean
surface warming increases nearly linearly with cumulative
carbon emissions (Allen et al. 2009; Gillet et al. 2013;
Matthews et al. 2009; Zickfeld et al. 2009). This propor-
tionality between the global-mean increase in surface air
temperature and the cumulative carbon emissions has been
used to define a climate metric in Earth system models, re-
ferred to as the Transient Climate response to cumulative
carbon Emissions (TCRE).

The ocean plays a central role in determining this con-
nection between surface warming and carbon emissions
through ocean uptake of heat and carbon (Solomon et al.
2009). The ocean uptake of atmospheric CO2 acts to de-
crease radiative forcing and so provides a cooling effect,
while the proportion of radiative forcing driving ocean
heat uptake declines in time and so provides a warming
effect (Goodwin et al. 2015; Williams et al. 2016, 2017a).
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The dependence of surface warming on carbon emis-
sions differs in magnitude between different models,
such as with the TCRE varying between 1.20 and
2.45 K (1000 PgC)−1 in a suite of 10 CMIP5 models
with an annual 1% rise in atmospheric CO2 (Williams
et al. 2017b). Their inter-model differences in the TCRE
arise mostly from differences in the thermal response on
decadal to multi-decadal timescales, with differences in
the carbon response becoming important on multi-decadal
to centennial timescales (Williams et al. 2017b). The inter-
model spread in climate feedbacks (Andrews et al. 2012;
Forster et al. 2013) is the largest driver of uncertainty in
the TCRE, but the inter-model spread in ocean heat uptake
also contributes (Raper et al. 2002; Geoffroy et al. 2012;
MacDougall et al. 2017; Williams et al. 2017b). What is
unclear is the effect of different ocean ventilation mecha-
nisms in controlling this surface warming dependence on
carbon emissions and in leading to inter-model differences
in the TCRE.

The ocean uptake of anthropogenic heat and carbon is
primarily controlled by the ventilation process involving
uptake of heat and carbon by the surface mixed layer and
subsequent transfer into the main thermocline and the deep
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ocean. This ventilated response is affected by the strength
of the Atlantic meridional overturning circulation, which
in turn alters the surface warming response to carbon emis-
sions (Xie and Vallis 2012; Rugenstein et al. 2013; Winton
et al. 2013). The Atlantic meridional overturning circu-
lation varies significantly amongst Earth system models
(Gregory et al. 2005; Cheng et al. 2013) and this varia-
tion is partially responsible for the spread in the transient
warming due to emissions (Kostov et al. 2014). However,
ocean ventilation is not solely controlled by the strength of
the meridional overturning circulation, but also affected by
the thickness of the mixed layer, and the horizontal gyre,
eddy and circumpolar circulations affecting the formation
of mode waters and their spreading into the thermocline
and ocean interior. Hence, we need to understand how the
full range of physical effects contributing to ocean venti-
lation help determine the climate response of a model.

In this study we investigate how the climate metric, the
Transient Climate Response to cumulative carbon Emis-
sions, is controlled by: (i) the thickness of the mixed layer
in contact with the atmosphere; (ii) the rate of ventilation
between the mixed layer and the ocean interior; (iii) the
strength of the meridional overturning; and (iv) the ex-
tent of Southern Ocean mode water formation. To ad-
dress these questions, we take a step back from the com-
plex Earth system models and conduct sensitivity exper-
iment using idealised atmosphere-ocean models, so as to
provide a clearer mechanistic connection between the ef-
fects of different processes contributing to ventilation and
the TCRE. Since observational reconstructions reveal en-
hanced uptake of anthropogenic heat and carbon in the up-
per thermocline over the global ocean (Sabine et al. 2004;
Roemmich et al. 2015), one of our conceptual models in-
clude a thermocline with a dynamically-controlled thick-
ness (Gnanadesikan 1999; Marshall and Zanna 2014).

The outline of the paper is as follows. The formula-
tion of the idealised models and sensitivity experiments
are first presented (Section 2). The climate response in
the sensitivity experiments is interpreted by separating the
dependence of surface warming on carbon emissions, as
given by the TCRE, into a product of thermal and carbon
contributions (Williams et al. 2016) and identifying the
relative importance of the different processes contributing
to ocean ventilation (Section 3). The effect of different
ventilation processes on the TCRE is assessed across pa-
rameter space by diagnosing the response of a large set
of model ensembles (Section 4). Finally, the implications
and the caveats to the study are discussed (Section 5).

2. Model formulation and experiments

The effect of different processes contributing to ocean
ventilation on the climate metric, the TCRE, are investi-
gated using two idealised box models of the atmosphere-

ocean system, either without or with an explicit represen-
tation of the ocean meridional overturning circulation.

a. 1D box model of the atmosphere-ocean

The 1D box model consists of three homogeneous lay-
ers: a slab atmosphere, an ocean mixed layer and an ocean
interior (Fig.1a). The model solves for the heat and car-
bon exchange due to carbon emissions between these lay-
ers, including physical and chemical transfers, but ignor-
ing biological transfers, and sediment and weathering in-
teractions; see supplementary material in Katavouta et al.
(2018). Ocean ventilation is represented by the ocean inte-
rior taking up the temperature and carbon anomalies of the
mixed layer with a relaxation closure, such that the rates
of change in the temperature and the dissolved inorganic
carbon of the ocean interior are described by

d
dt

Tint(t) =
1

τvent
(∆Tml(t)−∆Tint(t)) , (1a)

d
dt

DICint(t) =
1

τvent
(∆DICml(t)−∆DICint(t)) , (1b)

where τvent is a relaxation timescale referred to as the ven-
tilation timescale, ∆T (t) is the temperature change in K
and ∆DIC(t) the carbon change in mol kg−1 relative to the
pre-industrial, and subscripts ml and int refer to the ocean
mixed layer and interior values; this model is referred to
as the 1D box model.

b. Box model of the atmosphere-ocean with meridional
overturning

Our box model of the atmosphere and ocean with
meridional overturning (Fig.1b) follows the layered model
of the global thermocline by Gnanadesikan (1999) and
the extensions by Johnson et al. (2007) and Marshall and
Zanna (2014).

Light water is transformed to dense water by surface
cooling in the northern high latitudes, at a volume rate
of qNA, equivalent to the strength of the meridional over-
turning. Dense water is transformed back to light water
either by diapycnal transfers in the low latitudes, at a vol-
ume rate of qv, or by a surface warming conversion into
light waters in the southern high latitudes associated with
the residual circulation, at a volume rate of qso, involv-
ing a northward Ekman volume flux partly compensated
by a poleward mesoscale eddy flux. The volume of light
waters and overturning strength, qNA, is then controlled
in a dynamic manner in terms of the diapycnal mixing
parametrised by a diapycnal mixing coefficient, the wind
stress in the Southern Ocean, the strength of the eddies
in the Southern Ocean parametrised by the eddy diffusiv-
ity, and the additional ocean warming and enhancement of
stratification due to the anthropogenic emissions (see Ap-
pendix for the closures).
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To define the extent of ventilation, the light waters in the
low latitudes extend over a variable thickness, h(t), which
are further separated into two layers: a mixed layer with
constant thickness, hml = 100 m, and a thermocline layer
with thickness, htherm(t) = h(t)−hml (Fig.1b).

To take into account the extent of communication be-
tween the atmosphere and the upper ocean, an isolation
fraction, δ , is defined. This isolation fraction δ defines
the relative proportion of the subduction occurring in the
Southern Ocean and sets the fraction of waters remaining
below the mixed layer and spreading northward within the
thermocline; instead (1−δ ) sets how much of the subduc-
tion occurs in the low latitudes and the fraction of waters
in contact with the atmosphere in the tropics and subtrop-
ics. A rough estimate of δ corresponds to the ratio of the
volume of waters subducted in the southern high latitudes,
consisting of Sub-Antarctic mode water and Antarctic In-
termediated Water, and transported northward versus the
total volume of waters subducted and transported north-
ward to the northern high latitudes, consisting of subtrop-
ical mode water, Sub-Antarctic mode water and Antarctic
Intermediate Water. Based on the water-mass diagnostics
of Talley (1999) at 24oN, this partitioning implies that the
ratio δ is about 0.7, suggesting that most of the subducted
waters are from the Southern Ocean and so these waters
are shielded from the atmosphere in the low latitudes.

A slab atmosphere is used to parametrise the exchange
of heat and carbon between the atmosphere and the ocean,
and two upper ocean boxes are used to represent the south-
ern and northern high latitudes. These high latitude boxes
are used to solve for the heat and carbon transfer in the
ocean, but do not directly affect the model dynamics and
volume transports (see Appendix for model closures). The
model solves for the ocean carbon cycle including physi-
cal and chemical transfers, but ignores biological trans-
fers, and sediment and weathering interactions involving
changes in the cycling of organic carbon or calcium car-
bonate. The ocean carbonate system is solved using the
iterative algorithm of Follows et al. (2006) and assumes
that the total alkalinity remains constant: the model solves
for the changes in pH and the fraction of carbonate species
present in seawater and its effect on the the capacity of the
ocean to absorb the changes in atmospheric CO2. This
idealised model is referred to as the box model with over-
turning.

c. Sensitivity experiments

The climate response is explored in both box mod-
els to carbon emissions, emitted to the atmosphere at a
constant rate of 20 PgC y−1 for 100 years, and then in-
tegrated until equilibrium is reached after several 1000
years. The resulting increase in atmospheric CO2 drives a
radiative forcing: R(t) = a∆ lnCO2(t) (Myhre et al. 1998),
where a = 5.35 W m−2 and the pre-industrial CO2(to) is

280 ppm. This radiative forcing, R(t), is assumed to drive
a global-mean radiative response, λ (t)∆T (t), plus a plan-
etary heat uptake, N(t), (Gregory et al. 2004; Gregory and
Forster 2008), such that

R(t) = λ (t)∆T (t)+N(t), (2)

where λ (t) is the climate feedback parameter, which is as-
sumed constant and equal to 1 W m−2K−1 in all our sim-
ulations for simplicity. This λ value is close to the CMIP5
Earth system models mean of 1.13 W m−2K−1 (Forster
et al. 2013). The planetary heat uptake, N(t), is domi-
nated by the ocean heat uptake (Church et al. 2011), and in
both models, more than 95% of heat passes into the ocean;
henceforth, the planetary and the ocean heat uptakes are
taken to be effectively equivalent. The ocean carbon and
heat uptakes due to the anthropogenic carbon emissions
are approximated to be spatially uniform in these simpli-
fied conceptual models.

The 1D box model is used to explore the climate re-
sponse and the sensitivity of the TCRE to two aspects of
ocean ventilation: (i) the thickness of the ocean mixed
layer setting the proportion of waters in direct contact with
the atmosphere, and (ii) the ventilation timescale setting
the rate of transfer of heat and carbon from the mixed layer
to the ocean interior. Sensitivity experiments include vary-
ing the thickness of the mixed layer between a range of 50
to 300 m and the ventilation timescale between a range of
100 and 2000 years, and these changes occurring either
separately or simultaneously (Table 1).

The box model with overturning is used to explore the
climate response and the sensitivity of the TCRE to two
further mechanisms that control the rate of ventilation of
the ocean interior and extent of communication with the
atmosphere: (i) the strength of the meridional overturn-
ing that sets the volume transport and transfer of heat and
carbon into the deep ocean and (ii) the isolation fraction,
δ , that controls the proportion of waters subducted in the
Southern Ocean. Sensitivity experiments are conducted
varying the Southern Ocean wind stress and the isolation
fraction, and these changes are applied either separately or
simultaneously (Table 1): the wind stress varies between
0.05 and 0.15 N m−2 corresponding to a variation of the
pre-industrial overturning strength between 13 and 35 Sv,
this range encapsulates the observed value of about 17 Sv
for the Atlantic meridional overturning circulation (Mc-
Carthy et al. 2015); and the isolation fraction varies be-
tween 0.1 and 0.9, encapsulating a data-based estimate of
δ of about 0.7 (Talley 1999) .

The 1D box model starts by design from a steady state
since the model only solves for anomalies relative to its
initial state. The box model with overturning is initialised
with a prescribed atmospheric CO2=280 ppm, tempera-
ture and dissolved inorganic carbon for the mixed layer
in the low latitudes and the northern, the southern and
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deep ocean (Table 2), and a range of choices in the South-
ern Ocean wind stress that provides the Ekman upwelling
in the Southern Ocean and the isolation fraction (Table
1). The model is integrated until the model transports,
the thermocline thickness and its temperature and dis-
solved inorganic carbon all adjust to an equilibrium state
(Appendix). The box model with overturning is simple
enough to experience no significant model drift beyond a
negligible truncation error and so the model reaches a real
equilibrium state. This pre-industrial equilibrium state dif-
fers for each ensemble (Table 2) and then forms the initial
conditions for the model integrations with anthropogenic
emissions.

Including anthropogenic emissions drives increasing ra-
diative forcing and additional ocean heat supply, which in
turn alters the volume of light water and the strength of
the meridional overturning. The change in the meridional
overturning, ∆qNA(t), involving the volume transport from
the upper ocean into the deep ocean in the high latitudes in
the northern hemisphere, is related to the total ocean heat
uptake averaged over the surface area of light water, N(t)
in W m−2, by

∆qNA(t) =
N(t)Alow

ρoCp,o(Tlight(t)−Tdeep(t))
, (3)

where this change in overturning equates to changes in
the North Atlantic Deep Water formation; here Alow is
the model area covered by the low latitudes, ρo is a refer-
enced ocean density, Cp,o is the specific heat capacity for
the ocean, and Tlight and Tdeep are the temperatures of light
waters in the low latitudes (mixed layer and thermocline)
and of dense waters in the deep ocean respectively.

These changes in the strength of the meridional over-
turning, qNA(t) (Fig. 2a), drive subsequent changes in
the Southern Ocean residual circulation involving a sur-
face warming conversion into light waters in the southern
high latitudes, qso(t) (Fig. 2b), and the diapycnal trans-
fer in the low latitudes, qv(t) (Fig. 2c), which then col-
lectively alter the thickness of the thermocline, htherm(t)
(Fig. 2d). The meridional overturning weakens with the
additional surface heating during emissions, but gradually
recovers after emissions cease (Fig. 2). For simplicity, the
climate feedback parameter is chosen to remain constant
in our sensitivity experiments, and so does not alter with
changes in the overturning, as instead explored by Winton
et al. (2013) and Garuba et al. (2018).

3. Ocean mechanisms affecting the climate metric, the
TCRE

The transient climate response to emissions, TCRE, de-
fined by the ratio of the changes in global mean surface
air temperature since the pre-industrial era, ∆T (t), to the
cumulative carbon emissions, Iem(t), may be interpreted
as the product of a thermal contribution, ∆T (t)/R(t), and

a carbon contribution, R(t)/Iem(t) (Goodwin et al. 2015;
Williams et al. 2016, 2017a; Katavouta et al. 2018):

TCRE =
∆T (t)
Iem(t)

=
∆T (t)
R(t)

R(t)
Iem(t)

, (4)

where R(t) is the radiative forcing.
The carbon contribution, R(t)/Iem(t), is affected by the

ocean carbon uptake as the radiative forcing, R(t), is pro-
portional to the logarithmic change in the atmospheric
CO2 relative to the pre-industrial, R(t) = a∆ lnCO2(t).

In both our models, during emissions (black solid lines
in Fig.3a, c), there is an increase in both the atmosphere
carbon inventory, ∆Iatm, (black dashed lines in Fig.3a, c)
and the ocean carbon inventory, ∆Iocean, (black dashed-
dotted lines in Fig.3a, c), where ∆ represents changes
relative to the pre-industrial era. After emissions cease,
the ocean carbon inventory increases at the expense of
the atmospheric carbon inventory, as carbon is transferred
into the ocean until a new global equilibrium is attained
after typically 5000 years for a ventilation timescale of
τvent = 1000 y. This transfer of carbon from the atmo-
sphere into the ocean corresponds to a general decrease in
the carbon contribution, R(t)/Iem(t), (red lines in Fig.3a,
c) in time from the onset of emissions until a new equilib-
rium is reached.

The thermal contribution, ∆T (t)/R(t), may be under-
stood in terms of the empirical global heat budget (2). The
thermal contribution is controlled by the fraction of the
radiative forcing, R(t), directed towards surface warming
and providing a radiative response, λ∆T (t), rather than an
increase in ocean heat content, N(t).

In both our models, the radiative forcing increases dur-
ing emissions and decreases after emissions cease (black
solid lines in Fig.3b, d) following the changes in atmo-
spheric CO2. Initially most of the radiative forcing is di-
rected towards warming the ocean and increasing ocean
heat content, N(t), (black dashed-dotted lines in Fig.3b,
d). As the ocean interior warms, a larger fraction of the
radiative forcing is instead directed towards surface warm-
ing (black dashed lines in Fig.3b, d). After emissions
cease, ocean heat uptake gradually declines until the sys-
tem reaches equilibrium when there is no further ocean
heat uptake and all the radiative forcing is directed towards
surface warming and providing a radiative response. This
gradual decline in the fraction of the radiative forcing di-
rected towards ocean heat uptake corresponds to a general
increase in the thermal contribution, ∆T (t)/R(t) (red lines
in Fig.3b, d), until a new equilibrium is attained.

For an atmosphere-ocean system at equilibrium, the
climate response, ∆T (teq)/Iem(teq), is independent of the
ocean ventilation and equal to a/(λ IB) (Williams et al.
2012), where IB is the buffered atmosphere and ocean car-
bon inventory at the pre-industrial (Goodwin et al. 2007).
However, during the transient period, the thermal and car-
bon contributions to the TCRE are controlled by how the
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ocean sequesters heat and carbon, and so the TCRE is a
function of ocean ventilation. The effect of different ven-
tilation processes altering the TCRE is investigated next.

a. Role of the thickness of the mixed layer

In our 1D box model, the mixed layer responds rela-
tively rapidly to any forcing applied at the air-sea inter-
face, compared with the response of the ocean interior.
This fast response to emissions dominates the climate re-
sponse during the beginning of the twentieth century (Held
et al. 2010). A thick mixed layer leads to less atmo-
spheric CO2 and a smaller rise in surface air temperature,
so that the TCRE and its carbon, R(t)/Iem(t), and thermal,
∆T (t)/R(t), contributions are smaller (Fig. 4a, b and c).

The sensitivity of the TCRE (together with its thermal
and carbon contributions) to the mixed-layer thickness is
largest during the first decade after the start of emissions
and then declines in time (Figs. 4a and 5a). After about a
century, the TCRE dependence on the mixed-layer thick-
ness is small and eventually, after 500 years, the TCRE be-
comes independent of the mixed-layer thickness (Fig. 5a
middle and right panels).

The sensitivity of the thermal contribution for the TCRE
to the mixed-layer thickness is generally larger than that of
the carbon contribution (Figs. 4b,c, and 5b,c) as the ocean
heat uptake is enhanced by its specific heat capacity, while
the carbon uptake is inhibited by ocean buffering from car-
bonate chemistry.

b. Role of the ventilation timescale

In our 1D box model, the ventilation timescale controls
the response of the ocean interior to atmospheric changes.
A shorter ventilation timescale corresponds to a more
rapid ventilation rate and an enhanced transfer of carbon
and heat into the ocean interior. Hence, a shorter ventila-
tion timescale leads to a smaller TCRE, and a smaller car-
bon, R(t)/Iem(t), and thermal, ∆T (t)/R(t), contributions
during the transient period before equilibrium (Fig. 4d, e
and f).

The sensitivities of the carbon and thermal contribu-
tions to the ventilation rate operate on different timescales
(Fig. 5b,c). On timescales of a decade to a century,
the thermal contribution dominates the sensitivity of the
TCRE, while on timescales of 500 years, the carbon con-
tribution becomes more important. This difference in the
sensitivities of the carbon and thermal contributions to the
TCRE is due to the ocean heat and carbon uptake being
controlled by different mechanisms operating on different
timescales, such as involving the effects of heat storage
and climate feedback versus carbon storage and ocean car-
bonate chemistry.

The TCRE sensitivity to the ventilation timescale is
relatively small compared to the TCRE sensitivity to the
thickness of the mixed layer during the first decade since

the onset of emissions (Fig 5a left panel). After the first
decade, the TCRE becomes more sensitive to the ventila-
tion timescale and is further modified by the thickness of
the mixed layer (Fig. 5a middle panel). On a timescale
of 500 years, the TCRE only depends on the ventilation
timescale (Fig. 5a right panel).

c. Role of the meridional overturning and isolation frac-
tion

In the box model with overturning, the ventilation is af-
fected by two mechanisms: the strength of overturning
circulation and the extent of subduction in the Southern
Ocean. The overturning circulation controls the exchange
of water between the upper ocean and the deep ocean,
and so alters the transfer of heat and carbon to the deep
ocean. A stronger overturning is associated with an en-
hanced transfer of heat and carbon into the deep ocean,
and so leads to a smaller TCRE and its carbon and thermal
contributions (Fig. 6a, b and c), represented by R(t)/Iem(t)
and ∆T (t)/R(t), respectively.

The isolation fraction, δ , sets the proportion of waters
subducted in the Southern Ocean relative to the total sub-
duction rate. As δ increases, the proportion of waters sub-
ducted in the Southern Ocean increases, which reduces the
communication with the atmosphere in the low latitudes
and so reduces the uptake of heat and carbon there. In turn
this reduced ocean heat and carbon uptake leads to a larger
TCRE and carbon, R(t)/Iem(t), and thermal, ∆T (t)/R(t),
contributions (Fig. 6d, e and f). In addition, as δ increases,
the thermocline waters become more isolated from the at-
mosphere and so the TCRE becomes less sensitive to the
overturning strength (Fig. 7a).

The sensitivities of the carbon, R(t)/Iem(t), and ther-
mal, ∆T (t)/R(t), contributions to the strength of the over-
turning and the isolation fraction (Fig. 7b, c) operate in a
similar manner to the sensitivities to the rate of ventilation
in the 1D box model (Fig. 5b, c): the thermal contribution
again dominates the sensitivity of the TCRE on timescales
of decades to a century, while the carbon contribution be-
comes more important on timescales of 500 years.

4. Controls of the variability in the climate metric, the
TCRE

The relative importance of the different ventilation
mechanisms and emission scenarios in controlling the
TCRE are now examined using ensemble experiments
covering a wide parameter space (Table 1). The variability
in the TCRE is quantified using the coefficient of variation,
defined by the ratio of the standard deviation and mean for
a given ensemble of model experiment with perturbed pa-
rameters at a particular time (Hawkins and Sutton 2009;
Williams et al. 2017b).

A coefficient of variation is estimated for each of the
four sets of ensembles with perturbation in either (i) the
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mixed-layer thickness, hml , (ii) the ventilation timescale,
τvent , (iii) the strength of the overturning circulation alter-
ing with variations in the zonal wind stress in the Souther
Ocean, τwind , or (iv) the proportion of water subducted in
the Southern Ocean altering with the isolation fraction, δ

(Table 1). This statistical measure is also evaluated for
ensembles with several thousand members with combined
perturbations in the input parameters for the 1D box model
and the box model with overturning.

a. Effect of ocean ventilation on the TCRE variability

In the 1D box model, the variability of the TCRE due
to the combined variability of the mixed-layer thickness
and ventilation timescale is initially large, reduces over the
next century, and subsequently increases over a couple of
centuries before decreasing towards zero over several mil-
lennia (black line in Fig. 8a). On decadal timescales, the
thickness of the mixed layer controls the variability of the
TCRE, while on timescales of several decades to a century,
there is a decreasing effect of mixed-layer thickness and an
increasing importance of the ventilation timescale. Even-
tually after a couple of centuries, the ventilation timescale
solely controls the variability of the TCRE (black lines in
Fig. 8a, b and c).

The variability in the TCRE is dominated by the thermal
contribution, ∆T (t)/R(t), on timescales from years to cen-
turies, but is then dominated by the carbon contribution,
R(t)/Iem(t) (Fig. 8a,c). Over the first century, the variabil-
ity in the thermal contribution generally decreases in time,
while the variability in the carbon contribution slightly in-
creases in time (red and blue lines in Fig. 8a). This trend
in the variability of the TCRE and its thermal contribu-
tion is generally consistent with CMIP5 model diagnostics
forced by a 1% increase in atmospheric CO2 (Williams
et al. 2017b). However, in the CMIP5 diagnostics, there is
an initial large variability in the carbon contribution with
a slight decreasing trend over the first 30 years since the
pre-industrial, which is possibly due to effects of the ter-
restrial carbon uptake or from the pre-industrial conditions
in CMIP5 models not being in equilibrium at the onset of
emissions.

In the box model with overturning, the variability in the
strength of the overturning and the isolation fraction con-
tribute equally to the variability of the TCRE on timescales
of some centuries (Fig. 8d, e, f), but the strength of over-
turning dominates on longer timescales. The thermal con-
tribution again dominates the variability in the TCRE on
timescales up to some centuries (red and blue lines in
Fig.8d-f), but the carbon contribution becomes important
on several centuries to millennia.

From this sensitivity analysis, the implications for un-
derstanding inter-model variability in the TCRE from
Earth system models are that (i) on decadal timescales,
inter-model differences in the thickness of the mixed layer

are likely to be a major source of variability through their
effect on ocean heat uptake, (ii) on timescales of decades
to centuries, inter-model differences in the ventilation of
heat are likely to be a major source of uncertainty from
inter-model differences in the strength of overturning and
mode water formation, and (iii) on centuries to millennia,
inter-model differences in the carbon contribution become
important due to differences in the overturning.

b. Effect of the carbon emissions on the TCRE variability

The sensitivity analysis is repeated for different rates
and duration of carbon emissions to explore their inter-
play with the ventilated control of the TCRE (Fig. 9).
The coefficient of variation for changes in the mixed-layer
thickness is generally similar for these experiments with
different carbon forcing (Fig. 9a).

The variability of the thermal contribution, ∆T (t)/R(t),
due to changes in the ventilation timescale is effectively
independent of the rate of carbon emissions and when
emissions cease (red lines in Fig. 9b). However, the
variability of the carbon contribution, R(t)/Iem(t), due to
changes in the ventilation timescale does alter with the rate
of carbon emissions and the time when emissions cease.
When there is more cumulative carbon emission, either
from a larger emission rate or emissions ceasing later, the
variability of the carbon contribution is smaller in the cen-
turies after emissions ceasing (blue lines in Fig. 9b), which
accordingly leads to the variability in the TCRE also being
smaller (black lines in Fig. 9b).

This dependence of the variability in the carbon con-
tribution to the rate and duration of carbon emissions is
associated with the carbonate chemistry and changes in
the buffering capacity of the ocean. A greater cumula-
tive carbon emission from a larger emission rate or pro-
longed carbon emissions leads to a more acidic ocean sur-
face during emissions, which alters the buffering capacity
of the ocean. The ocean carbon uptake is then more con-
trolled by these larger changes in buffering capacity, rather
than by the variability from the physical changes in ven-
tilation, such as from the ventilation timescale, the over-
turning strength and the isolation fraction (Fig. 9b, c and
d).

The timescale of variability of different ocean ventila-
tion processes for the TCRE and its thermal and carbon
contribution are generally robust to changes in the strength
of the emissions (Fig. 9), despite the strength of the carbon
contribution varying with the cumulative carbon emission.

5. Discussion and summary

Sensitivity experiments are conducted using conceptual
atmosphere-ocean models to understand how different as-
pects of ocean ventilation influence the climate metric, the
Transient Climate Response to cumulative carbon emis-
sions (TCRE), and its thermal and carbon contributions. In
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our experiments, the variability in the TCRE from ocean
ventilation is dominated on timescales of years to cen-
turies by the thermal response and on timescales of cen-
turies to millennia by the carbon response. The effect
of the ventilation is primarily controlled by the thickness
of the mixed layer on timescales of years to decades and
then gradually switches to being controlled by the rate of
ventilation of the ocean thermocline and deep ocean on
timescales of several decades and longer. This rate of ven-
tilation of the ocean interior is itself affected by both the
variability in the Atlantic meridional overturning circula-
tion and the extent of subduction in the Southern Ocean,
with the variability in the meridional overturning circu-
lation dominating on timescales of several centuries and
longer.

Idealised one-dimensional box models have been exten-
sively used to understand the thermal contribution of the
ocean to the climate response to carbon emissions (Wigley
and Schlesinger 1985; Gregory 2000; Held et al. 2010;
Geoffroy et al. 2012; Kostov et al. 2014), together with
a more limited use of conceptual models including a phys-
ical representation of overturning (Marshall and Zanna
2014). However, unlike previous studies, our models solve
for changes in the ocean heat and carbon budgets due to
carbon emissions and hence allow the sensitivity of the
climate metric, the TCRE, to be assessed. Similarly to
previous studies, the thermal response to changes in radia-
tive forcing undertakes a fast adjustment associated with
the ocean mixed layer on timescales of years to decades
and a slow adjustment associated with the ventilation of
the ocean interior on timescales of decades to many cen-
turies (Gregory 2000; Held et al. 2010). However, unlike
previous studies, we demonstrate that the carbon response
to carbon emissions also undertakes a fast adjustment as-
sociated with the response of the ocean mixed layer and
a slow adjustment associated with the ventilation of the
ocean interior. This slow adjustment of the carbon re-
sponse becomes important in controlling variability in the
TCRE on timescales of several centuries to millennia. For
the slow and fast responses, the timescales for the thermal
and carbon adjustment are not the same as they involve
different effects for the thermal response from ocean heat
uptake and climate feedback and for the carbon response
from ocean carbon uptake and ocean carbonate chemistry.

Our sensitivity experiments suggest that the inter-model
variability in the TCRE for Earth system models is partly
controlled by differences in ocean ventilation, associated
with the thickness of the mixed layer and the rate of ven-
tilation of the ocean interior. Changes in the ocean cir-
culation redistribute the heat in the ocean and modify the
pattern of sea surface warming (Banks and Gregory 2006;
Xie and Vallis 2012; Garuba and Klinger 2016). This dy-
namic effect from the evolution of the overturning circu-
lation with warming is captured in our box model with
overturning and so our experiments include this effect on

the TCRE. However, our model omits any connection be-
tween the pattern of sea surface warming and the cloud
cover and climate feedbacks (Rose et al. 2014; Rugen-
stein et al. 2016; Trossman et al. 2016; Ceppi and Gregory
2017; Andrews and Webb 2018). Our model also ignores
the time evolution of the climate feedbacks (Andrews et al.
2012) associated with the changes in the pattern of surface
warming (Armour et al. 2013; Andrews et al. 2015). These
changes in the climate feedbacks with the evolving pattern
of sea surface warming contribute further to inter-model
variability in Earth system models.

Our box model with overturning only provides a crude
representation of the Southern Ocean, a region of en-
hanced anthropogenic ocean heat and carbon uptake that
is highly variable amongst the Earth system models
(Frölicher et al. 2015). The fraction of isolation in our
conceptual model is meant to represent the variability in
intermediate and sub-Antarctic mode water formation, but
omits changes in Antarctic bottom water formation. Our
conceptual models only include the atmosphere and ocean,
so omit the effect of the terrestrial system, which strongly
varies within Earth system models (Arora et al. 2013;
Friedlingstein et al. 2014) and drives much of the vari-
ability in the carbon contribution to the TCRE (Williams
et al. 2017b). However, after emissions cease, the terres-
trial uptake of carbon will decline (e.g. Williams et al.
2017a) and the variability in the ocean carbon uptake is
expected instead to dominate on timescales of many cen-
turies and longer. Our conceptual models also omit ocean
biology and calcium carbonate cycling. While inter-model
differences in the representation of ocean biology affect
the regional ocean carbon response, their global contribu-
tion turns out to be minor on centennial timescales. Like-
wise inter-model variability in calcium carbonate cycling
and sediment changes only becomes important in affecting
the amount of atmospheric CO2 and modifying the climate
response on timescales of several millennia (Archer 2005;
Goodwin et al. 2009).

While our conceptual study makes simplifying assump-
tions, our aim is to reveal the importance of the separate
physical processes contributing to ocean ventilation and
their effect on the climate response to carbon emissions on
timescales of years to many centuries. In a realistic Earth
system model, the different contributions to ocean venti-
lation from mixed-layer thickness and circulation changes
all occur in an inter-connected manner. However, in our
conceptual model, the different ventilation contributions
are imposed in a separate manner to reveal the relative im-
portance of changes in mixed-layer thickness and venti-
lation rate of the ocean interior including the effects of
the strength of the meridional overturning and the extent
of Southern Ocean mode water formation. By adopting
a conceptual model, our ventilation study is also able to
span a wide parameter space using a large number of en-
sembles. Our ensemble analysis suggests that inter-model
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differences in the TCRE from ocean ventilation are domi-
nated by thermal processes on timescales of years to sev-
eral centuries and by differences in ocean carbon uptake
on timescales of several centuries and longer. Hence, the
study provides mechanistic insight into how ocean venti-
lation affects the climate response during emissions and
after emissions cease, as well as providing a well-posed
reference point to interpret inter-model variability in the
response of complex Earth systems to climate forcing.
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APPENDIX

Appendix: Box model with overturning

Volume budget

The dynamics of the box model with overturning is
based on the model by Gnanadesikan (1999) (black solid
lines and black arrows in Fig. 1b). The thickness of the
light water, h(t), is set by the volume balance between
the volume transports associated with sinking in the north-
ern high latitudes, qNA(t), diapycnal upwelling in the low
latitudes, qv(t), and the residual circulation involving the
Ekman upwelling in the southern high latitudes driven
by winds and the return flow due to baroclinic eddies,
qso(t) = qEkman +qeddy(t), such that

Alow
dh(t)

dt
= qNA(t)+qv(t)+qso(t), (A1)

where Alow = 2× 1014 m2 is the area covered by the low
latitudes.

The volume transport associated with the Ekman up-
welling, qEkman, is specified as

qEkman =
τwindLx

ρo f
, (A2)

where Lx = 30000 km is the zonal extent of Southern
Ocean, ρo = 1025 kg m−3 is a referenced ocean density, f
is the Coriolis parameter and τwind is the zonal wind stress
varying in the sensitivity experiments from 0.05 to 0.15
N m−2 encapsulating the typical value of 0.1 N m−2 for
the wind stress; this typical value of the wind stress is ex-
pected to be somewhat larger in the Southern Ocean.

The volume transport associated with the baroclinic ed-
dies in the Southern Ocean, qeddy(t), is parametrised as

qeddy(t) =−
keddyLxh(t)

Ly
, (A3)

where keddy = 103 m2 s−1 is the eddy diffusion coefficient,
and Ly = 1500 km is the meridional extent of the Southern
Ocean.

The volume transport associated with the diapycnal up-
welling, qv(t), is parametrised as

qv(t) =
Alowkv

h(t)
, (A4)

where kv = 10−5 m2 s−1 is the diapycnal mixing coeffi-
cient.

The volume transport associated with the sinking in the
northern high latitudes, qNA(t) is parametrised as

qNA(t) =−
g′

2 f
h(to)2 +∆qNA(t), (A5)

where g′ = 0.02 m s−2 is the reduced gravity, to is the
pre-industrial era and ∆ is the change relative to the pre-
industrial. The changes in the volume transport associ-
ated with the sinking in the northern latitudes, ∆qNA(t),
are controlled by the ocean heat uptake due to anthro-
pogenic emissions, N(t), and the temperature contrast be-
tween the light and dense waters in the low latitudes,
Tlight(t)− Tdeep(t), as described by (3) and so (A5) be-
comes

qNA(t) =−
g′

2 f
h(to)2 +

N(t)Alow

ρoCp,o(Tlight(t)−Tdeep(t))
.

(A6)
The model is initialised with a random thickness of light

waters, h, and integrated to a steady state, which provides
the volume transports and the thickness of the thermocline
in low latitudes in the pre-industrial era, h(to) (Table 2).
The volume transports and the upper ocean thickness, h(t),
evolve with warming due to emissions according to (A1)
to (A6) (Fig. 2). The total ocean depth is assumed constant
and equal to 4000 m. The deep ocean thickness in the low
latitudes evolves following the changes in the upper ocean
thickness.

Thermal and carbon budgets

There is air-sea exchange of heat and carbon between
the slab atmosphere and the upper ocean. In the low
latitudes, the upper ocean consists of a layer of light
water separated into two layers (Fig.1b): a mixed layer
with fixed thickness, hml = 100 m, and a thermocline
layer with varying thickness set by the volume transports,
htherm(t) = h(t)− hml . In the high latitudes, the upper
ocean is represented by boxes for the Southern Ocean and
the northern high latitudes, both with fixed thicknesses of
hhigh = 1000 m.

The model is initialised and run to thermal and carbon
equilibrium where there is no net ocean heat and carbon
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uptake and the heat and carbon divergence at each of the
ocean boxes in contact with the atmosphere are balanced
by heat and carbon fluxes from the atmosphere. This pre-
industrial state has (i) higher dissolved inorganic carbon
in the high latitudes and the deep ocean, and ocean carbon
uptake in the northern high latitudes and ocean carbon re-
lease in the low latitudes, and (ii) higher temperature in the
upper ocean in the low latitudes, and ocean heat uptake
at the low latitudes and ocean heat release at the north-
ern high latitudes. An example of the model pre-industrial
ocean heat and carbon distribution is shown in Table 2.

The discrete form of the divergence theorem is used to
express the heat and carbon budgets. The budget for a
scalar C such as temperature or dissolved inorganic carbon
of a box/layer is expressed as

d
dt

(Cbox(t)Vbox(t)) =−
ˆ

box
∇ · (C(t)~v(t))dV +SC(t),

(A7)
where ~v(t) is the velocity of the flow into the box, V is
the volume and SC is a source/sink of C, for example rep-
resenting the supply of C from the atmosphere into the
ocean. The discrete form of the divergence theorem for
this box is expressed as

ˆ
box

∇ · (C~v)dV =

˛
box

C~v ·d~S =− ∆
box

(Cq) , (A8)

where S is the boundary surface of the volume V with
d~S being outward pointing, q is a volume transport
through the boundary surface of the box and is posi-
tive into the box, and ∆

box
notes the transports of C into

the box minus the transports of C out of the box. The
change in the sign when using ∆

box
is due to the trans-

port being defined positive into the box. As an exam-
ple for the deep ocean, ∆

deep
(C(t)q(t)) =−(qNA(t)CN(t)+

qSO(t)Cdeep(t)+ qv(t)Cdeep(t)), which represents that the
total convergence of C in the deep ocean box is equal to
the amount of the scalar C sinking in the northern high
latitudes into the deeper ocean (with qNA being negative)
minus the amount of the tracer C returning from the deep
ocean into the upper ocean either in the Southern Ocean
or in the low latitudes by diapycnal transfer.

Using (A7) and (A8), the budget for a scalar C becomes

d
dt

(Cbox(t)Vbox(t)) = ∆
box

(C(t)q(t))+SC(t). (A9)

This discrete form of the budget given by (A9) is used to
express the heat and carbon budgets in the model.

The changes in the heat budget for the global model
driven by the radiative forcing, R, are described by

ρaCp,aAhatm
d
dt

(Tatm(t))+ρoCp,o

ocean

∑
box

d
dt

(Tbox(t)Vbox(t)) = ANTOA(t),

(A10a)

ρaCp,aAhatm
d
dt

(Tatm(t)) = A(NTOA(t)−N(t)) , (A10b)

ρoCp,o

ocean

∑
box

d
dt

(Tbox(t)Vbox(t)) = AN(t), (A10c)

N(t) =
1
A

ocean

∑
box

(AboxNbox(t)) , (A10d)

with the changes in the heat budget of each individual
box being described by

ρoCp,o
d
dt

(Tbox(t)Vbox(t))= ρoCp,o ∆
box

(q(t)T (t))+AboxNbox(t),

(A11)
where subscript box indicates the different ocean
boxes/layers in the model, A = ∑

ocean
box Abox is the area of

the ocean, equal to the area of the atmosphere, hatm is
the thickness of the slab atmosphere, Tatm(t) in K is the
temperature of the slab atmosphere, q(t) is the volume
transport in Sv, Tbox(t) in K is the ocean temperature for
each ocean box, Nbox(t) and N(t) in Wm−2 are the heat
flux from the atmosphere into each ocean box and into
the entire ocean, respectively, with Ntherm and Ndeep be-
ing zero as the thermocline and the deep ocean are not
in direct contact with the atmosphere, NTOA(t) in Wm−2

is the net downward heat flux entering the system at the
top of the atmosphere in response to the carbon emis-
sions, ρa = 1 kg m−3 and ρo = 1025 kg m−3 are a ref-
erenced atmosphere and ocean density, respectively, and
Cp,a = 1000 J kg−1 K−1 and Cp,o = 4000 J kg−1 K−1 are
the specific heat capacities for the atmosphere and ocean,
respectively. There is no net ocean heat uptake in the pre-
industrial, N(to) = 0, and the ocean heat uptake due to
the increase in radiative forcing, N(t)−N(to) = N(t) , is
distributed equally over the ocean surface area. The net
downward heat flux, NTOA(t), and the instantaneous flux
of heat from the ocean into the atmosphere (defined as pos-
itive upwards), NTOA(t)−N(t), in response to the carbon
emissions, are expressed as

NTOA(t) = R(t)−λ∆Tatm(t), (A12a)
NTOA(t)−N(t) = c(∆Tsur f (t)−∆Tatm(t)), (A12b)

where λ in W m−2 K−1 is the climate feedback parameter,
c in W m−2 K−1 is an air-sea heat transfer parameter, ∆ is
the change relative to the pre-industrial, and Tsur f (t) in K
is the temperature of the ocean surface, which is defined by
an area-weighted average of the temperature for the boxes
in contact with the atmosphere. In the main text, Tatm is
referred to as T for simplicity.
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The changes in the carbon budget of the global model
driven by the imposed carbon emissions, Fem(t) in mol C
m−2s−1 are described by

Ma
d
dt

(CO2(t))+ρo

ocean

∑
box

d
dt

(DICbox(t)Vbox(t)) = AFem(t),

(A13a)

Ma
d
dt

(CO2(t)) = A(Fem(t)−F(t)), (A13b)

ρo

ocean

∑
box

d
dt

(DICbox(t)Vbox(t)) = AF(t), (A13c)

F(t) =
1
A

ocean

∑
box

(AboxFbox(t)) , (A13d)

with the changes in the carbon budget of each individual
box being described by

ρo
d
dt

(DICbox(t)Vbox(t))= ρo ∆
box

(q(t)DIC(t))+AboxFbox(t),

(A14)
where CO2(t) is the atmospheric CO2, Ma is the number of
moles of gas in the atmosphere, DICbox(t) in mol C kg−1 is
the dissolved inorganic carbon for each ocean box, Fbox(t)
and F(t) in mol C m−2s−1 are the carbon flux from the
atmosphere into each ocean box and into the entire ocean,
respectively, with Ftherm and Fdeep being zero as the ther-
mocline and the deep ocean are not in direct contact with
the atmosphere. There is no net ocean carbon uptake in
the pre-industrial, F(to) = 0, and the ocean carbon up-
take due to the carbon emissions, F(t)− F(to) = F(t) ,
is distributed equally over the ocean surface area, and is
expressed as

F(t) = ρoKg
(
Ko(t)CO2(t)− [CO2(t)]sur f

)
, (A15)

where Kg in m s−1 is the air-sea gas transfer coefficient,
Ko(t) in mol C kg−1 is the solubility of carbon in the ocean
water and [CO2(t)]sur f in mol C kg−1 is the dissolved CO2
at the ocean surface. The dissolved CO2 at the ocean sur-
face is estimated based on the partitioning of the dissolved
inorganic carbon at the surface using the iterative algo-
rithm of Follows et al. (2006) by ignoring changes in bi-
ology or weathering, and by assuming the total alkalinity
remains constant. This partitioning method accounts for
the evolution of the ocean carbon equilibrium coefficients
with changes in temperature and solves for the changes in
the ocean pH with changes in the dissolved CO2. The sur-
face DIC of the ocean is defined from a volume weighting
of the DIC in the boxes in contact with the atmosphere.

A summary for the values of parameters in the box
model with overturning that are kept constant in the sensi-
tivity experiment is provided in the supplementary infor-
mation.
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TABLE 1. Sensitivity experiments: parameter space of the model ensembles. The ventilation timescale sets the rate of ventilation of the ocean
interior in the 1D box model. The Southern Ocean wind stress sets the strength of the overturning circulation. The isolation fraction sets the
proportion of water that is subducted in the Southern Ocean. Note that the experiment with variations in both the mixed layer and the ventilation
timescale consists of 4896 ensembles (51× 96 ensembles) and the experiment with variations in both Southern Ocean wind stress and isolation
fraction consists of 8181 ensembles (101×81 ensembles).

variable lower limit upper limit interval of variation number of ensembles

1D box model
mixed-layer thickness (hml ) 50 m 300 m 5 m 51
ventilation timescale (τvent ) 100 y 2000 y 20 y 96

box model with overturning
Southern Ocean wind stress (τwind ) 0.05 N m−2 0.15 N m−2 0.001 N m−2 101
isolation fraction (δ ) 10% 90% 1% 81

TABLE 2. Pre-industrial state in the box model with overturning for different choices of Southern Ocean wind stress, τwind , and isolation fraction,
δ . The pre-industrial atmospheric CO2 = 280 ppm is prescribed in all the ensembles. The pre-industrial distribution of heat and carbon, and the
volume transports vary in the sensitivity experiments, so as an example values from three ensembles are presented. Subscripts N, S, deep, ml and
therm note the southern high latitude, the northern high latitude, the deep ocean, the mixed layer and the thermocline, respectively. Here the flux
of heat and carbon into the ocean is shown in W and mol s−1 to highlight the thermal and carbon equilibrium state in the pre-industrial.

variable τwind=0.05 N m−2, δ=50% τwind=0.1 N m−2, δ=50% τwind=0.1 N m−2, δ=90%

northern sinking, qNA(to) 13 Sv 23.7 Sv 23.7 Sv
Ekman upwelling+eddy return flow, qSO(to) 7.4 Sv 19.5 Sv 19.5 Sv
diapycnal upwelling, qv(to) 5.6 Sv 4.2 Sv 4.2 Sv
upper ocean depth in low latitudes, h(to) 362 m 487 m 487 m
temperature, TN(to), TS(to) and Tdeep(to) 5oC 5oC 5oC
temperature, Tml(to) 25oC 25oC 25oC
temperature, Ttherm(to) 10.7oC 13.2oC 6.7oC
heat uptake, NS(to) 0 W 0 W 0 W
heat uptake, NN(to) -3×1014 W -8×1014 W -1.6×1014 W
heat uptake, Nml(to) 3×1014 W 8×1014 W 1.6×1014 W
carbon, DICN(to), DICS(to) and DICdeep(to) 2140 µmol kg−1 2140 µmol kg−1 2140 µmol kg−1

carbon, DICml(to), 1945 µmol kg−1 1945 µmol kg−1 1945 µmol kg−1

carbon, DICtherm(to), 2085 µmol kg−1 2060 µmol kg−1 2124 µmol kg−1

carbon uptake, FS(to) 0 mol s−1 0 mol s−1 0 mol s−1

carbon uptake, FN(to) 7.4×105 mol s−1 2×106 mol s−1 3.9×105 mol s−1

carbon uptake, Fml(to) -7.4×105 mol s−1 -2×106 mol s−1 -3.9×105 mol s−1
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FIG. 1. Idealised atmosphere-ocean models: (a) the 1D box model with three layers, a slab atmosphere (grey), ocean mixed layer (pale blue)
and ocean interior (dark blue); and (b) the box model with overturning circulation including a slab atmosphere (grey), an upper layer of light
water consisting of a thermocline layer (light blue) and a surface mixed layer (pale blue) in the low latitudes, and two upper layers at southern and
northern high latitudes and a lower layer of dense water (darker shades of blue). The upper layer of light water in the low latitudes has a thickness of
h(t) = htherm(t)+hml . Heat and carbon fluxes into the atmosphere and from the atmosphere into the ocean driven by carbon emissions are denoted
by red and blue arrows, respectively, while the volume transports between the different ocean layers are denoted by black arrows. The isolation
fraction δ represents the proportion of mode waters formed in the Southern Ocean, which are shielded from the atmosphere in the low latitudes.
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FIG. 2. The evolution of the volume transports and the thickness of the light waters from the pre-industrial state in the box model with overturning
forced by emissions, from selected ensemble members with τwind = 0.05, 0.1 and 0.15 N m−2, corresponding to an overturning at the pre-industrial
of qNA(to) = 13, 24 and 35 Sv, respectively, and a fraction of isolation δ = 50%: (a) the volume rate of transformation of light water into dense
water at the northern high latitudes, qNA (Sv), equivalent to the strength of meridional overturning; (b) the volume rate of transformation of the
dense water into light waters in the southern high latitudes, qso (Sv), equivalent to the residual circulation; (c) the volume rate of transformation
of dense waters into light waters associated with diapycnal mixing in low latitudes, qv (Sv); and (d) the thickness of light waters, h (m). The thin
black dotted line denotes the cessation of the emissions.
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FIG. 3. Carbon and heat budgets in the 1D box model from an ensemble member with a mixed-layer thickness of hml = 100 m and a ventilation
timescale of τvent = 1000 y (left panels), and in the box model with overturning from an ensemble member with a Southern Ocean wind stress
of τwind = 0.1 N m−2, corresponding to an overturning at the pre-industrial of qNA(to) = 24 Sv, and a fraction of isolation of δ = 50% (right
panels): (a) and (c) the cumulative carbon emissions, Iem(t) in PgC, and the changes in the atmosphere and ocean carbon inventories relative to the
pre-industrial, ∆Iatm(t) and ∆Iocean(t) in PgC, respectively, along with the carbon contribution to the TCRE, R(t)/Iem(t) in W m−2 (1000PgC)−1;
and (b) and (d) the radiative forcing, R(t) in W m−2, the radiative response, λ∆T (t) in W m−2, and the net heat uptake, N(t) in W m−2, along with
the thermal contribution to the TCRE, ∆T (t)/R(t) in K (W m−2)−1. The thin black dotted line denotes the cessation of the emissions.
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FIG. 4. Sensitivity to the mixed-layer thickness from selected ensemble members with a ventilation timescale of τvent = 500 y and mixed-layer
thickness of hml = 50, 100 and 300 m (left panels) and to the rate of the ventilation of the ocean interior from selected ensemble members with
a mixed-layer thickness of hml = 100 m and a ventilation timescale of τvent = 100, 500, and 1000 y (right panels) in the 1D box model: (a) and
(d) the TCRE, ∆T (t)/Iem(t) in K (1000PgC)−1; (b) and (e) carbon contribution to the TCRE, R(t)/Iem(t) in W m−2 (1000PgC)−1; and (c) and (f)
thermal contribution to the TCRE, ∆T (t)/R(t) in K (W m−2)−1. The thin black dotted line denotes the cessation of the emissions.
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FIG. 5. Sensitivity to the mixed-layer thickness and the ventilation timescale in the 1D box model at year 10 (left panels), at year 100 (middle
panels) and at year 500 (right panels): (a) the TCRE, ∆T (t)/Iem(t); (b) carbon contribution to the TCRE, R(t)/Iem(t); and (c) thermal contribution
to the TCRE, ∆T (t)/R(t). The estimates are based on the ensemble with variations in both the mixed-layer thickness and the ventilation timescale.
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FIG. 6. Sensitivity to the strength of the overturning circulation from selected ensemble members with a fraction of isolation δ = 50% and a
Southern Ocean wind stress τwind = 0.05, 0.1 and 0.15 N m−2 corresponding to an overturning at the pre-industrial of qNA(to) = 13, 24 and 35 Sv,
respectively (left panels), and to the fraction of isolation from selected ensemble members with a Southern Ocean wind stress τwind = 0.1 N m−2

corresponding to an overturning at the pre-industrial of qNA(to) = 24 Sv and a fraction of isolation δ = 10, 50 and 90% (right panels) in the box
model with overturning: (a) and (d) the TCRE, ∆T (t)/Iem(t) in K (1000PgC)−1; (b) and (e) carbon contribution to the TCRE, R(t)/Iem(t) in
W m−2 (1000PgC)−1; and (c) and (f) thermal contribution to the TCRE, ∆T (t)/R(t) in K (W m−2)−1. The thin black dotted line denotes the
cessation of the emissions.
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FIG. 7. Sensitivity to the overturning strength, qNA, and the fraction of isolation, δ , in the box model with overturning at year 10 (left panels),
at year 100 (middle panels) and at year 500 (right panels): (a) the TCRE, ∆T (t)/Iem(t); (b) carbon contribution to the TCRE, R(t)/Iem(t); and (c)
thermal contribution to the TCRE, ∆T (t)/R(t). A large isolation fraction implies more subduction in the Southern Ocean and less atmosphere-ocean
interaction in the low latitudes. The estimates are based on the ensemble with variations in both the wind stress and the fraction of isolation.
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FIG. 8. The variability of the TCRE (black lines) and its partition into a carbon contribution, R(t)/Iem(t) (blue lines), and a thermal contribution,
∆T (t)/R(t) (red lines). The variability in the 1D box model driven by (a) the combined changes in the mixed-layer thickness and the ventilation
timescale; and separately by (b) changes in the mixed-layer thickness and (c) changes in the ventilation timescale. The variability in the box model
with overturning driven by (d) the combined changes in the strength of the overturning circulation and the isolation fraction; and separately by (e)
changes in the strength of the overturning and (f) changes in the isolation fraction. The variability is represented by the coefficient of variation,
defined by the standard deviation divided by the mean for the model ensemble for each set of ventilation experiment (Table 1). The x axes denoting
years is presented in a logarithmic scale. The thin black dotted line denotes the cessation of the emissions.
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FIG. 9. The variability of the TCRE (black lines) and its partition into a carbon contribution, R(t)/Iem(t) (blue lines), and a thermal contribution,
∆T (t)/R(t) (red lines) driven by different aspects of the ocean ventilation for different carbon emission rate and timing of cessation of emissions:
(a) the mixed-layer thickness; (b) the ventilation timescale; (c) the strength of the overturning circulation; and (d) the isolation fraction. The
variability is represented by the coefficient of variation, defined by the standard deviation divided by the mean for the model ensemble for each set
of ventilation experiment (Table 1). The x axes denoting years is presented in a logarithmic scale. The thin black dotted line denotes the cessation
of the emissions.


