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The Arctic Ocean has a significant effect on global ocean circulation because it
provides sources of both dense and light waters to the North Atlantic. The processes
affecting formation of water masses within the Arctic, however, remain poorly
understood because of the sparsity of measurements available for the region. Here, we
use data derived from quasi-synoptic hydrographic observations across the main Arctic
gateways to diagnose water mass transformations in the Arctic interior. We see a
double overturning circulation in density space. The lower cell involves the
densification of approximately 1.5 Sv of Atlantic Water (1 Sv ≡ 106 m3 s−1 ). This is
accounted for by surface buoyancy fluxes driven by heat loss on the Barents Shelf,
which we quantify using ERA-Interim reanalysis data. In the upper cell, a further 1.8
Sv of inflowing Atlantic Water experiences lightening through turbulent diapycnal
mixing with fresher Arctic surface waters. Turbulent diapycnal diffusivities of order
10−5 m2 s−1 are implied by the water mass transformations when averaged over the
Arctic Basin. These are an order of magnitude larger than values documented by
microstructure observations made around the Siberian shelf. However,
observationally-based estimates of tidal energy conversion indicate the existence of
highly-localised areas of enhanced turbulence. We find that sufficient energy is
converted from the barotropic tide in these locations to account for the mixing inferred
for the upper limb of the overturning.
We assess the effects on the fresh surface layer of increasing freshwater input,
using simulations from a coupled ice-ocean general circulation model. We find that, to
the lowest order, the response of ocean freshwater content is linear, with an adjustment
timescale of approximately 10 years. However, the details of the ocean response are
seen to depend on the source of freshwater input. The response to a change in
precipitation is subject to greater complexity than that to increasing river runoff
because of more complex interactions with sea ice. The results presented here suggest
that future increases in Arctic Ocean freshwater input in the form of precipitation are
more likely to be associated with variability in the storage and release of excess
freshwater than are increases in freshwater input from river runoff.
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Chapter 1

Introduction
With a surface area of 9.5 million km2 , the Arctic Ocean is the smallest of the world’s
oceans. Nevertheless, although constituting only 2.6 % of the global ocean by area,
and 1.0 % by volume (Jakobsson, 2002), it has a significant effect on global ocean
circulation for several reasons. It acts both as a gateway for relatively fresh water to
pass from the Pacific Ocean to the Atlantic Ocean and as a reservoir for storage and
release of freshwater in response to variation in inflows and atmospheric conditions
(Proshutinsky et al., 2009). It also provides dense waters, formed from heat loss and
brine rejection on the continental shelves (Arthun et al., 2011), to supply deep
convection in the Nordic and Labrador Seas (Yang et al., 2016). In addition, Arctic sea
ice, with its high albedo, reflects incoming solar radiation in the summer, thus playing
an important role in the global energy balance.
Despite its importance, however, the Arctic Ocean is still not well understood. The
surface is poorly sampled compared to other regions (Cowtan and Way, 2014) because
extensive ice cover hinders both physical access and visibility by satellite. Current
understanding of Arctic Ocean circulation is derived mainly from limited coverage by
ship-borne and mooring-based observations (e.g. Rudels and Friedrich (2000)),
although measurements made using ice-tethered profilers (e.g. Timmermans et al.
(2008); Zhao et al. (2014); Timmermans et al. (2014)) and gliders (Beszczynska-Möller
et al., 2011) are increasingly available.
Because of extensive ice cover, which inhibits the transfer of momentum from wind to
ocean, mixing rates in the Arctic Ocean are low compared to other regions and
circulation is comparatively sluggish. The traditional picture of a quiescent ocean has
been challenged by some (e.g. Rainville and Woodgate (2009)). Nevertheless, the
Arctic Ocean is still characterised by stable stratification throughout much of the water
column. At the temperatures prevalent in this region, variation in density is governed
mainly by salinity. A core of relatively warm (∼ 2 ◦ C), salty (∼ 35.0 psu) water of
origin in the Atlantic Ocean occupies depths between around 200 m and 1000 m. This
1
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Atlantic Water (AW) has entered the Arctic through the Fram Strait or across the
Barents Sea (Aksenov et al., 2010). It is estimated that the AW layer contains sufficient
heat to melt Arctic sea ice within four years (Turner, 2010; Rudels et al., 2004).
However, across most of the region, a cooler, fresher surface layer overlies the AW core
and this presents a barrier preventing heat from the AW layer from being mixed to the
surface and coming into contact with the sea ice. Depths below the AW are occupied
by cold (∼ −1 ◦ C), relatively saline (34.9 psu) deep water formed on the continental
shelves by deep convection (Aksenov et al., 2010) or brine rejection from ice formation.
The main paths of Arctic circulation (see Figure 1.1) are believed to be a series of
cyclonic boundary currents which are topographically steered around the edges of the
continental shelves and along the ridges separating the ocean basins. Around 7 Sv of
water enters from the North Atlantic through the Fram Strait as the West Spitsbergen
Current and encounters the Yermak Plateau, an area characterised by enhanced tidal
velocities which contribute to elevated rates of diapycnal mixing (Fer et al., 2015).
Here, the West Spitsbergen Current splits (Bourke et al., 1988): perhaps half follows
the Yermak Plateau northwestwards, before turning to the west and leaving through
the Fram Strait once more, having given up some of its heat and salt through mixing
on the Plateau. The remainder tracks across the Plateau closer to the north of

A

B

Figure 1.1: Schematic circulation of Atlantic Water within the Arctic Basin. (Figure
reproduced from Spall (2013).) The red line AB marks the location of the section shown
in Figure 1.2.
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Figure 1.2: Summer salinity from the Polar Science Center Hydrographic Climatology
3.0 (Steele et al., 2001) along the section marked from A to B on Figure 1.1.

Svalbard to enter the Nansen Basin (von Appen et al., 2016). A further 1-3 Sv
(varying seasonally) flows in through the Barents Sea. The signature of inflowing
Atlantic Water is apparent in Figure 1.2, which shows salinity along the section from
the north coast of Alaska to the north coast of Norway marked in red in Figure 1.1.
Elevated salinities can be seen in the southern part of the Barents Sea, at the right of
the figure, and along the shelf break just to the north. Modelling studies by Aksenov
et al. (2010) and Aksenov et al. (2011) indicate that the Barents Sea branch either
loses heat through surface cooling at shallow convective sites in the northern Barents
Sea and is transported through the St. Anna Trough to become halocline water, or is
transformed into bottom water through full-depth convection and mixing in the
south-eastern Barents Sea. A substantial fraction of inflowing AW is transformed into
less dense water: the Fram Strait branch encounters and melts sea ice, while some of
the Barents Sea inflow remains on the shelf and absorbs runoff from the Siberian rivers
before leaving the shelf at the Kara Sea (Rudels et al., 2004).
The currents of Atlantic origin are joined by 0.8 Sv of Pacific Water flowing in through
the Bering Strait, this again being subject to significant seasonal variability (Woodgate
et al., 2005). Around a third of this moves along the Beaufort Slope, exiting through
the Canadian Archipelago. The path of the remainder is not well known; some may
accumulate in the Beaufort Gyre, the rest transiting the Canada Basin before
ultimately exiting through the Canadian Archipelago or Fram Strait. Overall, outflows
from the Arctic Ocean comprise around 9 Sv through the west side of the Fram Strait
(Fahrbach et al., 2001) and 1-2 Sv through the Canadian Archipelago. Ultimately, the

4
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circulation of AW is thought to be driven by the salinity contrast between the AW and
freshwater advected off the shelves: vertical mixing converts this to potential energy,
which then drives the horizontal circulation (Spall, 2013).
The main sources of freshwater in the surface layer are illustrated in Figure 1.3. The
largest is runoff from rivers around the continental margins of Siberia and North
America, which is estimated to amount to ∼ 0.13 Sv (1 Sv ≡ 106 m3 s−1 ) (Haine et al.,
2015). (There is uncertainty attached to this estimate, however, because a significant
proportion of runoff comes from rivers which are ungauged.) Net precipitation
contributes a further ∼ 0.06 Sv of freshwater (Haine et al., 2015). The inflow of Pacific
Water through the Bering Strait also serves as a source of freshwater - ∼ 0.07 Sv - since
its salinity is lower than that of Atlantic Water (Haine et al., 2015; Woodgate et al.,
2005). Seasonal sea ice melt also contributes liquid freshwater to the surface layer and
serves to strengthen stratification in summer (Randelhoff et al., 2017), and indeed in
the Nansen Basin ice melt from sea ice advected into the area may be the main
contributor of freshwater (Rudels, 2016).
Sources and sinks of freshwater are not typically in constant balance, and the
proportion of freshwater input retained within the Arctic Ocean rather than being
exported directly varies on timescales of O(1-10) years (Proshutinsky et al., 2009).
This periodic storage and release has been linked to variation in circulation driven by
cyclical changes in wind patterns both in the Beaufort Sea region and across the
Siberian shelves (Polyakov et al., 2008; Morison et al., 2012; Haine et al., 2015). More
generally, Johnson et al. (2018) find that the variability of Arctic freshwater content
(FWC) in recent years can be explained chiefly by the influence of sea level pressure
variations on sources, sinks and storage of freshwater. Proshutinsky et al. (2009) note
that the range of variation of freshwater storage has increased since 2003 and suggest
that it could continue to do so as climate change intensifies.
The net effect of the Arctic is to cool and freshen relatively warm, saline water flowing
in via the Fram Strait or Barents Sea from the Atlantic (Rudels et al., 2013), before it
returns southwards either through the Fram Strait or the Canadian Arctic
Archipelago. This influence is clearly seen in Figure 1.4, taken from Tsubouchi et al.
(2012), which contrasts the temperature and salinity characteristics of water flowing
into the Arctic basin, in red, with those of water flowing out, in blue. Some water
returns denser than it entered, some lighter, a two-fold influence that has been
described as driving a double estuarine circulation (Stigebrandt, 1985; Carmack, 2007;
Rudels, 2010; Eldevik and Nilsen, 2013; Lambert et al., 2016). Some authors, e.g.
Pemberton et al. (2015), have used model studies to attempt to constrain the
underlying temperature (T) and salinity (S) transformations, but the existence and
strength of the inferred double overturning have not so far been confirmed
by any investigation benefiting from observationally-based evidence. Such
an investigation is the first objective of this thesis.
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Although, as we have noted above, the Arctic Ocean is relatively quiescent, mixing in
the ocean interior does play an important role in driving water mass transformations
(Pemberton et al., 2015). Across much of the Arctic Basin, double diffusion is the
dominant mechanism for mixing (Timmermans et al., 2008; Lenn et al., 2009), with
rates of dissipation of turbulent kinetic energy (TKE) rarely seen to rise above
O(10−6 ) W m−3 . Elevated dissipation rates (∼ 10−4 W m−3 ), indicative of mechanical
drivers, have, however, been observed over rough topography (Padman and Dillon,
1991; Rainville and Winsor, 2008; Fer et al., 2010; Lenn et al., 2011; Rippeth et al.,
2015). TKE dissipation is also seen to vary temporally (Lenn et al., 2011; Guthrie
et al., 2017). Nevertheless, the incidence of mechanical mixing is limited by sea ice
cover, which inhibits the transfer of momentum from atmosphere to ocean (Rainville
and Woodgate, 2009) and also leads to the dissipation of internal wave energy in the
under-ice boundary layer (Guthrie et al., 2013), and by the fact that most of the
Arctic basin lies to the north of the critical latitude above which internal tides are

Figure 1.3: A schematic depicting the main circulation pathways of Arctic surface
waters and sea ice drift (blue arrows) and key factors affecting them. The yellow arrows
indicate winds within the Arctic region (WI ) and outside (WO ). Freshwater enters the
Arctic Ocean as river runoff (R and short orange arrows), net precipitation (E-P) and
inflow of relatively fresh Pacific Water (B). The red arrows labelled A show inflow of
Atlantic Water. (Figure reproduced from Marshall et al. (2017).

6
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Figure 1.4: Volumetric θ-S plot of inflows to (red) and outflows from (blue) the Arctic
Ocean, derived from ship-borne and mooring-based observations made over the period
September 2004 to August 2005. (Figure reproduced from Tsubouchi et al. (2012).)

unable to propagate freely. Further discussion of our current understanding of the role
of tidal energy in driving mixing is given in Chapter 3.
The strong downward trend in Arctic sea ice extent and area (Comiso, 2011), which is
illustrated by Figure 1.5, has led to speculation (Giles et al., 2012) that upper ocean
mixing might increase in the future as a greater proportion of the ocean surface comes
into direct contact with the atmosphere. However, Guthrie et al. (2013) found no
evidence of a trend in observations of internal wave energy and deep mixing in recent
decades, a result they attribute to increased stratification due to increased liquid
freshwater content enhancing the boundary layer dissipation of internal wave energy.
Their conclusions were supported by Lincoln et al. (2016), who likewise found that
stratification prevented the penetration of energy from wind-driven mixing in the
Canada Basin to levels below the halocline.
The warming global climate is also driving increasing freshwater input to the Arctic
Ocean (Vavrus et al., 2012; Bintanja and Selten, 2014). River runoff is projected to
reach 5500 km3 yr−1 and net precipitation 2500 km3 yr−1 by 2100 (Haine et al., 2015),
and increases in Pacific Water inflow are also expected. While the influence of wind
patterns on freshwater storage has benefited from much recent investigation, the role of
freshwater as a modifier of ocean circulation in its own right, rather than as a passive
tracer of wind-driven currents, has received less attention. As Morison et al. (2012)
observed, variation in the wind-driven Ekman pumping over the Beaufort Gyre region
might be the main factor controlling the freshwater storage in the Gyre, but additional
processes such as baroclinic eddies and mechanical ice-ocean feedbacks (Manucharyan
and Spall, 2016; Meneghello et al., 2017; Dewey et al., 2018) influence the freshwater
content of the Gyre. A steady state modelling study by Nummelin et al. (2016) showed
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Figure 1.5: 10-year averages of, (a) to (c), perennial and, (e) to (g), multi-year ice
cover from satellite data. (Figure reproduced from Comiso (2011).)

that increasing river runoff leads to strengthened stratification and spin up of the
cyclonic circulation within the Arctic Ocean, while Pemberton and Nilsson (2016)
found in similar model experiments that increased freshwater supply from runoff and
precipitation results in a weakening of the Beaufort Gyre and a redirection of some
freshwater export from the Canadian Arctic Archipelago (CAA) to the Fram Strait.
Given the link between ocean stratification and surface-driven mixing mentioned
above, as well as the influence that increasing freshwater input appears to have on
circulation patterns, there is a need for an improved understanding of the effect that
enhanced freshwater input is likely to have on Arctic storage of freshwater and its
release to the North Atlantic. This leads us to address a further key question.
What is the relationship between changing freshwater input to the ocean
and the response of the ocean in terms of storage and export of freshwater?
The remainder of this thesis is structured as follows. In Chapter 2 we investigate
whether observational data support the existence of a double overturning circulation in

8
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the Arctic Ocean. We quantify the respective contributions made by surface buoyancy
fluxes and interior mixing in driving the circulation. In Chapter 3 we compare the
implied mixing rates to previous direct observations of ocean turbulence and explore
the plausibility of tidal energy conversion as a possible source of energy to support
turbulent buoyancy fluxes at the levels estimated in Chapter 2. In Chapter 4, we
consider the effect of changing freshwater input on Arctic Ocean stratification, using
simulations from a numerical model to investigate the transient response of ocean
freshwater content to changing freshwater input, and discuss what the simulations tell
us about the processes underlying the ocean response. Finally, in Chapter 5 we
summarise the findings of the research presented here, and consider their implications
for future work.

Chapter 2

An Arctic Ocean Double
Overturning
2.1

Introduction

As discussed in Chapter 1, previous studies (e.g. Stigebrandt (1985); Eldevik and
Nilsen (2013)) have hinted at the existence of a double overturning in the Arctic
Ocean. The transformations of inflowing Atlantic Water (AW) by heat loss to the
atmosphere and freshwater (FW) input separately have been described by several
authors (e.g. Mauritzen (1996) and Rudels et al. (1999)). Eldevik and Nilsen (2013)
presented a theoretical framework to combine the two degrees of freedom, heat and
salt, of the thermohaline circulation in the so-called Arctic Mediterranean – their
domain included the Nordic Seas – in an attempt to assess its sensitivity to changes in
surface heat and FW forcing. They found that the strength of AW inflow is related
primarily to the heat budget, while the partition into dense outflow and surface
outflow depends on the simultaneous change in the FW budget. In a similar analytical
study aimed inter alia at defining a salinity of inflow water separating the surface and
deep water components of the Arctic Ocean circulation, Rudels (2010) concluded that
salinity at this point of bifurcation depends on the salinity and temperature of the AW
at the point that it encounters sea ice.
No study has, however, so far confirmed or quantified the overturning in terms of
diapycnal transformations. In this chapter we investigate whether observations support
its existence. We make use of estimates of boundary volume and density fluxes derived
from hydrographic observations and surface flux data from reanalyses to diagnose
water mass transformations and hence diapycnal mixing rates within the Arctic basin.
We thus aim to provide, for the first time, an integrated view of the surface and
interior drivers of the diapycnal circulation. In summary, the objectives of this chapter
are to confirm the existence of a double overturning in the Arctic Ocean and to assess
9
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Figure 2.1: Schematic illustration of the box model. Thin black lines represent isopycnals, blue arrows advective volume fluxes and red arrows diffusive fluxes of density.

the relative importance of surface buoyancy fluxes and interior mixing as drivers for
the overturning.

2.2
2.2.1

Methods and data
Box model

The semi-enclosed nature of the Arctic Ocean, bounded as it is around most of its
circumference by land, lends itself to a control volume approach in which we may use
knowledge of the ocean state at its boundary to infer its state in the interior. We
adopt an approach similar to that described by Huussen et al. (2012). A simple box
model is constructed, as shown in Figure 2.1, to represent the Arctic Ocean. The
model incorporates 31 layers defined by potential density (listed in Table 2.1). Its
vertical boundaries comprise the four major gateways to the Arctic Ocean: the Davis,
Fram and Bering Straits and the Barents Sea Opening, shown in Figure 2.2 and
described in more detail in Tsubouchi et al. (2012), and their surrounding land masses.
Consider the volume budget for a layer bounded at its upper surface by a defined
isopycnal and at its lower surface by the seafloor, as signified by the shaded region in
Figure 2.1. By continuity, the advective volume flux, W , through the upper bounding
isopycnal is given by:
W = T + Msurf

(2.1)
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Bering
Strait

Fram
Strait
Davis
Strait

Barents Sea
Opening

Figure 2.2: Map of the model domain showing, in red, the locations of the bounding
straits. The 200 m and 500 m depth contours are shown in green. The dashed and
dotted blue lines show mean sea ice extent (defined as the limit of 15% ice cover) taken
from ERA-Interim for the months of September 2004 and April 2005 respectively.

where T is the volume flux into the layer through the side boundary and Msurf is the
net surface volume flux from input of freshwater. The sign convention that we adopt
throughout is that flows into the box at the side boundary and surface are positive,
and diapycnal flows from denser to less dense water are positive.
Diapycnal volume fluxes in the interior may thus be diagnosed layer by layer from
estimates of boundary and surface fluxes. T is calculated from a gridded velocity field
derived from observations and described in Section 2.2.3:
ZZ
T =
v dx dz

(2.2)

where v is velocity normal to the boundary, x is horizontal distance along the
boundary and z is depth. For Msurf we take the annual mean of reanalysis fluxes and
river runoff estimates, described in Section 2.2.4, integrated month by month over the
outcropping area of each density layer.
Note that in omitting a mass storage term from Equation 2.1 we are assuming steady
state. In reality, mass storage does occur on the timescales over which the
hydrographic observations underlying the boundary velocity estimates were collected.
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Table 2.1: Definition of model layers by potential density (σ0 ) of upper interface.

Layer group1

Layer

Upper interface

Mean depth of interface(m)

1
2
3
4

Surface
24.700
25.100
25.500

20
27
37

5
6
7
8
9

26.000
26.400
26.700
26.900
27.000

53
71
83
93
98

Subsurface Water

10
11

27.100
27.300

106
121

Upper Atlantic Water

12
13
14
15
16
17
18
19
20

27.500
27.550
27.580
27.600
27.700
27.800
27.840
27.880
27.900

145
153
158
161
196
194
213
239
259

Atlantic Water

21
22

27.921
27.948

284
337

Intermediate Water

23
24
25
26
27
28
29
30
31

27.962
27.986
28.010
28.037
28.050
28.060
28.070
28.076
28.087

382
493
630
863
1067
1262
1490
1580
1958

Deep Water

1

Surface Water

Layer groupings as given by Tsubouchi et al. (2012)

This will give rise to errors in the diapycnal fluxes calculated using Equation 2.1, but
insufficient numbers of observations exist to allow us to quantify them.
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Advection-diffusion balance

We seek next to understand the respective contributions made by surface buoyancy
forcing and interior mixing as drivers of the Arctic overturning. Taking as our starting
point the assumption that, averaged over the course of the year, advective fluxes of
density are balanced by buoyancy fluxes at the surface and turbulent diffusion of
density in the interior, we use the formulation of Walin (1982) as adapted for density
transformations by Large and Nurser (2001) to calculate density budgets for each
isopycnal layer and thus to infer the diapycnal mixing rates needed to maintain the
Arctic stratification. Again assuming stationarity, the density budget for the layer is
given by:
Ddif f (ρ) = ρbdy T − ρW(ρ) + ρsurf Msurf + Dsurf + interior sources

(2.3)

where Ddif f (ρ) is the diffusive flux of density through the upper surface of a layer
defined by potential density ρ, ρbdy the transport-weighted mean density on the side
boundary of the layer, ρsurf the mean sea surface density weighted by surface
freshwater input across the outcropping area of the layer and Dsurf the net diffusive
surface flux of density. Once again, fluxes of density into a layer at the boundary and
surface, and upward through isopycnals, are positive. Interior sources of density such
as that caused by nonlinearities in the equation of state are expected to be of
secondary importance in high-latitude dense water production regions (Isachsen et al.,
2007): we do not therefore include them in the calculations here, but discuss their
potential significance in Section 2.4 below.
The diffusive flux of density may be expressed as a basin-mean diffusivity, K:
K(ρ) =

−Ddif f (ρ)
A ∂ρ
∂z

(2.4)

with A as the surface area of the respective isopycnal surface forming the layer
boundary and

2.2.3

∂ρ
∂z

the mean gradient of density across the surface.

Boundary fluxes

The boundary velocities used in the calculation of boundary volume and density fluxes
are the velocity estimates presented by Tsubouchi et al. (2012), which they derive using
an inverse model from quasi-synoptic observations made across the four main gateways
to the Arctic Ocean: the Bering, Davis and Fram Straits and the Barents Sea Opening.
The utility of the dataset has been demonstrated in a number of previous studies
(MacGilchrist et al., 2014; Torres-Valdes et al., 2013, 2016; Tsubouchi et al., 2018).
Measurements were collected by ship-borne and mooring-based CTD instruments over
the period 9 August to 10 September 2005. To fill in short distances across the Barents
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Sea Opening where observational data were not available, these were supplemented
with output from a high-resolution coupled ice-ocean general circulation model,
NEMO. The model was formulated with 15 layers defined by isopycnal surfaces, and
constrained to conserve volume and salinity anomaly in each of the layers and across
the full model depth. The velocities calculated from the model for each of the 15 layers
have been interpolated onto a 10 dBar vertical grid using the Akima method.
A notable difference between the inverse model used to derive the velocity estimates
and the box model adopted in the current study is the treatment of surface volume
fluxes. The inverse model assumed that these applied only to the uppermost layer, and
calculated them as an output by constraining the model to conserve salinity anomaly.
In contrast, because we are concerned here with the quantification of the effect of
surface buoyancy forcing on all outcropping density layers, we have instead used the
estimates of surface volume fluxes described in Section 2.2.4 in the conservation
equations. Nevertheless, as we discuss further in Section 2.3.2, because the surface
input of freshwater is confined largely to the shelf areas, the inconsistency between
data for boundary and surface volume fluxes is expected only to affect the volume
budgets for the uppermost layers.
A further source of potential uncertainty relates to the extent to which the volume
conservation constraint on the inverse model continues to apply to the resulting
velocity estimates once interpolated onto the pressure grid. Cumulative volume
transport around the boundary calculated from the pressure-gridded velocities is
quantified by Tsubouchi (2016, personal communication) to be -16.3 mSv, and by the
current author to be 23.3 mSv (the difference potentially relating to different
treatment of bottom triangles).
For the current study we apply an adjustment to the gridded velocities to take account
of the surface fluxes used here and the discrepancies in transports described above,
such that cumulative full-depth volume transport is reduced to zero. The resulting
velocity field and cumulative transports are shown in Figure 2.3. We lack a means of
identifying where around the domain boundary the discrepancies arise, and thus have
applied a uniform barotropic adjustment of 1.5 × 10−4 m s−1 to all velocities. The
effect of this is discussed in Section 2.3.1.

2.2.4

Surface buoyancy fluxes

For estimates of surface fluxes of heat and for evaporation and precipitation, we use
the ERA-Interim reanalysis product provided by the European Centre for
Medium-Range Weather Forecasts (ECMWF), one of three reanalysis products
identified by Lindsay et al. (2014) as being most consistent with independent
observations (the others being the Modern-Era Retrospective Analysis for Research
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Figure 2.3: (a) Boundary velocities adjusted to conserve volume. Red colouring
represents flow into the Arctic Ocean, and blue outward flow. (b) Cumulative fulldepth volume transports around the boundary. Figure based on Tsubouchi et al. (2012)
Figure 9.

and Applications (MERRA) dataset from NASA and the Climate Forecast System
Reanalysis (CFSR)). Monthly average fields for surface net solar radiation, surface net
thermal radiation, surface latent heat flux and surface sensible heat flux at 1.0◦
resolution are summed to obtain estimates of total heat flux per unit area. Monthly
fields for evaporation (E) and total precipitation (P) are combined to give the P-E
component of freshwater flux. In each case fluxes are scaled by the ERA-Interim field
for proportion of ice-free water, although it is acknowledged that this might lead to
some under-counting of freshwater input to the upper layers if precipitation that is not
included in the flux estimates because it falls over ice-covered ocean subsequently
thaws and enters the ocean during the late summer melt period.
For the principal calculations we use data relating to the months from September 2004
to August 2005, that is, the year leading up to the period in which the boundary
observations used for the derivation of the velocity estimates were made. To test the
effect of inter-annual variability in heat fluxes, the calculations are repeated with data
for the previous year, September 2003 to August 2004. A further sensitivity test is
conducted using MERRA reanalysis data in place of ERA-Interim 2004-05 data,
although we concede that the two data sets are not completely independent since in
many cases they are based on the assimilation of the same observations.

16

Chapter 2 An Arctic Ocean Double Overturning

400
350
300

x10 3 m3 s-1

250
200
150
100
50
0

J

F

M

A

M

J

J

A

S

O

N

D

Figure 2.4: Total (gauged + ungauged) river runoff volume flux from the AOMIP
forcing dataset.

To complete our calculation of surface freshwater fluxes, we do not use the runoff data
offered by either of the reanalysis datasets, preferring the river-runoff forcing dataset
provided by the Arctic Ocean Model Intercomparison Project (AOMIP) which appears
to offer a more realistic representation of runoff from the main Siberian rivers.
Specifically, we use the monthly total (gauged and ungauged) runoff figures from the
climatology. Figure 2.4 shows total runoff fluxes: their strong seasonal cycle is readily
apparent. We assume that outflow from the rivers is distributed by advection across
the continental shelves (defined as having water depth less than 400m) adjacent to the
mouths of the major Arctic rivers. In our model we distribute the total monthly
average fluxes from AOMIP evenly by area only to those surface grid cells on the
Canadian shelf west of 120◦ W and the Siberian shelf east of Novaya Zemlya.
Using a form of the formulation adopted by Jullion et al. (2010) (modified slightly to
perform the integration across a density layer in place of a density interval centred on
density ρ), the diffusive surface flux of density, Dsurf , included in Equation 2.3 is then
given by


Z
1 X
αH
Dsurf (ρ) =
− ρβQS dA
12
Cp
Asurf

(2.5)

months

where Asurf (ρ) is the outcropping area of the density layer below isopycnal ρ; α(T, S)
is the thermal expansion coefficient for seawater; H(x, y, t) is the air-sea net heat flux
per unit area (+ve into the ocean); Cp (T, S) is the specific heat capacity of seawater;
β(T, S) is the haline contraction coefficient for seawater; Q(x, y, t) is the surface
freshwater flux per unit area (+ve into the ocean) arising from net precipitation and
runoff from rivers; and S(x, y, t) is surface salinity.
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Figure 2.5: Sea surface densities calculated from PHC 3.0 temperature and salinity
fields for (a) September and (b) March.

2.2.5

Climatological densities

The monthly sea surface densities used to define the areas of integration of surface
fluxes in Equation 2.5 are calculated from the monthly temperature and salinity fields
of the Polar Science Center Hydrographic Climatology (PHC) v. 3.0 (updated from
Steele et al. (2001)), which combines the 1998 version of the World Ocean Atlas with
the regional Arctic Ocean Atlas. Surface densities for summer (September) and winter
(March) are shown in Figure 2.5. PHC data are available only at 1.0◦ resolution.
Consequently, some areas up to a distance of approximately 110 km from the coast are
excluded from the integration by the unavailability of density data. As can be seen
from Figure 2.5, however, with the exception of coastal waters to the north and west of
Svalbard and around Franz Josef Land, these are limited to regions where only the
surface water classes outcrop.
Monthly PHC 3.0 fields are available only for depths down to 1500 m. For the
calculation of the areas of isopycnal surfaces and density gradients required for
Equation 2.4, therefore, we use summer (July, August, September) seasonal mean
fields of temperature and salinity, which span the full basin depth to 5500 m.
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Figure 2.6: Diapycnal volume transports across each isopycnal layer boundary. Positive values indicate transports from denser to less dense layers. The solid blue line
shows transports calculated from corrected velocities and the dashed line results using
uncorrected velocities. (Note the change in density scale between the upper and lower
sections of the figure.)

2.3
2.3.1

Results
Overturning quantified from volume budgets

Diapycnal volume transports, W , calculated according to Equation 2.1 are shown in
Figure 2.6. Positive values indicate transports from denser to less dense layers.
Basin-wide transports are of the order of 1 Sv. At densities between σ0 = 27.500 kg
m−3 and 27.921 kg m−3 diapycnal transports are divergent, indicating that net
transports into the basin at the boundary are positive, and water is lost from these
water classes in the interior. The strongest upward transport, 1.8 Sv, occurs across the
σ0 = 27.500 kg m−3 isopycnal, which represents the boundary between Atlantic Water
and Upper Atlantic Water, and the strongest downward transport, 1.5 Sv, across the
27.921 kg m−3 isopycnal marking the base of the Atlantic Water layer. Above the
Atlantic Water layer, between the 26.400 kg m−3 and 27.500 kg m−3 isopycnals,
transports are convergent. Water is formed in these classes and there is net export
from the Arctic. The same is true between the 27.921 kg m−3 and 28.060 kg m−3
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isopycnals, that is, for water in the Intermediate and upper Deep Water classes. In
other words, the inflowing Atlantic Water mass is split and portions transformed into
both lighter and denser water, confirming the existence of an overturning circulation
with both an upper and a lower cell. The potential density at which the bifurcation
occurs is 27.75 kg m−3 . In the Surface Water and lighter Subsurface Water classes,
transports are small and no significant net import or export is seen. There is a small
(∼ 0.3 Sv) net import of the densest water, which probably enters the Arctic Basin
from the dense water formation region in the Nordic Seas just beyond the Fram Strait.
Figure 2.6 also shows, in the fine, dashed, blue line, volume transports calculated
without making the adjustment to boundary velocities to ensure conservation of
volume described in Section 2.2.3. These values give an indication of the uncertainty in
the results due to errors in the boundary data introduced by the regridding process. In
surface waters, the difference between transports calculated from adjusted and
unadjusted velocities is 0.15 Sv, which is of the same order as the transports
themselves. Of greater interest, since we seek to quantify the strength of the Arctic
overturning, are the differences at the upper and lower surfaces of the Atlantic Water
layer, which are 0.1 Sv or 6% in each case.
A further sensitivity test was run to determine the effect of using surface volume fluxes
calculated from the inverse model, as described in Section 2.2.3, rather than those
derived from reanalysis data. The results of this test are not shown in Figure 2.6
because they are visually nearly indistinguishable from the transports already
described. As expected, only the layers closest to the surface are affected. The
transport across the 24.700 kg m−3 isopycnal is 0.015 Sv, or 9%, smaller when
calculated using reanalysis surface fluxes. At the upper surface of the Atlantic Water
layer the difference is only 0.006%.

2.3.2

Surface buoyancy fluxes driven by heat and freshwater
exchanges

Figure 2.7 shows annual mean surface buoyancy fluxes for the period September 2004
to August 2005, calculated as described in Section 2.2.4. Fluxes due to heat and
freshwater are shown separately. As expected, densification due to heat loss is
concentrated in the south-western section of the Barents Sea where warm, inflowing
Atlantic Water is present at the surface. Note that the region of maximum heat loss is
not quite coincident with the area of highest March sea surface density (see Figure
2.5(b)), probably because water in that area has already lost heat during its passage
across the Barents Sea, reducing the temperature differential between ocean and
atmosphere, and because heat loss in that area is inhibited by winter sea ice cover
(Figure 2.2). Annual mean buoyancy gain due to warming is limited to small areas
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north of the Bering Strait, at the southern end of Novaya Zemlya and in the north
west of Baffin Bay.
Buoyancy gain due to net freshwater input largely reflects the distribution adopted for
river runoff on the Siberian shelves and offshore of the Mackenzie River outflow. We
note, however, a region of reduced freshening along the Siberian coast which follows
the line of summer sea ice extent and is presumably subject to enhanced evaporation
in summer. Although the Barents Sea generally receives relatively high levels of
precipitation, this is not apparent in these results.
Variation of surface buoyancy flux with ocean density is shown in Figure 2.8, where the
seasonal cycle is apparent in contributions due both to heat and to freshwater flux. In
September 2004, heat loss affects only Surface and Subsurface Waters, but as the
winter progresses heat is lost and density gained in increasingly dense layers as they
begin to outcrop. The densest waters, with density anomaly of approximately 28.0 kg
m−3 , are exposed and undergo density gain in March 2005. From January until the
end of winter, the Surface and Subsurface Water classes experience very limited surface
fluxes because they are ice-covered. From May through the remainder of the summer,
heat is gained by the ocean and density lost, with the waters in contact with the
atmosphere becoming progressively less dense. Averaged over the year, the bulk of the
effect of surface heat fluxes is a densening of Atlantic Water, with some densification
also affecting Upper Atlantic Water.

(a)

(b)

70ºN

70ºN

80ºN

80ºN

kg m-2 s-1

Figure 2.7: Annual mean buoyancy flux per unit area due to (a) net heat flux and
(b) net freshwater flux. Positive values indicate addition of density to the ocean.
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Figure 2.8: Monthly mean and annual area-integrated surface buoyancy fluxes, Dsurf ,
for each isopycnal layer due to surface heat and freshwater fluxes.

The effect of freshwater flux is most apparent in May and June, when spring melting
causes a strong increase in rates of river runoff. This is slightly earlier than the peak in
runoff shown in Figure 2.4 because later in the summer the sea surface has freshened
and a higher proportion of runoff enters water less dense than the lightest layer shown
here. Monthly mean surface fluxes due to freshwater are consistently smaller in
magnitude than those due to heat flux for all layers apart from the lightest surface
water, but because their effect is almost always to add buoyancy to the ocean,
averaged over the year they give rise to buoyancy fluxes of the same order of
magnitude as those produced by heat flux in the Surface Water layer. For Atlantic and
Upper Atlantic Water, however, the effect of freshwater fluxes is negligible.
Sensitivity of surface buoyancy fluxes to the choice of reanalysis data set is shown in
Figure 2.9. The results described above are compared to those produced by repeating
the buoyancy flux calculation using data from the same reanalysis product but a year
earlier, and using a different reanalysis product, MERRA, for the same year. As
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Figure 2.9: Comparison of surface buoyancy fluxes in kg s−1 calculated using ERAInterim reanalysis data for the years September 2004 to August 2005 (solid line) and
September 2003 to August 2004 (dashed line), and MERRA reanalysis data for the
year September 2004 to August 2005 (dotted line).

expected, results for fluxes due to freshwater are changed only slightly, since only a
small proportion of the freshwater input driving the buoyancy fluxes comes from net
precipitation. Choice of data set has a greater impact on the calculation of density
gain due to heat loss. Use of MERRA data in place of ERA-Interim results in a
basin-wide buoyancy gain of 1.0 × 105 kg s−1 or 11% greater for the layer capped by
the upper surface of Atlantic Water, and 1.9 × 105 kg s−1 or 18% greater for the layer
which also includes Upper Atlantic Water. Use of ERA-Interim data for the year 2003
- 2004 rather than 2004 - 2005 leads to calculated buoyancy fluxes 2.3 × 105 kg s−1 or
25% smaller for the integration to the upper surface of Atlantic Water, and
3.7 × 105 kg s−1 or 35% smaller when Upper Atlantic Water is included.

2.3.3

Diffusive density fluxes implied by density budgets

A comparison of the cumulative fluxes calculated separately from boundary and surface
data is given in Figure 2.10b. The blue results are the net advective density fluxes into
each cumulative layer calculated from boundary flux data. The purple line shows the
integrated surface fluxes calculated from ERA-Interim 2004-05 data and shown in
Figure 2.9 (i.e. Dsurf in Equation 2.3). The red values represent the residual diffusive
fluxes required to maintain a balanced density budget when the two are combined.
With the exception of the very lightest surface layers - where seasonal changes in
temperature and salinity can be expected to render the assumption of stationarity
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Figure 2.10: (a) In blue, the sum of advective density fluxes (ρbdy T − ρW(ρ) +
ρsurf Msurf ). In purple, diffusive surface density fluxes, as shown in Figure 2.8. In
red, the interior diffusive flux of density, Ddif f , required to balance advection and
surface buoyancy fluxes. (b) Diffusivity, K, calculated from Equation 2.4.

invalid - the density budget requires a positive upward diffusive flux of density of order
1 × 106 kg s−1 in all parts of the water column. This reaches a maximum at around
σ0 = 26.900 kg m−3 in the Subsurface Water layer. Figure 2.10c shows the diffusivity
implied by this density flux in accordance with Equation 2.4. Throughout most of the
water column below the surface layers, diffusivities of approximately 1.0 − 1.2 × 10−5
m2 s−1 are seen. Some variation from layer to layer is seen in the Deep Water at
potential densities greater than σ0 = 28.000 kg m−3 , but density gradients and
isopycnal surface areas are both small in this region (see Figure 2.11), as is the
smoothing effect of integration of boundary fluxes up from the seafloor, so this is likely
simply to be noise. In the surface layers above σ0 = 27.000 kg m−3 , the implied
diffusivity declines steadily towards the surface, reaching a value of 1.3 × 10−6 m2 s−1 ,
an order of magnitude smaller than the level below the halocline, at σ0 = 25.000 kg
m−3 .

2.3.4

Sources of uncertainty

We remark that there are large uncertainties associated with the boundary velocity
estimates used in these calculations, which are described in detail by Tsubouchi et al.
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Figure 2.11: (a) Isopycnal surface areas and (b) basin-mean density gradients calculated from the PHC 3.0 climatology.

(2012). In particular, uncertainties in the model diapycnal transports from which the
velocity field employed in the current study was derived are of the same order of
magnitude or more as the volume transports themselves. It is also worth noting that
the inverse model used to produce the estimates was not tuned to provide boundary
velocities for the purpose for which we have used them here.
Although we have attempted to gain an understanding of the scale of errors potentially
associated with the reanalysis surface flux data (see Figure 2.9), some further
uncertainty remains because of the sparsity of measurements available to constrain the
data in the Arctic compared to other parts of the world. A potentially larger source of
error is associated with the extent to which the PHC climatology, which was used to
map surface buoyancy fluxes to isopycnal layers, offers a good representation of the
ocean state in the period to which the reanalysis data relate. Although PHC is
probably still the best climatology available for the Arctic, it is based on sparse
observations of the ocean interior, some of which were collected as long ago as the
1950s and are probably not representative of the Arctic Ocean of the mid 2000s, given
the rate of change in the region over the late 20th and 21st centuries.
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Discussion

The broad picture shown by our estimates of diapycnal transports (Figure 2.6) is one
of a double-overturning cell, consistent with the model of the Arctic described in the
literature (e.g. Eldevik and Nilsen (2013), Rudels (2010)). In the lower cell, slightly
less than half of inflowing AW becomes more dense through surface heat loss (Figure
2.10). Turbulent mixing plays a secondary role in this cell. In the upper cell, the
remainder of the influx of AW is transformed into lighter UAW through mixing with
the surface-freshened water classes above. Heat is still lost to the atmosphere from this
water, but upward flux of density by turbulence dominates.
There is reasonable agreement between our estimates of the rates of transformation of
inflowing Atlantic Water and the volume transports for different density classes across
the Fram Strait and Barents Sea Opening calculated using an inverse model by
Isachsen et al. (2007) from climatological wind stresses and hydrographic data for the
Nordic Seas. We see an inflow of Atlantic Water to the Arctic of 3.3 Sv, compared to
their estimate of 2 Sv. Their estimate of the outflow of lighter water classes, at 1 Sv, is
smaller than the 1.8 Sv of Atlantic Water that we calculate is lost to the Upper
Atlantic Water and Subsurface Water classes, but does not include exports from the
Arctic via the Davis Strait. The figure of 2 Sv that they give for denser water exiting
the Arctic is larger than our estimate of 1.5 Sv, but still within the estimates of
uncertainty given by Tsubouchi et al. (2012) for the volume transports used in the
current study.
In contrast to the finding of Isachsen et al. (2007) for the Nordic Seas, we find that in
the Arctic Ocean diffusive fluxes due to interior mixing appear to play as significant a
role as surface buoyancy fluxes in controlling water mass transformations. Density
budgets that include allowance both for advective fluxes and surface buoyancy fluxes
produce realistic estimates for turbulent diffusivity throughout much of the water
column of ∼ 1 × 10−5 m2 s−1 , averaged over the entire surface area of an isopycnal,
which accords with values given by de Lavergne et al. (2016) for a diffusive regime that
is transitional between buoyancy-controlled and energetic mixing. Rippeth et al.
(2015) also estimated diffusivities of order 1 × 10−5 m2 s−1 from microstructure
measurements, but these were collected in relatively shallow water; a comparison of
our results with their observations is given in Chapter 3. Enhanced mixing of around
2.5 × 10−4 m2 s−1 was observed by Padman and Dillon (1991) in isolated areas on the
slope of the Yermak Plateau. Away from the continental slopes, other authors
including Lenn et al. (2009) and Guthrie et al. (2017) have found evidence of double
diffusive effects, indicative of a less turbulent regime, with diffusivities of order
1 × 10−6 m2 s−1 . Averaged across the Arctic basin, therefore, our results appear to be
in line with those presented by others.
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Note the apparent sharp drop in diffusivity at the base of the AW layer in Figure
2.10b. We attribute this to localised downwelling due to convection in the Barents Sea,
which would have the effect of reduced the basin-mean values of diffusivity for these
potential densities, but the scope of this control volume-based study does not extend
to confirming this hypothesis.
There are other potential sources and sinks of density that we have not included in the
calculations here because they are expected to be small in comparison with those
driven by surface heat and freshwater fluxes. The first of these is the annual sea-ice
freeze/melt cycle: this would not be expected to affect the overall input of density to
the ocean, but it is generally accepted that over the course of a season it contributes to
the production of dense water by brine rejection, which would manifest itself as a
source of water in the denser layers. Nevertheless, the largest part of the freeze/melt
cycle occurs over shelves where water is reasonably well mixed, so freshwater released
during the melt phase would be expected to remix with the brine produced at the
freeze stage in the spring. In practice, we expect that most of the dense water
contributing to our deepest layers is formed on the Barents Shelf where the heavier
water layers outcrop in winter, and that region is largely ice-free all year round.
Neither have we accounted for the latent heat of fusion released during the formation
of sea ice, which would have the effect of reducing the density of surrounding seawater.
To the extent that the sea ice formed is subsequently exported from the Arctic, the
latent heat constitutes a net source of buoyancy. If we assume that the annual volume
flux of sea ice through the Fram Strait, which carries nearly the entire sea ice export
from the Arctic (Kwok et al., 2009) is 2600 km3 yr−1 (Spreen et al., 2009), multiplying
by a sea ice density of 900 kg m−3 and a latent heat of fusion of 3.34 × 105 J kg−1
gives a simple estimate of the heat input involved of 25 TW. For comparison, the net
inflow of heat to the Barents Sea by advection of AW is approximately 73 TW
(Smedsrud et al., 2010). At first sight, therefore, the contribution of latent heat might
appear significant. Nevertheless, in practice much of the sea ice exported from the
Arctic is formed in other parts of the region (Pavlov et al., 2004) from lighter surface
waters than the water classes we focus on in this study.
A further, interior, source of density is that produced through the mixing of water
masses of similar densities but differing temperatures and salinities because of the
non-linearity of the equation of state of seawater. Marsh (2000) found cabelling
significant, but highly localised and seasonal, in model representations of the North
Atlantic. He noted that it was strongest in summer at the Sub-polar Front. Although
the effect might be at play around the upper edge of the AW layer in the Arctic, where
warmer, more saline AW encounters cooler, fresher subsurface waters, we would expect
it to be less significant here because temperature variations are much smaller than
those seen in the North Atlantic.
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Timmermans and Garrett (2006) considered the effect of geothermal heat input which would lead to a reduction in density of bottom waters - in the Makarov Basin.
They concluded that it was insufficient to cause convective overturning, but might
raise the temperature of inflowing water by around 0.01 ◦ C. This would be equivalent
to a heat flux of around 50 mW m−2 . In comparison, annual mean total net surface
heat fluxes in the ice-free surface regions, with surface area totalling perhaps half of
that over which geothermal heating might act, reach around 100 W m−2 , or three
orders of magnitude greater.

2.5

Conclusions

The objectives of this chapter were to confirm the hypothesis that the Arctic Ocean
hosts a double overturning and to assess the relative importance of surface buoyancy
fluxes and interior mixing as drivers for the overturning. The results we present here
support the existence of such a two-celled overturning. In the upper cell, slightly more
than half of the 3.3 Sv of inflowing AW loses density through mixing with surface
waters freshened by influx of runoff and precipitation, while densification of the
remainder caused by heat loss on the Barents shelf drives the lower. The basin-mean
turbulent diffusivities at the upper surface of the AW layer required to balance density
budgets, of order 1 × 10−5 m2 s−1 , are in line with those seen in observations,
recognising that levels of turbulence vary markedly across the Arctic basin.
While the control volume approach that we have adopted here has allowed us to
estimate levels of mixing, it provides no information about the drivers or spatial
distribution of the mixing. We return to this subject in the next chapter.

Chapter 3

Is Arctic Ocean upwelling driven
by tides?
3.1

Introduction

In the previous chapter we derived volume and density budgets for a control volume
comprising the Arctic Ocean and Baffin Bay, and hence produced estimates of the
strength of the overturning circulation in the Arctic and the associated level of
turbulent mixing required to balance the budgets. Since the budgets were computed
for the entire basin, however, they provide no information about where in the basin the
mixing occurs or what the source of energy to driving it might be. In this chapter we
compare the estimates of turbulence we have derived with observations of turbulent
mixing made with microstructure profilers across the Arctic basin. We go on to
consider a possible source of the energy required to support the level of turbulent
buoyancy flux we have computed.
As discussed in Chapter 1, several previous studies have addressed the role of double
diffusion in driving vertical heat fluxes in the Arctic Ocean. Double diffusion occurs at
an interface between relatively cool, fresh water and warmer, saltier water. Here, the
vertical gradients of salt and heat tend to oppose one another in contributing to the
gravitational stability of the water column. The effect arises because the molecular
diffusivity of heat is much greater than that of salt. It has two forms. If the cool, fresh
water overlies the warm, salty water, water from the upper layer that is in contact with
the lower layer will gain heat from its surroundings more quickly than it will gain salt,
and will thus increase in buoyancy, whereas water from the lower layer will lose heat
faster than it loses salt and will decrease in buoyancy. The consequence in this
situation, known as diffusive layering, is convection within each layer and a net upward
flux of heat. Diffusive layering is known to be widespread throughout the Arctic Ocean
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(Polyakov et al., 2019), and has been implicated as a major contributor to the cooling
of the Atlantic Water layer in the eastern Arctic Ocean.
The contrary case, where warm, salty water overlies cold, fresh water, leads to a
phenomenon known as salt fingering. Here, a small intrusion from the upper layer to
the lower loses heat and buoyancy and thus sinks further. Likewise, an intrusion from
lower layer to the upper gains heat and buoyancy and continues to rise. Once again,
the consequence is an up-gradient flux of buoyancy. Rudels et al. (2009) describe a
mechanism by which the motion of water parcels in areas where double diffusion is
occurring leads to small-scale mechanical mixing. They also note that at fronts, such
as between the Fram Strait and Barents Sea branches of Atlantic Water inflow, where
they meet north of Severnaya Zemlya, lateral gradients of heat and salt can lead to the
interleaving of layers, such that conditions favourable to diffusive convection and salt
fingering are present alternately between them. This can generate buoyancy forcing
that promotes motion across the front and leads to lateral mixing between the water
masses. In general, however, diapycnal diffusivities associated with double diffusion,
typically O(10−6 ) m2 s−1 (Timmermans et al., 2008; Lenn et al., 2009), are an order of
magnitude smaller than those we calculate for the upper part of the AW layer.
Overall, the effect of double diffusion is to cool and thereby densify saline water. While
it may contribute to the loss of heat from Atlantic Water in the lower limb of the
overturning, for the upper limb we seek a cause of upwelling: we require a driver of
mechanical mixing.
Input of kinetic energy to the ocean is commonly ascribed to one of two sources: winds
or tides. Rippeth et al. (2015) considered the possible role of each of these in
explaining elevated rates of turbulent kinetic energy (TKE) dissipation seen in
microstructure observations (described below), and found that dissipation was
enhanced over the continental slope regions but apparently insensitive to sea ice cover.
Since sea ice could be expected to inhibit the transfer of momentum from the
atmosphere to the ocean, they concluded that the enhanced dissipation they saw was
not wind-driven, and that the interaction of tides with steep topography should be
implicated instead. In this chapter we investigate the plausibility of tidal mixing as a
driver for turbulent buoyancy flux.

3.1.1

Microstructure observations

The series of microstructure measurements presented by Rippeth et al. (2015) was
collected over the period 2007 to 2013. Together, they cover much of the seasonally
ice-free Arctic Ocean, including the shelf breaks north of Svalbard, north of Severnaya
Zemlya, the Laptev Sea, East Siberian Sea and Canada Basin. Locations of the
measurements are shown in Figure 3.1, along with some indicative profiles of TKE
dissipation, ε. The grey shading on the profiles indicates potential density anomalies
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(calculated from measured temperature and salinity values) of between 27.0 and 27.8
kg m−3 , the densities for which enhanced diffusivities were given by the density
budgets described in Chapter 2.
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Figure 3.1: Locations of the microstructure observations presented by Rippeth et al.
(2015). The 200 m and 500 m depth contours are shown in green. The insets show selected profiles of TKE dissipation (red) and potential density (black), with grey shading
indicating values of σ0 between 27.0 and 27.8 kg m−3 .

As would be expected given the variety of bathymetry underlying the locations where
the measurements were made and the span of seasons, from spring through summer to
autumn, in which the field campaigns took place, there is wide variation in levels of
TKE dissipation measured. Away from the shelf areas, and on the shelf breaks of the
Laptev Sea and East Siberian Sea, values of O(10−6 ) W m−3 , equivalent to a diffusivity
of O(10−7 ) m2 s−1 , are typical. Some of the profiles, notably from the Canada Basin,
show TKE dissipation an order of magnitude higher near the surface. This surface
intensification is, however, evidence of wind-driven mixing that will have little effect on
the Atlantic Water layer beneath (Rippeth et al., 2015). Only in a few isolated profiles
from the Barents Sea to the south of Svalbard and the deeper water to the north east
of Svalbard is turbulence indicating diffusivities of O(10−5 ) m2 s−1 and higher seen in
water of the density classes under consideration here. Of the 299 profiles collected from
locations within the domain described in Chapter 2, only 105, or 35%, show mean ε
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values consistent with the buoyancy fluxes across the UAW layer implied by the density
budgets, assuming a mixing efficiency (see below) of 0.2. If the shelf areas, from which
the AW and UAW water classes are largely absent (see Figure 3.2), are excluded, the
proportion of profiles meeting the energy requirement falls to 20 out of 161, or 12%.
(a)

(b)
70ºN

70ºN

80ºN

80ºN

m

(c)

(d)
70ºN

70ºN

80ºN

80ºN

Figure 3.2: Annual mean thicknesses of density layers, as calculated from the Polar
Science Center Hydrographic Climatology v.3.0: (a) water with σ0 between 27.1 and
27.3 kg m−3 (less dense Upper Atlantic Water); (b) σ0 between 27.3 and 27.5 kg m−3
(denser Upper Atlantic Water); (c) σ0 between 27.5 and 27.7 kg m−3 (less dense Atlantic
Water), σ0 between 27.7 and 27.9 kg m−3 (denser Atlantic Water).

3.1.2

Tides as a potential energy source

At first sight, therefore, there would appear to be an inconsistency between the
basin-mean diffusivities we have inferred from the density budgets described in the
previous chapter and the values actually observed in the Arctic Ocean. If the
diffusivities suggested by the microstructure measurements were averaged over the
ensemble of profiles collected they would fall some way short of the basin means
required to balance the budgets. A closer look, however, provides a clue to a potential
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source of energy to drive the diapycnal mixing we infer. In common with other
observational studies, e.g. d’Asaro and Morison (1992) and Fer et al. (2010), the
observations show enhanced TKE dissipation in areas of rough topography. Rippeth
et al. (2015) have also shown a tentative correlation between enhanced levels of ε over
the continental shelf break and rate of conversion of barotropic tidal energy.
Although tidal currents have in some instances been associated with the production of
internal waves in the Arctic Ocean (e.g. Padman et al. (1992)), tidal energy has
hitherto received little attention as a potential driver of turbulent mixing within the
Arctic Ocean both because tidal velocities there tend to be low (Padman and Erofeeva,
2004) and because most of the Ocean lies north of the critical latitude at which the
local inertial period is equivalent to the period of the main semi-diurnal tidal
constituents. Consequently, internal waves generated by the interaction of the tides
with topography are not expected to propagate away from the generation site. Rippeth
et al. (2017) have, however, proposed a mechanism for tidal conversion by which
supercritical tidal flows over topography can cause short length-scale internal waves
which are trapped initially but become free to propagate away when the tidal flow
slows. These higher frequency internal waves may thus facilitate the conversion of
energy from the barotropic tide.
The potential existence of a mechanism by which energy might be transferred from the
barotropic tide into turbulence raises a question: is the rate of energy conversion
sufficient to power the turbulent mixing that we have inferred is taking place? That is
the question that we seek to address in this chapter. To do so, we use estimates of the
tidal energy conversion rate introduced by Rippeth et al. (2015) and described in
Section 3.2.1 below.
St. Laurent and Simmons (2006) give the steady state balance of TKE over a control
volume (V ) as
Z

Z
P dV =

Z
ρεdV +

ρκν N 2 dV

(3.1)

where P is the mechanical power supplied to finestructure scales, ρ density and κν
turbulent diffusivity. The first term on the RHS represents the rate of dissipation of
energy through the molecular viscosity of the seawater, and the second the rate of
conversion to potential energy (PE) through turbulent diffusion. It is the quantity
described by this latter term that we estimated in the previous chapter. With κν given
−D

∂ρ
dif f (ρ)
by Equation 2.4 as
and N 2 defined as −g
ρ ∂z , it may be expressed as
A ∂ρ
∂z
RR
g Ddif f dz dA, and over the domain shown in Figure 2.2 amounts to 2.2 GW. For

those water classes constituting the upper cell of the overturning only, as marked in
Figure 2.6, the energy requirement is 1.3 GW.
Power input may come from any of several sources, including mesoscale eddies,
interaction of the mean flow with topography or convection. We seek here to establish
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whether input from the barotropic tide might be sufficient to make a significant
contribution to the energy requirement. Integrating power input from the M2 and S2
tidal constituents, in which most of the tidal energy in the Arctic Ocean is contained,
over the domain shown in Figure 2.2, gives a total power supply of 114 GW. In order
to quantify what proportion of the energy supplied by the barotropic tide, the LHS of
Equation 3.1, is available to drive turbulent mixing, the second term on the RHS, as
opposed to being dissipated through molecular processes, the first term on the RHS, it
is necessary to make some assumption about the ratio between these two sinks of
energy, which is related to the so-called mixing efficiency. Adopting the widely used
value of 1:5 would suggest that 19 GW is available for conversion into PE, or slightly
less than 9 times the power required for the integrated turbulent buoyancy flux.
Recalling, however, that the energy conversion mechanism proposed by Rippeth et al.
(2017) involves tidal flow over rough topography, we might limit the area of integration
to regions in which water depth is between 250 m and 1000 m as a proxy for the
continental slope, giving a more conservative estimate of 3.2 GW, still more than
sufficient in total to meet the energy requirement.
It is not enough, however, for sufficient energy to be available within the Arctic Ocean
as a whole to drive turbulent mixing. The energy must be available to mix water in
those density classes in which we have determined that mixing is occurring. Our aim,
therefore, is to assess whether the spatial distribution of energy availability accords
with the spatial distribution of those water masses we have identified as experiencing
enhanced diapycnal mixing.

3.2
3.2.1

Methods and materials
Tidal model data

The estimates of rate of conversion of energy from the barotropic tide that we compare
with the energy requirement to drive mixing were derived by the method of Egbert
and Ray (2001). They were computed, as described by Rippeth et al. (2015), as the
local difference between the mean rate of working by the tide-generating force and the
divergence of the vertically integrated time-averaged horizontal flux of energy. The
volume fluxes used to calculate these quantities were derived from tidal amplitudes and
currents from the altimetry-constrained TPXO8 inverse solution (Egbert and Erofeeva,
2002; Padman and Erofeeva, 2004). The energy conversion estimates are gridded at
1/30◦ resolution. Estimates of conversion from the M2 and S2 tidal constituents
together are shown in Figure 3.3. To eliminate some unphysical values arising from the
calculation, a ceiling of 1 W m−2 and a floor of 0 W m−2 have been applied to the
data. The effect of these is to set to zero the 43% of data points which have negative
values, and to set to 1 W m−2 the 0.3% of data points which are in excess of this
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ceiling. It is apparent that the elevated conversion rates are highly localised, but there
is some overlap between the areas where these occur and the presence of water of the
classes for which the density budgets suggest higher turbulent diffusivities, as shown in
Figure 3.2(a) - (c).
While the estimates give an indication of the horizontal distribution of available
energy, they are depth-integrated and contain no information about the distribution of
energy vertically in the water column. In each of the comparisons we present here, we
have therefore assumed one of four profiles for vertical distribution: a uniform
distribution, an exponential distribution with e-folding length 500 m decreasing with
height above bottom (in line with that adopted by St. Laurent et al. (2002)), or an
exponential distribution with e-folding length 200 m or 40 m. The form of each of
these profiles is shown in Figure 3.4 for an illustrative water depth of 500 m, typical of
the slope regions where many of the areas of enhanced energy conversion are located.
Sensitivity of the results to choice of vertical profile is discussed in Section 3.3 below.
Regardless of the vertical profile chosen, we have in each case excluded energy in the
upper 30 m of the water column, since we assume that this water is well mixed by
winds and that no turbulence in this region is driving diapycnal mixing.

70ºN

80ºN

log10 W m-2

Figure 3.3: Rate of conversion of tidal energy, with depth-integrated TKE from the
microstructure observations of Rippeth et al. (2015) superimposed.
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Figure 3.4: Illustrative profiles of the rate of conversion of tidal energy, assuming a
unit depth-integrated conversion rate and a water depth of 500 m.

3.2.2

Attribution of tidal energy to density classes

To determine whether sufficient energy is available from tidal conversion to meet the
requirement to drive mixing in each of the density classes discussed in the previous
chapter, it is necessary to map tidal energy onto the density field. We once again use
the PHC 3.0 climatology described in Section 2.2.5 to calculate potential densities, but
because most of the areas of elevated tidal dissipation are found in the Barents Sea
and the shelf break regions which experience strong seasonal variation in densities, we
have run the calculations of energy availability month by month, before calculating
annual means. Although PHC monthly data are available only for depths down to
1500 m, none of the water classes for which we wish to quantify energy availability
extends much below that depth. In addition, little tidal dissipation is evident in deeper
water, and so we do not expect the absence of densities for depths greater than 1500 m
to have a significant effect on the comparisons.
Density fields were calculated from PHC temperature and salinity data available at 1◦
horizontal resolution using the SeaWater MATLAB library (version 3.3). These were
then regridded onto the 1/30◦ grid used for the tidal conversion estimates using the
SOSIE software package (https://sourceforge.net/projects/sosie/). Although the
Akima interpolation method selected is intended to avoid the production of
interpolated values that fall outside the range of values in the input data, a few
unphysical density values resulted from the interpolation; the 9.9% of grid cells where
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values lower than 1018 kg m−3 or higher than 1029 kg m−3 were generated have been
excluded from the tidal energy comparisons.
Further, and potentially even more significant, a shortfall in the regridded density field
arises from the resolution of PHC data in the vertical. At depths below 150 m, the
spacing of PHC depth levels is 50 m or 100 m. For the core comparisons, we have not
extrapolated density values below the lowest PHC values for which we have data since
we lack a solid physical basis on which to do so, but this means that tidal energy in the
lowest 100 m of each grid cell, where the highest levels of dissipation might be
expected to occur, is potentially excluded from the basin-integrated totals we
calculate. We discuss the potential extent of this undercounting in Section 3.3 below.

3.2.3

Mixing efficiency

Many authors have adopted a value of 1/6 for mixing efficiency, but some (see
de Lavergne et al. (2016) for a summary) have suggested that mixing efficiency
depends on the balance between the intensity of turbulence and the strength of
damping stratification, and is lower than 1/6 in situations where turbulence is any
more than moderately energetic. Here, we compare estimates of available energy
calculated using the widely-adopted mixing efficiency of 1/6 with those derived instead
using a parameterisation given by de Lavergne et al. (2016) in which mixing efficiency,
Rf , is expressed in terms of a turbulence intensity parameter Reb , which is a measure
of the balance between destabilising forces as represented by TKE dissipation, and
stabilising forces in the form of stratification:
Rf = 1/(1 + 0.25

p
Reb )

for Reb ≥ 400

Reb = ε/νN 2 ,

(3.2)
(3.3)

where ν is the kinematic viscosity of seawater.

3.3

Results

A core set of calculations was performed in which the vertical distribution of tidal
energy conversion was assumed to be either uniform or exponential with e-folding
length 500 m and the mixing efficiency either 1/6 or varying as in Equation 3.2. Figure
3.5 shows the derivative with respect to potential density of the rate of energy
conversion given by these assumptions. Also shown, for comparison, is the turbulent
buoyancy flux given by the density budgets described in Chapter 2.
Figure 3.6 shows counts of the parameterised mixing efficiencies for each grid point and
month for the exponential distribution. Although significant reductions from the
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Figure 3.5: In red, the energy required to drive diapycnal mixing and overcome
stratification, as calculated from density budgets. In blue, tidal energy available for
mixing, assuming an exponential distribution in the vertical. In green, tidal energy
available for mixing, assuming a uniform distribution in the vertical. The solid green
and blue lines indicate a constant mixing efficiency of 1/6. For the calculations shown by
the dashed lines, the mixing efficiency given by Equation 3.2 has been assumed. Dotted
lines mark the boundaries between water classes: Subsurf W, Subsurface Water; UAW,
Upper Atlantic Water; AW, Atlantic Water.

default value of 1/6 are seen in only a small proportion of cases – fewer than 9% –
because these include those areas where mixing is particularly energetic, the overall
effect on the calculated energy supply is a substantial reduction – by more than half in
the denser water classes.
In comparison to the energy requirement calculated from the density budgets, all four
combinations of core assumptions appear to deliver sufficient tidal energy across most
of the AW layer. For the UAW and lower region of the Subsurface Water, which
together constitute the bulk of the upper limb of the overturning, the picture is less
clear. Although the tidal energy is the right order of magnitude, the results show a
shortfall in these density classes, especially if the variable mixing efficiency is assumed.
Nevertheless, given the uncertainties in the density budgets discussed in Section 2.3.4,
as well as similar uncertainties associated with the use of PHC to determine the
density field in the current calculations, there is almost complete overlap between
energy supply and requirement within the margins of error.
It is readily apparent that this initial choice of vertical energy profile makes little
difference, although given that the bulk of the mixing hotspots shown in Figure 3.3
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Figure 3.6: Counts of mixing efficiencies, Rf , calculated according to Equation 3.2, for
each grid point and month, assuming an exponential distribution of energy conversion
in the vertical, with e-folding length 500 m.

occur in water that is fairly shallow in comparison to the selected e-folding length of
500 m, the two profiles are rather similar. Nevertheless, 500 m was found by
St. Laurent et al. (2001) to be an upper estimate of decay scale. Furthermore, their
observations of enhanced dissipation were made above the Mid-Atlantic Ridge in the
abyssal Brazil Basin, and are unlikely to be representative of conditions in the Arctic
slope regions, where mechanical energy is expected to be concentrated in a bottom
boundary layer only a few tens of metres thick. We have therefore tested the
sensitivity of the results to choice of decay scale by rerunning the calculations with
e-folding lengths of 200 m and 40 m. As seen from Figure 3.7, a decay scale of 40 m
gives rise to a reduction in available energy of 20 – 30% in the UAW classes, compared
to the core set of results.
The assumed mixing efficiency also has a notable effect on the results. We infer that
because the mixing is concentrated so tightly in hotspots, nearly all of the converted
energy contributing to the basin totals is in regions of comparatively strong (in Arctic
Ocean terms) turbulence, and thus well within the regime of high turbulence intensity
parameter.
As mentioned above, however, there are two factors that might lead to an
undercounting of available energy. The first is that the 30 m assumed for the mixed
layer depth, above which tidal energy is assumed not to drive diapycnal mixing, might
be somewhat conservative. Examination of temperature and salinity data associated
with the microstructure profiles described in Section 3.1.1 suggests that south of
Svalbard the mixed layer depth was more like 25 m, and west of Svalbard closer to
12 m. On the other hand, if these observations of stratification were made under
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Figure 3.7: Sensitivity to e-folding length. In blue, energy availability as in Figure
3.5 for an e-folding length of 500 m. In purple, the same but for an e-folding length of
200 m, and in yellow, for a length of 40 m.

relatively benign conditions and strong stratification they might not be representative.
To test the effect of choice of mixed layer depth, the calculation assuming a uniform
profile and constant mixing efficiency was rerun, this time including energy in the top
30 m. (See Figure 3.8.) Including the mixed layer delivers up to an extra 70 % of
energy in the middle of the UAW layer. In retrospect, it might have been more logical
in this sensitivity test to use the variable mixing efficiency by which - to the extent
that the PHC climatology is a reasonable reflection of the stratification the mixing
actually sees - the effect of reduced stratification is accounted for in the
parameterisation, but time did not permit. Nevertheless, the test does suggest that
some tidally-driven mixing near the surface might be missed in the core calculations.
The other area where available energy is certainly uncounted is in the lowest part of
the water column, below the depths in each grid cell for which PHC data are available.
As a further sensitivity test we have rerun the 200 m e-folding calculation (in which
the bottom-enhancement effect will be felt more strongly) with the deepest potential
densities in the regridded 1/30◦ dataset extended to the seafloor; the results are shown
in Figure 3.9. An additional 30 % or so of energy is available in the UAW class, and
approximately 15 % more for AW. In reality, of course, stratification of the water
column means that densities in the deeper water will often be higher than those
assumed here, and so the distribution of additional energy might tend towards denser
water than these calculations would suggest.
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Figure 3.8: Effect of exclusion of energy in the mixed layer. In green, energy availability as in Figure 3.5, excluding the upper 30 m. In yellow, the same but including
energy in the upper 30 m.

3.4

Discussion and Conclusions

The objective that we defined for this chapter was to establish whether sufficient
energy was available from conversion of the barotropic tide to drive the diapycnal
mixing we had quantified from density budgets in the last chapter. The results
presented in Section 3.3 suggest that the rate of conversion is more than sufficient in
the denser waters of the AW layer that form part of the lower limb of the overturning.
In the upper part of the AW layer and above, the comparison between energy supply
and requirement is more finely balanced. Sufficient energy appears to be available if
the mixing efficiency is somewhat higher than that suggested by the parameterisation
of de Lavergne et al. (2016) and/or a significant amount of tidal conversion is excluded
from the calculations because it takes place at the margins - either horizontal or
vertical - of the domain in areas not covered by the PHC-derived density field. (This
might well be the case: several of the tidal hotspots seen in Figure 3.3 lie in coastal
areas into which PHC does not extend.)
The conversion of energy from the barotropic tide does not imply that all such energy
drives turbulent buoyancy flux. The mechanism that Rippeth et al. (2017) proposed
by which energy is made available for mixing is not well studied, and it appears likely
in any case to depend heavily on local topography, flow conditions and water
stratification. Rippeth et al. (2017) also point out that their microstructure
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Figure 3.9: Effect of including mixing in water deeper than the lowest available PHC
layer. In purple, energy availability assuming a constant mixing efficiency and e-folding
length of 200 m, with the integration limited to depths within the PHC envelope, as in
Figure 3.7. In yellow, the same but assuming that densities given by the deepest PHC
data points extend to the seafloor.

observations suggest that a significant but not well-quantified proportion of the
converted energy is dissipated in the well-mixed bottom boundary layer rather than
contributing to mixing to overcome stratification.
Nevertheless, the results of the current study show that tidal energy is clearly a major
contributor to diapycnal mixing. Why, therefore, was the mixing not apparent in the
microstructure observations described at the beginning of this chapter? The answer
lies in the highly localised nature of tidal mixing hotspots. A comparison of the
locations of the observations with the spatial distribution of tidal conversion rates,
Figure 3.3, shows that while the observations appear to give wide coverage of the
Arctic basin, the vast majority of them lie outside areas of enhanced tidal conversion.
In addition, the sparsity of temporal sampling at most stations probably means that
even where measurements were made in locations where elevated conversion is
predicted, the effect, which is expected to be highly temporally variable, was missed.
In order to constrain more tightly the contribution that tidal energy makes to
diapycnal mixing, longer time series of real mixing rates, and the water classes being
mixed, in known tidal hotspots would be highly beneficial.
Given the highly localised nature of tidally-driven mixing revealed by this study, if
future changes to the distribution of tidal mixing across water masses are to be
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predicted, a good understanding of the likely response of ocean stratification to
changing conditions is required. In the next chapter, we investigate the effect of
changing freshwater input to the Arctic Ocean.
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Chapter 4

Arctic Ocean freshwater:
transient response to increasing
inflows
4.1

Introduction

The earlier chapters have emphasised the importance of the stratification of the Arctic
Ocean in determining the influence that the Ocean has in transforming the water
masses that enter and then exit to rejoin the North Atlantic circulation once more.
There is a need for an improved understanding of how it will be affected by the
changing Arctic climate, not least because of its potential impact on the global
circulation through increased freshening of waters exported to deep water formation
areas such as the Labrador Sea (Kattsov and Walsh, 2000; Yang et al., 2016).
We recall from Chapter 1 that the influence of winds on freshwater storage and export
has received much recent attention (e.g. Proshutinsky et al. (2009), Marshall et al.
(2017), Johnson et al. (2018), Meneghello et al. (2017)), but the part played by
freshwater input less so. Global warming, which amplifies the hydrological cycle and
decreases the Arctic sea-ice export (Held and Soden, 2006; Haine et al., 2015), can
increase the freshwater input to the Arctic Ocean essentially without any change in the
time-mean atmospheric circulation. Model simulations (Vavrus et al., 2012) indicate
that the Arctic is likely to become warmer and wetter over the Twenty-first Century,
with sea ice volumes expected to decline considerably. Projections for increases in
annual precipitation over the century range from somewhat over a third (Vavrus et al.,
2012) to more than a half (Kattsov et al., 2007), although Bintanja and Selten (2014)
find that the increases are due at least as much to increases in local evaporation caused
by sea ice retreat as to enhanced atmospheric moisture transport from lower latitudes.
Since the largest changes in precipitation are projected to occur over land rather than
45
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sea (Vavrus et al., 2012), increases in freshwater input to the ocean from river runoff
are likely to be important. We focus in this chapter, therefore, on the effect on Arctic
Ocean stratification of the predicted increases in input of freshwater from river runoff
and precipitation.
Previous studies (Pemberton et al., 2014; Pemberton and Nilsson, 2016; Nummelin
et al., 2016) have considered the long-term response of the ocean to changes in forcing.
For that reason, we focus here on the transient response: we draw on the “climate
response function” (CRF) framework described by Marshall et al. (2017), using
simulations from a coupled ice-ocean GCM to investigate the relationship between
changes in freshwater input to the ocean and the response of the ocean in terms of
storage and export of freshwater. The rationale for the CRF methodology is that if the
transient response (the CRF) of an observable to a Heaviside step function forcing is
known, the CRF may then be convolved with any more realistic time history of forcing
to determine a predicted linear response for that observable. We take as our
observables here the freshwater content (FWC) of the Arctic Ocean in liquid and sea
ice form and the export of freshwater through key straits, and apply step change
perturbations to the freshwater input from river runoff and precipitation to examine
the timescales, pathways and mechanisms governing the likely response of the ocean to
changes in freshwater input.

4.2

A conceptual model for rotationally-controlled export

Theoretical predictions of the ocean response to changes in freshwater forcing may be
made through consideration of a simple conceptual model such as that described by
Stigebrandt (1981), Nilsson and Walin (2010) and Rudels (2010). The version we
adopt here represents the Arctic Ocean as stratified by salinity into two layers
separated by a halocline at constant depth H: a fresher, upper layer of salinity S1
above the halocline, and a layer of Atlantic Water with salinity SA below.
Outflow from the upper layer of the basin is assumed to be geostrophically controlled,
and is represented by a volume flux M . A flux Fmet of freshwater enters the upper
layer through river runoff or net precipitation (precipitation minus evaporation), and a
flux MB of Pacific Water of salinity SB enters through the Bering Strait. A flux MA of
Atlantic Water is entrained into the upper layer from below by mixing. The horizontal
surface area of the basin is A.
The volume budget for the upper layer is
A

dH
= −M + MA + MB + Fmet
dt

(4.1)
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Figure 4.1: Sketch of the two-layer conceptual model. H is the depth of the halocline
separating the two layers, SA the salinity of the lower layer and S1 the salinity of the
upper layer. MB is the volume flux of water entering through the Bering Strait, and
SB its salinity. Fmet is the influx of meteoric freshwater from river runoff and net
precipitation, MA the volume flux of water entrained from the lower layer to the upper
by mixing, and M the volume flux of outflow.

while the salinity budget is
A

d(S1 H)
= −M S1 + MA SA + MB SB
dt

(4.2)

By dividing Eq. 4.2 by SA , which we assume to be constant, and subtracting from Eq.
4.1 we obtain
A

dHF
∆S
SB
= −M
+ MB (1 −
) + Fmet
dt
SA
SA

(4.3)

where ∆S ≡ SA − S1 and freshwater height is defined by analogy with Eq. 4.12 as
1
HF ≡ ( SAS−S
)H.
A

Assuming that the outflow from the Arctic Ocean is in geostrophic balance (i.e., that
the exit strait is wide compared to the first Rossby radius) allows us to use the relation
for volume transport derived by Werenskiold (1935):
M=

β∆SgH 2
2f

(4.4)

where β is the haline expansion coefficient, g the acceleration due to gravity and f the
Coriolis parameter. Note that we have ignored any density difference due to difference
in the temperatures of inflowing Atlantic Water and outflow water. Substituting into
Eq. 4.3 and defining F ≡ MB (1 −
A

SB
SA )

+ Fmet yields

dHF
βgSA HF 2
=−
+F
dt
2f

(4.5)
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Now consider the effect of a perturbation, ∆F , in freshwater input, leading to an
anomaly, ∆HF , in freshwater height. Eq. 4.5 as applied to the perturbed state becomes
A

d(HF + ∆HF )
βgSA (HF + ∆HF )2
=−
+ F + ∆F
dt
2f

(4.6)

We assume that if the perturbation is small, the resultant anomaly will also be so:
HF  ∆HF , so that
(HF + ∆HF )2 ≈ HF 2 + 2HF ∆HF

(4.7)

Linearising Eq. 4.6 accordingly, and subtracting Eq. 4.5, we have
d∆HF
βgSA HF ∆HF
∆F
=−
+
dt
Af
A

(4.8)

which has solution
∆HF =

βgSA HF t
f ∆F
−
Af
+ (const.) × e
βgSA HF

(4.9)

The prediction of the conceptual model is therefore an exponential evolution of
response to perturbation of freshwater input with timescale
τ=

Af
βgSA HF

(4.10)

Inserting typical values for the Arctic
(β = 8 × 10−4 m−1 s−1 , f = 1.4 × 10−4 s−1 , A = 9 × 1012 m2 , g = 10 m s−2 , SA = 35.0)
into this expression, and estimating HF by dividing a freshwater volume of
8 × 104 km3 from Pemberton and Nilsson (2016) by A, gives a predicted timescale of
16 years. Note that in using the relation for geostrophic volume transport in Equation
4.4 in similar analyses, Stigebrandt (1981) and Rudels (2010) have included
multiplication factors of between 2 and 3 to allow for the fact that more than one
strait drains the Arctic Ocean. To do so here would reduce the calculated timescale
proportionately.
Alternatively, from the steady state version of Eq. 4.5, the timescale in Eq. 4.10 may
be written as
τ=

1
FWC
AHF
= ×
2F
2 Net freshwater supply

(4.11)

(The factor of a half derives from the assumption that outflow from the Arctic is
governed by geostrophy.) An increase in HF increases both the volume export and the
salinity export anomaly, which yields a shorter adjustment timescale. Adopting
estimates of net freshwater input from meteoric sources and from Bering Strait inflow
from Pemberton and Nilsson (2016) leads to an alternative predicted timescale of
12 years.
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We compare these predictions with the response seen in experiments performed using a
general circulation model, and investigate factors that might lead to any departure
from the predictions of the conceptual model.

4.3
4.3.1

Method
General circulation model

In this study we use a coupled ice-ocean model, the Massachusetts Institute of
Technology general circulation model (MITgcm), in a regional configuration covering
the Arctic Ocean and parts of the North Atlantic and North Pacific oceans north of
∼55◦ N. The horizontal grid spacing within the model domain, which is shown in
Figure 4.2, is approximately 18 km, and the model grid has 50 vertical layers with
thickness ranging from 10 m at the surface to approximately 450 m for the deepest
layer. Further details of the model setup are given in Pemberton and Nilsson (2016),
and the model parameters employed are as described in Nguyen et al. (2011).

Bering
Strait

Amundsen
Gulf

Canada
Basin
MS
CAA
Eurasian
Basin
Nares
Strait

Kara
Sea

Fram
Strait
Barents Sea
Opening

Figure 4.2: Map of the model domain showing, in red, the boundaries of the region
within which perturbations of surface freshwater input were made (MS: McClure Strait,
CAA: Canadian Arctic Archipelago, NS: Nares Strait). The 200 m and 500 m depth
contours are shown in green. The blue line indicates the limitation of the Canada Basin
area referred to in Figure 4.7.
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Simulations

Ocean forcing for the majority of the simulations described here is provided by the
Japanese 25-year Reanalysis (JRA-25) (Onogi et al., 2007), which covers the period
1979-2004, extended for a further nine years to 2013 using operational analysis from
the same model system. For a small number of additional simulations the model was
instead forced with a repeating annual cycle of atmospheric forcing (the Co-ordinated
Ocean-Ice Reference Experiments (CORE) II corrected normal year forcing (Griffies
et al., 2009)). For river runoff data we use a monthly climatology derived from Arctic
Runoff Database raw data and adjusted to account for ungauged river flows, as
described in Nguyen et al. (2011). The model was initialised for each simulation using
sea ice conditions from the Polar Science Center’s GIOMAS data set (Zhang and
Rothrock, 2003) and ocean conditions from the World Ocean Atlas 2005.
The model was first run for 35 years in a control simulation, using the forcing
described above to represent the current state of the Arctic. To test the response of
the ocean to a step change in freshwater input, further simulations were then run in
which river runoff or precipitation was increased or decreased by a fixed proportion1 of
the control forcing for the duration of the simulation. The larger increases are greater
than those expected to be seen in the real future Arctic, but are included in the suite
of simulations to test the linearity of the response. Evaporation and sea ice formation
and melt were not perturbed directly through forcing, but evolved during the
simulations in response to the perturbation of runoff or precipitation.
For each simulation, monthly means of freshwater height (HF ) and liquid freshwater
content (F W C) were calculated:
Z

0

Sref − S(x, y, z, t)
dz
Sref

HF (x, y, t) =
−H0

(4.12)

Z
F W C(t) =

HF (x, y, t) dA

(4.13)

A

where z is depth, S salinity and A the horizontal area of the basin. The reference
salinity, Sref , was taken to be 35.0 g kg−1 . The integrations were performed to a depth
−H0 of –277 m, indicative of the upper surface of the Atlantic Water layer. Where
storage of freshwater in sea ice is discussed, an equivalent F W C has been calculated
from stored sea ice volumes assuming a sea ice density of 900 kg m−3 and salinity of
6.0 g kg−1 .
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Figure 4.3: Time-mean freshwater height, HF , in metres for the period 2004 to 2013
of the reference simulation, integrated to a depth of –277 m, with Sref = 35.0 g kg−1 .
White arrows indicate major currents in the upper 100 m.

4.4

Results

Typical spatial variability in F W C can be seen in Figure 4.3, which shows mean
depth-integrated freshwater height, HF , for the final ten years of the control
simulation. Notably, the concentration of freshwater in the Canada Basin, and in
particular in the region occupied by the Beaufort Gyre, is clearly visible.

4.4.1

Reference simulation

The evolution of liquid F W C for the reference simulation over the simulation period is
shown in Figure 4.4. Annual mean volumes range from around 75 × 103 km3 to
around 85 × 103 km3 over the 35 year period. There is a marked seasonal cycle of
amplitude around 7 × 103 km3 , or about 9% of the mean volume, with liquid F W C
reaching a seasonal maximum in September/October and minimum in May/June of
each year; we attribute this to the seasonal storage of freshwater in sea ice.
As has been discussed briefly by Pemberton and Nilsson (2016), we also note
significant variability in F W C over decadal scales. The annual mean volume is at the
upper end of its range at the beginning of the simulation period and remains
1

–30% to +100% for runoff, –30% or +30% for precipitation
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Figure 4.4: In blue, time evolution of F W C in the reference simulation; monthly
mean F W C is shown by the thinner blue line, while the heavier line denotes a 12 month
rolling mean. In red, 12 month rolling mean of the Arctic Oscillation Index. Note that
the right hand axis is reversed.

reasonably steady for the first decade, then drops by around 10 × 103 km3 between
the years 1989 and 1997 before recovering somewhat towards the end of the period.
The decline in volume from 1989 onwards coincides with a period in which the Arctic
Oscillation Index (Thompson and Wallace, 1998) is positive, and is consistent with the
observed release of freshwater from the Beaufort Gyre (e.g. Proshutinsky et al. (2009);
Morison et al. (2012); Haine et al. (2015)), consequent on changing wind patterns. It is
likely that a large proportion of the freshwater discharged from the Gyre in this period
has subsequently been exported from the Arctic.

4.4.2

Runoff

Figure 4.5a shows the evolving anomaly in liquid freshwater content relative to the
control for the series of simulations involving step-change perturbation of river runoff.
Values for the anomalies are normalised by the sign and scale of perturbation to a 30%
increase, that is to say, ∆F W C = (F W C expt − F W C control ) × (30%/percentage
increase in runoff). As expected, a decrease in runoff results in a negative anomaly in
freshwater content compared to the control, while increases generate positive
anomalies. Although there is some asymmetry between negative and positive
perturbation – the reduction in runoff gives rise to a larger proportionate anomaly,
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Figure 4.5: Time evolution of (a) anomaly of F W C with respect to the reference
simulation in the simulations involving perturbation of river runoff; and (b) anomaly of
F W C with respect to the reference simulation in the simulations involving perturbation
of precipitation. In (a), the solid lines indicate F W C anomalies resulting from runoff
perturbations as indicated in the panel, normalised by the proportionate size of the
perturbation to be equivalent to a 30% increase. In (b), the blue and red solid lines
relate to simulations forced, as with the runoff simulations, with JRA-25 data, while the
green and purple lines relate to the equivalent simulations using CORE-II forcing. In
each case, the dashed grey lines represent averaged ideal exponential evolutions fitted
to the first eight years of the simulations, while the dotted lines indicate averages of
the upper and lower bounds of 95% confidence for the fits. Note that for negative
simulations the sign of the values has been reversed to allow for ease of comparison
with the positive simulations.

especially in the early part of the simulation – for increases in runoff the anomaly is
close to proportional in magnitude to the perturbation of freshwater input, even for
comparatively large perturbations. This confirms that the response of the system is
essentially linear, which is a necessary condition for the validity of the CRF
framework. Except in the earliest years of the simulations, when a signal of the
strongly seasonal river input can be detected, no annual cycle is apparent in the
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anomalies, indicating that perturbation of freshwater input through river runoff has
negligible effect on the seasonal storage of freshwater in sea ice.
The 35 year period of integration is not sufficiently long for a new equilibrium to be
reached in each simulation, but we see that the adjustment is to first order exponential
with mean timescale2 of 8.9 ± 0.6 years, as shown by the grey dashed line in Figure
4.5a. We note that the exponential form of the response is apparent even in the first
5 years for the simulations involving increased runoff, suggesting that export of
freshwater from the Arctic is enhanced sooner than would be implied purely by the
advection of extra freshwater from river outflows to the main export straits; had
advection been the only control mechanism, a linear increase in F W C anomaly would
have been expected in the early years.
For the response to variation of freshwater input to exhibit the linearity predicted by
the conceptual model of Stigebrandt (1981), Nilsson and Walin (2010) and Rudels
(2010), we would expect to see direct proportionality between anomaly in F W C and
anomaly in export of freshwater as well as proportionality between scale of
perturbation of FW input and anomaly in F W C. A comparison for the runoff
experiments is shown in Figure 4.6. Initially there is indeed a good linear fit between
F W C and export anomalies in both the positive and negative simulations. Further
into the experiments, however, the coupling becomes less pronounced and in the final
decade especially we see a range of possible export anomalies for a given anomaly in
F W C.

4.4.3

Precipitation

An underlying exponential form is also seen in the response to perturbation of
precipitation, with simulations involving a decrease and an increase of precipitation by
30% shown by the blue and red lines in Figure 4.5b. The asymmetry between positive
and negative perturbations that was seen in the case of river runoff is not present for
the precipitation simulations, at least in the first 15 years of the simulation period. In
the latter part of the period, however, some decadal-scale variability is seen that is
more pronounced than that for runoff and affects the responses to increases and
decreases in precipitation differentially. In Figure 4.7a, F W C is shown separately for
the Canada Basin, which includes the Beaufort Gyre, and the remainder of the Arctic
domain. While a small decrease in the scale of the Arctic-integrated anomalies between
1989 and 1994 is due to decreasing F W C in the Canada Basin, it is apparent that
F W C in the remainder of the Arctic is responsible for the larger decline towards the
end of the period. This is discussed further below.
2

Calculated by fitting an exponential curve to anomalies for the first 8 years of the simulations, the
period in which freshwater content in the control is relatively stable over interannual timescales and the
anomaly signal is strongest.
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Figure 4.6: Anomaly in net export of freshwater as a function of anomaly in liquid
FWC for simulations involving a 30% increase and decrease in river runoff. The colour
coding shows the evolution of anomalies with time.

A comparison of the results for runoff and precipitation in Figure 4.5 suggests that
∆F W C increases faster in response to an increase in precipitation than to a similar
increase in FW flux through river runoff, indicating that a greater proportion of the
increased FW input from precipitation is retained in the Arctic, at least initially. A
similar exponential fit to the evolution of the anomalies gives a mean adjustment
timescale of 4.9 ± 0.5 years. In fact, FW input from runoff is slightly larger than that
from precipitation, so we would expect a flatter curve still for precipitation if timescale
were independent of source of FW input. A possible explanation is that a significant
proportion of the increased precipitation falls in the Barents and Kara Seas, more
remote from the major circulation pathways than is outflow from the major rivers of
eastern Siberia, and so it takes longer to be advected out of the Arctic domain. We
note, however, that the timescale associated with the response to perturbation of
precipitation appears more in line with that for negative perturbation of river runoff.
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Figure 4.7: Anomaly in F W C by basin for the precipitation simulations forced by
(a) JRA-25 reanalysis and (b) the CORE-II climatology. The dotted lines relate to
the F W C of the Canada Basin (as marked in Figure 4.2 and the dashed lines to the
remainder of the Arctic. The solid lines show the sum for the whole domain. The
results for the negative simulations are reversed.

In contrast to the runoff experiments, some residual seasonal cycle is evident in the
precipitation anomalies which is accompanied by compensating seasonality in
anomalies in freshwater storage in sea ice (see Figure 4.8). The seasonal cycle in the
anomalies in liquid F W C is in antiphase with the cycle in the absolute freshwater
volumes in the reference case and experiments, indicating that increasing precipitation
depresses the seasonal cycle, and vice versa, which is consistent with observations in
the literature (Notz, 2009) that increasing snowfall over sea ice increases the thermal
insulation provided by the ice, inhibiting the exchange of heat between ocean and
atmosphere and thus the annual freeze and melt of sea ice. The amplitude of the
residual seasonal cycle seen in the freshwater anomalies is slightly greater for negative
perturbation of precipitation than for positive - of the order of 500 km3 as opposed to
400 km3 - as we would expect to see if changing snow cover is the cause, since a
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Figure 4.8: (a) Anomaly in equivalent F W C of sea ice for the JRA-forced precipitation simulations. (b) 12 month rolling mean of anomaly in net export of sea ice F W C
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Results for the negative simulations are reversed in all cases.

57

58

Chapter 4 Arctic Ocean freshwater: transient response to increasing inflows

reduction in snowfall would be expected to produce a greater proportionate change in
overall snow thickness than an increase of the same magnitude.
In the latter half of the period, as mentioned above, the response to perturbation of
precipitation is less clean than that to changing runoff. We note that the more
pronounced variability over interannual and decadal timescales apparent in the
evolution of anomaly in liquid F W C is only in small part accounted for by variation in
annual mean sea ice freshwater storage. Since changes in the storage of freshwater in
the Beaufort Gyre are known to be associated with variation in atmospheric circulation
over these timescales [several authors, summarised by Haine et al. (2015)], we have
investigated whether the variability might derive from variability in the wind forcing
by re-running the precipitation simulations with a climatological forcing in place of the
more realistic JRA-25 reanalysis to eliminate the effects of changing wind patterns.
Anomalies in F W C from these further simulations are shown in green and purple in
Figures 4.5b and 4.7b. Some of the variability is now absent, but a notable divergence
in behaviour in the positive and negative simulations is still apparent over the period
1998 to 2002. This is concentrated in the Eurasian Basin. It reflects enhanced export of
freshwater through the Fram Strait in the simulation involving increased precipitation,
and coincides with the appearance of a region of enhanced freshwater height, HF , to
the north of Greenland and just upstream of the Fram Strait that is not reproduced as
a strong reduction in HF in the corresponding freshwater decrease experiments.

4.5

Discussion

A necessary condition for the applicability of the CRF methodology is a linear
relationship between applied forcing and observed response. The results of the
simulations presented in Section 4.4 demonstrate that this condition is well met, at
least for the runoff simulations. We find that the CRF for the response of Arctic
Ocean freshwater content to a perturbation of river runoff approximates to an
exponential equilibration with a timescale of around 10 years. This figure accords with
the bulk residence time (τ = F W C/F ) for Eurasian runoff of 10 years determined by
Pemberton et al. (2014) using tracer simulations, and is in line with the comparator
studies they quote, including Jahn et al. (2010).
The first-order exponential nature of the response is also in agreement with the
prediction of the two-layer geostrophically-controlled model described in Section 4.2,
and the 10 year timescale of the CRF calculated from our simulations corresponds
reasonably well to the 16 year estimate implied by the conceptual model. Haine et al.
(2015) found that such a model had only limited skill in explaining observed changes in
Arctic Ocean F W C. Nevertheless, their results - and those we report here (see Figure
4.4) - suggest that the observed changes were driven by wind patterns rather than by
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changes to freshwater input. Consequently, the observations could be expected to
reflect the forcing history of winds over the Arctic and their associated CRFs in
addition to any effects of changing freshwater forcing represented by the conceptual
model, which would explain why the model, which does not include wind effects, was
found not to offer a good representation of observed F W C. The current simulations
focus on isolating CRFs for freshwater input.
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Figure 4.9: (a) Anomaly in net export through the straits shown in Figure 4.2 of
liquid freshwater for the JRA-forced runoff and precipitation simulations, as marked.
(b) As (a), but for net volumetric exports. Results for the negative simulations are
reversed in all cases.

It is interesting to note how quickly the first effects of changed freshwater input are
seen in the anomalies of freshwater export (Figure 4.9). A purely exponential CRF
would require freshwater export to respond immediately to changes in input, but in the
real ocean we would of course expect a delay to allow a signal to be transmitted from
the main input regions - the Siberian and Mackenzie River outflows in the case of
runoff - to the export straits many hundreds of kilometres away. Estimates of the
minimum time required for water of altered salinity to be advected from the Siberian
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shelf to the Fram Strait, made by tracking salinity anomalies in the model along the
Transpolar Drift, the most direct route and one along which higher than average
current speeds are typically seen (see for example Pemberton and Nilsson (2016)
Figure 3), average around four years. Inspection of the transient FWC anomalies
shown in Figure 4.5a, however, reveals some curvature, implying that freshwater
exports start to respond and partially offset the perturbation of freshwater input,
within the first four years of the simulations. An early evolution of export anomalies is
also apparent in Figure 4.6, particularly for the simulation involving increasing runoff.
It is not possible to attribute these early export anomalies conclusively to a response
to changing freshwater input, in view of the natural variability in exports caused by
factors such as winds in the vicinity of the export straits, but our results do provide an
indication of a response in exports triggered faster than an advection signal could be
transmitted. Enhancements in freshwater export can have two possible causes: either
anomalously low salinity in the water flowing out through the straits, or an increase in
the volumetric export of water of unchanged salinity; the first cannot explain the early
changes in export, but the second could, if changes in freshwater input in the basin
generated a dynamical signal which changed the outflow velocity at the borders of the
Arctic. This might propagate as a baroclinic Kelvin wave. Assuming a mode 1
baroclinic Rossby radius, a1 , of 10 km (Nurser and Bacon, 2014) and a Coriolis
parameter, f , of 1.4 × 10−4 s−1 , the propagation speed of such a wave, given by
c1 = a1 f (Gill, 1982), would be 1.4 m s−1 , allowing it to circumnavigate the Arctic
basin in approximately 60 days.
We turn now to consideration of possible causes of the deviations from the first order
exponential form seen in the CRFs. While the underlying form of the transient
responses to changing runoff and precipitation is the same, there are also some
differences which could offer some pointers to the processes responsible. A seasonality
signal in F W C anomaly due to changes to sea ice growth is apparent only in the
precipitation simulations, which exhibit more marked variability over decadal scales
than those involving perturbation of runoff. Could it be, therefore, that variability in
liquid freshwater storage is linked to changing storage of freshwater in sea ice form?
Analysis of the sea ice volumes in the precipitation experiments shown in Figure 4.8
demonstrates that this is not the case. After rapid adjustment over the first two to
three years, anomalies in seasonally-averaged sea ice freshwater storage remain largely
constant over the simulation period, and the annual mean anomalies do not increase at
any point beyond 700 km3 in magnitude for an increase in precipitation and 800 km3
for a decrease. This is some way short of the 1300 km3 by which the anomaly in liquid
freshwater storage decreases between 1999 and 2006 in the simulation of increasing
precipitation, indicating that the temporary shortfall in liquid freshwater cannot be
accounted for by storage in sea ice.
The influence of changing wind patterns on F W C in the control simulation (Figure
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Figure 4.10: Hofmöller plots of anomaly in HF in m for the 30% runoff simulations.
The y-axis represents distance from the Fram Strait along the transect marked in the
map at upper right.

4.4) leads us to consider whether, alternatively, the variation in freshwater anomalies
could be wind-driven. We note that the greatest deviations from exponential form
between 1999 and 2009 coincide with the period of recovery of reference case F W C
following its rapid wind-driven discharge in the previous decade. However, comparison
of our results from the different precipitation simulations indicates that winds are not
the cause of the variability either. The fact that the same pronounced departure from
an essentially exponential evolution is apparent after 15-20 years in the simulations
forced with the repeating CORE-II climatological wind fields as well as those
employing the more realistic JRA-25 forcing demonstrates that an effect other than
wind variability must be the cause.
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Figure 4.11: Anomaly in freshwater height for simulations involving increases and
decreases of river runoff and precipitation of 30%. (a) to (d) show time means for the
period 1979 - 1988; (e) to (h) show time means for the period 2004 - 2013. (Colourmap
from cmocean (Thyng et al., 2016).)

We have already noted in Section 4.4.3 above that enhanced export of freshwater
through the Fram Strait in the positive precipitation experiment during the period
1998 to 2002 was accompanied by the appearance of a region of enhanced HF just
upstream of the strait. This leads us to consider a final hypothesis for the cause of the
second order form of the F W C responses, which is suggestive of a secondary timescale:
that it is due to the advection of salinity anomalies from source regions to the borders
of the Arctic, where they lead to variability in freshwater export. Some further insight
may be gained by inspection of the evolving spatial variability in F W C. Figure 4.11
shows time mean freshwater height anomaly for the first (1979 - 1988) and last
(2004 - 2013) decades of the JRA-25-forced simulations. Pemberton and Nilsson (2016)
noted both the profound effect on freshwater height north of the CAA and Greenland,
and the changes in the circulation and location of the Beaufort Gyre, that
perturbation of freshwater input could generate. We observe from Figure 4.11 that
these effects arise with differing timescales.
In the early stages of the runoff simulations, we see an increase and decrease in
freshwater height in response to increasing and decreasing runoff respectively that are
largely confined to the Siberian shelves where the bulk of the freshwater input occurs,
after which a salinity signal is seen to spread along the main advection pathways.
Marshall et al. (2017) had observed that the F W C of the Beaufort Gyre is insensitive
to an increase in river runoff three times the size of the largest we have introduced
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here. Their conclusion, that most of the extra freshwater, rather than being
accumulated in the Gyre, is transported via the Transpolar Drift to the Fram and
Canadian straits, is lent weight by our simulation (Figure 4.11(g)) showing that
ultimately much of the increase in freshwater height is seen upstream of these straits.
In contrast, in computing the CRF for the F W C of the Arctic basin as a whole, we
find that sufficient freshwater is retained in other areas of the Arctic Ocean not subject
to large variability in storage conditions to show exponential relaxation towards a new,
elevated level of F W C.
This finding has implications for predictions of the effect on freshwater storage of
future changes to wind patterns, either those driving Ekman pumping in the Beaufort
Gyre region or those in the vicinity of the Arctic straits which control the local
currents exporting freshwater from the Arctic. If the redistribution of freshwater away
from the Gyre and towards the main export straits that we envisage will be brought
about by increased freshwater input is not taken into account, the potential effect of
changing winds on freshwater exports may not be captured fully.
As an aside, the reader may recall that the largest future change of the Arctic Ocean
freshwater budget is reduced sea ice export (Holland et al., 2007). Although we have
not perturbed sea ice formation directly in the current simulations, we note that
observed reduction in new ice formation has a large signal over the Siberian shelf
(Comiso, 2011). We would expect, therefore, that the response in terms of spatial
distribution of liquid freshwater to declining sea ice formation will have a footprint
similar to that of river runoff.
In contrast to runoff, in the precipitation simulations, although anomalies in freshwater
height are seen in the early years in the Barents and Kara Seas where precipitation is
highest and the perturbations thus have greatest magnitude, more pronounced changes
are apparent across much of the Canada Basin and the region to the north of
Greenland, areas where less precipitation occurs but sea ice tends to be thickest. This
accords with the finding of Pemberton and Nilsson (2016) that a decrease in
precipitation ultimately leads to an increase in sea ice thickness north of Greenland.
Accumulation of salinity anomalies in these regions would be expected to lead to the
variability in freshwater exports visible in Figure 4.6 as they are advected through the
various export straits just to the south, and can thus explain several of the features
seen in the CRFs, including the slight decline in F W C anomalies after 10-15 years in
Figure 4.5b and the more pronounced declines in the latter part of the simulation
period.
A further potential source of complexity in the response is the timescale associated
with alteration of the major Arctic circulation pathways. Pemberton and Nilsson
(2016) found that increasing freshwater input leads to a decrease in the strength of the
Beaufort Gyre circulation and a shift in export from the CAA to the Fram Strait; we
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see from Figure 4.11 that indications of these changes in the form of altered freshwater
storage in the region of the Gyre are apparent only in the later years of the simulations.

4.6

Conclusions

We have investigated here for the first time the transient response of freshwater
content in the Arctic Ocean to changing freshwater input, comparing the effects of
perturbation of river runoff and precipitation. We offer a CRF for river runoff, which
takes the form of a simple exponential relaxation with a timescale of approximately ten
years. This accords with the predictions of a simple two-layer conceptual model for
rotationally-controlled export of freshwater. Although to first order sharing the
exponential form of the runoff response, albeit with a timescale closer to 5 years, the
response to changing precipitation shows additional complexity consistent with a
secondary timescale. We suggest that this is due in part to the greater importance of
ocean-ice interactions in the precipitation case; these give rise to localised salinity
anomalies which cause variability in freshwater exports when they are advected
through the straits at the boundaries of the Arctic. Our results suggest that the fate of
enhanced freshwater input to the Arctic and the proportion of extra freshwater stored
within the Arctic rather than being discharged immediately to the sub-polar seas
depends on the mode and footprint of this input. Although river runoff is projected to
contribute the greater share of future increases in freshwater input than is
precipitation, we find that runoff produces a more predictable response in terms of
storage and export of freshwater. In the case of precipitation, a greater proportion of
the extra freshwater is found in regions of the Arctic where it is subject to less
predictable storage and discharge. In addition, such is the importance of non-linear
interactions between the ocean and sea ice in the precipitation response that accurate
projections of the effect of future increases in precipitation will require models that can
capture ice-ocean interactions well.

Chapter 5

Summary and Conclusions
We summarise here the key findings of the earlier chapters, and then discuss their
implications for our understanding of the changing Arctic Ocean and its influence on
the global circulation.

5.1

Summary of key results

Previous studies have suggested that the Arctic Ocean supports a double overturning
(Eldevik and Nilsen, 2013; Lambert et al., 2016), with some inflowing Atlantic Water
made fresher and less dense, and some cooler and denser (Pemberton et al., 2015).
However, the hypothesis had not so far been tested with reference to observations. In
Chapter 2 we presented the first integrated view of the diapycnal overturning
circulation and its drivers in terms of surface buoyancy forcing and interior mixing. We
have made use of a quasi-synoptic series of ship-borne and mooring-based
hydrographic measurements which together span the straits bounding the Arctic
Ocean (Tsubouchi et al., 2012). Taking the Arctic Ocean as a control volume,
assuming an advection/ diffusion balance and computing volume and density budgets,
we have established that the double overturning does exist. We see a lower limb
underpinned by densification through heat loss in the Barents Sea, and an upper limb
driven by enhanced levels of diapycnal mixing at the upper surface of the AW layer,
which loses density to fresher water coming off the continental shelves. We calculate
that of 3.3 Sv of AW entering the Arctic Ocean, 1.8 Sv is made less dense and 1.5 Sv
more dense, with the potential density (σ0 ) at which the bifurcation occurs and
diapycnal volume transport is zero being 1027.75 kg m−3 . Our quantified estimates
will serve as a baseline for assessing the scale of future change.
The density budgets we have presented suggest that the transformations of water
masses are controlled as much by interior mixing as they are by surface buoyancy
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fluxes. To balance the budgets, basin-mean turbulent diffusivities of 1.0 − 1.2 × 10−5
m2 s−1 are required across the upper part of the Atlantic Water and Upper Atlantic
Water classes that constitute the upper limb of the overturning. These are in line with
those given by microstructure observations around the continental slopes and in areas
known to be relatively energetic such as the Yermak Plateau, but an order of
magnitude higher than those typical of the less turbulent regimes seen in the deeper
regions of the Arctic Ocean. The diffusivities indicated for the lower limb are smaller –
as low as 3.0 × 10−6 m2 s−1 towards the base of the AW layer – and potentially
indicate that water in this class is less affected by mechanical mixing, or that other
physical processes oppose the mixing.
In Chapter 3 we considered the potential source of the energy to drive the upwelling in
the upper limb that we infer from density budgets. Over the densities between 26.70
and 27.75 kg m−3 , we calculate that an energy input of 1.3 GW is required to
overcome stratification through diapycnal mixing. This is not accounted for by double
diffusive processes, because these lead instead to downwelling. In previously reported
observations of mixing driving enhanced turbulent heat fluxes (Rippeth et al., 2015),
turbulent intensity has been seen not to depend on sea ice cover, leading us to
conclude that surface stress from winds is also unlikely to be the cause. We have
therefore considered whether tides might offer a plausible energy source. Estimates of
the rate of conversion of energy from the barotropic tide (Rippeth et al., 2015),
integrated over the Arctic basin, are two orders of magnitude higher than the rate of
conversion to potential energy required by our estimates of diapycnal mixing. We have
investigated whether the spatial distribution of the energy supply is such that it is
available to overcome stratification in the areas of the Arctic occupied by water in the
relevant density classes. By mapping the estimates of tidal conversion onto the Arctic
density field we find that the energy supply is, within the bounds of error, sufficient.
We note, however, that the extent to which available energy meets the energy
requirement depends quite heavily on the assumed mixing efficiency, indicating that an
improved understanding of how mixing efficiency varies according to factors such as
turbulent intensity would be beneficial. We cannot conclude from the current study
that tidal conversion is the only source of energy for the diapycnal mixing inferred
from Chapter 2, but it clearly has the potential to be a major contributor.
We noted that estimates of turbulent mixing intensity derived from previous
microstructure observations (Rippeth et al., 2015) were on average an order of
magnitude smaller than would be consistent with the turbulent buoyancy fluxes
calculated here. A comparison of the locations where the measurements were made
with the modelled areas of enhanced rates of tidal energy conversion reveals, however,
that few of the observations coincided with the predicted mixing hotspots. The
mechanism that Rippeth et al. (2017) propose for tidal conversion suggests that its
incidence is heavily dependent on both topography and flow conditions. Consequently,

Chapter 5 Summary and Conclusions

67

conversion might be expected to be highly variable both spatially and temporally.
There is a need, therefore, for further observations to be made in those locations where
tidal conversion is expected to be concentrated in order that the contribution that
tidal energy makes to supporting the Arctic Ocean overturning may be better
understood. Such measurements will also need to provide sufficient temporal coverage
to allow for the variation of internal wave generation over the tidal cycle. Tidal energy
has often been dismissed as a major driver of Arctic mixing: we show here that it
deserves closer investigation in future.
We investigated the effect of changing freshwater input in Chapter 4. This is an
important area of investigation not only because freshwater exported from the Arctic
could affect stratification and hence deep convection in the Nordic and Labrador Seas
but, as is clear from the work presented here, in consequence of its potential effect on
stratification within the Arctic Ocean. Previous studies of controls on Arctic
freshwater content have focused on the effect of atmospheric forcing at the expense of
freshwater input because it has been assumed that if freshwater input is increased
excess freshwater is exported directly from the Arctic (e.g. Marshall et al. (2017)). We
have shown here that the picture is more complex. How the Arctic Ocean responds
depends on the source of the freshwater input. If it is delivered as runoff from the
rivers surrounding the Arctic domain, much of the additional freshwater enters the
Transpolar Drift when it leaves the Siberian shelves and does exit the Arctic relatively
quickly. The proportion which remains changes the stratification predictably.
Freshwater storage within the Ocean adjusts with a timescale of 8.9 ± 0.6 years. If, on
the contrary, the freshwater enters in the form of precipitation, the response timescale
is shorter (4.9 ± 0.5 years) and the response of ocean stratification is more
complicated. A higher proportion of freshwater input than is the case with runoff is
advected to areas such as the region to the north of Greenland where it may
experience complex interactions with sea ice. Because of the formation and subsequent
export of salinity anomalies resulting from these interactions, storage within the Arctic
Ocean is much more difficult to predict. There has been a tendency in the past to see
freshwater as a passive tracer of ocean circulation: our work here shows that it plays a
more active role.

5.2

Discussion and implications

How might the picture of Arctic Ocean circulation that we describe here develop in
response to the extensive changes that are taking place there? AW inflow is warming
(Polyakov et al., 2017). Sea ice cover is thinning and retreating (Comiso, 2011).
Freshwater input is increasing (Vavrus et al., 2012; Bintanja and Selten, 2014). All of
these changes can be expected to affect ocean stratification. We first consider the lower
limb of the overturning. Warmer inflowing AW will need to lose more heat to reach the

68

Chapter 5 Summary and Conclusions

same density as the Deep Water currently formed in the Arctic, but atmospheric
temperatures in the Arctic are also expected to rise so the temperature differential
between the sea surface and atmosphere is not expected to increase in parallel. Since
the densification of AW due to heat loss to the atmosphere occurs in the winter, it is
concentrated in those regions which are ice-free all year round. Currently, these are
confined to the south-western part of the Barents Sea. If, as is expected, the remainder
of the Barents Sea becomes ice-free in future, the surface area over which the AW can
lose heat will be extended. In addition, our simulations of freshwater input in Chapter
4 suggest that increased precipitation will have the effect of reducing freshwater
content in the Nansen Basin, perhaps because the volume of sea ice advected in from
other regions and melted there is reduced, which would reduce stratification and
facilitate an enhancement in heat loss from the AW.
We turn now to consideration of the upwelling limb of the overturning. As this study
shows, this is dependent on highly localised diapycnal mixing, which is probably also
bottom-intensified. The barotropic tidal flows which appear ultimately to supply much
of the energy that drives the mixing are unlikely to be much changed in the new Arctic,
but the particular conditions of stratification which allow for the conversion of energy
from the barotropic tide will depend on the stratification at the generation sites.
Propagation of the resulting internal waves will in addition be affected by changes in
ice cover close to these locations, since internal wave energy is seen to be absorbed in
areas covered by ice. The Arctic Front is predicted to retreat northwards in response
to warming AW inflow (Polyakov et al., 2017), leading to pronounced changes in
stratification in the region comprising the Barents Sea and shelf area north of Svalbard
which is thought to contain the major mixing hotspots contributing to the upwelling. If
the effect of Arctic change on upwelling of AW is to be predicted with any confidence,
a clearer picture is required of where the bulk of the mixing actually takes place.
In conclusion, we note that several physical processes can be expected to affect Arctic
stratification in the coming years. These include increasing freshwater input from
runoff, precipitation and melting sea ice; changes to the ocean circulation resulting
from the changing freshwater balance; increase in ocean heat flux from the Atlantic;
and reduction in sea ice cover and consequent changes in transfer of momentum from
the atmosphere to the ocean and exposure of the sea surface to ocean:atmosphere heat
fluxes. All of these have received attention to a greater or lesser extent individually in
the literature, but the studies we present here indicate that the interactions between
them are complex and a more integrated understanding of their likely effects is
required.
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