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Abstract   41 

Orbital-scale global climatic changes during the late Quaternary are dominated by 42 

high-latitude influenced ~100,000-year global ice-age cycles and monsoon influenced 43 

~23,000-year low-latitude hydroclimate variations. However, the shortage of highly-44 

resolved land temperature records remains a limiting factor for achieving a 45 

comprehensive understanding of long-term low-latitude terrestrial climatic changes. 46 

Here, we report paired mean annual air temperature (MAAT) and monsoon intensity 47 

proxy records over the past 88,000 years from Lake Tengchongqinghai in 48 

southwestern China. While summer monsoon intensity follows the ~23,000-year 49 

precession beat found also in previous studies, we identify previously unrecognized 50 

warm periods at 88,000-71,000 and 45,000-22,000 years ago, with 2-3 °C amplitudes 51 

that are close to our recorded full glacial-interglacial range. Using advanced transient 52 

climate simulations and comparing with forcing factors, we find that these warm 53 

periods in our MAAT record probably depends on local annual mean insolation, 54 

which is controlled by Earth’s ~41,000-year obliquity cycles and is anti-phased to 55 

annual mean insolation at high latitudes. The coincidence of our identified warm 56 

periods and intervals of high-frequent dated archaeological evidence highlights the 57 

importance of temperature on anatomically modern humans in Asia during the last 58 

glacial stage.  59 
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1   Introduction 64 

Southern Asia, including India monsoon-influenced southwestern China, was 65 

a major habitat and dispersal route for anatomically modern Homo sapiens following 66 

their “out of Africa” migration ~100,000 years ago (100 ka) [1-2]. Characterizing 67 

climate changes in this monsoon-influenced region, in particularly over the last 68 

glacial cycle, may therefore provide important climatic context to this dispersal [2]. 69 

So far, long-term monsoon hydroclimate variations in broader Asian monsoon region 70 

have been established from a range of different records [3-5], showing strong 23,000-71 

year precession cycles driven by boreal summer insolation [4]. Meanwhile, nearby 72 

low-latitude sea-surface temperature (SST) reconstructions display the “classical” 73 

~100,000-year ice-age cycles [6-8], due to the influences of greenhouse-gas (GHG) 74 

forcing and showing in-phase with high-latitude climates [6]. Yet, hardly any 75 

sufficiently resolved and dated, and well-quantified land-based annual mean 76 

temperature records exist for Indian monsoon-influenced Southern Asia through the 77 

last glacial stage and until the present. For example, the most recent syntheses of 78 

global temperature over the last deglaciation [9-10] and Holocene [11-12] contain 79 

only three summer temperature records in southwestern China. These indicate an 80 

overall Holocene summer cooling associated with declining Holocene boreal summer 81 

insolation [13-14], with associated reduction in Holocene summer monsoon 82 

intensities [3-5].  In contrast to this summer season trend, recent climate simulations 83 

indicate that many low-latitude land areas, including Indian-monsoon influenced 84 

Southern Asia, experienced an increase in Holocene annual mean temperatures [15]. 85 

This contrast between summer and annual mean temperature trends is likely 86 

dominated by similarly contrasting changes in Holocene summer and annual mean 87 

insolation [13-15], although increasing GHGs could also play a role [16]. According 88 



to astronomical calculations, annual mean insolation variations in low latitudes are 89 

modulated by obliquity, and therefore (1) are opposite to those at high latitudes, and 90 

(2) fluctuate with a fundamentally different periodicity than the precession-dominated 91 

variations in summer insolation [17]. Hence, detailed reconstructions of annual mean 92 

temperature records in Southern Asia are needed to obtain a comprehensive view of 93 

long-term climate changes. This, in turn, may offer valuable climatic context for 94 

understanding developments in Homo sapiens in Asia (Fig. S1 online) through the last 95 

glacial stage. 96 

Branched glycerol dialkyl glycerol tetraethers (brGDGTs) are membrane-97 

spanning lipids produced by heterotrophic bacteria containing two C28 alkyl chains 98 

with 4-6 methyl substituents and 0-2 cyclopenthy moieties (Fig. S2 online) [18]. The 99 

utility in temperature reconstructions is based on the capacity of bacteria to alter the 100 

fluidity of their lipid membrane to adjust to colder conditions by producing more 101 

methyl branches, and vice versa [18]. Because of the consistent variations between 102 

lake-surface and air temperatures [19-20] and the relatively weak seasonality in low-103 

latitude areas [21-23], lacustrine brGDGTs-based indices have been proposed as 104 

proxies for low-latitude mean annual air temperature (MAAT) reconstructions [23-105 

24]. Meanwhile, Long-chain (C27, C29, C31) n-alkanes preserved in lake sediment 106 

derive mainly from leaf-wax lipids of terrestrial plants [25-26]. Many studies have 107 

demonstrated that leaf-wax δD (δDwax, the weighted average δD values of C27-, C29- 108 

and C31-alkanes) can be used to record isotopes of rainfall [27-29]. Specifically, in the 109 

Indian monsoon region, leaf-wax δD values have been be used to record isotopes of 110 

Indian monsoon rainfall [27, 30-32]. The primary control on rainfall isotopes in the 111 

Indian monsoon region is the integrated summer monsoon rainfall between tropical 112 

ocean sources and the specific study site through Rayleigh distillation, with lower 113 



δDwax values indicating increased rainfall and stronger summer monsoon intensity, 114 

and vice versa [33-34]. As both δDwax and high-precision U-series dated Chinese 115 

speleothem δ18O records reflect water isotope fractionation processes in the same 116 

monsoon rainfall [33-34], and are similarly affected by processes in the hydrological 117 

cycle [35], analyzing brGDGTs and leaf wax δD from a single lake sediment core 118 

could not only help to constrain the age model of lake sediments beyond the time 119 

coverage of the radiocarbon dating method, but also help to identify the potential 120 

orbital-scale difference in seasonality between annual temperature and summer 121 

monsoon intensity over the last glacial stage.  122 

In addition, paleoclimate models can infer the driving force behind reconstructed 123 

climate changes. TraCE 21ka (TraCE) is the first state-of-art transient simulation of 124 

the global climate over the period of the last 21 ka using fully coupled NCAR 125 

CCSM3 with T31 spatial resolution (3.75°x3.75°) [36], forced by realistic climatic 126 

forcings that comprise orbital insolation [37], atmospheric GHG [38], meltwater 127 

discharge/AMOC changes [39], and continental ice sheets (ICE-5G) [40]. 128 

Modifications of coastlines and bathymetry are performed at 13.1, 12.9, 7.6 and 6.2 129 

ka for the Barents Sea, the Bering Strait, Hudson Bay, and the Indonesian 130 

throughflow, respectively [41-42]. In spite of the limitation of insufficient knowledge 131 

about meltwater discharge from continental ice sheets, TRACE 21ka has been found 132 

to reproduce paleoclimatic variations in considerable detail through parallel 133 

sensitivity experiments across climate change events [41-42]. Simulations include 134 

both the general climate transition from the glacial to interglacial state [10, 43], and 135 

the main climate change events such as H1, BA, YD during the last deglacial [42, 44-136 

45]. 137 



In this study, we report both brGDGTs and δDwax records over the past 88,000 138 

years, inferred from exactly the same sample set of a lake sediment core collected in 139 

Hengduan Mountains, southwestern China (Fig. S1 online). Together with the 140 

advanced TraCE climate simulations, we aim to (1) reconstruct both MAAT and 141 

summer monsoon intensity variations since the last glacial stage at a terrestrial site in 142 

Indian monsoon-influenced southern Asia; (2) identify the potential orbital-scale 143 

seasonal difference between annual temperature and hydroclimate in this region; (3) 144 

infer the driving mechanism behind obtained paleoclimate changes; (4) provide a 145 

more reliable paleoclimate background for the living conditions of anatomically 146 

modern humans.  147 

 148 

2   Materials and methods  149 

2.1 Study site 150 

Both Lake Tengchongqinghai (25°07′ N, 98°34′E; 1885m asl) and Lugu Lake 151 

(27°41'N, 100°45'E; 2685 m a.s.l.) are located in the Hengduan Mountains at the 152 

southeastern margin of the Tibetan Plateau (Fig. S1 online), within the influence of 153 

the Indian summer monsoon [46]. Lake Tengchongqinghai is close to the Yushuping 154 

Archaeology Site, where anatomically modern humans lived at around 30 ka [47] 155 

(Fig. S1 online). Lake Tengchongqinghai is a small freshwater crater (maar) lake with 156 

a surface area of ~0.25 km2 and a catchment area of ~1.5 km2. The mean water depth 157 

is ~5.2 m, and the maximum water depth is ~8.1 m. The closed lake is mainly 158 

recharged by direct precipitation, groundwater, and surface runoff from the catchment 159 

basin, with no visible outlet. Lugu Lake is a tectonically formed alpine freshwater 160 

lake with a surface area of ~50 km2 and a catchment area of 171.4 km2. The mean 161 



water depth is ~40 m, and the maximum water depth is ~94 m. The lake resides 162 

within an inter-montane basin that is fed mainly by direct precipitation and surface 163 

runoff, along with two very small inflowing rivers in the south (Sanjiacun River and 164 

Shankua River). The lake is drained via Caohai wetland in the southeast into Gaizu 165 

River, a tributary of the Yangtze River [48].  166 

2.2 Sample collection 167 

In 2017, a 2237-cm long sediment core (TCQH17A), reaching the bedrock of the 168 

lake bottom, was drilled at ~6 m water depth from the center of Lake 169 

Tengchongqinghai using a mechanical platform sampling system. After initial 170 

descriptions in the laboratory, sediment cores were sliced at 2-cm intervals. In this 171 

study, a total of ~290 subsamples were selected and analyzed for brGDGTs and leaf-172 

wax hydrogen isotope analyses. In 2010, an 860-cm-long core (LG10) was drilled at 173 

~70 m water depth in the center of Lugu Lake using a UWITEC sampling system 174 

[48]. After initial descriptions in the laboratory, sediment cores were sliced at 1-cm 175 

intervals. In this study, we focus on the top ~500 cm for brGDGTs analyses to obtain 176 

Holocene MAAT record, with a total of ~190 subsamples. We have also collected 20 177 

modern sediment samples from 9 lakes in southwestern China, spanning a large 178 

elevational range between ~1500 and ~4000 m a.s.l. and thus a temperature range 179 

between ~2 and ~18 °C (Table. S1). In addition, 11 and 8 soil samples have been 180 

collected from the catchments of Lugu Lake and Lake Tengchongqinghai, 181 

respectively. 182 

2.3 Age model  183 

Construction of the chronology for core TCQH17A involves two steps. First, we 184 

obtained 13 AMS-14C dates from the top 10 meters of the core (going back to 35 ka), 185 



mostly from terrestrial plant fragments (Fig. S3 online and Table. S2 online). The 186 

resulting 14C dates were calibrated to calendar ages using IntCal13 calibration curves 187 

[49] (Table. S2) in the program CLAM2.2 [50]. Second, based on the almost identical 188 

variations in our δDwax record and the speleothem record [4], we correlated our δDwax 189 

record for the section below 10 meter with the Chinese speleothem δ18O records from 190 

Hulu, Dongge, and Sanbao Caves, which had been dated previously using the high-191 

precision radiometric U-series dating technique [4], by finding 6 anchor points 192 

through graphically correlation of both time series using Analyseries [51] (Fig. S3 193 

online). We checked the resulted interval at 88-35 ka with that from the speleothem 194 

δ18O timeseries, using the ‘cross-correlation’ function in the program. That yields a 195 

peak correlation (r=0.7) under their current phase relation of both time series.  196 

The 95% uncertainty of each anchor point is conservatively considered from 197 

plus/minus the time span of 2 sampling points of our δDwax analyses. With the top of 198 

core TCQH17A setting as -66 year before present (equivalent to the year 2016) 199 

because of the well-preserved water-sediment surface, an age model was then 200 

developed using linear interpolation method with the CLAM 2.2 code in the software 201 

“R”. We contend that our age model is robust, based on the observation that both our 202 

δDwax and Chinese speleothem δ18O records show almost identical variations (Fig. S3 203 

online), and the fact that both isotope proxies share the same physical control 204 

mechanisms and come from water isotopes in monsoon rainfall.  205 

The age model for core LG10 is transferred from parallel core LG08, which 206 

has a chronology based on 13 AMS-14C dates measured on 5 samples of terrestrial 207 

plant remains and 8 of bulk organic matter [48]. An old-carbon effect of 14C age 208 

1662±214 year was determined and corrected for regarding bulk organic samples 209 



[48]. The resulting 13 14C dates were calibrated to calendar ages and then an age 210 

model was constructed through linear interpolation [48]. 211 

2.4 Organic geochemical analysis 212 

Freeze-dried subsamples were ultrasonically agitated in organic solvents 213 

(dichloromethane:methanol =9:1, v/v) for lipid extraction. After saponification of 214 

extracted lipids by 6% potassium hydroxide in methanol solution, the neutral lipids 215 

were extracted with n-hexane, and then separated into apolar (containing n-alkanes) 216 

and polar fractions (containing GDGTs) with silica gel (100% activated) column 217 

chromatography, using n-hexane and methanol, respectively [52]. The polar fractions 218 

were filtered through a 0.45 µm PTFE polytetrafluoroethylene filter before analysis. 219 

The following analyses were performed in the State Key Laboratory of Biogeology 220 

and Environmental Geology, China University of Geosciences.  221 

Compound specific hydrogen isotope ratios of n-alkanes were measured by a 222 

Delta-V advantage Isotope Ratio Mass Spectrometer (IRMS, Thermo Finnigan) 223 

connected to a Gas Chromatography (GC) UltraTM trace (Thermo Finnigan). Apolar 224 

fractions containing approximately 300 ng n-alkanes were injected into the GC with a 225 

splitless mode, with the injector temperature of 290 °C. The GC oven temperature 226 

program was 50 °C (held 1 min) to 210 °C at 10 °C/min (held 2 min), then to 300 °C 227 

at 6 °C/min, and finally ramped to 310 °C at 10 °C/min (held 25 min). The n-alkanes 228 

were converted to hydrogen gas using a high-temperature pyrolysis reactor at 229 

1,400°C, and then their hydrogen isotopes were measured by the IRMS. During all 230 

the experiments, the H3
+ factor varied between 3.7 and 4.2 during the sample analysis 231 

and daily variation <0.1 [53]. The stability of the IRMS was checked with an n-alkane 232 

mixture (n-C23, n-C25, n-C27, n-C29, and n-C31 alkane) and the Indiana A4 mixture 233 



with known δ2H values between every two samples. Squalane (δ2H value: -167‰) 234 

was used as the internal standard. Standard deviation for hydrogen isotope analysis 235 

was less than ±5‰, based on at least duplicate analyses. Results are reported in the 236 

delta notation (‰) relative to the Vienna Standard Mean Ocean Water standard 237 

(VSMOW). The down-core δD results from C27, C29, and C31 –alkanes are shown in 238 

Fig. S4 online.  239 

Identification and quantification of brGDGTs were performed using Agilent 240 

1200 series liquid chromatograph linked to a triple quadrupole mass spectrometer 241 

(LC-MS2) system, equipped with auto-injection mode and Masshunter qualitative 242 

software. The polar fractions were spiked with an aliquot of internal C46 standard and 243 

re-dissolved in 300 L solvents (n-hexane:ethyl acetate, EtOA, 84:16, v/v) with 244 

injection volume of 10 L. Separation of 5- and 6-methyl brGDGTs isomers was 245 

achieved with two Silica columns in tandem (each 150 mm× 2.1 mm, 1.9 μm, 246 

Thermo Finnigan; USA), maintained at 40 °C. The elution gradients of GDGTs were 247 

n-hexane:EtOA solvent (84:16, v/v) for the first 5 min, followed by a linear gradient 248 

change to n-hexane:EtOA solvent (82:18, v/v) from 5 to 65 min and then to 100% 249 

EtOA for 21 min, followed by 100% EtOA for 4 min to wash the column and then 250 

back to n-hexane:EtOA solvent (84:16, v/v) to equilibrate the column. The constant 251 

flow rate was 0.2 ml/min throughout. The MS conditions were: nebulizer pressure 60 252 

psi, vaporizer temperature 400°C, drying gas flow rate 6 L/min and temperature 253 

200°C, capillary voltage 3500 V, corona 5 μA. Selected ion monitoring (SIM) was 254 

used, monitoring at m/z 1050, 1048, 1046, 1036, 1034, 1032, 1022, 1020, 1018 for 255 

the regular of brGDGTs. Quantification of GDGTs was achieved by using an external 256 

standard and integrating peaks areas of the [M+H] + ions, assuming an identical 257 



response factor for GDGTs. The 5- and 6-methyl brGDGTs were assigned as 258 

described in [54]. 259 

2.5 brGDGT data analyses, MAAT reconstruction and uncertainty assessment 260 

We calculate fractional abundances of summed tetra-, penta-and hexa-methylated 261 

brGDGTs of the 20 modern samples from the 9 lakes in southwestern China, down-262 

core samples from both core LG10 and core TCQH17A, and modern soil samples 263 

from both lake catchments. We also compare with results of modern samples from 264 

East African lakes [24] and global soils [55] (Fig. S5 online). All these results derive 265 

from the new brGDGT analytical method, with separation of 5-methyl and 6-methyl 266 

isomers.  267 

We choose recently proposed Index1 [55] as the proxy for mean annual air 268 

temperature (MAAT) reconstructions, which is also one of the recommended 269 

calibrations for East African lakes [24]. To fully propagate the uncertainties of the 270 

calibration and our temperature reconstructions, we performed a linear ordinary least-271 

squares regression of Index 1 against MAAT, yielding a calibration line and its 2σ 272 

confidence interval (Fig. S6a online). The predictive ability of our model and the 273 

uncertainty in our reconstruction were evaluated by bootstrapping, which generated 274 

5000 replicates assumed to mimic the actual distribution of the model parameters 275 

(Fig. S6b, c online). The bootstrapped coefficient of determination (R2) and root mean 276 

squared error of prediction (RMSEP) are 0.91 and 2.49, respectively. Uncertainties of 277 

MAAT time-series were calculated from the bootstrapping and expressed in terms of 278 

95% confidence interval. 279 

 280 



3   Results and discussion 281 

3.1 Evaluation and validation of MAAT reconstruction 282 

The results from both modern and down-core lake sediments in southwestern 283 

China are consistent with those from East African Lakes (Fig. S5a, c online). Results 284 

from soils in both lake catchments are also consistent with those from global soils 285 

(Fig. S5b, d online). This suggests that brGDGT distributions in southwestern China 286 

follow closely the global or broader-scale lacustrine/soil brGDGT patterns with 287 

separation of 5-methyl and 6-methyl isomers (Fig. S5 online). 288 

However, brGDGT distributions between soils and lake sediments (both down-289 

core and modern samples) are distinct in either Lugu or Tengchongqinghai 290 

catchments. At Lugu Lake, for example, fractional abundances of hexa- (0.3-0.46) 291 

and tetra-methylated (0.11-0.18) brGDGTs in lake sediments have ranges that are 292 

distinct from those in catchment soils (0.02-0.2 for hexa- and 0.19-0.62 for tetra-) 293 

(Fig. S5a, b online). While at Lake Tengchongqinghai, fractional abundances of 294 

penta- (0.3-0.5) and tetra-methylated (0.3-0.6) brGDGTs in lake sediments also have 295 

ranges that are distinct from those in catchment soils (0-0.3 for penta- and 0.7-0.9 for 296 

tetra-) (Fig. S5c, d online). Although we cannot completely exclude any brGDGT 297 

contribution from soils based only on these differences, our comparison still suggests 298 

that brGDGT sources in both lakes are dominated by autogenic lacustrine origins 299 

rather than soil contributions in both modern and downcore sediments.   300 

Considering the broadly similar environmental variables and climatic background 301 

of both lake groups (Table. S1), and the similar brGDGT-MAAT calibration functions 302 

based on East African lakes (MAAT=12.22+18.79*Index1, R2=0.92) and SW Chinese 303 

lakes (MAAT=11.08+20.69 *Index1, R2=0.84), it is reasonable to combine the results 304 



from both lake groups to obtain a more reliable function 305 

(MAAT=12.18+19.11*Index1, R2=0.92, RMSE=2.49 °C) for our study area (Fig. S6a 306 

online). Also, study of brGDGTs in African lakes has demonstrated that MAAT 307 

explains the majority of the variations in the East African lake brGDGT data (by 308 

comparing with other variables such as lake depth, surface and bottom pH, 309 

conductivity, surface area, surface and bottom dissolved oxygen, etc.), and that the 310 

inferred MAAT calibrations may be appropriate in tropical lakes outside East Africa 311 

[24]. With all our downcore brGDGTs falling within range of these modern lake 312 

sediments, the calibration is robust for reconstructing low-latitude MAAT changes for 313 

this study. 314 

We compare the Index1-based and traditional MBT’5ME-based MAAT 315 

reconstructions (Fig. S7 online), and find the Index1-based calibration can get a more 316 

realistic MAAT at Lake Tengchongqinghai which is comparable to instrumental data, 317 

although both time series vary consistently. For instance, the reconstructed core-top 318 

temperature of ~17.9 °C agrees well (within its 2-sigma uncertainties) with the 319 

modern mean annual temperature of 17.5 °C at the year 2016 obtained from the 320 

nearby Baoshan Meteorological Station. We further validate the Holocene MAAT of 321 

Lake Tengchongqinghai with another reconstruction from the nearby higher-322 

elevation, larger Lugu Lake, using exactly the same method based on the Index1. 323 

Both records show a similar overall trend in the Holocene, but the Lugu record shows 324 

less high-frequency variability and more similarity to the TraCE model output (Fig. 325 

S7-S8 online). In addition, another brGDGT-inferred MAAT record from Lake 326 

Tengchongqinghai [56], re-calculated by our new calibration function, shows an 327 

overall similar pattern with ours during the past 50 ka (Fig. S7a online).   328 

In addition, we calculate the Branched Isoprenoid Tetraether index (BIT) and 329 



CBT’-derived pH records for both lakes, although the recent study shows that 330 

brGDGT-derived lake pH values have larger uncertainties [24]. In core TCQH17A 331 

from Lake Tengchongqinghai, BIT values fall in a quite small range (0.97 to 1) 332 

relative to many other lakes (Fig. S7 online), which indicates a rather stable microbial 333 

populations over the past ~88 kyr. At orbital scales, there are small changes (up to 334 

0.03) in BIT values which show some similarities with variations of our δDwax-335 

derived monsoon intensities (Fig. S7 online), indicating that orbital-scale BIT changes 336 

have been probably driven by monsoon rainfall rather than MAAT. Similarly, orbital-337 

scale changes in inferred pH values also show similarities with changes in our 338 

monsoon intensity record (Fig. S7 online). In addition, lithology of the core, although 339 

without distinct lithofacies variations, still shows subtle changes consistent with 340 

orbital-scale monsoon variations (Fig. S3 online). These findings suggest that our 341 

inferred MAAT changes are independent from other environmental variables at Lake 342 

Tengchongqinghai.      343 

At Lugu Lake, the inferred downcore pH values do not show a clear 344 

correlation with our reconstructed MAAT data either (Fig. S8 online). Calculated 345 

downcore BIT values are relatively stable at ~0.9 before 10 ka and then decreased to 346 

~0.6 during over the past 10 ka (Fig. S8 online). Although BIT values in the Holocene 347 

section are roughly anti-phased with our MAAT data, they do not show an obvious 348 

change during the last deglaciation when the MAAT experienced a temperature drop 349 

at 13-12 ka (the Younger Dryas event) and then a warming trend at 12-10 ka. Similar 350 

to Lake Tengchongqinghai, therefore, brGDGT-inferred MAAT in Lugu Lake does 351 

not seem to be substantially influenced by other environmental variables, as was also 352 

indicated in modern East African lakes [24]. In addition, the MAAT record at Lugu 353 



Lake shows a consistent change with that from TraCE simulations, further supporting 354 

the reliability of this MAAT record (Fig. S7-S8 online). 355 

3.2 Reconstructed MAAT variations in southwestern China 356 

Our MAAT record from Lake Tengchongqinghai shows pronounced orbital-357 

scale periodic warm intervals since the last glaciation, including an ~2.5 °C warming 358 

interval from 88 to 71 ka, an up to ~2 °C warmer period from 45 to 22 ka, and a 359 

progressive ~3 °C warming from the end of the last glacial maximum around 19 ka to 360 

the late Holocene (Fig. 1c). During the intercalated colder intervals, MAAT values 361 

averaged about 14-15 °C (Fig. 1c). The inferred temperature difference of ~3°C 362 

between means for the last glacial maximum and Holocene agrees with previous 363 

estimates of 2-4°C for low-latitude oceans [57] and many low-elevation sites in 364 

tropical terrestrial regions [58-59].  365 

The pattern of temporal variability in our reconstructed MAAT record differs 366 

markedly from that of Asian summer monsoon intensity records, including our own 367 

δDwax record from the same sample set and the absolute-dated Chinese speleothem 368 

δ18O records [4] (Fig. 1a-c). In particular, our MAAT data do not show the ~23,000-369 

year precession cycle, which is especially prominent in the summer monsoon-370 

intensity records from Chinese caves (Fig. 1a-c). The cave records are strongly 371 

affected by hydroclimate variations throughout low-latitude summer monsoon areas 372 

[4], which is corroborated by the agreement with our δDwax record. Summer 373 

monsoons were intense during Marine Isotope Stage 5a (MIS5a) and weak during 374 

MIS 4. Conversely, our MAAT reconstruction shows that the warm period lagged 375 

peak summer monsoon intensities in MIS 5a as recorded by δDwax from the same set 376 

sample. Moreover, the warm period extended from MIS 5a into early MIS 4 (Fig. 1a-377 



c). During MIS 3, summer monsoon intensities were relatively high, but MAAT was 378 

low throughout the first half of this interval (Fig. 1a-c). Summer monsoon intensities 379 

were low during MIS 2, while a warm period revealed by our MAAT data spanned 380 

the later stage of MIS 3 and early MIS 2 until 22 ka (Fig. 1a-c). During the Holocene, 381 

summer monsoon intensity decreased, whereas MAAT continued to increase since the 382 

last glacial maximum (Fig. 1a-c).  383 

 Our MAAT record also differs substantially from global-scale and many 384 

regional temperature reconstructions obtained from marine sediments, polar ice cores, 385 

and Chinese loess sections. Atmospheric CO2 concentrations [60] (Fig. 1e), high-386 

latitude temperatures from Antarctic [61] (Fig. 1f) and Greenland ice cores [62], and 387 

global mean SST [63] all display an overall declining trend during the last glacial 388 

stage, typical of the so-called “saw-tooth”-shaped ~100,000-year global glacial-389 

interglacial cycle. Summer-biased temperature records derived from soil brGDGTs 390 

from the mid-latitude Chinese Loess Plateau, where the brGDGT producer organisms 391 

are sensitive to moisture availability in this semi-arid region and probably experience 392 

optimum growth during East Asian summer monsoon season [64-65], also show this 393 

glacial-interglacial pattern [64-66], although some display strong ~23,000-year 394 

precessional cycles similar to those characteristics of summer monsoon intensities 395 

[65]. In contrast, our Lake Tengchongqinghai MAAT shows two long warm intervals 396 

in the cold last glacial stage, which reach amplitudes close to the full glacial-397 

interglacial range (Fig. 1c). Conversely polar and global temperatures, and 398 

atmospheric CO2 levels, were relatively high in the period centered on 55 ka (Fig. 1e, 399 

f), while our Tengchongqinghai MAAT stayed low (Fig. 1c).  400 

A classic “saw-tooth”-shaped global glacial-interglacial cycle has also been 401 

reported for many low-latitude SST reconstructions [6-8]. However, some more 402 



proximal low-latitude SST records from the western Arabian Sea [67], Bay of Bengal 403 

[68], and northern Arabian Sea [69] seem more consistent with our MAAT record 404 

(Fig. S9 online). We infer that the driver of annual mean temperature variations in 405 

southwestern China, and - at least - in the aforementioned northern sectors of the 406 

Indian Ocean, was fundamentally different from the driver of summer monsoon 407 

intensity and that of the global temperature, which is strongly influenced by northern 408 

high-latitude climate.  409 

During the Holocene, our MAAT data show an overall warming trend, which 410 

contrasts with the cooling trend in stacked records of global annual temperature [11-411 

12]. Within low latitudes, most available Holocene temperature records, including 412 

SSTs and terrestrial temperatures, derive from locations outside of the Indian 413 

monsoon-influenced southern Asia [11]. These data usually show contrasting annual 414 

temperature trends at different areas, including both warming and cooling in the Indo-415 

Pacific Warm Pool [70-71], the Indian Ocean [72-73], and tropical Africa [74]. This 416 

indicates the existence of major spatial heterogeneity in low-latitude Holocene annual 417 

temperature trend. Within Indian-monsoon influenced terrestrial regions, available 418 

Holocene temperature records concern summer temperatures in southwestern China 419 

[13-14], which show a cooling trend through the Holocene that contrasts with the 420 

warming trend in our MAAT record (Fig. 2). This difference between summer-421 

specific and annual mean temperatures in southwestern China highlights the critical 422 

importance of understanding seasonality in Indian-monsoon influenced terrestrial 423 

temperature reconstructions. In the following, we disentangle the different drivers on 424 

our MAAT record using TraCE simulations [45].  425 



3.3 Driving force of Holocene temperature changes in southern Asia 426 

The two MAAT records from Lake Tengchongqinghai and Lugu Lake show 427 

similar overall trends and amplitudes of change (Fig. 2a, b), indicating our data can 428 

capture regional temperature pattern in southwestern China. Then, we compare both 429 

MAAT records with the TraCE simulations [45]. Model-simulated MAAT records 430 

under all forcings for the study region show strong similarity with our two MAAT 431 

reconstructions, with respect to both the general trend and the amplitudes of overall 432 

changes (Fig. 2a, b). A bit discrepancy likely exists over the late Holocene. Our 433 

MAAT records also show a temperature decrease at that time (Fig. 2a), which agrees 434 

with a recent temperature reconstruction for North America and Europe [75], but 435 

which is not apparent in TraCE simulations (Fig. 2a-b). We suggest that this may 436 

reflect a lack of influences of volcanic and solar-variability [76], as well as 437 

anthropogenic forcing in the TraCE simulations, which certainly needs to be tested 438 

with additional paleoclimate data and models in the future. 439 

Regarding the overall trend of annual mean temperatures, TraCE simulations 440 

with individual forcings reveal that the deglacial warming in our record is mainly 441 

forced by GHG increase, while Holocene warming is mainly forced by increasing 442 

low-latitude annual mean insolation with an additional GHG contribution after 6 ka, 443 

with very limited influences of ice-sheet and melt-water changes (Fig. S10 online). 444 

Although a general Holocene warming in low latitudes are evident in TraCE and other 445 

simulations [15], an obvious spatial heterogeneity also exists (Fig. 3). In these 446 

models, the warming Holocene pattern with strong sensitivity to annual insolation is 447 

coherent throughout tropical northern Africa (~10-20 °N), the southern Arabia 448 

Peninsula, India, and southwestern China, which cover our study site (Fig. 3b) (see 449 

also ref [15]). Beyond these regions, the influence of annual mean insolation is 450 



relatively weak (Fig. 3b) (see also ref [15]), and this is unfortunately where most 451 

available low-latitude records derive from [11]. Notably, some local factors could 452 

override the effect of annual insolation, and induce substantial spatial heterogeneity in 453 

Holocene annual temperature trends. For instance, Holocene SST discrepancies in the 454 

Indo-Pacific Warm Pool and Indian Ocean may be attributed to monsoon-induced 455 

ocean circulation patterns [71-72], influences of northern high-latitude climates [70] 456 

and/or seasonal bias in SST proxies [73, 77], while Holocene temperature changes in 457 

tropical and southern Africa have been linked to a complex interplay of local annual 458 

maximum insolation [78], tropical hydrology [79], southwestern Indian Ocean SST 459 

[80], and northern high-latitude climates [81-82]. Fortunately, model simulations 460 

suggest that our study site is in the less-complicated region where local annual 461 

insolation influences are dominant (Fig. 3b) (see also ref [15]). Regarding summer 462 

temperatures, both reconstructions (Fig. 2c) and TraCE output (Fig. S10 online) 463 

indicate an overall decreasing trend through the Holocene for southwestern China, 464 

which is strongly related to local (boreal) summer insolation (Fig. 2c and Fig. S10 465 

online). This summer temperature trend contrasts markedly with our observed and 466 

simulated warming trend through the Holocene in annual mean temperatures, which 467 

relate to annual mean insolation (Fig.  2a, b and Fig. S10 online).  468 

While we find good agreement between the TraCE simulation records and our 469 

observed annual mean temperature reconstructions for southwestern China, TraCE 470 

(and other models) also suggest a global mean Holocene warming trend, driven by 471 

declining high-latitude ice sheets and slightly increasing atmospheric CO2 472 

concentrations [16]. This contrasts with global-mean proxy-based paleotemperature 473 

syntheses, which suggest a global-mean annual-mean cooling through the Holocene 474 

[11-12]. This discrepancy has been attributed to the summer bias in many 475 



paleotemperature records [16, 75, 83], and especially in those from northern mid- and 476 

high-latitude regions where most records in the global compilations come from [11-477 

12, 15]. In addition, a recent synthesis of model simulations infers that this 478 

discrepancy can be related to Arctic amplification and sea ice loss driven by boreal 479 

summer insolation, which would cause decreasing Holocene annual mean 480 

temperatures in the northern extratropics [15], which are overrepresented in the 481 

global-mean proxy-based paleotemperature syntheses.  However, all these models 482 

consistently show a warming Holocene trend in our study region, with a considerable 483 

contribution of local annual mean insolation [15-16]. This is consistent with our new 484 

record.  485 

3.4 Possible obliquity-induced warmth in southern Asia during the last glacial stage 486 

Although the TraCE simulation does not extend beyond 21 ka, the identified 487 

annual mean insolation and atmospheric GHG (mainly CO2) concentrations may also 488 

work for Lake Tengchongqinghai record at longer timescales. Indeed, the orbital-489 

scale variations in our MAAT record coincide with the timing of changes in both 490 

factors within the last glacial stage. From 88 to 71 ka, for instance, the observed 491 

~2.5°C warming in MAAT coincided with rising annual mean insolation along with 492 

20-30 ppm elevated atmospheric CO2 concentrations from a background value of 493 

~220 ppm. The abrupt ending of this warm period coincides with a sharp CO2 decline 494 

of ~40 ppm, along with decreasing annual mean insolation. From 45 to 22 ka, 495 

increased annual mean insolation in the region of Lake Tengchongqinghai alone, 496 

without CO2 increase, sufficed to increase annual mean temperature by about ~2°C. 497 

During the last deglaciation, ~3°C warming occurred in response to a rapid CO2 498 

increase of ~80 ppm, despite an overall decline of annual mean insolation.  499 



In order to better evaluate the influence of local annual insolation and GHG on 500 

our MAAT record, we make a simple estimation by combing these two radiative 501 

forcings after measuring both of them in W/m2 (conversion of GHG forcing after ref 502 

[84], which include both CO2 and CH4), albeit they have different wavelengths (Fig. 503 

1d). The calculated result suggests this combined radiative forcing is basically 504 

consistent with our MAAT record during the past ~90 ka (Fig. 1d). The three peaks at 505 

88-71 ka, 45-22 ka and 14-0 ka correspond well with the three warm periods in our 506 

MAAT record (Fig. 1d). However, the combined forcing decreased gradually at 71-60 507 

ka and reached its lowest value around 45 ka, while our MAAT reached its lowest 508 

value at the entire 71-45 ka interval (Fig. 1d). This mismatch may be largely due to 509 

the simplicity of the estimation method for radiative forcings, which does not take 510 

into account many additional processes such as atmospheric-oceanic circulations and 511 

land covers, which could amplify these radiative forcings and induce large changes. 512 

Also, the calculated insolation is at the top of the atmosphere rather than the Earth 513 

surface, which likely overestimates the forcing at the land surface. In addition, other 514 

trace gases such as N2O will increase the GHG radiative forcing as well. Together 515 

with these uncertainties, we speculate those additional processes could be spatial- and 516 

time-variable, which certainly needs to be further studied with a data and model 517 

synthesis in the future.  518 

It is probably that the identified warm periods at 88-71 ka and 45-22 ka in our 519 

MAAT record were mainly induced by local annual mean insolation. The rise and fall 520 

of low-latitude annual mean insolation is strongly regulated by the ~41,000-year cycle 521 

of obliquity or tilt of Earth’s axis relative to its orbital plane (Fig. 1f), which exerts 522 

opposite annual mean insolation effects in high and low latitudes, with the switch-523 

over centered on 40-45° latitude [17, 84]. Decreased obliquity reduces annual mean 524 



insolation in high-latitude regions, but increases annual mean insolation in low-525 

latitude regions [17, 84]; this was the case during the warm intervals at 88-71 ka and 526 

45-22 ka recorded in our MAAT record. Compared with the relatively small 527 

amplitudes of this effect during the Holocene, the much larger increase in low-latitude 528 

annual mean insolation during the 88-71 ka and 45-22 ka intervals could override the 529 

influence of northern high-latitude climate and other possible localized factors, and 530 

may cause warmer conditions over some larger areas, such as the northern reaches of 531 

the Indian Ocean (Fig. S9 online). Our compilation and new data may reveal 532 

pervasive and widespread impacts of obliquity-induced annual mean insolation 533 

changes in the low latitudes, particularly in Southern Asia. This influence is 534 

recognized even in the Holocene, when obliquity impacts were relatively small (Fig. 535 

1f). However, we notice many other paleoclimate records, although from the 536 

simulated annual-insolation sensitive regions such as low-latitude Africa, show some 537 

contrasting temperature changes [74] and inconsistent with our record [74, 85]. 538 

Therefore, our finding and model simulations need to be assessed with additional 539 

temperature records from low-latitude land and ocean sites with excellent chronology, 540 

high sampling resolutions, and preferably with clear distinction of seasonal signals.  541 

4   Conclusions and implications 542 

We present the first, highly-resolved record of annual mean temperature in 543 

Indian-monsoon influenced Southern Asia that covers the entire last glacial cycle. It 544 

demonstrates that orbital-scale changes in annual mean temperature were decoupled 545 

from summer monsoon fluctuations in the region. In particular, we recognize two key 546 

intervals (88-71 ka and 45-22 ka) of elevated annual mean temperature that are close 547 

to the full glacial-interglacial range. With the output of TraCE simulations and 548 

comparing with forcing factors, we find these warm periods are probably forced by 549 



local annual mean insolation and secondarily GHGs, while the monsoon intensity 550 

tends to be closely associated with season-specific summer insolation.  551 

Our findings may offer new insight into the living conditions of anatomically 552 

modern humans in Asia, providing our observed annual-insolation-induced MAAT 553 

changes also works in broader areas as suggested by TraCE and other models [15]. 554 

The two warm intervals within the last glacial stage coincide with intervals of highest 555 

frequencies of dated evidence [1] for anatomically modern humans in Asia (Fig. 1c, 556 

g). While monsoon records (Fig. 1a, b) also show generally high summer monsoon 557 

intensities in these warm intervals, the interval 61-45 ka has high monsoon intensities 558 

but low frequencies of dated archaeological evidence. This suggests that the grouping 559 

of archaeological datings is more consistent with the occurrence of our warm intervals 560 

(or warmth plus active monsoons), rather than with active monsoons alone. Thus, our 561 

new temperature record may highlight the importance of temperature for anatomically 562 

modern humans in these regions within the last glacial stage. 563 
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 804 

Figure Captions 805 

Fig. 1. ┃Comparison of the reconstructed annual temperature at Lake 806 

Tengchongqinghai and other regional and global paleoclimate reconstructions. 807 

(a), Speleothem δ18O data and its 50-point moving averages (thick dark cyan) from 808 

Dongge-Hulu-Sanbao Caves in China [4]. VPDB, Vienna Pee Dee belemnite. (b), 809 

Lake Tengchongqinghai δDwax record (this study) and summer mean isolation (June-810 

July-August) at 30 °N [17]. VSMOW, Vienna Standard Mean Ocean Water. Ticks on 811 

top of this panel represents radiocarbon dates (black) and anchor points (blue) 812 

between Chinese speleothem δ18O and Lake Tengchongqinghai δDwax with 2σ errors. 813 

(c), Lake Tengchongqinghai MAAT record (this study, shaded envelope representing 814 

its 2σ uncertainty). The brown tick on the right indicates modern instrumental annual 815 

temperature. (d), Calculated radiative forcing anomaly based on GHG (including both 816 

CO2 and CH4, after ref [84]) and annual mean isolation at 30 °N, both forcings are 817 

normalized to their own pre-industrial value. (e), Atmospheric CO2 concentrations 818 

from the EPICA Dome C [60], and annual mean isolation at 30 °N [17]. (f), 819 

Reconstructed temperature anomalies inferred from δ18O values of Vostok ice core in 820 

the Antarctic [61] and Earth’s obliquity [17]. (g), Dating results of archaeology sites 821 

of modern humans in low-latitude Asia [1] with 2σ errors, together with two new 822 

results from southwestern China and the Tibetan Plateau (Methods and Fig. S1 823 

online). Marine isotope stages are indicated by gray shaded areas, obliquity-forced 824 

warm periods are indicated by grayish-yellow shaded areas. The low-CO2-825 

concentration interval related with the cold period between 71 and 60 ka is 826 

highlighted by the light-blue shaded area. 827 

 828 



Fig. 2. ┃Comparison of reconstructions and TraCE outputs for annual and 829 

summer temperatures in southwestern China. (a), Lake Tengchongqinghai MAAT 830 

reconstructions with 2σ uncertainty (this study) and TraCE output of Holocene annual 831 

mean temperature. (b), Lugu Lake MAAT reconstructions with 2σ uncertainty (this 832 

study) and TraCE output of Holocene annual mean temperature. (c), Tiancai Lake 833 

(southwestern China) July temperature reconstructions by chironomids [14] and 834 

TraCE output of Holocene summer temperature. All records and TraCE outputs are 835 

normalized to their own Holocene mean. TraCE outputs are for our study region in 836 

southwestern China, and under full forcing. Results from individual forcing can be 837 

found in Fig. S10 online.  838 

 839 

Fig. 3. ┃Evaluation of spatial influence of annual-insolation during the Holocene 840 

in TraCE. (a), Holocene annual temperature tendency (from 10 to 1 ka) under full 841 

forcing, which shows that most areas are warming. (b), Holocene annual temperature 842 

tendency under single orbital forcing, which shows that low latitude areas, including 843 

southwestern China, India, Tropical Africa, southern Arabian Peninsula, and eastern 844 

Amazonia, are most sensitive to local-annual-insolation forced warming. The black 845 

circle in southwestern China indicates our study site. 846 
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Fig. S1. Overview map of South and East Asia and other related low-latitude 

areas. The locations of Lake Tengchongqinghai (TCQH) and Lugu Lake (LG) 

(shown in red stars) are in the Hengduan Mountain in the southeastern Tibetan 

Plateau, southwestern China. Grayish yellow dots are low-latitude archaeological sites 

of anatomically modern Homo sapiens during the last glacial time [1], two pink dots 

are the recently reported Yushuping Site (YSP) in southwestern China [47] and Nwya 

Deve Site (ND) on the Tibetan Plateau [86]. Blue triangles are locations of SST 

records with apparent warm intervals during 45-22 ka as mentioned in the text, 

including core TY93-929/P from the western Arabian Sea [67], core SK157-14 from 

the Bay of Bengal [68], and core 136KL from the northern Arabian Sea [69].  

  



 
 

MBT’5ME=(Ia + Ib + Ic)/(Ia + Ib + Ic + IIa + IIb + IIc + IIIa) 

Index1= log[(Ia + Ib + Ic + IIa’+ IIIa’)/(Ic + IIa + IIc + IIIa + IIIa’)] 

CBT’= -log[(Ic+ IIa’+ IIb’+ IIc’+ IIIa’+ IIIb’+ IIIc’)/( Ia + IIa + IIIa) ] 

BIT= (Ia +  IIa’ + IIa + IIIa + IIIa’)/(Ia +  IIa’ + IIa + IIIa + IIIa’+Crenarchaeol) 

Fig.  S2. brGDGTs and related indices. Structure of individual brGDGT 

compounds (top) [52] and indices (Index1, MBT’5ME, CBT’ and BIT) used for 

paleo-environmental reconstructions for lake sediments (bottom) [54]. 



 

Fig. S3. Age model for core TCQH17A. (a), The age model constructed by linear 

interpolation between each radiocarbon date and correlation anchor (tie) point, with 

the core top set to -66 year BP. The top 10 meters are constrained by 13 radiocarbon 

dates, mostly from terrestrial plant fragments (Table. S2). Between 35 and 90 ka, 6 

anchor points were constrained by correlation between our δDwax and Chinese 

speleothem δ18O records (see b). The 2σ uncertainties bounds of each dating and 

anchor point are indicated with ticks, and with additional gray bars for correlation of 

anchor points. (b), comparison between our δDwax data from Lake Tengchongqinghai 

(blue) and the Chinese speleothem δ18O from Dongge-Hulu-Sanbao Caves (gray) [4]. 

The thick dark cyan line represents 50-point moving averages. The lithology of the 

core shown in the left of panel a, including I (0-6.57 m): dark gray (brown) massive 

silty clay to clayey silt; organic rich; II (6.57-7.74 m): gray-black and brown-gray, 

yellow-brown silty clay; III (7.74-17.55 m): brownish gray, dark gray interbedded 

silty clay and clayey silt; IV (17.55-21.86 m): brownish gray, dark gray silty clay and 

clayey silt; V (21.86-22.32 m): dark colored consolidated peat layer. 

 

 



 
Fig. S4. Comparison of δD data from different long-chain n-alkane compounds 

from core TCQH17A.  

 

 

 



 

Fig. S5. Comparison of brGDGT distributions in different sample sets. The 

fractional abundances of summed tetramethylated, pentamethylated, and 

hexamethylated brGDGTs in lakes (a, c) and soils (b, d). 

 

 

 

 

 

 

 

 



 

Fig S6. brGDGTs-MAAT calibration and uncertainties. (a), Calibration between 

Index1 and MAAT with 95% confidence limit (2σ error), from 20 modern samples 

(black dots) collected at 9 lakes in southwestern China (this study) and 65 modern 

samples (gray dots) collected from African lakes [24]. The gray line is the regression 

line for all 85 data points. The gray dashed lines indicate the 2σ uncertainty bounds of 

the regression. (b), Histogram showing the frequency distribution of the slope in the 

linear calibration function. (c), Histogram showing the frequency distribution of the 

intercept in the linear calibration function. Vertical rend lines denote the 95% 

confidence limit of the parameters. 

 



 
Fig. S7. Downcore variations of brGDGT proxy from core TCQH17A. (a), 

Index1-inferred MAAT, also shown results from another core from the shallow water 

of Lake Tengchongqinghai [56] calculated by our new transfer function. (b), 

MBT’5ME-inferred MAAT. (c), δDwax. (d), CBT’-inferred pH values [24]. (e), 

calculated BIT values. Both MAAT calibrations are computed based on 20 modern 

samples from 9 lakes in southwestern China (this study) and 65 modern samples 

collected from African lakes [24]. 

 



 
Fig. S8. Downcore variations of brGDGT proxy from core LG10. (a), Index1-

inferred MAAT. (b), CBT’-inferred pH values [24]. (c) calculated BIT values. Both 

MAAT calibrations are computed based on 20 modern samples from 9 lakes in 

southwestern China (this study) and 65 modern samples collected from African lakes 

[24]. 

 

 



 

Fig. S9. Comparison of low-latitude land and ocean temperature reconstructions. 

(a), Lake Tengchongqinghai MAAT record. (b), UK’
37 -based SST record from core 

TY93-929/P in the western Arabian Sea [67]. (c), Mg/Ca -based SST record from 

core 136KL in the northern Arabian Sea [69]. (d), Mg/Ca -based SST record from 

core SK157-14 in the Bay of Bengel [68]. Locations of each record can be found in 

Fig. S1. The grayish-yellow shaded bands indicate the local annual mean insolation 

forced warm period from the late MIS 3 and early MIS 2.  



 

Fig. S10. TraCE simulated seasonal temperature with full and individual 

forcing. (a), TraCE outputs for summer temperatures at southwestern China 

indicating the dominant control of summer insolation. (b), TraCE outputs for annual 

mean temperatures indicating the dominant control of annual mean insolation. Each 

output contains full forcing (FULL, black) and individual forcings (greenhouse gas 

(GHG), green; orbital (ORB), earth yellow; ice sheet (ICE), cameo brown; melt water 

flux (MWF), cyan). 

 

 

 

 

 

 

 

 

 



 

Table. S1. Location and environmental settings of southwestern Chinese lakes.  

Lake Latitude 

Longitu

de 

Elevation 

(m) 

Area 

(km2) 

maximum 

water 

depth (m) 

SW 

pH 

DO 

(mg/L) 

Conductivity 

(us/cm) MAAT  
Chenghai 

lake 24°17' N 

102°45' 

E 1494 77.22 35.1 9.1 7.51 1130 
17.4  

Cuoqia lake 27°24' N 

99°45' 

E 3960 0.084 26.4 6.67 3.74 9.5 3.2  

Erhai lake 25°58' N 

100°18' 

E 1969 249 20.7 8.5 7.59 280 15.9  

Fuxian lake 24°38' N 

102°58' 

E 1716 211 155 8.86 7 320 16.9  

Lugu lake 27°45' N 

100°50' 

E 2691 48.45 93.5 8.5 6.54 215 12.0  

Tiancai lake 26°38' N 

99°43' 

E 3880 0.02 7 7.45 0.502 11 3.7  

Tingming 

lake 26°35' N 

99°01' 

E 3779 1.5 19.2 6.8 1.84 - 4.3  

Xingyun 

lake 24°24' N 

102°49' 

E 1730 34.71 11 8.9 7 344 17.0  

Tengchong

qinghai lake 25°07'N 

98°34' 

E 1885 0.25 8.1 5.8 7.2 11.8 16.0  

 
 

 

 

Table S2. AMS-14C radiocarbon dates from core TCQH17A). 
Lab No. Depth 

(cm) 

Material δ13C 

(%VPDB) 

14C date 

(yr BP±2σ range) 

Calibrated age 

(cal yr BP±2σ range) 

Beta-473793 94 Plant fragments -29.1 810±30 731±51 

Beta-473794 144 Plant fragments -29.9 2130±30 2080±79 

Beta-473795 198 Plant fragments -26.5 3910±30 4335±87 

Beta-473796 308 Plant fragments -29.6 7070±30 7902±58 

Beta-473797 354 Plant fragments NA 8310±30 9342±94 

Beta-473798 435 Plant fragments -27.5 10150±30 11856±156 

Beta-473799 479 Plant fragments -33.2 12020±40 13881±128 

Beta-473800 593 Plant fragments -30.2 16240±50 19438±192 

Beta-473801 719 Plant fragments -27.7 19180±60 23139±257 

Beta-473802 789 Plant fragments -26.3 22090±90 26310±265 

Beta-531492 900 Organic matter -25.0 27170±120 31135±192 

Beta-531493 950 Organic matter -24.5 29040±140 33250±395 

Beta-531490 1008 Charcoal NA 30610±180 34535±369 
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