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 The volcanism thought to have initiated the PETM may too have helped terminate it.  24 
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Abstract 27 

The Palaeocene-Eocene Thermal Maximum (PETM) was a period of intense global warming 28 

that began ~55.9 million years ago and lasted about 170,000 years. Various mechanisms have 29 

been proposed to cause this warming, including the emplacement of the North Atlantic 30 

Igneous Province (NAIP). Equally, many mechanisms have been invoked to explain 31 

sequestration of carbon from the ocean-atmosphere system necessary to promote the recovery 32 

to more temperate conditions. Here we propose that an important path for carbon 33 

sequestration was tied to NAIP volcanism through the precipitation of calcium carbonate 34 

(CaCO3) cements within the tephra layers. These cements formed after the deposition and 35 

burial of tephra over a wide area of the North Atlantic Ocean during the late Palaeocene and 36 

early Eocene. We find strong evidence that authigenic CaCO3 cements formed shortly after 37 

tephra deposition. Monte Carlo simulations suggest that this process may have been 38 

responsible for a quarter of the carbon sequestered during the PETM recovery phase, 39 

providing a major, but previously unconsidered sink of isotopically-light carbon, and one 40 

which may have persisted into the Eocene.  41 

  42 
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1 Introduction 43 

The late Palaeocene and early Eocene were punctuated by several episodes of rapid global 44 

warming or hyperthermals (Westerhold et al., 2018), characterised by negative carbon isotope 45 

excursions (CIEs) in sedimentary strata. The largest and best studied of these, the 46 

Palaeocene-Eocene Thermal Maximum (PETM), involved 4–5 °C of land surface warming 47 

and an up to 9 °C rise in sea surface temperatures over a period of 170,000 years (Dunkley 48 

Jones et al., 2013; Storey et al., 2007), that started ~55.9 million years ago (Ma) (Charles et 49 

al., 2011; Westerhold et al., 2018). Volcanic and thermogenic degassing associated with the 50 

formation of the North Atlantic Igneous Province (NAIP) has been invoked as a potential 51 

trigger (Gutjahr et al., 2017; Svensen et al., 2004), as well as other processes including 52 

carbon release from methane hydrates (Dickens et al., 1995), permafrost (Deconto et al., 53 

2012), other organic matter sources (Higgins and Schrag, 2006), and potenitally a bolide 54 

impact (Schaller et al., 2016). Volcanic activity occurred across the North Atlantic region 55 

during the end of the Palaeocene and the early Eocene (Roberts et al., 1984; Steinberger et 56 

al., 2018; Svensen et al., 2004), with the intrusion of approximately 6.6 × 106  km3 of magma 57 

(Saunders, 2016). Massive explosive eruptions also resulted in tephra deposition across much 58 

of north-western Europe and the North Atlantic Ocean, with PETM-age tephra found as far as 59 

Austria, c.1,900 km away from the source area (Egger and Brückl, 2006; Larsen et al., 2003; 60 

Stokke et al., 2020a) (Fig. 1). Importantly, coupled sea surface pH reconstructions and carbon 61 

isotope modelling indicate that the 3,000 Pg to >10,000 Pg of carbon emissions was required 62 

to initiate the PETM most likely derived from a volcanic source (Gutjahr et al., 2017). Other 63 

modelling results are consistent with regular injections of magmatic carbon over the ~50 kyr 64 

following its inception (Frieling et al., 2016), possibly linked to thermogenic degassing 65 

(Svensen et al., 2004). 66 
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The processes and feedbacks responsible for returning the ocean-atmosphere carbon system 67 

and global climate to pre-PETM conditions are debated. The drawdown of atmospheric CO2 68 

during the PETM recovery likely occurred more rapidly than can be attributed to silicate 69 

weathering alone (Bowen and Zachos, 2010), with evidence suggesting enhanced weathering 70 

also led to elevated organic carbon (Corg) burial (Bowen, 2013; Bowen and Zachos, 2010; 71 

Gutjahr et al., 2017). It has been suggested this may have occurred via an enhanced biological 72 

pump (Ma et al., 2014), amplified carbonate formation (Kelly et al., 2010, 2005), a deepening 73 

of the carbonate compensation depth (Penman et al., 2016), or a shift in the style of 74 

calcification (Boudreau et al., 2018). Thus, recent modelling studies have concluded that both 75 

enhanced silicate weathering feedbacks and greater levels of Corg burial drove the PETM 76 

recovery (Gutjahr et al., 2017; Penman and Zachos, 2018).  77 

We suggest that tephra alteration on the seafloor during early burial and diagenesis may also 78 

have perturbed the carbon cycle. On decadal timescales, tephra may augment organic carbon 79 

(Corg) production in the vicinity of an eruption as nutrient-rich tephra alleviates phytoplankton 80 

nutrient deficiencies (particularly dissolved Fe), as observed for example, in the aftermath of 81 

the 2010 Eyjafjallajökull eruption (Achterberg et al., 2013), and in the northeast Pacific after 82 

the eruption of Kasatochi (Hamme et al., 2010). This is due to the rapid release of metal salts 83 

from tephra upon deposition in seawater (Jones and Gislason, 2008). Volcanism can also 84 

enhance Corg  preservation via the isolation of organic matter from oxidants (Hembury et al., 85 

2012) and the formation of stable organometallic complexes (Longman et al., 2019). During 86 

periods of extensive volcanism, authigenic carbonate (Cauth) may also form within widespread 87 

tephra blankets (Schrag et al., 2013; Wallmann et al., 2008). Cauth is largely derived from 88 

elevated pore water carbonate concentrations formed from methanogenesis and the anaerobic 89 

oxidation of methane (AOM) (Schrag et al., 2013), and thus sequesters organic carbon.  90 
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We investigated the potential impact of Cauth formation in PETM-age tephra deposits from 91 

the island of Fur, Denmark (Supplementary Figure 1), the Rockall Plateau (Deep Sea Drilling 92 

Project (DSDP) Leg 81, Holes 553A and 555), and a hydrothermal vent complex in the 93 

Vøring Basin offshore Norway (core 6607/12-1) (Fig. 1). The Rockall tephra layers were 94 

deposited immediately above basaltic lavas formed during the main phase (phase 2) of NAIP 95 

activity (see Methods) during the Paleogene (Roberts et al., 1984), the same activity that led 96 

to the deposition of the Fur tephras, which are preserved across Denmark (Larsen et al., 2003) 97 

and broadly coeval with hydrothermal vent formation (Frieling et al., 2016; Svensen et al., 98 

2003) (Fig. 1).  99 

2 Methods and Materials 100 

2.1 Site Description 101 

Holes 553A (56°05.32’N, 23°20.61’W, water depth 2339 m) and 555 (56°33.70’N, 102 

23°46.93’W, water depth 1669 m) were drilled as part of DSDP Leg 81, in the north-eastern 103 

North Atlantic, with Hole 553A located to the edge of the Rockall Plateau, and Hole 555 on 104 

the plateau’s western flank (Fig. 1). We also investigated samples from the Fur formation, 105 

Fur Island, Denmark (sampled at 56°50'15"N 8°57'36"E) (layers -33, -19, +22, +62, +82, 106 

+90, +94, +101, +102, +110 and +118; (Bøggild, 1918)), deposited during the latest 107 

Palaeocene and early Eocene (Larsen et al., 2003) (Fig. 1).  108 

2.2 Geochemical Analyses 109 

For the samples from Holes 553A and 555, inorganic (CaCO3) carbon was measured on 20 110 

mg of homogenised freeze-dried sediment via coulometry, with measurements made on 111 

evolved CO2 resulting from acidification. A carbonate standard and an in-house stream 112 

sediment standard were analysed alongside samples to ensure accurate and repeatable 113 
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measurements. The same sample then underwent multiple rinses with Mili-Q water prior to 114 

drying. From this, a subsample (5 – 15 mg) was taken and organic carbon, sulfur and nitrogen 115 

content measured via a Vario PYRO cube elemental analyser coupled with a vision isotope 116 

ratio mass spectrometer (IRMS) at the University of Southampton. Bulk sediment carbon 117 

isotope signatures (δ13CBulk) were measured on the same evolved CO2, and calibrated to 118 

USGS 40 and USGS 41a, with reproducibility of ±0.11 ‰, and ±0.06 ‰, respectively.  119 

Using the coulometry results, samples from Sites 553A and 555 containing CaCO3 were 120 

selected and analysed via a Thermo Scientific Kiel IV Carbonate device coupled to a 121 

MAT253 IRMS at the University of Southampton. Perchloric acid was applied to the bulk 122 

sediment, releasing CO2, from which carbon and oxygen isotope values (δ13CCarb and δ18O) 123 

were obtained for the carbonate fraction. Replicate analyses of an in-house standard were 124 

calibrated to NBS-18 and NBS-19, with reproducibility of ±0.13 ‰ and ±0.12 ‰ 125 

respectively for δ13C, and ±0.17 ‰ and ±0.23 ‰ respectively for δ18O.  126 

Tephra samples from Fur Island were dried and crushed prior to initial characterisation via an 127 

elemental analyser to infer carbonate content. Samples which contained >1% carbonate 128 

(layers +94, +101 and +102) were digested in phosphoric acid at 25°C prior to analysis of 129 

purified CO2 on a VG SIRA 12 gas-source mass spectrometer at the University of Liverpool. 130 

NBS-19 was used as a reference standard, and average precision was between 0.1 ‰ for both 131 

carbon and oxygen. All isotope data are presented in delta notation, the per mil variation from 132 

the VPD Belemnite. Resolution of analyses depended upon sample availability, with DSDP 133 

samples taken at 5 cm resolution wherever possible, and single samples taken from each 134 

analysed tephra layer at Fur.  135 

To determine the source of the volcanic material, the neodymium (Nd) isotope signal of 136 

several homogenised and freeze-dried tephra and hyaloclastite samples was investigated. 137 

After leaching in 6M HCl for 2 hours to remove any post deposition alteration-related 138 
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material, samples were dissolved using a mixed acid HNO3-HF approach.  The Nd-containing 139 

aliquot was purified via cation (AG50-X8 200-400 mesh resin) and reverse phase (LN Spec, 140 

Eichrom Industries) chromatography. Measurements were made using a Thermo Fisher 141 

Neptune MC-ICP-MS at the University of Southampton.  142 

2.3 Calculations and Modelling 143 

We used existing isopach maps developed from tephra thickness measurements across the 144 

North Atlantic region to estimate the area covered by tephra during the PETM (Egger and 145 

Brückl, 2006; Obst et al., 2015). These isopachs were produced from mapped outcrops of Fur 146 

tephra layer +19, which has been correlated to sediments from DSDP Site 550 (Goban Spur) 147 

and the Austrian Alps (Egger and Brückl, 2006). By using the isopachs of this tephra layer, 148 

its known thickness at Fur, and by assuming a common source of all tephra layers, isopachs 149 

of all PETM-age tephras deposited in the Fur formation were developed (Supplementary 150 

Table 1, Fig. 1). This method calculates the thickness of each tephra at each outcrop as a 151 

proportion of tephra layer +19, using tephra thicknesses measured at Fur. For example, tephra 152 

layer +19 is 19 cm thick at Fur, and 2.5 cm thick in Hole 550 (Egger and Brückl, 2006). 153 

Using the proportional relationship between the tephra extents, tephra layer -33 (deposited at 154 

the transition between the main body and recovery phase of the PETM carbon isotope 155 

excursion (Egger and Brückl, 2006)) is 20 cm thick at Fur, and so we calculate it to be 2.6 cm 156 

thick in DSDP Site 550. We use this approach to estimate the volume of each tephra layer 157 

present at Fur (Supplementary Table 1). For each tephra layer, therefore, we produce an 158 

estimate of its thickness in each outcrop of PETM-age tephra (Supplementary Table 1). To 159 

convert tephra thicknesses and isopach estimates to tephra volumes, the Weibull interpolation 160 

method was used (Bonadonna and Costa, 2012). This approach fits a Weibull distribution to a 161 

graph of the square root of isopach area against tephra thickness. For each tephra layer, 162 

values for θ (a thickness scale), λ (the decay length scale of deposit thinning) and n (a 163 
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dimensionless shape parameter) were optimised to attain the best Weibull fit. This 164 

optimisation was completed using the Solver function in Microsoft Excel to fit the Weibull 165 

distribution curve most closely to the data before integration to attain an estimate of tephra 166 

volume for each layer. By comparing observed tephra layer thicknesses to those developed by 167 

the Weibull fit, difference values and mean absolute percentage errors (MAPE) were 168 

developed (Supplementary Table 1). These estimates of tephra deposition were then summed 169 

to attain some estimates of the total volume of tephra deposited during the PETM, and are in 170 

line with previous estimates of tephra transport (Egger and Brückl, 2006; Stokke et al., 171 

2020b).  172 

To estimate the impact of Cauth formation in hydrothermal vent structures, estimates of the 173 

number (Nvent), radius (Rvent) and depth (Dvent) of such structures were used (Frieling et al., 174 

2016; Planke et al., 2005; Svensen et al., 2003). Using these values, we estimated the volume 175 

of tephra filling these vents. For both the tephra layers and vent structures, estimated tephra 176 

volumes (VT, in km3), and measured percentages of CaCO3 (Ccarb) were then used to calculate 177 

the volume of carbonate (Vcarb, in m3). From this value, the total weight of carbonate in the 178 

tephra (WT, in kg) was calculated using the density of carbonate (Dcarb, 2711 kg/m3, Eq. 1).  179 

𝑊𝑇 = 𝑉𝑐𝑎𝑟𝑏 × 𝐷𝑐𝑎𝑟𝑏 (Eq. 1) 180 

As several variables contribute to the final amount of sequestered carbon in both tephra layers 181 

and vent structures, a probabilistic modelling approach (cf. Gernon et al., 2016) was used. 182 

Repeat Monte Carlo simulations were employed to develop values for each of the variables in 183 

both the tephra layers (VT, Ccarb) and vent structures (Nvent, Rvent, Dvent and VT) from plausible 184 

ranges (Supplementary Tables 2, 3). The derived ranges are related to uncertainties (e.g., in 185 

the number, size and depth of vent structures), variability arising from different methods used 186 

(e.g., VT), or from observed variability (e.g., Ccarb). Each iteration uses values developed for 187 

each of the variables, and so by modelling repeatedly, most likely outcomes are simulated. 188 
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For all variables, 10,000 simulations were run using the R package truncnorm and the 189 

function rtruncnorm, which produced 10,000 random datapoints between specified 190 

boundaries. Using standard deviations and means (Supplementary Tables 2, 3), a Gaussian 191 

distribution between the boundaries was developed. Any simulations that fell outside of the 192 

boundaries were resampled, ensuring realistic ranges were developed, and unrealistic data 193 

(e.g., CCarb values below 0) avoided. For VT, these simulations were developed from the sum 194 

of all tephra layers. Standard deviations were developed using mean absolute percentage 195 

error (MAPE) values, with an additional 25% error to account for the uncertainty in isopach 196 

measurements15. The lower boundary of models was determined using the absolute value of 197 

this error, and the upper boundary was left at infinity (Supplementary Table 2). This is 198 

because the uppermost volume estimates are likely to be underestimates, as PETM-age 199 

tephras have been located in localities even more distal than Austria (e.g., the Polish 200 

Carpathians (Obst et al., 2015)), and not all distal deposition has been considered in the 201 

isopach construction. For CCarb, average and standard deviation values were determined from 202 

data presented here. Boundaries on these simulations were placed at 0.01% (because all 203 

tephra layers contain some CaCO3) and at 50% (because 50% is the upper porosity value 204 

recorded in the tephras).  205 

As the simulations for tephra layers do not discriminate between tephra settling onto land 206 

(where diagenetic reactions would not occur, or occur very slowly) and the ocean, we also 207 

estimated the amount of tephra falling into the ocean at the time of interest. We measured the 208 

land coverage of each of the isopachs (Egger and Brückl, 2006) used in these models (Fig. 1), 209 

and then assumed a 20% error in measurement to derive standard deviations and boundaries 210 

(Supplementary Table 2). From this range, 10,000 possible iterations for the fraction falling 211 

into the ocean were developed, and these fractions were used to multiply through the output 212 

sequestration values.    213 
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We use the following mass balance equation to assess the isotopic shift associated with the 214 

removal of carbon through Cauth formation (Eqs. 2-3):  215 

𝛿13𝐶 𝑎𝑓𝑡𝑒𝑟 𝑃𝐸𝑇𝑀 (𝐹) =  𝛿13𝐶 𝑑𝑢𝑟𝑖𝑛𝑔 𝑃𝐸𝑇𝑀(𝑂) −216 

 𝛿13𝐶 𝑟𝑒𝑚𝑜𝑣𝑒𝑑 𝑣𝑖𝑎 𝐶𝑎𝑢𝑡ℎ  𝑓𝑜𝑟𝑚𝑎𝑡𝑖𝑜𝑛(𝐴) (Eq. 2) 217 

𝛿13𝐶𝐹𝑀𝐹 = 𝛿13𝐶𝑂𝑀𝑂 − 𝛿13𝐶𝐴𝑀𝐴 (Eq. 3) 218 

Where M is the mass of carbon. We use a value of 50,000 Pg as the active carbon pool both 219 

during and after the PETM (i.e., MF and MA). We use a nominal value of -1‰ for 𝛿13𝐶𝑂. We 220 

use a Monte Carlo modelling approach to provide a range of estimates for the other variables. 221 

For 𝛿13𝐶𝐴 we use the average and standard deviation of all analyses presented in Figure 3. 222 

For MA we use the output of the previous Monte Carlo modelling of sequestration values. To 223 

compare to previous estimates, we run a similar set of Monte Carlo simulations of 224 

sequestration via organic carbon (Corg) formation. For this, we use the Corg isotope value of -225 

30.5‰ (Gutjahr et al., 2017), and the carbon sequestration estimate of 2000 Pg C (Ma et al., 226 

2014). To account for error in these numbers, we apply a standard deviation of 20% to the 227 

values prior to Monte Carlo modelling.  228 

2.4 DSDP core chronologies 229 

The stratigraphic sections of interest (Site 553A Cores 35 – 37, Site 555 Cores 56 – 69, and 230 

selected tephra layers below these sections in Site 555) were deposited immediately above 231 

basaltic lavas formed at the late Palaeocene, the same activity which led to the deposition of 232 

the Fur tephra layers (Larsen et al., 2003). We provide a detailed discussion of their 233 

stratigraphic ages in the Supplementary Materials.  234 
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3 Results and Discussion 235 

3.1 Evidence for widespread Cauth formation 236 

The Rockall tephra layers typically comprise 2–15 wt% CaCO3 infilling porosity (Fig. 2, 237 

Figs. 3,4), but locally as high as 50 wt% (Fig. 3a). By comparison, the CaCO3 contents are 238 

near-zero in the mudstones that host the Rockall tephras (Fig. 2, Supplementary Fig. 2). The 239 

Fur tephra layers show a bimodal distribution of CaCO3 cements, with eight containing 0.4–240 

1% and three containing 40–50% (Supplementary Table 4).  241 

Carbonate cements have been documented in many early Eocene tephra layers, with 242 

concretions comprising up to 52% CaCO3 reported from the Mo-clay (Denmark) (Pedersen 243 

and Buchardt, 1996). Further examples are reported in coeval tephras in northern Germany 244 

(Obst et al., 2015), the North Sea basin (Morton and Knox, 1990), the northern North Sea and 245 

eastern England (Haaland et al., 2000). Tephras of this age from the North Sea basin 246 

comprise the Sele and Balder formations, with the Sele formation correlated to late 247 

Palaeocene and early Eocene tephras at Fur and across the North Sea (Knox, 1997; Morton 248 

and Knox, 1990), and related to Phase 2 of NAIP volcanism. The PETM interval, as observed 249 

in the Sele formation from the Grane field (Jones et al., 2019), contains numerous tephra-rich 250 

layers, with 5 – 30 wt% calcite cements in these layers (Haaland et al., 2000). In addition, 251 

carbonate cements (Fig. 4) occur within tephras hosted by Eocene diatomites above a 252 

hydrothermal vent complex, which formed as a result of the explosive release of volatiles 253 

generated by sill intrusions into organic-rich sediments (Frieling et al., 2016; Svensen et al., 254 

2003, 2004). This vent complex is thought to have formed during the PETM (Svensen et al., 255 

2004), and the associated carbonate cements—which are Eocene in age (Frieling et al., 256 

2016)—exhibit an organic carbon δ13C signature (Frieling et al., 2016; Svensen et al., 2004, 257 

2003). 258 
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3.2 Modes of Cauth formation 259 

Cauth forms when the pore water concentrations of carbonate and/or divalent cations exceed 260 

the saturation index of a carbonate mineral, and the kinetic barrier associated with the 261 

formation of the specific mineral is breached. This typically occurs at sub-seafloor depths >1 262 

m, which are coincident with high alkalinity—a result of sulfate reduction and AOM (Schrag 263 

et al., 2013), and the decomposition of organic carbon. Within tephra layers, much of the 264 

Ca2+ is derived from the alteration of volcanic material (Hong et al., 2020), in a similar 265 

manner to the process that drives CaCO3 precipitation in the oceanic crust (Alt and Teagle, 266 

1999). However, we cannot rule out other sources of calcium such as seawater and migrating 267 

pore fluids. When tephra is deposited, it rapidly takes up dissolved oxygen, leading to the 268 

depletion to zero of pore water O2 within as little as 2.5 mm of the sediment-water interface 269 

(Hembury et al., 2012) (Supplementary Fig. 3). Simultaneously, there is a small decrease in 270 

the pH of marine sediment pore water directly below tephra (Homoky et al., 2011) 271 

(Supplementary Fig. 3). Deposition of as little as 5 cm of tephra is sufficient to isolate 272 

underlying sediments from O2 exposure, resulting in low levels of Corg oxidation, and 273 

consequently high levels of organic matter preservation (Hartnett et al., 1998; Hembury et al., 274 

2012).  275 

The isotopic composition of carbonates provides insights into their origin. Carbon isotopes 276 

from the carbonate fraction (δ13CCarb) of tephras from Site 553A range from -4.72 to -277 

17.61 ‰, with a mean of -13.95 ‰ (n= 22), overlapping with the range observed in the Fur 278 

tephras (-13.89 to -26.95 ‰, n=3) (Supplementary Table 4). The δ13CCarb signatures are 279 

comparable to those of diagenetic carbonates reported within Eocene-age tephras (Fig. 3). 280 

The 13C-depleted nature of these cements attests to the incorporation of light, AOM and 281 

methanogenesis-derived carbon acting on the Corg-rich sediments as they are buried to below 282 

the sulfate reduction zone (Schrag et al., 2013; Whiticar and Faber, 1986). These processes 283 
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lead to the upward diffusion of methane, with AOM occurring where methane reaches pore 284 

waters containing dissolved sulfate (Sivan et al., 2007). Alternatively, in the environments 285 

considered here (given the active nature of local volcanism) the methane may derive from 286 

thermal metamorphism of organic-rich sedimentary rocks by intruding magma (Frieling et 287 

al., 2016; Svensen et al., 2004) (Fig. 5).  288 

Cauth formation accounts for between 0.1 and 1% of carbonate accumulation in modern, 289 

oxygen-rich oceans41, but during periods of low atmospheric oxygen and widespread ocean 290 

anoxia, the Cauth sink may have been a much more important part of the carbon cycle 291 

(Longman et al., 2019; Schrag et al., 2013). Due to the reductive nature of reactive Fe phases 292 

in the tephras (Supplementary Figure 3), the diagenetic environment within and below these 293 

layers was likely anoxic (Haeckel et al., 2001; Hembury et al., 2012). In anoxic Corg-rich 294 

sediments, decomposition of the organic fraction occurs via two mechanisms as the sediment 295 

moves through the zone of sulfate reduction during burial: particulate organic carbon sulfate 296 

reduction (POCSR, eq. 4) and methanogenesis (ME, eq. 5).  297 

𝑃𝑂𝐶𝑆𝑅: 2(𝐶𝐻2𝑂)𝑥(𝑁𝐻3)𝑦(𝐻3𝑃𝑂4)𝑧 + 𝑆𝑂4
2− → 𝑥𝐻2𝑆 + 2𝑥𝐻𝐶𝑂3

− + 2𝑦𝑁𝐻3 + 2𝑧𝐻3𝑃𝑂4 298 

(Eq.4) 299 

𝑀𝐸: 2(𝐶𝐻2𝑂)𝑥(𝑁𝐻3)𝑦(𝐻3𝑃𝑂4)𝑧 → 𝑥𝐶𝐻4 + 𝑥𝐶𝑂2 + 2𝑦𝑁𝐻3 + 2𝑧𝐻3𝑃𝑂4 (Eq.5) 300 

Where x, y and z are the generalised number of C, N and P atoms. In marine Corg, this is 301 

typically assumed to reflect the Redfield ratio (C:N:P=106:16:1). As the sediment reaches the 302 

sulfate-methane transition zone, further Corg breakdown occurs via the anaerobic oxidation of 303 

methane (AOM, eq. 6): 304 

𝐴𝑂𝑀: 𝐶𝐻4 + 𝑆𝑂4
2− → 𝐻𝑆− + 𝐻𝐶𝑂3

− + 𝐻2𝑂 (Eq.6) 305 

In both POCSR and AOM sulfate ions act as the electron accepter. Background sediments at 306 

Rockall are Corg rich (1.5 – 2 wt% Corg; Fig. 2), and are sufficient to saturate pore fluid with 307 
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ME-derived CH4 (Kim et al., 2016; Pohlman et al., 2009). All three degradation processes 308 

lead to the formation of bicarbonate ions, with CO2 a product of ME. Released HCO3
- ions 309 

may combine with Ca2+ or Mg2+ from seawater or tephra alteration to form carbonate (Eq.7): 310 

𝐶𝑎𝑟𝑏𝑜𝑛𝑎𝑡𝑒 𝑓𝑜𝑟𝑚𝑎𝑡𝑖𝑜𝑛: 𝐶𝑎2+ + 𝐻𝐶𝑂3
− → 𝐶𝑎𝐶𝑂3 + 𝐻+ (Eq.7) 311 

However, in a typical anoxic marine sedimentary environment, the CO2 released by ME 312 

would lower pH to the point where carbonate is dissolved rather than precipitated (Kim et al., 313 

2016; Sample et al., 2017; Torres et al., 2020). Stoichiometrically, the reactions described in 314 

equations 1 and 2 would not release sufficient HCO3
- to offset the CO2-related acidity 315 

increase (i.e., via its transformation to carbonic acid), and so solid carbonate will not be 316 

saturated, and will instead dissolve (Torres et al., 2020). In the studied deposits at Rockall, 317 

this is clearly not the case as carbonates have precipitated in all tephras (Fig. 2). In anoxic 318 

marine sediments containing high levels of reactive silicate minerals (Hong et al., 2020), such 319 

as those which are tephra-rich in this study, CO2 released from ME also drives marine silicate 320 

weathering (MSiW). This, in a generalised form, is the breakdown of silicates by CO2 and 321 

H2O (Eq. 8), a process which results in the formation of carbonates due to the release of 322 

divalent cations and bicarbonate ions (Solomon et al., 2014; Wallmann et al., 2008). 323 

𝑀𝑆𝑖𝑊: 𝐶𝑎𝑡𝑖𝑜𝑛 𝑅𝑖𝑐ℎ 𝑆𝑖𝑙𝑖𝑐𝑎𝑡𝑒𝑠 + 𝐶𝑂2 + 𝑛𝐻2𝑂 → 𝐶𝑎𝑡𝑖𝑜𝑛 𝑃𝑜𝑜𝑟 𝑆𝑖𝑙𝑖𝑐𝑎𝑡𝑒𝑠 + 𝐻𝐶𝑂3
− +324 

𝐻4𝑆𝑖𝑂4 + 𝐶𝑎2+ + 𝑂𝑡ℎ𝑒𝑟 𝐷𝑖𝑠𝑠𝑜𝑙𝑣𝑒𝑑 𝐶𝑎𝑡𝑖𝑜𝑛𝑠 (Eq.8) 325 

This process also raises alkalinity, effectively buffering pore water pH, and keeping dissolved 326 

carbonate in the bicarbonate form, leading to Cauth precipitation (Kim et al., 2016; Solomon et 327 

al., 2014). The 13C-depleted nature of the carbonates studied here attests to their formation 328 

via methanogenesis, and the occurrence of Cauth solely within the tephra indicates that MSiW 329 

has enhanced carbonate preservation in these layers (Figs. 2, 3). However, the Cauth 
13C 330 

values are not close to what would be considered a pure CH4 signature (i.e., approximately -331 
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60‰; Whiticar and Faber, (1986)), indicating that MSiW-derived bicarbonate ions, 332 

containing heavier carbon derived from ME, are also incorporated in the Cauth. In the 333 

background sediment, outside the tephra layers, CO2 from ME likely decreased pH to the 334 

point where dissolution occurred, with no MSiW to consume the excess protons.  335 

Modelling indicates that in anoxic locations of MSiW, the calcite (and dolomite) saturation 336 

state never falls below zero, with Cauth potentially precipitated in the first few thousand years 337 

after burial to the zone of sulfate reduction (Torres et al., 2020). This speed of formation is 338 

supported by measurements of burial speed and Cauth formation in the Sea of Okhotsk, where 339 

the shallow seas and organic-rich conditions are analogous to the proto-North Atlantic. Here, 340 

burial to the AOM depth typically takes ~5–50 kyr (Wallmann et al., 2008), ~3 m below the 341 

seafloor (Wallmann et al., 2006). Accordingly, with sedimentation rates at Fur ~60 mm/kyr 342 

(i.e., 60 m deposition in 1 Myr; Stokke et al., 2020b), this burial would take ca. 50 kyr. 343 

Therefore, extensive Cauth formation in tephra layers most likely occurred during the PETM 344 

initiation and recovery period (Fig. 5). 345 

In environments such as those found within the tephra layers studied here, silicate weathering 346 

facilitated Cauth precipitation, and prevented the return of CO2 and CH4 to the ocean-347 

atmosphere system, thereby representing a carbon sink which offsets the effect of alkalinity 348 

sequestration (Torres et al., 2020). Cauth formation in anoxic sediments as a result of MSiW 349 

has been documented in modern oceans, typically in locations of high Corg burial and often at 350 

continental margins (Kim et al., 2016; Scholz et al., 2013; Solomon et al., 2014; Sun and 351 

Turchyn, 2014; Wallmann et al., 2008), and across the Arctic Ocean (März et al., 2015). Of 352 

particular interest to our study is the appearance of Cauth in sediments which have experienced 353 

MSiW of tephra, with examples from the Nankai Trough and the Sea of Okhotsk (Sample et 354 

al., 2017; Wallmann et al., 2008), and likely in the Bering Sea (Hein et al., 1979). The most 355 

recent estimate of the size of this sink in modern oceans place it at 1-4 ×  1012 mol C yr-1 356 
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(Sample et al., 2017), but this relies solely upon estimates of global methane flux and does 357 

not consider hotspots of Cauth precipitation (Wallmann et al., 2012), such as observed here in 358 

tephra layers. During the PETM, the emplacement of large amounts of tephra to the organic-359 

rich proto-North Atlantic would have provided the ideal environment for large-scale Cauth 360 

formation, as evidenced by the widespread occurrence of Cauth in contemporaneous tephra 361 

layers (Figs. 2, 3). Further, it is possible the alteration of tephra and in particular the release 362 

of silicic acid during carbonate precipitation (Eq. 8), would have aided the supply of nutrients 363 

to phytoplankton (März et al., 2015), thereby forming a positive feedback loop, by 364 

stimulating productivity and increasing background sediment Corg, in turn increasing the 365 

availability of Corg for ME and POCSR. 366 

In addition to Cauth formation in tephra layers, carbonate cap formation is thought to occur 367 

above hydrothermal vent systems, where it is precipitated within tephra-rich sediments 368 

(Frieling et al., 2016; Svensen et al., 2003). Here, methane release forms Cauth deposits in 369 

diatomite ooze above the vent-fill, interpreted as sourced from methane seeping through 370 

permeability pathways related to vent formation. Some of these vents have been precisely 371 

dated to the PETM interval, but it is uncertain when the Cauth deposits formed (Frieling et al., 372 

2016). As such, the diagenesis of vent-filling tephra may have played an extended role in 373 

Cauth formation throughout the early Eocene. 374 

3.3 Modelling the potential impact of this tephra diagenesis 375 

All the late Palaeocene and early Eocene-age tephra layers studied here have experienced 376 

some degree of early diagenetic alteration, and in most cases this has included Cauth 377 

formation. It has been suggested that the removal of ~2000 Pg C from the carbon cycle over a 378 

period of 30-40 kyr is required to drive the carbon isotope shift observed across the PETM 379 

recovery period (Bowen and Zachos, 2010; Gutjahr et al., 2017; Ma et al., 2014). To estimate 380 

the potential impact of Cauth formation on carbon sequestration, we used Monte Carlo 381 
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simulations to quantify the amount of carbon (via Cauth formation) consumed during alteration 382 

of the extensive tephra deposits just prior to, during and immediately following the PETM 383 

CIE (Supplementary Table 3). We define the period using Fur chronology, commencing at 384 

the start of the PETM (tephra layer SK1; Jones et al., (2019)) and ending with the final 385 

recovery back to pre-PETM conditions (Ash -21a) (Supplementary Fig. 1, Supplementary 386 

Table 1, Westerhold et al., (2009)). These estimates of tephra deposition were then summed 387 

to attain a value for total volume of tephra deposited during the PETM. This estimate of 388 

volume was combined with the measured range of Cauth formed in the tephras, a range of 389 

tephra densities, and an estimate of oceanic deposition (see Methods) to derive a value of 390 

carbon sequestration.  391 

These simulations demonstrate the probability of tephra diagenesis playing a major role in 392 

carbon sequestration during the PETM and contributed to the return to pre-PETM climatic 393 

conditions. It is important to note, however, that these simulations suggest this process was 394 

not the sole reason behind the rapid recovery, but rather that it acted in concert with other 395 

processes to result in the rapid termination of the PETM – i.e., no single mechanism can be 396 

invoked to explain a complex interval of carbon cycle dynamics. The mean level of carbon 397 

sequestration in the tephras is on the order of 340 Pg C, just under a fifth of that necessary to 398 

enable full recovery (Fig. 6), whilst the upper end (95th percentile) of the models correspond 399 

to roughly 850 Pg C, or 40% of the requisite sequestration.  400 

Note that the modelled extent of tephra deposition is deliberately conservative (see Methods) 401 

and estimates of exceedance may better reflect the amount of C sequestration (Fig. 4B-C). 402 

The total amount of carbon sequestration is closely, but not exclusively, dependent on the 403 

amount of tephra deposited. For models reconstructing the volume of tephra as <10,000 km3 404 

(i.e., post-eruption volume), there is a 25% probability of exceeding 500 Pg C sequestration. 405 

This increases to 55% in models where the total erupted tephra volume is >20,000 km3 (Fig. 406 
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4B). Evidence for the likelihood of extensive tephra deposition comes from observations that 407 

individual eruptions produced as much as 1,200 km3 tephra (Egger and Brückl, 2006), and the 408 

total volume of material from Phase 2 of NAIP volcanism was as much as 6.6 × 106 km3 . 409 

(Saunders, 2016, Fig. 6b). Furthermore, >1,000 Pg C sequestration is exceeded in 18% of 410 

models simulating eruptive tephra volumes exceeding 20,000 km3.  411 

We investigated the model dependency on CaCO3 concentrations within the tephra layers and 412 

found that when an average of >10% CaCO3 is formed, approximately 50% of our 413 

simulations indicate >500 Pg C sequestration (Fig. 6c). Furthermore, when an average CaCO3 414 

content of >30 wt% is formed, all our simulations result in sequestration of >500 Pg C, and 415 

25% of the simulations result in sequestration of >1000 Pg C. Because observed CaCO3 416 

concentrations vary greatly in the studied sections, and previous work has documented both 417 

the formation of massive diagenetic carbonate deposits above hydrothermal vent complexes 418 

(Svensen et al., 2003), and very high carbonate cement abundances (e.g., comprising 5-30 419 

wt% of Sele formation tephras; Haaland et al., 2000), high carbonate concentrations in the 420 

tephras are likely.    421 

Overall, our models indicate tephra diagenesis most likely sequestered between 10–40% of 422 

the carbon necessary to terminate the PETM. Such levels are of a similar order of magnitude 423 

to other proposed mechanisms, with speculative calculations indicating ~2,000 Pg C 424 

sequestration over the 30–40 kyr of the PETM recovery via a more efficient biological pump 425 

(Ma et al., 2014), and 1,700 Pg C as a result of redox-controlled carbon-phosphorous 426 

feedbacks (Komar and Zeebe, 2017). These processes are not mutually exclusive, and it is 427 

considered likely that they combined with tephra diagenesis to prompt recovery from the 428 

PETM. Indeed, the close temporal correlation between the re-emergence of explosive 429 

volcanism and the PETM recovery (Jones et al., 2019; Stokke et al., 2020a, 2020b) suggest 430 
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tephra diagenesis may have acted as a final mode of carbon sequestration to terminate the 431 

hyperthermal.     432 

To further assess the impact of this process on the carbon cycle in the Early Eocene, we 433 

carried out mass balance calculations in combination with the outputs of our Monte Carlo 434 

models (Methods). This approach allows us to investigate the potential role Cauth formation, 435 

and the sequestration of isotopically light carbon had on the carbon isotopic composition of 436 

Early Eocene sediments. This exercise indicates that Cauth formation from tephra diagenesis 437 

most likely resulted in a 0.2‰ shift, but with the uppermost estimate (95th percentile) 438 

indicating up to 0.5‰ (Fig. 7). An additional, small shift from vent diagenesis is also 439 

calculated, with a mean value of 0.06‰, which rises to 0.3‰ in the 95th percentile of models 440 

(Fig. 7). The average carbon isotope excursion associated with the PETM is -2.8‰ in marine 441 

archives (McInerney and Wing, 2011). Therefore, given a total carbon isotope shift of up to 442 

0.8‰, Cauth formation may contribute to the return of seawater 13C values to pre-PETM 443 

values.  444 

This is especially true when combined with the impact of postulated rapid Corg burial (Gutjahr 445 

et al., 2017). Taking an average isotopic signature of Corg to be -30.5‰ (Gutjahr et al., 2017), 446 

and an average 2000 Pg C sequestered (Ma et al., 2014), the isotopic shift associated with 447 

Corg burial is likely 1.2‰ (Fig. 7), increasing to 1.7‰ in the 95th percentile of models (Fig. 448 

6). It must be noted the value of 2000 Pg C is only sufficient to drive the carbon sequestration 449 

of the recovery period (Ma et al., 2014), and does not account for the total isotopic excursion, 450 

but it is clear that the addition of Cauth formation to the isotopic mass balance could contribute 451 

to the rapid recovery of the Earth system after the PETM. The process of enhanced Cauth 452 

formation during the PETM also helps explain the absence of a concurrent major Corg sink 453 

during this time (Dickson et al., 2014), and the observation that current carbon cycling 454 
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models are missing a sink of isotopically-light carbon (Komar and Zeebe, 2017; Penman and 455 

Zachos, 2018).  456 

Our modelling only considers sequestration during the PETM, which comprises a small 457 

proportion of the total tephra deposited during the interval of NAIP activity. Hence, it is 458 

likely that similar processes continued to occur after the PETM. Further tephra layers were 459 

deposited regularly in the immediate aftermath of the PETM (Supplementary Fig. 1) and their 460 

diagenesis may have prompted sustained carbon sequestration across the NAIP, if we assume 461 

the diagenetic environment remained similar throughout the early Eocene. Indeed, this 462 

enduring carbon sink may account for the lack of large hyperthermal events between the 463 

PETM and Eocene Thermal Maximum 2 (ETM2, 53.7 Ma) despite continued eruptions from 464 

the NAIP (Larsen et al., 2003; Stokke et al., 2020a). Sediments from the 2 million year 465 

interval between the PETM and ETM2 contain abundant tephra deposits, particularly in the 466 

Fur formation where the extensive tephras of the “positive series” are recorded (Bøggild, 467 

1918; Jones et al., 2019; Stokke et al., 2020a). A total of 140 tephra layers, some as thick as 468 

18 cm, were deposited in the PETM aftermath (Supplementary Fig. 1), associated with large-469 

scale explosive volcanism, combined with significant extrusive volcanism, which likely  470 

injected large quantities of CO2 into the atmosphere (Stokke et al., 2020b). However, there is 471 

no evidence that these eruptions led to warming events, hence further Cauth formation in these 472 

tephra layers may have prevented the inception of further large-scale hyperthermals. 473 

Preliminary evidence of the cooling effect of tephra diagenesis through the early Eocene can 474 

be found in the sea surface temperature (SST) record from Fur (Stokke et al., 2020a), which 475 

shows an extended period of cooler SSTs in the North Atlantic following the PETM, echoed 476 

in estimates of bottom water temperature change (Vickers et al., 2020). The final layers of the 477 

“positive series” were deposited well before ETM2, so any Cauth sink would not have been 478 

active during its inception, thus allowing further hyperthermal initiation.  479 
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During the early Eocene, some vent structures (such as that considered here) are capped by 480 

Cauth-bearing sedimentary rocks (Frieling et al., 2016; Svensen et al., 2003), trapping methane 481 

and preventing further degassing to the atmosphere (Fig. 5). We quantified the potential 482 

impact of the diagenesis of vent-related tephras across the NAIP by constructing a similar 483 

Monte Carlo simulation (Supplementary Fig. 6, Supplementary Table 3). This yields a mean 484 

value of ~100 Pg C sequestered, with the 95th percentile of simulations yielding ~400 Pg C 485 

(Supplementary Fig. 4), potentially adding another important carbon sequestration 486 

mechanism (Fig. 5) during the early Eocene. These results suggest that vents also played a 487 

role in suppressing hyperthermal inception prior to ETM2.  488 

Overall, therefore, the clear temporal association between NAIP explosive volcanism and the 489 

termination of the PETM, coupled with the widespread volcanogenic carbon sequestration 490 

reported here, suggests that tephra diagenesis played an important role as a carbon sink from 491 

the ocean-atmosphere system during the terminal stages of the PETM, and in modulating the 492 

post-PETM climate.  493 
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5  Figures 746 

 747 

Figure 1: Spatial and temporal distribution of tephras analysed in this study. (a) 748 

Palaeogeographic reconstruction of the North Atlantic region at circa 55 Ma displaying an 749 

overview of the North Atlantic Igneous Province (NAIP), adapted from Jones et al., (2019). 750 

Locations of shallow and deep marine basins are represented by light and dark blue areas, 751 

respectively. Locations of extrusive (subaerial and submarine) volcanism are marked in red, 752 

with dark red designating discrete volcanic centres. Areas of sill intrusions into sedimentary 753 
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basins are shown in dark brown. Note that seismic retrievals below volcanic extrusives are 754 

very poor, so the extent of intrusions may be considerable below the red areas shown on the 755 

map. Also shown, in yellow, are isopachs of levels of tephra fall (in metres) from explosive 756 

volcanism during the period of NAIP activity (taken from Obst et al., (2015)). Locations 757 

mentioned in this study are labelled with yellow circles. (b) Indicative age of each of the 758 

sections studied, based on nannofossil and magnetostratigraphy, adapted from Stokke et al., 759 

(2020b). Also shown is the age of Danish tephras from the Fur formation, and oxygen and 760 

carbon isotope curves for the interval (Littler et al., 2014), indicating the excursions that 761 

characterise the PETM and other hyperthermal events.  762 
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 763 

Figure 2: Carbon and sulfur characteristics of tephras and sediments in Hole 553A (Rockall). 764 

The downhole graphs show organic carbon, inorganic carbon, organic nitrogen, and sulfur 765 

concentrations (in wt%). Also shown is the bulk δ13C signal, relative to VPDB, and a 766 

simplified graphic log of the mudrock and tephra sequence. Tephra layers are highlighted in 767 

blue and are consistently enriched in CaCO3 and depleted in organic carbon and δ13C, 768 

demonstrating the regular occurrence of carbonate minerals within these layers.  769 

 770 
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 771 

Figure 3: Petrographic and isotopic evidence for the occurrence of authigenic carbonates in 772 

the Rockall tephras. (a) SEM image of tephra from the Rockall sequence from Hole 553A 773 

(Core 36, Section 2, 86-87cm), with calcite infill (Ca) and zeolite rims (Ze).  (b) δ13C versus 774 

δ18O for the carbonates found within tephras from Hole 553A (blue circles), Hole 555 (red 775 

circles) and the Fur formation (green circles). These are presented alongside comparable data 776 

from carbonate concretions from PETM-age tephras in Denmark (grey circles), early Eocene 777 

ash-hosted carbonates (purple circles) and a hydrothermal vent-hosted carbonate dated to the 778 

PETM (yellow circles). Also indicated is the expected signal for seawater (brown rectangle) 779 

and primary marine carbonates (shaded grey rectangle). All samples strongly indicate 780 
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methanogenic processes with a shift toward negative δ13C values, precluding a biogenic 781 

origin for the carbonates.  782 

 783 

Figure 4: SEM images of authigenic carbonate formation in ash layers. Panels A and C 784 

shows tephras from the Rockall sequences, A is from ash layer present in DSDP Hole 553A 785 

(Core 36, Section 2, 69-71cm). B is from ash layer present in DSDP Hole 555 (Core 65, 786 

Section 1, 105-107cm). Panels B and D shows carbonate infilling as calcite (cc) in samples 787 

from core 6607/12-1 from the Vøring Basin.  788 
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 789 

Figure 5: Schematic diagram (not to scale) showing the locations of carbonate formation, 790 

and pathways of carbon migration during the PETM. The locations of authigenic carbonate 791 

cement formation are (a) in tephra layers and (b) above hydrothermal vent structures. To 792 

form these carbonate cements, carbon may be sourced from (c) methane release during 793 

hydrothermal vent activity, (d) methane tied to anaerobic oxidation of organic sediments, and 794 

(e) methane degassing from contact metamorphism when sills are emplaced in organic-rich 795 

sediments. Figure is modified after Heimdal et al., (2019); Jones et al., (2019). 796 
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 797 

Figure 6: Results of Monte Carlo simulations of carbon sequestration via authigenic 798 

carbonate formation in widespread tephra layers. (a) Scatter plot of ash volume versus total 799 

carbon sequestered during the PETM, with the amount of carbonate in each model shown in 800 

the colour scale bar. (b) Probability of exceedance for models reconstructing a range of 801 

eruptive tephra volumes for 9.14% CaCO3, the mean volume measured; (c) Probability of 802 
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exceedance for models showing tephra-bound CaCO3 content an initial ash volume of 9,691 803 

km3, the output of isopach modelling.  804 
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 805 

Figure 7: Estimates of the scale of the isotopic shift associated with the sequestration of 806 

carbon in authigenic carbonates (Cauth) during the PETM. (a) Scatter plot showing the results 807 

of Monte Carlo modelling to estimate the impact of Cauth sequestration on carbon isotopic 808 
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composition during the Early Eocene, with the isotopic composition of the sequestered 809 

carbon shown in the colour bar. (b) Box and whisker diagrams estimating the magnitude of 810 

the isotopic shift associated with the PETM (blue) and the sequestration of carbon in ash and 811 

vent Cauth (dark green). This shift is compared to the shift associated with enhanced organic 812 

carbon (Corg; red) burial (see Gutjahr et al., (2017)). Finally, the shift represented by the 813 

combination of enhanced Corg burial and Cauth sequestration due to tephra diagenesis is 814 

presented (orange). Boxes are defined by the 25th and 75th percentiles of the data, and 815 

whiskers by the 5th and 95th percentiles.   816 
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