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The internal and forced low frequency variability in an isopycnic coordinate general 

circulation model of the North Atlantic Ocean is investigated. Numerical experiments 

performed under climatological buoyancy and momentum fluxes, reveal the existence 

of a 50 years oscillatory mode, emerging for low levels of internal dissipation and high 

meridional overturning rates. The oscillation appears to be sustained by a feedback 

between the poleward propagation of surface thermal anomalies and deep convection 

in the subpolar gyre. The transition from a steady state to a multidecadallimit cycle 

solution, occurring for a narrow range of eddy mixing and meridional overturning 

strengths, suggests the presence of a Hopf bifurcation. 

In an additional set of numerical simulations, the ocean response to an idealised 

North Atlantic Oscillation(NAO)-like windstress is inspected as a function of the 

atmospheric forcing frequency and the strength of eddy mixing in the ocean. In 

order to elucidate the relationship between internal and forced variability, the NAO 

is modulated with two specific timescales, 10 and 50 years, the latter dominating 

the spectrum of the system's internal variability. Different timescales of atmospheric 

variability select distinct sea surface temperature (SST) and large scale circulation 

patterns. When the N AO forcing frequency matches the natural frequency of the 

ocean, a lagged SST response is excited in the Gulf Stream extension region, which 

appears to be consistent with the spin-up of the gyre circulation. The thermohaline 

circulation varies in phase with the NAO and shows a strong sensitivity to the forcing 

frequency: a dipole mode of the overturning is excited by a 10 years modulation of 

the NAO, while an enhanced overturning response emerges under a 50 years NAO. 
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Chapter 1 

Introduction 

1.1 Motivation 

A widely accepted picture of the global ocean-atmosphere system identifies the At

lantic Ocean as an essential compartment of the Earth's climate. The Atlantic branch 

of the thermohaline circulation (THe) - the density-driven component of the ocean 

circulation - is estimated to be responsible for about 25 % of the total heat trans

port in the Northern Hemisphere (Trenberth and Solomon, 1994). A large fraction 

of this thermal energy is tranferred to the atmosphere, hence contributing to the 

anomalously warm air temperatures characterizing the northern North Atlantic and 

the northwestern Europe. The crucial role played by the ocean large scale circulation 

in maintaing the current climate in the Atlantic sector, highlights the potentially im

portant climatic consequences that variations in the circulation patterns may have. 

Proxy and instrumental records show that fluctuations on a broad range of timescales, 

ranging from millennial (Weaver, 1999) to interannual (Tourre et al., 1999), occur in 

this region of the global ocean. Within the bundle of timescales characterizing the 

variability of the climate system, the decadal-to-interdecadal timescales occupy a par

ticularly delicate and controversial niche, as over this temporal lengthscale, natural 

and anthropogenically induced processes are competing factors in shaping the Earth's 

climate. Recent studies (Mann et al., 1998; Tourre et al., 1999; Delworth and Mann, 

2000) have shown the existence of an oscillatory pattern of variability characterizing 

the climate system on a 50-100 years timescale, with a spatial pattern emphasizing 

the major role played by the Atlantic region. A commonly accepted null hypothesis 

for the oceanic variability is that the atmospheric fluxes act as a white noise on the 

10 



CHAPTER 1. INTRODUCTION 11 

ocean, and the large thermal inertia of the upper ocean then contributes to the red

dening of the spectrum of the oceanic response (Hasselmann, 1976; Frankignoul and 

Hasselmann, 1977). Significant departures from this climate noise scenario can be 

ascribed to a number of causes. Observations and numerical experiments performed 

with a hierarchy of models point to the instability of the THe as a primary cause 

of the oceanic decadal and multidecadal fluctuations in the Atlantic (Rahmstorf, 

1999), although in principle the wind-driven gyre circulation may also playa role, 

as hypothesized for the North Pacific (Latif and Barnett, 1994). Internal variability 

modes, either stochastically excited and maintained by atmospheric fluxes (Griffies 

and Tzipermann, 1995) or self sustained through non-linear feedbacks (as for the 

Howard-Malkus loop oscillator; Welander, 1967, 1986), are a plausible candidate for 

the mechanisms behind the long term thermohaline variability. 

A major source of oceanic variability on a wide range of timescales, is provided by the 

intrinsic variability of the troposphere. The leading mode of atmospheric variability 

in the Atlantic sector, the North Atlantic Oscillation (NAO; Walker and Bliss, 1932), 

displays enhanced variance over narrow frequency bands, with statistically significant 

spectral peaks centered on quasi-biennial, decadal and multidecadal periods (Cullen 

et al. (2001) and references therein). Basin-scale changes in the atmospheric forcing 

associated with the NAO induce a local and fast response in the ocean by modulating 

heat, freshwater and momentum fluxes at the air-sea interface, but there is also grow

ing evidence for a more subtle non-local and delayed response, associated with the 

adjustment of the slower components of the ocean circulation (Visbeck et al., 2003). 

More sophisticated dynamical scenarios, invoking an active ocean-atmosphere cou

pling have also been suggested as a possible source of decadal variability in the 

extratropics (Goodman and Marshall, 1999; Marshall et al., 2001), but convincing 

observational and modelling evidence of existing feedbacks between the two fluids 

which may ultimately lead to an ENSO-like mechanism in the extratropical Atlantic 

region is lacking (Kushnir et al., 2002; Czaja et al., 2003). 

The interplay between internal and externally induced ocean variability as a possible 

source of enhanced variability on specific timescales is an issue which has received rel

atively little attention. A particularly crucial question is whether preferred timescales 

exist in the uncoupled ocean system, which may be eventually excited by an atmo

sphere varying over similar timescales. In other words, if the spectrum of the freely 

evolving ocean is characterised by intrinsic modes of variability, are these likely to 



CHAPTER 1. INTRODUCTION 12 

emerge under an atmospheric forcing matching the characteristic timescale of the 

ocean internal variability? 

Numerical experiments performed with models of varying levels of complexity show 

that interdecadal oscillations can spontaneously arise within an uncoupled ocean 

forced with constant surface fluxes of density (Creatbatch and Zhang, 1995; Huck 

et al., 2001). With specific reference to the North Atlantic case, the existence of in

terdecadal peaks in the NAO spectrum could be instrumental for setting an amplified 

ocean response over the same timescales. Vis beck et al. (1998) and Krahmann et al. 

(2001) investigate the North Atlantic ocean response to an NAO-like wind forcing, 

as a function of the atmospheric forcing frequency, using an ocean general circula

tion model (OGCM) coupled to an atmospheric boundary layer. The authors essen

tially focus on the formation and spreading of surface thermal anomalies, and find 

enhanced variability in the subpolar gyre for a broadly decadal NAO forcing. How

ever, the relationship between the ocean intrinsic variability and the NAO changes is 

not investigated. Another unanswered question is whether the dominant variability 

patterns of the wind-driven gyre circulation and THC are sensitive to the leading 

timescale of NAO variability. Filling the mentioned gaps in the current knowledge 

of the ocean-atmosphere interactions occurring in the North Atlantic, is an impor

tant step to be performed in order to achieve a better understanding of the observed 

climate fluctuations in that region. 

1.2 Objectives and methodology 

The specific objectives of this thesis are outlined below . 

• Determining the sensitivity of an OGCM of the North Atlantic ocean 

to the level of lateral dissipation and the strength of the meridional over

tuning circulation, with particular emphasis on the effects on the system's 

internal variability 

Simulations carried out with simplified general circulation models (Chen and Chil, 

1995; te Raa and Dijkstra, 2002) and planetary geostrophic models (Huck et al., 1999; 

Colin de Verdiere and Huck, 1999) show that oscillations with typical interdecadal 

timescales are likely to occur when critical thresholds are crossed in the parameter 
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space, suggesting the presence of a Hopf bifurcation. In particular, eddy mixing and 

the meridional overturning rate (which in turn depends on mixing strength), appear 

to set the transitions from a stable state to an oscillatory solution. Studying the multi

decadal response of an OGCM to changes in the level of internal mixing while keeping 

at the same time a reasonable degree of realism in the system representation is a de

manding task to be performed under the currently available computational resources. 

For this reason, exhaustive sensitivity studies are normally carried out with the use 

of simplified model configurations based on box-shaped domains and highly idealised 

forcing fields. In the present work the robustness of the above mentioned results will 

be tested by employing a realistic geometry, approximately 1 0 resolution OGCM of 

the North Atlantic, forced with climatological atmospheric fields. The analysis will 

be carried out in a two-dimensional sub-set of the full parametric space, involving a 

subgrid scale parameter, representing the unresolved mesoscale baroclinic eddies, and 

the strength of meridional overturning circulation. The dominant timescales of the 

internal variability emerging from this sensitivity analysis will be selected to study 

the ocean response to an (interannually) unsteady atmosphere in an additional set of 

numerical experiments, illustrated below . 

• Determining the response of the extratropical North Atlantic ocean to 

an NAO-like windstress forcing, under different timescales of the dominant 

atmospheric variability pattern and varying levels of turbulent mixing in 

the ocean. 

An anomalous NAO-like windstress pattern will be used to perturb the winter 

windstress climatology, and modulated in time using sinusoidal functions with peri

ods matching the identified timescales of the ocean internal variability. 

Finally, the ocean response to an NAO forcing will be assessed for different strengths 

of the parameterised eddy field. Performing the same experiment under different dif

fusive regimes will help and clarify whether the ocean response to atmospheric low 

frequency fluctuations crucially depends on the level of dissipation within the ocean 

system. 

The outlined objectives will be pursued by using an isopycnic coordinate OGCM. 

Numerical models represent a powerful tool for studying the mechanisms underlying 

the ocean variability over climatically relevant timescales. Modelling efforts aimed 
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to improve our uderstanding of the ocean low frequency variability have been mostly 

carried out within the framework of Cartesian models (i.e., models using geometric 

height as the vertical coordinate), usually relying on simplified descriptions of sub

grid scale effects. Spurious diapycnal fluxes associated with regions of sloping density 

surfaces represent a well known shortcoming of level models (Boning et al., 1995). In 

particular, the maximum rate of meridional overturning and northward heat transport 

in the Atlantic ocean are severely affected by the presence of spurious midlatitude 

upwelling of deep water, the so called Veronis effect (Veronis, 1975). Attempts have 

been made to overcome this problem by introducing more sophisticated eddy transfer 

parameterisations. Gent and Mc Williams (1990) (hereafter GM) parameterised the 

effects of the eddy field on tracers introducing an additional advective term in the 

tracer transport equation proportional to local gradients of isopycnal layer thickness. 

The GM parameterisation is based on the assumption that eddies reduce the mean 

available potential energy by flattening sloping density surfaces, and motion is prefer

entially adiabatic. A representation of eddy mixing very similar to G M is intrinsically 

implemented in isopycnic coordinate models (namely, models using density as the ver

tical coordinate) through a diffusive term in the layer thickness tendency equation. 

Moreover, isopycnic models do not suffer of the numerical instability problems asso

ciated with level models run with low levels of dissipation, and retain their numerical 

stability under zero thickness diffusivity conditions (Bleck and Smith, 1990). 

Finally, using a coupled ocean-atmosphere general circulation model, although desir

able for the sake of realism, makes it difficult to discern the direction of causality in the 

air-sea interactions. The strategy, here adopted, of resorting to an uncoupled ocean 

model is corroborated by the rather scant evidence of an active ocean-atmosphere 

coupling in the extratropics (Kushnir et al., 2002). 

The rest of the thesis is structured as follows. In chapter 2, the observational and mod

elling evidence of NAO-induced variability in the North Atlantic ocean is surveyed. A 

gallery of the mechanisms suggested to explain natural extratropical variability, with 

special focus on the decadal-to-interdecadal range of timescales, is also presented. 

In chapter 3, the OGCM used to perform the numerical experiments is described in 

detail, as well as an overview of the general characteristics of isopycnic coordinate 

models. The sensitivity of model solutions to parameterised mesoscale turbulence and 

meridional overturning rate (the latter, modulated through a varying Mediterranean 

outflow) is analysed in chapter 4. A description of the basic states providing the 
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initial conditions for the NAO-forced experiments is also given. The low frequency 

variability exhibited by the system under a simple climatological atmospheric forcing, 

and a possible mechanism behind it, are described in chapter 5. In chapter 6, the 

forced response of the model ocean to NAO-like fluxes of momentum is described. A 

final discussion of the main results and concluding remarks are presented in chapter 

7. 



Chapter 2 

Decadal and interdecadal 

variability in the North Atlantic 

Ocean: observations and 

mechanisms 

In the present chapter, the obervational evidence of natural decadal and interdecadal 

variability in the North Atlantic Ocean is reviewed, with specific focus on the role 

of NAO. Results from dynamical ocean models, forced with NAO-like fluxes are also 

presented. Finally, a gallery of mechanisms of internal variability (i.e. spontaneously 

generated within the ocean system) diagnosed with the use of a hierarchy of uncoupled 

ocean models, is described. 

2.1 Forced variability in the North Atlantic Ocean: 

role of the NAO 

The atmospheric variability in the Atlantic sector is dominated by the NAO, a robust 

feature in the circulation pattern of the atmosphere characterised by a North-South 

dipole pattern in the sea level pressure (SLP), with centres of action in the Icelandic 

Low and the Azores High (Wallace and Gutzler, 1981). The NAO explains more than 

36 % of the variance in winter monthly SLP (Cayan, 1992), and its variability index 

(NAOI), usually measured as the normalised pressure difference between Iceland and 

Azores, exhibits fluctuations on a broad band of timescales, ranging from interannual 
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to multidecadal (Hurrell, 1995). 

The impact of the NAO on the North Atlantic ocean has been analysed in a number 

of observational and modelling studies. Bjerknes (1964) identified two distinct modes 

of interaction in the Atlantic ocean-atmosphere system: an interannual variability 

mode, characterised by a local relationship between sea surface temperature (SST) 

fluctuations and wind-induced sensible and latent heat fluxes, and an interdecadal 

mode invoking a non local dynamical link between SST anomalies and changes in the 

ocean circulation. Deser and Blackmon (1993) and Kushnir (1994), using indepen

dent approaches, confirm Bjerknes' results finding that the interdecadal mode of SST 

variability is associated with an atmospheric circulation pattern resembling the NAO. 

The corresponding SLP and surface wind patterns are not co-located with respect to 

the center of action of the SST pattern, placed in the Gulf Stream region. This is 

suggestive of a non local interaction between the atmosphere and the ocean, involving 

NAO-induced changes in the large scale ocean circulation. 

Molinari et al. (1997) suggest that NAO-driven changes may have affected the upper 

400 m temperature fields in the western subtropical North Atlantic, during the 1969-

1993 period. The subsurface decadal signal identified by the authors is consistent 

with the earlier findings of Levitus (1989) and Houghton (1996), among the others. 

Observational evidence of NAO-related interannual to interdecadal variability of the 

North Atlantic gyre circulation is provided by Curry and McCartney (2001). The 

authors define an oceanic analogue of the atmospheric NAO index, through a 2-point 

baroclinic pressure difference between the subpolar and subtropical gyre. This in

dex (which is also indicative of the magnitude of the geostrophically balanced Gulf 

Stream(GS)-North Atlantic Current (NAC) system, the oceanic westerlies) is found 

to significantly covary with the Hurrell's NAO index at 1-2 years lags (the atmosphere 

leading the ocean). Significant lagged correlation is also found between the N AO and 

the latitude of the GS northern wall (Taylor and Stephens, 1998), the GS displace

ment lagging the N AO index by approximately two years. 

Dickson et al. (1996) relates the coordinated changes recorded in the North Atlantic 

convective activity to the NAO modulation of the air-sea fluxes. Assuming that the 

North Atlantic Deep Water (NADW) production process is a major driving factor of 

the Atlantic density-driven circulation, Dickson et al. (1996) suggest that the NAO is 

a primary forcing of the THC interdecadal variability. Signals of an NAO imprint on 

the subpolar Labrador Sea Water (LSW) production, with a 2-4 years delay between 
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the NAOI and the oceanic response, are also revealed by the analysis of Curry et al. 

(1998). 

Joyce et al. (2000) inspect the interannual variability of the subtropical mode water, 

during the 1954-1995 period. The associated potential vorticity (PV) changes appear 

to be in phase with an NAO index and with the GS position, in contrast with the 

lagged response found by Taylor and Stephens (1998). 

Hindcast experiments using time series of surface fluxes data to force state of the art 

OGCMs (Hiikkinen, 1999; Eden and Willebrand, 2001), show that the bulk of the 

interannual and decadal variability exhibited by climatically relevant oceanic quan

tities (meridional heat transport and TH C strength, in particular) can be explained 

by the NAO. Eden and Jung (2001) focus on the NAO-induced interdecadal oceanic 

variability using reconstructed NAO-related surface fluxes for the period 1865-1997. 

The authors suggest that the NAO multidecadal fluctuations affect the ocean circula

tion variability through the THC, which is primarily modulated by the NAO-related 

heat fluxes, whereas momentum and freshwater fluxes play only a minor role. 

A fundamental issue underlies the investigation of the relationship linking the N AO to 

the Atlantic ocean low frequency variability, and that is the constructive and destruc

tive interference between atmospheric and oceanic modes of variability. Saravanan 

and Me Williams (1998) use a one dimensional analytic ocean model coupled to a 

spatially coherent and stochastic in time atmosphere to inspect the existence of pre

ferred timescales of variability in the coupled system. Within this extremely idealized 

framework, the authors find that an enhanced reponse is excited in the ocean when 

the frequency of the atmospheric forcing matches the ocean advection speed divided 

by the forcing lengthscale, v/ L. Vis beck et al. (1998) and Krahmann et al. (2001) 

analyze this problem in a more elaborate experimental set-up. Visbeck et al. (1998) 

force an OGCM of the North Atlantic with an NAO-like wind pattern, time varying 

according to a sine wave law. Experiments performed using NAO periods ranging 

from interannual to interdecadal timescales, reveal enhanced variability in the sub

polar gyre in the 8-24 years interval, whereas the subtropical area exhibits a red 

spectrum response. Krahmann et al. (2001) focus on the mechanisms contributing 

to the generation and propagation of temperature anomalies along the NAC path

way. The upper ocean thermal response appears to be controlled by two factors: the 

advection of temperature anomalies along the NAC, occurring in a L/v time length, 

and the local NAO forcing, varying on a timescale T. The above mentioned processes 
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interfere in a constructive or destructive way, depending on the ratio between the re

lated timescales, R = (L/v)/,r. The two processes reinforce each other when R rv 1, 

leading to constructive interference, whereas cancellation occurs in the R < 1 regime. 

2.2 Mechanisms of internal variability in the North 

Atlantic Ocean 

Following Saravanan et al. (2000), the mechanisms proposed to explain the natural 

extratropical variability on decadal and multidecadal timescales, based on modeling 

studies, can be grouped into three broad categories. 

• Mechanism A: Damped modes of the uncoupled ocean that are stochastically 

excited by atmospheric variability (Griffies and Tzipermann, 1995; Saravanan and 

Me Williams, 1997, 1998; Selten et al., 1999). 

• Mechanism B: Unstable modes of the uncoupled ocean that express themselsves 

spontaneously (Weaver and Saraehik, 1991a,b; Greatbateh and Zhang, 1995; Chen 

and Ghil, 1995). 

• Mechanism C: Unstable or weakly damped coupled modes of the ocean-atmosphere 

system (Latif and Barnett, 1994; Goodman and Marshall, 1999; Weng and Neelin, 

1998). 

The following review focuses on mechanism B, strictly relevant to the present 

work, and on those coupled model experiments whose detected variability has been 

suggested to be a mainly oceanic process, with specific focus on the Atlantic basin. 

The principal mechanisms which have been singled out so far will be shortly described. 

Weaver and Saraehik (1991a,b) (hereafter WS91) performed a series of long time 

integrations using the Bryan-Cox ocean general circulation model (Cox, 1984) forced 

with mixed upper boundary conditions (i.e. a restoring boundary condition for surface 

temperature, and prescribed fluxes of salinity). The forcing parameters were chosen as 

typical of the North Atlantic region. A robust feature of all integrations was a decadal 

oscillation, described as an advective, three-dimensional, high latitude phenomenon. 

The mechanism proposed by the authors is the following. The presence of a net 

evaporation region between the subtropical and subpolar gyres in the surface salinity 

flux is responsible for the generation of positive surface salinity anomalies, which are 



CHAPTER 2. VARIABILITY IN THE NORTH ATLANTIC OCEAN 20 

advected poleward by the mean flow. Once in the sinking region, they increase the 

strength of the THC. An intensified THC advects water more rapidly through the net 

evaporation region, and hence the surface water at the northern boundary, where the 

deep convection takes place, becomes less saline, slowing down the THC. A weaker 

meridional overturning produces a longer residence time of the water particles passing 

through the net evaporation region, which then become more saline, and the cycle 

starts again. The period of the oscillation is then set by the traveling time of the 

anomaly along a limited portion of the basin. 

Weaver et al. (1991, 1993) analysed the reasons why the numerical experiments 

performed by Bryan (1986) , Marotzke (1991) and Marotzke and Willebrand (1991) 

displayed no variability on decadal and interdecadal timescales when compared to the 

apparently similar simulations of WS91, and found that the discrepancy was caused 

by the different structure of the surface fresh water fluxes used in the mixed bound

ary conditions. M arotzke and Willebrand (1991), for instance, used a precipitation

evaporation (P-E) forcing field with a meridional gradient weaker than in WS91, and, 

more importantly, no net evaporation region at midlatitude. This local minimum in 

the P-E flux was proved to be instrumental in setting the internal variability in the 

experiments performed by WS91, as already discussed. 

Delworth et al. (1993) (hereafter DMS93) provided the first evidence of an inter

decadal oscillation in a coupled ocean-atmosphere GCM, using the Geophysical Fluid 

Dynamics Laboratory (GFDL) coupled model. The irregular oscillation, involving 

the North Atlantic branch of the THC, had a timescale of 40-50 years, and appeared 

to be driven by density anomalies in the sinking region of the THC, combined with 

much smaller density anomalies of opposite sign in the rising region. In spite of 

the coupled nature of the experiment, DMS93 recognised the variability as a mainly 

oceanic process, stimulated by random surface buoyancy forcing of heat and water 

fluxes. 

In order to demonstrate the uncoupled character of the oscillation found by DMS93 

in the coupled GFDL model, Greatbatch and Zhang (1995) performed an ocean-only 

modelling study using a planetary geostrophic OGCM for a flat-bottomed, 60° square 

box of the Northern Hemisphere. With no wind stress, zero salt flux and zonally uni

form heat fluxes, they showed that the THC strength was subject to a 50-year regular 

oscillation, very similar to the one found by DMS93. Including a zonally uniform salt 

flux yielded a reduced amplitude, 70 years long oscillation. The mechanism proposed 
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was a negative advective feedback, with high-latitude temperatures controlling the 

overturning. 

Oscillatory behavior was detected by Huang and Chou (1994) in a 4° resolution, 

single buoyancy variable (constant temperature) version of the Bryan-Cox model, 

forced by freshwater alone. Using a linear freshwater flux as upper boundary condi

tion, an increase in the forcing amplitude forced the system to evolve from a steady 

state to a state characterised by periodic oscillations, with frequencies increasing al

most linearly with the amplitude of the freshwater flux. The oscillations were also 

found strongly sensitive to changes in the vertical and horizontal mixing coefficients, 

and to the model resolution, sometimes switching from a regular periodicity to a 

chaotic behavior. The period of the salt oscillation was found consistent with the 

meridional advective time scale. 

Chen and Ghil (1995) analysed the decadal, interdecadal and longer term vari

ability in a simplified OGCM of the North Atlantic, using different freshwater flux 

profiles in a set of mixed boundary condition experiments. When the evaporation mi

nus precipitation flux is positive along the northern boundary, the THC undergoes an 

interdecadal oscillation, which is produced by a convective-advective feedback mech

anism triggered by the high-latitude accumulation of saline water. When the sign 

of the salinity forcing is reversed (net precipitation in high latitudes, the opposite 

over the rest of the basin), the system exhibits millennial and decadal-to-interdecadal 

variability, the latter taking place in the midlatitude upper ocean, where the applied 

salinity flux is positive. Here destabilization occurs when upper layer waters, due to 

the constant input of salt at the surface, overlie deep waters which have been warmed 

by downward diffusion of heat. 

Yin and Sarachik (1995) studied the interdecadal thermohaline oscillations exhibited 

by a single-hemisphere coarse resolution version of the GFDL Modular Ocean Model, 

under steady forcing, and proposed the following advective-convective mechanism to 

explain the oscillatory solutions. A strong convective phase in the subpolar region is 

started by the subsurface advective warming induced by the northeastward currents 

transporting heat and salt poleward from the subtropical gyre. The vertical homoge

nization makes the surface water saltier and warmer and the subsurface water colder 

and fresher. The downward vertical velocity anomaly associated with convection in

duces a cyclonic flow, through vortex stretching, which advects polar fresh water into 

the convective region. Surface freshening, progressively weakens convection, which 
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eventually ceases once the vertical density stratification becomes stable. The cycle 

repeats itself when the constant subsurface advection of warm water sets conditions 

favourable to vertical instability. The period of the self-sustained oscillation is then 

given by the time between two consecutive strong convective phases, which is in turn 

dependent on the surface freshening and the subsurface heating rate. 

Winton (1996) and Greatbatch and Peterson (1996) examined the interdecadal 

variability in the context of the thermohaline overturning adjustment process, as

sociated with frictional boundary waves (the analogue of Kelvin waves in planetary 

geostrophic ocean models where the time derivative of momentum is neglected). Win

ton (1996) showed that baroclinic Rossby waves based on the ,B-effect were not essen

tial for the interdecadal oscillations, managing to reproduce these oscillatory solutions 

on the J-plane. He instead related the interdecadal variability featured by a coarse res

olution frictional geostrophic model, to the propagation of boundary-trapped waves, 

triggered by the impinging of thermal wind currents to weakly stratified coasts. He 

suggested that the high-latitude weak stratification induced by convection, could 

strongly impede the Kelvin wave propagation, which would then take place on an 

interdecadal timescale. Greatbatch and Peterson (1996), by alternatively suppressing 

wave propagation along each of the model boundaries, showed that only the western 

boundary was crucial to the existence of interdecadal oscillations, which were sug

gested to be self-sustained by southward propagating boundary waves, perturbing 

the western boundary current. Winton (1996) also pointed out the three-dimensional 

character of self-sustained decadal scale oscillations showing that the variability does 

not occur in a two-dimensional frictional model forced with fixed buoyancy fluxes. 

Winton (1997) and Greatbatch et al. (1997) investigated the sensitivity of the THC 

interdecadal mode to bottom topography. 

The results of Winton (1996) and Greatbatch and Peterson (1996) have been re

vised by Huck et al. (1999) and Colin de Verdiere and Huck (1999) (hereafter CVH), 

who suggest that PV waves of interdecadal period can playa role in establishing the 

low frequency variability in a coarse resolution ocean model, under constant surface 

heat fluxes. These waves can still exist on J-planes whenever a PV gradient is main

tained by the mean stratification and circulation. CVH suggest that the baroclinic 

instability of the western boundary current region, supposed to be active at planetary 

scales (Colin de Verdi ere , 1986) provides the energy source for the oscillations to be 

sustained in the face of dissipation. 
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Delworth and Greatbatch (2000) extended the work of DMS93, forcing the oceanic 

component of the GFDL coupled model with time series of surface fluxes taken from 

the coupled model and from a separate extended integration of the only atmospheric 

component of the coupled model. The authors, after performing several experiments 

with high- and low-pass filtered heat fluxes, suggest that the variability of the THe 

detected by DMS93 is driven by the low-frequency portion of the atmospheric flux 

forcing, without involving any coupled ENSO-like air-sea mode, as previously sug

gested by Weaver and Valcke (1998). 



Chapter 3 

The Model 

The model used to perform the numerical experiments described in the present work 

is MICOM (Miami Isopycnic Coordinate Ocean Model). MICOM is an isopycnic co

ordinate primitive equation OGCM, extensively documented in a number of papers 

(Bleck et al., 1992; Bleck, 1998). In this chapter the main chatacteristics of isopyc

nic coordinate models will be reviewed, with specific focus on MICOM. The model 

configuration used in the numerical simulations will also be described. 

3.1 Isopycnic models 

Isopycnic models differ from the traditional Cartesian models (i.e., models adopting 

the geometric height as vertical coordinate) by the use of potential density p as vertical 

coordinate. The use of an (x,y,p) coordinate system is an alternative formulation to 

the more familiar (x,y,z) frame, and it has strong implications on the way we represent 

physical processes in the ocean. Cartesian models are solved in a framework where 

density and depth are dependent and independent variables, respectively. Isopycnic 

models, on the other hand, solve the equations of motion and tracer transport on 

constant density surfaces, whose depth changes with time. 

A fundamental advantage deriving from the use of isopycnic models is the reduced 

impact of numerical diffusion on the model solution, when comparison is made with 

z-coordinate models. A well known Achille's heel of level models is the production 

of spurious diapycnal fluxes, particularly in regions characterised by steeply sloping 

density surfaces, due to the rather artificial split of transport terms into horizontal and 

vertical components. These fluxes have been shown to affect large scale features of the 
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modelled circulation, such as the meridional overturning and heat transport (Boning 

et al., 1995). As suggested by Iselin (1939) and Montgomery (1940), turbulent mixing 

of tracers in a stably stratified ocean is an essentially adiabatic process, with the eddy

induced spreading of material properties taking place preferentially along isopycnal 

surfaces, whereas diabatic processes are weaker by several orders of magnitude. The 

implementation of isopycnal mixing in a Cartesian model, either by resorting to a 

rotated mixing tensor locally tangent to an isopycnal surface (Redi, 1982) or via 

the introduction of bolus velocity terms in the tracer transport equation (Gent and 

McWilliams, 1990), is computationally demanding, and does not completely remove 

the spurious diapycnal fluxes as the numerical stability of the model still requires 

the use of a background diffusive term. Isopycnic coordinate models, on the other 

hand, provide a natural representation of the adiabatic eddy fluxes taking place in 

a stably stratified fluid. The use of an (x,y,p) reference system allows for a more 

realistic decomposition of the mixing terms into isopycnal and diapycnal components. 

Numerical diffusion due to truncation errors associated with the advection schemes 

can only occur along isopycnal sufaces, and can be possibly overshadowed by the 

isopycnic mixing. Unless specifically parameterised, diapycnal mixing is absent from 

the system. This allows the strength of diapycnic fluxes and their effects on the model 

solution to be controlled. 

The switch from depth to density as vertical coordinate also represents an im

provement with regard to the resolution of the ocean vertical structure. Isopycnic 

models describe the ocean as a stack of shallow water systems, or in other words ho

mogeneous density layers, whose thickness varies in space and time. As the depth of 

a layer interface changes in response to water mass formation/dissipation processes, 

the stratification of the water column is always reproduced within the accuracy of 

the set of density classes chosen to be represented by the model. This adjustable ver

tical resolution is capable of resolving density structures where it is most needed and 

overcomes the poor resolution problems inherent in the use of a Cartesian vertical 

discretization. 

As a given water mass, ideally represented by an isopycnal layer, is not necessarily 

defined over the entire domain due to the presence of water mass sources and sinks, 

constant density layers have to be allowed to become massless. The calculation of 

mass flux divergences in the neighbourhood of massless gridpoints represents a major 

challenge in isopycnal modelling, as the approach to the zero thickness limit may 
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result in unphysical overshootings, producing negative thickness values. The devel

opment of a class of transport schemes designed to conserve the positive-definiteness 

of the advected properties made it possible to overcome this problem and set the 

transition from a hybrid, quasi-isopycnic model (Bleck and Boudra, 1981), resorting 

to the Cartesian frame whenever the layer thickness reaches a minimum value, to a 

purely isopycnic system (Bleck and Boudra, 1986). The Flux Corrected Transport 

scheme (Zalesak, 1979), currently implemented in MICOM, uses a low order forward

upstream scheme to advect thickness without jeopardizing the positive-definiteness 

of the transported field. A higher order advection scheme is then used to correct the 

diffusive effects introduced in the previous step and regenerate the gradients, without 

producing new minima or maxima. 

Isopycnic coordinate models were also the first to have a free surface, as an alterna

tive to the rigid-lid approximation (Bryan, 1969). In MICOM the rigid-lid is replaced 

by a more efficient split-explicit scheme, based on the mode decomposition of pres

sure and velocity fields into barotropic and baroclinic components (Bleck and Smith, 

1990). The mode splitting increases the computational efficiency by allowing the use 

of different timesteps to advance separately the barotropic and baroclinic equations. 

One of the difficulties encountered during the development of p-coordinate models 

was the introduction of a planetary boundary layer at the top of the layered ocean. 

The addition of a mixed layer, whose density is vertically constant but varies hori

zontally, allows buoyancy fluxes to take place at the upper boundary. Merging the 

non-isopycnic mixed layer to the internal isopycnal ocean is problematic, as changes 

in the upper layer density induced by heat and salinity fluxes at the air-sea inter

face do not necessarily match the interior density values. In MICOM a bulk mixed 

layer sub-model based on the vertically integrated turbulent kinetic energy equation 

( Kraus and Turner, 1967) is used to simulate the seasonal entrainment/detrainment 

cycle (Bleck et al., 1989). During the detrainment phase, the water which is no longer 

in the mixed layer is temporarily stored into a buffer area (the fossil mixed layer). 

The pumping of the detrained water into the layered ocean, takes place at the end 

of a vertical redistribution of the thermal energy within the mixed layer, aimed to 

produce the matching between buoyancies of the newly formed water and an existing 

coordinate layer. The representation of the mixed layer through an integral model 

of the Kraus-Turner type, although successful under many aspects, is not immune 

to undesired side effects. The absence of vertical resolution in the uppermost layer 
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causes unrealistic vertical homogeneity of both momentum and tracers over large 

depths, particularly in the subpolar regions where the mixed layer deepening reaches 

its maximum. This problem is intrinsic to purely isopycnic models, and cannot be 

overcome unless a more flexible vertical coordinate is introduced. The need for a 

better representation of the mixed layer vertical structure is one of the reasons which 

led to the development of HYCOM (Hybrid Coordinate Ocean Model; Bleck, 2002), 

a hybrid-coordinate general circulation model adopting the Cartesian framework in 

the upper ocean, the isopycnic reference system in the internal stratified ocean and a 

a-coordinate in the coastal areas. 

The preservation of water masses characteristics over century timescales is a pecu

liarity of isopyncal models. This feature makes them the most appropriate tool to 

investigate the low frequency ocean variability. As this is one of the main subjects of 

the present work, the use of MICOM as the numerical model was a natural choice. 

3.2 Model description 

The model adopted for the present work is MICOM, in the particular configuration 

of DYNAMO (Dynamics of North Atlantic Models) inter-comparison project (DY

NAMO Group, 1997). The essential characteristics of the model are detailed in Bleck 

et al. (1992). In the following sections the dynamic equations, along with the details 

of the model configuration, will be outlined. 

3.2.1 The equations of motion 

The model prognostic equations describe the horizontal velocity vector, mass continu

ity and the transport of a buoyancy variable on surfaces of constant potential density 

referenced to the surface (ao). In order to extend the applicability of the equations 

to the non-isopycnic mixed layer, a generalized vertical coordinate s is used. 

The equations of momentum, mass conservation and buoyancy transport in the 

(x,y,s) space, are respectively: 

8v v
2 

( . 8P) 8v 8T (8P) -1 (8P ) -+Vs-+((+j)kxu+ s- -+VsM=-g-+ - Vs' v-Vsv 
8ts 2 8s 8p 8p 8s 8s 

(3.1) 
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(3.2) 

(3.3) 

where v=( u,v) is the horizontal velocity vector, p is pressure, e is a generic thermody

namic variable, (=(aaV - aaU) is the relative vorticity, M = ¢+PO! is the Montgomery 
Xs Ys 

potential, ¢ = gz is the geopotential, O! = p-l is the specific volume, f is the Cori-

olis parameter, k is the vertical unit vector, v and /'i, are the isopycnic viscosity and 

diffusivity, respectively, and T is the wind- and bottom-drag induced horizontal shear 

stress vector. He includes all the diabatic processes acting on the buoyancy variable 

e in the layered domain. In the present configuration, the thermodynamic variable is 

salinity. Potential temperature is inferred from salinity and potential density through 

the equation of state. The subscript s indicates that partial differentiation is carried 

out over constant-s surfaces. The slope of s surfaces introduces metric terms in the 

equations. These terms are removed by applying the convention of measuring dis

tances and velocities in the X,y direction on the projection of coordinate surfaces over 

the horizontal plane. 

Consistent with the description of the ocean as a vertical stack of constant density 

layers, the equations are reformulated in a layer-averaged form. After integration over 

a layer bounded by two coordinate surfaces Sbot,Stop, the mass conservation equation 

(3.2) turns into a tendency equation for the layer weight per unit area /:::.p = P(Sbot) -

p(Stop) : 

&~, L\p+ V,·(vL\p) + (s:~L -(s~~t = 0 (3.4) 

The term (sap/as) represents the interlayer mass flux, taken positive along the 

downward direction. Fluxes across s-surfaces are prescribed as the entrainment and 

detrainment at the base of the mixed layer and as diapycnal mixing occurring at 

the interfaces separating density layers. In (3.4) v is a layer-averaged quantity. By 

applying the Reynolds decomposition of velocity and pressure fields into a time mean 

and a residual component, the nonlinear flux term \7 s· (v /:::.p), after time-averaging, 

breaks into 
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\7·(v6p) = \7. (v6p) + \7. (v'6p') 

where the overbar indicates the time average and primed variables are the residual 

time-varying components. The second term on the right hand side, represents the 

turbulent thickness diffusion, and is parameterised, similar to the subgrid scale fluxes 

of momentum, as -\7 . (v\7 6p), where v is a thickness diffusivity coefficient. 

Upon layer-averaging, the momentum equation (3.1) retains its form, except for 

the shear stress and the lateral mixing terms on the right-hand side, which change 

into 

and 

respectively. The wind stress is assumed to be zero at the base of the mixed layer. 

Hence, the Ekman layer is not allowed to become shallower than the mixed layer. 

A quadratic law for the bottom stress is applied, and a linear profile is assumed so 

that the stress decreases from -pCdlvlv at the sea floor to zero in a ten meter thick 

bottom boundary layer. The layer-integrated form of (3.3) is: 

Two diagnostic equations complete the system. The hydrostatic equation 

aM 
-=p aD! 

and an equation of state linking salinity to potential temperature and density. 

3.2.2 Model configuration 

(3.6) 

The model domain covers the Atlantic region from approximately 1000W to 200E 

and 20°8 to 700N, with closed northern and southern boundaries. The equations, 

reformulated in finite difference form, are solved on a staggered Arakawa 'C' grid 

(Mesinger and Arakawa, 1976), with an horizontal resolution of r in longitude and 

r cosrp in latitude. The scale factor cosrp yields an isotropic grid (i.e., the grid size in 



CHAPTER 3. THE MODEL 

60 

50 

40 

Q) 
30 

"0 
.a 
§ 

20 

10 

0 

-10 

-100 -80 -60 -40 
longitude 

-20 

30 

o 

Figure 3.1: Model bathymetry in meters on a longitude-latitude grid. Contours are at lOOO-m 
intervals with the 600-m contour also shown (dashed line). 

independent on direction). There are 19 constant density layers in the vertical capped 

by a Kraus-Turner type mixed layer ( Kraus and Turner, 1967). This layer is vertically 

homogeneous but varies in density in the horizontal. The vertical discretization is 

given in Table 3.1. Bathymetry is provided by the ETOP05 database from the 

National Geophysical Data Center. The basin boundaries and topography are shown 

in figure 3.1. 

Except for the numerical experiments performed under an NAO-like wind stress 

(see chapter 6), the model is forced at the upper boundary with monthly climatological 

forcing fields for wind stress and heat fluxes, derived from three years of the European 

Centre for Medium-range 'Weather Forecasts (ECMWF) analyses (1986-1988). Wind 

stress is applied using the formulation proposed by Kondo (1975). Monthly means 

of the third power of the friction velocity u* = (17;1)1/2 (where rW is the wind stress 

vector), required in the turbulent kinetic energy equation for the mixed layer sub-
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Layer 0"0 

1 variable 

2 24.70 

3 25.28 

4 25.77 

5 26.18 

6 26.52 

7 26.80 

8 27.03 

9 27.22 

10 27.38 

11 27.52 

12 27.64 

13 27.74 

14 27.82 

15 27.88 

16 27.92 

17 28.00 

18 28.06 

19 28.09 

20 28.12 

Table 3.1: Surface-referenced potential density (0"0) of the layers defining the vertical discretization 
of the model. 

model, have also been determined from 6-hourly ECMWF analyses. The surface 

heat fluxes are applied through a Haney-type (Haney, 1971) boundary condition, 

stemming from the linearization of the bulk formulae parametrizing surface heat flux 

components (Barnier et at., 1995): 

where Qnet is the net heat flux, Ts is the model surface temperature, Ts dim is the cli

matological sea surface temperature, Q1 is the climatological net heat flux Qnet(Tsclim) 

and Q2 = _(8jTet h;lim . The thermal upper boundary condition is reformulated as 

a relaxation of the model ocean surface temperature toward an apparent air temper-
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Figure 3.2: Annually averaged distribution of the sea surface temperature relaxation timescale (in 
days), for a typical mixed layer depth of 100 m. 

where Ta = T~lim + §;- . 
The newtonian damping of the sea surface temperature is governed by a relax

ation timescale TR = (S2:Lhtl, where cp is the specific heat of sea water (set equal to 
pCp 

3.99 J / g/oC) and h is the mixed layer depth. Since Q2 and h vary both in time and 

horizontally, the implied relaxation t imescale will be not constant. In figure 3.2 the 

annually averaged distribution of TR is shown, for a typical mixed layer depth of 100 

m. The map shows that over most of the model domain, the restoring timescale is , 

on average, shorter than 150 days. 

The fresh water forcing is a relaxation of the model surface salinity to the Levitus 

climatology (Levitus, 1982) , with the restoring timescale chosen to be identical to 
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that used for the surface temperature. 

The use of a relaxation boundary condition for the sea surface salinity may be ques

tionable, in that it assumes a feedback between the upper layer salinity and fresh 

water fluxes at the air-sea interface whose evidence in the real system is lacking. 

Indeed, a mixed boundary condition (i.e., relaxation of sea surface temperature com

bined with fresh water fluxes) is usually preferred. As the main focus of this work is on 

the low frequency behavior of the ocean, results from te Raa and Dijkstra (2002) can 

be invoked, suggesting that the switch from relaxation to flux boundary conditions 

mostly affects the stability properties of the low frequency variability, whereas the 

typical period and space structure of the variability modes are basically unaffected. 

The ECMWF forcing fields and Levitus sea surface salinity were converted to pseudo 

fields according to Killworth (1996), in order to obtain the correct monthly means. 

Below the mixed layer, layer salinity and interface depths are relaxed to Levitus clima

tology at the southern boundary (full depth), whereas at the northern boundary full 

depth relaxation applies to an improved hydrographic database merging Levitus data 

with a dataset supplied by the Kiel group (DYNAMO Group, 1997). At Gibraltar, 

three different relaxation depths have been used, in order to simulate Mediterranean 

Outflows of varying strength (details are given in chapter 4). In the mixed layer, 

potential temperature and salinity are relaxed to Levitus data (or Kiel data near the 

northern boundary) averaged over the depth of the mixed layer. A zero order ice 

model is also included, simulating ice cover by setting the heat flux to zero whenever 

the surface temperature falls below the freezing temperature for sea ice (-1.8°C). 

No-slip conditions apply at the lateral boundaries. 

Sub-grid scale processes are parameterised using harmonic mlxmg. There are 

three mixing coefficients for isopycnic diffusion of momentum, layer thickness and 

tracers. They are written in the form of velocities, representing the ratio of the 

diffusion coefficients to the model grid spacing, and are constant. Since the mesh size 

decreases with the latitude, according to the scale-factor cOStp, keeping the diffusion 

velocity constant is equivalent to a decrease in the diffusivity towards the poles. In this 

way the internal Rossby radius dependence on the Coriolis parameter is mimicked. 

The magnitudes of the diffusion velocities for the performed experiments, are 0.5 for 

temperature, salinity and passive tracers and 1.0 cmls for momentum, whereas for 

the thickness diffusion velocity a range of values has been used in order to perform 

a sensitivity analysis (see chapter 4). This configuration includes a small amount of 
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diapycnal mixing, with the diffusion coefficient inversely proportional to the Brunt

ViiisiiHi frequency (N): ao/N, where ao is set to 1O-3cm2s-2. 



Chapter 4 

Sensitivity experiments under a 

climatological forcing 

In this chapter the sensitivity of the ocean intrinsic viariability to changes in the 

level of internal dissipation and the strength of the meridional overturning rate (the 

latter, modulated by varying the Mediterranean outflow (MO) strength) under a 

climatological forcing, is analysed. 

4.1 Introduction 

The aim of this chapter is to document the model sensitivity with respect to a specific 

turbulence closure parameter, the thickness diffusion, and the strength of the MO. 

The underlying goal is to identify the regions of the unforced system 1 parametric 

space whereby decadal and longer term variability spontaneously occurs. In order 

to identify both the regions of the phase space where low frequency behaviour takes 

place and the dominant timescales characterising the spectrum of the ocean natu

ral variability, a set of climatological numerical experiments has been designed. The 

dynamical system under investigation features a multi-dimensional parametric space 

and a thorough sensitivity study (with the adopted resolution and the currently avail

able computational resources) is infeasible, particularly if decadal scale phenomena 

are to be resolved. Thus, the sensitivity analysis needs to focus on a specific subset 

of the full parametric space. Subgrid scale parameters, setting the strength of unre-

IThe term unforced refers to a system which is forced with fluxes containing no variability apart 

from the seasonal cycle. 

35 
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solved physical processes, are a natural candidate for both theoretical and practical 

reasons. 

Firstly, there is growing evidence supporting the idea that the level of dissipation in 

the ocean may set the transition from a stable state to an oscillatory solution. Simu

lations carried out with simplified general circulation models (Huang and Chou, 1994; 

Marotzke, 1997; te Raa and Dijkstra, 2002) and planetary geostrophic models (Huck 

et al., 1999; Colin de Verdiere and Huck, 1999) show that interdecadal oscillations, 

associated with the instability of the THC, are likely to occur when critical thresh

olds are crossed in the phase space defined by the turbulence closure parameters, 

suggesting the presence of a Hopf bifurcation (Drazin, 1992). The highly simplified 

nature of the above mentioned experiments raises an obvious issue: do the revealed 

features withstand a more realistic experimental setting (higher resolution, realistic 

bottom topography and surface fluxes, etc.)? Experiments performed with relatively 

sophisticated models are needed in order to test the robustness of some of the low 

complexity models results. 

A number of subgrid scale parameters governs the turbulent mixing processes in an 

OGCM. In the real system, mesoscale baroclinic eddies (the most energetic compo

nent of the eddy field) are considered to be responsible for converting the available 

potential energy into eddy kinetic energy, by flattening the sloping isopycnal surfaces. 

This is an essentially adiabatic process, naturally implemented in isopycnic coordi

nate models through a downgradient diffusion term in the layer thickness tendency 

equation. Hence, thickness diffusion well represents the physics of the eddy field and 

is the turbulent mixing parameter selected to perform the sensitivity analysis. 

It must also be emphasized that sensitivity studies of OGCMs to turbulence closure 

parameters have been mostly performed within the framework of z-coordinate mod

els, which are notoriously unable to clearly separate isopycnal from diapycnal mixing. 

Vertical (horizontal) mixing can be identified with diapycnal (isopycnal) mixing only 

when constant density surfaces are coincident with geopotential surfaces. Hence, in 

the presence of sloping isopycnic surfaces both vertical and horizontal mixing coeffi

cients induce some degree of isopycnal and diapycnal diffusion. Isopycnic coordinate 

models, on the other hand, allow a clear separation between diapycnal and isopycnal 

mixing. 

The former plan of analysing the model sensitivity to eddy mixing only was revised 

following the (rather incidental) discovery of the important role played by the param-
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eterised MO on the low frequency variability of the system under investigation. This 

led to an extension of the initially planned set of experiments, and a dimension to the 

phase space to be analysed in the sensitivity study, was added. Bearing in mind the 

deficiencies of the M 0 representation in the present model configuration (detailed in 

the next section) caution is needed in the interpretation of this particular subset of 

experiments. In fact, it would be hazardous to infer from this set of results any sound 

conclusion regarding the impact of the Mediterranean Sea on the large scale circula

tion of the Atlantic Ocean. However, as it will be shown in section 4.3, changes in the 

parameterised MO affect the amplitude of the meridional overturning cell. The same 

effect, but for different dynamical causes, is achieved by modulating the diapycnal 

diffusivity, as shown in other sensitivity studies (Bryan, 1987; Marotzke, 1997; Zhang 

et al., 1999). The latter methodology is in fact a more orthodox procedure, commonly 

used to modify the mean state of the meridional overturning circulation. Nonethe

less, the chance discovery of an effective equivalence between the MO and diapycnal 

mixing with respect to the amplitude of the meridional overturning (complementary 

to thickness diffusion, representing an isopycnal process) corroborated the decision of 

including the MO dependency experiments in the sensitivity analysis. Indeed, here 

the focus is on the effect of the meridional overturning circulation strength on the 

system low frequency variability, regardless of the specific methodology followed to 

modulate the overturning cell amplitude. 

4.2 Experimental setup 

As stressed in the previous section, the sensitivity analysis is carried out in a two

dimensional parametric space, defined by the thickness diffusivity and the MO strength. 

As the Mediterranean Sea is not explicitly included in the model domain, the input 

of Levantine Intermediate Water (Wiist, 1961) into the Atlantic is simulated through 

a relaxation boundary condition applied to the layer interface depths in a buffer zone 

located in the model Gulf of Cadiz (GoC). Salinity relaxation to climatology is also 

applied, but has no effect on the model dynamics as the vertical density distribution 

remains unchanged. The water mass exchange between the Atlantic and the Mediter

ranean system can be estimated from the volume changes induced on each layer as a 

net effect of the restoring boundary condition in the GoC. Negative (positive) volume 
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changes in a given layer represent a sink (source) of mass for that layer, or equiva

lently an eastward flow entering (westward flow out coming from) the Mediterranean 

Sea. As stressed by Jia (2000), this lateral boundary condition acts as a water mass 

transformation device, simulating the diapycnal flows taking place in ocean regions 

external to the model domain. The same restoring condition, applied to buffer zones 

at the northern and southern boundaries, provides the parameterization of the wa

ter exchange with the Nordic Seas and the South Atlantic, respectively, closing the 

meridional overturning circulation. Depending on the deepest layer interface to be 

restored, MOs of different strength and density structure can be obtained. Jia (2000) 

showed that the restoring condition as implemented in the present study, tends to act 

as a sink (source) for the layers below (above) the deepest interface being relaxed. 

Three different boundary conditions in the GoC are used: a full depth relaxation, 

where the relaxation is extended down to the deepest layer interface, an intermediate 

depth relaxation, where the relaxation is applied down to the upper interface of layer 

15 (0"0 = 27.88), and a no relaxation boundary condition. Accordingly, the experi

ments are grouped in as many ensembles, identified as HMED, 1MED and NOMED, 

respectively. For each ensemble, thickness diffusion velocity Ud (the ratio between the 

thickness diffusion coefficient and the mesh size) is varied over a wide range of values, 

with the extremes differing by one order of magnitude. 

The experiments are summarized in Table 4.1, as a function of thickness diffusion 

velocity and the type of boundary condition in the GoC. 

The annually averaged layer-by-layer volume change generated in the GoC buffer 

zone by the relaxation, converted to transport values, is shown in figure 4.1, for the 

experiments I01 and H01, representing the classes of experiments 1M ED and HMED, 

respectively. For both of these experiments a diffusion velocity of 0.1 cmls was used. 

Jia (2000) performed a numerical experiment identical to I01 except that thickness 

diffusion velocity was set equal to 0.5cml s. The resulting MO pattern (figure 9b in 

Jia (2000)) shows no substantial differences with respect to the case Ud = O.lcmls, 

which will be described below. 

For experiment I01 the MO signature is confined on model layer 15 (0"0 = 27.88) 

with a total transport of 7.5 Sv (1 Sv= 106m 3 S-1). As the relaxation is extended to 

the upper 15 layer interfaces, there is a tendency for the upper 14 layers (interface 

15 is the lower bound of layer 14) to act as a sink of water, which has to be compen

sated by a westward flow in the layers below. Experiment HOl exhibits a deeper MO, 
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Experiment Thickness Diffusion Ud Mediterranean B.C. 

at the Equator (m2 
/ s) (em/ s) Outflow (Sv) in the GoC 

HO 0 0.0 9.5 

H005 75 0.05 9.5 

HOI 150 0.1 9.5 HMED 

H02 300 0.2 9.5 

HI 1500 1.0 9.5 

I01 150 0.1 7.5 

I02 300 0.2 7.5 

I05 750 0.5 7.5 
IMED 

11 1500 1.0 7.5 

N005 75 0.05 0.0 

N01 150 0.1 0.0 
NOMED 

Table 4.1: Summary of parameter values used in the sensitivity experiments. Experiments are 
labelled in a self explanatory way, the first letter identifying the experimental ensemble, followed by 
the corresponding diffusion velocity. 

mostly occurring on layer 16 (era = 27.92) with a smaller contribution from layer 15. 

The combined transport is 9.5 Sv. The downward displacement of the outflow core, 
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Figure 4.1: Transport induced by the restoring condition in the GoC for experiments I01 (left) and 
HOI (right). 
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with respect to the I01 case, stems from the use of a full depth relaxation, which tends 

to induce most of the outflow in the deepest layer. Layers with a density lighter than 

CTO = 26.18 have transports close to zero, as they outcrop south of the GoC, during 

most part of the year, whereas density classes heavier than 27.92 are mostly massless 

in the GoC, and their transports are also negligible. For this reason, only model 

layers 5 to 16 have been included in figure 4.1. 

It must be emphasized that the representation of the MO obtained with the presented 

experiments, is far from being realistic, as can be inferred from a direct comparison 

with observations. A recent estimate of the MO transport in the GoC (Baringer and 

Price, 1997) provides a value of about 1.9 Sv in the density range of 27.3-28.0. Both 

the amplitude and the density structure of the model MOs deviate considerably from 

the observations. The strength of the MO differ from the observed value by a factor 

of 4 (5) for experiment I01 (HOI) whereas both the numerical experiments exhibit 

a too dense overflow compared to the observations. Many factors concur to create 

the above mentioned discrepancies. Jia (2000) shows that a considerable reduction 

in the MO strength is achieved when a higher resolution (~O) version of the presently 

used model is employed. The use of surface referenced potential density as a vertical 

coordinate may also playa role. 

The no relaxation boundary condition experiments (NOMED ensemble) exclude the 

effect of the Mediterranean Sea by setting the overflow to zero, so providing a lower 

bound to the range of MO values being used in the sensitivity study. 

As we are interested in the variability due to the internal dynamics, no interannual 

variations have been introduced in the fluxes of buoyancy and momentum, and a 

simple climatological forcing (described in chapter 3) has been used. The performed 

numerical experiments provide a patchy sampling of the phase space. The incompat

ible needs of a thorough exploration of the parametric space and the study of the 

ocean variability on interdecadal timescales (requiring multi-century model integra

tions) led to a partial undersampling of the phase space. Nonetheless, the major 

features of the model sensitivity with respect to the selected parameters, have been 

captured (as it will be shown in the next section). The occurrence of self-sustained 

oscillations of the meridional overturning circulation in the low diffusivity-high MO 

portion of the parametric space, led to increase the number of experiments in that 

region. In particular, a zero diffusivity experiment was performed aimed to clarify 

whether the use of low diffusivities may affect the numerical solutions by introducing 
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a computational mode. 

For all the performed experiments the model is initialized with a state of rest, with 

potential temperature and salinity fields given by Levitus (1982) September clima

tology. All the numerical simulations have been run for a minimum time length of 

one century. Experiments showing a higher degree of variability, notably the low 

diffusivity ones, have been integrated for a longer time, in order to better resolve the 

processes occurring over decadal and interdecadal timescales. 

4.3 Spinup and equilibrium states of the merid

ional overturning 

The meridional overturning (quantified through the meridional overturning stream

function; see below) is an integral descriptor of the large scale ocean motion, com

monly identified with the thermohaline circulation, and it will be used here to diagnose 

the evolution of the model spin-up. The meridional overturning streamfunction is de

fined as the zonally integrated meridional mass transport above the isopycnic surface 

w(¢, (Je) = J d)..acos¢ 1° dz'v().., ¢, z') (4.1) 
h()..,rjJ,O"e) 

where ¢ is the latitude, ).. is the longitude, z is the depth, a is the earth radius and 

h().., ¢, (Je) is the interface depth of the constant potential density surface (Je. 

In figure 4.2, the time series of the annually averaged maximum meridional overturn

ing stream function for the full set of experiments, are shown. Two distinct types of 

transient behaviour can be identified. Experiments performed with high diffusivity 

values (Ud 2: 0.2cm/ s) and all the IMED experiments, are characterised by a three 

phases spinup: a very rapid decay, occurring in about 10 years, followed by a slower 

adjustment in the successive decade, and a slow convergence towards a (statistically) 

steady state, which extends until year 50, approximately. The low diffusivity exper

iments (Ud ::; O.lcm/ s), for HMED and NOMED lateral boundary conditions, show 

decadal and multidecadal fluctuations, starting on year 17, and persisting through 

the entire model integration, with an amplitude of up to 5 % of the mean. A syn

optic view of the mean states reached by the model meridional overturning in the 

selected two-dimensional parametric space, is shown in figure 4.3. The mean states 

are calculated from the time series of the maximum annually averaged meridional 
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Figure 4.2: Time series of the maximum annually averaged meridional overturning streamfunction 
(Sv) over the Northern Hemisphere as a function of thickness diffusivity and Mediterranean outflow. 
Colors refer to the diffent MO strength: HMED (blue), IMED (red) and NOMED (green). See the 
legend for further details. 

overturning streamfunction in the Northern Hemisphere, after removal of the initial 

50 years, strongly affected by the spinup. The level of variability around the mean 

state, computed as ±1 standard deviation, is also shown. 

The overturning exhibits an overall increasing trend as the diffusivity and the MO 

are enhanced. Changes in the thickness diffusivity by one order of magnitude result 

in a 1 Sv increase of the meridional mass transport for both the intermediate and high 

MO cases, which is about 6 % of the mean overturning. An approximately 10 Sv in

crement in the MO (i .e.,from NOMED to HMED) induces a 10-15 % enhancement of 

the meridional overturning cell. Analysing the causes of the ocean response sensitivity 

to isopycnal mixing is outside the scopes of this thesis. However, it is interesting to 

notice the relatively modest impact of thickness diffusivity on the meridional overturn

ing strength, compared to analogous sensitivity experiments performed by changing 

lateral diffusion, in z-coordinate models . The rigorous split between isopycnal and 

diapycnal mixing, implicit in isopycnal models formulation, rules out any possible 

spurious diapycnal mixing effect associated with the eddy mixing parameterization. 
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As previously noticed, some of the model solutions do not reach a steady state, 

as relatively large amplitude fluctuations occur about the mean. The nature of the 

detected unsteady behaviour will be analysed in more detail in the next section. 

4.4 Low frequency variability 

Patterns of upper ocean variability, as diagnosed through the standard deviation of 

March SST, are shown in figures 4.4a-b, for experiments IOI and 11, representing 

typical low and high diffusivity conditions, respectively. The upper layer mean flow is 

also displayed. For consistency with the diagnostics used to quantify the meridional 

overturning variability, the SST standard deviation has been calculated starting from 

year 50, so as to remove the effects of the initial spinup. In both IOI and 11 cases, the 

maximum variability is detected along the North Atlantic Current pathway, mark

ing the boundary between the model subpolar and subtropical gyres. Qualitatively 

similar patterns are obtained, when different MO (or equivalently, meridional over

turning) strengths are used (not shown). As the thickness diffusion is increased, the 

mean position of the NAC, east of 400 W , swings to the north , the intensity of the 

Meridional Mass Transport 
18~----------------~--------------~--------------~~r~O~~H~M~E~D-' 

o IMED 
o NOM ED 

17.5 

15.5 

15 

14.5 
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Figure 4.3: Time mean of the maximum annually averaged meridional overturning streamfunction 
(Sv) over the Northern Hemisphere as a function of thickness diffusivity and Mediterranean outflow. 
The bars around the mean are computed as ±1 standard deviation of the meridional overturning. 
The first order polynomial fit for HMED and IMED experiments is also shown (dashed lines). 
Diffusivity values are evaluated at the equator. 
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Figure 4.4: Standard deviation of March SST for experiment (a) 101 and (b) II (OC; shaded contours) . 
The upper layer mean flow is also shown (vectors). 

upper layer variability signal diminishes, and the area of the maximum SST variabil

ity region, located along the subpolar front, undergoes a sensible reduction. 

Time series of the SST in single gridpoints selected within the core of the correspond

ing maximum variability region are shown in figures 4.5-7, for experiments HMED, 

IMED and NOMED respectively. 

Despite the similarity characterizing the SST variability patterns, the underlying 

temporal structure shows a fairly large sensitivity to the level of turbulent mixing and 

meridional overturning strength. Different processes contribute to the detected SST 

variability signal. Although the presence of low frequency oscillations, with charac

teristic decadal and longer timescales, can be detected in all the weakly dissipative 

cases, the oscillatory behaviour does not always appear to be the main cause of the 

diagnosed variability. A slow adjustment dominates the SST signal in the low diffu

sivity IMED experiments (IOI and I02 : Ud S; 0.2 em/ s; figure 4.6), converging to a 

new equilibrium state with a typical centennial time scale, and henceforth revealing 

a longer spinup than the one identified through the maximum meridional overturning 

time series. It is evident that after the removal of this slow adjustment, the residual 

variability would have a marginal amplitude. High diffusivity IMED simulations (I05 

and I1), on the other hand, do not show any significant variability on the decadal 

timescale. 

Large amplitude oscillations appear in a narrow range of diffusivity values for the 
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HMED experiments (figure 4.5). In particular, experiment H005 reveals a 40 years 

oscillation which is damped after about 100 years from the onset. Experiment HOI 

exhibits an oscillatory behaviour persisting through the whole model integration. 

Although the oscillation is rather irregular, a dominant 50 years timescale can be 

detected, along with minor amplitude decadal fluctuations . As thickness diffusion is 

either increased above Ud = 0.1 or reduced below Ud = 0.05 em/ s, the multidecadal 

oscillatory behaviour disappears, and the system drifts away from the initial condition 

to a new equilibrium state with a time evolution similar to IMED experiments. Ex

periments HO and H005 also reveal a well pronounced 10-15 years oscillatory mode, 

considerably smaller in amplitude compared to the interdecadal variability signal 

found in experiment HOI. Decadal scale variability is also detectable in the NOMED 

experiments (figure 4.7). The intercomparison between experiments N01, WI and 

HOI (characterised by the same diffusion velocity, Ud = 0.1 em/s, but different MO) 

shows the impact of the MO on the low frequency response of the analysed system. 

Although decadal and multidecadal fluctuations are present in all of the compared 

experiments, it is only when the meridional overturning exceeds an amplitude of ap

proximately 16 Sv (see figure 4.3) that an energetic multidecadal oscillation emerges. 

Similar considerations apply to experiments N005 and H005, showing a switch from 
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Figure 4.5: Time series of March SST (DC) in the NAC, for experiment ensemble HMED . Colours 
identify different diffusivity values. 



CHAPTER 4. SENSITIVITY EXPERIMENTS 46 

11.-------~--------~------~--------~--------~-------,~~~~IO~1~ 

10 

9 . .... . . . . . . . ........ . . . 

8 

7 ..... ... .. ' .... ... ' - .. .... : .. ..... . .. . . 

6 

5 

4 
. . .... .. . . .. ...... . . . . ..... .. . .... . . . . 

3 

2 ~------~--------~------~--------~--------~------~ 
o 50 100 150 

Year 
200 250 300 

- 102 
- 105 
- 11 

Figure 4.6 : Time series of March SST (DC) in the NAC, for experiment ensemble IMED. Colours 
identify different diffusivity values . 

a decadal scale variability to a multidecadal damped mode, excited under enhanced 

meridional overturning. The structure of t he oscillatory mode found in experiment 

HOI will be extensively analysed in chapter 5, where a detailed descript ion of the 

model internal variability will be provided. One of the ultimate goals of the present 

work is to study the ocean variablity induced by atmospheric fluxes varying over the 

typical ocean internal variability timescales. The results from the experiments doc

umented in this chapter represent a start ing point towards this objective, as they 

provide evidence on the existence of low frequency ocean fluctuations, with a strong 

decadal and interdecadal signature. Building upon this evidence, an addit ional set of 

experiments is designed, where purely climatological upper boundary conditions are 

replaced with an atmospheric forcing mimicking the main feat ures of the N AO (the 

dominant low frequency variability mode of the atmosphere in the Atlantic sector) 

modulated in time with idealized 10 and 50 years sine-wave functions. The ocean 

response to low frequency atmospheric variability is also investigated as a function 

of the internal level of dissipation in the ocean. The experimental setup adopted for 

the forced variability simulations, and the related results are t he subject of chapter 

6. The model configuration corresponding to experiments 101 and I1 (IMED lateral 

boundary condit ions at Gibraltar) is selected to perform the forced variability (NAO) 
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Figure 4.7: Time series of March SST (0C) in the NAC, for experiment ensemble NOMED. Colours 
identify different diffusivity values. 

experiments, under typical low and high diffusivity conditions, respectively. This 

choice is motivated by the desire to have some representation of the MO in the sys

tem. The IMED boundary conditions provide the closest representation of the MO 

to observations, among the available experiments. The characteristics of IOI and I1 

mean general circulation are described in the following section. 

4.5 101 and 11 experiments: mean states 

In figure 4.8 patterns of the mean circulation and temperature in the upper layer 

are shown. Overall, the major features of the North Atlantic Ocean circulation are 

captured by the model. The main current systems, including the Florida Current, 

the Gulf Stream and the NAC, are reasonably well reproduced. A major model defi

ciency is represented by the Gulf Stream separation latitude, located north of 40oN, 

and hence far too north compared to observations, which provide an estimate of 35°N. 

This a well known limitation shared by similar resolution state-of-the-art OGCMs. 

The most pronounced differences between low and high diffusion solutions can be de

tected in the NAC pathway and strength. The jet-like structure featured by the low 

diffusivity NAC, is replaced in the high diffusion experiment, by a smoother current, 
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Figure 4.8: Mean upper layer velocity and temperature for experiments I01 (left) and 11 (right). 
Mean fields have been computed over the last 10 years of the model integration. 

having a stronger meridional component. 

The mean barotropic streamfunction is shown in figure 4.9. Both experiments 

show the characteristic North Atlantic double gyre circulation. The subtropical gyre 

strength is about 36 (35) Sv, for the low (high) diffusivity case. The most evident 

effect induced on the barotropic circulation by varying the level of mixing can be de

tected in the subpolar gyre strength and geometry. The subpolar gyre exhibits a 28 

(20) Sv strength for the low (high) diffusivity experiment. Also, the related cyclonic 

circulation exhibits a reduced zonal extent as diffusivity is increased, consistent with 

the results from the upper layer mean flow pattern intercomparison. A cyclonic vor

tex, with a 1000 Km diameter, can be detected in the GoC. This structure represents 

a considerably unrealistic departure from a Sverdrup balance, in a region where there 

are no significant factors (e.g., topographic features) to justify this discrepancy. This 

is a known model deficiency, related to the relaxation boundary conditions applied at 

Gibraltar to simulate the MO, also connected to the use of surface referenced poten

tial density. A thorough discussion of this issue can be found in Jia (2000). 

Figure 4.10 shows the mean meridional overturning streamfunction, in the potential 

density-latitude space. Buoyancy fluxes at the surface and relaxation conditions at 

the open boundaries and off Gibraltar appear to be the main factors concurring to 
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Figure 4.9: Mean barotropic streamfunction (Sv) for experiments 101 (left) and 11 (right) . The 
contour interval is 2 Sv. The solid (dashed) line denotes positive (negative) values, whilst the thick 
solid line indicates the 0 contour. Mean fields have been computed over the last 10 years of the 
model integrations. 

shape the model thermohaline circulation. The lower limb of the thermohaline cell 

(the model NADW) gradually increases while flowing southward. The strong diapy

cnal flow occurring at 35°N is clearly caused by the restoring boundary condition 

applied at Gibraltar, as already discussed in section 3.1. The strength of the over

turning cell is about 16 (17) Sv for the low (high) diffusion case, and is consistent 

with the observational estimate provided by Rommich and Wunsch (1985) . 

4.6 Summary 

Results from a sensitivity analysis of the ocean response with respect to eddy mixing 

and MO have been presented in this chapter. The analysed results strongly sug

gest that there are critical thresholds in the system, marking the transition from a 

stable solution (fluctuations occur about a well defined mean state) to an unstable 

behaviour, featuring large amplitude multidecadal oscillations. Both thickness diffu

sion and the strength of meridional overturning contribute to set the characteristics 

of the long term response of the upper ocean. In particular, an energetic overturn-
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Figure 4.10: Mean meridional overturning streamfunction (Sv) for experiments 101 (left) and II 
(right). The contour interval is 1 Sv. The solid (dashed) line denotes positive (negative) values. 
Mean fields have been computed over the last 10 years of the model integrations . 

ing combined with a weakly dissipative ocean provide favourable conditions to the 

existence of low frequency variability. The low frequency tail of the ocean response 

spectrum appears to be dominated by two timescales: a quasi-decadal 10-15 years 

timescale, insensitive to the overturning strength but damped at high diffusion, and a 

multidecadal 50 years timescale, which only emerges when the overturning exceeds a 

16 Sv amplitude, and for a narrow range of internal dissipation levels. The existence 

of such a narrow interval of parameters whereby interdecadal variability occurs, may 

be explained as follows. High diffusivity works against the establishment of variabil

ity at any scale in the system. By reducing diffusion, low frequency modes appear 

more energetic. However, by reducing diffusion, the meridional overturning becomes 

weaker (on average), which in turn conteracts the onset of low frequency oscillations. 

Hence, there is an optimal interval of eddy mixing values which favours the existence 

of long term fluctuations. This may explain why, in the HMED group of experiments, 

setting the diffusivity to zero causes the multidecadal oscillatory mode to disappear. 

The undersampling of the parametric space (i.e., the absence of a full coverage of 

the phase space) and the lack of multicentury integrations for some of the numerical 

experiments, conspire against a clear understanding of the system behaviour, un-
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der varying strengths of turbulent mixing and meridional overturning. However, the 

consistency of these results with similar experiments performed with simpler models 

(most notably, te Raa and Dijkstra (2002)) corroborates the idea that interdecadal 

variability modes are a robust feature of the ocean system, under low diffusivity and 

high overturning rates conditions. In order to better understand the nature of the 

detected multidecadal variability, the solution corresponding to experiment H01 (ex

hibiting an oscillatory mode with a typical 50 years timescale) will be analysed in 

detail in the following chapter. 



Chapter 5 

Interdecadal variability 

In the previous chapter the sensitivity of the model equilibria to changes in the level 

of internal dissipation and the strength of the Mediterranean overflow was analysed. 

For a narrow interval of parameters, and specifically when the thickness diffusivity 

is lower than 300 m2s-1 and the MO is higher than 7.5 Sv (IMED ensemble), it 

emerged that the model cannot reach an equilibrium state. In one of these experi

ments (labelled as H01) the meridional overturning undergoes an irregular oscillation 

exhibiting variability on interdecadal timescales. In this chapter the interdecadal 

mode is described in detail, along with the underlying mechanism. Unless otherwise 

specified, all the results described in this chapter refer to the experiment HOl. 

5.1 Sea surface temperature variability 

The spatial structure of sea surface temperature variability for the experiment H01 

is diagnosed through the SST standard deviation (figure 5.1). Only March tempera

ture fields are accounted for in the calculation of the standard deviation so that the 

seasonal cycle signal is filtered out. Variability is mostly confined north of 45°N, and 

the maximum amplitude is detected in the eastern subpolar gyre. A minor amplitude 

feature is observed along an approximately zonal belt, centered at 23°N. Hovmiiller 

plots show that this structure is related to a westward propagating wave-like distur

bance with a period of approximately 2 years (not shown). The time series of March 

SST in 35°W,55°N, where the highest variability is detected, reveals the presence of 

a self-sustained irregular oscillation, spontaneously arising after 40 years from the 

model initialization (figure 5.2a). In order to emphasize the low frequency compo-

52 
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Figure 5.1: Standard deviation of March SST (0C) computed for experiment HOI 
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nents of the signal, the time series has been low-pass filtered using a Butterworth 

filter with a 5 years cut-off period. A simple visual inspection of the time series re

veals an approximately 50-years cycle emerging at the beginning and at the end of 

the oscillation. The power spectrum of the SST (figure 5.2b) conforms to an w-2 

power-law at high frequencies, and exhibits enhanced energy around the timescale of 

50 years (0 .02 cycles per year) in contrast with a red noise spectrum. 

Figure 5.3 shows snapshots of March SST anomalies for a single 55 years long 

cycle of the thermal oscillation, in the northern part of the domain. Anomalies are 

computed by removing March climatology from istantaneous snapshots. The selected 

time interval corresponds to a particularly regular phase of the oscillation. Sub-basin 

scale SST anomalies with a magnitude of 2-3 °C drift poleward following the cy

clonic circulation of the subpolar gyre. Anomalies propagate with an average speed 

of about 150 m/ day, one order of magnitude smaller than the typical velocities in 

the subpolar gyre, and are ultimately dissipated in the Irminger Sea, with no further 
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Figure 5.2: (a) Evolution of March SST (OC) in 35°W,55°N . SST has been low-pass filtered with a 
5 years cut-off period. (b) Power spectrum of the SST in 35°W ,55 oN. The frequency (w) is in cycles 
per year. The w-2 power-law is also shown (dashed line). 

westward propagation into the Labrador basin. As a result, a dipole dominates the 

SST anomaly field in the eastern subpolar basin. The sign reversal of the dipole 

occurs in a 20-25 years time. 

In order to establish whether the described SST oscillation drives a similar variabil

ity in the density field, and to quantify the relative role of surface salinity, the density 

anomaly averaged over the Irminger Sea (where the maximum variability is detected) 

is calculated, along with the temperature and salinity contributions to the anomalous 

density field in that area (figure 5.4). The region designated for the calculation of 

the anomalous fields is bounded by 55.3 ON and 65.7 ON, 38.6 oW and 28 oW. SST 

and surface salinity anomalies are multiplied by their respective expansion coefficient 

values, a = 1.668 x 10-4 K-1 and {3 = 7.61 X 1O-4psU- 1, to provide the thermal and 

salinity components of the density anomaly. The latter is estimated by means of the 

linear relationship, !:1Plin = Po [{3!:1S - a!:1T]' with Po = 1027 K gm- 3
. The density 

anomaly as diagnosed by the model equation of state (!:1Pmod) is also shown, for com

parison. Both !:1Plin and !:1Pmod exhibit multidecadal fluctuations, coherent with the 

SST signal which dominates over salinity throughout the oscillation. Discrepancies 

between the linear and the model density anomalies can be traced back to the non 

linear terms in the equation of state employed by the model. Lateral advection of 

temperature and salinity in the mixed layer, along with the buoyancy fluxes at the 



CHAPTER 5. INTERDECADAL VARIABILITY 55 

Year 100 Year 105 Year 110 
3 

65 65 2 

60 60 60 
Q) 
-0 
.3 55 
~ 

55 55 0 

50 50 50 -1 

45 4 5 45 -2 

4 0 40 4 0 -3 
-60 -40 -20 -60 - 40 - 20 -60 -40 -20 

Year 115 Year 120 Year 125 
3 

65 2 

60 60 

55 55 0 

50 50 -1 

45 45 45 -2 

4 0 40 40 -3 
-60 -40 -20 -60 -40 -20 -60 -40 -20 

Year 130 Year 135 Year 140 
3 

65 2 

60 
Q) 

-0 
.3 55 0 
~ 

50 -1 

4 5 -2 

40 40 -3 
-60 -40 -20 -40 -20 -60 -40 -20 

Year 145 Year 150 Year 155 
3 

65 65 2 

60 60 

55 55 0 

50 50 -1 

45 4 5 -2 

4 0 4 0 40 -3 
-60 -40 -20 - 60 -40 -20 -60 -40 - 20 

longitude longitude longitude 

Figure 5.3: Anomalies of March SST (DC; March climatology has been removed) for the time interval 
ranging from year 100 to year 155. The time spacing of each snapshot is 5 years. 
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Figure 5.4: Density anomalies (K gm -3) basin-averaged over the Irminger Sea, implied by SST 
(blue), surface salinity (red), and their linear combination (black dashed). The density anomaly as 
diagnosed by the model nonlinear state equation is also shown (black solid) 

air-sea interface, affects the vertical stability of the water column and concurs to set 

the rate of convection and entrainment of subsurface waters (subsurface advection of 

thermal and salinity anomalies does not impact on the vertical stability as the density 

of the layers other than the mixed layer is fixed). How does the inversion of the SST 

dipole set the timescale for the deep convection variability in the subpolar basin, is 

the subject of the next section. 

5.2 Mixed layer depth variability 

March mixed layer depth relates to the water mass formation process, occurring in 

the model as an effect of permanent subduction, namely the transfer of fluid from the 

mixed layer to the permanent thermocline. Water is accumulated in the mixed layer 

during the entrainment phase, culminating in March when the mixed layer depth is at 
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Figure 5.5: Time series (a) and power spectra (b) of basin-averaged March mixed layer depth in the 
Irminger (black) and Labrador Sea (red). 

its maximum. In the following months , the seasonal thermocline progressively builds 

up and mixed layer water is detrained and distributed among the subsurface layers. 

Fluid subducted at the beginning of the shallowing phase (early spring) irreversibly 

leaves the mixed layer and permanently enters the main thermocline, whereas water 

detrained from the mixed layer during summer is normally re-entrained the following 

winter, when the mixed layer deepening starts again. This mechanism, known as 

mixed layer demon (Stommel, 1979) produces a bias of the main thermocline proper

ties toward those of winter mixed layer. Hence, the evolution of March mixed layer 

depth in the subpolar region, can be used as an indicator of the deep water formation 

process. 

The SST variability pattern exhibits a rather strong zonal asymmetry at the northern 

latitudes, as the temperature anomalies only affect the eastern part of the subpolar 

basin (figures 5.1 and 5.3). Whether a similar asymmetry holds for the wintertime 

mixed layer depth is investigated by looking at time series in the eastern and western 

subpolar gyre. Figure 5.5a shows the time series of basin averaged March mixed layer 

depth in the Irminger and Labrador Sea basins. The Irminger Sea region employed for 

the averaging is defined as in the previous section. The Labrador basin is identified 

as the region bounded by 54.5 ON and 62.1 ON, 60 oW and 46.6 oW. For both t ime se

ries, oscillatory components with a timescale shorter than 5-years have been filtered 

out. Decadal fluctuations are evident in both regions. Variability on interdecadal 
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Figure 5.6: (a) Time series of normalized March SST (red) and mixed layer depth (black) in the 
Irminger Sea. Normalized SST anomalies are plotted with the reversed sign. (b) Lagged correlation 
coefficients between March SST and mixed layer depth in the Irminger Sea. The dashed lines are 
the 95 % confidence limits. 

timescales is more energetic in the Irminger Sea as confirmed by the power spectra 

(figure 5.5b) computed for each of the time series. A spectral peak around 0.02 cpy 

(50 years) is detected in the Irminger basin, which contrasts with a less energetic 

signature centered over the same timescales in the Labrador basin. 

The time series for the normalized SST and mixed layer depth, basin-averaged over 

the Irminger Sea, are shown in figure 5.6a. Normalization of the time series is applied 

by subtracting the mean and dividing by the standard deviation. In order to facilitate 

the comparison with the mixed layer depth, normalized temperature anomalies are 

plotted with the reversed sign, so that positive peaks in the SST signal correspond 

to cold anomalies (implying positive density anomalies). Cold (warm) anomalies ap

pear to be in phase with deep (shallow) mixing. The two signals are significantly 

correlated at lag a (correlation coefficient passes the 95 % confidence limit test of a 

Student's t-distribution) as shown in figure 5.6b. Statistically significant correlation 

also appears at both positive and negative time-lags with a roughly 50 years spacing 

(peak-to-peak), mirroring the quasi-oscillatory component contained in the signals. 

The spatial structure of high latitude mixed layer variability is portrayed in figure 

5.7 (upper panels). Two snapshots of March mixed layer depth relative to the extreme 

phases of the interdecadal fluctuation occurring in the Irminger Sea (years 100 and 
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Figure 5.7: Upper panels: snapshots of March mixed layer depth in the subpolar basin on year 100 
(left) and 115 (right ). Lower panels: meridional-vertical sections at 34 oW (black dashed line in the 
upper rigth panel) showing the interface depths (black solid line) of isopycnal layers on year 100 
(left ) and 115 (right). The blue shading in lower panels indicates the layer corresponding to the 
model LSW (ero = 27.74) . 

115) are shown. A drastic change in the convection pattern is observed. Mixing in 

excess of 1500 m takes place over both Labrador and Irminger basin, on year 100. 

After 15 years , deep mixing only occurs in the Labrador Sea, whereas in the Irminger 

Sea, mixed layer depths are as shallow as 500 m. The impact of this upper layer 

transient on the sub-surface layers displacement is illustrated in figure 5.7 (lower 

panels). Meridional-vert ical sections of the isopycnal interface depths are shown for 

a t ransect crossing the Irminger basin at 34 oW (black dashed line in the upper left 

panel). The deep layer undergoing the most dramatic changes during the transient 

in the eastern subpolar basin, is layer 13 (0"0 =27.74) which will be identified as the 

model Labrador Sea Water (LSW; blue-shaded in figure 5.7, lower panels). During 

the deep mixing phase, mixed layer density in the Irminger Sea matches the LSW 

density, and the corresponding layer outcrops at 56 ON (figure 5.7, bottom left panel). 
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In the shallow mixing phase, the LSW in the northern part of the domain is shielded 

from the upper layer by a lighter density wedge, corresponding to layer 12 (ao=27.64). 

LSW exhibits an approximately 1500 m thick bolus-shaped region, which may have 

entered the main thermocline as a result of an anomalous subduction event. If the 

cyclic deepening and shallowing of the seasonal thermocline in the subpolar region 

is modulated over decadal and longer timescales by horizontally advected thermal 

anomalies, then variability over the same timescales is expected in the structure of 

the main thermocline. In order to establish whether the major changes occurring in 

the upper ocean at the northern latitudes imprint themselves on the ocean interior a 

tracer method is applied which allows to estimate permanent subduction rates. The 

tracer method and the inferred ventilation patterns are described in detail in the next 

section. 

5.3 Permanent subduction rates 

A passive tracer methodology is used to reveal the ventilation patterns and estimate 

the permanent subduction rates. At the beginning of the model year, on September, 

the tracer concentration is initialized to zero everywhere but in the mixed layer, where 

concentration is set to unity. During the mixed layer deepening phase, water from the 

interior layers is entrained into the mixed layer, and no tracer exchange with the main 

thermocline occurs. At the end of the winter season, the mixed layer shoaling starts, 

and the tagged water is detrained into the interior layers where it is advected and 

diffused. The tracer concentration on a constant density layer at a given gridpoint, 

represents the ventilated fraction of the layer thickness at that location. Therefore, 

the volume integral of the tracer concentration on an isopycnic layer is the volume of 

ventilated water on that layer. In figure 5.8 is shown the evolution of the ventilated 

water volume for the layer corresponding to the model LSW. Two time series are 

compared, relative to the model years 70 and 100, roughly corresponding to a trough 

and a peak respectively of the SST cycle shown in figure 5.4. The two series show a 

qualitatively similar evolution. Detrainment starts on March (month 6), and contin

ues until July (month 9). An entrainment phase follows, characterised by the decrease 

in the volume of the ventilated water. However, only a fraction of the previously de

trained water is reentrained into the mixed layer. When the entrainment reaches its 

maximum (March), the traced water which escaped the reentrainment represents the 
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Figure 5.8: Evolution of the ventilated water volume (m3
) for the LSW, starting from yr 70 (solid) 

and yr 100 (dashed). 

permanently subducted water, and its volume is estimated as the difference between 

two consecutive March values of the ventilated volume. This volume, converted to 

transport values after dividing by 1 year, provides the mean annual permanent sub

duction rate. Due to the progressive homogenization of the ventilation tracer over 

the isopycnallayers, the permanent subduction rate tends to decrease in time. In the 

present calculation the first March-to-March cycle has been used. The larger detrain

ment taking place on year 100, combined with an entrainment of equal magnitude for 

both time series, results into a net increase of the subduction rate for the LSW from 

year 70 to year 100. This is confirmed in figure 5.9 where layer-by-layer subduction 

rates, calculated for the time interval ranging from years 50 to 100, are displayed. The 

selected time interval corresponds to a complete cycle of the SST oscillation shown 

in figure 5.4. Subduction rates are computed at 5 years intervals. The signatures of 
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Figure 5.9: Permanent subduction rates (Sv) estimated for years 50 to 100. Values are 5 years 
spaced 

the model Subtropical Mode Water, on layer 6 ((TO = 26.52) , and LSW, lend a bi

modal structure to the ventilation pattern, mirroring the main water mass formation 

processes taking place in the subtropical and subpolar basin, respectively. No overall 

significant variability is observed, except for the LSW, whose ventilation rate varies 

by as much as 10 Sv, comparable to the magnitude of the meridional overturning 

circulation. Layer 12 (0'0 = 27.64) exhibits a smaller amplitude fluctuation, markedly 

anticorrelated to the one observed in the LSW. The LSW consitutes the upper limb 

of the model NADW, feeding the return deep flow of the THC through the Deep 

Western Boundary Current (DWBC). Whether and how strongly the variability in 

the LSW formation rate impinges on the strength of the meridional overturning, and 

what is the phase relationship linking together the identified variability patterns is 

the subject of the next section. 
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5.4 Mechanism 

Starting point of the present analysis was the evidence of a self-sustained irregular 

oscillation affecting the meridional overturning over interdecadal timescales. From 

the analysis of SST and mixed layer depth variability, arose a significative coherency 

between the upper layer thermal field and convective activity in the subpolar basin, 

both signals showing enhanced energy at multidecadal periods. The ventilation rate of 

water masses outcropping in the subpolar gyre (specifically, layers 12 and 13) exhibits 

a fluctuation of magnitude comparable to the strength of the meridional overturning, 

in a 50 years time. The phase relationship relating high latitude variability to the 

meridional overturning circulation is now analysed and a possible mechanism under

lying the detected THe instability is suggested. 

In figure 5.10a, the low-pass filtered time series of normalized meridional overturn

ing rate, SST in the Irminger Sea and permanent subduction rate in the LSW are 

compared. The sign of the normalized SST has been reversed, so that positive peaks 

correspond to cold anomalies. It has already been shown that in the Irminger basin, 

SST is significantly correlated to the mixed layer depth at lag 0 (figure 5.6b) so the 

latter time series has been omitted in the comparison as redundant. Subduction in 
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Figure 5.10: (a) Normalized time series of meridional overturning streamfunction (solid), March SST 
in the Irminger basin (dashed) and subduction rate in the Labrador Sea Water (dots). The sign of 
the normalized SST was reversed, so that positive peaks correspond to cold anomalies. (b) Lagged 
correlation coefficients between SST in the Irminger Sea and meridional overturning rate. The 
dashed lines indicate the 95 % confidence limits. 
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the LSW appears to be in phase with the SST cycle, high (low) ventilation rates cor

responding to a cold(warm) anomaly in the Irminger Sea SST cycle. Two timescales 

emerge from the lagged correlation between the high latitude SST and the meridional 

overturning (figure 5.10b). The SST leads the meridional overturning by 10 years. 

Significant negative correlation is also found at lag -9, indicating a 9 years delay be

tween an anomolously high overturning and the appearance of a warm SST anomaly 

in the subpolar basin. 

The existence of delays is essential to maintain a self-sustained oscillation. In order 

to fully understand the nature of the oscillatory behavior, the processes setting the 

magnitude of the delay need to be identified. The LSW is the isopycnic layer un

dergoing the largest amplitude subduction rate variability, and it is likely to convey 

equatorward anomalies associated with changes in the deep water formation rate. 

The role of advection in the transmission of signals from the convection region to 

subtropical latitudes along this limb of the THC is investigated by a tracer release 

experiment. 

The ventilation tracer previously used for the estimate of permanent subduction rates, 

is re-initialised on year 60 and released in the mixed layer, and its age is computed for 

the following decade. The age of the tracer (T) is governed by an advection-diffusion 

equation modified by a source term equal to unity, simulating the monotonic ageing 

process of a water mass: 

[h at + V· VT = V· (K:VT) + 1 (5.1) 

Tracer age in the mixed layer is uniformly set to zero. In figure 5.11 the age of the 

LSW on year 69 is shown, corresponding to year 9 after the start of the experiment. 

The sources of LSW can be singled out from the minima in the age distribution, indi

cating regions of recently occurred ventilation. LSW formation mainly takes place in 

the Labrador Sea and off the Grand Banks of Newfoundland. Isolated sources can be 

identified in the Irminger Sea, and in the northeastern corner of the model domain. 

LSW formed in the western subpolar basin, ventilates the deep ocean via three main 

pathways: a zonal spreading route, penetrating the Irminger basin south of Cape 

Farewell (the southernmost tip of Greenland), a cyclonic branch following the deep 

NAC extension, and an equatorward route, spilling out of the subpolar basin along 

the western boundary. In a 9 years time, traced water trapped in the DWBC system 
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Figure 5.11 : 'Tracer age (years) in the LSW, 9 years after the tracer initialization. 
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reaches as far as 20oN, whereas a slower diffusive transport ventilates the interior 

basin. The 10 years time-lag between SST in the subpolar basin and the overturning 

is consistent with the advective timescale associated with a water particle t ransported 

by the DWBC from the convection area (600 N) to the maximum overturning latit ude 

(300 N) with an average velocity of 1 em/ s. The approximately 10 years timescale 

associated with the delayed response of SST in the deep water formation region to 

changes in the overturning strength is not consistent with an advective process occur

ring in the upper layer. As already mentioned, SST anomalies appear to propagate 

with a mean speed which is about one order of magnitude slower than the NAC flow. 

However, observations of SST anomalies propagating along the Gulf Stream/NAC 

path (Hansen and B ezdek, 1996) exhibit a similar discrepancy. Sutton and A llen 

(1997) suggest that the propagation speed of the anomalies may be determined by 

the " .. . weaker currents either to one side of the core or at some depth below the core", 
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and a similar process may hold in the model. Alternatively, the poleward migration 

of SST anomalies may reflect the meandering of the N AC about its climatological 

position. 

Summarizing, the mechanism governing the oscillation bears strong similarities with 

an advective-convective feedback. Here is a schematic description of the mechanism. 

A cold (warm) anomaly in the subpolar basin increases (decreases) deep convection 

which in turn increases (decreases) the meridional overturning. A positive (negative) 

overturning anomaly increases (decreases) the meridional heat transport, and gen

erates a warm (cold) anomaly at high latitudes. Then the second half of the cycle 

starts with the opposite sign. 

5.5 Summary 

In this chapter, a free mode of variability of the North Atlantic ocean has been de

scribed in detail. The mode manifests itself as an irregular thermally driven oscillation 

of the meridional overturning circulation, displaying a significant interdecadal com

ponent. The SST pattern associated with the oscillation exhibits a center of action in 

the eastern subpolar gyre (Irminger Sea), and appears to be driven by the poleward 

propagation of thermal anomalies along the path of the NAC. The coherency between 

anomalous SST and winter mixed layer depth fields in the Irminger Sea at lag 0 cor

roborates the idea that the lateral advection of SST anomalies in the subpolar basin 

modulates the high latitude convective activity. Thus, intermittency in the Irminger 

basin deep convection on interdecadal timescale appears to be caused by a merely 

non-local process, involving the large scale circulation. Deep convection variability 

imprints itself on the LSW subduction rate. The phase relationship between the high 

latitude upper layer variability and the multidecadal fluctuations of the meridional 

overturning reveals two delays, controlling the self-sustained oscillation. The first 

delay, associated with the 10 years time lag between the SST in the convection re

gion and the maximum overturning, is consistent with the advective timescale set by 

the transport in the DWBC. The approximately 10 years delay between the merid

ional overturning and the high latitude deep convection is determined by the slow 

propagation of the SST anomalies across the subtropical/subpolar boundary. 



Chapter 6 

Forced variability. The ocean 

response to a NAO-like windstress 

forcing 

In the previous chapter, a variability mode of the THe with a significant interdecadal 

signature, emerging under climatological forcing, low thickness diffusivity and high 

overturning conditions, was documented. The mode was found to be entirely due to 

internal dynamics involving essentially non-local processes. The existence of decadal 

and interdecadal scale variability in the unforced system motivates a further set of 

experiments - the subject of the present chapter - aimed to investigate the forced 

variability of the ocean under different levels of internal dissipation and atmospheric 

forcing periods. The windstress climatology is perturbed with a pattern reproducing 

the main features of the NAO, the dominant mode of atmospheric variability in the 

Atlantic sector. 

6.1 Introduction 

As pointed out in the introductory chapter, the NAO varies on a wide range of 

timescales. The ocean response may be more sensitive to those components of the forc

ing matching the same natural frequency. The presence of autonomous interdecadal 

oscillations in an ocean forced with climatology raises the interesting question of how 

such an ocean will respond to an atmosphere which varies at the same frequency of 

the ocean. A new set of experiments is designed aimed to investigate (i) the interac-

67 
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tion between the internal and externally forced variability, and the possible excitation 

of the natural oscillatory modes of the ocean, and (ii) how the forced ocean response 

is affected by the strength of eddy mixing, particularly when the natural frequency 

of the ocean matches that of the forcing. The free interdecadal mode, documented in 

chapter 5, displays a markedly non local character which is unambiguously revealed 

by the propagation of SST anomalies along the N AC path. In order to consistently 

excite the re-emergence of this mode, the windstress forcing is perturbed using an 

anomalous pattern reproducing the main features of the NAO. The wind stress in 

the current model configuration does not affect the latent and sensible heat fluxes as 

these are formulated through a SST relaxation boundary condition. Therefore, the 

wind stress perturbation does not imprint itself on the SST via the modulation of 

local air-sea fluxes, but only through the non linear interaction with the velocity field. 

On the other hand, heat fluxes perturbation has a two-fold effect on the SST: a local 

effect, related to the forcing/damping of SST anomalies by air-sea fluxes, and a non 

local one, which actively involves the ocean dynamics through the modulation of the 

buoyancy-driven circulation. By restricting the NAO-like fluctuations to the wind 

stress, a clear separation between local and non local forcing mechanisms is effected. 

The NAO-related synoptic wind stress fluctuations characterised by timescales shorter 

than a month, which typically influence the mixed layer deepening, have been ne

glected in this set of experiments. However, the mean impact of this process, param

eterised by a climatological annual cycle of the third power of the friction velocity, 

u* (defined in chapter 3), has been retained. Only the low frequency (decadal and 

interdecadal) variability of the N AO wind stress is simulated. The procedures used to 

extract the NAO-like wind stress perturbation, and to generate the forcing functions 

simulating the NAO long term variability are detailed in the next section. 

6.2 Experimental setup 

The atmospheric dataset used to compute the NAO-like windstress forcing was pro

vided by the output of an atmospheric general circulation model, the HadAM2b 

version of the UK Meteorological Office Unified Model (Stratton, 1996), which has 

been shown to be able to capture much of the multidecadal variability and some 

interannual changes of the North Atlantic Oscillation, when forced with observed 

SST and sea-ice extent. Details on the model run which generated the atmospheric 
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Figure 6.1: Winter (DJFM) NAOI calculated from the HadAM2b normalized SLP differences be
tween Azores and Iceland, for the 1946/47-1995/96 winters. Plotted values refer to the year in which 
January occurs. Circles denote NAOI > 1 events. 

dataset, can be found in Rodwell et al. (1999). From this synthetic dataset, covering 

the period from January 1946 to October 1996, the SLP winter (December to March) 

average was calculated for the period 1946/47 to 1995/96. An NAOI was calculated 

as the normalised SLP difference between the Azores and Iceland (figure 6.1). N or

malization of the SLP difference was obtained by removing the mean and dividing by 

the standard deviation. A broad agreement with the observed NAOI can be noted. 

Particularly evident is the initial decreasing trend, turning in the early 70s into a 

prevailing positive NAO phase, with an associated increased frequency of NAOI > 1 

events (Hu7Tell, 1995). 

The calculation of the NAO windstress anomaly field was carried out using a com

posite analysis approach. In order to obtain the wind stress pattern corresponding 

to the positive phase of the NAO, the DJFM mean fields were averaged over the 
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years with an NAOI > 1 (highlighted in figure 6.1). The anomaly was then calcu

lated by removing the mean computed over the all winters. The resulting pattern, 

corresponding to a positive phase of the NAO, is shown in figure 6.2. The westerlies 

intensification, and the associated weakening of the trade winds, fit relatively well 

the observational picture of the NAO (Visbeck et al., 2003). The vorticity anomaly 

associated with the applied perturbation, during the positive (negative) phase, is an 

anticyclonic (cyclonic) torque, centered around 40oN. 

The NAO-like windstress anomaly is added to the climatology only for the win

ter season, when the strength of the NAO signal achieves its maximum. In order 

to provide a smooth onset and offset of the NAO perturbation, the anomalous wind 

is modulated by a squared sine wave during the forcing season. A further sine wave 

modulation is required to simulate the low frequency (decadal and multidecadal) vari

ability of the NAO. Results from the unforced experiments have shown that sponta

neous variability arises in the model on a wide range of timescales. Enhanced energy 
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emerges at decadal and interdecadal timescales, when sufficiently low diffusivity and 

high MO (which in turn implies a strong meridional overturning) are used. Within the 

spectrum of the model internal variability, two timescales, 10 and 50 years long, are 

selected as forcing periods to simulate the low frequency modulation of the NAO-like 

perturbation. Enhanced energy in the 10 years range (Hurrell and van Loon, 1997) 

and on multidecadal timescales (Cook et al., 1998) also emerges in the observed NAO 

power spectra. An example of the forcing function for a 10 years period is shown in 

figure 6.3. The decadal and interdecadal modulations are separately applied to the 

NAO anomaly in two distinct experiments, which is equivalent to assume a monochro

matic NAO!. 

In order to assess how the oceanic response to the NAO-like windstress forcing de

pends on the mixing strength, each experiment has been performed under both low 

(Ud = 0.1 cm/s) and high (Ud = 1.0 cm/s) thickness diffusivity conditions. Experi

ments I01 and II (IMED ensemble), are selected as the control runs for the low and 

high diffusion NAO experiments, respectively. The NAO anomalous forcing is applied 

starting from the ocean state corresponding to the model year 100 of the related con

trol run. The steady states achieved by experiments I01 and II have been described 

in chapter 4. The characteristics of the performed experiments are summarized in 

table 6.1. From now on, we will refer to this set of numerical integrations as the NAO 

experiments. 

NAG ModulatIng Function 

Figure 6.3: Amplitude of the NAG anomaly for a 10 years forcing period. Notice that the time axis 
has been partitioned into annual intervals starting on the first of December, so as to include the 
wintertime NAG perturbation into one single year cycle. The dashed line indicates the envelope of 
the decadal modulation. The NAG perturbation is only applied during the winter season. When 
the forcing level is zero, only climatology is applied. 
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Experiment Thickness Diffusion NAO Period Mediterranean Initial Condo 

at the Equator (m2 
/ s) (years) Outflow (Sv) (year 100) 

N10LOW 150 10 7.5 I01 

N10HIGH 1500 10 7.5 II 

N50LOW 150 50 7.5 I01 

N50HIGH 1500 50 7.5 II 

Table 6.1: Summary of parameter values used in the NAO-like windstress experiments. 

6.3 Sea surface temperature variability 

The spatial structure of sea surface temperature variability for the N AO experiments 

is diagnosed through the SST standard deviation. The corresponding patterns are 

shown in figure 6.4. All the experiments show maximum variability in the N AC 

region, with the centres of action for the weakly diffusive oceans appearing to be 

located slightly southeast compared to the high diffusion experiments. A smaller 

amplitude structure is also evident in the western subtropical gyre, with the only 

exception for the experiment N10HIGH. In order to get a quantitative estimate of 

the ocean response as a function of diffusivity and forcing period, the average SST 

standard deviation has been computed over two regions, corresponding to the eastern 

subpolar gyre/NAC (50 0 -64°N, 48°-21°W) and western subtropical gyre/Gulf Stream 

(18°-52°N, 75°-47°W). The selected regions encompass the foci of the upper layer 

variability (see figure 6.4, upper left panel). In order to remove the spurious variability 

associated with model drifts, caused by an uncomplete model spin-up, SST values 

have been linearly detrended prior to the calculation of the standard deviation. The 

existence ofresidual drifts in the NAC upper layer temperature, is particularly evident 

in the control experiment I01 (figure 4.6), and it is likely to affect the low diffusivity 

NAO experiments. However, caution is needed in the interpretation of detrended 

data, as detrending may introduce some degree of distortion, particularly due to 

the somewhat arbitrary a priori assumption of linearity made on the model drift. 

Table 6.2 summarizes the regional averages of March SST standard deviation for 

each experiment, with and without detrending. 

Enhanced variance is detected in both the subtropical and subpolar areas when 

a 50 years forcing period is used. The maximum oceanic response is achieved in the 

subpolar region, when low diffusivity and interdecadal forcing conditions are simulta-
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Figure 6.4: Standard deviation of March SST computed for experiments NlOLOW (upper left), 
NIOHIGH (upper high), N50LOW (lower left), N50HIGH (lower right) . The regions selected for the 
computation of the basin-averaged SST standard deviation are indicated in the upper left panel. The 
tracks used for the calculation of SST anomaly Hovmiiller diagrams, for the low and high diffusivity 
experiments are shown in the upper left and right panels, respectively. 

neously applied (experiment N50LOW). Increasing the mixing strength by one order 

of magnitude produces a factor of 2-3 decrease in the SST standard deviation for all 

the experiments. As expected, detrending mostly affects the SST variability signal in 

the subpolar region, under low diffusivity conditions, while no sensible changes are 

detected in the subtropical region, and for high diffusivities. Overall, results appear 

to be qualitatively unaffected by detrending. 

The temporal evolution of SST in locations selected within the maximum variability 

areas of each experiment (see figure 6.4) are shown in figure 6.5. Time series have been 

low pass filtered with a 5 year cut-off period, in order to emphasize the decadal and 

lower frequency components. The SST variability appears to be driven by the NAO 

periodicity in all the performed experiments, with the only exception of experiment 
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NI0LOW, exhibiting a pronounced linear trend superimposed on the oscillation. The 

amplitude of the ocean response displays a rather high sensitivity to the applied forc

ing frequency and mixing strength. Experiment N50LOW shows a markedly nonlinear 

response to the windstress anomalous forcing. A growing amplitude mode develops, 

reaches a peak in 150 years, and decays in about the same time length. Hence, under 

low diffusion and interdecadal forcing conditions, the ocean responds to a constant 

amplitude NAO-like perturbation, with a century scale mode which is not contained 

in the atmospheric forcing. This suggests the involvement of ocean internal dynamics 

excited by the unsteady atmosphere. When the diffusivity is increased by one order 

of magnitude (experiment N50HIGH), the century scale modulation disappears. The 

detection of a similar nonlinearity in the weakly diffusive 10 years forcing case (ex

periment NI0LOW) is somewhat blurred by the previously mentioned model drift. 

In figure 6.6, the detrended SST signals for experiments NI0LOW and NI0HIGH 

(same locations as in figure 6.5) are shown. In the low diffusion case, the amplitude 

of the SST forced oscillation appears to double in a century time length, in contrast 

to the substantially steady amplitude response exhibited by the corresponding high 

diffusivity experiment. Whether the observed growth rate is real, or just an artifact 

introduced by the detrending process, it is still a comparatively smaller magnitude 

phenomenon with respect to the century scale modulation exhibited by the NAC SST 

in the weakly dissipative interdecadal forcing experiment. The existence of processes 

occurring over multi-century timescales, however, cannot be established, due to the 

relatively limited time length of this particular model integration. By comparing the 

SST time series obtained from the high diffusivity experiments, it emerges that the 

Diffusion Subtropical Gyre/ Subpolar Gyre/ Forcing Period 

Gulf Stream NAC (years) 

LOW 0.14 (0.15) 0.29 (0.34) 

HIGH 0.05 (0.05) 0.09 (0.09) 
10 

LOW 0.18 (0.19) 0.30 (0.36) 

HIGH 0.08 (0.08) 0.12 (0.13) 
50 

Table 6.2: March SST standard deviation (in °C) averaged over the subtropical gyre/GS and the 
subpolar gyre/NAC regions as a function of thickness diffusivity and forcing period. LOW and HIGH 
refer to the thickness diffusion velocity (0.1 and 1.0 em/s, respectively). Data have been detrended 
prior to the computation of the standard deviation. The corresponding standard deviation for not 
detrended data is also shown in brackets. 
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Figure 6.5: Left panel: SST for the experiments I01-NlOLOW (solid thick) and II-N10HIGH 
(dashed), in 35°W,55°N, and 40oW,54°N respectively. Years 40 to 99 refer to the control runs 
I01 and II. The NAO-like perturbation is switched on at year 100. The dots indicate the linear 
trend computed for the experiment NlOLOW. The phase of an arbitrary amplitude NAO forcing 
(solid thin) is also shown. Right panel: same as in left panel, but for the experiments I01-N50LOW 
(solid thick) and II-N50HIGH (dashed). 

50-years forcing excites a factor of 4 larger amplitude oscillation with respect to the 

decadal forcing experiment. Also, the onset of the NAO perturbation appears to 

rectify a residual trend visible in the control run. The enhanced SST response to an 

interdecadal forcing, found under both low and high diffusivity conditions, together 

with the existence of a 50 years cycle in the unforced system, point to this particular 

period as a preferred timescale of the model ocean. The nature of the high latitude 

SST variability pattern associated with the free interdecadal mode (figure 5.1) has 

been traced back to the propagation of thermal anomalies along the path of the N AC 

(experiment HOI, figure 5.3). The forced interdecadal SST oscillation is now com-
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pared to the free mode. Figure 6.7 shows snapshots of March SST anomalies for 

a single 55 years long cycle of the thermal oscillation in the subpolar basin (where 

the largest SST changes are detected) for the experiment N50LOW. Anomalies are 

computed by removing the March climatology from instantaneous snapshots. The 

selected time interval ranges between model years 210 and 265, corresponding to the 

maximum amplitude phase of the oscillation. The sequence of snapshots features the 

development and decay of a sub-basin scale, 3°C warm anomaly along the southern 

rim of the subpolar gyre, followed by the onset of a cold patch over the same region. 

Although the magnitude and space structure of the thermal anomalies are comparable 

to the ones observed in the unforced experiment (shown in figure 5.3), an essential 

difference is represented by the weaker tendency for the forced SST anomalies to 

propagate poleward. The warm anomaly reaches as far as 600 N on year 255, before 

being dissipated. Thus the northern half of the Irminger basin remains substantially 

unaffected by SST fluctuations. As the latter is a deep convection region, the reduced 

meridional migration of surface temperature anomalies implies that there is no feed

back between lateral advection and deep water formation activity. This mechanism, 

which has been shown to be essential to maintain the self-sustained character of the 

unforced oscillation, appears to be missing in the forced oscillatory mode. 

This aspect is further analysed with the use of along-track time-space (Hovmiiller) 

diagrams of the SST anomaly, shown in figures 6.8 (N50LOW and N50HIGH) and 

6.9 (N10LOW and N10HIGH). Two distinct tracks have been selected for the low 

and high diffusion simulations, as the associated variability patterns are considerably 
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Figure 6.6: Detrended SST for the experiments NlOLOW (solid) and NIOHIGH (dashed) in 
35°W,55°N and 40oW,54°N respectively. 
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Figure 6.7: Anomalies of March SST (March climatology has been removed) from year 210 to year 
265 for the experiment N50LOW. The time spacing between each snapshot is 5 years. 
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Figure 6.8: Along-track Hovmiiller diagrams of March SST anomaly for experiments (a) N50LOW 
and (c) N50HIGH. In (b) the NAO-forcing phase is shown.The tracks coincide with the maximum 
SST variance axis of the corresponding simulation, and are indicated in figure 6.4 (upper left and 
right panels). 

different in the two diffusive regimes. The paths (indicated in figure 6.4) correspond 

to the axis of the maximum SST variance which extends from the Gulf Stream to the 

southern boundary of the subpolar gyre, respectively the western and eastern part 

of the track. In all the experiments, temperature changes in the Gulf Stream appear 

to be negatively correlated with the SST anomalies in the subpolar gyre region. A 

positive NAO phase excites the formation of a warm anomaly in the Gulf Stream, 

and an opposite sign anomaly about 2000 Km downstream. The phase relationship 

between the SST signal and the N AO displays some dependence on the applied forc

ing frequency. When an interdecadal forcing is employed, the Gulf Stream quickly 

adjusts to the NAO, whereas the subpolar gyre lags the windstress forcing by approx

imately 10 years. The phase-lag between the Gulf Stream and the subpolar region is 

particularly evident in the high diffusivity simulation. Under a decadal forcing, the 

southern and northern halves of the track are almost in anti-phase as can be inferred 
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from the alignment of the isotherms, which generates a characteristic checkerboard 

pattern. However, in the low diffusion case the mixed layer temperature covaries with 

the NAO, whereas a 1 year delay is found in the high diffusivity experiment. 

A feature shared by all the performed simulations is the absence of along-track prop

agating features, with the advective transport along the NAC appearing to play no 

role in connecting the subtropical to the subpolar gyre. It must be noted that in 

experiment N50HIGH, isotherms exhibit a step-like pattern implying an apparent 

south-westward propagation. Such a conclusion would be rather counterintuitive as 

the direction of the mean flow is oppositely directed, unless westward propagation 

induced by baroclinic Rossby waves is invoked. However, both theory and observa

tions (Killworth et at., 1997), show that Rossby waves at latitudes north of 500 N have 

speeds close to the zero limit. A more likely explanation is the mentioned different 

timescale characterising the adjustment of subtropical and subpolar regions to the 

NAO-related windstress changes, which leads to the rather artificial connection of 
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Figure 6.9: Same as in figure 6.8 but for experiments (a) NIOLOW and (c) NIOHIGH. In (b) the 
NAO-forcing phase is shown. Detrending has been applied to NIOLOW data. 
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the isotherms in the Hovmiiller diagram. 

In the next section, a correlation analysis is used to evaluate the phase relationship 

between the NAO forcing and the upper ocean temperature. 

6.4 Correlation analysis 

Along-track SST anomaly patterns reveal a clear NAO signature in the upper ocean, 

with thermal anomalies having typical magnitudes of FC. The NAC-subpolar gyre 

response appears to be delayed with respect to the Gulf Stream-subtropical gyre, when 

a 50 years NAO forcing is applied, whereas no phase shift is detected under a 10 years 

NAO forcing. In order to better illustrate how the atmosphere forces the ocean and 

eliminate any dependency on the selected track, correlation maps are calculated of 

the SST with the NAOI, which in these idealized experiments is a simple sine wave. 

The correlation analysis will identify the spatial patterns excited by the imposed 

atmospheric forcing at different time lags (in years). Due to the strong autocorrelation 

characterizing the applied windstress perturbation, correlation patterns will reemerge 

with the same period of the forcing, loosing statistical significance as the time lag 

increases. Hence, correlation patterns at time lags smaller than half N AO period 

will be considered (for a time lag equal to half NAO period, the correlation map 

yields a negative image of the 0 lag pattern). The uncoupled nature of the performed 

experiments rules out any possible ocean forcing of the atmosphere. Thus, only 

correlation patterns at positive time lags will be shown (the atmosphere leading the 

ocean). The statistical significance at the 99 % level is verified using a Student's 

t-test. 

6.4.1 The 50-years NAO 

At lag 0, experiment N50LOW exhibits a rather high correlation along the Gulf 

Stream path, indicating a nearly in phase response (figure 6.10). The subtropical gyre 

is dominated by a trip ole-like structure featuring zonally elongated bands stretching 

the whole basin. Correlation progressively decays along the NAC pathway, and a 

considerably weaker correlation characterizes the subpolar gyre area. No significant 

correlation is found in the zonal belt centered around 20oN. The equatorial region 

displays a response in phase with the anomalous windstress forcing. This feature, 

indicating the rapid adjustment of the equatorial region to a windstress change, is 
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Figure 6.10: Local correlations between the NAOI and march SST for the experiment N50LOW at 
different time lags (in years). Correlations significant at the 99 % confidence level are enclosed by a 
black solid (dashed) line for positively (negatively) correlated regions. 

shared by all the experiments and it will not be analysed further. At lag 10 a corre

lation pattern connecting the N AC with the inner subtropical gyre begins to emerge, 

reaching a peak at lag 15. This result confirms the existence of a phase shift between 

the Gulf Stream and the NAC, previously detected in the corresponding along-track 

SSTA diagram. The higher diffusivity case, N50HIGH, reveals at the 0 lag a pattern 

bearing strong similarities with the low diffusion twin experiment (figure 6.11). As in 

this latter case, the correlation index gradually decays along the Gulf Stream-NAC 

path, and a trip ole structure dominates the subtropical region. At lag 10, a high 

latitude correlation pattern characterized by a zonal dipole in the subpolar basin 

emerges. This feature reaches a maximum amplitude at lag 15, when simultaneous 

high correlation in the subtropical basin also appears. 
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6.4.2 The 10 years NAO 

At lag 0, the low diffusivity case N10LOW, consistently with the corresponding along

track SST anomalous pattern, exhibits anticorrelated changes occurring along the 

Gulf Stream and the NAC, respectively (figure 6.12). Mid-latitudes are dominated 

by a westward propagating pattern. At lag 0, a positive correlation signal stretches 

the central subtropical basin around 30oN. As the time lag increases this feature moves 

westward. The high diffusivity experiment, N10HIGH, shows very high correlation 

over most part of the model domain at lag 0, with no correlation decay along the Gulf 

Stream-NAC (figure 6.13). Regions of homogeneous correlation index appear to be 

oriented along the South-West to North-East axis, similarly to the N50HIGH case. 
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Figure 6.11: As in figure 6.10 but for the experiment N50HIGH. 
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6.5 The effect of NAO on the ocean dynamics 

83 

0.5 

The dominant variability modes of the large scale circulation are now inspected. In or

der to identify the space and time scales of the leading circulation modes, an empirical 

orthogonal function (EOF; Preisendorfer (1988)) analysis of the annually averaged 

barotropic and meridional overturning streamfunction is performed . A typical or

thogonal pattern is obtained by multiplying the EOF by the standard deviation of the 

corresponding principal component. Thus, the EOFs will have physical dimensions 

(Sv). Principal components are represented in normalized form, so as to facilitate t he 

comparison wit h the NAOI time series. 
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6.5.1 The barotropic circulation 

The 50 years N AO 

Under low diffusivity conditions (experiment N50LOW), the leading EOF of the 

barotropic streamfunction, explaining 24 % of the variance, features a trip ole-like 

structure (figure 6.14, left). An anticyclonic anomaly stretches the subtropical basin 

between 30 and 50oN, and a cyclonic gyre of lesser zonal extent appears immediately 

south. A minor amplitude cyclonic structure appears in the subpolar basin. The 

leading principal component (shown in figure 6.14, right) is dominated by the NAO 

50 years timescale. This mode exhibits a delayed response to the NAO forcing . The 

time correlation between the NAOI and the first principal component reaches a max

imum of 0.9 for a 4 years time-lag, significant at the 99 % level. Since the leading 

principal component closely mirrors the NAOI, the corresponding orthogonal pattern 

portrays the anomalous barotropic circulation during a positive NAO phase (shown in 
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Figure 6.14: (left) Leading EOF of the annually averaged barotropic streamfunction (SVj contour 
interval = 0.25 Sv) for experiment N50LOW. The solid (dashed) lines denote positive (negative) val
ues, whilst the thick solid line indicates the 0 value. (right) Normalized leading principal component 
of the barotropic streamfunction for experiment N50LOW (red). Low pass filtered values (with a 5 
years cut-off period) are also shown (black solid), along with the normalized 50 years NAOI (black 
dashed). 

figures 6.2). Enhanced anticyclonic vorticity in the winds tress forcing at mid-to-polar 

latitudes drives a 2.5 Sv anticyclonic gyre in the ocean below. The overall effect is 

a northward shift of the time mean barotropic circulation pattern in the subtropical 

gyre, and a strengthening of the cyclonic circulation in the subpolar basin. 

The leading EOF in the higher diffusivity experiment (N50HIGH) explains 77 % of 

the variance. The space structure of the first eigenmode shows no significant differ

ences with respect to the weakly diffusive case, although the strength of the barotropic 

gyres is now considerably reduced (figure 6.15,left). The time evolution of the first 

EOF, given by the corresponding principal component (shown in figure 6.15, right) 

lags the NAOI by 2 years with a 0.9 correlation index, significant at the 99 % level. 
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The 10 years NAO 

Under low diffusivity conditions, the leading EOF (explaining 25 % of the total vari

ance) broadly resembles the leading variability mode of the N50LOW experiment 

(figure 6.16,left) . A major difference with respect to the latter case is the location 

of the centers of action, which are now placed south of the subt ropical basin anti

cyclonic anomaly. The first principal component is dominated by an energetic 2-3 

years signal, the NAO signature clearly emerging only after a 5 years low-pass filter 

is applied (figure 6.16, right). 

In the high diffusivity experiment (N10HIGH) , the dominant EOF (explaining 70 % 

of the total variance) shows a major difference with the high diffusivity interdecadal 

forcing case. The mid-latitude anticyclonic anomaly is not limited to the subtropical 

basin, but exhibits a northwestern lobe ent irely encompassing the Labrador Sea basin 

(figure 6.17,left) . A hint of this feature is also exhibited by experiment N10LOW, 

presenting an anticyclonic anomaly in the northern Labrador Sea. The result ing 

barotropic mode appears as an inter-gyre structure, consistent with the NAO wind 

curl pattern (positive NAO phase, shown in figure 6.2). The coherency between the 
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Figure 6.15: As in figure 6.14 but for experiment N50HIGH. Contour interval = 0.1 Sv. No low pass 
filtering has been applied to the principal component. 
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Figure 6.16: As in figure 6.14 but for experiment NlOLOW. Contour interval = 0.25 Sv. 

leading principal component and the NAOI for both low and high diffusion experi

ments (right panel in figures 6.16 and 6.17, respectively) shows a 1 year delay of the 

oceanic response to the atmospheric forcing (0.6 and 0.9 correlation index for low and 

high diffusion, respectively, statistically significant at the 99 % level). 

Higher order modes 

The interpretation of higher order EOFs is notoriously problematic, especially when 

the separation between the eigenmodes (quantified through the percentage of the 

explained variance) is not particularly large. The orthogonal constraint rather artifi

cially imposed by the EOF methodology can playa non negligible effect in determining 

both the space and time structure of the higher order modes. Hence, the analysis pre

sented above has been focussing on the leading patterns only. The eigenvalue spectra 

for the full set of NAO experiments are shown in figure 6.18 (leading 10 modes). 

It is evident that by increasing the level of internal dissipation, a wider separation 

between the first and the higher eigenmodes is obtained. A simple interpretation 

of this feature can be provided. Eddy mixing has a damping effect on the system's 

internal variability (namely, the variability arising from the ocean's internal dynam-
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ics). Therefore, the forced variability mode (externally induced by the dominant low 

frequency variability mode of the atmosphere) emerges in a clearer way above the in

ternal modes not directly affected by the NAO. With the only exception given by the 

NIOLOW experiment, the leading orthogonal patterns capture the oceanic signature 

of the NAO. The mode splitting operated by the EOF approach between the NAO 

(signal) and the background internal variability (noise) fails in the NIOLOW case 

which exhibits a hybrid pattern, combining the features of the NAO with a higher 

frequency interannual mode. The barotropic response to the N AO forcing appears to 

be governed by a Sverdrup-like balance, the induced gyre circulation broadly reflecting 

the NAO wind torque pattern. The excited patterns show some dependency on the 

applied forcing frequency. The main anticyclonic structure north of 30oN, is mostly 

confined within the subtropical basin for the 50 years NAO, whilst for experiment 

NIOHIGH it also encompasses the western subpolar basin. 
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6.5.2 The meridional overturning circulation 

For low diffusivity conditions and for a 50 years NAO period (N50LOW) the lead

ing EOF of the meridional overturning shows a surface intensified negative anomaly 

driving the meridional circulation variability over the 20 - 300 N latitude range (figure 

6.19, left). A positive anomaly dominates the upper branch of meridional circulat ion, 

connecting the subtropical to the subpolar basin. The resulting pattern implies an 

enhanced (decreased) interbasin circulation, during a positive (negative) NAO phase. 

An anticlockwise cell centered on the 27.52 potential density layer characterizes the 

mid-latitude and subpolar anomalous meridional circulation at depth. Hence, during 

a positive NAO phase, a strengthening of the upper branch of the THe corresponds 

to a weakening of the lower limb of the meridional circulation. The principal compo

nent of the leading eigenmode is dominated by the multidecadal N AO signature and 

shows an in phase response with respect to the NAOI (figure 6.19, right). 

After increasing the diffusivity (N50HIGH), the space and time structure of the lead

ing variability mode show no essential differences with respect to the weakly dissipa-
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Figure 6.19: (left) Leading EOF of the annually averaged meridional overturning streamfunction 
(Sv; contour interval = 0.025 Sv) for experiment N50LOW. The solid (dashed) lines denote positive 
(negative) values. (right) Normalized leading principal component of the meridional overturning 
streamfunction for experiment N50LOW (red). Low pass filtered values (with a 5 years cut-off 
period) are also shown (black solid), along with the normalized 50 years NAOI (black dashed). 

tive case, apart from the increase in the fraction of explained variance (41 %; figure 

6.20). Also, the subpolar extension of the major positive anomaly appears to be 

stronger. 

Under low diffusivity conditions and for a 10 years NAO forcing period (N10LOW) 

the leading EOF of the meridional overturning streamfunction (explaining 17 % of the 

total variance) is dominated by a dipole structure with the centers of action located 

on the 26.52 and 27.38 potential density layers for the positive and negative anomaly, 

respectively (figure 6.21, left). The dipole drives a cross-isopycnal flow occurring at 

40°N. This pattern is modulated by the decadal NAO signal, as shown by the leading 

principal component (figure 6.21 , right). No phase shift between the NAOI and the 

oceanic response is detected. Enhanced mixing does not induce any sensible changes 

in the space and time structure of the leading eigenmode (figure 6.22), apart from 

the percentage of explained variance, which increases to 57 %. 

The strength of the anomalous meridional circulation patterns is about 0.3 Sv (for 
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all the experiments), and is consistent with the amplitude of the THC variability 

patterns obtained through hindcast simulations by Eden and Willebrand (2001) . 

The eigenvalue spectra of the meridional overturning streamfunction are shown in 

figure 6.23. As already noted in the barotropic streamfunction analysis, the mode 

separation appears to be a function of the mixing strength, a better separation being 

achieved for high diffusivity conditions. 

6.6 Summary 

In the present chapter, the forced variability excited in an OGCM by an idealized N AO 

windstress has been described. The ocean response has been studied as a function of 

the internal dissipation strength and of the NAO period, with the focus on two specific 

timescales (10 and 50 years) which have been found to dominate the variability of 

the unforced system. The performed analysis reveals a forcing frequency-dependent 

oceanic response. Enhanced SST variability in both the subpolar and subtropical 

region is detected when a 50 years modulation is applied to the NAO-like pattern. 

However, the subtropical gyre adjusts almost istantaneously to the NAO, in contrast 
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Figure 6.21 : As in figure 6.19 but for experiment N10LOW. Contour interval = 0.025 Sv. 

to the subpolar gyre which lags the atmospheric forcing by approximately 10 years. 

When a 10 years forcing period is used, such a phase-lag is either absent (low diffu

sion) or much reduced (high diffusion). Furthermore, results from the multidecadal 

NAO experiment reveal a century scale mode of the subpolar front emerging in the 

weakly diffusive regime, but not in the strong mixing case. A correlation analysis 

between the upper layer temperature and the NAOI shows a correlation decay along 

the NAC pathway at lag 0, when a multidecadal NAO is adopted to perturb the 

wind climatology. No correlation decay appears in the 10 years forcing experiments. 

This is consistent with the along-track Hovmiiller diagrams results: the NAC region 

introduces a memory effect in the ocean system ( SST anomalies of a given sign per

sisting even when the NAO perturbation phase has reversed its sign) which is only 

excited when the ocean is forced with (what appears to be) a natural frequency of 

the system. 

The response of the wind and density driven circulation to changes in the wind

stress forcing frequency and eddy mixing is investigated by using an EOF analysis of 

the barotropic and meridional overturning streamfunction, respectively. The leading 

variability modes of the barotropic streamfunction show a space structure which is 
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consistent with a Sverdrup-like balance, the barotropic circulation closely reflecting 

the NAG windstress curl pattern. The response of the barotropic circulation is never 

in phase with the NAO. The principal components of the dominant EGFs lag the 

NAGI with a delay ranging from a maximum of 4 years (detected in the N50LGW 

case) to 1 year (decadal NAG experiments). This result indicates an adjustment of 

the barotropic circulation to changes in the wind forcing, which may be possibly as

sociated to the spin-up of the gyre circulation. 

Although diffusivity has only a modest impact on the variability forced by the NAG , 

the internal variability (i.e.,variability not directly forced by low frequency changes 

in the atmospheric forcing) strongly depends on turbulent diffusivity strength. Eddy 

mixing provides a damping effect on the internal variability modes, as shown by the 

increased spacing between the first and higher order EOFs when mixing strength is 

enhanced. 

The leading variability modes of the meridional overturning streamfunction show a 

much stronger sensitivity to the t imescale adopted to modulate the NAG, compared 

to the barotropic circulation. Under a multidecadal NAG forcing, a mid latitude in

terbasin mode is excited, in phase with the NAOI. During a positive NAO phase the 
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Figure 6.22: As in figure 6.19 but for experiment N10HIGH. Contour interval = 0.025 Sv. 
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Figure 6.23: Eigenvalue spectra (in percent of explained variance) of the meridional overturn
ing streamfunction for experiments N50LOW (blue circle), N50HIGH (red circle), NlOLOW (blue 
square) and N10HIGH (red square). Only the leading 10 eigenvalues are shown. 

upper branch of the meridional overt urning is strengthened, while the lower limb of 

the system undergoes a weakening phase. Upon a switch to a decadal NAO forcing, a 

dipole mode in phase with the NAOI index, appears. This pattern is consistent with 

the corresponding variability mode of the barot ropic circulation. The anticyclonic 

gyre circulation drives a convergent flow at the surface around 40oN, which in turn 

causes downwelling at the same latitude. 

One final consideration. The low diffusivity experiments show a rather weak separa

tion between the dominant modes of variability, as shown by the eigenvalue spectra of 

barotropic and meridional overturning streamfunction (figure 6. 18 and 6.23, respec

tively). This may lead to question the physical meaning of the first eigenmode for the 

low diffusion subset of experiments, as well as the strategy of not taking into account 

higher order modes in the EOF analysis. However , the leading eigenmodes for a 

weakly and strongly dissipative ocean (the latter being characterised by a large sepa

ration between the first and the second eigenmode) are considerably similar, for both 

the spatial structure and the time evolut ion. Thus, the leading eigenmode seems to 
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be able to capture the bulk of the NAO induced variability, regardless of the relative 

fraction of explained variance, or, equivalently, of the eddy mixing strength. 



Chapter 7 

Discussion and conclusions 

In the present work, the internal and forced low frequency variability in an OGCM of 

the North Atlantic have been investigated. Evidence has been provided that critical 

thresholds exist in the parameter space of the employed OGCM, setting the transi

tion of the system from a steady state to an interdecadal oscillatory solution. In the 

dynamical systems theory, this feature is referred to as a Hopf bifurcation (Drazin, 

1992). 

The oscillatory mode emerges for low levels of internal dissipation and high MO. 

By increasing the MO, while keeping the thickness diffusivity fixed, the meridional 

overturning rate increases, becoming unstable. The transition occurs for a thickness 

diffusivity Kth = 150m2 
/ s, and for a meridional overturning rate exceeding 16 Sv. 

This regime diagram bears strong analogies with the results of te Raa and Dijkstra 

(2002) who showed the stabilizing (destabilizing) effect of enhanced lateral (vertical) 

mixing on an interdecadal mode emerging in a simplified primitive equation model. 

Increasing the vertical diffusion produces the same strengthening effect on the merid

ional overturning as an increase of the MO. Hence, the experiments here described 

are roughly comparable to te Raa and Dijkstra (2002) results, although caution is 

needed in identifying the thickness diffusivity with lateral mixing, as the latter may 

induce spurious diapycnal mixing which is absent in the parameterised diffusion of 

thickness. 

The authors identify a supercritical Hopf bifurcation for a lateral diffusion Kh = 
1670m2 

/ s, the steady states being linearly stable for Kh > 1670m2 
/ s, and unsta

ble for lower diffusivities. Although a rigorous comparison is not possible, as the 

two compared systems are characterized by different geometries and flow regimes (or, 

96 
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equi valently, by well distinct Peclet numbers), it is worth to notice some encouraging 

consistency. 

The stabilizing effect of the horizontal mixing on an interdecadal unstable mode of the 

THC has also been suggested by the experiments of Chen and Ghil (1995) and CVH. 

The existence of a narrow range of values of the meridional overturning strength, 

whereby the THC exhibits an unstable behavior has also been shown by Rahmstorf 

(1995), in a global ocean model coupled to a very simple atmosphere. The author 

identifies a critical range of the freshwater fluxes where the North Atlantic overturn

ing enters a limit cycle with a 22 years period. 

The work presented here extends that of the above mentioned authors, who have con

sidered simplified frameworks, by considering a more realistic geometry and forcing. 

The existence of a Hopf bifurcation appears to be a robust feature of the oceanic 

dynamical system. 

The extensive analysis of the interdecadal oscillatory mode exhibited by the ocean 

under a climatological forcing, provides some insights on the dynamics behind the 

system internal low frequency variability. The interplay between poleward propa

gating surface thermal anomalies and deep convection in the Irminger basin drives 

an irregular oscillation of the meridional overturning circulation, with a typical 50 

years timescale. SST anomalies appear to slowly migrate along the NAC path. The 

periodic sign reversal of the SST anomalies in the subpolar basin, modulates the for

mation of LSW, which feeds the lower limb of the model THC. The timescale of the 

oscillation and the nature of the feedback between high-latitude density anomalies 

and the overturning strength, bear strong similarities with the advective-convective 

mechanism identified by Greatbatch and Zhang (1995). As in the experiments per

formed by Greatbatch and Zhang (1995), the oscillation is thermally driven, the high 

latitude density anomalies being modestly affected by salinity. This is essentially 

different from the mechanism suggested by DMS93 for the interdecadal mode in the 

GFDL model, where salinity is claimed to playa crucial role in driving the oscillation. 

The occurrence of deep convection and the consequent formation of LSW thickness 

anomalies in the model Irminger Sea is consistent with recent observational evidence 

(Pickart et al., 2003), which identifies this region of the subpolar basin as a significant 

source of LSW. 

The self sustained oscillation is maintained by two delays. The approximately decadal 

adjustment of the THC to changes occurring in the deep convection region, involves 
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the DWBC route. This result supports the slow advective mechanism of Marotzke 

and Klinger (2000) against the rapid timescale implied by the propagation of Kelvin 

waves as suggested by Kawase (1987) and, more recently, by Johnson and Marshall 

(2002). 

The other fundamental delay is associated with the travel time of a density anomaly 

along the upper limb of the THC. The causes of the detected discrepancy between 

the typical velocities in the NAC, and the effective propagation speed featured by the 

SST anomalies, are unclear. Slow planetary waves dynamics (also invoked, among 

the others, by CVH and te Raa and Dijkstm (2002)), represent a possible alternative 

to mean flow advection. However, an involvement of baroclinic Rossy waves turns 

out to be unlikely, due to the direction of propagation and the high latitude character 

featured by the thermal signatures. 

The ocean response to a NAO-like winds tress perturbation, reveals a rather strong 

dependency on the specific frequency used to modulate the intensity of the anoma

lous windstress, while the ocean mixing strength plays a relatively minor role, mostly 

affecting the amplitude of the ocean response. The analysis of the SST variabil

ity, reveals that the upper ocean rapidly adjusts to decadal NAO-driven windstress 

changes, in contrast with the delayed response exhibited under a multidecadal NAO. 

The memory of the system resides in the NAC, which lags the 50 years NAO forcing 

by approximately 10 years, leading to thermal anomalies which persist after the NAO 

has reversed its sign. The subtropical gyre, on the other hand, shows an instan

taneous adjustment to windstress changes (with the only exeception for experiment 

N10HIGH, lagging the NAO by 1 year), regardless of the specific forcing frequency. 

The sign of the thermal anomalies in the upper layer is apparently consistent with 

a local wind forcing, driving anomalous velocities in the Ekman layer. Windstress 

anomalies force the isotherms to depart from the climatological position, which in 

turn generates the detected SST anomalies. However, Ekman dynamics can only 

be invoked to explain the in phase ocean response, occurring in the subtropical/GS 

region (with the only exception for experiment N10HIGH; see figure 6.9). Slower dy

namics are needed in order to justify the delayed response in the subpolar region. The 

absence of propagating signals along the NAC path (figures 6.7,6.8 and 6.9) suggests 

that the lateral advection by the mean currents does not affect the SST variability. 

The absence of poleward propagating SST anomalies is strikingly in contrast with the 

results from experiment HOI (figure 5.3). As the NAO experiments are characterised 
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by a weaker MO (which in turn implies a weaker meridional overturning rate; see 

figure 4.3) with respect to experiment HOI (all other parameters being identical), the 

overturning strength appears to be essential for the propagation of thermal anomalies. 

Vis beck et al. (1998) and Krahmann et al. (2001) find propagation of SST anomalies 

along the NAC, in an OGCM of the North Atlantic. The rather coarse resolution 

employed by the authors (2° by 2°) is likely to have required high levels of dissipation 

in the model, which might have caused a stronger meridional overturning rate (com

pared to the present NAO experiments), although this information is not available 

in the mentioned works. There is a broad agreement between the NAO-induced SST 

variability diagnosed in the present work, and Visbeck et al. results. In particular, the 

detection of enhanced variance in the subpolar region and the finding of a memory 

effect associated with the GS extension, are both consistent with the set of results 

presented in this work. However, Vis beck et al. find a variance peak in the decadal 

N AO forcing frequency band, while in this study the maximum response is found 

under a 50 years NAO modulation. The matching between the internal variability 

timescale of the unforced system, and the maximum response timescale of the (N AO

)forced system, suggests that the ocean possesses a preferred variability timescale 

which can be externally excited by an atmosphere varying over a similar period. In 

Vis beck et al. (1998) a prior evaluation of the system internal variability (i.e., without 

the NAO perturbation) is missing. It is interesting to speculate that the reason why 

the present model and that of Visbeck et al. have largest responses at different N AO 

frequencies is that the underlying ocean models have different natural frequencies. To 

test such a speculation would require further numerical experimentation. 

Another essential difference lies in the mechanism underlying the memory introduced 

in the system by the GS extension, which, as previously mentioned, Visbeck et al. 

identify in the northeastward migration of SST anomalies along the NAC path. Such 

a process is absent in the results presented here. A delayed meridional displacement 

of the subpolar front, characterised by tightly packed isotherms, appears to be a likely 

candidate to explain the large amplitude SST anomalies diagnosed in the NAC region. 

The NAC marks the boundary between the subtropical and subpolar gyres. Hence, 

changes in the position of the GS extension can be traced back to variations in the 

geometry of the double gyre structure. 

The response of the wind-driven gyre circulation to decadal and multidecadal oscil

lations of the NAO amplitude has been inspected through an EOF analysis of the 
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annually averaged barotropic streamfunction. The horizontal circulation displays a 

Sverdrup-like linear response to the anomalous NAO wind torque. Northern lat

itudes are dominated by an anticyclonic anomalous gyre (during a NAO positive 

phase), which closely reproduces the inter-gyre gyre (IGG) postulated by Marshall 

et al. (2001) (see also figure 3 in Vis beck et al., 2003). The IGG exhibits a relatively 

modest sensitivity to the level of dissipation in the ocean. The NAO forcing fre

quency, on the other hand, affects the northern boundary of the IGG in a noticeable 

way. Under a 10 years NAO forcing, the northernmost O-line of the IGG encircles 

the Labrador basin (this is particularly evident in the high diffusivity experiment) 

while for a 50 years NAO period the IGG is mostly confined south of 55°N. Similar 

variability patterns of the barotropic circulation in the North Atlantic, emerge in a 

hindcast experiment performed by Eden and Willebrand (2001). The authors force 

a state-of-the-art OGeM of the North Atlantic with an interannually varying wind

stress and climatological heat and freshwater fluxes. A canonical correlation analysis 

between the wind stress curl and the barotropic streamfunction, at lags 0 and 3 years 

(the atmosphere leading the ocean) reveals two distinct patterns (figure 8 in Eden and 

Willebrand, 2001). At lag zero, maximum correlation is obtained between a NAO-like 

wind curl pattern and a barotropic circulation pattern which closely resembles the 

IGG obtained in the present work under a 10 years NAO forcing (i.e., the IGG encom

passes the Labrador Sea basin). The delayed response of the barotropic circulation, 

on the other hand, features a slightly southward shifted IGG, which reproduces the 

leading barotropic mode here obtained under a 50 years NAO forcing. 

The coherency between the NAO and the principal components of the barotropic 

streamfunction also shows some consistency with Eden and Willebrand (2001) re

sults. The response of the barotropic circulation exhibits a larger delay (2 and 4 

years, for high and low diffusivity, respectively) when a 50 years NAO period is used, 

compared to the 1 year lagged response obtained under a 10 years NAO forcing. 

Hence, the northward-shifted IGG seems to reflect a weakly delayed response com

pared to the southward-shifted IGG, exhibiting a larger delay. 

The presence of a delay in the anomalous barotropic streamfunction suggests that 

a baroclinic adjustment of the barotropic mode occurs. The coupling between the 

baroclinic and barotropic modes, taking place in presence of topography , leads to 

a lagged response of the barotropic circulation (sometimes also referred to as gyre 

spinu p ). The delay depends on the propagation timescale of the more energetic baro-
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clinic mode, and it is ofthe order of a few years (Anderson et al., 1979; Vis beck et al., 

2003). 

The existence of a delay, particularly evident for a multidecadal NAO, is also con

sistent with the results from the analysis of the SST variability. This suggests the 

possible involvement of the barotropic circulation in the diagnosed NAC lagged re

sponse. Changes in the geometry of the subtropical/subpolar gyre boundary, forced 

by the anomalous IGG, cause the displacement of the NAC with respect to the cli

matological position, and the consequent generation of the detected surface thermal 

anomalies. 

There is a clear mismatch between the time-lag exhibited by the leading EOF of the 

barotropic circulation (2-4 years), and the delay characterizing the SST in the NAC 

(of the order of a decade). However, caution is needed in the interpretation of the prin

cipal component. The latter describes the time evolution of the dominant barotropic 

mode as a whole, and does not exclusively capture a particular sub-structure (the 

IGG). Hence, the detected time lag, grossly refers to the spin up of the double gyre 

system, which is likely to be largely affected (but not only) by the IGG. 

An EOF analysis of the meridional overturning streamfunction reveals two distinct 

patterns dominating the variability of the meridional overturning circulation, depend

ing on the forcing frequency of the NAO. A dipole mode, excited by a decadal NAO 

forcing, and an enhanced overturning pattern, emerging under a multidecadal NAO. 

Both patterns display an in phase response to changes in the NAO. The dipole mode 

is consistent with the leading EOF of the barotropic circulation. During a positive 

NAO phase, the anomalous IGG circulation drives an antyclonic flow, which causes 

convergence and downwelling at the surface around 40°N. Convergence in the upper 

layer is balanced by an opposite sign flow at depth. Thus, the dipole mode describes 

the contribution of Ekman-driven dynamics to the meridional overturning circulation. 

The enhanced overturning pattern, on the other hand, shows no consistency with the 

anomalous IGG circulation. The anomalous overturning excited under a 50 years 

NAO, forces a stronger (weaker) poleward mass transport in the upper limb of the 

meridional circulation cell, during a positive (negative) NAO phase. 

The dipole pattern bears a striking similarity with the THC canonical correlation 

analysis pattern (correlated at lag 0 with a positive NAO-like SLP anomaly pattern) 

diagnosed by Eden and Willebrand (2001) (figure 10c in Eden and Willebrand, 2001). 

It is worth to notice that a purely decadal NAO is capable to excite the same THC 
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leading variability mode obtained with a fully resolved (i.e., including all the spec

tral components) N AO forcing. The time series length of the interannual momentum 

fluxes used by Eden and Willebrand (2001) is clearly not sufficient to resolve longer 

than decadal components of the N AO signal, which may explain why the enhanced 

overturning pattern does not emerge from the output of the hindcast experiments. 

A few concluding remarks. It has been demonstrated that a large-scale variability pat

tern of the troposphere can excite distinct responses in an OGCM, depending on the 

timescale dominating the atmospheric forcing. Hints of enhanced ocean variability, 

emerging under an atmospheric forcing frequency matching the internal variability 

frequency of the ocean, have also been found. In the North Atlantic sector, time 

series analyses of NAO indicators reveal that changes in the spectral signature of the 

NAO have occurred in the past. In particular, a progressive reddening of the NAO 

spectrum during the 20th century (characterised by a switch from a quasi-biennial to 

a quasi-decadal dominant spectral signature) has been documented by Hurrell and 

van Loon (1997). Evaluating the impact of these changes on the ocean circulation 

and SST patterns, may help in the interpretation of past records of oceanic variability 

and in estimating the effects of possible evolutions of the atmosphere on the ocean 

state. 

In the broader context of the coupled system, the present results suggest that coupled 

ocean-atmosphere variability modes are more likely to arise under a primarily multi

decadal NAO forcing, as the latter is able to excite a delayed SST response, which is 

essential for sustaining oscillations involving both fluids. 

In the performed experiments, only the effects of low frequency changes of momentum 

fluxes have been analysed. This study represents a first step towards a full assessment 

of the NAO impact on the North Atlantic Ocean variability. A complete analysis re

quires a twin set of forced experiments, accounting for the NAO-induced modulation 

of buoyancy fluxes. Moreover, the dependency of the oceanic response upon the NAO 

forcing frequency has been only partially tackled, and more experiments are needed, 

particularly in the interannual tail. These issues will be the subject of future work. 
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